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书书书

内　容　简　介

　　本文集收录了２０１９年度中国气象局气候研究开放实验室在

国内外核心期刊发表的学术论文５４篇。内容涉及气候诊断、气

候预测理论及方法、气候模式模拟、气候变化检测及影响评估等

研究领域。
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ABSTRACT

In summer 2018, a total of 18 tropical cyclones (TCs) formed in the western North Pacific (WNP) and South China
Sea (SCS),  among which 8 TCs landed in  China,  ranking respectively the second and the first  highest  since 1951.
Most of these TCs travelled northwest to northward, bringing in heavy rainfall and strong winds in eastern China and
Japan. The present study investigates the impacts of decaying La Niña and intraseasonal oscillation (ISO) on the ex-
tremely active TCs over the WNP and SCS in summer 2018 by use of correlation and composite analyses. It is found
that the La Niña episode from October 2017 to March 2018 led to above-normal sea surface temperature (SST) over
central–western Pacific, lower sea level pressure and 500-hPa geopotential height over WNP, and abnormally strong
convective activities over the western Pacific in summer 2018. These preceding oceanic thermal conditions and their
effects on circulation anomalies are favorable to TC genesis in summer. Detailed examination reveals that the mon-
soon trough was located further north and east, inducing more TCs in northern and eastern WNP; and the more east-
ward WNP subtropical high as well as the significant wave train with a “− + − +” height anomaly pattern over the
midlatitude  Eurasia–North  Pacific  region  facilitated  the  northwest  to  northward  TC tracks.  Further  analyses  reveal
that  two successively active periods of  Madden–Julian Oscillation (MJO) occurred in summer 2018 and the boreal
summer  intraseasonal  oscillation  (BSISO)  was  also  active  over  WNP,  propagating  northward  significantly,  corres-
ponding to the more northward TC tracks.  The MJO was stagnant over the Maritime Continent to western Pacific,
leading to notably enhanced convection in the lower troposphere and divergence in the upper troposphere, conducive
to TC occurrences. In a word, the extremely active TC activities over the WNP and SCS in summer 2018 are closely
linked with the decaying La Niña, and the MJO and BSISO; their joint effects result in increased TC occurrences and
the TC tracks being shifted more northwest to northward than normal.
Key words: western North Pacific (WNP), tropical cyclone (TC), La Niña event, Madden–Julian Oscillation (MJO),

boreal summer intraseasonal oscillation (BSISO)
Citation: Chen, L. J., Z. S. Gong, J. Wu, et al., 2019: Extremely active tropical cyclone activities over the western

North Pacific and South China Sea in summer 2018: Joint effects of decaying La Niña and intraseasonal
oscillation. J. Meteor. Res., 33(4), 609–626, doi: 10.1007/s13351-019-9009-x.

1.    Introduction

The  western  North  Pacific  (WNP)  is  one  of  the  re-
gions with most frequent tropical cyclone (TC) activities.
On average, about 11 TCs form in this region each sum-
mer. Tropical cyclones are often accompanied by strong
winds,  heavy  rains,  and  storm  surges,  leading  to  huge
economic  losses  and  casualties.  China,  Japan,  and  the

other  Southeast  Asian  countries  are  greatly  affected  by
TCs. Therefore, study on the formation and activity pat-
tern  of  TCs,  especially  the  TC  occurrence  frequency,
moving path, intensity, and level of influence, is import-
ant for the prevention and mitigation of TC-induced dis-
asters.

Meteorologists  have  long  been  concerned  of  weather
and  climate  conditions  related  to  TCs  over  the  WNP

 
Supported  by  the  National  Key  Research  and  Development  Program of  China  (2018YFC1506001),  National  Basic  Research  (973)

Program of China (2015CB453203), and National Natural Science Foundation of China (41275073 and 41805067).
*Corresponding author: chenlj@cma.gov.cn.
©The Chinese Meteorological Society and Springer-Verlag Berlin Heidelberg 2019

Volume 33 Journal of Meteorological Research AUGUST 2019



(Chen,  1965; Sadler,  1978; Chen  and  Ding,  1979; Ding
and Reiter, 1981a, b; Wang, 1981). Further studies indic-
ate  that  the  TC  activity  in  the  WNP  has  significant  in-
traseasonal,  interannual,  and  interdecadal  variabilities
(Chen et al., 1998; Chan, 2005; Emanuel, 2005; Webster
et al., 2005).

TC activity is closely associated with El Niño–South-
ern  Oscillation  (ENSO).  ENSO  affects  TC  activity
through  its  impacts  on  the  thermal  and  dynamic  condi-
tions over the WNP. Earlier  studies suggested that  in El
Niño years, sea surface temperature (SST) over the WNP
is  lower  than normal,  sea  level  pressure  (SLP)  is  higher
than normal, and convection is weaker than normal; as a
result,  fewer TCs can form in WNP and the TC genesis
positions are located to the east of their normal positions.
In La Niña years, the situations are reversed (Chan, 1985;
Wu and Lau, 1992; Lander, 1994). Further in-depth stud-
ies found that during different stages of the ENSO cycle,
various combinations of the ENSO intensity, spatial pat-
tern, and SST anomaly in the Indian Ocean would affect
the TC genesis,  TC track,  TC intensity,  and TC landfall
in  different  seasons  (Li  C.  Y.,  1987; Chen  et  al.,  1998,
2006; He  et  al.,  1999; Chan,  2000; Wang  and  Chan,
2002; Kim et al., 2011; Zhan et al., 2011; Li T., 2012; Li
and Zhou, 2012; Yu et al., 2016b; Xie at al., 2018). Note
that results of various studies are different due to differ-
ences  in  data,  definition,  and  research  routines  among
these studies. Wang and Chan (2002) proposed that in El
Niño  developing  years,  most  TCs  form  over  the  south-
east  quadrant  of  the  WNP with  relatively  strong  intens-
ity; in La Niña developing years,  TCs form largely over
the northwest quadrant of the WNP with relatively weak
intensity. From July to September, mean TC genesis pos-
ition in strong El Niño years is further south than that in
La Niña years. Xie et al. (2018) found that in the years of
El Niño decaying, most of the TCs are originated in the
South China Sea and move westward; in the years of La
Niña decaying, TCs mostly originate over the WNP near
the coastal water of China (including the Taiwan Island),
and they often follow a recurvature path along the coast.

In addition,  some studies suggested that  the Antarctic
Oscillation  (AAO),  Arctic  sea  ice,  snow  cover  in  the
Tibetan  Plateau,  North  Pacific  Oscillation  (NPO),  SST
over North Atlantic, etc., all have impacts on the interan-
nual  variability  of  TC  activity  (Wang  and  Fan,  2006;
Fan,  2007; Wang et  al.,  2007; Yu et  al.,  2016a; Zhan et
al., 2016).

The Madden–Julian Oscillation (MJO) is the most sig-
nificant  mode  of  tropical  atmospheric  circulation  (Mad-
den  and  Julian,  1971),  which  is  characterized  by  east-

ward  propagation  of  large-scale  deep  convection  anom-
alies  in  the  tropics.  These  convection  anomalies  initiate
from  the  Indian  Ocean,  pass  through  Indonesia  and  the
nearby regions, enter the western Pacific, and eventually
disappear  near  the  international  dateline.  TC  activities
and  TC  tracks  are  affected  obviously  by  the  MJO  (Hu
and  Wang,  1992; Sobel  and  Maloney,  2000; Zhu  et  al.,
2004; Huang and Chen, 2007; Kim et al., 2008; Chen and
Huang, 2009; Liu G. et al., 2009; Sun et al., 2009; Pan et
al., 2010; Tian et al., 2010a, b; Huang et al, 2011; Li and
Zhou,  2013a, b;  Liu  Q.  et  al.,  2018).  Most  studies  con-
clude that the MJO would affect the atmospheric temper-
ature, water vapor content, and sea level pressure during
its  eastward propagation.  When the  MJO is  in  its  active
phase,  convection  is  significantly  enhanced,  a  cyclonic
vortex  develops  to  the  north  of  the  equator  at  lower
levels while an anticyclonic vortex develops in the upper
troposphere,  vertical  wind  shear  decreases,  and  upper-
level  divergence  intensifies.  Such  a  large-scale  circula-
tion  background  favors  the  generation  and  development
of  TCs.  In  the  westerly  wind  phase  of  the  MJO,  zonal
convergence and meridional shear of zonal winds lead to
energy  transfer  from  low-frequency  kinetic  energy  to
high  frequency  kinetic  energy,  which  subsequently  in-
tensifies  high-frequency motions.  As a  result,  more TCs
are  generated  in  this  region.  On  the  contrary,  when  the
MJO  is  in  the  easterly  wind  phase  over  the  western
WNP,  TC  genesis  is  suppressed.  In  addition,  different
phases  of  the  MJO  and  the  quasi-biweekly  oscillation
(QBWO)  over  the  WNP  also  affect  the  TC  genesis,  in-
tensity, track, and landing. TCs are also under the influ-
ences  of  intraseasonal  oscillation  in  the  subtropics  and
circulation patterns over the mid–high latitude regions.

The above discussion indicates  that  TC activity  is  in-
fluenced by multiple factors. The TC genesis, track, land-
ing,  and  TC-induced  disasters  are  quite  different  in  dif-
ferent years (Liu et al., 2007; Gong and Chen, 2013). TC
activity can be significantly active or inactive in the sum-
mer and autumn seasons. In the summer of 2018, a total
of  18  TCs  formed  in  the  WNP  and  South  China  Sea
(SCS)  and  8  TCs  landed  in  China,  both  are  much  more
than  normal.  The  TC  genesis  frequency  over  the  WNP
and SCS in  2018 ranked the  second highest  since  1951,
and the number of landfall TCs in China in 2018 ranked
the  highest  since  1951.  Apparently,  TC  activity  is  ex-
tremely  active  in  summer  2018.  Meanwhile,  TC  tracks
are also complex in this season. Climatologically, the an-
nual mean number of TCs that land along the coastal re-
gion  of  Zhejiang–Shanghai–Jiangsu  is  only  1,  whereas
this number rises to 4 in 2018, among which 3 landed in
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Shanghai, accounting for half of the total TCs that landed
in  Shanghai  since  1951  (including  those  that  landed  for
the  second  time  in  Shanghai).  Typhoons  Ampil  (1810),
Yagi (1814), and Rumbia (1818) travelled across central–
northern  parts  of  East  China  and  entered  inland  China,
affecting  large  areas  and  bringing  in  extremely  heavy
precipitation  along  their  moving  paths.  In  particular,
Typhoon Ampil went all the way north to the southeast-
ern  Inner  Mongolia.  It  was  maintained  for  up  to  62  h
over land area, which seldom occurred in history. In ad-
dition,  five  TCs  directly  landed  in  or  influenced  Japan
and  two  TCs  landed  in  the  Korean  Peninsula,  incurring
severe disasters there. Among the five TCs, after landing
in Honshu Island, Japan, Jongdari (1812) turned west and
landed  in  Shanghai,  China.  In  summer  2018,  TCs  were
crowded  together,  mutually  restrained,  and  twisted,
turned, or zigzagged over offshore regions, showing com-
plicated  tracks.  However,  among  the  eight  TCs  that
landed in China, only one reached the strong typhoon in-
tensity [Maria (1808)] and the other seven TCs remained
as tropical storms or strong tropical storms. The average
wind speed of the eight landfalling TCs is 26 m s–1 (cat-
egory 10), weaker than the climatological mean value of
32.8 m s–1 (category 12). Although the TCs that landed in
China  in  2018  were  weak,  the  TC-induced  precipitation
was strong,  and heavy rainfall  occurred over large areas
such as East China, eastern North China, southern North-
east China, and South China.

In this paper, the mechanisms for the extremely active
TC  season  of  summer  2018  and  the  complicated  TC
tracks  are  analyzed  from  perspectives  of  ocean  thermal
condition, large-scale circulation, and intraseasonal oscil-
lation. Results of the present study are expected to reveal
and provide precursor signals for TC prediction and im-
prove the capability for prevention and mitigation of TC-
induced disasters.

2.    Data and method

Meteorological  elements  such  as  geopotential  height,
horizontal winds, vertical velocity, and so on are extrac-
ted from the NCEP/NCAR monthly reanalysis data (Kal-
nay et al., 1996; Kistler et al., 2001). The data cover the
period of 1948–2018 with a horizontal resolution of 2.5°
×  2.5°.  The  NOAA  1.0°  ×  1.0°  Optimum  Interpolation
Sea  Surface  Temperature  dataset  (OISST-V2)  is  used
(Reynolds  et  al.,  2002).  Daily  atmospheric  analysis  data
include horizontal  winds at  850 and 200 hPa are extrac-
ted  from  the  Global/Regional  Assimilation  and  Predic-
tion System (GRAPES) daily analysis data with a resolu-
tion  of  25  km  ×  25  km,  together  with  daily  outgoing

longwave  radiation  (OLR)  on  a  resolution  of  0.01°  ×
0.01°.  All  data  are  interpolated  to  2.5°  ×  2.5°grids.  The
Niño3.4 SST index (5°N–5°S, 120°–170°W) is produced
by  the  U.S.  Climate  Prediction  Center  (CPC)  based  on
ERSST v5 (Huang et  al.,  2017)  and can be downloaded
from http://origin.cpc.ncep.noaa.gov/products/analysis_
monitoring/ensostuff/ONI_v5.php.

The  historical  information  on  TC  occurrence  fre-
quency  and  genesis  position  is  derived  from  the  best
track dataset provided by Shanghai Typhoon Institute of
China  Meteorological  Administration  (CMA)  (Ying  et
al., 2014). The data can be downloaded from http://tcdata.
typhoon.org.cn/zjljsjj_zlhq.html.  In  this  dataset,  TCs  are
defined  as  those  with  average  wind  speed  of  17  m  s–1

(category  8)  or  above  that  occur  especially  in  the  WNP
and  SCS,  including  tropical  storms,  strong  tropical
storms,  typhoons,  strong  typhoons,  and  super  typhoons.
This best track dataset also provides the position and in-
tensity of all TCs over the WNP (including the SCS, the
Pacific Ocean to the north of the equator and to the east
of  180°)  since  1949  at  6-h  intervals.  Unless  specifically
stated, in this paper, the climatological mean refers to the
30-yr average over 1981–2010.

The RMM (Realtime Multi-variate MJO) index, which
consists  of  zonal  winds  at  850  (U850)  and  200  hPa
(U200) and OLR, is  used to monitor  the MJO (Wheeler
and Hendon, 2004). The RMM index can well represent
the  coupling  structure  of  MJO between  large-scale  con-
vection  and  circulation  anomalies.  The  two  components
of  the  RMM  index,  named  as  RMM1  and  RMM2,  are
used to produce a two-dimensional phase space diagram
that  can  directly  reflect  the  position  and  propagation
characteristics of MJO convection in real time. This type
of two-dimensional phase space diagram has been widely
applied to the operational monitoring and scientific stud-
ies  of  MJO.  To  calculate  the  RMM index,  climatic  sea-
sonal  cycles  (0–3  waves)  and  interannual  variabilities
(average  of  the  previous  120  days)  of  U200,  U850,  and
OLR are firstly removed from their daily values, and the
meridional  averages  are  then  calculated  over  the  tropics
(15°S–15°N)  and  normalized  by  dividing  their  respect-
ive standard deviations. Finally, the results are projected
to the first two EOF patterns to obtain the pair of RMM
monitoring  index.  In  order  to  ensure  the  consistency  of
results,  the  standard  deviations  and  spatial  modes  used
for  normalization  and  projection  are  downloaded  from
http://poama.bom.gov.au/project/maproom/RMM/. In ad-
dition,  the  two  pairs  of  indices  defined  by Lee  et  al.
(2013), which consist of U850 and OLR and can be cal-
culated  by  the  similar  method  for  RMM index  and  pro-
jected onto four EOF patterns, are used as monitoring in-
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dex  for  the  boreal  summer  intraseasonal  oscillation
(BSISO) (refer to http://iprc.soest.hawaii.edu/users/jylee/
bsiso/).

3.    Characteristics of TC activity over the
WNP in summer 2018

The  whole  year  of  2018  witnessed  29  TCs  formed
over  the  WNP and SCS,  3  more  than the  climatological
average  (26);  10  TCs  landed  in  China,  3  more  than  the
normal (7). The TC activity was active in summer and in-
active in autumn (Fig. 1) with 18 TCs formed in summer,
significantly  more  than the  climatological  mean (11).  In
June,  July,  and  August,  TC  genesis  frequency  is  235%,
135%,  and  156%  that  of  the  respective  climatological
monthly average.  Eight TCs landed in China in summer
2018, more than the climatological mean (4.6). The num-

ber of TCs that landed in June, July, and August is 158%,
150%, and 206% that of the climatological mean in each
corresponding month. In autumn (September–November)
2018, only 8 TCs formed, much fewer than the climato-
logical  mean  (11).  Among  the  eight  TCs  formed  in  au-
tumn, two landed in China,  similar to the climatological
mean number. Statistics of TCs forming in the WNP and
SCS and landing in China in summer during 1951–2018
(Fig.  2)  suggests  that  the  TC genesis  frequency  in  sum-
mer 2018 is only smaller than that in summer 1994 (19),
ranking the second highest together with that in 1967 and
1974.  The  number  of  TCs  that  landed  in  China  in  sum-
mer 2018 ranks the first with that in 1994, exceeding two
standard deviations of its  climatic value.  The above res-
ults  indicate  that  the  TC  activity  is  extremely  active  in
summer  2018  and  this  abnormality  could  be  found  in
every  month  of  the  summer.  It  is  worth  exploring  the
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Fig.  1.   Comparison  of  (a)  the  number  of  TCs  that  formed over  the  WNP and  SCS (0°–30°N,  100°E–180°)  and  (b)  the  number  of  TCs  that
landed in China, in 2018 (column in light gray) and their climatological values (column in black).
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Fig. 2.   Temporal evolutions of the number of TCs generated over the WNP and SCS (solid line) and landfall TCs in China (dashed line) in sum-
mer during 1951–2018. Black and gray solid lines denote the climatological mean values, and dotted lines indicate one standard deviation, for
total TCs and landfall TCs, respectively.
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reasons  for  the  abnormal  large  number  of  TCs  that
formed  over  the  WNP and  SCS and  landed  in  China  in
summer 2018.

Based on the regions of TC genesis, we chose three re-
gions:  the  SCS  (west  of  120°E),  WNP1  (120°–145°E),
and WNP2 (145°E–international dateline) to perform fur-
ther  analysis.  TC  genesis  frequencies  over  the  above
three regions are listed in Table 1.  It  is  shown that  over
the  entire  year,  the  TC  genesis  frequencies  in  2018  are
slightly  higher  than  the  climatological  values  in  all  the
three  regions.  But  in  summer,  only  the  TC  genesis  fre-
quencies  in  WNP1  and  WNP2  are  significantly  higher
than  their  climatological  values  by  50%  and  120%,  re-
spectively.  This  indicates  that  abnormally  more  TCs
formed in the middle–eastern WNP in summer 2018.

According  to  the  TC track  classification  proposed  by
Tian  et  al.  (2010b),  TC tracks  comprise  westward-mov-
ing track, northwestward-moving track, track to the west
of Japan, track for TCs landing in Japan, and track to the
east of Japan. The above five types of TC track account
for  27.5%,  20.1%,  20.1%,  22.8%,  and  9.4% of  the  total
TC  tracks  in  summer.  If  we  take  the  last  three  types  of
TC tracks as northward-moving recurving type, they ac-
count for 52.3% of the total TC tacks. For summer 2018,
the  number  of  TCs  that  follow  the  above  five  types  of

tracks is 2, 4, 2, 5, and 4 [Ewiniar (1804) is not counted
since  it  formed in  the  SCS and  landed  in  South  China],
accounting for 11.1%, 22.2%, 11.1%, 27.8%, and 22.2%
of  the  total,  respectively;  and  the  last  three  types  of  TC
tracks  contribute  61.1%  of  the  total  number.  That  is,
more TCs has followed the northwestward-moving track
and the northward-moving recurving track (the large con-
tribution  tracks  are  those  for  TCs  landing  in  Japan  and
the track to the east of Japan), while fewer TCs followed
the westward-moving track (Fig. 3). The four TCs (1808,
1810, 1814, and 1818) that moved northwestward landed
in Fujian, Zhejiang, and Shanghai, respectively (Table 2).
The TC activity occurred for 5, 23, and 19 days in June,
July, and August, respectively. In particular, the number
of days with TC activity during July–August accounts for
68%  of  the  total  days.  The  four  TCs  that  followed  the
northwestward track were active during 4–11 July, 18–25
July, 8–14 August, and 15–21 August. The five TCs that
landed in Japan were active during 25–29 July, 3–10 Au-
gust,  11–15  August,  18–24  August,  and  28  August–5
September.  Therefore,  July–August  is  the  period  when
TC impacts are concentrated in eastern China and Japan.

4.    Large-scale circulation features favorable
for summertime TC activities

As mentioned previously, TC activity is extremely act-
ive  in  summer  2018.  Based  on  historical  records  shown
in Fig.  2,  an  active  (inactive)  TC  year  is  defined  if  the
normalized TC genesis  frequency in  the  summer of  that
year  is  one  positive  (negative)  standard  deviation  larger
(smaller)  than  its  climatological  value.  Only  the  years

 

Table 1.   Numbers of TC genesis in three regions in 2018
SCS

(West of 120°E)
120°–145°E

(WNP1)
145°E–180°

(WNP2)
Summer 2018 3.0   9.0 6.0
Summer (climate) 2.3   6.3 2.7
2018 total 6.0 14.0 9.0
Annual total (climate) 4.9 13.4 7.5
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Fig. 3.   Tracks of the 18 TCs formed in the WNP and SCS in summer 2018.
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after 1981 are considered because of the decadal variabil-
ity  of  the  atmospheric  circulation  (Li  et  al.,  2016).  Act-
ive TC years are identified to be 1981, 1989, 1992, 1994,
2002, 2004, and 2017; inactive TC years are 1983, 1998,
2007, 2008, 2010, and 2014. If the normalized TC gene-
sis frequency in a specific year is within one standard de-
viation, that year is defined as a normal TC activity year.
The composite large-scale circulation is obtained for act-
ive,  inactive,  and  normal  TC  activity  years  and  com-
pared with that in 2018.

In  normal  TC  activity  years,  the  eastern  part  of  the

monsoon trough in the WNP is located around 140°E, the
western  Pacific  subtropical  high  (WPSH)  extends  west-
ward  to  near  130°E  (Fig.  4a)  with  its  ridge  line  over
25°–27°N, and a  weak cyclonic  circulation anomaly de-
velops near the Philippines (Fig. 5a). In active TC years,
the eastern part of the monsoon trough extends eastward
till 150°E (Fig. 4c), and the western most point of WPSH
withdraws  to  140°E  (to  the  east  of  its  normal  position)
with a more northward ridge line at 27°–29°N. Westerly
winds prevail  in  the low latitude of  the WNP, low-level
convergence  is  significantly  stronger  than  normal  over

Table 2.   Features of TCs that landed in China in summer 2018
TC number Time of genesis Time of landing Position of landing Time of extinction
1804 5 June 6–7 June Xuwen of Guangdong, Haikou of Hainan, Yangjiang of Guangdong 9 June
1808 4 July 11 July Lianjiang of Fujian 11 July
1809 17 July 17 July Wanning of Hainan; Vietnam 19 July
1810 18 July 22 July Chongming of Shanghai 25 July
1812 25 July 3 August Jinshan of Shanghai; Onshu of Japan 3 August
1814 8 August 12 August Wenling of Zhejiang 14 August
1816 12 August 15 August Leizhou of Guangdong 17 August
1818 15 August 17 August Pudong of Shanghai 21 August
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Fig. 4.   Composites of 850-hPa divergence (contours; unit: 10−5 s−1; areas shaded from light to dark indicate values significant at 0.1, 0.05, and
0.01 levels),  850-hPa winds (vectors; green arrows are for values at/above the 0.1 significance level),  and 5880-gpm contour (thin red line) in
summer over the WNP for (a) normal TC activity years, (b) 2018, (c) active TC activity years, and (d) inactive TC activity years. Note that the
black line denotes the climatological 5880-gpm contour, which coincides with the 5880-gpm contour for normal TC activity years in (a); and the
thick red line indicates the monsoon trough.

614 Journal of Meteorological Research Volume 33



the  warm  pool  region  of  the  western  Pacific,  while  a
large-scale  cyclonic  circulation anomaly develops  to  the
east  of  the  Philippines,  corresponding  to  large-scale  di-
vergence at the upper levels (Fig. 5c). The low-level con-
vergence and high-level divergence are significant at the
0.1  level,  resulting  in  a  circulation  pattern  favorable  for
the  formation  and  development  of  TC  (Wang  et  al.,
2006). In inactive TC years, the eastern part of the mon-
soon  trough  only  reaches  near  120°E  (Fig.  4d)  in  the
South China Sea with its  position shifted westward,  and
easterly  winds  that  are  statistically  significant  at  the  0.1
level prevail over the low-latitude area of the western Pa-
cific. The WPSH extends further westward to 120°E, and
its ridge line is retreated southward to near 25°N. An an-
ticyclonic  circulation  anomaly  prevails  over  the  Pacific
Ocean  to  the  east  of  the  Philippines.  Convection  in  the
lower  troposphere  is  suppressed,  and  divergence  at  the
upper  levels  is  weak  (Fig.  5d).  Such  a  circulation  com-
posite  passes  the  significance  test  in  most  areas,  and  is
unfavorable for the formation of TC.

In  summer  2018,  the  eastern  part  of  the  monsoon
trough  reached  150°E  (Fig.  4b),  the  WPSH  extended

westward  and  reached  140°E,  and  both  were  located  to
the  east  of  their  climatological  positions.  The  WPSH
ridge line was located at 29°–30°N, north of its climato-
logical position. Westerly winds prevailed in the low-lat-
itude area of the western Pacific, while cyclonic circula-
tion  occupied  the  area  east  of  the  Philippines.  Convec-
tion  was  active  in  the  lower  troposphere,  corresponding
to large areas of abnormally strong divergence in the up-
per troposphere over the western Pacific between 5° and
35°N (Fig.  5b).  This  circulation  pattern  basically  agrees
well  with  the  circulation  characteristics  in  active  TC
years  (Fig.  5c).  Particularly,  the  divergence  developed
near the northern Philippines was statistically significant.
In  addition,  the  WPSH  ridge  line  was  located  further
north than the composite location for active TC years. In
other words, the monsoon trough over the WNP in sum-
mer  2018  was  stronger  than  normal  and  extended  east-
ward, resulting in eastward shift of the TC genesis posi-
tion; while the background circulation with convergence
at  low  levels  and  divergence  at  upper  levels  was  favor-
able for TC genesis. The above discussion explains why
more TCs formed in summer 2018 and why the TC gen-
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Fig. 5.   Composites of 200-hPa divergence anomaly (contours; unit: 10−5 s−1; areas shaded from light to dark indicate values significant at 0.1,
0.05,  and 0.01 levels)  and 850-hPa wind anomaly (vectors;  green arrows indicate  values  significant  at/above the  0.1  level)  for  (a)  normal  TC
activity years, (b) 2018, (c) active TC activity years, and (d) inactive TC activity years.
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esis position was located to the east of its climatological
position as shown in Table 1. Next, the SST field is fur-
ther analyzed to explore the oceanic thermal background
for formation of such large-scale circulation features.

5.    Characteristics of TC activity over the
WNP in La Niña decaying years

Tropical  SST  anomaly  (SSTA)  has  pronounced  im-
pacts  on  atmospheric  circulation  in  the  WNP.  Based  on
the monitoring by the National Climate Center of China,
a  weak  eastern-type  La  Niña  event  occurred  over
central–eastern  Pacific  from  October  2017  to  March
2018  (Wang  et  al.,  2018).  The  SSTA  over  the  Indian
Ocean  gradually  became  weakly  negative  since  Decem-
ber  2017,  demonstrating  a  lagged  response  to  the  La
Niña  event.  Starting  from  April  2018,  negative  SSTA
over the equatorial central Pacific weakened rapidly. The
Niño3.4  SST  index  issued  by  NOAA  CPC  was  0.1  in
summer  2018,  close  to  its  normal  value.  Since  1981,
there are 9 yr with the Niño3.4 SST index ≤ 0.2, among
which  2001,  2017,  and  2018  experience  more  TCs  in
summer,  while  1995,  2003,  and  2014  have  fewer  than
normal  TCs,  and  1986,  2005,  and  2006  are  normal  TC
years.  This  indicates  that  the  summer  TC  activity  in
WNP  bears  no  linkage  to  Niño3.4  SSTA.  However,  in
summer  2018,  which  is  a  La  Niña  decaying year,  signi-
ficant SSTA occurred in tropical western–central Pacific,
which may induce atmospheric circulation anomalies and
lead to anomalous TC activity in WNP.

Based on the ENSO identification criteria proposed by
Ren et al. (2018), decadal variability is removed and 9 La
Niña events after 1981 are identified in the present study,
i.e.,  October  1984–June  1985,  May  1988–May  1989,
September 1995–March 1996, July 1998–June 2000, Oc-
tober  2000–February  2001,  August  2007–May  2008,
June  2010–May  2011,  August  2011–March  2012,  and
October  2017–March  2018.  All  the  peaks  of  the  above
events  occurred  in  the  winter  months  of  December  and
January except that during September 1995–March 1996,
whose  peak  appeared  in  November.  Therefore,  1985,
1989, 1996, 2000, 2001, 2008, 2011, 2012, and 2018 are
identified as La Niña decaying years in the present study.
Among  the  above  9  years,  TC  genesis  frequency  was
smaller than normal in 2008 and 2011, equivalent to the
multi-year  average  value  in  1996  and  2000,  and  larger
than normal in the remaining 5 years (Fig. 2). Anomalies
of  SST,  sea  level  pressure  (SLP),  500-hPa  geopotential
height, and vertical velocity (averaged over 5°–25°N) in
the  first  8  La  Niña  decaying  years  are  compared  with
those in 2018, and the results are displayed in Fig. 6.

In the summers of La Niña decaying years, SSTA over
the equatorial Pacific overall demonstrated a west warm–
east  cold  pattern,  SSTA  was  negative  to  the  east  of  the
international  dateline  and  positive  to  the  west  of  the
dateline. However, the area with SSTA significant at the
0.1 level was not large and mainly located to the west of
the international  dateline near 150°E; in addition,  SSTA
was  negative  over  the  northern  India  Ocean,  while  the
SSTA  showed  a  “−  +  −”  pattern  from  the  tropical  At-
lantic to the north. Note that such an SSTA pattern failed
to pass the significance test (Fig. 6a). Looking at the spa-
tial  pattern of  SSTA in summer 2018,  it  is  clear  that  al-
though the Niño3.4 SST index was close to normal in the
entire summer, significant positive SSTA prevailed from
the  area  near  the  international  dateline  to  its  west  at
around 150°E with the SSTA above 0.6°C over the cent-
ral warm area (Fig. 6b), which is consistent with the area
of SSTA that passed the significance test in the summers
of  La Niña decaying years.  This  result  suggests  that  the
SSTA over the western Pacific in summer has more dir-
ect impacts on TC activity. In addition, the obvious neg-
ative  SSTA in  the  northern  Indian  Ocean  and  the  signi-
ficant “− + −” SSTA pattern over North Atlantic are also
favorable for TC activity (Yu et al., 2016a, b).

The  sea  level  pressure  is  another  environmental  vari-
able that reflects the degree of tropical TC activity (Li et
al.,  2012).  The  spatial  pattern  of  SLP  anomaly  in  the
summers  of  La  Niña  decaying  years  shows  that  SLP  is
lower than normal from the SCS to the east of the Philip-
pines and central Pacific, and the central area of negative
SLP anomaly is located to the east of the Taiwan Island
at around 140°E, where the SLP anomaly passes the sig-
nificance test. Positive SLP anomaly appears in the mid-
and  high-latitude  regions  of  eastern  Asia  (Fig.  6c).  In
summer  2018,  SLP  was  distinctly  lower  than  normal
from the SCS to the east of the Philippines. The negative
SLP  anomaly  center  was  located  within  110°–130°E
from the northern SCS to the east of Taiwan, which was
further west than that in the summers of La Niña decay-
ing years. Meanwhile, the area of negative SLP anomaly
extended northwestward to the Asian continent (Fig. 6d),
favorable for TC activity in northwestern Pacific.

In  La  Niña  decaying  years,  500-hPa  geopotential
height  demonstrates  a  “−  +  −  +”  wave  pattern  from
Eurasia  to the midlatitude region of  the northern Pacific
Ocean, and the positive geopotential height anomalies to
the  south  of  Lake  Baikal  are  statistically  significant.  A
long wave trough appears at around 150°E to the east of
Japan,  while  the  EAP  teleconnection  wave  train  devel-
ops over the WNP with a “− + −” pattern from south to
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Fig. 6.   Composites of (a, b) SSTA, (c, d) SLP anomaly, (e, f) 500-hPa geopotential height anomaly, (g, h) vertical and zonal (averaged over
5°–25°N) wind anomaly during June–August, and (i, j) vertically (850–300 hPa) averaged horizontal winds (vectors) during July–August, for (a,
c, e, g, i) La Niña decaying years and (b, d, f, h, j) the summer of 2018. Areas marked by black dots in (a, c, e), yellow shadings in (g), and red
arrows in (i) indicate values significant at/above the 0.1 level. Blue lines in (e, f) denote the climatological (1981–2010 mean) 5880-gpm contour;
and black dashed lines denote that for (e) La Niña decaying years and (f) summer 2018.
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north along West Pacific. However, note that this pattern
is not statistically significant (Fig. 6e). Basically, in sum-
mer 2018, the 500-hPa geopotential height showed typi-
cal  circulation  features  as  those  in  La  Niña  decaying
years (Fig. 6f), except that the positive anomaly center in
the  midlatitude  Eurasia  was  even  larger  and  extended
southeastward from Lake Baikal to Northeast China. The
positive geopotential  height anomaly above Lake Baikal
was coupled with the long wave trough near 150°E to the
east of Japan. When the long wave trough intensified, the
warm,  high  pressure  ridge  over  North  and  Northeast
China moved eastward, overlapping with the WPSH. As
a  result,  the  WPSH  extended  more  westward,  steering
TCs  to  move  westward  and  landed  in  China  (Wang,
1981).  In  summer  2018,  the  circulation  anomaly  pattern
in the midlatitude Asia (Fig. 6f) was highly favorable for
the  TCs  to  move  westward  and  make  landfall  in  China.
Meanwhile,  the  WPSH abnormally  shifted  northward  in
summer  2018,  subsequently  the  TC  activity  was  also
more northward and affected the further northward areas
of China (Table 2).

In the summers of La Niña decaying years, zonally av-
eraged  convection  over  5°–25°N  distinctly  intensifies
over  110°–150°E and  such  intensification  is  statistically
significant  at  around  150°E  (Fig.  6g).  Characteristics  of
atmospheric  circulation  in  the  middle  and  lower  tropo-
sphere over the WNP and tropical convective activities in
summer 2018 were consistent with those in La Niña de-
caying  years,  and  convective  activities  were  abnormally
strong,  leading  to  active  TC  activities  (Fig.  6h).  The
comparative  analysis  shown  in Fig.  6 suggests  that  al-
though  SST  over  the  tropical  central–eastern  Pacific  in
summer  2018  was  close  to  its  climatological  value,
SSTA to the west of the international dateline was signi-

ficant, and the atmospheric circulations over the tropical
and  subtropical  WNP  and  the  mid  to  high  latitude  re-
gions  were  consistent  with  those  in  La  Niña  decaying
years.  These  circulation  characteristics  were  typical  re-
sponses to the decaying of La Niña. In particular, the “−
+ − +” pattern of circulation from Eurasia to the midlatit-
ude area of northern Pacific and the “− + −” EAP wave
train in East Asia provided large-scale circulation favor-
able  for  TC  genesis  in  northern  part  of  the  WNP.  The
above  circulation  pattern  was  also  favorable  for  the
northwestward  movement  of  TCs  and  their  ensuing  im-
pacts  in  northern  China.  Comparing  wind  fields  aver-
aged over 850–300 hPa in July–August between La Niña
decaying years and 2018 (Figs. 6i and 6j) finds that there
appear clearly steering flows for TCs to move northwest-
ward  and  northward  in  the  WNP in  both  cases;  particu-
larly,  the  steering  flow  for  TCs  to  move  northwestward
into the Yellow Sea and East Sea along coastal China in
summer 2018 is distinct, which is advantageous for TCs
to land in eastern China.

Further comparison of TC tracks in the summers of La
Niña decaying years and 2018 (Fig. 7) shows that in the
summers of La Niña decaying years, significant positive
anomalies  appear  over  zonally  extending  belts  in  north-
ern SCS and from east of the Taiwan Island to the inter-
national  dateline  with  the  positive  center  located  to  the
east  of  Taiwan  Island  and  over  20°–25°N,  140°–150°E,
indicating  that  more  TCs  move  through  this  area;  and
significant  negative  anomalies  appear  from  central–
southern of  SCS to  low latitude area  near  170°E,  where
fewer TCs move over (Fig. 7a).  This result  is  consistent
with  the  spatial  distribution  of  TC  track  density  in
June–November during La Niña decaying years reported
by Xie et al. (2018). In La Niña decaying years, the main
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Fig. 7.   (a) The difference (unit: times grid−1) between the TC track frequency in La Niña decaying years and that in 1981–2010, and (b) the dif-
ference between the TC track frequency in 2018 and that in 1981–2010, averaged for June–August in the 2.5° × 2.5° grids over WNP. In (a),
areas marked by black dots are for values significant at/above the 0.1 level. In (b), black contours are for 1981–2010 climatological values.

618 Journal of Meteorological Research Volume 33



body  of  the  monsoon  trough  is  located  over  10°–25°N,
120°–145°E,  which  is  more  northward  than  that  in  El
Niño developing/decaying years and La Niña developing
years.  In  La  Niña  decaying  years,  the  WPSH weakened
and retreated eastward, with the western most ridge point
located  at  140°E  (Fig.  6e).  Under  the  influence  of  east-
erly  winds  to  the  northeast  of  the  monsoon  trough  and
the  steering  flow  on  the  western  flank  of  the  WPSH,
most of the TCs move northwestward and/or recurve.

In  summer  2018,  the  main  body  of  the  monsoon
trough  was  located  over  15°–25°N,  120°–150°E  (Fig.
4b),  which  was  further  north  and  east  than  that  in  La
Niña  decaying  years,  and  thus  was  more  favorable  for
TCs to form in areas further north and east of WNP (Ta-
ble  1).  Among  the  18  TCs  in  summer  2018,  11  formed
within  10°–20°N,  and  7  formed  over  20°–30°N.  Mean-
while, although the WPSH weakened to a certain degree,
its western most ridge point reached near 140°E (Fig. 6f).
Steered by the flow to the west of the WPSH, TCs were
more  likely  to  follow  the  northward  track  and  then  re-
curved in offshore areas.

Figure 7 displays TC tracks in La Niña decaying years
and  in  summer  2018.  The  approach  proposed  by Xie  et
al.  (2018) is  used  to  calculate  the  TC  tracks.  The  TC
activity  area  is  divided  into  2.5  latitude  ×  2.5  longitude
grids,  and  the  TC  occurrence  frequency  at  each  grid  is
calculated.  The  larger  the  TC occurrence  frequency at  a
specific  grid,  the  more  TCs  will  pass  through  this  grid.
Spatial  distribution  of  TC  track  density  is  obtained  by
this  method.  In Fig.  7b,  positive  anomalies  of  TC  track
density occurred over a northwest–southeast oriented belt
extending from the north of Taiwan Island to near (15°N,
160°E), while negative anomalies occurred over the low
latitude area from the SCS to near 170°E. This result in-
dicates  that  the  TC  tracks  in  summer  2018  are  overall
similar  to  those  in  La  Niña  decaying  years  (Fig.  7a);
however, the TC genesis positions and TC tracks are loc-
ated  further  north,  with  the  high  value  center  located
from  the  offshore  region  to  the  east  of  China  and  the
ocean  to  the  southeast  of  Japan.  This  feature  is  consist-
ent with the results shown in Section 3 that more TCs in
summer 2018 followed the  northwestward-moving track
and  the  northward-moving-recurving  track  (especially
the track for TCs landing in Japan and the track for TCs
to the east of Japan).

It  is  clear  that  the  TC  tracks  in  2018  demonstrated
general features in La Niña decaying years. However, the
primary  TC  track  in  2018  was  distributed  along  the
northwest–southeast  direction,  with  more  TCs  moving
northwestward  and  recurving  to  the  north.  These  fea-
tures were not completely similar to those in La Niña de-

caying  years  due  to  the  fact  that  the  main  body  of  the
monsoon trough shifted northward and eastward in 2018.
As a result, the TC track density was significantly higher
than normal over the offshore region to the east of China
and the ocean to the southeast of Japan.

6.    Impacts of tropical intraseasonal oscilla-
tion on TC activity in summer

√
(RMM1)2+ (RMM2)2

In  summer  2018,  intraseasonal  oscillation  was  active
over  the  WNP.  By  using  the  amplitude  of  RMM  index
( )  greater  than  1  as  the  criterion
(Wheeler and Hendon, 2004), two consecutive MJO act-
ive  periods,  8–28  July  and  2–15  August  2018,  can  be
identified  (Fig.  8).  The  two  periods  correspond  to  the
concentration periods of TC genesis and TC activity, dur-
ing which they severely affected China and Japan (Table
2).  The  first  MJO  event  started  at  Phase  4,  propagated
eastward and ended at Phase 6, when convection was act-
ive  over  the  Maritime  Continent  (MC)  and  western  Pa-
cific  (WP);  the  second  event  lingered  at  Phase  6,  when
convection was stably residing over the WP.

Further analysis of the zonal (Figs. 9a, b) and meridi-
onal (Figs. 9c, d) propagations of U850 and OLR anom-
alies reveals the characteristics of circulation and convec-
tion  anomalies  corresponding to  the  MJO.  Note  that  the
contours in Fig. 9 indicate the anomalies that was recon-
structed by the RMM index. Details can be found in Wu
et  al.  (2016).  As  shown  in Fig.  9,  corresponding  to  the
two  MJO  episodes,  two  distinct  activities  related  to  ab-
normal  westerly  winds  can  be  found  in  the  U850  field
(Fig. 9a) in July and early August,  respectively. In July,
the eastward propagation of westerly wind anomaly was
significant;  in early August,  however,  the westerly wind
anomaly largely remained over the area from the MC to
WP, which promoted the transition of SSTA from negat-
ive  to  positive  and was  also  favorable  for  the  formation
of  Walker  circulation  anomaly.  Low-level  convergence
and  high-level  divergence  developed  near  the  Philip-
pines  with  intensified  ascending  motion  (Tian  et  al.,
2010a). The MJO was also reflected in convective activ-
ity,  although  the  scale  was  slightly  smaller  than  that  in
the circulation field (Fig. 9b). The relatively active MJO
to the east of the Philippines increased the low-level con-
vergence  and  mid-level  moisture  in  this  area,  and  thus
provided  favorable  thermal  and  dynamic  conditions  for
TC genesis. The position of TC genesis was further east
than  normal,  which  made  the  TCs  prone  to  the  north-
ward moving track and recurvature (Zhao and Li, 2019).
In  addition,  the  time–latitude  cross-section  along  115°–
130°E  (Figs.  9c, d )  indicates  that  intraseasonal  convec-
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tion and circulation anomalies in summer 2018 over the
WP were characterized by northward propagation, which
could  partly  be  explained  by  the  MJO  impact.  Convec-
tion propagated northward from the equator to 20°N near
the  Philippines,  and  triggered  meridional  “−  +  −”  wave
trains  similar  to  the  EAP teleconnection  pattern  (Huang
and Li, 1987; Nitta, 1987; Huang, 1992). As a result, the
WPSH shifted northward. The above circulation patterns
are well reflected in the seasonal averaged 500-hPa geo-
potential  height  anomaly  (Fig.  6f),  which  also  explains
why the WPSH ridge line in 2018 (see Fig. 4b) was loc-
ated  further  north  than  that  in  La  Niña  decaying  years.
Due to the abnormal northward shift of the WPSH ridge
line, TC became more active in the WNP area (Hu et al.,
2005).

Wave  activities  of  OLR  in  the  tropics  are  analyzed
based on zonal wavenumber–frequency spectrum decom-
position  following Wheeler  and  Kiladis  (1999). Figure
10a displays  characteristics  of  activities  related  to  the
MJO and the equatorial Kelvin waves and Rossby waves.
Due to the westward dispersion of  MJO energy,  the dry
event  in  late  June  was  a  precursor  of  the  MJO convect-
ive activity in July. However, the MJO event in early Au-
gust  identified  by  the  RMM index  was  mainly  reflected
in  the  circulation  field  (Fig.  9a),  and  the  convective  an-
omalies largely occurred to the north of  the equator and
were relatively weak near the equator. In addition to the
slowly eastward propagating MJO, the Kelvin waves that
rapidly  propagated  eastward  and  the  Rossby  waves  that
propagated westward were also active in the tropics. Fig-
ure 10b presents  the time–longitude cross-section of  ve-
locity  potential  at  200  hPa,  which  can  roughly  reflect

large-scale divergence and convergence. It is shown that
the  large-scale  MJO  signals  in  July  and  August  were
more significant at  upper levels,  and the convection-act-
ive  area  generally  corresponded  to  large  areas  of  diver-
gence in the upper troposphere. In other words, the MJO
activities  in  July–August  further  promoted  convective
activities in the lower troposphere and divergence in the
upper troposphere over the tropical and southern subtrop-
ical  regions  of  the  WNP.  The MJO effects  are  basically
consistent with the influence of large-scale circulation in
La Niña decaying years.

The number of days for MJO in various phases is cal-
culated. According to Pan et al. (2010), when the MJO is
in Phases 5–7, more TCs will  generate,  with the highest
frequency  in  Phase  6,  followed  by  that  in  Phase  5.  The
correlation coefficient between the number of days when
the  MJO  is  in  Phases  5–6  and  TC  genesis  frequency  is
0.46 (for 1981–2010), which is statistically significant at
the 0.01 level. In summer 2018, the number of days when
the  MJO was in  Phases  4–6 (Table  3)  was  much higher
than the climatological value. Particularly, the number of
days when the MJO was in Phases 5–6 was almost 150%
that of its normal value, indicating that the longer period
of MJO staying in Phases 5–6 in summer 2018 played a
vital role for the extremely active TC activities.

The boreal summer intraseasonal oscillation (BSISO),
which  is  composed  of  BSISO1  and  BSISO2,  was  also
active during the summer of 2018 (Fig. 11). BSISO1 rep-
 

Table 3.   Number of days for various MJO phases in summer 2018
MJO phase 1 2 3 4 5 6 7 8
2018 5 13 2 16 23 32 1 0
Climatological value  16.2    15.2    9.7    10.0     9.9    12.4    9.6    9.1
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Fig. 8.   (a) The RMM index phase space diagram in JJA 2018. (b) Time series of RMM1 and RMM2, and (c) amplitude of the RMM index,
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resents the northward propagating BSISO over the Asian
summer  monsoon  region  with  a  30–60-day  quasi-oscil-

lating  period;  and  BSISO2  mainly  captures  the  north-
ward  and  northwestward  propagating  BSISO  with  peri-
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Fig. 9.   (a, b) Time–longitude (averaged over 15°S –15°N) and (c, d) time–latitude (averaged over 115°–130°E) cross-sections for anomalies of
(a, c) U850 (m s−1) and (b, d) OLR (W m−2) during June–August 2018. The shadings and contours represent the original and reconstructed ano-
malies by using the RMM index.
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Fig. 10.   Hovmöller diagram of (a) OLR (shaded; unit: W m−2; averaged over 10°S–10°N) and (b) 200-hPa velocity potential (shaded; unit: 106

m−2 s−1; averaged over 15°S–15°N) anomalies during June–August 2018. The MJO, Kelvin wave, and Rossby wave are shown by black, red, and
blue contours in (a) respectively, and the contours in (b) represent anomalies of reconstructed RMM index.
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ods  of  both  around 30 days  and 10–20 days  (Lee  et  al.,
2013). Figure 11 shows that the BSISO1 mode is mainly
active in Phases 6–8, while the BSISO2 mode is active in
Phases  2–4.  As  shown  in Fig.  12,  during  the  period  of
concentrated  TC  genesis  in  early  and  middle  August  of
2018,  abnormally  active  convection  persisted  from  the
SCS to the WNP. Note that  although convective activit-
ies during this period were to a certain degree related to
the RMM index, they were actually more consistent with
convection  and  circulation  corresponding  to  BSISO1.
The  convection  anomalies  slowly  propagated  northward
instead of eastward (Fig. 9d), corresponding to the activ-
ities of BSISO1 mode in Phases 6–7. In the lower tropo-
sphere, large-scale cyclonic vorticity and water vapor an-
omalies persisted over the SCS and WNP, which was fa-
vorable for TC genesis in these areas. This result and the
long-term statistics  from climatological  data  can be mu-
tually confirmed (Yoshida et al., 2014; You et al., 2019).

7.    Conclusions and discussion

In summer 2018, a total of 18 tropical cyclones (TCs)
formed  in  the  western  North  Pacific  (WNP)  and  South
China Sea (SCS),  among which 8 TCs landed in  China.
The  number  of  total  TCs  and  landfall  TCs  ranked  the
first and second highest respectively since 1951. In addi-
tion, five TCs directly landed in Japan or significantly af-
fected  Japan,  and  two  TCs  landed  in  the  Korean  Penin-
sula.  Overall,  2018  is  an  extremely  active  TC  year.  Al-
though the  intensity  of  TCs landed in  China  was  gener-
ally weak, precipitation induced by TCs was intense with
heavy  rainstorms  and  disastrous  weather  on  their  paths.

TC  genesis  was  concentrated  in  summer  2018,  multiple
TCs  were  mutually  restrained,  and  TCs  twisted,  turned,
or  zigzagged  over  offshore  regions,  showing  complic-
ated tracks. The spatial pattern of TC track density indic-
ates that  within 120°–160°E in the WNP, more TCs oc-
curred to the north and fewer TCs occurred to the south
of 20°N. That is, positive anomalies of TC track density
occurred  over  a  northwest–southeast  oriented  belt  ex-
tending from the north of Taiwan Island to Japan and its
southeast ocean, while negative anomalies occurred over
the  low  latitude  area  from  the  SCS  to  near  170°E.  The
present  study analyzes impacts  of  tropical  SST anomaly
and ISO activity on TC genesis and TC track.

From October 2017 to March 2018, an eastern-type La
Niña event occurred over the central–eastern Pacific. It is
a  relatively  weak event  and the  Niño3.4  SST index was
already  close  to  its  normal  value  in  summer.  However,
SST  was  higher  than  normal  in  the  central  western  Pa-
cific with positive anomaly of above 0.6°C in the central
area of anomaly. Atmospheric circulation in tropical and
subtropical  regions of the WNP demonstrated character-
istics as that in La Niña decaying years. SLP was abnor-
mally  low  from  the  SCS  to  the  east  of  the  Philippines;
correspondingly,  500-hPa  geopotential  height  was  also
abnormally  low.  Convective  activities  averaged  over
5°–25°N  were  abnormally  strong  within  110°–150°E,
which was favorable for the intensification and eastward
extension of the monsoon trough. As a result, more TCs
formed and the TC genesis position shifted further north
than its  normal position.  Meanwhile,  the “− + − +” pat-
tern  of  wave  trains  prevailed  from  Asia  to  the  midlatit-
ude region of northern Pacific. Warm high-pressure ridge
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Fig. 11.   Phase space diagrams of the (a) BSISO1 and (b) BSISO2 indices from July to August of 2018.
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dominated  a  large  area  from  Lake  Baikal  to  Northeast
China. A long wave trough was located near 150°E to the
east of northern Japan, which provided large-scale circu-
lation  condition  for  westward  extension  of  the  WPSH.
This circulation pattern is also favorable for TCs to move
northwestward before recurving to the north. Apparently
the configuration of large-scale circulation in the tropics,
subtropics,  and  midlatitudes  was  favorable  for  TCs  to
move northwestward and recurve northward.

Two consecutive MJO active periods occurred in sum-
mer  2018,  which played a  critical  role  in  promoting TC
activities.  The  number  of  days  when  the  MJO  was  loc-
ated  from  the  MC  to  the  WP  (Phases  5–6)  was  almost
150%  that  of  its  normal  value.  Corresponding  to  these
two  MJO  events,  westerly  wind  anomalies  developed,
which were favorable for the formation of Walker circu-
lation anomaly. As a result, low-level convergence, high-

level  divergence,  and  intensified  ascending  motion  de-
veloped near  the  Philippines.  The relatively  more active
MJO to the east of the Philippines in the western Pacific
provided  favorable  dynamic  condition  for  TC  genesis,
leading  to  much  more  TCs  formed  in  the  east  of  120°E
over  WNP  (Table  1).  In  addition,  intraseasonal  convec-
tion and circulation anomalies in summer 2018 over the
WP  were  characterized  by  northward  propagation,  and
the  BSISO was  also  active.  The  corresponding  BSISO1
mode persisted  in  Phase  6–7,  while  large-scale  cyclonic
vorticity and water vapor anomalies maintained from the
SCS  to  the  WNP.  Such  a  pattern  was  favorable  for  TC
genesis. Convective activities triggered the EAP telecon-
nection  pattern,  which  forced  the  WPSH  to  shift  north-
ward  and  provided  favorable  large-scale  conditions  for
TCs  to  move  northward.  In  other  words,  the  MJO  and
BSISO  activities  during  July–August  of  2018  promoted

TOTAL BSISO1 BSISO2
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Fig. 12.   Anomalies of 850-hPa wind (vectors; m s−1), OLR (contours; W m−2), and precipitation (shaded; mm day−1) in the first four pentads of
August 2018. The left column shows the original anomalies, the middle column is for the anomalies reconstructed from BSISO1, and the right
column is the reconstruction from BSISO2.
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low-level  convective  activities  and  upper-level  diver-
gence  over  tropical  and  southern  subtropical  regions  of
the  WNP.  Their  impacts  on  large-scale  circulation  are
consistent with the impacts in La Niña decaying years.

Therefore, TC activity in summer 2018 was under the
joint  influences  of  decaying  La  Niña  and  abnormal  ISO
activities.  The  wave  trains  from  Asia  to  the  midlatitude
region of northern Pacific provided favorable large-scale
circulation  conditions  for  TC  activity  in  the  WNP.  The
mechanism  for  the  midlatitude  circulation  anomalies  is
discussed  in  another  paper  (Chen  et  al.,  2019).  The
present study provides a diagnostic base for exploring the
precursor  signals  of  TC  activities  and  establishing  pre-
dictive models.
Acknowledgments.  We thank the  anonymous review-
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ABSTRACT

In  2018,  summer  precipitation  was  above  normal  in  North  and  Northwest  China  and  below  normal  around  the
Yangtze River valley,  due to an extremely strong East  Asian summer monsoon (EASM). The atmospheric circula-
tion anomalies in East Asia and key external forcing factors that influence the EASM in 2018 are explored in this pa-
per. The results show that there existed an anomalous cyclonic circulation near the Philippines, while the western Pa-
cific subtropical high was located more northward than its normal position. In the mid–high latitudes, a negative geo-
potential height anomaly center was found near the Ural Mountains, suppressing the blocking activity. Under such a
circulation pattern, precipitation near the Yangtze River valley decreased because local divergence and subsidence in-
tensified, whereas precipitation in northern China increased due to large amounts of water vapor transport by anomal-
ously strong southerly winds. Further analyses reveal that the strong EASM circulation in 2018 might result from the
joint influences of several external forcing factors. The weak La Niña event that started from October 2017, the posit-
ive  North  Atlantic  Tripolar  mode  (NAT)  in  spring  2018,  and  the  reduced  snow cover  over  the  Tibetan  Plateau  in
winter 2017/18 all collaboratively contributed to formation of the cyclonic circulation anomaly near the Philippines,
leading to the extremely strong EASM. Especially, the positive NAT and the reduced Tibetan snow cover may have
caused the negative geopotential height anomaly near the Ural Mountains, in favor of a strong EASM. The above ex-
ternal  factors  and  their  reinforcing  impacts  on  the  EASM  are  further  verified  by  two  groups  of  similar  historical
cases.
Key words: East  Asian summer monsoon,  external  forcing factors,  La Niña,  North Atlantic  Tripolar  mode,  Indian

Ocean basin mode, snow cover of the Tibetan Plateau
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1.    Introduction

Under  the  influence  of  the  East  Asian  monsoon,  the
climate  in  China  exhibits  large  interannual  variability,
and associated meteorological disasters occur frequently.
Based on statistical analysis, the economic loss caused by
various meteorological disasters accounts for about 71%
of the total losses from various natural disasters in China.
Among all  the meteorological  disasters,  80% are caused
by drought and flood (Li et al., 2009; Huang et al., 2012).
Since summer is the rainy season in most parts of China,

it  is  also the season when drought and flood occur most
frequently. These disasters often cause large direct or in-
direct damages to people’s lives and economic infrastruc-
ture. For example, severe flooding disasters happened in
the  Yangtze  River  valley  in  summer  1998  and  2016
(Feng et al., 2000; Yuan et al., 2017), while serious met-
eorological  drought  occurred  in  Jianghuai  and  Jianghan
areas  in  summer  2012  (Zhao  et  al.,  2014),  and  a  severe
flooding disaster occurred over the Huaihe River basin in
2003  (Ma  et  al.,  2011).  Since  the  spatial  variation  of
summer precipitation in China is  mainly affected by the
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East Asian summer monsoon (EASM), it is of great sci-
entific  significance  to  probe  the  internal  dynamics  and
external forcing factors leading to the interannual variab-
ility  of  the  EASM,  which  has  an  important  implication
for disaster prevention and mitigation.

The summertime weather and climate in China are sig-
nificantly affected by the EASM system, which is under
the  control  of  some  external  forcing  factors  such  as  sea
surface temperature (SST) and land surface thermal con-
ditions (Huang et al., 2012). Complicated interaction and
combination  of  multiple  influencing  factors  make  the
EASM and summer precipitation in China vary signific-
antly on the interannual timescale (Chen and Zhao, 2000;
Chen  et  al.,  2013; Wang  and  Gu,  2016).  Among all  the
external factors affecting summer precipitation in China,
El  Nino–Southern  Oscillation  (ENSO)  is  the  most  im-
portant one. The ENSO events also exhibit significant in-
terannual variability, closely associated with the summer
precipitation variability in China (Huang and Wu, 1989).
The SST anomaly during an ENSO event may trigger an
abnormal anticyclone/cyclone near the Philippines in the
lower  troposphere  (Zhang  et  al.,  1996; Li  et  al.,  2017;
Zhang  et  al.,  2017).  The  northward  propagation  of  the
anomalous anticyclone/cyclone leads to the formation of
East  Asia–Pacific  (EAP)  teleconnection  pattern  and/or
the  Pacific–Japan  (PJ)  type  teleconnection  pattern
(Huang and Li, 1987; Nitta, 1987; Wang et al., 2000; Xu
et al.,  2019a),  which subsequently affect  the EASM and
summer climate  in  China.  During this  process,  the  local
air–sea  coupling  in  the  tropical  Indian  Ocean  and  the
SST  anomaly  over  Northwest  Pacific  also  play  an  im-
portant role as “capacitor,” which stores and prolongs the
ENSO  effect  into  spring  and  summer  (Xie  et  al.,  2009,
2016).  In  addition,  the  interdecadal  oscillation  of  the
North Pacific SST, which behaves as an important inter-
decadal  background,  modulates  the  influence  of  ENSO
on the EASM (Feng et al., 2014).

In addition to the SSTs in the tropical Pacific and trop-
ical  Indian  Ocean,  the  SST  in  North  Atlantic  and  the
snow cover over the Tibetan Plateau may also exert sig-
nificant  impacts  on  the  EASM.  The  North  Atlantic  Tri-
polar  mode  (NAT)  reflects  the  most  important  interan-
nual  variability  of  SST  over  the  North  Atlantic  region.
Studies  have  shown  that  the  springtime  NAT may  have
influenced the EASM in a great manner (Gu et al., 2009;
Sung et al., 2009). On the one hand, the NAT affects the
blocking activity near the Ural Mountains by activating a
teleconnection  wave  train  across  the  mid–high  latitude
region  of  Eurasia,  and  thus  intensifies  the  Meiyu  front
and the EASM. On the other hand, the NAT affects con-

vective activity in the tropical western Pacific through at-
mospheric teleconnection in the tropics, and thus contrib-
utes to the maintaining of the abnormal anticyclone/cyc-
lone near the Philippines (Zuo et al., 2013, 2018).

In addition to SST, some other surface thermal condi-
tions may also influence the EASM and summer climate
in  China.  In  particular,  the  thermal  condition  over  the
Tibetan Plateau correlates well with the monsoon circula-
tion over the plateau and East Asia (Ye et al., 1957; Zwi-
ers, 1993). The extent of wintertime snow cover over the
plateau and the snow melting in spring reflect the atmo-
spheric thermal conditions over the plateau (Chen et  al.,
2000; Qian et  al.,  2003; Zhang, 2004; Zhu et  al.,  2007).
Many  previous  studies  have  investigated  the  influence
and mechanism of the Tibetan snow cover on the EASM.
Zhang  and  Tao  (2001) pointed  out  that  the  anomaly  of
wintertime  snow  cover  over  the  Tibetan  Plateau  could
maintain until  spring or even summer. By changing sur-
face  albedo  and  soil  moisture  status,  snow  cover  over
large areas can greatly affect energy budget on local and
regional  scales,  leading  to  significant  variations  of  sea–
land  thermal  difference  in  spring  and  summer,  which
subsequently  influences  the  intensity  of  the  EASM.  A
study by Ren et al. (2016) showed that snow cover anom-
alies  over  the  Tibetan  Plateau  can  also  induce  variation
of the EASM intensity by triggering anticyclonic or cyc-
lonic  circulation  anomalies  near  the  Philippines.  Note
that such kinds of snow cover effects on atmospheric cir-
culation are independent of ENSO effects. A recent study
by Zhang et al. (2018) also pointed out that sensible heat
anomalies over the Tibetan Plateau led to changes in lat-
ent  heat  transport  to  the  northeast  of  India  in  summer,
which  may  result  in  anomalies  of  the  South  Asian  high
and thus affect the intensity of the EASM.

Preliminary  analyses  reveal  that  the  Asian  summer
monsoon  system  in  2018  appeared  abnormally  strong
(Gu and Chen,  2019; Sun et  al.,  2019).  Specifically,  the
Indian summer monsoon was much stronger than normal
at  certain  stages  and  heavy  rainfall  and  flooding  dis-
asters  occurred in  India  from May to  August  2018 (Sun
et al., 2019); and the South China Sea summer monsoon
was  stronger  than  normal  and  the  EASM  was  particu-
larly strong in 2018 (Gu and Chen, 2019). Based on sta-
tion rainfall  observations in  China,  it  is  found that  sum-
mer (June–August) precipitation was higher than normal
in  the  northern  and  southeastern  coastal  areas  of  China
but much lower than normal in the Yangtze River valley.
Although previous studies have revealed different circu-
lation  patterns  and  external  forcing  factors  leading  to
strong/weak  EASM  and  associated  precipitation  anom-
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alies,  specific  mechanisms  behind  the  EASM  anomaly
are usually different for individual years. For the EASM
anomaly  in  a  certain  year,  it  is  possible  that  a  single
factor plays a leading role, or it may be the result of the
joint  effects  of  multiple  factors.  What  is  the  specific
mechanism for the strong EASM in 2018? This is a ques-
tion that needs to be explored in particular. All in all, the
current  paper intends to answer the following questions.
(1)  What  are  the  main  characteristics  of  the  East  Asian
summer circulation in 2018? (2) What are the key exter-
nal  factors  that  have  exerted  significant  impacts  on  the
2018  summer  circulation?  (3)  How  do  all  the  external
factors jointly affect the EASM? Answers to these ques-
tions  will  provide  further  understanding on the  mechan-
isms  for  the  strong  EASM  in  2018  and  the  interannual
variability  of  the  EASM.  The  present  study  can  also
provide  reference  for  future  application  of  the  precursor
signals in the external forcing to more accurate seasonal
climate prediction.

2.    Data and method

The precipitation data used in the present study are ex-
tracted from the Daily Data of Basic Meteorological Ele-
ments of China National Ground Weather Station (V3.0)
issued by the National  Meteorological  Information Cen-
ter  of  China  (Ren  et  al.,  2012).  This  dataset  covers  the
period  of  January  1951–August  2018.  The  atmospheric
circulation data such as geopotential height and horizon-
tal  wind  fields  are  extracted  from  the  NCEP/NCAR
reanalysis  monthly  data  on  a  horizontal  resolution  of
2.5° × 2.5° (Kalnay et al., 1996; Kistler et al., 2001). The
NOAA SST data (OISSTv2) are employed in the present
study,  with  a  horizontal  resolution  of  1°  ×  1°  and  the
dataset  starts  from  December  1981  (Reynolds  et  al.,
2002)  and  ends  in  November  2018.  The  original  snow
cover  data  are  obtained  from  Rutgers  University  in  the
United  States  (http://climate.rutgers.edu/snowcover/).
Following the approach of Guo et al. (2004), the original
weekly snow cover data are converted into the number of
snow/snow-free  days  through  area  weighted  averaging
over the Tibetan Plateau, and the snow cover index over
the Tibetan Plateau is obtained. The averages from 1981
to 2010 for individual fields in each dataset are taken as
the  corresponding  climatological  means.  In  this  paper,
the winter, spring, and summer means are averages from
December  to  February,  March  to  May,  and  June  to  Au-
gust, respectively.

Three representative EASM indices defined by Shi  et
al. (1996), Zhang et al. (2003), and Zhu et al. (2000) are
calculated  in  this  study.  The  Shi  index is  defined  as  the

difference of normalized sea level pressure between 110°
and 160°E within the range of 20°–50°N. The Zhang in-
dex  is  defined  as  the  difference  in  the  average  850-hPa
zonal  wind  between  the  eastern  subtropical  monsoon
trough region (10°–20°N, 100°–150°E) and the East Asian
subtropical region (25°–35°N, 100°–150°E). The Zhu in-
dex  reflects  the  comprehensive  east–west  and  north–
south  thermal  differences  over  East  Asia.  The  Niño3.4
index represents the mean SST anomaly over the Niño3.4
region  (5°S–5°N,  170°–120°W).  The  NAT  index  (Mar-
shall et al., 2001; Zuo et al., 2012) is defined as the time
series corresponding to the first leading mode of the em-
pirical  orthogonal  function analysis  of  the SST anomaly
in  the  North  Atlantic  region  (0°–60°N,  80°W–0°).  A
“negative–positive–negative”  distribution  of  SSTA  over
North  Atlantic  from  the  tropics  to  the  high  latitude  re-
gion reflects the feature of the NAT in its positive phase,
and vice versa. In this paper, the relationship between ex-
ternal forcing factors and summer circulation is analyzed
by  composite  analysis  and  linear  regression  analysis.
Considering  the  maximum  data  overlapping  and  the
interdecadal  variation  of  the  EASM,  the  composite/
regression  analyses  are  conducted  over  the  period  from
1982 to 2017.

3.    Characteristics of the East Asian summer
monsoon in 2018 and its influence on sum-
mer rainfall in China

The  historical  time  series  of  the  three  EASM  indices
employed in this paper (Fig. 1) show that, for each index,
the  value  in  2018  demonstrates  an  obvious  positive  an-
omaly (exceeding one standard deviation), indicating that
the EASM in 2018 is much stronger than normal. Among
the  three  indices,  the  index  defined  by Zhang  et  al.
(2003) exceeds  two  standard  deviations  in  2018  and  in-
dicates that 2018 is the strongest EASM year since 1981
(Fig.  1b).  Based  on  the  indices  defined  by Shi  et  al.
(1996) and  Zhu  et  al.  (2000),  the  EASM in  2018  is  the
4th  and  3rd  strongest  since  1981  (Figs.  1a, c ),  respect-
ively.  All  the above three indices  indicate  that  the over-
all intensity of the EASM is extremely large in 2018.

Summer rainfall in China shows different drought and
flood distribution characteristics in various years, follow-
ing  different  intensities  of  the  EASM.  Based  on  the
threshold defined as 0.7 standard deviation of the EASM
index proposed by Zhang et al. (2003), 11 strong EASM
years (1981, 1984, 1985, 1986, 1990, 1994, 1997, 2001,
2002, 2004, and 2012) and 11 weak EASM years (1983,
1987,  1988,  1993,  1995,  1996,  1998,  2003,  2007,  2010,
and  2013)  are  identified.  Composite  precipitation  fields
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for the strong and weak EASM summers show that when
the  EASM  is  strong,  precipitation  in  the  middle  and
lower reaches of the Yangtze River is significantly lower
than that in weak EASM summers, whereas precipitation
in North, Northwest, Northeast, and South China is higher
than  that  in  weak  EASM  summers  (Fig.  2a). Figure  2b
shows the percentage precipitation anomaly (the percent-
age of precipitation anomaly relative to the climatology)
in summer 2018. It can be seen that precipitation in most

parts of North China, Northwest China, and South China
is  higher  than  normal  while  precipitation  in  the  middle
and  lower  reaches  of  the  Yangtze  River  is  obviously
lower  than  normal  (Fig.  2b).  Such  a  distribution  pattern
indicates that the summer rainfall in 2018 is probably af-
fected by the strong EASM in this year. Meanwhile, the
anomalous  distribution  pattern  of  rainy  days  (daily  pre-
cipitation ≥ 0.1  mm)  also  shows  that  the  rainy  days  in
most  areas  over  the  middle  and  lower  reaches  of  the
Yangtze  River  are  20%–40%  less  than  the  climatologi-
cal  value (Fig.  2c).  In  contrast,  for  most  parts  of  North-
west  and  South  China,  the  rainy  days  are  significantly
more than normal in 2018. Such an anomalous feature of
the  rainy  days  indicates  that  the  key  circulation  factors
that have affected precipitation in 2018 are persistent and
stable. However, for the eastern part of North China and
eastern part of Huanghuai region, although the precipita-
tion in most areas is more than normal, the rainy days are
less  than  normal,  implying  that  extreme  precipitation
may be prominent in these regions.

The historical time series of regional average summer
precipitation show that summer precipitation in Northw-
est China (including Xinjiang and Ningxia regions, Qing-
hai, Gansu, and Shaanxi provinces) has reached 196 mm
in 2018, which is 32% more than the climatological aver-
age  over  the  same  region  and  is  the  largest  since  1981
(blue  line  in Fig.  3).  The  average  precipitation  in  North
China  (including  Beijing  and  Tianjin,  and  Hebei  and
Shanxi provinces) is 376 mm, 14% more than the clima-
tological value (red line in Fig. 3). The average precipita-
tion  in  the  middle  and  lower  reaches  of  the  Yangtze
River  (including  Shanghai  and  Hubei,  Anhui,  Jiangsu,
Zhejiang, Jiangxi, and Hunan provinces) is 11% less than
the  climatological  value  and  is  also  the  least  in  the  past
five years (black line in Fig. 3).

The intraseasonal variation of summer precipitation in
China  is  significant  (He  et  al.,  1995; Zhan  et  al.,  2008;
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Fig.  1.   Temporal  evolutions  of  the  (a)  Shi,  (b)  Zhang,  and  (c)  Zhu
EASM indices during 1981–2018.
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Fig. 2.   (a) Difference in summer precipitation (mm) between strong and weak EASM years (thick dashed line indicates the area where the dif-
ference exceeds the significance level of 0.1). (b) Percentage precipitation anomaly (%) and (c) the anomaly of rainy days for summer 2018.
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Zhao et al., 2011). The characteristics of precipitation an-
omaly  in  certain  months  in  summer  often  exhibit  large
difference  from  overall  characteristics  of  precipitation
anomaly in the whole season (Chen et al., 2016; Yuan et
al.,  2017).  However,  in  summer  2018,  precipitation  an-
omalies in June,  July,  and August  consistently show the
characteristic  of  “less  precipitation  in  the  middle  and
lower  reaches  of  the  Yangtze  River  and  more  precipita-
tion  in  the  northern  region.”  This  pattern  indicates  that
during the whole summer of 2018, the anomalous atmo-
spheric  circulations  are  relatively  persistent  and  stable.
The  above  result  implies  that  the  influence  of  external
forcing  factors  may  have  played  a  dominant  role  com-
pared  with  that  of  internal  dynamic  processes  of  the  at-
mosphere.

4.    Characteristics of the East Asian atmos-
pheric circulation in summer 2018

The basic cause of the East Asian monsoon is the sea-
sonal  variation  of  the  atmospheric  thermal  difference
between  ocean  and  land.  In  summer  2018,  the  atmo-
spheric  thermal  state  over  the  ocean  and  land  shows  a

typical feature leading to strong EASM. The thickness of
the  atmosphere  (the  difference  in  geopotential  height
between  200  and  500  hPa)  is  used  to  represent  the
thermal state of the atmosphere. From the perspective of
climatology, a warm center of the atmosphere is located
near the Tibetan Plateau in summer, and hence there is an
obvious  thermal  difference  between  East  Asia  and  the
North Pacific Ocean to its east and the tropical oceans to
its  south  (Fig.  4a).  Therefore,  the  thermal  contrast
between  the  land  area  in  East  Asia  and  the  adjacent
oceans  may  cause  a  continental  thermal  low  over  East
Asia as well as the EASM. In summer 2018, there exists
an anomalous warm center in the northern–central part of
East  Asia  (Fig.  4b),  implying  that  the  atmospheric
thermal  difference  between  the  ocean  and  land  is  en-
hanced and the EASM is intensified correspondingly.

In summer 2018, all the key members of the East Asian
atmospheric circulation system demonstrate features of a
strong EASM. In the upper troposphere at 200 hPa, there
exists  an  anomalous  positive  geopotential  height  center
while an anticyclonic anomaly is located in northern East
Asia  (Fig.  5a).  This  pattern  implies  that  the  location  of
the East Asian subtropical upper jet stream is located fur-
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Fig. 3.   Average summer precipitation (mm) in Northwest China (blue line), North China (red line), and the middle–lower reaches of Yangtze
River (black line) for 1981–2018.
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Fig. 4.   Summertime geopotential height difference between 200 and 500 hPa: (a) climatological mean and (b) 2018 anomaly field (gpm).
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ther north than its normal position. A positive geopoten-
tial  height  center  is  also  remarkably  notified  at  500 hPa
(Fig.  5b),  accompanied  by  two  negative  centers  to  the
north and south of the positive center respectively, form-
ing  a  “negative–positive–negative”  anomalous  pattern
along  the  coast  of  East  Asia.  Such  a  feature  of  circula-
tion  anomaly  resembles  that  in  the  positive  EAP  phase
(Huang, 1992; Huang et al., 2003). Affected by the above
circulation anomaly, the western Pacific subtropical high
(WPSH)  is  located  further  north  than  normal.  The  posi-
tion index of the WPSH ridge line in summer (as in Liu
et  al.,  2012)  indicates  that  2018  is  the  year  when  the
WPSH has reached its northernmost position since 1981
(Fig. 6).  Correspondingly, anomalous wind fields at 850
hPa (Fig. 5b) show a cyclonic anomaly located from the
Taiwan Strait to the northern Philippines, and an anticyc-
lonic  anomaly  situated  to  its  north.  Under  the  influence
of  such  a  circulation  anomaly  pattern,  most  areas  to  the
south  of  the  middle  and  lower  reaches  of  the  Yangtze
River are dominated by anomalous northerly winds, sup-
pressing  the  transfer  of  water  vapor  to  the  middle  and
lower  reaches  of  the  Yangtze  River.  The  divergence  of
horizontal  wind  and  that  of  water  vapor  flux  increase
(Figs.  5b, c),  which results  in  stronger  than normal  des-

cending  motion  (Fig.  5d)  and  less  precipitation  in  the
middle and lower reaches of the Yangtze River. For most
areas  in  the  northern  part  of  China,  the  lower  tropo-
sphere  is  under  the  control  of  southerly  wind  anomalies
(Fig.  5b),  which  are  conducive  to  the  transfer  of  water
vapor  (Fig.  5c)  and the intensification of  ascending mo-
tion (Fig. 5d), and thereby favoring more precipitation.

In  addition  to  the  tropical  and  subtropical  circulation
systems,  the  atmospheric  circulation  in  the  middle  and
high  latitudes  also  has  important  impacts  on  the  EASM
(Tao  and  Zhang,  1998; Wang  and  Gu,  2016; Xu  et  al.,
2019b).  For  example,  studies  have  pointed  out  that  the
Ural  Mountains  and  the  Okhotsk  Sea  are  two  key  re-
gions of summer atmospheric blocking activities, and es-
tablishment  of  the  blocking  situation  in  these  two  areas
plays an important role in the maintenance and intensific-
ation  of  the  Meiyu  front  (Tao  and  Zhang,  1998; Zhang
and Tao, 2003). The 500-hPa geopotential height field in
summer 2018 is displayed in Fig. 5b, which shows negat-
ive geopotential height centers over the regions in the vi-
cinity of the Ural Mountains and the Okhotsk Sea, where
no  obvious  blocking  activity  has  occurred.  Such  a  situ-
ation is disadvantageous for the establishment and main-
tenance  of  the  Meiyu  front.  In  contrast,  it  is  helpful  for
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(c) Anomalous water vapor flux and divergence (d) Anomalous 500-hPa vertical velocity
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Fig. 5.   Anomalous (a) geopotential height (gpm) and wind (m s−1) at 200 hPa, (b) 500-hPa geopotential height (gpm) and 850-hPa wind (m s−1),
(c) column-integrated water vapor flux (kg m−1 s−1) and its divergence (10−7 kg m−2 s−1), and (d) 500-hPa vertical velocity (−300 Pa s−1) in sum-
mer 2018. The red line in (b) represents the climatology mean 5880-gpm contour.
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the  intensification  of  southerly  winds  over  the  northern
part of China and thus promoting the enhancement of the
EASM.  To  sum up,  it  is  inferred  that  in  addition  to  the
East Asian subtropical jet stream and the WPSH circula-
tion  system,  the  atmospheric  circulation  anomaly  over
the mid–high latitudes of  Eurasia  also makes significant
contributions to the abnormally strong EASM in 2018.

5.    Collaborative impacts of external forcing
factors on EASM in 2018

From autumn 2017 to spring 2018, the Niño3.4 index
continued to be lower than −0.5°C, and the Southern Os-
cillation  Index  (SOI)  maintained  positive.  A  La  Niña
event  occurred  in  the  equatorial  central  eastern  Pacific

(Fig. 7a). According to the criterion defined by Ren et al.
(2018), this is a weak La Niña event starting in October
2017 and ending in April 2018. In terms of spatial distri-
bution of SSTA (Fig. 7b), this event is a distinct eastern
type La Niña event with the cold center located near the
equatorial  eastern  Pacific  (Niño  3  region),  while  warm
SST  anomaly  dominated  the  tropical  western  Pacific
from winter 2017 until the subsequent summer.

Previous  studies  have  shown  that  in  the  summer  fol-
lowing a La Niña event,  an anomalous cyclonic circula-
tion  is  likely  to  occur  near  the  Philippines,  which  is  fa-
vorable for a strong EASM (Wang et al.,  2000). Corres-
pondingly,  the  precipitation  in  the  middle  and  lower
reaches of the Yangtze River would be suppressed while
the precipitation in North China and South China would
be enhanced (Huang and Wu,  1989; Zhang et  al.,  1996;
Wang et al., 2000). However, the impact of ENSO event
on  the  EASM and  summer  precipitation  in  China  is  not
the  same  due  to  interdecadal  variations  (Feng  et  al.,
2014).  Under  the  current  interdecadal  background  (after
the 1980s),  the impact of La Niña on summer precipita-
tion in China is  weaker than that  before the 1980s (Gao
and Wang, 2007). The monsoon index in the eight sum-
mers  (1985,  1989,  1996,  2000,  2001,  2008,  2011,  and
2012)  that  followed  a  La  Niña  event  since  1981  never
showed  any  obvious  feature  of  a  strong  EASM.  The
EASM in all five (1989, 1996, 2000, 2001, and 2008) out
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Fig. 6.   North–south position index of the ridge line of the western Pa-
cific subtropical high (WPSH) in the summers of 1981–2018.
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Fig. 7.   (a) Evolution of the Niño3.4 index (°C) and SOI index from September 2016 to August 2018 and (b) global SST anomaly (SSTA) in the
2017/18  winter.  In  (b),  shadings  in  yellow  (blue)  with  solid  (dashed)  contours  denote  positive  (negative)  SSTA,  and  contour  interval  (CI)  is
0.3°C.
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of the above eight years is close to normal or weak (Fig.
1).  Composite  precipitation  in  the  above  eight  summers
that followed a La Niña event never showed any signific-
ant anomalous feature either (Fig. 8). Note that the com-
posite  precipitation  pattern  discussed  above  is  different
from  that  of  the  summer  precipitation  anomaly  in  2018
(Fig.  2a).  This  indicates  that  the  effect  of  the  La  Niña
event  on  the  EASM  and  summer  rainfall  in  China  has
been weakened since 1981.  At the same time,  under the
current  interdecadal  background,  the  strong  EASM  in
2018 may not be the result of the single factor of La Niña
event. Instead, it cloud be caused by the combined influ-
ences of several external forcing factors.

In addition to the ENSO event occurring in the tropi-
cal  Pacific,  the  tropical  Indian  SST,  the  North  Atlantic
SST, and the snow cover over the Tibetan Plateau are all
key  external  forcing  factors  affecting  the  EASM  (Chen

Q. J.  et  al.,  2000; Chen L.  J.  et  al.,  2013).  The lead–lag
correlations between the Niño3.4 index, the Indian Ocean
basin  wide  mode  (IOBW)  index,  the  NAT  index,  the
Tibetan  Plateau  snow  area  index,  and  the  EASM  index
(Zhang  et  al.,  2003)  are  calculated.  The  results  are
presented  in Fig.  9.  It  is  seen  that  all  the  above  factors
have  significant  correlation  with  the  EASM  index,  al-
though  the  correlation  coefficient  varies  with  different
lead times. It  is therefore concluded that each factor has
significant influences on the EASM. However, there is a
difference  in  the  lead  time  of  such  an  effect  for  each
factor.  It  is  worth  noting  that  the  snow cover  index  and
the  NAT  index  show  similar  relationships  with  the
EASM  index  after  removing  the  ENSO  trend  (figure
omitted),  which  indicates  that  the  impacts  of  the  snow
cover  and  the  NAT  on  the  EASM  are  independent  of
ENSO. Specifically, the relationship between the Niño3.4
index and the EASM index is most significant when the
SST index leads about half a year,  indicating the lagged
effect  of  the  wintertime  ENSO  mature  phase  on  the
EASM. For IOBW, it is found that the summertime SST
is most  significantly correlated with the EASM, indicat-
ing that the influence of the Indian Ocean on the EASM
is almost instantaneous. Since the variability of summer-
time SST over the tropical Indian Ocean is largely attrib-
uted to its response to ENSO event, it has been revealed
that the summer Indian Ocean SST mainly acts as a “ca-
pacitor”  and exerts  a  delayed effect  on the EASM, after
the  ENSO event  (Xie  et  al.,  2009, 2016).  For  the  NAT,
the most significantly correlated period with EASM is in
spring,  and  the  relationship  between  the  Tibetan  snow
cover  and  the  EASM  is  significant  since  winter  and
reaches its peak value in spring. The lead–lag correlation
relationships of the above factors with the EASM are ba-
sically consistent with previous studies.

According  to  the  period  during  which  each  factor  is
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Fig.  8.   Composite  precipitation  (mm)  over  eight  summers  that  fol-
lowed  a  La  Niña  event  from 1981  to  2017  (no  area  in  the  figure  ex-
ceeding the 0.1 significance level).
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Fig. 9.   Lead–lag correlation coefficients of the Niño3.4 index, IOBW index, NAT index, and Tibetan snow cover index with the EASM index
(three-month sliding average is performed prior to the calculation of correlation).
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significantly  correlated  to  the  EASM,  the  wintertime
Niño3.4  index,  summertime  IOBW  index,  springtime
NAT  index,  and  wintertime  Tibetan  snow  cover  index
are used to further analyze the characteristics of external
forcing  factors  and  their  influences  on  the  EASM  in
2018.  The  historical  series  of  the  above  indices  show
clearly  that  these  factors  in  2018  demonstrate  obvious
anomalous  characteristics  (Fig.  10).  In  winter,  the
Niño3.4  SST  is  significantly  colder  (Fig.  10a)  and  the
Tibetan  snow  cover  is  less  than  normal  (Fig.  10d);  in
spring, the NAT remains in its positive phase (Fig. 10c);
in summer, the SST in the tropical Indian Ocean is colder
than normal (Fig. 10b). In order to further reveal the im-

pact of each individual factor on the EASM in 2018, the
atmospheric  circulation  is  regressed  onto  each  external
factor and the results are discussed next.

5.1    Impacts of the tropical SST anomaly

In  the  typical  years  with  colder  than  normal  Niño3.4
SST in winter, atmospheric circulation in the subtropical
East  Asia  usually  demonstrates  significant  signals  of  a
positive  EAP  pattern  (cyclone–anticyclone–cyclone)  de-
veloping  along  the  coastal  region  of  East  Asia  at  500
hPa. The WPSH tends to be located further north and an
anomalous  cyclonic  circulation  appears  near  the  Philip-
pines  (Fig.  11a).  Such  a  circulation  pattern  reflects  the
main feature of a strong EASM, suggesting that the win-
tertime cold SST in the eastern tropical Pacific is  favor-
able for a strong EASM. However, as shown in Fig. 11a,
the  significance  level  in  the  East  Asian  subtropical  re-
gion is not very high and the corresponding geopotential
height and wind anomalies are also relatively weak. The
above  result  indicates  that  the  influence  of  the  La  Niña
event on the EASM is probably limited under the current
interdecadal background.

Generally,  in  the  summer  following  an  ENSO  event,
the equatorial eastern Pacific SST usually becomes close
to normal, while the anomalous anticyclone/cyclone near
the Philippines can still maintain. The maintenance of the
anticyclone/cyclone anomaly near the Philippines can be
attributed  to  the  IOBW,  which  has  a  strong  lagged  re-
sponse to  the  ENSO event  and a  positive  feedback with
the  anomalous  anticyclone/cyclone  in  the  Philippines.
That  is  to  say,  the  Indian  Ocean  SST  can  preserve  the
wintertime  ENSO  signal  and  release  it  in  the  summer.
According  to  the  composite  circulation  pattern  in  the
cold  IOBW  summers  (Fig.  11b),  a  positive  EAP  phase
along  the  coast  of  East  Asia  and  an  anomalous  cyclone
near  the  Philippines  are  promoted  by  the  cold  Indian
Ocean  SST.  The  above  impacts  of  the  Indian  Ocean  on
the  circulation  are  similar  to  and  even  more  significant
than that  of  the  equatorial  eastern Pacific  (Fig.  11a),  in-
dicating that the Indian Ocean can store the La Niña sig-
nal  and “relay”  it  in  the  summer.  The close  relationship
between the Indian Ocean SST and the summer circula-
tion  in  East  Asia  shows that  the  cold  IOBW in  summer
plays  an  important  role  in  maintaining  the  influence  of
the La Niña event  until  summer and promoting a strong
EASM.

5.2    Impacts of the North Atlantic SST anomaly

The  NAT  is  the  first  leading  mode  of  the  North  At-
lantic  SST  and  it  is  also  the  main  source  for  the  atmo-
spheric  interannual  variability  in  North  Atlantic.  Previ-
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Fig. 10.   Temporal evolutions of (a) the Niño3.4 index in winter, (b)
the IOBW index in summer, (c) the NAT index in spring, and (d) the
Tibetan snow cover index in winter during 1982–2018.
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ous  studies  have  revealed  that  the  springtime  NAT  can
significantly  influence  the  EASM.  It  affects  the  EASM
through  triggering  atmospheric  teleconnection  wave
trains  over  Eurasia,  which  subsequently  lead  to  circula-
tion anomaly in the mid–high latitude area. In addition, it
is  found  that  the  anomalous  convective  activities  in  the
tropical  Atlantic  corresponding  to  the  NAT play  an  im-
portant  role  in  the  anomalous  cyclone/anticyclone  near
the  Philippines  (Zuo  et  al.,  2013, 2018).  The  composite
circulation pattern at 500 hPa in the summer following a
positive springtime NAT (Fig. 11c) shows that there is a
significant  positive  geopotential  height  anomaly  center
near  the  Balkhash  Lake  and  a  negative  center  near  the
Ural  Mountains.  This suggests  that  the blocking activity
near  the  Ural  Mountains  is  suppressed,  which  is  not  fa-
vorable  for  the  strengthening  and  maintenance  of  the
Meiyu  front  but  is  helpful  for  the  intensification  of  the
EASM. Meanwhile,  there  is  an  obvious  anomalous  cyc-
lone  located  to  the  east  of  the  Philippines  (Fig.  11c),
which has beneficial effects on the northward shift of the
WPSH  and  a  strong  EASM.  The  anomalous  circulation
in  summer 2018 (Fig.  5b)  has  shown similar  features  to
the  composite  circulation  pattern  in  positive  NAT years
(Fig.  11c)  in  the  mid–high  latitude  regions.  It  is  there-

fore  deduced  that  the  positive  phase  NAT  probably  ex-
erts  a  significant  influence  on  the  circulation  over  the
mid–high latitudes in summer 2018. Moreover, the NAT
might also contribute to the anomalous cyclonic circula-
tion around the Philippines in summer 2018.

5.3    Influences of Tibetan Plateau snow cover

The  Tibetan  Plateau  plays  an  important  role  in  the
formation  and  variation  of  the  East  Asian  monsoon  due
to its special geographical location, topographical height,
and  remarkable  seasonal  to  interannual  variations  of
thermal condition (Liu et al., 1999; Wu et al., 2018). The
area  of  snow  cover  is  one  of  the  most  important  vari-
ables used to reflect the thermal condition on the plateau,
and  it  is  also  an  important  external  forcing  signal  fre-
quently used in the diagnosis and prediction of summer-
time climate in China in recent years (Chen et al., 2000;
Peng  et  al.,  2005).  It  has  been  revealed  that  the  winter-
time snow cover anomaly on the Tibetan Plateau can af-
fect the EASM either by changing the thermal difference
between  the  plateau  and  the  surrounding  oceans  (Zhang
and Tao, 2001) or by contributing to the formation of the
cyclone/anticyclone  anomaly  near  the  Philippines  in
early summer (Ren et al.,  2016). The composite circula-

(a) Composite for negative Niño3.4 index (b) Composite for negative IOBW index

(c) Composite for positive NAT index (d) Composite for negative Tibetan snow index
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Fig. 11.   Composite 500-hPa geopotential height (gpm) and 850-hPa wind (m s−1) anomalies in the summers (a) following the La Niña occur-
rence winters with negative Niño3.4 index, (b) with negative summer IOBW index, (c) following the springs with positive NAT index, and (d)
following the winters with negative winter plateau snow cover index. Dark, medium, and light shadings indicate the areas with values above the
significance level of 0.01, 0.05, and 0.1, respectively; red solid lines represent the climatological mean 5870-gpm contour. Only wind vectors ex-
ceeding the 0.2 significance level are shown.
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tion  pattern  during  the  summers  that  follow  those  win-
ters with less snow cover on the plateau shows negative
geopotential height anomalies in the subtropical region of
East Asia and an anomalous cyclone near the Philippines
(Fig.  11d).  The  above  circulation  pattern  indicates  a
strong  EASM,  and  such  a  snow–EASM  relationship  is
consistent  with  the  results  found  in  previous  studies
(Zhang and Tao, 2001; Ren et al., 2016). In the 2017/18
winter,  the  snow  cover  area  on  the  plateau  was  obvi-
ously smaller than normal (Fig. 10d) and the summer cir-
culation in East Asia (Fig. 5b) also showed characterist-
ics  similar  to  the  composite  circulation  pattern  in  less
snow years (Fig. 11d). The above result indicates that the
less than normal snow cover over the Tibetan Plateau in
the  winter  of  2017/18 has  also  contributed  to  the  strong
EASM in the following summer of 2018.

5.4    Combined  impacts  of  the  tropical  SST,  North  At-
lantic SST, and Tibetan snow cover on the EASM

The  above  analyses  have  revealed  that  the  strong
EASM in  summer  2018 is  a  result  of  the  combined  im-
pacts of the La Niña event, the cold IOBW, the positive
NAT,  and  the  less  than  normal  snow  cover  over  the
Tibetan  Plateau.  Since  the  variability  of  IOBW  mainly
arises from ENSO events, the influence of the IOBW on
the EASM is not independent of ENSO impact. Further-
more, the correlations of the NAT index and the plateau
snow cover index with the EASM index are still signific-
ant  after  the  ENSO  signal  is  removed,  which  indicates
that the influences of the NAT and the snow cover on the
EASM are  also  independent  of  ENSO.  Therefore,  when
the  combined  effects  of  external  factors  are  examined,
only the La Niña event, the NAT, and the Tibetan snow

cover are considered as three independent factors.
Linear  regression  equations  for  the  summer  circula-

tion are established by using the Nino3.4 index, the NAT
index,  and  the  Tibetan  snow  cover  index  as  predictors,
respectively. The data from 1982 to 2017 are used to es-
tablish the equations. The circulation in summer 2018 is
then  forecasted  by  using  the  three  equations  and  values
of  individual  predictors  in  2018,  respectively.  Finally,
predictions  of  the  circulation  in  summer  2018  based  on
the  three  equations  are  added to  represent  the  combined
impacts of the three predictors. The results are displayed
in Fig.  12,  which  shows  obvious  negative  geopotential
height  anomalies  in  the  tropical  western  Pacific  region.
These  negative  anomalies  apparently  correspond  to  the
cyclonic circulation anomaly near the Philippines. Along
the  coastal  region  of  East  Asia,  the  “cyclone–anticyc-
lone–cyclone”  distribution  from  south  to  north  repres-
ents  a  positive phase of  the EAP teleconnection pattern.
In the mid–high latitude region of Eurasia,  two negative
geopotential height anomaly centers are located near the
Ural Mountains and the Okhotsk Sea, respectively, while
a positive center is found to the north of the Lake Baikal.
The  characteristics  of  the  predicted  circulation  anomaly
described  above  are  similar  to  those  in  the  observations
(Fig.  5b),  implying  that  the  combined  impacts  of  the
three factors all play key roles in the East Asian circula-
tion  in  summer  2018.  In Fig.  12,  the  shadings,  the  red
bold  lines,  and  blue  bold  lines  indicate  the  areas  where
the La Niña event, the NAT, and the Tibetan snow cover
are  significantly  correlated  with  the  500-hPa  geopoten-
tial  height  anomaly.  It  can  be  seen  that  all  the  three
factors contribute significantly to the negative geopoten-
tial  height  center  in  the  tropical  western  Pacific  and  the
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Fig. 12.   Sum of the regressed values of 500-hPa geopotential height and 850-hPa wind in summer 2018 calculated according to the linear re-
gression equations using the Niño3.4 index, the NAT index, and the Tibetan snow cover area index from 1982 to 2017, respectively. Black con-
tours represent the 500-hPa geopotential height anomaly (gpm); vectors represent 850-hPa wind anomaly (m s−1); and shadings, red thick lines,
and blue thick lines indicate the areas where the correlations of the Niño3.4 index, the NAT index, and the Tibetan snow cover index with the
geopotential height anomaly exceeding the significant level of 0.1. Letters A and C denote anomalous anticyclone and cyclone, respectively.
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corresponding  anomalous  cyclone  near  the  Philippines,
while the anomalous geopotential height centers near the
Ural  Mountains  and the  Okhotsk Sea are  largely  related
to  variations  of  the  NAT  and  snow  cover  over  the
Tibetan Plateau.

6.    Comparative analysis of the EASM in typ-
ical years with combined influence of mul-
tiple factors

The key external forcing factors of the EASM, such as
the tropical SST, the North Atlantic SST, and the Tibetan
snow  cover,  have  a  complicated  collaborative  effect  on
summer climate in East Asia. Sometimes only one factor
plays  a  dominant  role,  and  sometimes  multiple  factors
jointly  contribute  to  the  variation  of  the  EASM.  There
are  also  cases  in  which  different  factors  “cancel  out”
their impacts. The above analysis has shown clearly that
in  summer  2018,  the  tropical  SST,  the  NAT,  and  the
Tibetan  snow  cover  all  have  reinforced  their  influences
on  the  EASM  circulation  and  these  influences  are  con-
sistent  and collaborative;  i.e.,  all  of  the three factors  are
favorable  for  a  strong  EASM,  and  they  act  together  to
have produced an extremely strong EASM in 2018.

Historical data of the three external factors since 1981
have been examined, and the EASM in 1985 is found to
have  features  similar  to  that  in  2018.  The  summer  of
1985  also  followed  a  weak  La  Niña  event,  the  spring
NAT was in a strong positive phase,  and the wintertime
Tibetan  snow  cover  was  less  than  normal.  Correspond-
ingly, circulation in East Asia and precipitation in China
in summer 1985 are similar to their counterparts in sum-
mer  2018.  The  EAP  pattern  in  its  positive  phase  along
the  coast  of  East  Asia,  an  anomalous  cyclone  near  the
Philippines,  and  a  negative  geopotential  height  center
near  the  Ural  Mountains  are  obvious  features  shown  in
the 500-hPa geopotential height and 850-hPa wind fields
(Fig.  13a).  The  EASM  in  1985  was  also  stronger  than
normal (Fig. 1). The main feature of precipitation in 1985
also  resembled  that  of  2018,  with  negative  anomalies
dominating the regions around the Yangtze River valley
and positive anomalies distributed mainly in North China
(Fig. 14a).

Different from the situation in 1985, there are two other
years with features of the external factors opposite to the
case  of  2018.  Both  the  summers  of  1983  and  1998  fol-
lowed an El Niño event, the spring NAT in the two years
was  in  strong  negative  phase,  and  the  Tibetan  snow co-
ver  in  the  winter  was  larger  than  normal.  Correspond-
ingly,  the  East  Asian  summer  circulation  and  precipita-

tion  generally  exhibited  features  opposite  to  that  in  the
summers  of  2018  and  1985.  An  anticyclone–cyclone–
anticyclone  circulation  pattern  developed  along  the
coastal  region  of  East  Asia,  corresponding  to  the  EAP
pattern in negative phase. Meanwhile, an anomalous anti-
cyclone occurred near the Philippines and a positive geo-
potential height center appeared near the Ural Mountains
(Figs. 13b, c). Under such a circulation circumstance, the
EASM in 1983 and 1998 was much weaker than normal.
According  to  the  index  defined  by Zhang  et  al.  (2003),
1998 is  the  weakest  EASM year  since  1981 (Fig.  1).  In
the summers of 1983 and 1998, there was more precipita-
tion  near  the  Yangtze  River  valley  (Figs.  14b, c )  and
severe flooding disasters occurred (Li, 1999).

Comparative analysis of the EASM in typical anomal-
ous  years  described  above  further  demonstrates  that
ENSO event related SST anomaly, NAT, and the Tibetan
snow cover all have significant influences on the EASM.
Specifically, when the effects of the above factors are re-
inforced,  their  combined  impact  on  the  summer  circula-
tion and precipitation in East Asia could be highly signi-
ficant.

7.    Summary and discussion

According  to  the  three  representative  EASM  indices,
the  EASM  in  summer  2018  is  found  stronger  than  nor-
mal.  Particularly,  the  index  defined  by Zhang  et  al.
(2003) shows that 2018 is the strongest EASM year since
1981. The East Asian atmospheric circulation in summer
2018  also  exhibits  typical  characteristics  of  a  strong
EASM. In the upper troposphere, the location of the East
Asian  subtropical  jet  is  further  north  than  normal  in
2018.  In  the  middle  troposphere,  the  EAP  in  positive
phase  is  obvious  along  the  coastal  region  of  East  Asia
and  the  ridge  line  of  the  WPSH  is  located  more  north-
ward.  In  the  lower  troposphere,  an  anomalous  cyclone
occurs near the Philippines and an anomalous anticyclo-
nic circulation appears to its north. Under the above cir-
culation background, anomalous northerly winds occur to
the  south  of  the  Yangtze  River  valley  while  southerly
wind  anomalies  happen  to  the  north.  These  circulation
anomalies  are  favorable  for  the  development  of  diver-
gence  and  descending  motion  near  the  Yangtze  River
valley, and precipitation in this region is suppressed. For
most  of  the  northern  areas  of  China,  anomalous  south-
erly  winds  are  beneficial  for  the  transfer  of  water  vapor
and  more  precipitation  is  thus  induced.  In  addition,  the
features  of  mid–high  latitude  circulation  also  contribute
to the strong EASM in 2018. Two negative geopotential
height  centers  are  located  in  the  vicinity  of  the  Ural
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Mountains  and  the  Okhotsk  Sea,  respectively,  and  the
blocking  activities  near  the  above  two  regions  are  sup-
pressed,  which  weaken  the  Meiyu  front,  intensify  the
EASM,  and  promote  more  rainfall  in  the  northern  parts
of China.

From winter 2017/18 to summer 2018, several key ex-
ternal forcing factors of the EASM, such as the La Niña

event,  the  cold  IOBW,  the  positive  NAT,  and  the  less
than normal snow cover over the Tibetan Plateau all ex-
hibit  obvious  anomalous  features.  The  impacts  of  indi-
vidual  factors  mentioned  above  are  consistently  favor-
able for the development of a strong EASM. A weak La
Niña  event  occurred  from  October  2017  to  April  2018,
which  triggered  an  anomalous  cyclonic  circulation  near
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Fig. 13.   500-hPa geopotential height (gpm) and 850-hPa wind (m s−1) anomalies in the summers of (a) 1985, (b) 1983, and (c) 1998. The red
lines represent the climatology mean 5880-gpm contour.
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the Philippines during winter 2017. In response to the La
Niña event, the IOBW entered its cold phase in the sub-
sequent spring and summer, conducive to maintenance of
the  anomalous  cyclone  in  the  Philippine  until  summer.
Meanwhile,  the  NAT in  its  positive  phase  in  spring  has
weakened  the  blocking  activities  by  triggering  wave
trains  over  Eurasia,  resulting  in  a  negative  geopotential
height  center  near  the  Ural  Mountains.  As  a  result,  the
Meiyu front is attenuated. The NAT in its positive phase
might also contribute to the development of the cyclonic
anomaly  in  the  Philippines  through  remote  teleconnec-
tion  of  the  tropical  atmosphere.  Besides,  the  less  than
normal Tibetan snow cover in winter of 2017/18 is favor-
able  for  the  strengthening  of  the  thermal  effect  of  the
plateau in the subsequent spring and summer and further
enhancement  of  the cyclonic  anomaly in  the Philippines
in early summer, which further intensifies the EASM. It
is concluded that the strong EASM in 2018 is closely re-
lated  to  the  combined,  reinforced,  and  collaborative  ef-
fects  of  the  La  Niña  event,  the  tropical  Indian  Ocean
SST,  the  North  Atlantic  SST,  and  the  Tibetan  snow
cover.

By  examining  the  external  factors  that  affect  the
EASM  since  1981,  it  is  found  that  the  case  in  1985  is
similar  to  that  in  2018,  while  the  features  in  1983  and
1998 are opposite to those in 2018. For the two groups of
years  with  different  characteristics,  the  East  Asian  sum-
mer circulation and precipitation in China exhibit oppos-
ite  features.  This  result  further  demonstrates  the  import-
ance of  collaborative impacts  of  external  forcing factors
on  the  EASM,  such  as  the  tropical  SST,  the  North  At-
lantic SST, and the Tibetan snow cover. With reinforced
impacts of the above external factors, the anomalous fea-
ture of the EASM turns to be more remarkable. That is to
say,  the presence of  such strong precursor  signals  is  be-
neficial  to  improving  the  climate  predictability  and  to
more  accurate  climate  prediction  and  better  service  for

disaster  prevention  (Li,  1999; Chen  et  al.,  2019).  In  the
future,  it  is  necessary  to  investigate  the  ability  of  dyna-
mic  climate  models  in  simulating  and  predicting  the
combined  effects  of  the  multiple  factors  on  the  EASM
and quantitatively analyze the contribution and the influ-
encing mechanism of individual factors.
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影响２０１８年汛期气候的先兆信号及预测效果评估
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提　要：准确预测了２０１８年我国汛期降水“南北多，中间少，旱涝并重”的总体布局，尤其是准确预测了黄河流域降水异常偏

多，而长江流域降水异常偏少的特征；对２０１８年东部地区季节内雨季进程前晚后早和夏季全国大部气温正常到偏高的预测也

与实况一致；对西北太平洋和南海热带气旋生成和登陆我国的数量偏多、西北行和北上为主的移动路径、活跃程度前强后弱

的预测与实况吻合。２０１８年汛期气候预测重点分析了冬季达到盛期的拉尼娜事件及其衰减后热带印度洋海温偏低有利于东

亚夏季风偏强的机理，还参考了国内外动力气候模式预测西太平洋副热带高压脊线偏北、菲律宾为气旋式异常环流的结果。

对先兆信号影响的诊断分析以及动力模式的结果均预测东亚夏季风明显偏强，西太平洋副热带高压偏北，因此拉尼娜事件和

印度洋海温对其滞后响应的偏冷特征是有利于预测汛期长江中下游地区降水明显偏少、北方地区降水偏多的重要先兆信号。
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ｓｈｏｗｅｄｓｉｍｉｌａｒｒｅｓｕｌｔｓｏｆｔｈｅｐｒｅｄｉｃｔｉｏｎｆｏｒｔｈｅｋｅｙｍｅｍｂｅｒｓｏｆＥＡＳＭｓｙｓｔｅｍ．Ｔｈｅｒｅｓｕｌｔｓｏｆｄｉａｇｎｏｓｔｉｃ

ａｎａｌｙｓｅｓａｎｄｄｙｎａｍｉｃｍｏｄｅｌｓａｌｌｉｎｄｉｃａｔｅｄｔｈａｔｔｈｅＬａＮｉ珘ｎａｅｖｅｎｔａｎｄｔｈｅｃｏｌｄｔｒｏｐｉｃａｌＩｎｄｉａｎＯｃｅａｎｗｅｒｅ

ｉｍｐｏｒｔａｎｔｐｒｅｃｕｒｓｏｒｙｓｉｇｎａｌｓｆｏｒｔｈｅｐｒｅｄｉｃｔｉｏｎｏｆｔｈｅｃｌｉｍａｔｅａｎｏｍａｌｙｉｎｓｕｍｍｅｒ２０１８，ｗｈｉｃｈｓｕｐｐｏｒｔｅｄ

ｌｅｓｓｒａｉｎｆａｌｌｉｎｔｈｅｍｉｄｄｌｅａｎｄｌｏｗｅｒｒｅａｃｈｅｓｏｆｔｈｅＹａｎｇｔｚｅＲｉｖｅｒａｎｄｍｏｒｅｉｎｎｏｒｔｈｅｒｎｐａｒｔｏｆＣｈｉｎａ．

犓犲狔狑狅狉犱狊：ＬａＮｉ珘ｎａｅｖｅｎｔ，ＥａｓｔＡｓｉａｎｓｕｍｍｅｒｍｏｎｓｏｏｎ（ＥＡＳＭ），ｗｅｓｔｅｒｎＰａｃｉｆｉｃｓｕｂｔｒｏｐｉｃａｌｈｉｇｈ（ＷＰ

ＳＨ），ｓｕｍｍｅｒｐｒｅｃｉｐｉｔａｔｉｏｎ，ｅｖａｌｕａｔｉｏｎ

引　言

我国是世界上开展短期气候预测业务最早的国

家之一（陈兴芳和赵振国，２０００）。通过我国几代气

象科技工作者的不懈努力，短期气候预测的业务能

力、科技水平和现代化程度都迈上了一个新台阶（李

维京，２０１２），进入了动力与统计相结合的预测方法

为主导的发展阶段（贾小龙等，２０１３），预测结论每年

都为各级政府部门部署防汛抗旱和防灾减灾工作提

供决策支撑。但是短期气候预测涉及气候系统多因

子在多时间尺度上复杂的相互作用（陈丽娟等，

２０１３ｂ），而目前国内外气象工作者对气候变异机理

的认识仍不够全面和深入，各种客观预测方法仍不

够完善（Ｗａｎｇｅｔａｌ，２０１５），因此短期气候预测仍然

是一个世界性难题。在这样的背景下，及时总结短

期气候预测业务和服务的成败将有助于气象工作者

提高认知能力，并提出问题，进一步推动短期气候预

测研究的发展。为此国家气候中心每年及时总结汛

期气候预测成败的成因（陈丽娟等，２０１６；高辉等，

２０１７；王永光和郑志海，２０１８），分析汛期气候异常的

机理（Ｙｕａｎｅｔａｌ，２０１７；郑志海和王永光，２０１８），从

而提高对东亚气候变异机理的认识，总结预测方法

的适用性，进一步提高短期气候预测水平和服务能

力。本文首先回顾了对２０１８年汛期降水、汛期气

温、年热带气旋、东部雨季季节进程、主要气象灾害

及衍生灾害的预测效果，然后总结了发布汛期预测

前重点考虑的多时间尺度先兆信号以及这些信号的

应用，最后就季节气候预测的可预报性和今后需要

深入研究的问题进行了讨论。

１　资　料

本文用到的降水和气温资料来自中国气象局国

家气象信息中心发布的《中国国家级地面气象站基

本气象要素日值数据集（Ｖ３．０）》（任芝花等，２０１２），

资料时段 为 １９５１—２０１８ 年。大 气 环 流 资料为

ＮＣＥＰ／ＮＣＡＲ逐月再分析资料中的位势高度场、水

平风场等变量，资料水平分辨率为２．５°×２．５°（Ｋａｌ

ｎａｙｅｔａｌ，１９９６；Ｋｉｓｔｌｅｒｅｔａｌ，２００１）。海温资料来自

英国气象局哈德莱中心，数据水平分辨率为１°×１°

（Ｒａｙｎｅｒｅｔａｌ，２００３）。各类数据的气候平均场均取

１９８１—２０１０年平均。本文中冬季指上一年１２月至

当年２月平均，春季指３—５月平均，夏季指６—８月

平均。

本文使用的动力气候模式数据分别来自：（１）国

家气候中心ＢＣＣ＿ＣＳＭ１．１（ｍ）海气耦合模式，其中

大气分量模式的水平分辨率为 Ｔ１０６，垂直方向为

２６层（吴统文等，２０１３），模式气候态为１９９１—２０１０

年；（２）欧洲中心的ＥＣＭＷＦ耦合模式，模式分辨率

１．５°×１．５°，气候态为１９８１—２０１０年；（３）美国国

家海洋和大气局（ＮＯＡＡ）的ＣＦＳＶ２耦合模式，模

式分辨率１．０°×１．０°，气候态为１９８２—２０１０年。

２　２０１８年夏季气候预测效果评估

２０１８年的汛期气候预测比较成功，预测东亚夏

季风偏强、我国降水呈“南北多，中间少”分布、全国

大部地区气温较常年偏高、生成和登陆台风较常年

偏多，均与实况吻合。对汛期内主要气候事件（华南

　ｈｔｔｐｓ：∥ｗｗｗ．ｅｃｍｗｆ．ｉｎｔ／ｅｎ／ｆｏｒｅｃａｓｔｓ／ａｃｃｅｓｓｉｎｇｆｏｒｅｃａｓｔｓ

　ｈｔｔｐ：∥ｃｆｓ．ｎｃｅｐ．ｎｏａａ．ｇｏｖ／ｃｆｓｖ２／ｄｏｗｎｌｏａｄｓ．ｈｔｍｌ
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前汛期、梅雨和华北雨季等）的开始和强度趋势预测

也与实况一致，３月底发布汛期降水预测评分为７７

分，气温为９５分，均为有汛期预测业务记录以来最

好成绩。

２．１　降水

对比２０１８年汛期（６—８月）降水量距平百分率

实况及３月底和５月底发布的预报（图１）可见，

２０１８年汛期预报准确把握了汛期“降水南北多，中

间少，旱涝并重”的特征。３月底发布的预测（图１ｂ）

指出“长江中下游地区降水较常年异常偏少，偏少幅

度达２０％～５０％；黄河流域降水异常偏多，上中游

偏多２０％～５０％”，对比实况（图１ａ）可以看到，这次

预报不仅正确给出主要旱涝区域的分布特征，而且

对于这些区域旱涝程度的预测都与实况一致。此

外，从实况（图１ａ）来看，２０１８年汛期我国北方地区

多雨的特征十分突出，东北、华北和西北等北方地区

平均降水量为３０７．１ｍｍ，较常年平均（２６３．０ｍｍ）

偏多１７％，列１９９８年之后的第二位（顾薇和陈丽

娟，２０１９），汛期预测（图１ｂ和１ｃ）也较好地抓住了

这一特征，对华北和西北地区降水偏多程度和范围

的预测与实况一致。但不足的是对东北地区的预测

与实况偏差较大。在对全国七大江河的预测中，指

出“黄河流域、海河流域、珠江流域要注意防范汛

情”，较好预测了主要流域的汛情特征，但是对辽河

流域有汛情的预测与实况有偏差。在５月底订正预

报（图１ｃ）中，维持“降水南北多，中间少，旱涝并重”

等基本结论不变，但根据东北冷涡活动可能偏弱的

特征，扩大了东北北部降水偏少的范围，并将北方多

雨区和长江中下游少雨中心南移，东南沿海降水偏

多范围缩小，西南地区降水范围扩大加强。这次订

正对南方主要区域的预测更接近实况，但对北方多

雨区的预测与实况的偏差有所加大。

２．２　气温

２０１８年３月底发布预测指出“全国大部地区气

温偏高，其中甘肃西部、青海北部、新疆大部、内蒙古

西部等地偏高１～２℃。盛夏西北地区西部、江淮、

江汉、江南北部等地区高温（≥３５℃）日数较常年同

期偏多，可能出现阶段性高温热浪。初夏东北地区

出现持续性低温的可能性小”（图２ｂ）。实况是２０１８

年夏季全国平均气温为２１．９℃，较常年同期（２０．９℃）

偏高１℃，为我国夏季平均气温有记录以来最高的

一年（顾薇和陈丽娟，２０１９）。从空间分布特征来看，

除华南南部气温较常年同期略偏低以外，全国大部

分地区气温较常年同期偏高，江淮、江汉、华北、东北

南部、西北大部和内蒙古大部气温偏高１～２℃

（图２ａ）。根据国家气候中心监测，２０１８年夏季全国

平均高温日数仅次于２０１７和２０１３年，位列历史第

三，江南、黄淮、西南地区东部等地３５℃以上高温日

数偏多１０ｄ以上。汛期的气温预测体现出全国气

温偏高以及南方高温日数偏多等主要趋势特征，与

实况一致，但是对北方高温的强度预计不足，尤其是

北方５５站高温突破历史极值，值得进一步诊断分析

其成因。

２．３　热带气旋

对２０１８年在西北太平洋和南海地区的热带气

旋（ＴＣ）活动趋势的预测是成功的，对ＴＣ的生成个

数、登陆个数、平均强度、主要影响区域、活跃时段、

路径、初终台时间等的预测均与实况比较一致

（表１）。

　　预测意见中指出“可能有一个台风北上登陆（在

杭州湾以北地区）”“台风活动路径以西北行和北行

为主，对华南东部和华东沿海影响较大”。实况显示

２０１８年ＴＣ活动路径明显偏北，有４个台风在中国

浙江—上海—江苏一带沿海地区登陆，远远多于常

年平均（１个），其中有３个台风在上海登陆，为北上

登陆台风个数最多的一年。夏季平均登陆ＴＣ强度

为２６ｍ·ｓ－１（１０级），比多年平均的３２．８ｍ·ｓ－１

（１２级）偏弱。虽然登陆ＴＣ强度总体偏弱，但降水

强度大，给登陆地区和ＴＣ经过区域（华东、华北东

部和东北地区南部、华南）带来强降雨影响。同时，

对台风初次、末次登陆我国日期早晚趋势的预测也

与实况一致，２０１８年台风初次登陆我国的时间为６

月６日，较常年（平均６月２８日）偏早，末次登陆我

国的时间为９月１３日，也较常年（平均１０月６日）

偏早。此外，对于台风活动阶段性变化特征的预测

也与实况吻合，预测意见中指出“台风活动在春末至

初秋较常年同期活跃，呈现前期生成偏多、后期生成

偏少的特点”。实况显示，２０１８年夏季（６—８月）西

北太平洋生成ＴＣ（１８个）和登陆中国的ＴＣ（８个）

都明显高于常年同期平均值，其中生成ＴＣ频次列

１９５１年以来的第二位，而登陆 ＴＣ的频次列第一

位，说明２０１８年夏季是ＴＣ活动异常活跃的时段。
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图１　２０１８年汛期（６—８月）降水量距平百分率

（ａ）实况，（ｂ）３月底发布预报，

（ｃ）５月底发布预报

Ｆｉｇ．１　Ｐｒｅｃｉｐｉｔａｔｉｏｎａｎｏｍａｌｙｐｅｒｃｅｎｔａｇｅｓ

ｉｎ２０１８ｆｌｏｏｄｓｅａｓｏｎ（Ｊｕｎｅ－Ｊｕｌｙ－Ａｕｇｕｓｔ）

（ａ）ｏｂｓｅｒｖａｔｉｏｎ，ｓｕｍｍｅｒｆｏｒｅｃａｓｔｉｓｓｕｅｄ

ｉｎ（ｂ）ｔｈｅｅｎｄｏｆＭａｒｃｈ２０１８ａｎｄ

（ｃ）ｔｈｅｅｎｄｏｆＭａｙ２０１８

图２　２０１８年汛期（６—８月）气温距平

（ａ）实况，（ｂ）３月底发布预报

Ｆｉｇ．２　Ａｉｒｔｅｍｐｅｒａｔｕｒｅａｎｏｍａｌｙｉｎ２０１８

ｆｌｏｏｄｓｅａｓｏｎ（Ｊｕｎｅ－Ｊｕｌｙ－Ａｕｇｕｓｔ）

（ａ）ｏｂｓｅｒｖａｔｉｏｎ，（ｂ）ｓｕｍｍｅｒｆｏｒｅｃａｓｔｉｓｓｕｅｄ

ｉｎｔｈｅｅｎｄｏｆＭａｒｃｈ２０１８

进入秋季（９—１１月）之后，ＴＣ活动明显减弱，生成

数量（８个）和登陆数量（２个）均分别低于常年同期

的１０．９和２．４个，体现了前期活跃后期减弱的阶段

性特征（表２）。

台风预测时主要考虑了２０１７年１０月至２０１８

年４月的拉尼娜事件衰减以及印度洋海温偏低对

ＴＣ生成的影响。在这种海温背景下，西太平洋季

风槽东段延伸到１５０°Ｅ附近，西太平洋副热带高压

表１　２０１８年热带气旋预测和实况对比

犜犪犫犾犲１　犘狉犲犱犻犮狋犻狅狀犪狀犱狅犫狊犲狉狏犪狋犻狅狀狅犳狋狉狅狆犻犮犪犾犮狔犮犾狅狀犲犳犲犪狋狌狉犲狊狅狏犲狉犖狅狉狋犺狑犲狊狋犘犪犮犻犳犻犮

犪狀犱犛狅狌狋犺犆犺犻狀犪犛犲犪犻狀２０１８

预测对象 预测 实况 评估

生成 ２６～２８个 ２９个（偏多） 趋势一致

登陆 ７～９个 １０个（偏多） 趋势一致

路径 西北行和北行为主 西北行和北上转向占优 趋势一致

登陆强度 偏弱 偏弱 趋势一致

影响区域 华南东部和华东沿海 华东、华北东部和东北南部、华南 趋势一致

活跃阶段 前强后弱 夏季强秋季弱 趋势一致

初台时间 偏早 ６月６日（偏早） 趋势一致

终台时间 偏早 ９月１３日（偏早） 趋势一致

６５５　　　　　　　　　　　　　　　　　　　 　气　　象　　　　　　　　　　　　　　　 　　 　　　第４５卷　



表２　２０１８年逐月生成犜犆数量

犜犪犫犾犲２　犕狅狀狋犺犾狔狀狌犿犫犲狉狊狅犳犜犆犵犲狀犲狊犲狊狅狏犲狉狋犺犲犖狅狉狋犺狑犲狊狋犘犪犮犻犳犻犮（０°－３０°犖，１００°－１８０°犈）

犻狀２０１８犪狀犱犪狏犲狉犪犵犲狏犪犾狌犲狊（１９８１－２０１０）

月份 １ ２ ３ ４ ５ ６ ７ ８ ９ １０ １１ １２

２０１８ １ １ １ ０ ０ ４ ５ ９ ４ １ ３ ０

多年平均 ０．３ ０．１ ０．３ ０．６ １．０ １．７ ３．７ ５．８ ４．９ ３．７ ２．３ １．１

（以下简称副高）偏北，有利于ＴＣ生成偏多，且以西

北行和北上转向型为主，西行ＴＣ明显偏少（谢佩妍

等，２０１８）。

２．４　东部雨季季节进程

我国东部地区的雨带随着夏季风进程自南向北

推进。夏季风进程明显受到 ＥＮＳＯ 循环的影响

（ＺｈｏｕａｎｄＣｈａｎ，２００７），同时还可能受到次季节尺

度大气环流（如低频振荡）的作用（李文铠等，２０１４；

李春晖等，２０１６）。因此在２０１８年预测和服务时不

仅考虑了不同时间尺度先兆信号的共同作用，而且

还在滚动订正预测中参考临近动力气候模式的预测

信息，充分考虑次季节尺度系统的特征及对夏季风

进程的影响，从而较好地把握住了２０１８年汛期夏季

风和各主要雨季进程早晚的总体特征（表３）。如果

单纯考虑恩索循环的影响，２０１７年１０月至２０１８年

４月发生的拉尼娜事件有利于２０１８的夏季风进程

偏早。然而在２０１８年春、夏季，热带大气低频振荡

活动在３月下旬至４月上旬和６月上中旬都表现出

阶段性活跃的特征，并分别影响了华南前汛期、南海

夏季风爆发的时间，造成季节进程较常年平均滞后。

在３—５月实时监测和预测中注意到了大气低频振

荡的异常特征，并根据其影响及时订正了对气候事

件开始早晚的预测，使得预测与实况更加一致。此

外，对于江淮、长江中下游、江南三个区域梅雨和华

北雨季季节进程早晚和雨季强度的预测也与实况基

本一致（表３）。

表３　２０１８年汛期主要气候事件的预测与实况对比

犜犪犫犾犲３　犘狉犲犱犻犮狋犻狅狀犪狀犱狅犫狊犲狉狏犪狋犻狅狀狅犳犿犪犼狅狉犮犾犻犿犪狋犲犲狏犲狀狋狊犻狀２０１８犳犾狅狅犱狊犲犪狊狅狀

雨季名称 开始时间 结束时间 雨季长度 雨量 预测时间 预测强度

华南前汛期
４月２１日

（晚１５ｄ）

６月３０日

（晚４ｄ）

７０ｄ

（短１８ｄ）

５９２ｍｍ

（少１９％）
开始偏晚 雨量偏少

江南梅雨
６月１９日

（晚１１ｄ）

７月１３日

（晚５ｄ）

２５ｄ

（短５ｄ）

２４９．２ｍｍ

（少３２％）

开始偏晚

结束偏早
雨量偏少

长江中下游梅雨
６月２２日

（晚８ｄ）

７月１３日

（早１ｄ）

２１ｄ

（短８ｄ）

１７０．４ｍｍ

（少３９％）

开始偏晚

结束偏早
雨量偏少

江淮梅雨
６月２８日

（晚７ｄ）

７月１０日

（早５ｄ）

１２ｄ

（短１２ｄ）

１７２．８ｍｍ

（少３５％）

开始偏晚

结束偏早
雨量偏少

华北雨季
７月９日

（早９ｄ）

８月７日

（早１１ｄ）

２９ｄ

（短３ｄ）

１６５．６ｍｍ

（多２２％）

开始偏早

结束偏早
雨量偏多

２．５　汛期内主要气象及衍生灾害预测

国家气候中心除发布气温、降水和台风等常规

气象要素的趋势预测外，还基于预测结果开展气象

灾害展望和防御建议，提供有针对性的气象灾害预

测结果，以便更好地为国家的防灾减灾决策服务。３

月发布的汛期主要气象灾害预测（图３）取得了较好

的服务效果。在暴雨洪涝预测中指出“黄河流域、海

河流域、珠江流域、辽河流域要注意防范汛情”，实况

是黄河流域７月下旬形成１号和２号洪峰，造成陕

西洪涝灾害严重，宁夏出现汛情；珠江流域６月受台

风活动的影响，出现局部洪涝；海河流域和辽河流域

７月受强降水和台风活动北上的影响，出现局部洪

涝（张芳和何立富，２０１８；张夕迪和孙军，２０１８）。在

气象干旱预测中指出“东北北部、江淮西部、江汉南

部、江南北部、西南地区东部可能有气象干旱发生”，

实况是５—６月东北地区发生干旱，７—８月缓解；

６—７月江南北部发生重度气象干旱，局部特旱；７—

８月江淮西部、江汉南部、西南地区东部发生中度

重度气象干旱。在高温热浪预测中指出“西北地区

西部、江淮、江汉、江南北部等地可能出现阶段性高

温热浪”，实况是５月江南、华南地区出现持续性高
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温；６月下旬华北出现极端高温；７—８月中东部地区

出现持续性高温（周晓敏和张涛，２０１８；张芳和何立

富，２０１８；张夕迪和孙军，２０１８；王!

和张玲，２０１８），

主要漏报了华北地区的高温，对其他区域高温情况

的预测总体与实况一致。在山洪地质灾害预测中指

出“西北地区中东部、华北西部、西南地区北部出现

山洪地质灾害可能性大”，实况显示６—８月西北地

区东部和西南地区北部多次发生地质灾害，预测预

警与实况吻合。

３　２０１８年汛期预测先兆信号及应用

２０１８年的汛期预测及服务能取得好效果，与发

布预测前对气候系统先兆信号的全面分析以及对动

力气候模式有效信息的提取密不可分。尤其是在众

多信号面前，如何提取主导信号并把握各主导信号

的协同作用很重要。首先对预报对象和预报因子的

多时间尺度特征进行了分析，从年代际尺度、年际尺

度和次季节尺度等多方面进行诊断，并在不同超前

时段提供详略不同的预测信息：３月底给出汛期气

候趋势展望；４月底至５月底根据亚洲夏季风的季

节推进特征，对汛期气候趋势进行订正，同时提供季

节内气候事件特征的趋势预测；６—８月，根据动力

气候模式提供的最新预测以及夏季风推进的特点，

给出季节内气候事件的开始（结束）时间及强度等详

细预测信息。

３．１　年代际尺度先兆信号

预报对象和预报因子的年代际尺度特征是预报

员进行气候预测时首先关注的内容。我国汛期主雨

带有明显的年代际变化特征（陈丽娟等，２０１３ａ），这

和北太平洋年代际涛动（Ｐａｃｉｆｉｃｄｅｃａｄａｌｏｓｃｉｌｌａｔｉｏｎ，

ＰＤＯ）冷暖位相的变化有密切的联系。在ＰＤＯ暖

位相期，东亚夏季风偏弱，副高偏南，华北地区降水

异常偏少，而长江中下游降水异常偏多（朱益民和杨

修群，２００３）。监测显示２０１４年９月，ＰＤＯ指数由

负转正，持续到 ２０１８ 年 ２ 月均为明显的正值

（图４），说明ＰＤＯ处于暖位相。而２０１５—２０１７年，

我国汛期多雨区均位于南方地区，夏季风总体不强，

与ＰＤＯ的暖位相特征是一致的（陈丽娟等，２０１６；高

辉等，２０１７；王永光和郑志海，２０１８）。进入２０１８年

以来ＰＤＯ指数表现出明显减小的特征，并在３月在

这一汛期预测分析的关键时间节点转为负值，这种

变化提示ＰＤＯ暖位相的影响将减弱，不能作为主导

信号，应更多地关注年际变化信号的影响。后期

ＰＤＯ指数的监测显示，至２０１８年９月，ＰＤＯ指数一

直较弱，在０附近波动，最大不超过０．２，证明当初

的判断是正确的。

３．２　年际尺度先兆信号

继２０１４—２０１６年赤道中东太平洋发生了一次

超强厄尔尼诺事件之后，２０１７年１０月至２０１８年４

月，赤道中东太平洋发生一次弱的东部型拉尼娜事

件，并于２０１８年１月达到峰值。该事件强度较弱，

持续时间也不长，有分析认为对我国２０１７／２０１８年

冬季和２０１８年春季气候的影响不显著（章大全和宋

文玲，２０１８；王遵娅等，２０１８）。在２０１８年３月国内

外多数动力模式预测赤道中东太平洋海温在夏季为

中性状态，那么该事件是否能成为影响我国夏季气

候的主导信号呢？已有研究显示厄尔尼诺与拉尼娜

事件对我国气候的影响具有明显的不对称性

（ＨｕａｎｇａｎｄＷｕ，１９８９；薛峰和刘长征，２００７），而拉

尼娜事件，尤其是弱拉尼娜事件对我国气候影响的

不确定性更大，需要深入诊断。

为准确把握这次拉尼娜事件对我国气候的影

响，进一步监测诊断了热带和副热带大气和热带印

度洋海温的特征，结果表明，２０１７／２０１８年冬季和

２０１８年３月的沃克环流显示出对拉尼娜事件的响

应，冬季在热带西太平洋１２０°～１６０°Ｅ区域上升气

流增强，１７０°Ｅ～１２０°Ｗ 区域下沉气流也有所增强

（图５ａ）；２０１８年３月，沃克环流进一步增强，西太平

洋上升气流区西扩至１００°Ｅ，１７０°Ｅ以东的下沉支也

明显增强。在８５０ｈＰａ风场距平上，菲律宾附近为

异常气旋式环流（图５ｂ），显示了对拉尼娜事件的显

著响应（ＷａｎｇａｎｄＺｈａｎｇ，２００２）。在菲律宾附近异

常气旋式环流的影响下，冬季长江以南地区受到偏

东北风距平的控制，降水明显偏少。此外，热带印度

洋全区一致海温模态（ＩＯＢＷ）指数在２０１４年春季

至２０１７年秋季总体表现出较强的正值，说明热带印

度洋以偏暖特征为主。而进入２０１７年至２０１８年冬

　ＰＤＯ指数定义和数据见ｈｔｔｐ：∥ｒｅｓｅａｒｃｈ．ｊｉｓａｏ．ｗａｓｈｉｎｇｔｏｎ．ｅｄｕ／ｐｄｏ／ＰＤＯ．ｌａｔｅｓｔ．ｔｘｔ。
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图３　２０１８年汛期（５—９月）

主要气候灾害预测

Ｆｉｇ．３　Ｍａｊｏｒｃｌｉｍａｔｅｄｉｓａｓｔｅｒｐｒｅｄｉｃｔｉｏｎ

ｉｎ２０１８ｆｌｏｏｄｓｅａｓｏｎ（ＭＪＪＡＳ）

图４　１９００年１月至２０１８年９月

ＰＤＯ指数逐月演变

Ｆｉｇ．４　ＭｏｎｔｈｌｙＰＤＯｉｎｄｉｃｅｓｆｒｏｍ

Ｊａｎｕａｒｙ１９００ｔｏＳｅｐｔｅｍｂｅｒ２０１８

季之后，ＩＯＢＷ指数明显减弱，表现出冷海温的特征

（图６），说明印度洋海温对这次弱拉尼娜事件表现

出明显的滞后响应。在３月分析评估了国内外动力

气候模式对全球海温２０１８年春、夏季的预测，多数

模式预测印度洋海温持续偏低，说明春、夏季印度洋

对拉尼娜事件的这种滞后响应依然明显。偏冷的印

度洋将有利于东亚夏季风偏强，从而起到对拉尼娜

事件影响的“接力”作用（Ｘｉｅｅｔａｌ，２００９）。实况显

示，动力模式对春、夏季印度洋海温的预测是正确

的，而根据印度洋海温在春、夏季的发展趋势来考虑

拉尼娜事件对东亚气候的影响显著也是成功的。事

实上，近些年的研究工作深入揭示出印度洋海温对

东亚夏季风的显著影响和机制（Ｘｉｅｅｔａｌ，２００９；

２０１６），因此在近几年的汛期预测业务当中，印度洋

海温都被当做东亚夏季风的关键影响因子加以重点

考虑，如２０１５和２０１６年的汛期预测都正确把握了

东亚夏季风偏弱的特征，当时对春、夏季印度洋偏暖

特征及其影响的考虑则是预测正确的重要原因之一

（陈丽娟等，２０１６；袁媛等，２０１６；２０１７；Ｙｕａｎｅｔａｌ，

２０１７；高辉等，２０１７）。

２０１７／２０１８年冬季以来印度洋冷海温的发展趋

势及其对拉尼娜事件的“接力作用”说明夏季东亚地

区环流和降水将会表现出对冬季拉尼娜事件／状态

较典型的滞后影响。因此根据２０１７／２０１８年冬季以

来赤道中东太平洋海温演变特征，选取１９９０年以来

Ｎｉｎｏ３．４指数在冬季达到最低值（低于－０．５℃），并

于春夏季升温至中性状态附近的 ８ 个相似年

（图７ａ；１９９６、１９９７、２００１、２００６、２００８、２００９、２０１２和

２０１７年）对夏季环流和降水进行合成。结果显示，

冬季拉尼娜状态有利于夏季菲律宾附近出现气旋性

图５　２０１７—２０１８年冬季热带（５°Ｓ～５°Ｎ）

经向垂直风距平（ａ）和８５０ｈＰａ风场距平（ｂ）

Ｆｉｇ．５　Ｍｅｒｉｄｉｏｎａｌｖｅｒｔｉｃａｌｗｉｎｄａｎｏｍａｌｙ

ａｖｅｒａｇｅｄｏｖｅｒ（５°Ｓ－５°Ｎ）（ａ）ａｎｄ

８５０ｗｉｎｄａｎｏｍａｌｙ（ｂ）ｉｎ２０１７／２０１８ｗｉｎｔｅｒ

图６　２０１４—２０１８年热带印度洋全区一致

海温模态（ＩＯＢＷ）指数的逐月演变

Ｆｉｇ．６　ＭｏｎｔｈｌｙＩＯＢＷｉｎｄｅｘｆｒｏｍ２０１４ｔｏ２０１８
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图７　海温演变相似年的（ａ）Ｎｉ珘ｎｏ３．４指数

的逐月演变，夏季（ｂ）５００ｈＰａ高度场（等值线，

间隔３ｇｐｍ；阴影表示通过０．１０显著性水平

检验区域；绿色实线：气候平均５００ｈＰａ

上５８８０ｇｐｍ等值线）、８５０ｈＰａ风场（矢量）

和（ｃ）降水距平的合成（单位：ｍｍ）

Ｆｉｇ．７　（ａ）ＭｏｎｔｈｌｙＮｉ珘ｎｏ３．４ｉｎｄｅｘ，ｃｏｍｐｏｓｉｔｅ

ｍａｐｓｏｆｓｕｍｍｅｒ（ｂ）５００ｈＰａｇｅｏｐｏｔｅｎｔｉａｌｈｅｉｇｈｔ

（ｃｏｎｔｏｕｒｓ，ｉｎｔｅｒｖａｌ：３ｇｐｍ；ｓｈａｄｉｎｇｓ：ｔｈｅ

ｒｅｇｉｏｎｓｅｘｃｅｅｄｉｎｇｔｈｅ０．１０ｓｉｇｎｉｆｉｃａｎｃｅｌｅｖｅｌ；

ｇｒｅｅｎｓｏｌｉｄｌｉｎｅ：ｔｈｅｃｌｉｍａｔｏｌｏｇｙ５８８０ｇｐｍ

ｃｏｎｔｏｕｒａｔ５００ｈＰａ）ａｎｄ８５０ｈＰａｗｉｎｄａｎｏｍａｌｙ

ａｎｄ（ｃ）ｐｒｅｃｉｐｉｔａｔｉｏｎａｎｏｍａｌｙｏｆｓｉｍｉｌａｒｙｅａｒｓ

ｂａｓｅｄｏｎＬａＮｉ珘ｎａｅｖｏｌｕｔｉｏｎ（ｕｎｉｔ：ｍｍ）

距平环流、副高偏弱偏北、东亚夏季风偏强（图７ｂ），

我国东部地区有南北两条多雨带，北方多雨带中心

位于河套地区，南方多雨带中心位于江南南部至华

南；长江 、江汉地区降水明显偏少（图７ｃ）。

　　除海温异常信号外，国家气候中心监测显示

２０１７／２０１８年冬季的青藏高原积雪较常年偏少０．７

个标准差，且ＢＣＣ＿ＣＳＭ１．１（ｍ）模式预测春季积雪

持续偏少。根据已有研究（张顺利和陶诗言，２００１；

陈兴芳和宋文玲，２０００；竺夏英等，２０１３），高原积雪

偏少，经过热力异常和动力异常的作用，有利于东亚

夏季风偏强，长江流域易旱。高原积雪对东亚夏季

风和我国降水的这种影响与拉尼娜事件的影响是一

致的。监测还显示北大西洋海温三极子模态

（ＮＡＴ）在２０１８年２月以来持续正位相，可能影响

到春末到夏初的欧亚中纬度环流，不利于乌拉尔山

和鄂霍茨克海出现阻塞形势（Ｚｕｏｅｔａｌ，２０１３），从而

不利于长江流域和江淮地区降水偏多。北大西洋三

极子对东亚夏季风和我国降水的影响也与拉尼娜事

件的影响是一致的。关于多因子共同影响东亚夏季

风的机理将另文撰写发表。

３．３　动力气候模式的预测

除物理诊断外，还分析评估了大量国内外动力

气候模式的预测结果。以国家气候中心 ＢＣＣ＿

ＣＳＭ１．１（ｍ）的５００ｈＰａ环流场预测（图８）为例，模

式预测北半球中纬度欧亚大陆地区以纬向环流为

主，在６０°Ｅ以西的欧洲地区为正距平，６０°Ｅ至贝加

尔湖为负距平，贝加尔湖以东至鄂霍次克海地区为

正距平；东亚地区从高纬度到低纬度为北高南低型。

其他国外主要业务中心（如 ＮＣＥＰＣＦＣｖ２、ＥＣＭ

ＷＦ、ＴＣＣ等）的动力模式对欧亚环流型的预测与国

家气候中心类似（图略），最一致的特征都是预测东

亚地区为北高南低的形势。由于西太平洋副高和菲

律宾反气旋对东亚夏季风和我国汛期气候有直接的

影响，对比了各模式预测的副高指数［定义见刘芸芸

等（２０１２）］和菲律宾反气旋指数［定义见 Ｗａｎｇｅｔａｌ

（２０００）］。结果显示，ＥＣＭＷＦ模式预测夏季副高

显著偏强偏西偏北，ＢＣＣ＿ＣＳＭ１．１（ｍ）和ＣＦＳＶ２

预测夏季副高强度接近常年、位置偏东偏北。此外，

图８　ＢＣＣ＿ＣＳＭ１．１（ｍ）模式２０１８年３月

起报的２０１８年夏季５００ｈＰａ高度场

（阴影为距平）

Ｆｉｇ．８　Ｐｒｅｄｉｃｔｉｏｎｏｆｓｕｍｍｅｒ５００ｈＰａｇｅｏｐｏｔｅｎｔｉａｌ

ｈｅｉｇｈｔａｎｏｍａｌｙｂｙＢＣＣ＿ＣＳＭ１．１（ｍ）

ｉｎｉｔｉａｔｅｄｆｒｏｍＭａｒｃｈ２０１８

（Ｓｈａｄｉｎｇｉｓａｎｏｍａｌｙ）
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图９　多模式２０１８年３月起报的逐月副高强度（ａ）、副高脊线南北位置（ｂ）、

副高西伸脊点位置指数（ｃ）和菲律宾反气旋指数（ｄ）

Ｆｉｇ．９　（ａ）Ｓｔｒｅｎｇｔｈｉｎｄｅｘ，（ｂ）ｒｉｄｇｅｌｉｎｅｐｏｓｉｔｉｏｎｉｎｄｅｘ，（ｃ）ｗｅｓｔｗａｒｄｐｏｓｉｔｉｏｎｉｎｄｅｘｏｆ

ｔｈｅｓｕｂｔｒｏｐｉｃａｌｈｉｇｈａｎｄ（ｄ）ａｎｔｉｃｙｃｌｏｎｅｉｎｄｅｘｏｖｅｒｔｈｅＰｈｉｌｉｐｐｉｎｅｓｐｒｅｄｉｃｔｅｄ

ｂｙｍｕｌｔｉｍｏｄｅｌｓｉｎｉｔｉａｔｅｄｆｒｏｍＭａｒｃｈ２０１８

三个模式均预测菲律宾反气旋指数为负值，即菲律

宾附近为气旋性环流距平。三个模式集合平均的结

果预测副高强度略偏强，位置偏东偏北（图９）。实

况显示，上述各动力气候模式对夏季热带和副热带

主要环流型的预测效果较好，但对东北亚地区的环

流预测偏差较大（顾薇和陈丽娟，２０１９），各动力模式

一致预测鄂霍茨克海地区为正距平控制，实况在该

地区则为一个明显的负距平中心，这也是导致东北

地区汛期降水预测偏差大的主要原因。

国内外动力气候模式对东亚夏季降水的预测差

异很大（图略），预测技巧偏低。因此主要采纳了动

力模式对大尺度环流的预测信息，结合物理诊断结

果，确定了东亚夏季风偏强和我国汛期降水“南北

多、中间少”的布局。

４　结论和讨论

２０１８年汛期准确预测了“降水南北多，中间少，

旱涝并重”的总体特征，对黄河流域降水异常偏多和

长江流域降水异常偏少的预测与实况吻合，但对东

北地区降水趋势预测与实况有较大偏差。对２０１８

年季节内雨季进程的预测与实况一致，如预测华南

前汛期开始时间偏晚、雨量偏少；江南、长江中下游、

江淮三个区域梅雨入梅偏晚，梅雨量明显偏少；华北

雨季开始偏早、雨量偏多等，均与实况吻合。２０１８

年对台风生成和登陆频数偏多、登陆台风强度偏弱、

台风活动路径以西北行和北上为主、台风季节内活

动特征（前强后弱）的预测与实况一致，起到很好的

服务效果。对夏季全国大部气温较常年偏高的总体

趋势预测也与实况一致，但未能预测北方大部气温

异常偏高的程度。基于要素预报，２０１８年还对暴雨

洪涝、气象干旱、高温热浪、山洪地质灾害等的高发

区做了展望，起到了很好的气候服务效果。

在２０１８年汛期预测中，将诊断分析和国内外动

力模式预测结果相结合。在分析先兆信号时，重点

考虑了前冬弱拉尼娜事件及其对夏季风环流的滞后

影响，虽然拉尼娜事件在春初结束，但是热带印度洋

海温偏低的接力作用有利于副高脊线位置明显偏

北、东亚夏季风偏强。国内外主要业务机构的动力

气候模式对东亚季风环流主要成员的预测与诊断分

析一致，即西太平洋副高偏北，菲律宾地区为气旋式

距平环流。但是各动力模式对降水空间分布的预测

差异较大，由于模式对降水预测的技巧偏低，因此主

要采纳了动力模式对大尺度环流的预测结果。基于

东亚夏季风偏强的预测，进一步预测我国北方大部

地区降水明显偏多。因此前期拉尼娜事件和后期热
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带印度洋海温偏低是２０１８年汛期气候趋势预测的

重要先兆信号。此外，青藏高原冬季积雪偏少，北大

西洋海温三极子模态正位相也对欧亚中纬度环流和

副热带环流起到明显影响，对东亚夏季风偏强有明

显贡献，该部分研究将另文发表。

我国汛期气候受到多时间尺度和多因子的共同

作用，具有较大的变率和不确定性，需要根据预报对

象的超前时间尺度，确定主导信号及其可能影响。

２０１８年３月开始，ＰＤＯ指数由正转负，此后在０值

附近波动，ＰＤＯ的空间分布特征不典型，其影响程

度也明显减弱，不是２０１８年汛期预测的主导信号。

除上述考虑的海温、积雪等外强迫信号外，大气低频

振荡活动对季节内尺度大气演变有明显影响，２０１８

年汛期 ＭＪＯ活动对东亚夏季风以及台风活动都有

显著作用，该部分工作也将另文深入分析。

２０１８年汛期对东部主体雨带的布局预测取得

成功，但也暴露出诸多科学问题，例如在海温外强迫

信号较弱的背景下，如何利用大尺度环流信息客观

预报我国不同区域的气候变异是我们面临的一个关

键问题。２０１８年汛期对东北地区的预测与实况偏

差明显较大，凸显了我国不同地区的气候预测存在

差异，东北地区的降水异常在６月主要受东北冷涡

和鄂霍茨克海阻塞高压的影响，７月主要受西太平

洋副高的影响，而８月主要受西太平洋副高和东北

冷涡的共同影响（丁婷和陈丽娟，２０１５）。２０１８年动

力气候模式对西太平洋副高的预测技巧相对较高，

而对东北冷涡和鄂霍茨克海阻塞高压的预测与实况

相反，这是造成对东北地区降水预测趋势相反的重

要原因。此外，２０１８年北上台风偏多也是东北地区

降水偏多的另一个原因。对中纬度环流发展机制及

预测能力的不足限制了东北地区的气候预测服务效

果，无论从科学上还是服务需求上都需要加强该领

域的研究。
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汛期我国主要雨季进程成因及预测应用进展
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摘　　要

汛期内我国中东部地区的雨季是东亚夏季风推进过程中的重要产物，主要包括华南前汛期、梅雨、华北雨季和

华西秋雨等，各地雨季决定了我国中东部地区汛期的旱涝布局和旱涝演变，是我国汛期预测和服务的重点。该文

回顾了４个雨季特征及影响因子方面的研究进展，在此基础上梳理物理概念预测模型。研究显示：海温异常是影

响各区域雨季的重要先兆信号，但不同雨季的年际和年代际变化特征不同，海温作为外强迫信号的影响程度和时

空形式也有差异。利用热带太平洋东西海温差指标能更好地解释华南前汛期降水的年际变化。而与梅雨的年际

变化分量相关联的海温关键区主要分布于热带，与年代际或多年代际变化分量相联系的海温关键区则来自中高纬

度。华北雨季降水的强弱不仅与ＥＮＳＯ循环的位相有关，更多受到ＥＮＳＯ演变速率的影响。而影响华西秋雨的海

温关键区随着年代际背景的变化发生了改变，需要重新诊断和建模。

关键词：雨季；华南前汛期；梅雨；华北雨季；华西秋雨

引　言

每年随着东亚夏季风的北推和南撤，我国华南、

长江流域、华北地区、华西地区等相继进入降水集中

期［１］，分别形成当地的雨季，由于气候特色鲜明，又

称为降水气候事件，先后有华南前汛期、梅雨、华北

雨季、华西秋雨等。东亚夏季风的强弱与雨季的强

弱往往决定着我国汛期的旱涝布局［２３］，而雨季开始

和结束早晚又联结着我国汛期旱涝的次季节至季节

尺度演变信息［４７］，因此，雨季起止、强度的特征和预

测与多时间尺度的环流演变及外强迫因子密切相

关。做好各地雨季的监测和预测既具有科学意义，

又与我国的农业生产、防汛抗旱部署密切相关，还具

有重要的应用价值。

在中国气象局国家气象科技创新工程项目“次

季节至季节气候预测和气候系统模式”等项目的支

持下，国家气候中心组织开展了针对东亚地区季节

内雨季（降水气候事件）的监测诊断和预测研发。力

求以机理分析和动力模式预测为基础，揭示我国汛

期降水进程主要模态的年际特征和变化机理，发展

主要气候事件的强度、进程的趋势预测模型。

在研发过程中遇到的首要问题是雨季自身的定

义和监测。许多研究者根据自己的需求和研究目标

从不同角度定义雨季的强度和起止特征，各省业务

部门根据自己的地理位置、气候特征及服务需求定

义雨季的监测标准，标准不统一使气象部门针对公

众的服务易出现分歧。中国气象局组织国家级和省

级业务部门以及科研院所的专家针对华南前汛期、

梅雨、华北雨季、华西秋雨等联合开展了监测指标的

２０１９０２１８收到，２０１９０４２６收到再改稿。

资助项目：国家重点基础研究发展计划（２０１５ＣＢ４５３２０３），国家自然科学基金项目（４１８７５０９３，４１８０５０６７，４１２７５０７３）
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研发，确定了雨季监测业务标准①④，建立了国家级

和省级业务相对统一的监测指标体系。本文主要基

于该业务标准进行监测和进一步的诊断预测研究。

表１为基于各雨季监测标准后获取的雨季基本气候

特征。

根据中国雨季进程的气候特征，从南向北依次

介绍华南前汛期、梅雨、华北雨季和华西秋雨的主要

气候特征，以及针对雨季的监测诊断和预测研发进

展，最后给出近４年的雨季预测在业务中的应用情

况。如无特别说明，文中涉及的气候态均指１９８１—

２０１０年平均。

表１　汛期内我国不同雨季的主要气候特征

犜犪犫犾犲１　犆犾犻犿犪狋犲犳犲犪狋狌狉犲狊狅犳犱犻犳犳犲狉犲狀狋狉犲犵犻狅狀犪犾狉犪犻狀狔狊犲犪狊狅狀狊

雨季 平均开始时间 平均结束时间 平均持续时间／ｄ 平均强度（雨量／ｍｍ）

华南前汛期 ０４０６ ０７０４ ８９ ７３３．８

江南梅雨 ０６０８ ０７０８ ３０ ３６５．４

长江中下游梅雨 ０６１４ ０７１３ ２９ ２８１．０

江淮梅雨 ０６２１ ０７１５ ２５ ２６４．４

华北雨季 ０７１８ ０８１８ ３２ １３６．０

华西秋雨 ０８３１ １１０１ ６２ ２０２．８

１　华南前汛期

华南是我国年雨量最充沛、雨季最长的地区。

受热带季风和副热带季风共同作用及台风降水影

响，华南地区降水季节循环呈典型的双峰型变化特

征［８］，其中第１个降水峰值出现在４—６月，该时段

被称为华南前汛期，占全年降水量的近５０％，是华

南地区的主汛期。４—６月的前汛期降水按照降水

性质不同分为夏季风爆发前的锋面降水和夏季风爆

发后的季风降水［９１０］。

根据华南汛期监测业务规定①，国家气候中心

建立了华南前汛期开始、结束、强度的实时业务监测

（广东、广西、福建和海南共２６１个站点）。

华南前汛期平均入汛和出汛时间分别为４月６

日和７月４日，整个前汛期平均持续８９ｄ（表１），与

以往各类定义所得的结果总体一致［１１１３］。华南前汛

期开始和结束时间表现出明显的年际变化特征。开

始日的标准方差是１８ｄ，最早和最晚入汛日相差超

过２个月。前汛期结束日期的标准方差是１５ｄ，最

早和最晚结束日相差超过１个月。开汛时间早晚与

３—４月华南地区降水关系密切，开汛偏早（晚），对

应３—４月华南降水偏多（少）
［１３］。

Ｇｕ等
［１４］使用前汛期入汛至出汛这一时段的华

南地区２６１个站点平均降水量的累积值作为反映前

汛期总降水量的指标，这一指标的历史序列显示华

南前汛期降水量的年际变化非常明显，降水量最多

为１０７１ｍｍ（１９９７年）、最少为４３０ｍｍ（１９９１年）。

从降水量空间分布看，在前汛期偏涝年份华南大部

地区降水量超过８００ｍｍ，降水大值中心位于广东

省，降水量超过１６００ｍｍ；相反，在少雨年华南大部

地区降水量仅为５００～６００ｍｍ，最大值不超过

１０００ｍｍ。前汛期偏涝和偏旱年降水的差异非常明

显，尤其是在广东省附近相差超过６００ｍｍ。已有研

究指出，华南前汛期旱涝的年际变化特征非常明

显［１５１６］，显著周期约为２～４年。马慧等
［１７］认为前汛

期降水还表现出明显的年代际变化特征，２０世纪５０

年代前期、６０年代中期到８０年代初为前汛期多雨

期。但１９８１年以来前汛期降水量并未表现出显著

（达到０．０１显著性水平）增加或减少的线性趋

势［１４］，与以往研究［１８１９］的结论不完全一致。

从环流特征看，华南前汛期降水的年际变化主

要受到２００ｈＰａ青藏高原东部异常气旋及反气旋、

西太平洋副热带高压（简称副高）强度和位置、以及

８５０ｈＰａ菲律宾附近异常反气旋、气旋的显著影

响［１４］。从气候平均２００ｈＰａ风场（图１ａ）看，华南前

汛期期间在东亚副热带地区３５°～４０°Ｎ附近为一个

西风急流区，在其南侧１５°Ｎ附近则为东风急流区，

在东、西风急流之间、中印半岛上空为一个气旋式

环流。从多雨年、少雨年２００ｈＰａ风场的差值合成场

①中国气象局预报与网络司．关于印发《华南汛期监测业务规定（试行）》的通知（气预函〔２０１４〕２号）．２０１４．

②中国气象局预报与网络司．关于印发《梅雨监测业务规定》的通知（气预函（２０１４）２８号）．２０１４．

③中国气象局预报与网络司．关于印发《华北雨季监测业务规定（试行）》的通知（气预函（２０１４）１１７号）．２０１４．

④中国气象局预报与网络司．关于印发《华西秋雨监测业务规定（试行）》的通知（气预函（２０１５）２号）．２０１５．
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图１　华南前汛期期间气候平均的２００ｈＰａ风场（ａ），降水偏多和偏少年２００ｈＰａ风场的差值合成（ｂ），气候平均（黑色等值线）、

降水偏多（蓝色等值线）和偏少（红色等值线）年５００ｈＰａ等压面上５８７５ｇｐｍ等值线（ｃ），气候平均的８５０ｈＰａ风场（ｄ），

降水偏多和偏少年８５０ｈＰａ风场的差值合成（矢量）及气候平均８５０ｈＰａ气温（等值线，单位：℃）（ｅ），

降水偏多和偏少年７００ｈＰａ对流不稳定度的差值合成（单位：１０－５Ｋ·Ｐａ－１，等值线间隔为２）（ｆ）
［１４］

（图１ｂ、图１ｅ、图１ｆ中黄色表示正相关，蓝色表示负相关，填色区浅、中、深表示达到０．１，０．０５，０．０１显著性水平）

Ｆｉｇ．１　ＦｅａｔｕｒｅｓｏｆｐｒｅｒａｉｎｙｓｅａｓｏｎｉｎＳｏｕｔｈＣｈｉｎａ（ｆｒｏｍＲｅｆｅｒｅｎｃｅ［１４］）

（ａ）ｔｈｅｃｌｉｍａｔｏｌｏｇｙｏｆ２００ｈＰａｗｉｎｄ，（ｂ）ｃｏｍｐｏｓｉｔｅａｎｏｍａｌｉｅｓｏｆ２００ｈＰａｗｉｎｄｂｅｔｗｅｅｎｗｅｔａｎｄｄｒｙｙｅａｒｓ，

（ｃ）ｔｈｅｌｏｃａｔｉｏｎｏｆｔｈｅｗｅｓｔｅｒｎＰａｃｉｆｉｃｓｕｂｔｒｏｐｉｃａｌｈｉｇｈ（ｉｎｄｉｃａｔｅｄｂｙ５８７５ｇｐｍｃｏｎｔｏｕｒ）ｆｏｒｔｈｅｃｌｉｍａｔｏｌｏｇｙ

（ｔｈｅｂｌａｃｋｌｉｎｅ），ｗｅｔｙｅａｒｓ（ｔｈｅｂｌｕｅｌｉｎｅ），ａｎｄｄｒｙｙｅａｒｓ（ｔｈｅｒｅｄｌｉｎｅ），（ｄ）ｔｈｅｃｌｉｍａｔｏｌｏｇｙｏｆ８５０ｈＰａｗｉｎｄ，

（ｅ）ｃｏｍｐｏｓｉｔｅａｎｏｍａｌｉｅｓｏｆ８５０ｈＰａｗｉｎｄｓ（ｔｈｅｖｅｃｔｏｒ）ｂｅｔｗｅｅｎｗｅｔａｎｄｄｒｙｙｅａｒｓｏｖｅｒｌａｉｄｗｉｔｈｔｈｅｃｌｉｍａｔｏｌｏｇｙ

ｏｆ８５０ｈＰａａｉｒｔｅｍｐｅｒａｔｕｒｅ（ｔｈｅｃｏｎｔｏｕｒ，ｕｎｉｔ：℃），（ｆ）ｃｏｍｐｏｓｉｔｅａｎｏｍａｌｉｅｓｏｆ

７００ｈＰａｃｏｎｖｅｃｔｉｖｅｉｎｓｔａｂｉｌｉｔｙｂｅｔｗｅｅｎｗｅｔａｎｄｄｒｙＦＲＳｙｅａｒｓ（ｕｎｉｔ：１０－５Ｋ·Ｐａ－１，ｔｈｅｉｎｔｅｒｖａｌｉｓ２）

（ｔｈｅｙｅｌｌｏｗａｎｄｔｈｅｂｌｕｅｄｅｎｏｔｅｐｏｓｉｔｉｖｅａｎｄｎｅｇａｔｉｖｅｃｏｒｒｅｌａｔｉｏｎｓ，ｒｅｓｐｅｃｔｉｖｅｌｙ，

ａｎｄｔｈｅｌｉｇｈｔ，ｍｉｄｄｌｅ，ｄａｒｋｓｈａｄｅｄｄｅｎｏｔｅｐａｓｓｉｎｇｔｅｓｔｓｏｆ０．１，０．０５，０．０１ｌｅｖｅｌｓ）
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（图１ｂ）看，在前汛期多雨年，副热带西风急流和东

风急流都明显减弱，在青藏高原东部附近存在一个

异常的气旋式环流，说明中印半岛上空的反气旋也

明显减弱。相应的在５００ｈＰａ，多雨年西太平洋副

高强度较常年平均偏强、位置较常年平均偏西偏南

（图１ｃ）。在８５０ｈＰａ，多雨年在菲律宾附近存在一

个异常的反气旋式环流（图１ｅ），这种异常形势加强

了南海至华南地区的偏南风（图１ｄ），并从以下两个

方面影响前汛期降水：一方面有利于更多的水汽从

中印半岛附近输送至华南地区，从而有利于降水的

增加；另一方面由于中印半岛大气温度高于南海和

华南地区，这样的形势有利于暖平流输送至华南，从

而增大华南地区大气的不稳定度（图１ｆ），有利于异

常上升运动和降水的增多。覃武等［２０］、苗春生

等［２１２２］均指出，东亚副热带西风急流和西太平洋副

高等系统对前汛期降水有显著影响，与上述结论一

致。伍红雨等［１３］研究进一步指出，西太平洋副高对

前汛期的影响不仅体现在降水量，而且对入汛时间

也有明显影响，当副高偏强偏西（偏弱偏东）时，前汛

期开汛偏早（晚）。

除副热带环流系统之外，已有研究还揭示出中

高纬度环流系统对前汛期降水年际变化的可能影

响，这些研究表明：当东北冷涡活跃［２１，２３］、乌拉尔山

附近为异常高压［２０，２４］或东亚大槽加深时，华南地区

北侧常常出现气旋性的低压系统［２］，这种大气环流

的配置有利于高纬度地区的冷空气向南侵袭［２５］，从

而导致冷暖空气在华南地区交汇辐合，引起前汛期

降水偏多。

此外，还有研究指出一些前期环流因子可能对

华南前汛期降水的变异有指示意义，如徐淑爱［２６］指

出，冬季风对后期春季和初夏的环流影响显著，冬季

风强年，初夏西太平洋副高位置偏北，西伸脊点偏

东，华南及珠江三角洲前汛期降水偏少。蔡学湛

等［２７］的研究则显示，前期冬季西太平洋暖池附近对

流活动可能会通过异常Ｈａｄｌｅｙ环流影响到前汛期的

旱涝。黄先香等［２８］则指出前期１月印度北部和３月

西北太平洋风场异常是预测华南前汛期旱涝的前兆

信号。

　　Ｇｕ等
［１４］利用国家气候中心定义的前汛期指标

研究了海温对前汛期降水的影响，结果显示：热带太

平洋海温异常与前汛期降水关系密切（图２ａ），是前

汛期降水的重要外强迫因子之一。当热带太平洋海

图２　华南前汛期降水偏多、偏少年海温异常的差值合成（单位：℃，等值线间隔为０．２）［１４］

（ａ）春季海温，（ｂ）逐月热带（７．５°Ｓ～７．５°Ｎ）海温（填色说明同图１）

Ｆｉｇ．２　Ｃｏｍｐｏｓｉｔｅａｎｏｍａｌｉｅｓｏｆｓｅａｓｕｒｆａｃｅｔｅｍｐｅｒａｔｕｒｅ（ＳＳＴ）ｂｅｔｗｅｅｎｗｅｔａｎｄｄｒｙｙｅａｒｓｏｆｐｒｅｒａｉｎｙ

ｓｅａｓｏｎｉｎＳｏｕｔｈＣｈｉｎａ（ｕｎｉｔ：℃，ｔｈｅｉｎｔｅｒｖａｌｉｓ０．２）（ｆｒｏｍＲｅｆｅｒｅｎｃｅ［１４］）

（ａ）ＳＳＴｉｎｓｐｒｉｎｇ，（ｂ）ｍｏｎｔｈｌｙｔｒｏｐｉｃａｌＳＳＴａｖｅｒａｇｅｄｏｖｅｒ７．５°Ｓ－７．５°Ｎ（ｔｈｅｓｈａｄｅｄｉｓｔｈｅｓａｍｅａｓｉｎＦｉｇ．１）
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温东暖西冷（东冷西暖）时，前汛期降水偏多（少）。

从热带海温的逐月演变特征（图２ｂ）看，海温与降水

的这种关系从２月开始显著，在４月和５月达到最

大，并一直持续至６月。根据降水与海温的显著相

关区域（图２ａ），将热带东太平洋（５°Ｓ～５°Ｎ，９０°～

１５０°Ｗ，右侧黑色框区域）和西太平洋（７．５°Ｓ～

７．５°Ｎ，１４０°～１６０°Ｅ，左侧黑色框区域）标准化海温

距平之差作为热带太平洋东西海温差指数犐ＥＷＣ，并

将该指数作为指示前汛期降水异常的重要指标。利

用犐ＥＷＣ对各项环流特征量进行回归分析，进一步研

究热带太平洋东西海温差影响前汛期降水的可能机

制，指出当热带太平洋东暖西冷时，有利于低层热带

东太平洋（西太平洋）大气辐合（辐散），Ｗａｌｋｅｒ环流

减弱（图３ａ）；西太平洋地区附近由于对流活动受到

图３　根据１９８１—２０１５年春季热带太平洋东西海温差指数回归的８５０ｈＰａ速度势（等值线，单位：１０５ｍ２·ｓ－１）

和辐散风场（矢量）（ａ），８５０ｈＰａ流函数（单位：１０５ｍ２·ｓ－１，等值线间隔为２）（ｂ）

和整层积分的水汽通量（ｃ）
［１４］（填色说明同图１）

Ｆｉｇ．３　Ｒｅｇｒｅｓｓｉｏｎｏｆ８５０ｈＰａｖｅｌｏｃｉｔｙｐｏｔｅｎｔｉａｌ（ｔｈｅｃｏｎｔｏｕｒ，ｕｎｉｔ：１０５ｍ２·ｓ－１，ｔｈｅｉｎｔｅｒｖａｌｉｓ２）ａｎｄｄｉｖｅｒｇｅｎｔｗｉｎｄ

（ｔｈｅｖｅｃｔｏｒ）（ａ），８５０ｈＰａｓｔｒｅａｍｆｕｎｃｔｉｏｎ（ｕｎｉｔ：１０５ｍ２·ｓ－１，ｔｈｅｉｎｔｅｒｖａｌｉｓ２）（ｂ），ａｎｄｃｏｌｕｍｎｉｎｔｅｇｒａｔｅｄｗａｔｅｒｖａｐｏｒｆｌｕｘ（ｃ）

ｏｎｔｈｅｎｏｒｍａｌｉｚｅｄｓｐｒｉｎｇｍｅａｎ犐ＥＷＣｆｏｒｔｈｅｐｅｒｉｏｄｏｆ１９８１－２０１５（ｆｒｏｍＲｅｆｅｒｅｎｃｅ［１４］）（ｔｈｅｓｈａｄｅｄｉｓｔｈｅｓａｍｅａｓｉｎＦｉｇ．１）
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抑制、非绝热加热减弱，因而可通过激发大气中的

Ｒｏｓｓｂｙ波使菲律宾附近出现异常的反气旋式环流

（图３ｂ），从而导致南海至华南地区出现异常西南

风，有利于更多的暖湿气流输向华南地区（图３ｃ），

使降水偏多。强学民等［２９］研究曾指出，西太平洋暖

池海温对前汛期降水有显著影响，但Ｇｕ等
［１４］研究

指出，热带太平洋东西海温差指标比单独考虑西太

平洋海温能够更好地解释前汛期降水的异常变化。

除热带海温之外，中高纬度海气系统对于华南前汛

期降水也有显著影响，如Ｌｉ等
［３０］研究指出，前汛期

降水的年际变率不仅仅来源于热带海洋，同时也受

到春季北大西洋中高纬度海温三极子模态的显著影

响。北大西洋海温三极子对前汛期降水的影响主要

是通过以下两种途径实现：一方面春季北大西洋三

极子可以持续至初夏，并通过激发欧亚大陆上空的

遥相关波列影响东亚中高纬度环流，从而引起前汛

期降水的变化；另一方面，北大西洋三极子也可以通

过西传大气遥相关影响到菲律宾附近的异常反气

旋，从而导致前汛期降水的异常变化。由此可见，热

带太平洋海温和北大西洋海温是华南前汛期降水年

际变率的重要来源。热带海温可以通过影响西太平

洋附近的对流活动，激发菲律宾附近的异常反气旋，

从而影响华南地区降水，而北大西洋海温除了可以

直接通过欧亚中高纬度大气遥相关波列影响前汛期

降水之外，也可能通过西传的大气遥相关影响到菲

律宾附近异常反气旋［３１］，从而对降水产生影响（图

４）。此外，也有研究指出，孟加拉湾附近海温
［２］和南

海海温［１３］也与前汛期降水存在显著的相关关系，但

这些海温因子影响降水的机制还有待进一步研究。

在年代际尺度上，前汛期降水的变化可能也受

到海温的调制作用。王彦明等［３２］、章开美等［３３］的研

究指出，在太平洋年代际振荡（ＰＤＯ）冷位相年，华

南前汛期发生典型持续性暴雨过程的概率比ＰＤＯ

暖位相年大，且暴雨强度偏强，持续时间偏长。

此外，还有研究指出，积雪和极冰对华南前汛期

可能产生影响，高原雪盖异常可能是通过改变海陆热

力差异影响春季至初夏东亚夏季风，多雪年有利于夏

季风爆发晚、前汛期降水多［３４］。当南极海冰面积增

大时，华南前汛期降水增加，反之亦然。海冰对前汛

期的影响可能与南半球低纬度（０°～３０°Ｓ）气旋活动有

关［３５３６］。有关各因子对华南前汛期年际和年代际变

化的影响和机制还有待更多深入研究。

图４　影响华南前汛期降水年际变异的关键因子物理概念图

Ｆｉｇ．４　Ｔｈｅｃｏｎｃｅｐｔｍａｐｏｆｋｅｙｆａｃｔｏｒｓｗｈｉｃｈｉｍｐａｃｔａｎｎｕａｌｖａｒｉａｂｉｌｉｔｙｏｆ

ｐｒｅｒａｉｎｙｓｅａｓｏｎｉｎＳｏｕｔｈＣｈｉｎａ

２　中国梅雨

一般情况下，伴随着西太平洋副高第１次北跳

之后，江南、长江中下游依次入梅，梅雨是东亚大气

环流季节内变化的典型阶段。长期以来，有关梅雨

的定义和监测标准有很大分歧，分歧的焦点在于是

以天气实况为主还是以环流调整为主或二者兼顾来
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划分入梅、出梅日期［３７３８］。各地区标准不同，造成所

得结果的可比性较差［３９４４］，也导致在预报服务中的

不一致。２０１４年５月中国气象局组织专家充分论

证和试验性应用后，发布了中国《梅雨监测业务规

定》②，新规定中以区域内各监测站的降水条件为

主，西太平洋副高脊线、日平均温度、南海夏季风爆

发时间等条件为辅，确定入梅、出梅、梅雨期长度、梅

雨量和强度等特征，并按照气候类型将梅雨监测区

域分为江南、长江中下游、江淮３个区域，作为国家

级和相关省级气象部门开展梅雨监测预测业务的依

据。该标准全面考虑了梅雨的天气要素和环流演变

以及我国梅雨的空间差异特征。

根据监测规定，平均而言，江南区较长江中下游

区偏早１周，而长江中下游区较江淮区偏早１周（表

１）。３个区域梅雨入梅日存在显著的年际变化。

１９５１—２０１５年江南入梅日的标准差为８ｄ，入梅最

早和最晚可相差４７ｄ，长江中下游入梅日的标准差

为１１ｄ，江淮入梅日的标准差为１１ｄ。３个区域入

梅时间在年际尺度上较一致，还存在显著的年代际

变化，但是无明显长期变化趋势。３个区域的入梅

日与各自的梅雨期日数及梅雨量的相关系数均达到

０．００１显著性水平，表明入梅早晚与梅雨期的长短

及梅雨量的多寡均有密切关系。入梅偏早（晚），梅

雨期容易偏长（短）、同时梅雨量偏多（少）。从侧面

反映了研究入梅早晚的影响系统和预测信号的重要

意义［４５］。

叶笃正等［４６］、陶诗言等［４７］很早就指出，印度西

南季风爆发与东亚入梅有密切关联。文献［４８５０］

梳理了东亚夏季风系统的关键成员，认为东亚夏季

风的异常活动可造成关键成员的偏北或偏南，从而

影响到江淮流域的入梅早晚及持续时间。由于３个

梅雨区中，一般江南入梅最早，赵俊虎等［４５］利用《梅

雨监测业务规定》中的入梅日期资料，以江南入梅为

代表，重点研究了江南入梅早晚与同期（５—６月）大

气环流及前期海表温度变化的关系。结果表明：江

南入梅偏早（晚）年，对流层高层至低层的同期大尺

度环流存在明显的差异。入梅偏早（晚）年，高层南

亚高压和东亚副热带西风急流（西风急流）的建立较

早（晚），强度较强（弱），南亚高压北移到高原上空亦

偏早（晚），西风急流北跳偏早（晚）；中层中高纬度经

向环流较强（弱），而西北太平洋副高第１次北跳偏

早（晚）；低层索马里越赤道气流建立较早（晚），强度

较强（弱），西太平洋为反气旋（气旋）式距平环流。

冬春季海表温度的异常是影响入梅早晚的重要预测

信号：当冬季东太平洋海表温度为负（正）距平、澳大

利亚东侧海表温度偶极子为正（负）位相、及春季北

大西洋三极子处于正（负）位相时，江南入梅偏早

（晚）。其中入梅前一年１２月澳大利亚东侧海表温

度偶极子和当年３月北大西洋三极子与江南入梅关

系最为密切（图５）。

图５　江南入梅早晚影响系统概念图
［４５］

Ｆｉｇ．５　Ｔｈｅｃｏｎｃｅｐｔｍａｐｏｆｉｍｐａｃｔｓｙｓｔｅｍｏｎ

Ｍｅｉｙｕｏｎｓｅｔｄａｔｅｏｖｅｒｒｅｇｉｏｎｓｓｏｕｔｈｏｆ

ｔｈｅＹａｎｇｔｚｅＲｉｖｅｒ（ｆｒｏｍＲｅｆｅｒｅｎｃｅ［４５］）

　　相比入梅、出梅早晚的研究，影响梅雨量异常的

研究更加丰富，涉及影响梅雨的季风环流、中高纬度

环流、ＥＮＳＯ循环、西太平洋热力状况、雪盖、极冰等

因子［４９，５１５８］，反映出各因子对梅雨年际变化的影响。

Ｌｉ等
［５９］研究指出，梅雨Ｂａｉｕ锋是东亚调节季风降

水的主要天气系统，在多个时空尺度上表现出明显

的变异性。Ｓａｍｐｅ等
［６０］研究了中国梅雨Ｂａｉｕ雨带

的大尺度动力学：西风急流对环境的强迫。该研究

揭示了西风急流是梅雨Ｂａｉｕ的一个重要影响因素，

西风急流通过引导瞬态涡流，通过对流不稳定性和

绝热上升气流产生有利于对流的环境维持梅雨

Ｂａｉｕ雨带。Ｇｕ等
［６１］研究表明，在年代际时间尺度

上冬季北大西洋三极子模态与我国梅雨量和梅雨期

长度联系紧密。梅雨预测方法主要有物理统计模型
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预测和气候模式预测两种方法。

梁萍等［６２］对梅雨量变化的物理机制研究发现，

梅雨的年代际、年际以及季节内变化的影响因子和

物理机制存在差异，在实际业务中需要综合考虑多

因子多尺度共同作用的结果。采用梅雨监测新规

定，以长江中下游区域梅雨为代表，分析了该区域梅

雨的多时间尺度变化特征，从海洋外强迫影响因子

角度探讨了梅雨的可预报性来源，进一步综合海洋

背景变率建立预测模型。研究显示长江梅雨呈现周

期为３～４年、６～８年、１２～１６年、３２年、６４年的多

时间尺度变化分量和长期减少趋势（图６）。其中，３

～４年准周期变化是梅雨异常变化的主要分量。梅

雨的干湿位相转变受１２～１６年的准周期变化调制，

极端涝年易出现在１２～１６年准周期变化湿位相和

３～４年变化分量峰值位相叠加的情况。长江梅雨

的各准周期变化分量有不同的海洋外强迫背景，是

梅雨可预报性的重要来源。与年际变化分量相关联

的海温关键区主要分布于热带，而与年代际多年代

际变化分量相联系的海温关键区则来自中高纬度。

３～４年准周期变化分量的海洋外强迫强信号随季

图６　长江梅雨异常值的５个准周期变化分量和１个趋势项分量
［６２］

Ｆｉｇ．６　Ｆｉｖｅｑｕａｓｉｐｅｒｉｏｄｉｃｃｏｍｐｏｎｅｎｔｓａｎｄｏｎｅｔｒｅｎｄｃｏｍｐｏｎｅｎｔｏｆａｎｏｍａｌｉｅｓ

ｏｆＭｅｉｙｕｏｖｅｒｔｈｅＹａｎｇｔｚｅＲｉｖｅｒ（ｆｒｏｍＲｅｆｅｒｅｎｃｅ［６２］）
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节变化由前冬的ＥＮＳＯ转为春末夏初的印度洋偶

极子（ＩＯＤ）。６～８年和１２～１６年准周期变化分量

的海洋强迫关键区主要位于太平洋，准３２年和准

６４年周期振荡则受北太平洋多年代际变化（ＰＤＯ）

和北大西洋多年代际变化（ＡＭＯ）的共同影响。梅

雨的长期变化趋势则与全球变暖背景及以ＰＤＯ为

代表的年代际海洋外强迫因子相联系。

　　将梅雨各变化分量作为预测对象分别建模，进

一步构建梅雨异常预测统计模型。各分量的预测因

子和权重系数如表２所示。采用该模型对近５年梅

雨预测进行独立样本检验，有较好的回报效果，验证

了梅雨异常年际分量可预报性的稳定性以及基于多

时间尺度分离建立梅雨预测模型的优越性。进一步

还需考虑海温以外的其他外强迫信号对梅雨量多尺

度异常的贡献。

　　Ｈｕａｎｇ等
［６３］评估了国家气候中心大气环流模式

表２　梅雨预测模型的预测因子及权重系数
［６２］

犜犪犫犾犲２　犘狉犲犱犻犮狋狅狉狊犪狀犱狑犲犻犵犺狋犮狅犲犳犳犻犮犻犲狀狋狊狅犳犕犲犻狔狌狆狉犲犱犻犮狋犻狅狀犿狅犱犲犾（犳狉狅犿犚犲犳犲狉犲狀犮犲［６２］）

预测分量 预测因子 权重系数

ＩＭＦ１年际增量 前冬Ｎｉ珘ｎｏ３区海温异常 ０．８６５

ＩＭＦ２ 热带西太平洋和北太平洋海温异常 ０．４５４

ＩＭＦ３ 北太平洋海温年代际变化分量 ０．２７０

ＩＭＦ４ 北太平洋多年代际变化（ＰＤＯ） ０．２５２

ＩＭＦ５ 北大西洋多年代际变化（ＡＭＯ） ０．３７０

趋势项 ０．３９３

（ＢＣＣ＿ＡＧＣＭ２．０．１）对梅雨期长江—淮河流域降水

及环流的预测技巧。结果表明，ＢＣＣ＿ＡＧＣＭ２．０．１能

够合理再现长江—淮河流域梅雨的空间格局。然

而，与观测相比，模式低估（高估）了暴雨和强（中、

轻）降水；模式预测梅雨平均开始于６月初，比观测

的气候平均约偏早２０ｄ；梅雨持续时间为１５ｄ，比观

测时间约偏短５ｄ。这表明模式对梅雨的预测还存

在一定偏差。此外，Ｚｈｕ等
［６４］利用 ＭＩＲＯＣ＿Ｈｉｒｅｓ

耦合模式，研究了未来变暖的情景下梅雨系统的变

化，并探讨了将不均匀变暖与梅雨系统变化联系起

来的可能因素。利用动力气候模式评估对梅雨的多

时间尺度模拟和预测能力并在业务中应用是一个重

要发展方向。

３　华北雨季

７月第２～３候，３个区域梅雨相继结束，副高第

２次北跳，华北雨季开始。中国气象局预报与网络

司２０１４年制定了华北雨季监测标准③。监测覆盖

了山西、北京、天津、河北和内蒙古的部分地区。根

据该监测数据，华北雨季平均开始时间为７月１８

日，平均结束时间为８月１８日，平均持续时间为

３２ｄ，平均降水量为１３６ｍｍ（表１），占华北夏季总

降水量的５０％。

华北夏季降水与东亚夏季风的强度有很好的对

应关系［６５６７］。另外，南海夏季风爆发偏早，有利于东

亚夏季风偏强，华北和东北夏季降水正常或偏

多［６８］。印度夏季风和华北夏季降水也有很好的正

相关关系［６９７１］，但印度季风降水和华北季风降水的

协同变化是有条件的，受到对流层中高层环半球遥

相关型（ＣＧＴ）波列的影响
［７２］。此外，还有中高纬度

环流异常型［７３７５］、高空急流位置［７６７７］、南亚高压的

东西位置、北极涛动、南极涛动、亚洲—太平洋涛动、

索马里和澳大利亚越赤道气流的协同变化等也对华

北夏季降水有影响［７８８２］。

在外强迫信号方面，首先值得关注的是ＥＮＳＯ

循环的影响［５６，８３８４］。但ＥＮＳＯ的类型、强度、爆发

时间、结束时间、衰减过程不同，对后期夏季降水的

影响也不一致［８５９４］。除ＥＮＳＯ以外，还有印度洋不

同模态［９５］、高原积雪［９６９８］、极冰［９９１００］等异常也会对

华北雨季强度有一定影响。

于晓澄等［１０１］利用国家气候中心华北雨季监测

资料分析了华北雨季开始早晚的气候特征，及其与

大气环流系统和关键区域海表温度的关系。结果表

明：华北雨季开始时间偏早（晚），与西太平洋副热带

高压第２次北跳偏早（晚）、东亚副热带西风急流建

立偏早（晚）、东亚夏季风北进提前（滞后）等环流系

统的年际变化关系密切。华北雨季开始早（晚）还与

春夏季热带印度洋海表温度一致模态（ＩＯＢＷ）为负

（正）值、赤道中东太平洋海表温度为负（正）值的相

关关系显著且稳定。一般在Ｎｉ珘ｎｏ３．４指数和ＩＯＢＷ

指数为正值时，贝加尔湖大陆高压偏强，副高偏强、
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偏南，东亚夏季风偏弱，从而导致华北雨季开始偏

晚。赵树云等［１０２］利用国家气候中心华北雨季的监

测数据分析了华北雨季降水异常偏多（少）年对应的

典型大气环流和ＥＮＳＯ演变特征。发现华北雨季

降水异常偏多年通常发生在ＥｌＮｉ珘ｎｏ结束且当年转

为ＬａＮｉ珘ｎａ的年份，这种情况下盛夏５００ｈＰａ高度

场上日本海到渤海的正位势高度距平加强，热带

Ｗａｌｋｅｒ环流加强，均比单纯的ＥｌＮｉ珘ｎｏ衰减年更符

合华北雨季降水偏多年的典型环流特征（图７）。而

华北雨季降水异常偏少年通常发生在赤道中东太平

洋冷水位相结束且当年发展成ＥｌＮｉ珘ｎｏ事件的年

份。因此，在业务预测过程中需要关注ＥＮＳＯ事件

前期的变化速度以及未来可能的演变特征。根据已

有研究成果，主要外强迫信号和关键环流系统对华

北雨季降水强度年际变率影响的物理概念如图８所

示。

图７　１９６１—２０１５年ＥｌＮｉ珘ｎｏ衰减年（ａ）和ＥｌＮｉ珘ｎｏ转为ＬａＮｉ珘ｎａ年（ｂ）合成的７—８月

５°Ｓ～５°Ｎ平均垂直速度距平（填色）和纬向垂直剖面上风场距平（矢量）［１０２］

Ｆｉｇ．７　Ｚｏｎａｌｖｅｒｔｉｃａｌｃｒｏｓｓｓｅｃｔｉｏｎｏｆｃｏｍｐｏｓｉｔｅｓｏｆ５°Ｓ－５°Ｎａｖｅｒａｇｅｄｖｅｒｔｉｃａｌｖｅｌｏｃｉｔｙａｎｏｍａｌｉｅｓ

（ｔｈｅｓｈａｄｅｄ）ａｎｄｔｈｅｓｃｈｅｍａｔｉｃｄｉａｇｒａｍｏｆｗｉｎｄｆｉｅｌｄｓａｎｏｍａｌｉｅｓ（ｔｈｅｖｅｃｔｏｒ）

ｉｎＪｕｌ－ＡｕｇｆｏｒＥｌＮｉ珘ｎｏｄｅｃａｙｉｎｇｙｅａｒｓ（ａ）ａｎｄｙｅａｒｓＥｌＮｉ珘ｎｏｓｗｉｔｃｈｅｄ

ｔｏＬａＮｉ珘ｎａ（ｂ）ｄｕｒｉｎｇ１９６１－２０１５（ｆｒｏｍＲｅｆｅｒｅｎｃｅ［１０２］）
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图８　影响华北雨季降水强度年际变化的关键因子物理概念图

Ｆｉｇ．８　Ｔｈｅｃｏｎｃｅｐｔｍａｐｏｆｋｅｙｆａｃｔｏｒｓｉｍｐａｃｔｉｎｇ

ａｎｎｕａｌｖａｒｉａｂｉｌｉｔｙｏｆｒａｉｎｙｓｅａｓｏｎｉｎＮｏｒｔｈＣｈｉｎａ

４　华西秋雨

一般在８月中下旬，随着华北雨季的结束，东亚

夏季风系统开始南撤，中国东部地区雨季结束，秋高

气爽；然而此时西南季风及其带来的水汽输送仍然

较强，同时中高纬冷空气活动开始活跃，使华西地区

由于冷暖空气交汇出现仅次于夏季的降水次峰值，

称为秋雨。

长期以来，华西秋雨没有统一的业务监测标准。

２０１５年中国气象局预报与网络司印发华西秋雨监

测业务规定④，为华西秋雨的监测预测业务打下基

础。根据华西秋雨的气候区域特征，监测区域分为

南、北两个区，南区主要包括湖北西部、湖南西部、重

庆、四川东部、贵州北部以及陕西南部部分地区；北

区主要包括陕西南部大部、宁夏南部和甘肃南部。

根据该标准，华西秋雨北区的平均开始时间为９月

８日，结束时间为１０月１３日；南区则分别为９月９

日和１０月３１日。每年以南、北两区域中秋雨开始

最早区的秋雨开始日作为华西秋雨开始日，平均为

８月３１日，最早和最晚相差１个月；以秋雨结束最

晚的区域结束日作为华西秋雨的结束日，平均为１１

月１日，最早和最晚相差近２个月，年际变率很大

（表１）。

华西秋雨除年际变化特征外，还存在较为显著

的年代际变化特征。已有研究认为，华西秋雨总体

具有准１２年周期
［１０３］，９月和１０月分别有８年和１７

年以及１３年的周期
［１０４］。白虎志等［１０５］指出，２０世

纪６０年代到７０年代初期、８０年代初期为华西秋雨

的相对多雨期；７０年代中后期、８０年代中后期到２０

世纪末华西秋雨相对较少；２１世纪开始则又出现较

明显的华西秋雨现象。对华西秋雨北区和南区的秋

雨综合强度指数进行滑动狋检验，发现１９９０年前后

南、北区秋雨均发生了一次突变；此外，北区强度指

数在２０００年前后还发生了另一次突变。

华西秋雨与大气环流的配置和外强迫关系密

切。徐桂玉等［１０６］研究发现，９—１０月５００ｈＰａ环流

场上的类似欧亚型遥相关分布的水平结构是华西秋

雨纬向型降水的基本条件；白虎志等［１０５］的研究指

出，西太平洋副高、印缅槽、贝加尔湖低槽是华西秋

雨的主要影响系统，其他研究也有类似结论［１０７１１１］。

海洋状况，尤其是海表温度异常对环流型配置

有重要作用。郑然等［１１２］研究表明：夏季西太平洋

暖池关键区（５°Ｓ～５°Ｎ，１３０°～１６０°Ｅ）热含量偏高，

其相对大气是一个异常热源，有利于中国南海—中

南半岛附近形成异常气旋式环流，其偏东偏南气流

有利于向华西地区输送大量中低纬度洋面上暖湿水

汽，同时高层西风急流异常西伸，华西地区恰好位于

急流入口右侧的辐散区，这种高、低层有利的耦合形

势使得秋雨偏强，反之亦然。刘宣飞等［１１３１１４］以及

刘佳等［１１５］研究均表明：夏季ＩＯＤ正位相年，秋季华

西区域上空的热状况异常分布使大气对流增强，有

利于华西秋雨偏强。陈忠明等［１１６］的研究则表明：２

月青藏高原东部地面热源状况与华西秋雨存在显著

负相关关系，其机理主要是通过强迫５００ｈＰａ大气环

流异常制约华西秋雨的多寡。赵佳玉等［１１７］研究认

为，当９—１０月ＭＪＯ位于第１～２位相时，我国上空

出现两槽一脊、西低东高的环流形势，华西地区冷空

气活动频繁，且孟加拉湾、南海和西太平洋对华西地

区水汽输送较强，有利于华西地区降水偏多；而当

９—１０月ＭＪＯ位于第３～８位相，尤其是第７位相时，

我国上空受较强西风带长波脊控制，上述３个海区对
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华西地区的水汽输送较弱，造成华西秋雨偏弱。此

外，大量研究表明ＥＮＳＯ循环对秋季降水的影响甚至

比对夏季降水的影响更显著：ＥｌＮｉ珘ｎｏ年我国秋季降

水易出现南多北少的异常分布特征，而ＬａＮｉ珘ｎａ年则

易出现北多南少的异常分布特征［１１８１２２］。韩晋平［１２３］

还探讨了北太平洋增暖对我国西北秋雨的影响。文

献［１２４１２６］研究了海温异常对我国华南秋季降水

的影响。基于上述研究成果，影响华西秋雨强弱的

前期外强迫信号及同期关键环流系统概念模型如图

９所示。

图９　影响华西秋雨强弱的关键因子概念模型图

Ｆｉｇ．９　Ｔｈｅｃｏｎｃｅｐｔｍａｐｏｆｋｅｙｆａｃｔｏｒｓｉｍｐａｃｔｉｎｇ

ｔｈｅｉｎｔｅｎｓｉｔｙｏｆＨｕａｘｉａｕｔｕｍｎｒａｉｎｆａｌｌ

５　业务应用

由于预测业务和服务具有超前性，最近几年的

研发工作主要是针对海温外强迫先兆信号展开，本

着边研发边应用的原则，在每年３月底提供气候事

件趋势展望，并于４—８月根据最新的海气演变信息

分别订正华南前汛期、梅雨、华北雨季、华西秋雨等

预测。表３为近４年梅雨和华北雨季的预测与实况

的对比。可见气候事件开始时间的预测准确率为

７５％，其中入梅日的预测准确率为９２％，明显高于

华北雨季开始时间的预测。气候事件强度（雨量）的

预测准确率为８１％，总体优于对开始时间的预测。

雨量强弱更多地和外强迫信号的持续影响关系密

切，可预报性相对较高。而气候事件的开始时间除

了受海温等演变对东亚季风进程的总体影响外，还

受到低频振荡和天气尺度变化的干扰，可预报性相

对较低。

此外，尽管对气候事件的趋势性预测信息与实

况吻合率比较高，但无法表示量级的差异，如２０１５

年梅雨异常偏强而华北雨季的降水量异常偏少，旱

涝并重；而２０１６年梅雨量也是异常偏强，长江流域

出现区域性洪涝灾害。因此，从更好地提供防灾减

灾服务角度出发，需要提供客观化的预测信息，这正

是进一步努力的方向。

表３　２０１５—２０１８年主要气候事件实况与预测对比

犜犪犫犾犲３　犜犺犲狉犲犪犾狋犻犿犲狆狉犲犱犻犮狋犻狅狀犪狀犱狅犫狊犲狉狏犪狋犻狅狀狅犳犿犪犼狅狉犮犾犻犿犪狋犲犲狏犲狀狋狊犳狉狅犿２０１５狋狅２０１８

雨季 对比项
开始时间

２０１５年 ２０１６年 ２０１７年 ２０１８年

雨量

２０１５年 ２０１６年 ２０１７年 ２０１８年

江南梅雨
实况

预测

－１２ｄ

偏早

－１４ｄ

偏早

－４ｄ

偏晚

＋１１ｄ

偏晚

＋８５％

偏多

＋４４％

偏多

＋３５％

偏多

－３２％

偏少

长江梅雨
实况

预测

－１９ｄ

偏早

＋５ｄ

偏晚

＋７ｄ

偏晚

＋８ｄ

偏晚

＋９５％

偏多

＋１０８％

偏多

－４１％

偏多

－３９％

偏少

江淮梅雨
实况

预测

＋３ｄ

偏晚

－１ｄ

偏早

＋９ｄ

偏晚

＋７ｄ

偏晚

＋４７％

偏多

＋５９％

偏多

－５６％

正常

－３５％

偏少

华北雨季
实况

预测

－３ｄ

偏晚

－１ｄ

偏晚

＋１３ｄ

偏早

－９ｄ

偏早

－５２％

偏少

＋１９％

略多

－２８％

略多

２２％

偏多
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６　展　望

已有的研发工作主要将气候事件的异常强度作

为预报对象，从海温外强迫的角度挖掘前兆信号，主

要从季节尺度探讨气候事件的可预报性。初步研究

表明：在全球变暖的背景下，有的气候事件和影响因

子之间的关系发生变化（如华西秋雨），强信号区域

发生转移，需要重新诊断并建立新的预测模型。有

的气候事件（如梅雨）具有显著的多时间尺度特征，

需要从多尺度的角度考虑预测能力。此外，除了海

温异常场外，还需要纳入积雪、极冰等其他的外强迫

信号，建立多因子客观预测模型。

前期以江南入梅日期预测为代表分析了其影响

系统和可能的预测信号，还需要分析各事件在季节

进程中同步和非同步变异的特征和成因。如２０１８

年华南前汛期开始偏早，梅雨开始均偏晚，而华北雨

季开始偏早，在季节进程中并未表现一致性，预测难

度大，需要从次季节尺度诊断分析并建立多尺度滚

动预测模型。

下一步将继续梳理和研究汛期内气候事件在季

节尺度和次季节尺度的预测信号，并评估动力气候

模式是否能够反映这些可预测信号，是否可以利用

多模式集合预报信息提取可预测信号并提高气候事

件的客观预测能力。
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９９３　第４期　　　　　　　　　　　陈丽娟等：汛期我国主要雨季进程成因及预测应用进展　　　　　　　　　　　　　　　



犃犱狏犪狀犮犲狊狅犳犚犲狊犲犪狉犮犺犪狀犱犃狆狆犾犻犮犪狋犻狅狀狅狀犕犪犼狅狉犚犪犻狀狔犛犲犪狊狅狀狊犻狀犆犺犻狀犪

ＣｈｅｎＬｉｊｕａｎ
１）２）
　ＺｈａｏＪｕｎｈｕ

１）
　ＧｕＷｅｉ

１）
　ＬｉａｎｇＰｉｎｇ

３）
　ＺｈｉＲｏｎｇ

１）

ＰｅｎｇＪｉｎｇｂｅｉ
４）
　ＺｈａｏＳｈｕｙｕｎ

１）
　ＧａｏＨｕｉ

１）
　ＬｉＸｉａｎｇ

１）
　ＺｈａｎｇＰｅｉｑｕｎ

１）

１）（犔犪犫狅狉犪狋狅狉狔犳狅狉犆犾犻犿犪狋犲犛狋狌犱犻犲狊，犖犪狋犻狅狀犪犾犆犾犻犿犪狋犲犆犲狀狋犲狉，犆犺犻狀犪犕犲狋犲狅狉狅犾狅犵犻犮犪犾犃犱犿犻狀犻狊狋狉犪狋犻狅狀，犅犲犻犼犻狀犵１０００８１）

２）（犆狅犾犾犪犫狅狉犪狋犻狏犲犐狀狀狅狏犪狋犻狅狀犆犲狀狋犲狉狅狀犉狅狉犲犮犪狊狋犪狀犱犈狏犪犾狌犪狋犻狅狀狅犳犕犲狋犲狅狉狅犾狅犵犻犮犪犾犇犻狊犪狊狋犲狉狊，

犖犪狀犼犻狀犵犝狀犻狏犲狉狊犻狋狔狅犳犐狀犳狅狉犿犪狋犻狅狀犛犮犻犲狀犮犲牔犜犲犮犺狀狅犾狅犵狔，犖犪狀犼犻狀犵２１００４４）

３）（犛犺犪狀犵犺犪犻犚犲犵犻狅狀犪犾犆犾犻犿犪狋犲犆犲狀狋犲狉，犛犺犪狀犵犺犪犻２０００３０）

４）（犐狀狊狋犻狋狌狋犲狅犳犃狋犿狅狊狆犺犲狉犻犮犘犺狔狊犻犮狊，犆犺犻狀犲狊犲犃犮犪犱犲犿狔狅犳犛犮犻犲狀犮犲狊，犅犲犻犼犻狀犵１０００２９）

犃犫狊狋狉犪犮狋

ＴｈｅｐｒｅｒａｉｎｙｓｅａｓｏｎｉｎＳｏｕｔｈＣｈｉｎａ，Ｍｅｉｙｕ，ｒａｉｎｙｓｅａｓｏｎｉｎＮｏｒｔｈＣｈｉｎａａｎｄａｕｔｕｍｎｒａｉｎｆａｌｌｉｎＷｅｓｔ

ＣｈｉｎａａｒｅｉｍｐｏｒｔａｎｔｐｈｅｎｏｍｅｎａｉｎｆｌｕｅｎｃｅｄｂｙｔｈｅｐｒｏｃｅｓｓｏｆｔｈｅＥａｓｔＡｓｉａｎｓｕｍｍｅｒｍｏｎｓｏｏｎ（ＥＡＳＭ）．

Ｔｈｅｓｅｒｅｇｉｏｎａｌｒａｉｎｙｓｅａｓｏｎｓｄｅｔｅｒｍｉｎｅｔｈｅｄｉｓｔｒｉｂｕｔｉｏｎａｎｄｅｖｏｌｕｔｉｏｎｏｆｄｒｏｕｇｈｔａｎｄｆｌｏｏｄｄｕｒｉｎｇｔｈｅｆｌｏｏｄ

ｓｅａｓｏｎｏｖｅｒｍｉｄｅａｓｔｅｒｎＣｈｉｎａ．Ｔｈｅｒｅｆｏｒｅ，ｔｈｅｐｒｅｄｉｃｔｉｏｎｏｆｒｅｇｉｏｎａｌｒａｉｎｙｓｅａｓｏｎｓｐｌａｙｓａｎｉｍｐｏｒｔａｎｔｒｏｌｅ

ｉｎｔｈｅｍｅｔｅｏｒｏｌｏｇｉｃａｌｓｅｒｖｉｃｅｏｆｆｌｏｏｄｓｅａｓｏｎ．

Ｔｈｅｒｅｓｅａｒｃｈｐｒｏｇｒｅｓｓｏｎｃｈａｒａｃｔｅｒｉｓｔｉｃｓａｎｄｉｎｆｌｕｅｎｃｉｎｇｆａｃｔｏｒｓｏｆｍａｊｏｒｒａｉｎｙｓｅａｓｏｎｓｄｕｒｉｎｇｆｌｏｏｄ

ｓｅａｓｏｎｉｎＣｈｉｎａａｒｅｒｅｖｉｅｗｅｄ．Ｉｎｏｒｄｅｒｔｏｍｅｅｔｔｈｅｄｅｍａｎｄｏｆｐｒｅｄｉｃｔｉｏｎｏｐｅｒａｔｉｏｎ，ｔｈｅｉｎｆｌｕｅｎｃｅａｎｄｍｅｃｈ

ａｎｉｓｍｏｆｔｈｅｐｒｅｖｉｏｕｓｓｅａｓｕｒｆａｃｅｔｅｍｐｅｒａｔｕｒｅ（ＳＳＴ）ａｎｄｒｅｌａｔｅｄａｔｍｏｓｐｈｅｒｅｃｉｒｃｕｌａｔｉｏｎｓｙｓｔｅｍｓｏｎｃｌｉｍａｔ

ｉｃｅｖｅｎｔｓａｒｅａｎａｌｙｚｅｄｆｉｒｓｔｌｙ，ａｎｄｔｈｅｓｔａｔｉｓｔｉｃａｌｐｒｅｄｉｃｔｉｏｎｍｏｄｅｌｓｃａｎｂｅｅｓｔａｂｌｉｓｈｅｄｂａｓｅｄｏｎｔｈａｔ．

ＲｅｃｅｎｔｓｔｕｄｉｅｓｓｈｏｗｔｈａｔＳＳＴａｎｏｍａｌｉｅｓ（ＳＳＴＡｓ）ａｒｅｉｍｐｏｒｔａｎｔｆｏｒｅｃａｓｔｓｉｇｎａｌｓｏｆｒａｉｎｙｓｅａｓｏｎｓ．

Ｈｏｗｅｖｅｒ，ｔｈｅｉｎｆｌｕｅｎｃｅａｎｄｓｐａｔｉａｌｔｅｍｐｏｒａｌｐａｔｔｅｒｎｏｆＳＳＴｖａｒｙｗｉｔｈｔｈｅｉｎｔｅｒａｎｎｕａｌａｎｄｉｎｔｅｒｄｅｃａｄａｌｖａｒ

ｉａｔｉｏｎｃｈａｒａｃｔｅｒｉｓｔｉｃｓｏｆｄｉｆｆｅｒｅｎｔｅｖｅｎｔｓ．Ｆｏｒｉｎｓｔａｎｃｅ，ｔｈｅｉｎｔｅｒａｎｎｕａｌｖａｒｉａｔｉｏｎｏｆｐｒｅｃｉｐｉｔａｔｉｏｎｉｎｔｈｅｐｒｅ

ｒａｉｎｙｓｅａｓｏｎｉｎＳｏｕｔｈＣｈｉｎａｃａｎｂｅｂｅｔｔｅｒｅｘｐｌａｉｎｅｄｕｓｉｎｇｔｈｅｅａｓｔｗｅｓｔＳＳＴｃｏｎｔｒａｓｔｉｎｄｅｘｉｎｔｈｅｔｒｏｐｉｃａｌ

Ｐａｃｉｆｉｃ．ＭｕｌｔｉｐｌｅｔｉｍｅｓｃａｌｅｖａｒｉａｔｉｏｎｃｈａｒａｃｔｅｒｉｓｔｉｃｓｏｆＭｅｉｙｕｏｖｅｒｔｈｅＹａｎｇｔｚｅＲｉｖｅｒｃｏｒｒｅｓｐｏｎｄｔｏｄｉｆｆｅｒｅｎｔ

ＳＳＴｆｏｒｃｉｎｇ．ＫｅｙｒｅｇｉｏｎｓｏｆＳＳＴａｓｓｏｃｉａｔｅｄｗｉｔｈｉｎｔｅｒａｎｎｕａｌｖａｒｉａｔｉｏｎｏｆＭｅｉｙｕｏｖｅｒｔｈｅＹａｎｇｔｚｅＲｉｖｅｒａｒｅ

ｉｎｔｒｏｐｉｃｓ．ＦｏｒｔｈｅｉｎｔｅｒｄｅｃａｄａｌｏｒｍｕｔｌｉｄｅｃａｄａｌｔｉｍｅｓｃａｌｅｏｆＭｅｉｙｕｖａｒｉａｔｉｏｎｓ，ｔｈｅＳＳＴｉｎｍｉｄｄｌｅａｎｄｈｉｇｈ

ｌａｔｉｔｕｄｅｓｍａｙｐｌａｙａｎｉｍｐｏｒｔａｎｔｒｏｌｅ．ＴｈｅｉｎｔｅｎｓｉｔｙｏｆｒａｉｎｙｓｅａｓｏｎｐｒｅｃｉｐｉｔａｔｉｏｎｉｎＮｏｒｔｈＣｈｉｎａｉｓｎｏｔｏｎｌｙ

ｃｏｉｎｃｉｄｅｎｔｗｉｔｈｔｈｅＥＮＳＯｐｈａｓｅｓｗｉｔｃｈｉｎｇ，ｂｕｔａｌｓｏｉｎｆｌｕｅｎｃｅｄｂｙｔｈｅｄｅｖｅｌｏｐｉｎｇｓｐｅｅｄｏｆＥＮＳＯｅｖｅｎｔ．

ＴｈｅｋｅｙＳＳＴｒｅｇｉｏｎｔｈａｔｉｎｆｌｕｅｎｃｅｓａｕｔｕｍｎｒａｉｎｉｎＷｅｓｔＣｈｉｎａｈａｓｃｈａｎｇｅｄｗｉｔｈｔｈｅｉｎｔｅｒｄｅｃａｄａｌｃｈａｎｇｉｎｇ

ｂａｃｋｇｒｏｕｎｄ，ｗｈｉｃｈｒｅｑｕｉｒｅｓｕｐｄａｔｉｎｇｉｍｐａｃｔｆａｃｔｏｒｓａｎｄｍｏｄｅｌｓ．

Ｔｈｅｓｅｒｅｓｕｌｔｓｐｒｏｖｉｄｅｓｔｒｏｎｇｓｕｐｐｏｒｔｆｏｒｔｈｅｒｅａｌｔｉｍｅｐｒｅｄｉｃｔｉｏｎｏｆｃｌｉｍａｔｅｅｖｅｎｔｓｉｎｒｅｃｅｎｔｙｅａｒｓ．

Ｄｕｒｉｎｇ２０１５－２０１８，ｔｈｅｐｒｅｄｉｃｔｉｏｎａｃｃｕｒａｃｙｏｆｔｈｅｏｎｓｅｔｄａｔｅａｎｄｉｎｔｅｎｓｉｔｙ（ｒａｉｎｆａｌｌ）ｏｆＭｅｉｙｕａｎｄｒａｉｎｙ

ｓｅａｓｏｎｉｎＮｏｒｔｈＣｈｉｎａｉｓ７５％ａｎｄ８１％，ｒｅｓｐｅｃｔｉｖｅｌｙ．

犓犲狔狑狅狉犱狊：ｒｅｇｉｏｎａｌｒａｉｎｙｓｅａｓｏｎｓ；ｐｒｅｒａｉｎｙｓｅａｓｏｎｉｎＳｏｕｔｈＣｈｉｎａ；Ｍｅｉｙｕ；ｒａｉｎｙｓｅａｓｏｎｉｎＮｏｒｔｈＣｈｉｎａ；

ａｕｔｕｍｎｒａｉｎｆａｌｌｉｎＷｅｓｔＣｈｉｎａ

００４　　 　　　　　 　　　　　　　 　　　　　　应　用　气　象　学　报　　　　　　　 　　　 　　　　　　第３０卷　
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"#$% 年!第 &" 卷!第 $ 期(.)!-*

!极端天气气候事件研究"专刊 *$$;(@@,A:##=9-+B42%+).194%7

引用格式(高丽#任宏利#郑嘉雯#等#"#$%9基于 R6"?!S"UM回算资料的我国极端温度变化特征研究)C*9大气科学学报#&"+$, (.)!-*9

S)4 T#P&+ GT#E*&+7 CF#&$).9#"#$%9H/)7+41/13&)$2%&143&#$%&'&$&';&%)$2%&0)%/)$/4+1/+ 6*/+)=)1&, 4+ $*&R6"?!S"UM%&34%&!

-)1$1)C*9>%)+1L$'41M-/#&"+$, (.)!-*9,4/($#($')*)@B9-+:/9,A:##=9"#$)#%$$##$9+/+ 6*/+&1&,9

基于 T?@:JV@WQ回算资料的我国极端温度变化特征研究

高丽!#任宏利"!#郑嘉雯!"&#陈权亮&

! 国家气象中心 中国气象局数值预报中心#北京 $###)$-

" 国家气候中心 中国气象局气候研究开放实验室#北京 $###)$-

& 成都信息工程大学 大气科学学院@高原大气与环境四川省重点实验室#四川 成都 -$#"".

!联系人#"!')/.(%&+*.,-')97409-+

"#$)!#%!$$ 收稿#"#$)!$$!"# 接受

国家自然科学基金资助项目+&$)*.$'), -国家科技支撑计划项目+"#$.VL6#'V#$, -气象预报业务关键技术发展专项+DVSCQI"#$)!#&,

摘要!利用美国 R6"?全球集合预报系统+S"UM,历史回算资料和中国均一化格点观
测数据#分析了我国近 '# )来极端温度变化特征#重点考察了该模式预报系统对这一
变化特征的刻画性能$ 通过估算格点观测和模式资料中 " '温度的历史气候百分位#
分析了我国冬夏两季极端温度的气候特征以及极端温度日数的气候分布和多年变化趋

势$ 结果表明#我国冬季极端低温和夏季极端高温的空间分布表现出较强区域性特征(
东北%华北和青藏高原区域冬季极端低温的百分位阈值对应的温度较低#而华南%西北
和长江流域夏季极端高温的阈值温度则较高-近 '# )来我国夏季平均温度和极端高温
日数几乎都呈现上升趋势#冬季平均温度则在我国大部分区域呈上升趋势%西北和东北
部分地区呈下降趋势#相应地冬季极端低温日数在大部分区域呈下降趋势%仅在西北%
东北和华南部分地区略有上升$ R6"?!S"UM回算资料能较好地再现我国冬夏两季平
均气温%冬季极端低温和夏季极端高温日数的气候趋势和年际变化#但在各区域都有不
同程度的冷偏差#冬季偏差明显大于夏季#并随着预报时长的增加#冬季冷偏差逐渐增
强#而夏季冷偏差则逐渐减弱$ 因此#本文建议采用基于百分位阈值的相对极端性定
义#可自动修正模式分析场和预报场中的系统性偏差$

关键词

R6"?!S"UM-
集合预报-
极端温度-
回报-
变化特征

!!一般来讲#当某地的天气状态严重偏离其气候
平均态时#就可以认为是不易发生的事件$ 在统计
意义上#不容易发生的事件被称为极端事件$ 其定
义方法很多+V&+/1$4+ &$).9#"##*-罗亚丽#"#$",#利
用绝对阈值对极端天气气候事件进行识别时#某一
地区的极端事件在另一地区可能是正常的#气候平
均的微小变化可能会对极端事件的时间和空间分布

以及强度的概率分布产生巨大的影响$ "$ 世纪初#
政府间气候变化专门委员会 + <+$&%740&%+'&+$).
?)+&.4+ 6./')$&6*)+7&#<?66,第三次与第四次评
估报告+G427*$4+ &$).9#"##$-M4.4'4+ &$).9#"##*,
对极端天气给出明确定义(极端天气是指发生概率
小于观测记录概率密度函数第 $# 个百分位数或超

过第 %# 个百分位数的天气事件$
由于极端天气发生概率小%强度大%影响范围

广#往往会造成严重的自然灾害和人类生命财产损
失$ "# 世纪中后期以来#在气候变化背景下#高温
热浪%低温冷害等极端温度事件频繁发生#严重影响
着人民健康和社会发展$ 近年来#国内外学者从不
同角度对极端温度进行了研究#取得了很多重要研
究成果$ 对于我国的极端温度事件的研究#任福民
和翟盘茂+$%%),研究表明中国极端温度的变化趋
势存在较大的季节性差异#极端最低气温在冬%秋和
春季增温趋势较强#极端最高气温只有在秋季呈现
显著下降趋势$ 翟盘茂和潘晓华 + "##',研究了中
国北方近 .# )极端温度时间变化#表明中国北方夜



高丽#等(基于 R6"?!S"UM回算资料的我国极端温度变化特征研究 专 刊

间温度极端偏低的日数显著减少%白天温度偏高的
日数增多$ 唐红玉和翟盘茂 + "##',指出# $%.$/
"##" 年中国年平均最高温度北方增暖明显#江南地
区呈下降趋势$ 刘学华等+ "##-,研究了中国近 &#
)极端温度分布特征和年代际差异#表明 &# )气温
极端冷指数整体呈下降趋势#极端暖指数呈上升趋
势$ 龚志强等 + "##%,讨论了不同温度段对中国近
.) )增暖的可能影响#表明中国各区域+除东南区
外,温度增暖起主要作用的温度段为极端@相对高
温段年发生天数的增加和极端@相对低温段年发生
天数的减少#而常温段的作用相对较小#正是这种两
头变化较大%中间变化较小的跷跷板现象导致了中
国各区域增温$ 杨萍等 + "#$#,结合季节极端温度
指数分析我国近 &# )极端温度时间变化趋势#表明
冬季极端冷指数变化趋势明显%夏季极端暖指数次
之%春秋季极端指数变化趋势不明显$ 任晨辰等
+"#$*,分析了不同气候背景下我国冬夏两季极端
气温特征$ 然而#极端天气研究仍是一个薄弱环节#
如何描述和监测极端天气或表征极值的各种统计特

征及其变化规律乃至预报问题#成为一个重要课题
+")1$&%../+7 &$).9#"###-I&&*.&$).9#"###,$

由于极端温度是小概率事件#其发展存在很大
的不确定性#用单一的数值天气模式对其进行预报
是不严谨的#因此引入了集合进行预报的概念$ 集
合预报作为数值预报发展的一个重要方向#它考虑
了初值及模式的不确定性#其结果反映了未来天气
的多种可能状况#能为用户提供确定性预报所不能
提供的信息 +如预报结果的可信度等, +?).'&%&$
).9#"###-P/-*)%,14+# "###-杜钧# "##"-皇甫雪官#
"##"-彭勇等#"#$",$ 另外#集合预报提供的概率
预报结果可以给出极端天气和气候事件在未来出现

的可能性#所以集合预报对于小概率的天气事件具
有更好的预报效果+0)+ ,&+ H44.)+, >4$*#$%%$-张
涵斌等#"#$*,$

目前#由于极端温度发生样本少%且存在不连续
和准确性偏低的特点#在全球大部分地区进行极端
温度分析时遇到的棘手问题就是缺乏高质量且时间

分辨率适合的长期气候资料$ 一方面#近年来基于
高密度台站器测均一化处理的中国格点观测数据陆

续投入了业务使用$ 另一方面#大量的模式模拟%特
别是经过初始化的模拟+也称为回算或回报,数据
在极端温度研究中尚未得到利用$ 为此#本文拟尝
试利用国际知名的模式集合预报系统的历史回算数

据对我国极端温度变化特征进行诊断分析#并与基

于均一化格点观测资料的结果做比较#重点考察最
近 '# )观测到的我国极端温度变化主要特征%以及
利用模式初始分析场和不同时效预报场对这一观测

特征的刻画能力$ 本文旨在提取模式资料中的有用
信息作为观测的有益补充并发现模式系统存在的不

足之处#为极端温度的变化特征分析乃至预报提供
参考$

#A资料及方法

#B#A模式和观测资料
本文所用模式预报资料来自于美国国家环境预

报 中 心 + R)$/4+). 6&+$&%1 34% "+0/%4+'&+$).
?%&,/-$/4+#R6"?,的全球集合预报系统+S.4=)."+!
1&'=.&U4%&-)1$M81$&'#S"UM,的历史回报 " '气
温资料#该套资料的格点空间的水平分辨率为 $\4$\#
垂直分辨率为 &" 层#$$ 个集合成员#预报时效为
$/$- ,$ 采用的初始条件为气候预报系统再分析
+6./')$&U4%&-)1$M81$&'P&)+).81/1#6UMP,数据#初
始扰动方法为重新尺度化集合转换法#模式扰动为
随机全倾向扰动法#该资料的时间范围为 $%). 年
$" 月/"#$- 年 $" 月共 '$ )$ 观测 " '气温资料来
自于国家气象信息中心提供的中国国家级地面气象

站均一化气温日值 #(.\4#(.\格点数据集+W$(#,#
时间段取为与模式系统回报资料同一时段+$%). 年
$" 月/"#$- 年 $" 月,#该数据利用薄盘样条法结合
三维地理空间信息进行空间插值#其数据来源包括
两部分(由国家气象信息中心研制的中国国家级地
面气象站均一化气温日值数据集-由 S>K?K'# 数
据+分辨率为 #(#.\4#(#.\,经过重采样生产的中国
陆地 #(.\4#(.\的数字高程模型 H"I$ 本文将分
别考察冬季 +取为 R40!H&-!C)+!U&=#RHCU,和夏季
+I)8!C2+!C2.8!L27#ICCL,的极端温度特征$

!A中国极端温度气候分布及分区

!B#A冬夏两季极端温度和日数的气候分布
图 $)和 $= 分别给出了冬季平均气候态第 $#

和第 . 个百分位分布#图 $-和 $, 分别为夏季平均
气候态第 %# 和第 %. 个百分位分布$ 可以看出#冬
夏两季平均温度在对应的两个百分位上的分布差异

较小#为此在本文中统一选取气候态第 . 个百分位
和第 %. 个百分位作为定义阈值分别对我国冬季极
端低温和夏季极端高温进行诊断分析$ 从图 $ 也可
看到#我国冬季极端低温和夏季极端高温的阈值分
布区域性较强#因此#对于冬季极端低温和夏季极端

%.



!!"#$% 年 $ 月!第 &" 卷!第 $ 期

图 $!观测的我国冬季+RHCU,平均第 . 个+),和第 $# 个+=,百分位 " '气温以及夏季+ICCL,平均第 %. 个+-,和第 %# 个

+,,百分位 " '气温的空间分布+单位([-其中红色方框代表 - 个区域,

U/79$!I);1434=1&%0&, (/+$&%+RHCU,'&)+ " ' $&';&%)$2%&+ 2+/$([,)$$*&+), .$* ;&%-&+$/.&)+,+ =, $#$* ;&%-&+$/.&-)+,

');1434=1&%0&, 12''&%+ICCL,'&)+ " '$&';&%)$2%&+2+/$([,)$$*&+-,%.$* ;&%-&+$/.&)+,+,,%#$* ;&%-&+$/.&#(*&%&

$*&1/# %&7/4+1)%&/+-.2,&, /+ %&, =4#&1

高温需要分区域进行研究$ 这里根据极端温度统计
量的气候分布情况#将中国大体划分为 - 个区域#即
东北%华北%西北%青藏高原%长江流域和华南$ 冬季
极端低温阈值对应的温度值在东北%华北和青藏高
原区域较低#夏季极端高温阈值对应的温度值在华
南%西北和长江流域较高$ 由于冬季极端低温较低
与夏季极端高温较高的区域更容易发生灾害性强的

极端事件#本文将着重分析这两类区域$
图 ")和 "= 分别为多年平均我国冬季极端低温

和夏季极端高温发生日数分布$ 整体而言#由于采
用了固定阈值方法来相对定义各地极端日数#全国
呈现出了较为均匀的分布特征$ 但可以看出#我国
多年平均冬季极端低温和夏季极端高温发生日数分

布受地形影响很大#且在地形较高的格点附近发生
的极端低温频次高于极端高温的发生频次#可能是
由于计算气候百分位时采用了空间窗以增加样本#
从而使山脉附近估算的气候百分位数值整体偏高#
从而使统计的极端温度受地形影响较大#且地形较
高的格点极端低温发生频次高于极端高温发生频

次#但是其具体发生原因有待深入思考$ 并且#结合

图 $ 可以看出#冬季极端低温阈值对应的温度较低
区域+东北%青藏高原和华北区域,的极端低温发生
日数相对较多#夏季极端高温阈值对应的温度较高
的区域+西北%长江流域和华南区域,的极端高温发
生日数也较多$
!B!A冬夏两季平均温度和极端温度日数线性趋势

分布

!!图 ')和 '= 给出了冬季和夏季平均温度的线性
趋势分布#图 '-和 ', 为冬季极端低温和夏季极端
高温发生日数+采用的阈值分别为气候态第 . 和第
%. 个百分位数,的线性趋势分布$ 从冬季平均温度
图可以看出#我国大部分区域冬季平均温度都呈上
升的变化趋势#但在西北和东北的部分地区#冬季平
均温度则呈现出下降趋势$ 对应地#从冬季极端低
温发生日数分布图来看#在冬季平均温度呈下降变
化趋势的西北和东北部分区域#冬季极端低温日数
的变化呈上升趋势#相比之下#其余区域冬季极端低
温发生日数均呈下降的变化趋势$ 从夏季平均温度
来看#我国范围内所有区域的夏季平均温度都呈明
显上升的变化趋势#就夏季极端高温日数线性趋势

#-
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图 "!观测的多年平均冬季极端低温+),和夏季极端高温+=,日数分布+单位(,,

U/79"!I);143$*&-./')$/-!'&)+ ,)81434=1&%0&, +),(/+$&%&#$%&'&.4($&';&%)$2%&)+, +=,12''&%&#$%&'&*/7* $&';&%)$2%&

图 '!观测的冬季+),和夏季+=,平均气温的线性趋势+单位([@),分布以及冬季极端低温+-,和夏季极端高温+ ,,日数的

线性趋势+单位(,@),分布

U/79'!I);143./+&)%$%&+,1+2+/$([@),434=1&%0&, +),(/+$&%!'&)+ $&';&%)$2%&)+, +=,12''&%!'&)+ $&';&%)$2%&-)+, ');1

43./+&)%$%&+,1+2+/$(,@),43+-,(/+$&%&#$%&'&.4($&';&%)$2%&)+, +,,12''&%&#$%&'&*/7* $&';&%)$2%&

图而言#除了夏季平均温度上升趋势较不明显的小
部分区域对应的夏季极端高温日数呈现较弱的下降

趋势外#我国大部分地区的夏季极端高温日数分布
都呈现明显上升的变化趋势$

EA基于 T?@:JV@WQ资料的中国各
区域温度变化特征

EB#A冬夏两季平均温度和极端温度日数变化情况
图 & 展示了冬季极端低温阈值较低区域 +东

北%华北和青藏高原区域,的季节平均温度和极端
低温日数+采用的阈值为气候态第 . 个百分位数,
的多年变化$ 在理想状态下#最浅蓝色曲线应该与
红色线接近或重合#即预报初始化的冬季平均温度
和极端低温日数与观测保持一致#且各蓝色曲线也
较为接近#即不同时效下的预报结果也呈现出一致
性$ 但从图 &)%-%&中可看出#不同预报时效下
R6"?!S"UM回报的东北%华北和高原区域冬季平
均 " '温度的变化曲线都与观测的相去甚远$ 红色

$-
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图 &!东北+)%=,%华北+-%,,及青藏高原+&%3,冬季平均温度+)%-%&,和极端低温日数+=%,%3,的多年变化+红线代表观测#

蓝线由浅入深分别代表 R6"?!S"UM初始分析场以及提前 $/$- , 的预报场,

U/79&!W)%/)$/4+143+)#-#&,(/+$&%!'&)+ $&';&%)$2%&)+, + =#,#3,&#$%&'&.4($&';&%)$2%&,)81/+ +)#=, +4%$*&)1$&%+ 6*/+)#

+-#,,+4%$*&%+ 6*/+))+, +&#3,$*&X/+7*)/!>/=&$?.)$&)2#(*&%&$*&%&, ./+&1,&+4$&4=1&%0)$/4+#)+, $*&=.2&./+&1)%&

34%/+/$/).)+).81/1)+, 34%&-)1$1)$.&),143$/$- ,)813%4' ,)%: $4 ./7*$=.2&1

线均位于蓝色线上方#且蓝色线越深和红色线相差
越多#即回报的冬季平均温度与观测相比有不同程
度的冷偏差#并且随着预报时长的增加#对各区域冬
季平均温度预报的冷偏差越强$ 就冬季平均温度趋
势而言#东北无明显趋势#华北为弱上升趋势#而高
原呈明显上升趋势#这些趋势在模式系统回报资料
和观测资料中表现出了高度一致性$

对于极端低温日数#从图 &=%,%3中可以看出#
各区域整体上的趋势与冬季平均温度相反#即东北
无明显的日数变化趋势#华北日数呈弱的减少#而高
原则是明显下降趋势$ 通过对比 R6"?!S"UM回报
与观测资料的极端日数曲线#发现该模式系统的初
始化结果几乎没有明显偏差#这体现出极端温度相
对定义的优势#即隐含着对该模式同化系统中的冷
偏差进行自动修正$ 但是#预报时长对于极端性的
预报存在显著影响#随着预报时间的延长#极端低温
发生天数明显减少#换句话说#提前做预报的时间越
早#该模式对冬季极端低温的预报性能就越差$ 由

此可见#极端温度的预报本身是很困难的#而提前
$# , 以上做预报将是难上加难#当然#这是目前模
式能力的现状#可能与集合成员个数偏少也有关系$

图 . 展示了夏季极端高温 %.N阈值较高区域
+长江流域%华南和西北,的季节平均温度和极端高
温日数+采用的阈值为气候态第 %. 个百分位数,的
多年变化$ 从图 .)%-%&中可看出与图 & 中类似的
特征#即蓝色曲线簇和红色曲线并不重合#红色线仍
位于蓝色线上方#存在系统性的冷偏差#但比图 & 中
的差异性明显小一些#各区域夏季平均温度均呈现
出显著的上升趋势$ 这些结果表明#该模式同化系
统所输出的初始场虽然存在明显冷偏差#但仍能刻
画出多年气候变化的大趋势和年际变化特征$ 进一
步分析发现#各区域夏季温度随着预报时长的增加#
其预报冷偏差竟然有所减弱#这是与冬季情形完全
相反的#如长江流域和西北的蓝色越深的曲线与红
线相差越小$

另一方面#从图 .=%,%3中可以看出#夏季极端

"-
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图 .!长江流域+)%=,%华南+-%,,%西北+&%3,夏季平均温度+)%-%&,和夏季极端高温日数+=%,%3,的多年变化+红线代表观

测#蓝线由浅入深分别代表 R6"?!S"UM初始分析场以及提前 $/$- , 的预报场,

U/79.!W)%/)$/4+143+)#-#&,12''&%!'&)+ $&';&%)$2%&)+, +=#,#3,&#$%&'&*/7* $&';&%)$2%&,)81/+ $*&+)#=,D)+7$5&P/0&%

V)1/+#+-#,,142$*&%+ 6*/+))+, +&#3,+4%$*(&1$&%+ 6*/+)#(*&%&$*&%&, ./+&1,&+4$&4=1&%0)$/4+#)+, $*&=.2&./+&1)%&

34%/+/$/).)+).81/1)+, 34%&-)1$1)$.&),143$/$- ,)813%4' ,)%: $4 ./7*$=.2&1

高温日数的整体趋势与平均温度的趋势较为一致#
即最近 '# 余年二者均处于明显上升的趋势#并且可
看出系统回报数据对长江流域%华南和西北区域的
极端高温日数预报能较好地抓住其年际变化特征#
但后两个区域在近些年的预报日数显著偏多#其原
因尚不清楚$ 此外#与图 & 类似#该模式系统的初始
场中采用相对定义的夏季极端高温日数依然没有明

显偏差#但随着预报天数的增加#预报的极端高温发
生日数在不同区域均明显减少$ 这表明#随着模式
积分时间的延长#可能倾向于增加或减小温度变化
的振幅#如仍用绝对极端温度阈值来定义预报中的
极端高温就不适用了#因此相对的极端定义在基于
该模式集合信息的极端温度预报方面更为合适$
EB!A冬夏两季温度的概率密度函数+:XW,分布

从图 - 中六个区域的温度 ?HU分布曲线可以
清楚地看到#R6"?!S"UM回报资料所展现出的我
国不同区域冬季温度的 ?HU整体和峰值均位于观
测 ?HU的左侧#这意味着该模式系统的初始分析和

预报均表现出冷偏差#其偏冷的幅度依区域而有所
不同#普遍在 . [以上#长江流域的冷偏差最小$ 而
且#模式回报得到的 ?HU形态上也有别于观测#其
所跨越的值域范围要比观测的宽得多#特别是在青
藏高原和华南区域该模式系统还场呈现出双峰?HU
分布特征#这种形态上的偏差背后的原因还有待深
入分析$ 同时也发现#随着模式系统预报时长的增
加#?HU的冷偏差倾向于逐渐加大$ 总体而言#
R6"?!S"UM回报对于长江流域和西北地区的 ?HU
分布相对来讲与观测的最为接近#这些结果也表明#
该模式系统同化出来初始温度分析场在东亚冬季真

实还存在非常大的冷偏差#直接导致即便是半个月
以内的集合预报也产生很大的误差$ 从图中还可清
楚地看到#用于定义极端低温的 ?HU尾端在观测与
预报之间差别明显#这说明用固定温度阈值的方式
来定义极端低温或者高温#难以使模式预报达到观
测极端性的标准#而图 &%. 结果充分显示出相对定
义则可以剔除系统性的冷偏差$

'-
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图 -!冬季温度的 ?HU分布+红线代表观测#蓝线由浅入深分别代表R6"?!S"UM初始分析场以及提前 $/$- , 的预报场,(

+),东北-+=,华北-+-,青藏高原-+,,长江流域-+&,华南-+3,西北

U/79-! ?%4=)=/./1$/-,&+1/$8 32+-$/4+1+?HU1, 43(/+$&%$&';&%)$2%&/+ +), +4%$*&)1$&%+ 6*/+)# + =, +4%$*&%+ 6*/+)# +-, $*&

X/+7*)/!>/=&$?.)$&)2#+ ,, D)+7$5&P/0&%V)1/+# +&, 142$*&%+ 6*/+))+, +3, +4%$*(&1$&%+ 6*/+)#(*&%&$*&%&, ./+&1

,&+4$&4=1&%0)$/4+#)+, $*&=.2&./+&1)%&34%/+/$/).)+).81/1)+, 34%&-)1$1)$.&),143$/$- ,)813%4',)%: $4 ./7*$=.2&1

进一步从图 * 中看到#R6"?!S"UM对我国六个

区域夏季温度 ?HU分布特征的刻画性能明显优于

冬季#系统性的冷偏差显著减小#但区域依赖性比冬

季复杂的多#东北和华北的模式结果与观测最为接

近%呈现弱的暖偏差#其余四个区域则仍表现为冷偏

差#偏冷的幅度在各区域有所不同$ 而且#模式回报

得到的 ?HU在形态上较冬季更接近于观测#仅在高

原和华南区域该模式展现出多峰 ?HU分布特征#而

西北区域观测的不规则特征也未能刻画出来#这种

形态偏差的成因仍不清楚#值得深入加以考察$ 分

析也发现#随着该模式系统预报时效的延长#相比于

观测的冷偏差倾向于逐渐加大$ 总体来看#R6"?!

S"UM对于我国南方和西北的极端高温多发区#因

其自身冷偏差的影响#以某个固定温度阈值定义极

端性的做法会导致模式难以报出大多数极端高温#

因此需要采用气候百分位的相对定义来修正冷偏

差$ 此外#上述结果再次表明#该模式系统所同化初

始分析场与我国气温观测的 ?HU以及气候百分位

特征差异明显#其在我国区域的资料同化效果并不

理想#因此在使用基于 R6"?!S"UM的分析场和再

分析场资料来研究我国极端温度的识别乃至预报问

题时要极为慎重$

FA结论

本文尝试利用国际知名 R6"?!S"?M的历史回
报数据和中国近年业务推广应用的均一化格点观测

资料#考察了我国近 '# )来冬夏两季平均温度和极
端温度变化特征#重点关注了利用模式初始分析场
和不同时效预报场对这一观测特征的刻画能力$ 为
此#本文估算了观测和模式的温度气候百分位#分析
了我国冬夏两季极端温度的气候特征以及极端温度

日数的气候分布和多年变化趋势$ 结果显示#我国
极端温度的分布具有明显的局地性#东北%华北和青
藏高原区域冬季极端低温的百分位阈值所对应的温

度较低#而华南%西北和长江流域夏季极端高温的百
分位阈值所对应的温度较高$ 在不同区域温度自身
百分位特征的差异明显#因此对面向极端温度预报
的识别应采用具有局地性相对意义的气候百分位

方法$
研究表明#近 '# )来我国夏季平均温度和极端

高温日数几乎都呈现上升趋势#冬季平均温度则在
我国大部分区域呈上升趋势%西北和东北部分地区
呈下降趋势#相应地冬季极端低温日数在大部分区
域呈下降趋势%仅在西北%东北和华南部分地区略有
上升$ 总体来看#R6"?!S"UM多年历史集合回算

&-



高丽#等(基于 R6"?!S"UM回算资料的我国极端温度变化特征研究 专 刊

图 *!夏季温度的 ?HU分布+红线代表观测#蓝线由浅入深分别代表R6"?!S"UM初始分析场以及提前 $/$- , 的预报场,(

+),东北-+=,华北-+-,青藏高原-+,,长江流域-+&,华南-+3,西北

U/79*!?%4=)=/./1$/-,&+1/$8 32+-$/4+1+?HU1,4312''&%$&';&%)$2%&/+ +),+4%$*&)1$&%+ 6*/+)#+=,+4%$*&%+ 6*/+)#+-,$*&X/+7!

*)/!>/=&$?.)$&)2#+,,D)+7$5&P/0&%V)1/+#+&,142$*&%+ 6*/+))+, +3,+4%$*(&1$&%+ 6*/+)#(*&%&$*&%&, ./+&1,&+4$&4=!

1&%0)$/4+#)+, $*&=.2&./+&1)%&34%/+/$/).)+).81/1)+, 34%&-)1$1)$.&),143$/$- ,)813%4' ,)%: $4 ./7*$=.2&1

资料能较好地再现我国冬夏两季平均气温%冬季极
端低温和夏季极端高温日数的气候趋势和年际变

化#表明模式的初始化已经涵盖了气候趋势和年际
变化等慢变分量$ 然而#模式初始分析场和预报场
在各区域都有不同程度的冷偏差#冬季偏差明显大
于夏季#并随着预报时长的增加#冬季冷偏差逐渐增
强#而夏季冷偏差则逐渐减弱#表明在该区域的同化
效果并不理想#因此在使用基于 R6"?!S"UM的极
端温度预报时要极为慎重$

此外#本文研究发现#该模式系统预报的超前量
对于我国极端温度特征+包括概率密度函数分布,

的刻画与观测相比仍具有明显影响#可见模式中的
极端温度识别问题存在特殊性#不应是观测中极端
性分析方法的简单套用$ 而且#随着模式积分时间
的延长#模式倾向于改变温度变化的振幅#使得达到
极端定义的百分位温度值振幅增加或缩小#此时用
绝对极端温度定义的预报并不适用#相对的极端定
义在基于该模式集合信息的预报方面具有优势$ 因
此#本文建议采用基于百分位阈值的相对极端性定
义#可以实现自动修正模式分析场和预报场中的系
统性偏差$ 本文结论和讨论仍然较为粗浅#在今后
工作中将深入加以研究$

参考文献+H(8(0(&5(),
V&+/1$4+ I#M$&;*&+14+ HV#6*%/1$&+1&+ KV#&$).9#"##*9U2$2%&&#$%&'&&0&+$1/+ "2%4;&)+ -./')$&()+ &#;.4%)$/4+ 43%&7/4+).-./')$&'4,&.;%4B&-!

$/4+1)C*96./')$/-6*)+7&#)$+M$, (*$!%.9

杜钧#"##"9集合预报的现状和前景)C*9应用气象学报#$'+$, ($-!")9!H2 C#"##"9?%&1&+$1/$2)$/4+ )+, ;%41;&-$143&+1&'=.&+2'&%/-).;%&,/-$/4+

)C*9CL;;.I&$&4%M-/#$'+$, ($-!")9+/+ 6*/+&1&,9

")1$&%./+7 HP#"0)+1CT#S%4/1')+ ?D#&$).9#"###9K=1&%0&, 0)%/)=/./$8 )+, $%&+,1/+ &#$%&'&-./')$&&0&+$1()=%/&3%&0/&()C*9V2..L'&%I&$&4%

M4-#)$+', (&$*!&".9

龚志强#王晓娟#支蓉#等#"##%9中国近 .) 年温度极端事件的区域特征及其与气候突变的联系)C*9物理学报#.)+ -, (&'&"!&'.'9!S4+7 EX#

F)+7 QC#E*/P#&$).9#"##%9P&7/4+).-*)%)-$&%/1$/-143$&';&%)$2%&-*)+7&1/+ 6*/+),2%/+7 $*&;)1$.) 8&)%1)+, /$1;%4=)=.&-4%%&.)$/4+ (/$*

)=%2;$$&';&%)$2%&-*)+7&)C*9L-$)?*81/-)M/+/-)#.)+-, (&'&"!&'.'9+/+ 6*/+&1&,9

G427*$4+C>#H/+7 D#S%/771HC#&$).9#"##$96./')$&-*)+7&"##$($*&1-/&+-&43-./')$&-*)+7&)P* @@64+$%/=2$/4+ 43(4%:/+7 7%42; $ $4 $*&$*/%,

)11&11'&+$%&;4%$43$*&/+$&%740&%+'&+$).;)+&.4+ -./')$&-*)+7&96)'=%/,7&#O+/$&, J/+7,4')+, R&(D4%:(6)'=%/,7&O+/0&%1/$8 ?%&119

皇甫雪官#"##"9国家气象中心集合数值预报检验评价)C*9应用气象学报#$'+ $, ("%!'-9!G2)+7;2 QS#"##"9>*&0&%/3/-)$/4+ 34%&+1&'=.&;%&!

.-



!!"#$% 年 $ 月!第 &" 卷!第 $ 期

,/-$/4+ 181$&'43+)$/4+).'&$&4%4.47/-).-&+$&%)C*9CL;;.I&$&4%M-/#$'+$, ("%!'-9+/+ 6*/+&1&,9

刘学华#季致建#吴洪宝#等#"##-9中国近 &# 年极端气温和降水的分布特征及年代际差异)C*9热带气象学报#""+-, (-$)!-"&9!T/2 QG#C/EC#

F2 GV#&$).9#"##-9H/1$%/=2$/+7 -*)%)-$&%/1$/-1)+, /+$&%,&-),).,/33&%&+-&43,)/.8 $&';&%)$2%&)+, ;%&-/;/$)$/4+ &#$%&'&1/+ 6*/+)34%.)$&1$&#

8&)%1)C*9C>%4; I&$&4%#""+-, (-$)!-"&9+/+ 6*/+&1&,9

罗亚丽#"#$"9极端天气和气候事件的变化)C*9气候变化研究进展#)+", (%#!%)9!T24 DT#"#$"96*)+7&1/+ (&)$*&%)+, -./')$&&#$%&'&1)C*9L,!

0)+-&1/+ 6./')$&6*)+7&P&1&)%-*#)+", (%#!%)9+/+ 6*/+&1&,9

I&&*.SL#J)%.>#")1$&%./+7 HP#&$).9#"###9L+ /+$%4,2-$/4+ $4 $%&+,1/+ &#$%&'&(&)$*&%)+, -./')$&&0&+$1(4=1&%0)$/4+1#14-/4&-4+4'/-/';)-$1#

$&%%&1$%/).&-4.47/-)./';)-$1#)+, '4,&.;%4B&-$/4+1)C*9V2..L'&%I&$&4%M4-#)$+', (&$'!&$-9

?).'&%>R#V%)+:40/-768#P/-*)%,14+ HM#"#$#9L;%4=)=/./$8 )+, ,&-/1/4+!'4,&.)+).81/143?PKWKM>1&)14+).'2.$/!'4,&.&+1&'=.&/+$&7%)$/4+1

)C*9X2)%$CP48 I&$&4%M4-#$"-+.-*, ("#$'!"#''9

彭勇#王萍#徐炜#等#"#$"9气象集合预报的研究进展)C*9南水北调与水利科技#$#+&, (%#!%-#$"-9!?&+7 D#F)+7 ?#Q2 F#&$).9#"#$"9P&0/&(

43(&)$*&%&+1&'=.&;%&,/-$/4+)C*9M42$*!$4!R4%$* F)$&%>%)+13&%1)+, F)$&%M-/&+-&c>&-*+4.478#$#+&, (%#!%-#$"-9+/+ 6*/+&1&,9

任晨辰#段明铿#智协飞#"#$*9不同气候背景下我国冬夏两季极端气温特征分析)C*9大气科学学报#&#+ -, ()#'!)$'9!P&+ 66#H2)+ I J#E*/

QU#"#$*96*)%)-$&%/1$/-143&#$%&'&12%3)-&)/%$&';&%)$2%&/+ (/+$&%)+, 12''&%40&%6*/+)2+,&%,/33&%&+$-./')$&=)-:7%42+,1)C*9>%)+1L$!

'41M-/#&#+-, ()#'!)$'9+/+ 6*/+&1&,9

任福民#翟盘茂#$%%)($%.$/$%%# 年中国极端气温变化分析 )C*9大气科学#""+ ", ("$*!""-9!P&+ UI#E*)/?I#$%%)9M$2,8 4+ -*)+7&143

6*/+)Z1&#$%&'&$&';&%)$2%&1,2%/+7 $%.$/$%%#)C*96*/+ CL$'41M-/#""+", ("$*!""-9+/+ 6*/+&1&,9

P/-*)%,14+ H#"###9M:/..)+, %&.)$/0&&-4+4'/-0).2&43$*&"6IFU&+1&'=.&;%&,/-$/4+ 181$&')C*9X2)%$CP48 I&$&4%M4-#$"-+.-', (-&%!--*9

M4.4'4+ M#X/+ H#I)++/+7 I#&$).9#"##*96./')$&-*)+7&"##*($*&;*81/-).1-/&+-&=)1/1)P* @@64+$%/=2$/4+ 43(4%:/+7 7%42; $ $4 $*&342%$* )1!

1&11'&+$%&;4%$43$*&/+$&%740&%+'&+$).;)+&.4+ -./')$&-*)+7&96)'=%/,7&#O+/$&, J/+7,4')+, R&(D4%:(6)'=%/,7&O+/0&%1/$8 ?%&119

唐红玉#翟盘茂#"##'9中国北方春季沙尘暴与北半球 .## *?)高度场的 MWH分析+摘要, )6* @@"##' 中国气象学会年会9!>)+7 GD#E*)/?

I#"##'9MWH)+).81/1=&$(&&+ R4%$*&%+ G&'/1;*&%&.## *?)*&/7*$1)+, 1;%/+7 ,21$1$4%'140&%+4%$*&%+ 6*/+)+)=1$%)-$, )6* @@"##' 6*/+&1&

I&$&4%4.47/-).M4-/&$89+/+ 6*/+&1&,9

0)+ ,&+ H44.GI#>4$* E#$%%$9F*8 ,4 34%&-)1$134%! +&)%+4%')." 43$&+ 3)/.. )C*9F&)U4%&-)1$/+7#-+$, (*-!).9

杨萍#刘伟东#王启光#等#"#$#9近 &# 年我国极端温度变化趋势和季节特征)C*9应用气象学报#"$+ $, ("%!'-9!D)+7 ?#T/2 F H#F)+7 XS#&$

).9#"#$#9>*&-./')$/--*)+7&$%&+, )+, 1&)14+).-*)%)-$&%/1$/-143,)/.8 $&';&%)$2%&&#$%&'&1/+ 6*/+)34%$*&.)$&1$&# 8&)%1)C*9CL;;.I&$&4%

M-/#"$+$, ("%!'-9+/+ 6*/+&1&,9

翟盘茂#潘晓华#"##'9中国北方近 .# 年温度和降水极端事件变化)C*9地理学报#.)+M, ($!$#9!E*)/?I#?)+ QG#"##'96*)+7&/+ &#$%&'&$&'!

;&%)$2%&)+, ;%&-/;/$)$/4+ 40&%+4%$*&%+ 6*/+),2%/+7 $*&1&-4+, *).343$*&"#$* -&+$2%8)C*9L-$)S&47%);*/-)M/+/-)#.)+M, ($!$#9+/+ 6*/+&1&,9

张涵斌#智协飞#陈静#等#"#$*9区域集合预报扰动方法研究进展综述)C*9大气科学学报#&#+ ", ($&.!$.*9!E*)+7 GV#E*/QU#6*&+ C#&$).9#

"#$*9L-*/&0&'&+$43;&%$2%=)$/4+ '&$*4,134%%&7/4+).&+1&'=.&34%&-)1$)C*9>%)+1L$'41M-/#&#+", ($&.!$.*9+/+ 6*/+&1&,9

X+-,&.)+)8(-*70().8(/*0(1(*(19(0-*70('-0+-*+.&)+&?3+&- G-)(4.&
*3(T?@:JV@WQ0(8.0(5-)*)
SLKT/$#P"RG4+7./"#EG"RSC/)(&+$#"#'#6G"RX2)+./)+7'

$2<+D;,/"(&#5J"/9(&'()$ 2/$'/"#D#'()$#5</'/)")5)=(&#52/$'/"#K/(E($= $###)$#2.($#-
"C#6)"#')"B*)"25(,#'/0';9(/%#D#'()$#525(,#'/2/$'/"#K/(E($= $###)$#2.($#-
'2)55/=/)*+',)%-./"(&0&(/$&/@J5#'/#; +',)%-./"/#$9 :$7(")$,/$'C#6)"#')"B)*0(&.;#$ J")7($&/#2./$=9; F$(7/"%('B)*4$*)",#'()$ !/&.$)5)?

=B#2./$=9; -$#"".#2.($#

<+ $*/11$2,8#=)1&, 4+ $*&%&34%&-)1$,)$)43R6"?S.4=)."+1&'=.&U4%&-)1$M81$&'+S"UM, )+, 6*/+)
*4'47&+&4217%/,!;4/+$4=1&%0)$/4+).,)$)#3&)$2%&143&#$%&'&$&';&%)$2%&0)%/)$/4+1/+ $*&;)1$'# 8&)%1)%&)+!
).85&,#)+, $*&;&%34%')+-&43$*&R6"?!S"UM/+ %&;%&1&+$/+7 $*&1&:/+,1433&)$2%&1/1$*4%427*.8 /+0&1$/7)$&,9
V8 &1$/')$/+7 $*&*/1$4%/-).-./')$/-;&%-&+$/.&43" '$&';&%)$2%&/+ $*&4=1&%0)$/4+).)+, '4,&.,)$)#$*&-*)%)-!
$&%/1$/-143&#$%&'&$&';&%)$2%&/+ (/+$&%)+, 12''&%#).4+7 (/$* $*&1;)$/).,/1$%/=2$/4+ )+, '2.$/!8&)%$%&+, 43
&#$%&'&$&';&%)$2%&,)81#)%&)+).85&,9>*&%&12.$11*4($*)$14'&1$%4+7 %&7/4+).3&)$2%&1&#/1$/+ $*&1;)$/).,/1!
$%/=2$/4+143(/+$&%&#$%&'&.4($&';&%)$2%&+"T>, )+, 12''&%&#$%&'&*/7* $&';&%)$2%&+"G>, /+ 6*/+)#/9&9

--



高丽#等(基于 R6"?!S"UM回算资料的我国极端温度变化特征研究 专 刊

$*&%&)%&%&.)$/0&.8 .4(&%$&';&%)$2%&1-4%%&1;4+,/+7 $4 $*&;&%-&+$/.&$*%&1*4.,143$*&(/+$&%"T>/+ +4%$*&)1$&%+
6*/+)#+4%$*&%+ 6*/+))+, $*&X/+7*)/!>/=&$?.)$&)2#(/$* */7*&%$&';&%)$2%&1-4%%&1;4+,/+7 $4 $*&;&%-&+$/.&
$*%&1*4.,143$*&12''&%"G>/+ 142$*&%+ 6*/+)#+4%$*(&1$&%+ 6*/+))+, $*&D)+7$5&P/0&%V)1/+9V4$* $*&12'!
'&%'&)+ $&';&%)$2%&)+, "G>,)81$*%427*42$6*/+)1*4(/+-%&)1/+7 $%&+,1/+ $*&;)1$'# 8&)%1#)+, $*&(/+$&%
'&)+ $&';&%)$2%&1)%&).14 /+-%&)1/+7 $*%427*42$'41$436*/+)#8&$,&-%&)1/+7 /+ +4%$*(&1$&%+ )+, +4%$*&)1$&%+
6*/+)964%%&1;4+,/+7.8#$*&+2'=&%143,)8143$*&(/+$&%"T>)%&,&-%&)1/+7 /+ '41$)%&)1#)+, 4+.8 1./7*$.8 /+!
-%&)1/+7 /+ 1')..;)%$143+4%$*(&1$&%+#+4%$*&)1$&%+ )+, 142$*&%+ 6*/+)9>*&R6"?!S"UM%&34%&-)1$1)%&)=.&$4
)--2%)$&.8 %&;%4,2-&$*&-./')$/-$%&+,1)+, /+$&%)++2).0)%/)$/4+143$*&1&)14+).'&)+ $&';&%)$2%&)+, &#$%&'&
$&';&%)$2%&,)81/+ $*&(/+$&%)+, 12''&%436*/+)#8&$0)%8/+7 ,&7%&&143-4., =/)1&1&#/1$/+ $*&,/33&%&+$%&!
7/4+19>*&=/)1&1/+ (/+$&%)%&1/7+/3/-)+$.8 .)%7&%$*)+ $*41&/+ 12''&%#)+, )1$*&34%&-)1$.&+7$* /+-%&)1&1#$*&1&
-4., =/)1&1)%&7%),2)..8 1$%&+7$*&+&, /+ (/+$&%#(*/.&7%),2)..8 (&):&+&, /+ 12''&%9>*&%&34%&#/$/11277&1$&, $4
),4;$$*&%&.)$/0&,&3/+/$/4+ 43&#$%&'&$&';&%)$2%&=)1&, 4+ $*&;&%-&+$/.&$*%&1*4.,#(*/-* -)+ )2$4')$/-)..8
-4%%&-$$*&1&181$&')$/-=/)1&1/+ $*&'4,&.)+).81/1)+, ;%&,/-$/4+ ;%4,2-$19

T?@:JV@WQ-(&)(1G6(90(4+5*+.&-(/*0(1(*(19(0-*70(-0(8.0(5-)*)-'-0+-*+.&8(-*70()

,4/($#($')*)@B9-+:/9,A:##=9"#$)#%$$##$

+责任编辑(刘菲,!!

*-



书书书

顾薇，陈丽娟，２０１９．２０１８年夏季海洋大气特征及对我国气候的影响［Ｊ］．气象，４５（１）：１２６１３４．ＧｕＷ，ＣｈｅｎＬＪ，２０１９．Ｃｈａｒａｃ

ｔｅｒｉｓｔｉｃｓｏｆａｔｍｏｓｐｈｅｒｉｃａｎｄｏｃｅａｎｉｃｃｏｎｄｉｔｉｏｎａｎｄｔｈｅｉｒｉｎｆｌｕｅｎｃｅｓｏｎｓｕｍｍｅｒｃｌｉｍａｔｅｏｆＣｈｉｎａｉｎ２０１８［Ｊ］．ＭｅｔｅｏｒＭｏｎ，４５（１）：

１２６１３４（ｉｎＣｈｉｎｅｓｅ）．

２０１８年夏季海洋大气特征及对我国气候的影响

顾　薇１　陈丽娟１
，２

１国家气候中心，中国气象局气候研究开放实验室，北京１０００８１

２南京信息工程大学气象灾害预报预警与评估协同创新中心，南京２１００４４

提　要：为更好地了解２０１８年夏季（６—８月）我国主要气候异常特征及成因，本文利用我国气象要素站点资料、再分析大气

环流资料和全球海温数据分析了２０１８年夏季我国降水和气温的异常特征、东亚大气环流特征及海温对我国气候的影响。结

果显示２０１８年夏季全国平均降水量较常年同期偏多９．６％，我国中东部地区降水呈现“南北多、中间少”的分布特征，北方和

华南大部降水较常年同期偏多、长江中下游降水明显偏少。降水的上述异常特征受到东亚副热带和中高纬大气环流的共同

影响。２０１８年夏季东亚副热带高空急流和西太平洋副热带高压位置都明显偏北，东亚沿岸由南至北为“负—正—负”的高度

距平分布，呈现出“东亚—太平洋型”遥相关负位相的特征，菲律宾附近对流层低层大气维持异常的气旋式环流，东亚副热带

夏季风异常偏强。同时，欧亚中高纬度大气呈现“两槽一脊”的异常高度分布特征。在副热带和中高纬大气环流的这种配置

下，我国北方地区以异常偏南风为主，有利于暖湿气流的输送，降水偏多；华南地区在偏强的热带对流活动影响下，降水也总

体偏多；而长江中下游地区则以明显的辐散下沉运动为主，降水偏少。从外强迫因子来看，２０１７年１０月至２０１８年４月发生

的ＬａＮｉ珘ｎａ事件对东亚夏季风偏强及我国降水“南北多、中间少”的异常特征起到了重要作用。
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引　言

我国地处亚澳季风区，在亚澳季风系统多个成

员的协同影响下，气候复杂多变，而汛期的气候异常

往往会导致严重的旱涝灾害（黄荣辉等，２００６；李崇

银等，２００９；封国林等，２０１３），如１９９８年长江流域的

洪涝灾害，２００３和２００７年淮河流域的洪涝灾害等，

都对人民生活造成巨大影响，给经济发展造成严重

损失（李维京，１９９９；冯明等，２０００；徐良炎，２００３；高

荣等，２０１８）。在全球变暖背景下，异常和极端的气

候事件频发（Ｄｏｎａｔｅｔａｌ，２０１６），气候异常的影响变

得更大。因此，深入认识我国汛期气候异常特征及

成因有助于提高气候预测准确率（王东阡等，２０１６；

翟盘茂等，２０１６；袁媛等，２０１７；郑志海和王永光，

２０１８），可更好地为政府和公众提供保障服务，对我

国的防灾减灾部署具有重要意义。

我国夏季天气气候受多因子的影响和控制，既

与东亚夏季风系统中多成员的相互协同作用有关，

也与中高纬冷空气的活动密切相关（张庆云和陶诗

言，１９９８ａ；１９９８ｂ）。同时，东亚夏季风系统还受到海

温等外强迫因子的显著影响（陈丽娟等，２０１３；王永

光和郑志海，２０１８）。２０１７年１０月至２０１８年４月，

热带中东太平洋发生了一次拉尼娜（ＬａＮｉ珘ｎａ）事件，

东亚夏季风异常偏强。２０１８年夏季，我国气候出现

较为明显的异常特征，中东部地区降水呈现“南北

多、中间少”的空间分布，我国北方和华南大部分地

区降水偏多，长江中下游地区降水偏少；气温则以全

国总体偏暖为主要特征。２０１８年夏季我国气候受

到东亚夏季风环流系统的何种影响？２０１７—２０１８

年的ＬａＮｉ珘ｎａ事件对东亚夏季风环流的影响程度如

何？本文将针对上述问题开展分析和讨论，希望能

够加深对２０１８年夏季气候异常成因的了解，为今后

的汛期气候预测提供更多的参考和依据。

１　资料和方法

本文用到的降水和气温资料来自中国气象局国

家气象信息中心发布的《中国国家级地面气象站基

本气象要素日值数据集（Ｖ３．０）》（任芝花等，２０１２），

资料时段为１９５１—２０１８年。各等压面的位势高度

场、水平风场等大气环流资料为 ＮＣＥＰ／ＮＣＡＲ逐

日再分析资料，资料分辨率为２．５°×２．５°（Ｋａｌｎａｙ

ｅｔａｌ，１９９６；Ｋｉｓｔｌｅｒｅｔａｌ，２００１）。海温资料为美国

ＮＯＡＡ提供的最优插值全球海温数据，水平分辨率

为１°×１°（Ｒｅｙｎｏｌｄｓｅｔａｌ，２００２），资料起始时间为

１９８１年１２月。除海温资料的气候平均值因受起始

时间限制取１９８２—２０１０年平均以外，其余数据的气

候平均值均为１９８１—２０１０年平均。本文中冬季指

上一年１２月至当年２月平均，春、夏、秋季分别为

３—５、６—８和９—１１月平均。

本文选用的东亚夏季风指数为：（１）张庆云等

（２００３）利用东亚热带季风槽区与东亚副热带地区平

均８５０ｈＰａ风场的纬向距平差定义的东亚夏季风指

数。（２）祝从文等（２０００）综合考虑东西和南北向热

力差异所定义的季风指数。西太平洋副热带高压

（以下简称副高）脊线南北位置采用刘芸芸等（２０１２）

定义的方法计算。Ｎｉ珘ｎｏ３．４指数为Ｎｉ珘ｎｏ３．４区（５°Ｓ

～５°Ｎ、１７０°～１２０°Ｗ）平均海温距平。在分析海温

对夏季环流的可能影响时，使用一元线性回归的方

法，回归时段选１９８２—２０１７年。

２　２０１８年夏季我国气候异常特征

２０１８年夏季风季节进程总体表现为前晚后早

的特征，主要气候事件的强度也是前弱后强。华南
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前汛期开始时间较常年偏晚１５ｄ，结束时间较常年

偏早４ｄ，总降水量较常年偏少１９％。我国梅雨开

始时间偏晚、雨量偏少：江南梅雨开始时间较常年偏

晚１１ｄ，结束时间偏晚５ｄ，雨量偏少３１．８％；长江

中下游梅雨开始时间偏晚８ｄ，结束时间偏早１ｄ，雨

量偏少３９．４％；江淮梅雨开始偏晚７ｄ，结束偏早

５ｄ，雨量偏少３４．６％。但是华北雨季开始和结束

时间均偏早，雨量较常年偏多２２．０％。西南雨季开

始和结束时间均接近常年，总雨量较常年偏多８．６％

（表１）。

表１　２０１８年汛期主要气候事件的起止日期及雨量

犜犪犫犾犲１　犜犺犲狊狋犪狉狋犱犪狋犲，犲狀犱犱犪狋犲犪狀犱狋狅狋犪犾狆狉犲犮犻狆犻狋犪狋犻狅狀狅犳犿犪犼狅狉犮犾犻犿犪狋犲犲狏犲狀狋狊犻狀２０１８

雨季名称 开始时间（常年平均） 结束时间（常年平均） 雨量（常年平均）／ｍｍ

华南前汛期 ４月２１日（４月６日） ６月３０日（７月４日） ５９２（７３４）

江南梅雨 ６月１９日（６月８日） ７月１３日（７月８日） ２４９．２（３６５．４）

长江中下游梅雨 ６月２２日（６月１４日） ７月１３日（７月１４日） １７０．４（２８１．０）

江淮梅雨 ６月２８日（６月２１日） ７月１０日（７月１５日） １７２．８（２６４．４）

华北雨季 ７月９日（７月１８日） ８月７日（８月１８日） １６５．６（１３５．７）

西南雨季 ５月２７日（５月２６日） １０月１５日（１０月１４日） ８０８．０（７３８．７）

　　　　　　注：各气候事件定义分别见预报司发文：气预函〔２０１３〕１３５号；气预函〔２０１４〕２，２８，１１７号。

　　　　　　Ｎｏｔｅ：Ｄｅｆｉｎａｔｉｏｎｓｏｆｔｈｅｃｌｉｍａｔｅｅｖｅｎｔｓａｒｅａｃｃｏｒｄｉｎｇｔｏｔｈｅｅｘｐｌａｎａｔｉｏｎｌｅｔｔｅｒｓ（Ｌｅｔｔｅｒ〔２０１３〕１３５；Ｌｅｔｔｅｒ〔２０１４〕２，２８ａｎｄ１１７）ｆｒｏｍ

ＤｅｐａｒｔｍｅｎｔｔｏＦｏｒｅｃａｓｔｉｎｇａｎｄＮｅｔｗｏｒｋｉｎｇｏｆＣＭＡ．

　　２０１８年夏季，全国平均降水量为３５６．４ｍｍ，较

常年平均（３２５．２ｍｍ）偏多９．６％，为１９９８年之后

最多的一年（图１ａ）。从空间分布来看（图２ａ），我国

中东部降水总体呈现“南北多、中间少”的分布特征。

西北大部、华北东部、东北北部和华南南部沿海等地

降水较常年同期偏多２０％～５０％，部分地区偏多

５０％以上。北方地区多雨特征最为明显，东北（黑龙

江、吉林、辽宁）、华北（北京、天津、河北、陕西、内蒙

古）和西北（陕西、甘肃、宁夏、青海、新疆）等地区平

均降水量为３０７．１ｍｍ，较常年平均（２６３．０ｍｍ）偏

多１７％，列１９９８年之后的第二位，仅次于２０１３年

（图１ｂ）。江汉和江南大部分地区降水较常年同期

偏少２０％～５０％（图２ａ）。

２０１８年夏季，全国平均气温为２１．９℃，较常年

同期（２０．９℃）偏高１℃，为我国夏季平均气温有记

录以来最高的一年（图１ｃ）。从空间分布特征来看，

除华南南部气温较常年同期略偏低以外，全国大部

分地区气温较常年同期偏高，江淮、江汉、华北、东北

南部、西北大部和内蒙古大部气温偏高１～２℃

（图２ｂ）。

３　东亚大气环流异常特征及影响

２０１８年夏季，在对流层上层２００ｈＰａ，东亚地区

北部存在一个异常正高度中心和一个相应的反气旋

式环流，在４０°Ｎ以南为异常偏东风，以北为异常偏

西风，即东亚副热带高空急流位置较常年同期

（４０°Ｎ附近）偏北（图３ａ）。在５００ｈＰａ高度距平场

上东亚沿岸为“负—正—负”的距平分布，在３０°Ｎ

以南为高度场负异常中心，以北为正异常中心，即副

高脊线位置较常年同期偏北（图３ｂ）。从夏季副高

脊线位置指数的年际变化（图４ａ）来看，２０１８年夏季

副高脊线指数的正距平达到３个标准差，是１９８１年

图１　１９８１—２０１８年夏季（ａ）全国和（ｂ）北方地区

平均降水量，（ｃ）全国平均气温的历史序列

Ｆｉｇ．１　Ｔｉｍｅｓｅｒｉｅｓｏｆｓｕｍｍｅｒｔｉｍｅａｖｅｒａｇｅ

ｐｒｅｃｉｐｉｔａｔｉｏｎｉｎＣｈｉｎａ（ａ）ａｎｄｉｎｎｏｒｔｈｅｒｎｐａｒｔ

ｏｆＣｈｉｎａ（ｂ），ａｎｄ（ｃ）ａｖｅｒａｇｅｔｅｍｐｅｒａｔｕｒｅ

ｉｎＣｈｉｎａｄｕｒｉｎｇ１９８１－２０１８
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图２　２０１８年夏季全国（ａ）降水距平百分率和（ｂ）气温距平分布

Ｆｉｇ．２　Ｐｒｅｃｉｐｉｔａｔｉｏｎａｎｏｍａｌｙｐｅｒｃｅｎｔａｇｅ（ａ）ａｎｄｔｅｍｐｅｒａｔｕｒｅ

ａｎｏｍａｌｙ（ｂ）ｉｎＣｈｉｎａｉｎｓｕｍｍｅｒ２０１８

图３　２０１８年夏季（ａ）２００ｈＰａ、（ｂ）５００ｈＰａ、（ｃ）８５０ｈＰａ的高度距平（等值线和阴影，单位：ｇｐｍ）

和风场距平（矢量，单位：ｍ·ｓ－１），以及（ｄ）海平面气压距平场（等值线和阴影，单位：ｈＰａ）

Ｆｉｇ．３　（ａ）２００ｈＰａ，（ｂ）５００ｈＰａ，（ｃ）８５０ｈＰａａｎｏｍａｌｏｕｓｇｅｏｐｏｔｅｎｔｉａｌｈｅｉｇｈｔｓ（ｃｏｎｔｏｕｒｓａｎｄ

ｓｈａｄｏｗｓ，ｕｎｉｔ：ｇｐｍ）ａｎｄｗｉｎｄ（ｖｅｃｔｏｒｓ，ｕｎｉｔ：ｍ·ｓ
－１），（ｄ）ａｎｏｍａｌｏｕｓｓｅａｌｅｖｅｌｐｒｅｓｓｕｒｅ

（ｃｏｎｔｏｕｒｓａｎｄｓｈａｄｏｗｓ，ｕｎｉｔ：ｈＰａ）ｉｎｓｕｍｍｅｒ２０１８

以来最偏北的一年。８５０ｈＰａ距平风场上（图３ｃ）最

显著的特征是菲律宾附近为异常气旋式环流，而且

在东亚沿岸由南至北表现出“气旋—反气旋—气旋”

的分布特征，与５００ｈＰａ东亚沿岸“负—正—负”的

高度距平特征相对应，呈现“东亚—太平洋型”遥相

关负位相的特征（黄荣辉等，２００３）。从海平面气压

距平场（图３ｄ）来看，东亚地区为异常偏低区域，即

夏季大陆热低压明显偏强。总体来看，２０１８年夏季

对流层高、中、低层大气的异常都一致反映出东亚夏

季风偏强的典型特征。
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图４　１９８１—２０１８年（ａ）西太平洋副高

脊线位置指数、（ｂ）张庆云等（２００３）和

（ｃ）祝从文等（２０００）定义的东亚夏季风指数

Ｆｉｇ．４　（ａ）Ｓｕｍｍｅｒｔｉｍｅｒｉｄｇｅｌｉｎｅｐｏｓｉｔｉｏｎ

ｉｎｄｅｘｏｆＷＰＳＨ，ｔｈｅＥＡＳＭｉｎｄｅｘｄｅｆｉｎｅｄ

ｂｙ（ｂ）Ｚｈａｎｇｅｔａｌ（２００３）ａｎｄ

（ｃ）Ｚｈｕｅｔａｌ（２０００）ｄｕｒｉｎｇ１９８１－２０１８

　　除了热带、副热带大气环流系统以外，２０１８年

夏季欧亚大陆中高纬度环流系统的异常特征也有利

于东亚夏季风偏强。在５００ｈＰａ高度场上（图３ｂ），

欧亚大陆地区表现为“两槽一脊”的距平分布特征，

在乌拉尔山和鄂霍次克海附近分别存在负高度距平

中心，而在贝加尔湖附近则为正高度距平中心。由

于乌拉尔山和鄂霍次克海是夏季欧亚大陆阻塞高压

最活跃的两个区域，“两槽一脊”的这种高度场异常

分布特征意味着２０１８年夏季几乎没有明显的阻塞

活动。从国家气候中心对中高纬度阻塞活动的监测

（图５）也可以看到，在２０１８年夏季，欧亚中高纬度

地区没有异常偏强且较为持续的阻塞高压形势出

现。阻塞高压偏弱有利于梅雨锋偏弱，从而使得东

亚夏季风偏强（孙建华和赵思雄，２００３；张庆云和陶

诗言，１９９８ａ；张庆云等，２００３）。因此，２０１８年中高

纬度阻塞高压不活跃的特征也有利于东亚夏季风偏

强。

上述分析显示，无论从对流层高、中、低层大气

环流，还是从热带、副热带到中高纬度大气环流都表

现出东亚夏季风偏强年的典型特征。从张庆云等

图５　２０１８年夏季欧亚中纬度阻塞

高压活动指数监测图

（绿色、蓝色、红色竖线所示区域分别表示

乌拉尔区、贝加尔湖区和鄂霍次克海区）

Ｆｉｇ．５　ＢｌｏｃｋｉｎｇａｃｔｉｖｉｔｙｉｎｄｅｘｏｖｅｒＥｕｒａｓｉａ

ｉｎｓｕｍｍｅｒ２０１８

（Ｔｈｅｇｒｅｅｎ，ｂｌｕｅａｎｄｒｅｄｖｅｒｔｉｃａｌｌｉｎｅｓｒｅｐｒｅｓｅｎｔｔｈｅ

ｒｅｇｉｏｎｓｏｆＵｒａｌ，ＢａｉｋａｌａｎｄＯｋｈｏｔｓｋ，ｒｅｓｐｅｃｔｉｖｅｌｙ）

（２００３）定义的东亚夏季风指数的年际演变（图４ｂ）

看，２０１８年东亚夏季风是１９８１年以来最强的一年。

祝从文等（２０００）定义的东亚夏季风指数的年际变化

也显示，２０１８年是１９８１年以来第三强（图４ｃ）。

　　在强东亚夏季风环流系统影响下，长江流域受

到其南侧的气旋式异常环流和北侧的反气旋式异常

环流的共同影响，水平风场和水汽通量的辐散形势

非常明显（图６ａ），有利于出现异常下沉运动。从

图６ｂ可以清楚地看出在３０°Ｎ附近长江中下游地

区的确出现较明显的异常下沉运动，从而使得该地

区降水异常偏少。对我国３５°Ｎ以北的大部分地区

来说，低层风场以偏南风距平为主（图３ｃ和图６ｂ），

有利于暖湿气流的输送，从而有利于降水偏多。华

南和南海等地处于异常低压中心（图３ｄ），对流活动

异常活跃，上升运动明显加强（图６ｂ），降水偏多。

同时，由于欧亚中高纬度以纬向环流特征为主，冷空

气活动偏弱，有利于我国大部地区气温较常年同期

偏高。

４　ＬａＮｉ珘ｎａ事件的可能影响

根据国家气候中心对 Ｎｉ珘ｎｏ３．４海温指数的监

测（图７ａ），２０１７年１０月至２０１８年４月，赤道中东

太平洋发生了一次弱的ＬａＮｉ珘ｎａ事件。从海表温度

距平（ＳＳＴＡ）的空间分布（图７ｂ）来看，这次ＬａＮｉ珘ｎａ

事件表现出明显的东部型特征，冷中心位于赤道东
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图６　２０１８年夏季（ａ）整层积分水汽通量距平（矢量，单位：ｋｇ·ｍ
－１·ｓ－１）和

散度（阴影和等值线，单位：１０－７ｋｇ·ｓ
－１·ｍ－２），

（ｂ）１１０°～１２０°Ｅ平均经向垂直速度距平场（单位：ｍ·ｓ－１）

Ｆｉｇ．６　（ａ）Ａｎｏｍａｌｏｕｓｗａｔｅｒｖａｐｏｒｆｌｕｘ（ｖｅｃｔｏｒｓ，ｕｎｉｔ：ｋｇ·ｍ
－１·ｓ－１）ａｎｄ

ｄｉｖｅｒｇｅｎｃｅ（ｃｏｎｔｏｕｒｓａｎｄｓｈａｄｏｗ，ｕｎｉｔ：１０
－７ｋｇ·ｓ

－１·ｍ－２），

（ｂ）ｍｅｒｉｄｉｏｎａｌｖｅｒｔｉｃａｌｗｉｎｄａｎｏｍａｌｙ（ｕｎｉｔ：ｍ·ｓ
－１）ｉｎ１１０°－１２０°Ｅｉｎｓｕｍｍｅｒ２０１８

图７　（ａ）２０１６年１１月至２０１８年１０月Ｎｉ珘ｎｏ３．４指数和

（ｂ）２０１７／２０１８年冬季海表温度距平（单位：℃）

Ｆｉｇ．７　（ａ）ＭｏｎｔｈｌｙＮｉ珘ｎｏ３．４ｉｎｄｅｘａｎｄ（ｂ）ｓｅａｓｕｒｆａｃｅｔｅｍｐｅｒａｔｕｒｅ

ａｎｏｍａｌｉｅｓ（ｕｎｉｔ：℃）ｉｎｔｈｅ２０１７／２０１８ｗｉｎｔｅｒ

太平洋，西太平洋海温明显偏暖。

以往研究显示，ＥＮＳＯ事件会对次年东亚夏季

风和我国夏季降水产生显著影响。在 ＥｌＮｉ珘ｎｏ次

年，夏季风易偏弱；长江流域降水偏多；而在 Ｌａ

Ｎｉ珘ｎａ次年，东亚夏季风偏强；长江流域降水偏少

（ＨｕａｎｇａｎｄＷｕ，１９８９；陈丽娟等，２０１３）。当ＥＮＳＯ

事件发生后，热带中东太平洋ＳＳＴＡ会通过激发大

气中的异常波动使得菲律宾附近低层大气出现异常

的反气旋／气旋，从而对东亚夏季风产生显著影响

（Ｚｈａｎｇｅｔａｌ，１９９６；Ｗａｎｇｅｔａｌ，２０００）。图８显示了

根据冬季Ｎｉ珘ｎｏ３．４指数回归的８５０ｈＰａ速度势和水

平风场。可以看到当 Ｎｉ珘ｎｏ３．４区海温偏冷时，冬季

热带东太平洋低层出现异常辐合形势，西太平洋地

区则为异常辐散形势（图８ａ），即沃克环流加强，热

带西太平洋地区对流活动加强。热带西太平洋加强

的对流活动可以在赤道两侧分别激发一个气旋式环

流（Ｇｉｌｌ，１９８０），北侧的气旋式环流位于菲律宾附近

（图８ｂ）。热带西太平洋地区的异常辐合形势和菲

律宾附近的气旋在春季和夏季也都十分显著（图８ｃ

～８ｆ），说明在ＬａＮｉ珘ｎａ事件的影响下，西太平洋地

区的对流活动异常及其所激发的菲律宾异常气旋可

以从冬季一直持续至夏季。

２０１８年冬、春和夏季热带和东亚副热带大气环

流异常形势（图９）与根据Ｎｉ珘ｎｏ３．４指数对环流的回

归场（图８）表现出相似的特征，这说明热带大气和

东亚大气环流对于２０１７—２０１８年的弱ＬａＮｉ珘ｎａ事

件产生了较明显的响应。在冬季和春季的８５０ｈＰａ

速度势距平场（图９ａ和９ｃ）上可以看到，热带中东

太平洋出现异常辐散运动，而热带西太平洋附近

则以辐合上升运动为主，沃克环流加强。在热带
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图８　根据冬季Ｎｉ珘ｎｏ３．４指数回归的８５０ｈＰａ（ａ，ｂ）冬季、（ｃ，ｄ）春季、

（ｅ，ｆ）夏季辐散风场（ａ，ｃ，ｅ），以及水平风场（ｂ，ｄ，ｆ；矢量，单位：ｍ·ｓ－１）

（为更好显示冷海温的作用，所得结果均反号显示；图中阴影表示通过

０．１０显著性水平的狋检验区域）

Ｆｉｇ．８　Ｒｅｇｒｅｓｓｉｏｎｏｆ８５０ｈＰａ（ａ，ｂ）ｗｉｎｔｅｒ，（ｃ，ｄ）ｓｐｒｉｎｇ，（ｅ，ｆ）ｓｕｍｍｅｒ

（ａ，ｃ，ｅ）ｄｉｖｅｒｇｅｎｔｗｉｎｄ，ａｎｄ（ｂ，ｄ，ｆ）ｗｉｎｄ（ｖｅｃｔｏｒ，ｕｎｉｔ：ｍ·ｓ
－１）

ｏｎｗｉｎｔｅｒｔｉｍｅＮｉ珘ｎｏ３．４ｉｎｄｅｘ

（Ｓｈａｄｏｗａｒｅａｓｉｎｄｉｃａｔｅｈａｖｉｎｇｐａｓｓｅｄｔｈｅｓｉｇｎｉｆｉｃａｎｃｅｔｅｓｔａｔ０．１０ｌｅｖｅｌ）

图９　２０１８年（ａ，ｂ）冬季，（ｃ，ｄ）春季和（ｅ，ｆ）夏季８５０ｈＰａ的（ａ，ｃ，ｅ）速度势

（等值线和阴影，单位：１０５ｍ２·ｓ－１）和辐散风（矢量，单位：ｍ·ｓ－１），

（ｂ，ｄ，ｆ）水平风场（矢量，单位：ｍ·ｓ－１）

Ｆｉｇ．９　Ｔｈｅ８５０ｈＰａ（ａ，ｂ）ｗｉｎｔｅｒ，（ｃ，ｄ）ｓｐｒｉｎｇ，（ｅ，ｆ）ｓｕｍｍｅｒｖｅｌｏｃｉｔｙｐｏｔｅｎｔｉａｌ

（ｃｏｎｔｏｕｒｓａｎｄｓｈａｄｉｎｇｓ，ｕｎｉｔ：１０
５ｍ２·ｓ－１）ａｎｄｄｉｖｅｒｇｅｎｔｗｉｎｄ（ｖｅｃｔｏｒｓ，

ｕｎｉｔ：ｍ·ｓ－１），ａｎｄ（ｂ，ｄ，ｆ）ｓｕｍｍｅｒ８５０ｈＰａｗｉｎｄ

（ｖｅｃｔｏｒ，ｕｎｉｔ：ｍ·ｓ－１）ｉｎ２０１８
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西太平洋地区辐合上升运动加强意味着该地区的对

流活动更加活跃，从而可以在菲律宾附近对流层低

层大气中激发出异常的气旋式环流（图９ｂ和９ｄ）。

到了夏季，虽然热带中东太平洋的异常辐散运动减

弱消失，但热带西太平洋的异常辐合运动依然持续，

且位置有所北移（图９ｅ）。相应在８５０ｈＰａ菲律宾地

区附近，异常的气旋式环流也依然持续，位置也较冬

季和春季明显北移（图９ｆ）。菲律宾附近的这一异

常气旋式环流，有利于副高偏北、东亚夏季风偏强，

从而有利于我国降水出现“南北多、中间少”的特征。

由此可见，ＬａＮｉ珘ｎａ事件是２０１８年东亚夏季风异常

偏强的重要原因之一。

５　结论和讨论

２０１８年夏季，全国平均降水量较常年平均偏多

９．６％，是１９９８年之后最多的一年。我国中东部地

区降水总体呈现“南北多、中间少”的分布特征：北方

大部分地区和华南降水较常年同期偏多，长江中下

游地区较常年同期明显偏少。２０１８年梅雨开始时

间均较常年偏晚、雨量偏少；华北雨季开始偏早、雨

量偏多。２０１８年夏季全国大部气温较常年同期偏

高，夏季平均气温为有历史记录以来最高的一年。

２０１８年夏季对流层高、中、低层大气的异常都

一致表现出东亚夏季风偏强的典型特征：东亚副热

带高空急流和西太副高位置都较常年同期明显偏

北，东亚沿岸由副热带至中高纬出现“负—正—负”

的高度距平分布特征，菲律宾附近为异常的气旋式

环流，东亚地区大陆低压加强。同时，欧亚中高纬度

高度场表现出“两槽一脊”的分布特征，在乌拉尔山

和鄂霍次克海附近分别存在负高度距平中心，中高

纬度没有明显阻塞活动。在这种环流形势的影响

下，长江流域以南为东北风距平，以北为偏南风距

平，使得长江流域出现明显的异常辐散下沉运动、降

水偏少。而北方大部分地区低层以偏南风为主，有

利于降水偏多。华南地区由于受到热带对流活跃的

影响，上升运动加强，降水偏多。同时，欧亚中高纬

度大气纬向环流特征十分明显，冷空气活动偏弱，有

利于我国大部地区气温较常年同期偏高。

２０１７年１０月至２０１８年４月赤道中东太平洋

发生的ＬａＮｉ珘ｎａ事件对２０１８年夏季东亚大气环流

产生了明显的影响，有利于东亚夏季风偏强。伴随

着这次ＬａＮｉ珘ｎａ事件的发生，热带中东太平洋海温

偏低，西太平洋海温偏高，沃克环流加强，热带西太

平洋出现异常的辐合上升形势，对流活动加强，从而

能够在菲律宾附近激发出一个异常的气旋式环流。

热带西太平洋对流活跃的特征从冬季一直持续到夏

季，相应的，菲律宾附近的异常气旋也一直持续至夏

季，从而有利于副高偏北、东亚夏季风偏强。

值得注意的是，有研究表明，ＥＮＳＯ事件对东亚

夏季风的影响在２０世纪８０年代之后（高辉和王永

光，２００７）明显减弱，而２０１７年１０月发生的这次Ｌａ

Ｎｉ珘ｎａ事件强度偏弱，意味着这次弱ＬａＮｉ珘ｎａ事件对

东亚夏季风的影响可能是有限的，即今年东亚夏季

风异常偏强的特征有可能还同时受到其他因子的影

响，具体影响因子和过程还有待进一步深入分析。
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Abstract: The Haihe River basin of North China is characterized by extremely low per capita water
resources and a consistently long-term decreasing trend of precipitation and runoff over the last
few decades. This study analyzes the climatological features of rainy season (May–September)
precipitation in the Haihe River basin and its branch systems based on a high-density hourly
observational dataset during 2007–2017. We show that there are two high-rainfall zones in the basin,
with one along the south of the Yanshan Mountains to Taihang Mountains and another along the
Tuma River in the south. Rainstorm centers exist amidst the two zones. July generally sees the highest
precipitation, followed by August, and May has the lowest precipitation. The major flood season is
reached between the third pentad of July and the fourth pentad of August. The precipitation is high
at night but low in the daytime. In the pre-flood season before early July, rainfalls mostly arrive at
16:00–21:00 h. After entering the major flood season, the diurnal precipitation has two peaks, one at
17:00–22:00 h and the other at 0:00–7:00 h. In the post-flood season after mid-August, the most rain
occurs at night, with the peak appearing at 0:00–8:00 h. The short-duration precipitation is mainly
distributed in the mountainous areas, and the long-duration precipitation that contributes most to
seasonal rainfalls appears in the plain areas, and the continuous precipitation mostly occurs in the
windward slopes of the Taihang Mountains and the Yanshan Mountains. In addition, urbanization
process around large city stations may have affected the rainy season precipitation to a certain extent
in the Haihe River basin, with large and medium city stations experiencing around 10% higher
precipitation than small city stations. However, this issue needs to be investigated exclusively.

Keywords: rainy season; precipitation; rainstorm; diurnal variation; urbanization; Haihe River;
North China

1. Introduction

The Haihe River is the largest river in North China. Beijing, the capital of China, and Tianjin,
a municipality directly under the central government, are both located in the river basin. Encompassing
a total population of around 124 million, the Haihe River basin has the highest population density
in the world but the lowest per capita water resources in China [1]. Intensive human intervention,
excessive water resource exploitation and the severe impact of climate change in recent decades, have
led to notable changes in the amount, quality and distribution of surface and underground water
resources amidst the basin. The ever-increasing unbalance between supply and demand of water
resources has become a key issue in the sustainable development of economy and society in the river
basin. Accordingly, comprehensive knowledge on the spatial-temporal precipitation distribution
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and its causes has been of great importance for understanding the dynamic variation of runoff and
groundwater, and for rationally planning and effectively managing the water resources in the basin.

The Haihe River basin has a semi-humid and semi-arid continental climate. As a river in the
temperate East Asian Monsoon, more than 80% of its annual precipitation occurs from May to September.
Affected by the terrain of North China, the high-rainfall belt stretches from northeast to southwest,
roughly along the Yanshan and Taihang Mountains. There exist three rainstorm centers in the basin,
located near Tangshan, the west of Baoding, and near Jinan, respectively [2,3]. The precipitation in
summer is usually concentrated in several heavy rainfall occurrences, which endows the floods in the
basin with the characteristics of a high peak value, a steep peak type and a large one-time volume [4].
The climatic factors dominating the summer rainfalls are extremely complicated [5]. On the one hand,
the basin is located in the northern rim of summer monsoon activities, which enables the monsoon
weather systems to influence the precipitation in the flood season [6,7]; On the other hand, it is also
affected by the westerly circulation system at mid-high latitudes [2,8,9]. These factors lead to uneven
spatial and temporal precipitation in the basin, aggravating the difficulty and uncertainty of water
resources exploitation.

Plenty of researches have been conducted on the summer rainfalls in the Haihe River basin and
North China. Ren et al. (2015) reported that the annual and summer precipitation in the Haihe River
basin experienced a significant downward trend in the past 50 years. Since the mid-late 1970s, the annual
precipitation in North China, including the Haihe River basin, has been further declining [10–12],
with the abrupt decline in the rainy season rainfall after 1979 particularly significant [11]. Liu and
Ding [3,13] showed that there existed a decadal shift from high to low precipitation in North China
around 1978. Hao et al. [14] found that the decreased precipitation in North China in the past 50 years
was mainly due to the weakening of summer rainstorms.

With the establishment of the automatic weather station network and the accumulation
of hourly precipitation data for years, attention has been paid to the fine resolution structures
of precipitation [15,16]. Yu et al. [17] revealed that summer rainfalls in mainland China exhibit
a remarkable spatial pattern of diurnal variations. In eastern China, for example, the peaks of
precipitation mostly occur at around 17:00 and in early morning respectively. The diurnal variation of
rainy season precipitation in central and eastern China shows a clear intra-seasonal evolution along
with the north-south movement of the monsoon rain belt [18]. Zhou et al. [19] and Yuan et al. [20]
analyzed the diurnal variation of summer rainfalls in the Huaihe River which is located between the
Haihe River and the Yangtze River, concluding that there have existed two peaks, one before dawn
and the other in the evening. Han et al. [21] adopted the satellite retrieved hourly precipitation data to
analyze the diurnal variation of summer rainfalls in North China, and they found that the precipitation
peaked late at night in the northern North China Plain, but in the morning in the central and southern
parts of the plain.

Therefore, the long-term variations of precipitation and extreme rainfalls have been studied
extensively in the past two decades, and the spatial-temporal precipitation distributions of summer
rainfalls on different temporal scales have been examined as well. However, in-depth knowledge on
diurnal precipitation variations, as well as on the more detailed spatial pattern and the relevant causes
of seasonal and diurnal rainfall variations, has been far from enough considering that the adopted data
in the previous works are relatively sparse in spatial distribution and coarse in temporal resolution.

In this paper, the high-density hourly precipitation observation data, which have been developed
recently by the China Meteorological Administration, are used for the first time to analyze the
refined spatial-temporal structure of precipitation with different durations in the Haihe River basin.
The analysis reveals several novel features of precipitation in the basin, which is expected to lend
support to a scientific understanding of the dynamic variations of atmospheric precipitation, surface
and underground water resources in the region severely short of water.
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2. Data and Methods

The Haihe River basin is located between 112–120◦ E and 35–43◦ N (Figure 1), with a total area
of 318,000 square kilometers. As one of the seven largest rivers in China, its basin covers Tianjin,
Beijing, most parts of the Hebei province, as well as parts of the Henan province, Shandong province,
Shanxi province and Inner Mongolia. The basin is bound to the north by the east-to-west Yanshan
Mountains, and to the west by the north-to-south Taihang Mountains. Inside the basin, 60% of its
surface is covered by mountains and plateaus, while the other 40% is covered by plains. The basin
contains nine tributaries: the Luanhe River, the Beisan River, the Yongding River, the Daqing River,
the Ziya River, the Zhangwei River, the Nanyun River, the Tuhai-majia River and the lower reach of
the Haihe River.
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Figure 1. The geographical location and meteorological station distribution of the Haihe River
basin (dots indicate locations of meteorological stations, and the purple color shows the mountains
and plateaus).

The data used in this paper are the hourly precipitation observation data in the rainy season
(May-September) during 2007–2017 from 249 meteorological stations in the Haihe River basin. The data
are from the National Meteorological Information Center (NMIC), China Meteorological Administration
(CMA). Quality control has been done for precipitation by the NMIC. A denser distribution of
precipitation stations can be seen in the plain regions and the mountainous regions have relatively
sparser observations (Figure 1).

In this research, a precipitation hour refers to an hour with precipitation greater than 0.1 mm.
Referring to previous studies [22,23], the length of the precipitation intermittence, as the boundary
between two rainfall occurrences, is set to 2 h. That is to say, when no rainfall occurs for two
consecutive hours during a precipitation process, the process is judged to be terminated. In this
case, discontinuous non-precipitation intervals might exist in a precipitation event. According to
different durations, all of the precipitation events for any station are classified into four types in this
work: short-duration precipitation (1–3 h), medium-duration precipitation (4–6 h), long-duration
precipitation (6–12 h) and continuous precipitation (over 12 h).

The analysis of diurnal variation uses Beijing local time at 120◦ E. The intra-seasonal variation
of rainfall during the rainy season is analyzed by applying the pentad mean rainfall for the period
2007–2017. Each month is thus divided into six pentads, with each of them being 5 days or six days
(the last pentad of the months with 31 days) except for February that generally has three days or four
days in the last pentad. A simple arithmetic average is made for the whole basin and its tributaries
when calculating the areal means of precipitation amount and frequency on different time scales, by
considering the relatively even distribution of the observational sites in the study region. In order to
examine the possible influence of urbanization on precipitation, we classify the urban stations into
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three categories: large cities with a population over 5 million, medium-sized cities with a population
0.5–2 million and small cities with a population 0.1–0.5 million. All other observational sites are
regarded as rural stations.

3. Results

3.1. Warm-Season Precipitation Distribution

During 2007–2017, the rainy season precipitation averaged around 443.0 mm in the Haihe River
basin. Among the tributaries, the Yongding River suffered the lowest precipitation of 337.3 mm while
the Tuma River, in the south of the basin, had the highest precipitation of 486.8 mm. The average
precipitation in the Luanhe River, the Beisan River and the lower reach of the Haihe River stands
at around 470 mm. For other tributaries, the precipitation ranges between 400 mm and 450 mm.
In spatial distribution (Figure 2), there exist two high-rainfall zones and two low-rainfall zones, with the
precipitation taking on the “high-low-high-low” pattern from southeast to northwest. The precipitation
in the Tuma River downstream, in the south of the basin, stays above 520 mm. The central plain receives
low rainfalls of 460 mm or below, especially the Ziya River downstream where the precipitation is
only 340–400 mm. The windward (south) slope of the Yanshan Mountains sees high warm-season
precipitation (460–560 mm on average); in this zone, the average precipitation in the Beisan River
downstream and the Luanhe River downstream stays high at 520 mm or above. When it comes to the
north of the basin, the precipitation of the plateaus stays below 400 mm on average, with the lowest
value hitting 270 mm. On the windward (east) slope of the Taihang Mountains, there also exists a zone
with precipitation surpassing 460 mm.
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3.2. Monthly Precipitation Pattern

Figure 3 shows the spatial distribution of the monthly average precipitation during warm-season
in the Haihe River basin. A visible difference can be found for the months.
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In May, the precipitation averages 36.8 mm, accounting for 8.3% of the total precipitation in the
rainy season. During this month, the Zhangwei River and the Tuma River in the south, as well as the
Luanhe River in the northeast, are covered in the high-rainfall belt, suffering an average precipitation
of over 40 mm; while the Daqing River in the central basin is the zone with the lowest precipitation of
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28.6 mm. In June, the average precipitation climbed to 74.9 mm, almost twice than that in May. In this
month, rainfalls are high in the northeast while low in the southwest. The Luanhe River and the Beisan
River in the north become the high-rainfall zones, with the average precipitation exceeding 90 mm;
while the Yongding River, the Ziya River and the Zhangwei River are the low-rainfall zones, with the
average precipitation ranging between 59 mm and 65 mm.

The precipitation is at 152.8 mm in July, over twice as much as in June. It accounts for 34.5% of
the total precipitation in the rainy season. As for the spatial distribution, the precipitation in July
indicates a “high-low-high-low” trend from south to north, similar to the pattern of the accumulative
precipitation in the rainy season. The precipitation in the northern mountains and plateaus stays below
120 mm. The central plain is also covered by a low-rainfall zone in this month. When it comes to
August, the precipitation edges lower at 116.2 mm, relatively high in the south while low in the north.
The Tuma River, a high-rainfall zone in this month, has a level of precipitation of around 150 mm.
The precipitation in the plain is estimated at 100–150 mm, and that in the mountainous area at 100 mm
or below. As to September, the precipitation drops by around 80% from August. The spatial distribution
is similar to that of June, except for the high-rainfall center which now moves to the northern Taihang
Mountains. The Taihang Mountains and Yanshan Mountains become the high-rainfall zones while the
southeastern part registers low rainfall, which is the opposite of August.

3.3. Diurnal Precipitation Variations

Figure 4 shows the diurnal variations of the average precipitation in the rainy season during
2007–2017 in the Haihe River basin. The diurnal variation curve has two peaks and a valley. The peak
period takes place in the evening (17:00–21:00 h), with the hourly mean precipitation surpassing 21
mm. The maximum value, occurring at 19:00 h, is recorded at 21.9 mm. The other peak occurs at
2:00 h when the hourly mean precipitation reads 20.2 mm. The rainfall descends in the daytime
(9:00–15:00 h), with the lowest precipitation occurring at noon (11:00–13:00 h). At 12:00 h, the hourly
mean precipitation hits its low at 13.3 mm.
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Figure 4. The diurnal variations of the basin-averaged hourly mean precipitation in the Haihe
River basin.

Further analysis of the diurnal peak in each branch system shows that the occurrence periods
vary greatly due to the difference in geographical location and topographic conditions (Figure 5).
The precipitation in the Luanhe River, the Yongding River, the Beisan River, the Ziya River and the
Zhangwei River increases during 15:00–17:00 h. The peak occurs during 21:00–23:00 h in the Beisan
River, and other tributaries have the diurnal precipitation peak during 18:00–20:00 h.
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Figure 5. The diurnal variations of hourly mean precipitation for the tributaries in the Haihe River basin.

The diurnal precipitation in the lower reach of the Haihe River, the Nanyun River, and the Tuma
River has two peaks, one at night and the other in the afternoon. The peak value at night is greater
than that in the afternoon. Both the Nanyun River and the Tuma River reach an evening peak at
18:00–20:00 h; while the lower reach of the Haihe River encounters the afternoon peak at 15:00–17:00 h.
As for night time, the peak in the lower reach of the Haihe River occurs at 0:00–2:00 h; while the peak
in the Nanyun River and the Tuma River appears at 3:00–5:00 h.

3.4. The Pentad Mean Precipitation Feature

Figure 6 shows the pentad mean precipitation variations during 2007–2017 in the Haihe River
basin. The pentad mean precipitation during the summer could be divided into five periods. From
May to the fourth pentad of June, the hourly mean precipitation stays low at 0.1–5 mm. The diurnal
precipitation, high at night but low in the daytime, mostly occurs at 16:00–20:00 h but seldom appears
between 5:00–15:00 h (especially at noon) during this period. During the fifth pentad of June and the
third pentad of July, the hourly mean precipitation climbs from the previous period to as high as 5–10
mm. During this period, the diurnal peak appears at 18:00–21:00 h. The major flood season of the
Haihe River arrives at the period from the fourth pentad of July to the second pentad of August, or
from late July to early August. In this period, the hourly mean precipitation stays high at 10–20 mm.
The diurnal peak and sub-peak reach at 17:00–22:00 h and 0:00–7:00 h respectively, with the hourly
mean precipitation averaging around 15 mm. Later from the third pentad of August to the second
pentad of September comes the post-flood season of the study region. In this period, the hourly mean
precipitation slides to 5–10 mm. The precipitation mainly occurs at night and peaks at 0:00–8:00 h.
During the third pentad and the sixth pentad of September, the hourly mean precipitation further
drops to 0–5 mm. The night time in this period sees most of the rainfalls. It could be concluded that
fewer rainfalls come in the daytime (9:00–15:00 h) for all the five periods, although the peaks vary.
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Figure 6. The pentad variations of the hourly mean precipitation in the Haihe River basin, 2007–2017.

The seasonal precipitation of each tributary is featured with a single peak in the diurnal variation.
July has the highest precipitation of the rainy season, followed by August, and May witnesses the
lowest precipitation. The tributaries share a similar diurnal variation pattern (Figure 7). During the
first pentad of May and second pentad of July, the diurnal precipitation of each branch reaches a single
peak, with most rainfall coming in the afternoon or at night. From the third pentad of July till the
fourth pentad of August (major flood season), the peak of the hourly mean precipitation occurs before
dawn in the Luanhe River, the Beisan River, the Nanyun River, the Zhangwei River, the Tuma River
and the lower reach of the Haihe River. As for the Beisan River, the Yongding River, the Daqing River
and the Ziya River in the mountainous areas, the peak appears in the afternoon or at night. The lower
reach of the Haihe River, the Nanyun River and the Tuma River also witness high rainfalls for one hour
in the afternoon.
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Figure 7. The pentad variations of the hourly mean precipitation for tributaries in the Haihe River
basin, 2007–2017. ((a), Luanhe River; (b), Beisan River; (c), Yongding River; (d), Daqing River; (e), Ziya
River; (f), Nanyun River; (g), Zhangwei River; (h), Tuma River; (i), low reach of Haihe River).

3.5. Duration-Based Precipitation Features

The precipitation events are classified into four types of short-duration (1–3 h), medium-duration
(4–6 h), long-duration (6–12 h) and continuous precipitation (over 12 h). Figure 8 shows that the diurnal
peaks of the short-duration and medium-duration precipitation appear at around 18:00 h and 22:00 h,
respectively, and the peaks of the long-term duration and continuous precipitation appear before dawn.
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Figure 8. The diurnal variations of the different duration precipitations in the Haihe River basin,
2007–2017 ((a), short-duration (1–3 h) precipitation; (b), medium-duration (4–6 h) precipitation; (c),
long-duration (6–12 h) precipitation; and (d), continuous precipitation (over 12 h) precipitation).
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Figures 9–11 show the spatial distribution of the warm-season mean precipitation frequency,
amount and contribution for different duration precipitation events in the Haihe River basin
during 2007–2017.
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In the whole basin, the short-duration precipitation has the highest frequency, with an average of
20 to 45 occurrences per year. The short-duration precipitation in the northwest has more occurrences
than that in the plain areas. The annual occurrence of short-duration precipitation in the plain areas is
below 30 times, while that in the mountainous areas generally exceeds 30 times on average. In the
upper reaches of the Luanhe River and the Beisan River, most parts of the Ziya River, as well as
borders between the Daqing River and the Yongding River, the warm-season mean occurrence of
short-duration precipitation reaches above 40 times (Figure 9a). The probability of short-duration
rainfalls in these areas is relatively large from afternoon to early evening (Figure 5). The accumulative
amount of short-duration precipitation in the mountainous areas lingers even at the range of 60 to 90
mm (Figure 10a), contributing to around 30% of the total rainfalls in the rainy season (Figure 11a).
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The occurrence of medium-duration precipitation during the rainy season is 6 to 12 times on
average. Specifically, it happens for more than 10 times in the east of the Taihang Mountains and the
lower reach of the Luanhe River, and for 8 to 10 times in other areas (Figure 9b). The medium-duration
precipitation is high in the east but low in the west. The mean precipitation amount in the lower
reach of the Luanhe River surpasses 120 mm, contributing around 25% to rainy season rainfalls. This
corresponds to the high-value area of the precipitation frequency. Though the precipitation frequency
stays high in the east of the Taihang Mountains, the accumulative precipitation amount remains low
with a contribution rate below 20% (Figures 10b and 11b).

The long-duration precipitation and continuous precipitation in the Haihe River basin occur less
frequently, with annual mean frequencies of 6.1 times and 3.1 times, respectively. However, the spatial
distribution of the two categories is quite different. The highly-frequent occurrences of long-duration
precipitation are found in the windward slope of the Yanshan Mountains, the Tuma River and parts of
the Nanyun River (Figure 9c); while continuous precipitation mainly occurs in the Taihang Mountains
and its eastern slope, as well as the lower reach of the Luanhe River (Figure 9d). The high-value areas of
the warm-season mean precipitation amount are basically compliant with the precipitation frequency.
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Specifically, the high-value areas of long-duration precipitation cover the eastern part of the basin
(Figure 10c), with a contribution at around 30% (Figure 11c); those of continuous precipitation include
the Taihang Mountains and the west of the Yanshan Mountains’ windward slope, with a contribution
rate staying above 30%.Hydrology 2019, 6, x FOR PEER REVIEW 12 of 19 
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Figure 11. The precipitation contribution (to the total rainfall) with different durations in the Haihe
River basin, 2007–2017 (Unit: %) ((a), short-duration (1–3 h) precipitation; (b), medium-duration (4–6 h)
precipitation; (c), long-duration (6–12 h) precipitation; and (d), continuous precipitation (over 12 h)
precipitation).

Above all, the short-duration precipitation contributes significantly to the total rainfalls in the
northern mountainous areas (Figure 11a); while in the plain areas, the long-duration precipitation
contributes more (Figure 11c). The high-value areas of continuous precipitation lie in the Taihang
Mountains and its east slope. On average, the long-duration and continuous precipitation amounts
contribute more to rainy season rainfalls than the short-duration precipitation, indicating that the
continuous precipitation caused by the large-scale circulation of the East Asian summer monsoon has
a greater impact on the precipitation in the Haihe River basin.
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4. Possible Impacts from Urbanization

The basin has 10 large cities of over 5.0 million residents, 27 medium-sized cities of 0.5–2.0 million
residents, as well as 21 small cities of over 0.1–0.5 million residents. All other stations are regarded
as non-city stations. Due to the much larger number of the non-city stations, and also the obviously
different altitudes and environments from those of the city stations, only the differences of precipitation
among the different categories of cities are compared here.

Figure 12 shows that the mean precipitation in the rainy season is the lowest in the small cities,
and that in the large cities is slightly higher compared with the medium-sized cities. From the perspective
of the pentad mean precipitation, the three categories of cities share little difference in precipitation in
May, June and September when the precipitation is low. During July and August, however, the pentad
mean precipitation of large cities is larger than those of medium-sized cities and small cities, indicating
that larger rainfalls are more likely to occur in large cities during the rainiest months of a year.
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Figure 12. The diurnal precipitation variations (hourly mean precipitation) (a) and intra-seasonal
variations (pentad mean precipitation); (b) for different categories of cities, 2007–2017.

Overall, the annual total precipitation during the 11 years is 49.8 mm or 12% higher at the large
city stations than that at the small city stations, and 33.8 mm or 8% higher at the medium-sized city
stations than that at the small city stations (Table 1). The city stations are located at approximately
similar elevations, with the large city station slightly lower than the medium-sized city stations,
and 300 m lower than the small city stations (Table 1). Therefore, the possible effect of altitude on
the precipitation difference between large city and medium-sized city stations can be ruled out due
to having almost the same altitudes, but the precipitation differences of small city stations from
those of large city and medium-sized city stations would be, to some extent, affected by the altitude
difference. Figure 13 shows the relationship between warm-season precipitation of all the non-city
stations and their altitudes. A weak but significant negative correlation is notable and unexpected,
and the decreasing rate of precipitation with altitude in the whole river basin is −7.9 mm/100 m. This
relationship between precipitation and altitude could be regarded as the background lapse of rainfall
in the basin. Considering this influence of altitude, however, the warm-season precipitation at large
city stations (459.9 − 24.4 = 435.5 mm) is still obviously higher (6.2%) than that at the small city stations
at the same altitude, and the precipitation at the medium-sized stations is marginally higher (2.5%)
than that of the small city stations.
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Table 1. The average altitudes and warm-season mean precipitation of the city stations in the Haihe
River basin, 2007–2017.

Categories of
Stations

Number of
Stations

Average Altitude
(m asl)

Mean Precipitation
(mm)

Difference from
Small City (mm)

Large city 10 34.8 459.9 49.8 (12%)
Medium-sized city 27 43.4 443.9 33.8 (8%)

Small city 19 343.8 410.1

Note: asl-above sea level; Percentage is the proportion of the difference to precipitation of small city.
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Figure 13. The relationship between warm-season precipitation of non-city stations and their altitudes
in the Haihe River basin, 2007–2017.

Therefore, the warm-season precipitation at the large and medium city stations shows a notable
difference from that of the small city stations, and this may have been related to the influence of
urbanization on the thermal and dynamical processes of lower troposphere over the urban areas during
the rainiest months of summertime.

5. Discussion

This paper has made a detailed examination of rainfall in the rainy season over the Haihe Basin,
based on a high-density precipitation observational network as developed in the last decade. The work
reveals a couple of interesting phenomena, and they are partially consistent with the previous analyses,
but some of the phenomena are unique and worth a discussion and further investigation.

5.1. Spatial and Intra-Seasonal Variations

It could be seen that the distribution of rainy season rainfalls (Figure 2) is mainly affected by
topography and prevailing winds in the Haihe River basin. In cases where easterly winds and southerly
winds prevail, rainfalls are much likelier to occur on the windward slopes of the mountains due to
forced uplifts by topography [24,25]. The highest-rainfall zone in the basin is found on the windward
slope of the Yanshan Mountains, with the rainy season precipitation exceeding 520 mm on average.
Within this zone, the average warm-season precipitation in Qinglong station has even reached 591 mm.

Regarding the summer rainfall and its intra-seasonal variation in the river basin (Figures 2 and 3),
previous studies showed that they are mainly affected by the East Asian summer monsoon. The location
change of the West Pacific Subtropical High (WPSH) ridge in summer directly affects the distribution of
water vapor transport flux in this basin. There are three water vapor transport channels influencing the
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summer rainfalls. The first one flows from the Indian Ocean and the Bay of Bengal, passing through
the Indo-China Peninsula, reaching the South China Sea, turning into the southwest air stream and
then reaching the Haihe River Basin; as for the second flow, the air stream in southwest of the WPSH
carries water vapor from the West Pacific and the South China Sea through the southeast coast to the
Haihe Basin River; the third flow originates from the mid-latitude westerlies, which transports water
vapor from the west to east [14,26,27].

Before the end of June, the WPSH ridge is located at the south of 25◦ N, with the East Asian
summer monsoon not yet extending the North China region. The Haihe River basin is jointly affected
by the northwest air current as well as the southern warm and humid air current. The water vapor
mainly comes from the southwest air current. In late July and early August, as the WPSH moves
northwards, the air current in the southwest of the WPSH affects the basin. Overhead from the South
China Sea to the West Pacific, the water vapor is transported abnormally to the west and northwest.
The air current and the enhanced summer monsoon in Southeast China constitute an anticyclonic
abnormal water vapor transport belt, which brings the water vapor northwards to the Haihe River
basin. After mid-August, along with the weakening of the WPSH, the high ridge-line begins to retreat
rapidly from north to south. With the southeast wind sweeping North China, the basin receives water
vapor from the Philippine Sea and the East China Sea [28,29].

The combined influence of the WPSH and water vapor transport, and the special topography
could well explain the different patterns of monthly precipitation distribution in the Haihe River basin.
For example, the high precipitation in the Beisan River and the Luanhe River in June and July—mainly
formed by the interaction between the prevailing southwestern—lies at the low troposphere and
the windward slopes of the eastern Yanshan mountains, and the relatively high precipitation on the
eastern slope of the Taihang Mountains in September is caused by the prevailing near-surface southeast
currents which bring the water vapor from the East China Sea and the Yellow Sea. The small sub-centers
of precipitation in the plains may be related to the urbanization effect, which will be discussed below.

5.2. Diurnal Variation of Rainy Rainfall

As is shown in Figure 5, the whole basin and all the tributaries generally see high precipitation at
night and before dawn, and low precipitation in the daytime, with the lowest precipitation reached
during 9:00–14:00 h. This complies with the conclusion by Yu et al. [17] that high precipitation in
northern China mainly occurs at midnight and before dawn.

Precipitation in the sub-basins witness different diurnal variations, but mostly more rainfall occurs
in the late afternoon and evening, as shown in Figure 5. There is a small distinction (less than half
an hour) between the local time and Beijing time, and the time difference would not significantly affect
the analysis results of the diurnal variation between the eastern and western sub-basins. The sub-basins
with rainfall mostly in the late afternoon and evening are mainly located in mountainous areas
with higher altitudes. Convection enhancement and unstable stratification caused by solar radiation
in the afternoon, as well as the uplifting effect of valley wind circulation, increases the probability of
rainfalls during the afternoon to evening.

On the other hand, precipitation in the plains and coastal areas mostly occurs before dawn
(Figure 5), which is mainly attributed to the declination of the valley wind circulation at night and the
effects of the sea-land breeze daily variation caused by differences in the sea-land thermal difference.
In the latter case, from midnight to early morning, as the atmosphere over the ocean is warmer than
that over the continent, the air rises in the ocean and coastal areas, causing uplifts and precipitation.
Radiative cooling at the top of the cloud at night causes the boundary layer to become unstable and
also promotes convection over the ocean and coastal areas. Therefore, precipitation on the sea usually
occurs in the late-night hours. Due to the influence of offshore areas, the diurnal precipitation variation
at coastal areas is also featured with a peak before dawn. Yin et al. [23] indicated that the spatial
differences of the diurnal variation of summer rainfall in the Haihe River basin are mainly impacted
by the valley circulation and the land-sea breeze circulation. In the afternoon, upward movement
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occurs in the mountains in the western and northern Haihe River basin, which goes in line with the
precipitation peak in this period. Meanwhile, downward movement occurs in the coastal and plain
areas, resulting in the low frequency of precipitation in the afternoon.

Pentad variations of hourly mean precipitation for tributaries in the basin (Figure 7) basically go
in accordance with previous studies [30]. Previous studies have also shown that thermal circulation of
the valley wind is an important cause of the difference between mountainous areas and plains in terms
of the diurnal precipitation variations in the Haihe River basin during the rainy season [31]. Along
the Yanshan-Taihang Mountains, the precipitation peak occurs mostly in the afternoon because of
the solar radiative heating and the uplifting of the air in the mountainous areas. Then the upper air
moves downstream and to the southeast dragged also by the middle troposphere average air current,
resulting in a substance of air and a suppression of precipitation during the afternoon. This may
benefit the precipitation peak in the afternoon in the mountains and at night in the plain area [31].
After mid-August, the monsoon rain belt retreats and precipitation gradually decreases.

The short-duration and medium-duration precipitation peak at around 18:00 h and 22:00 h,
respectively, and the long-term duration and continuous precipitation reach the highest level before
dawn (Figure 8). These characteristics are approximately consistent with the results of previous
studies [20,32] which reported that the short-duration precipitation had a diurnal peak in the evening
while the long-duration and continuous precipitation peaks before dawn.

5.3. Impact of Urbanization

From the analysis on the mean precipitation with different durations and their contributions to
warm-season precipitation, it could be found that high-value centers exist near large cities including
Beijing, Tianjin, Shijiazhuang, Baoding, Xingtai and Handan. Previous research on the precipitation
features in Beijing [33–35] showed that urban areas suffer more rainfalls and more frequent intense
rainfall events than rural areas. This paper shows the generally larger rainfall at large and medium
cities than at the small cities, indicating a highly possible influence of urbanization on rainfall in the
summer. This is a very interesting issue and certainly deserves further investigation in the future.

The precipitation differences of large and medium-sized city stations from that of small city
stations, as shown in Figure 12 and Table 1, may have been caused mainly by the development of the
built-up areas or urbanization process in the larger cities. The mechanisms of the urbanization effect
are clearly understood. Three aspects are important: the urban heat island (UHI) effect which causes
stronger air uplifting within the urban areas by developing a UHI circulation, the enhanced surface
roughness due to the high buildings, which acts as a driver to strengthen convergence of currents and
to block the weather systems, and the denser air pollutants in urban areas, which may act as effective
nuclei for water droplets and ice to form in clouds in the rainy season [36].

A complicated situation may arise when discussing the impact of urbanization on precipitation.
Zheng and Ren [37] found that wind speed affects the precipitation capture rate of the gauge, leading
to precipitation observation errors, especially for heavy rainfalls and above-grade rainfalls, in the
Beijing City and the surrounding areas. Under the influence of wind speed, the precipitation might
be underestimated by 7–9%. Urbanization causes not only the urban warming or the UHI effect, but
also the weakening of near-surface wind speed within the urban areas, leading to an increase in the
capture rate of the gauge [38]. It is possible, therefore, that the relatively higher precipitation and
intense rainfall in the urban areas are induced partly by the larger capture rate of the gauge due to the
weaker wind. If the under-catch effect exists, then the wind-induced bias in observations has to be
adjusted before any further analysis can be made to examine the impact of urbanization on the mean
and intense precipitation at urban stations of the Haihe River basin.

Therefore, the issue of urbanization effect on summer precipitation has to be better settled after the
error of the gauge measurement is adjusted, and also a more sophisticated methodology is developed
in the future.
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6. Conclusions

This study analyzes the intra-seasonal and diurnal precipitation variations in the Haihe River basin
and its branch systems, based on the hourly precipitation data in the rainy season (May–September)
during 2007–2017. The following conclusions can be drawn from the analysis:

(1) The high-rainfall belt in the basin moves with the summer monsoon from south to north
and then back to the south. The belt is located in the south of the Yanshan Mountains and the Tuma
River. Multiple rainstorm centers are found amidst the rainy belt. Throughout the rainy season,
the high-rainfall zones could be found more in the windward slope of the Yanshan Mountains and in
the south of the basin.

(2) The precipitation of each branch system is featured with a single peak during the rainy season.
Specifically, the precipitation keeps low before early July and strikes the bottom in May, which is
marked as the pre-flood season. It peaks in July, with the major flood season coming from the third
pentad of July to the fourth pentad of August. The precipitation in August ranks second, only after
that in July. However, it begins to decrease after mid-August, which is named as the post-flood season.

(3) The precipitation is high at night but low during the daytime generally within the basin; still,
the high-rainfall period differs among tributaries. Along with the movement of the high-rainfall belt,
the precipitation in the pre-flood season (May to the third pentad of July) mostly occurs at 16:00–21:00 h.
When it comes to the major flood season (the fourth pentad of July to the second pentad of August),
the precipitation peaks at 17:00–22:00 h and sub-peaks at 0:00–7:00 h. In the post-flood season (the
third pentad of August to September), the precipitation mostly occurs at night, with the peak occurring
at 0:00–8:00 h.

(4) In the mountainous areas, the short-duration precipitation occurs most, accounting for 30%
of the total rainy season rainfalls. The long-duration precipitation makes a larger contribution to
the plains in the basin. The continuous precipitation is majorly encountered in the windward slopes
of the Taihang Mountains and the Yanshan Mountains. From the perspective of the whole basin,
the long-duration precipitation and continuous precipitation contribute more to the total rainy season
rainfalls than the short-duration precipitation.

(5) Urbanization seems to have exerted a remarkable influence on local precipitation and intense
rainfalls in large cities, leading to the larger warm-season mean precipitation and more frequent
intense precipitation events in mid-summer and during the nighttime in large cities than in small cities.
A major uncertainty in detecting the impact of urbanization may come from the possible influence of
the under-catch effect of the gauge for the urban stations.
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A B S T R A C T

Westerly Wind Events (WWEs) over the tropical Pacific are characterized by their spatiotemporal
diversity and classified into six types based on their different locations and durations. Various
types of WWEs exhibit quite different characteristics in terms of their amplitudes. The long events
with a 10–30-day duration are stronger than the short events with a 6–10-day duration, and the
maximum amplitudes of the Central-Pacific (C) type and Eastern-Pacific (E) type of long events
are larger than the Western-Pacific (W) type of long ones. The evolutions of these six types of
WWEs are also quite different. The W-type short and long events and the C-type long events show
a distinct eastward propagation, whereas the C-type short events and the E-type short and long
events have no apparent propagation direction. We demonstrate that such a difference in the
eastward propagation of WWEs can be significantly associated with the Madden-Julian
Oscillation (MJO). The W-type events are more influenced heavily by the MJO, as indicated by
their more distinct eastward propagation patterns, than the two other types of WWEs. In addition
to the MJO, the convectively coupled Kelvin waves are also associated with the WWEs, especially
for the short events.

1. Introduction

Westerly Wind Events (WWEs) have prominent spatiotemporal features of the zonal wind anomalies on the sub-seasonal time-
scales in the western-central tropical Pacific. They are primarily defined in terms of the two basic characteristics, the amplitude and
duration above a certain threshold (Lengaigne et al., 2004). WWEs frequently occur over the tropical Indian Ocean and Pacific Ocean
but they rarely over the Atlantic Ocean (Seiki and Takayabu, 2007a, b). WWEs could act to force substantial local and remote oceanic
responses (Webster and Lukas, 1992), and play an important role in the development and maintenance of El Niño (e.g., Lau and Chan,
1988; McPhaden, 1999; Lengaigne et al., 2007). In addition, WWEs could also be commonly associated with Madden-Julian Oscil-
lation (MJO, Madden and Julian, 1971, 1972; Chen et al., 1996), convectively coupled equatorial waves (CCEWs, Wheeler and
Kiladis, 1999; Kiladis et al., 2009; Puy et al., 2016), tropical cyclones (Keen, 1982; Lian et al., 2018) and mid-latitude cold surges
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(Chu, 1988).
Large numbers of methodologies have been utilized to define and classify the WWEs in the previous studies. For example, Hartten

(1996) first used the total zonal wind at 1000-hPa to define WWEs and classified WWEs based on the large-scale circulation patterns.
This method can detect about 90% of the synoptic-scale WWEs in the western Pacific, but it is heavily dependent on the climatic
states and dose not identify all periods where the wind anomalies are strong westerly anomalies. In contrast, Harrison and Vecchi
(1997) directly made use of the anomaly to define the WWEs, by which they obtained eight more comprehensive types of WWEs with
significantly different characteristics and related climatic phenomena based on the locations of the maximal westerly wind anomalies.
Using this method, the regional dependence of WWEs can be well isolated, and the identified WWEs are well constrained near the
peak values. The further composite analyses and model experiments in Harrison and Vecchi (1997) indicated that the region-based
classification is likely more representative and reliable.

Besides the above two definitions, Puy et al. (2016) use the wind stress anomalies to define the WWEs which is consistent with the
other two results. The wind stress field is actually more conducive to analyzing the oceanic response of WWEs, while the surface
winds are more appropriate to analyze their essential characteristics of WWEs themselves. Puy et al. (2016) implemented the time-
space integration of zonal wind stress anomalies over the wind event patch as a westerly index to intuitively infer the WWE char-
acteristics and influences. However, this index can only reflect the cumulative features of WWEs, with no constraints on their
instantaneous features. Therefore, the index-based definition of the WWEs needs to be further studied to reflect their characteristics
and climatic responses more comprehensively. Indeed, the selection of definition and classification methods should be based on the
purpose of research. Due to the diversity of WWEs on timescales, Kiladis et al. (1994) classified WWEs into two categories according
to the duration of events i.e., the brief events with a period of 5–25 days and the sustained events with a period of 30–90 days. As the
aforementioned reviewed, previous studies have indicated that the WWEs possess complex spatiotemporal characteristics. However,
most of previous studies on the WWEs partially focused only on either the spatial or temporal characteristics. A systematic and
comprehensive investigation of the combined spatiotemporal characteristics of the WWEs is still elusive. In this paper, we will
systematically make a clear classification of the various WWEs based on both their spatial and temporal diversities, to understand
them clearly.

The research on WWEs is of great significance because the WWEs are associated with many important phenomena, such as El
Niño-South Oscillation (ENSO), and they play a key role in the development of El Niño events, particularly in their onset phases (e.g.,
Harrison, 1984; Lau and Chan, 1988; Kessler et al., 1995). WWEs can force substantial oceanic thermal and dynamical responses,
both locally and remotely (Lengaigne et al., 2002). By analyzing oceanic responses to the strong WWEs that occurred in March 1997,
it was found that WWEs played an important role in motivating the occurrence of the super El Niño in 1997/98 (Lengaigne et al.,
2003). Also, WWEs have a significant impact on the diversity of El Niño (Chen et al., 2015). Furthermore, the intraseasonal wind and
convective coupled variability is mainly controlled by the MJO over the western Pacific warm pool and therefore, MJO, as a
dominant mode on the intraseasonal timescale (Zhang, 2005, 2013), may have some certain modulation effects on WWEs. Previous
studies found that WWEs frequently occurred in the convection phase of MJO (Puy et al., 2016) and strong MJO also enhanced the
frequency of WWEs (Seiki and Takayabu, 2007a, b). In addition, Feng and Lian (2018) found that the statistics between MJO and
WWEs are heavily dependent on their definitions, such that the MJO modulation on WWEs is very weak when using the widely used
definition of MJO and WWEs. Therefore, the analysis of WWEs’ characteristics contributes to the deep understanding of ENSO and
MJO behaviors. A greater research focus has recently been placed on the relationship between WWEs, the MJO, and ENSO, with less
emphasis on a comprehensive analysis of WWE characteristics.

WWEs have complex characteristics at multiple spatiotemporal scales, reflecting the corresponding complex mechanism.
Lengaigne et al. (2004) suggested that the generation of WWEs might be a result from the combination of MJO, cold surges, tropical
cyclones and other mesoscale phenomena. Tropical cyclones may play an important role in generating the WWEs (Lian et al., 2018).
The sporadic nature of WWEs may also root to the equatorially super clusters that propagate eastward, that is, the convectively
coupled Kelvin waves (CCKWs) (Nakazawa, 1988). Baranowski et al. (2017) have revealed that the preferred occurring region of
CCKWs is over the Indo-Pacific warm pool region, which just corresponds to the prevailing region of background westerly wind
(Wang, 1988). The frequently convective phases of CCKWs offer a natural source of WWEs. Until now, there are still no convincing
and complete theories to satisfactorily interpret mechanisms for the WWEs’ generation. Therefore, we present a comprehensive
analysis of the spatiotemporal characteristics in the diversity of WWEs that will provide further insights into the WWEs’ generation
mechanism.

The remainder of the paper is organized as follows. The data, methodology and classification criteria of WWEs are described in
Section 2. The main characteristics (amplitude, duration and seasonality) of WWEs are assessed in Section 3. We present composite
analysis results, including the WWEs’ horizontal and vertical structures as well as the related atmospheric convection and circulation
in Section 4. Section 5 tries to find some evidences that support the possibly close association of WWEs with the MJOs and CCKWs.
The summary and discussions are given in Section 6.

2. Data and methods

2.1. Data

We use the daily mean 10-m wind, vertical velocity, specific humidity, and zonal wind (200–1000 hPa) data on 2.5°×2.5° grids
for the January 1979–December 2016 period from the European Centre for Medium-Range Weather Forecasts (ECMWF) Reanalysis
Interim (ERAI-Interim) to analyze the WWEs. Daily outgoing longwave radiation (OLR) data, derived by the National Oceanic and
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Atmospheric Administration (NOAA) on 1°×1°grids for 1979–2016 period, are also used as a proxy for large-scale convection activity
over the tropical Pacific.

2.2. Methods

2.2.1. WWEs detection and classification
The detection method of WWEs follows Harrison and Vecchi (1997) with a slight improvement. Here, we choose three types of

WWEs on the equatorial regions: the Western Pacific (W) type (5 °S–5 °N, 130 °E–155 °E), the Central Pacific (C) type (5 °S–5 °N,
155 °E–180 °E), and the Eastern Pacific (E) type (5 °S–5 °N, 180 °E–150 °W). The WWEs in these three regions have significantly large
variance (Figures not shown). Moreover, we have also performed a series of comparative analyses to indicate the classification clearly
(Figures not shown). When all zonal wind anomalies are greater than the threshold of WWEs (i.e., 2 m/s), the maximum center of
standard deviations is near the equator. In the W region, there is a center which is affected by the land mask. The other center is
classified into the C and E regions, due to bigger than the W region and cross the dateline. Therefore, the WWEs over the tropical
Pacific are classified by the three regions.

In this study, we first calculate the average of ERA-Interim daily mean 10-m zonal wind for 1979–2016 period and process the
mean value using the Fourier decomposition and synthesis method (take the first four waves) as the climatology. The anomalies are
the difference between instantaneous wind and the climatology. Then, we define a WWE of the type X as any period of 6 or more days
for which the surface zonal wind anomaly, averaged over the region X through a 3-day running mean, exceeded 2m/s (approximately
one standard deviation). The center date (day (0)) of each WWE is defined as the day when the maximum value of the zonal wind
anomaly, averaged over the X region, occurs. Considering that some substantial westerly wind anomalies occurred in adjacent regions
at the same time, we identify the overlapping events by comparing the difference between the center dates of two adjacent events
within 6 days of each other and select the one with the largest maximum values. Using this method, we identified 276 WWEs
including 82 W-type events, 136 C-type events and 58 E-type events during the 1979–2016 period, corresponding to approximately 7
WWEs per year.

The durations of WWEs span multiple timescales. Many previous studies used 3 days as the threshold (e.g., Harrison and Vecchi,
1997; Chiodi et al., 2014), while we focus on the stronger WWEs with a longer duration twice as the normal threshold. Furthermore,
since the frequency of WWEs is predominantly in the 6–30-day range, we focus on these durations, and divide them into two main
types of events based on the threshold of 10-day where a significant change in the frequency of WWEs is observed (Figures not
shown): the short (6–10 days) and the long events (10–30 days), corresponding to high frequency part and low frequency part,
respectively. Due to fewer super long events with durations longer than 30 days, they are removed prior to classification. Our
classification of the six WWE types for the 276 WWEs identified during the 1976–2016 period is summarized in Table 1.

2.2.2. Composite analysis method in terms of WWEs
The method of composing various events is as follows. We compute the day (0) composite fields by averaging the parameters for

each X-type event on day (0). Composite days (± n) are similarly computed from each of the days (± n) using the corresponding
data for the X-type events. The composite for each wind event is computed according to

=
∑ +

=U x y t
u x y t

( , , )
( , , τ )

Nn
i
N

n1 i

(1)

where τi is the center days for the individual event.

2.2.3. MJO events selection
In this work, the MJO events are selected based on the equatorial (5 °S-5 °N) surface zonal wind anomalies, due to focus on

studying the WWEs. Although the surface zonal wind anomaly only involves the circulation signals of MJOs, it manifests as a high
correlation (> 0.6) with the second component of the all-seasonal real-time multivariate MJO (RMM) index (Wheeler and Hendon,
2004) that considers both the convection and circulation (Figures not shown). Actually, Straub (2013) have proved that the excessive
dependence of RMM index on the circulation. The close resemblance of surface zonal wind anomaly with RMM2 index implies that a
large portion of overlapping with the selected MJO events based on either the former or the latter. To highlight the large-scale
envelop of MJO, a space-time filtering technique that retains the zonal wavenumbers 1–5 and frequencies 1/96-1/30 cycles per day
(Wheeler and Kiladis, 1999; Kiladis et al., 2009) have been implemented here firstly. Then, the zonal wind anomalies are normalized
using their standard deviation. Spatiotemporal domains above one (below minus one) standard deviation are considered as the
convective (suppressed) phases of the MJO, as illustrated in Fig. 12a in which the year of 1981 is taken as an example.

Table 1
Number of events for the different types of WWEs.

Types W-type events C-type events E-type events

All (Duration≤ 30 days) 82 128 52
Short (Duration 6–10 days) 57 56 31
Long (Duration 10–30 days) 25 72 21
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3. WWEs amplitude and seasonal features

According to region and duration, we have classified six types of WWEs which indicate different features dependent on both
amplitude and seasonal distributions. In this section we discuss the characteristics of amplitude and seasonal distributions of various
types of WWEs. Fig. 1a–c show the amplitude distribution of every type of WWEs. In these figures, it indicates that the short events
have a peak at an intensity of 3m/s, while the long events have a larger peak at 4m/s. The maximum values of C and E types of long
events which can reach 10m/s are greater than W-type long events only reaching 7m/s, partially due to the frictional effect of the
islands in the Maritime Continent. Fig. 1d–f illustrate that the positive correlation coefficients above 0.5 can be attained between the
amplitude and duration of WWEs, which means the longer WWEs last, the stronger they are. Therefore, the amplitudes of the long
WWEs are usually bigger than the short ones.

Fig. 2 provides a quantitative assessment of WWEs’ seasonal distribution. The seasonal distributions for various types of WWEs are
different since the generation of WWEs is modulated by many factors. The W-type long events are generally more frequent in the
boreal winter, whereas the seasonal phase locking in the W-type short events is unclear (Fig. 2a). The C-type long events are also
more likely to occur in the boreal winter, while the C-type short events are more likely to occur in winter and autumn (Fig. 2b). The
seasonal distributions of W and C long events are affected by the background states. In the boreal winter, the position of convection
over the western Pacific is biased near the equator. For the W and C short events, the amplitudes of them are weak with multiple
effective factors causing their weak and complex seasonal distributions. However, the seasonality of E-type long events is not obvious,
but the short events primarily occur in July. For the E-type events, the reason is not clear. In general, the population of WWEs tends to
occur in the boreal winter, which is consistent with the results of Keen (1982) and Harrison and Vecchi (1997).

4. Results of composite analysis

In this section, we describe the results of our composite analysis, including the evolutions of the horizontal and vertical structure
characteristics of WWEs and the atmospheric convection and circulation patterns associated with WWEs. Since the definition of
WWEs used the anomalies, we firstly further analyze the total wind field of them. Seen from Fig. 3, the total wind field composites

Fig. 1. Frequency number (bars) of occurrences of the short (white) and long (black) WWEs as a function of amplitude (m/s) for the (a) W, (b) C, (c)
E types, respectively. (d–f) The scatter plots of the amplitude (m/s) and duration (days) of WWEs in the three regions with their correlation
coefficients (r) (For interpretation of the references to colour in this figure legend, the reader is referred to the web version of this article).
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show a westerly wind direction for each WWE type. The W- and C-type events have stronger background westerly winds than the E-
type. The peak of long events is stronger than the short (Fig. 3).

4.1. Evolutions of horizontal structure characteristics

Fig. 4 shows the evolutions of surface wind anomaly field of the W-type events. We observe that the typical W-type event pattern
has much stronger zonal wind anomalies than the meridional wind anomalies, with a slightly northwestward propagation throughout
the lifetime, accompanied by anomalously cyclonic circulation patterns in the north of the definition domain of the W type. This
result is consistent with the analysis of Harrison and Vecchi (1997). For the long event (Fig. 4b, d, and f), the anomalous circulation
pattern is always strong during the whole lifetime, but for the short event (Fig. 4a, c, and e) such a pattern is only clear in the peak
and decay stages. Evidently, the short event has a weaker peak intensity and smaller spatial scale than the long event.

Fig. 2. Same as Fig. 1a-c, but for the seasonality changing from January to December.

Fig. 3. Composite patterns of surface wind with vectors (m/s) and surface zonal wind with colors (m/s) for the short (left) and long WWEs (right) on
day (0). The regions for the WWE classification are indicated by the black boxes, where (a, b) W-type events, (c, d) C-type events, and (e, f) E-type
events.
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The patterns in Fig. 5, for the C type, are overall similar to those in Fig. 4, but with an eastward displacement, showing the
evolutions of anomalous surface wind field. There are no obvious anomalous cyclonic circulation patterns in the north of the C-type
events domain, but a weaker pattern on both sides of the equator during the peak and decay stages of the long event. Both, the long
and short events have weaker cross-equatorial wind anomalies at the center day. Compared to the short event, the long event has a
larger spatial scale and larger peak intensity. Different from the W-type, the C-type long event shows a clear eastward extension
during the decay stage, accompanied by an anomalous cyclonic circulation pattern in the north of the C-type region. Such a feature is
not apparent for the short event.

The E-type patterns in Fig. 6 show a higher degree of similarity to those in Fig. 5 than 4, showing that a larger circulation
difference exists in the E type from the W type than the C type. Here, the definition domain of the E-type events is slightly larger than
those of the W- and C -type events. Both timescales of the E-type events have the anomalous cyclonic circulation patterns in the south
of the domain. The cross-equatorial inflow associated with the long event is much stronger, compared to the short event. However,
there are almost no zonal movements of the wind patterns associated with the E-type event.

On the whole, the E-type WWEs is clearly larger than the others. The W- and C-type events are generally accompanied by the
anomalously cyclonic circulation patterns in the north of definition regions, whereas no such patterns are observed for the E-type
events. For the different timescales of WWEs, the long WWEs have the larger spatial scale and peak intensity than the short ones, and
the stronger associated patterns of the anomalously cyclonic circulation and cross-equatorial inflow as well. The patterns of three
types of WWEs occurring in different regions are consistent with the analyses of Harrison and Vecchi (1997), but they do not analyze
the differences among the various types of WWEs. To show the evolution characteristics of WWEs more clearly, Fig. 7 indicates the
evolutions of amplitude for the various WWEs. Clearly, the peak values of the long events are stronger than the short, consistent with
the results in Figs. 4–6. It is found that the amplitudes of the three types of short events are quite similar to each other during the
evolutions, while the C- and E-type long events are much stronger than the W-type ones.

4.2. Vertical structure characteristics

The various WWEs have obvious baroclinic structures in the vertical direction, with the centers of positive zonal wind anomalies
located between 850 and 700 hPa (Fig. 8). The relatively weak baroclinic structures of W- and C-type events are generally tilted to the
east with increasing height, with the latter more pronounced than the former, while the E-type events have standard baroclinic

Fig. 4. Composite horizontal patterns of 10-m wind (vectors, m/s) and zonal wind anomalies (shading, m/s) associated with the W-type WWEs on
(a, b) day (-3), (c, d) day (0) and (e, f) day (+3) for short events (left panels) and long events (right panels). The black boxes are same to those in
Fig. 3. The dotted areas are statistically significant at the 99% confidence level of the student’s t test.
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structures without a tilt. An analysis of the different pressure levels indicated that the anomalous zonal wind structure is in phase with
that of the original zonal wind at all levels for the W-type events; that is, when the original westerly wind occurs, the anomalous zonal
wind is also positive. This in-phase relationship only exists in the middle and lower levels, for the C-type events (both the long and
short events) and the E-type long events. For all the types of WWEs, the zonal wind anomalies of long events are stronger than those
of the short (Fig. 8).

4.3. Atmospheric convection and circulation characteristics

Fig. 9 displays the composites of OLR anomalies associated with the WWEs’ center dates (day(0)). All the types of WWEs are
associated with a meridionally quasi-symmetric OLR pattern with respect to the equator (Puy et al., 2016). Corresponding to the OLR
patterns, as shown in Fig. 10, there are the patterns of positive specific humidity anomalies due to the large-scale ascending motion
over the box regions while the negative humidity anomalies with a subsidence to the west side of the regions. The relevant convection
centers of the W-type events are shifted to the eastern side of the domain region (Figs. 9a and b, 10 a and b). In Fig. 11, overall, the
long events generally have stronger intensities and larger spatial scales of convection than the short. For the evolutions of OLR
anomalies, we found that the W-type events (both the long and short ones) and C-type long events both show evident eastward
propagation during their lifetimes and particularly the eastward shift in the long events is quite distinct. However, the E-type long
and short events have no obvious eastward movement (Fig. 11).

Why does a clear eastward propagation of the OLR anomalies only occurs for the W-type (both the long and short ones) and C-type
long WWEs? A diagnostic from the zonal asymmetry of the specific humidity may be helpful. We see that for the W- (Fig. 10b,) and C-
type (Fig. 10d) long events, the westward titled moisture shows an evidently zonal asymmetry with respect to the convective center,
in which strong moist anomalies are extended to the east far whereas strong dry anomalies prevail to the west. This kind of moisture
asymmetry has been used extensively to interpret the eastward propagation of the large-scale convective anomalies of the MJO (e.g.,
Hsu and Li, 2012; Zhao et al., 2013; Hsu et al., 2014; Li et al., 2015; Jiang et al., 2018; Wang et al., 2017, 2018). For the W-type short
events (Fig. 10a), although the moisture itself is weaker than that of the long events, there is still a certain degree of zonal asymmetry
of moisture and thus a weak eastward propagation (Fig. 11a). However, the dry anomalies for the C-type short event are very weak to
the west (Fig. 10c), resulting in a weak eastward gradient of moisture and an invisible eastward propagation (Fig. 11b). For the E-type
events, the specific humidity anomalies manifest as a dramatically eastward titled structure. Therefore, the zonal gradient sur-
rounding the convective center becomes much weaker despite the very strong moisture anomalies, leading to standing WWEs
(Fig. 11e and f). Here we can hypothesize that the different zonal propagation characteristics of the various WWEs may be due to

Fig. 5. Same as Fig. 4, except for the C-type WWEs.
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modulation of the MJO which typically has a quite clear eastward propagation.

5. Relationships between WWEs and MJOs/CCKWs

In this section, we investigate the relationship between WWEs and MJOs/CCKWs to explore the possible affection of spatio-
temporal diversity for WWEs.

5.1. MJOs

Previous studies suggested that the WWEs are closely related to MJO (Puy et al., 2016). The region where the W-type WWEs occur
is closest to the area where MJO events occur frequently and develop rapidly, with the primary duration of the long events closer to

Fig. 6. Same as Fig. 4, except for the E-type WWEs.

Fig. 7. Evolutions of amplitude (m/s) of the short (solid lines) and long (dashed lines) WWEs for the three different types.
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the typical timescale of MJO compared to the short ones. Therefore, we consider that the eastward displacements of the various
WWEs are likely related to the modulation of MJO when it propagates through the prevailing regions of the WWEs. In order to
confirm such a hypothesis, we analyzed the relationship between MJO and WWEs.

We counted the frequencies number of the various types of WWEs when the MJO occurred. As seen in Fig. 12b, a large percentage
of the long events can be modulated by the MJO convective phase compared to the short events. More than 60% of the W-type long
and short event and the C-type long events are associated with the convective MJO phases, but less than 45% of the E-type short and
long events. The relationships between the WWEs and MJO are quite different for the various types of WWEs. To further represent the
modulation of the MJO on the WWEs, we composite the 10-m zonal wind and wind vectors during the convective phase of the MJO
for the three type of WWEs (Fig. 13). Fig. 13 shows that there are also the MJO westerly wind anomalies in the three prevailing
regions of WWEs, which implies that the low-frequency MJO background state, especially the convective phases, with stronger
westerly wind anomalies in the western and central definition regions. This result may serve as a supporting factor in the different
modulations of the MJOs for the various WWEs. Due to the similar timescale, the long events are more strongly affected by the MJO,
and we suspect that the short events are closely associate with CCKWs.

5.2. CCKWs

For further studying the generation of WWEs, we analyze the relationships between the CCKWs and various types of WWEs.
Fig. 14 displays the composite Hovmöller diagrams of both surface zonal wind anomalies and CCKW-filtered (Wheeler and Kiladis,
1999; Kiladis et al., 2009) OLR anomalies associated with the W-, C-, and E-type WWEs, respectively. The CCKW filtering uses the
zonal wavenumbers of 2–14 and frequencies of 1/20–1/3 cycles per day. Compared with the long WWEs (Fig. 1d–f), the short WWEs
(Fig. 1a–c) possess more regions with OLR anomalies that passed the Student-t’s test at the 90% confidence level. This implies that the
short events are generally much more closely associated with the CCKWs, possibly due to the intrinsically similar time scale between
them, whereas the role of CCKWs is less important for the long events, especially the W-type WWEs. In addition, we further analyze
the wavenumber-frequency spectrum of OLR anomalies associated with WWEs to confirm the relationships between the CCKWs and
various types of WWEs. These results indicate that the values of short events are stronger than that of long events (Figures not
shown). In general, the CCKWs are important factors for the evolution of WWEs, especially for the short events.

Based on the above analyses, we found that not only do various WWEs have different characteristics, but their relationships with

Fig. 8. Composite vertical structures of zonal wind (contours) and its corresponding anomalies (shading) for the W-type (left), C-type (middle) and
E-type (right). (a–c) is for the short events and (d–f) is for the long events. The dotted parts are statistically significant exceeding at the 99%
confidence level of the student’s t test.
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Fig. 9. Composites of OLR anomalies for all the types of WWEs: the W type (a, b), C type (c, d) and E type (e, f), where the left (right) panels are for
the short (long) events. The boxes are the same as in Fig. 3. The slash parts are statistically significant exceeding at the 99% confidence level of the
student’s t test.

Fig. 10. Composite vertical structures of the zonal wind and specific humidity anomalies for all the types of WWEs: the W type (a, b), C type (c, d)
and E type (e, f), where the left (right) panels are for the short (long) event. Shading and streamlines indicate the specific humidity and zonal-
vertical flow anomalies averaged between 5 °S-5 °N. The green bars indicate the three regions. (For interpretation of the references to colour in this
figure legend, the reader is referred to the web version of this article).
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Fig. 11. Averaged 5 °S-5 °N time-longitude section of OLR anomalies for (a, d) W, (b, e) C and (c, f) E. short events (top) and long events (bottom).
The section with dots is significant at a 99%. The confidence level is estimated with the student’s t-test.

Fig. 12. (a) Time-longitude cross-section of the MJO-related surface zonal wind signal averaged over 5 °S–5 °N under the detected convective (red
shading) and suppressed (blue shading) MJO phases for 1981. The black dashed lines correspond the edges of three definition regions where the
WWEs occur. The black, red, and blue circles stand for the W-, C-, and E-type WWEs, with the open and solid circles denoting the short and long
events, respectively. (b) Percentages of frequency number of the different types of WWEs that were embedded within the convective phases of MJO
events (For interpretation of the references to colour in this figure legend, the reader is referred to the web version of this article).
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climate phenomena (e.g., MJO and CCKWs) are also different. Our classification of WWEs, which is based on their locations and
durations, is of great significance for studying the characteristics and possible generating mechanism of WWEs.

6. Summary and discussion

In this study, we identified 276 WWEs over the tropical Pacific during the 1979–2016 period, and classified the WWEs into six
types that cover three equatorial-Pacific regions where they occur frequently and have durations that span two major timescales
(6–10 and 10–30 days). This detailed WWE classification is necessary since the WWEs exhibit considerable spatiotemporal variations,
which makes an analysis of their characteristics and mechanisms difficult, and it allows for a more comprehensive WWE analysis.

For the amplitude of various types of WWEs, the long events are generally stronger than the short events since the duration of
WWEs is positively correlated with the amplitude to some degree. Among them, the maximum amplitudes of C- and E-type long
events are much stronger than the W-type long events. The seasonal distributions of various types of WWEs are effected by many
various factors. The W and C long events occur more frequently in boreal winter, since the convection is near equator and the
influence of MJO is stronger, in winter.

Both the spatial scale and peak intensity of the long events are larger than the short, and the correlative phenomena (anomalously
cyclonic circulation and cross-equatorial inflow) of various types of events occurred in the domain regions are diverse. Various WWEs
appear as vertical baroclinic structures, but the statement of them is dissimilarity in every layer. The different structural char-
acteristics of various types of WWEs reflect the complexity of physical mechanisms. We generally cannot analyze them as a single
WWE type to study the mechanisms of WWEs. A comprehensive WWE classification, such as the one we present here, is necessary to
understand their mechanism better, with analyses of spatiotemporal characteristics elucidating the key factors that influence WWEs.

Our examinations of the atmospheric circulation and convection patterns related to WWEs demonstrate that the evolution of
convection region associated with the W-type (both the long and short ones) events and C-type long events both indicate evident
eastward propagation during their lifetimes, whereas the C-type short events and E-type (both the long and short ones) events do not.
These different zonal propagation characteristics of the various WWEs are due to the different relationships between the WWEs and

Fig. 13. (a) Composite 10-m zonal wind anomalies (shading, m/s) and 10-m winds (vectors, m/s) during the convective phase of the MJO for the W-
type region. (b) and (c) are the same as (a), but for the C- and E-type regions, respectively. The contour interval is 0.5 m/s.
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MJO, with our research demonstrating that the W-type (both the long and short ones) events and the C-type long events are more
strongly modulated by the MJO. The relationship between WWE and MJO varies considerably as functions of both the domain
regions and the durations of the WWEs. Furthermore, the CCKWs also associated with the various types of WWEs, especially the short
events. The related factors affect the various WWE types to different degrees result in the spatiotemporal complexity of the WWEs.
Both the convection of CCKWs and MJO can lead to westerly wind generation, which can be as factors to motivate and maintain the
WWEs. The modulation of MJO tend to result in the long WWEs while CCKWs tend to the short events. The degree of influence
between the MJO and CCKWs can regulate the timescales of WWEs to an extent, with MJO modulation having a greater impact on the
domain regions. Therefore, this spatiotemporal classification of WWEs is necessary to effectively study their mechanisms.
Additionally, we find that the tropical cyclones and cross-equatorial wind anomalies influence the WWEs via analyses of their
spatiotemporal characteristics. So far, some super long events which can even longer than 100days may be mainly modulated by El
Niño which has lasting impacts. Studies on the spatiotemporal WWE variations deserve greater attention, highlighting the need to
investigate WWE mechanisms further
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Abstract: To reveal key parameter-related physical mechanisms in simulating Madden-Julian
Oscillation (MJO), seven physical parameters in the convection and cloud parameterization schemes
of Beijing Climate Center Climate System Model (BCC_CSM1.2) are perturbed with Latin hypercube
sampling method. A new strategy is proposed to select runs with good and poor MJO simulations
among 85 generated ones. Outputs and parameter values from good and poor simulations are
composited separately for comparison. Among the seven chosen parameters, a decreased value of
precipitation efficiency for shallow convection, higher values of relative humidity threshold for low
stable clouds and evaporation efficiency for deep convective precipitation are crucial to simulate
a better MJO. Changes of the three parameters act together to suppress heavy precipitation and
increase the frequency of light rainfall over the Indo-Pacific region, supplying more moisture in
low and middle troposphere. As a result of a wetter lower troposphere ahead of the MJO main
convection, the low-level moisture preconditioning along with the leading shallow convection tends
to be enhanced, favorable for MJO’s further development and eastward propagation. The MJO’s
further propagation across the Maritime Continent (MC) in good simulations is accompanied with
more land precipitation dominated by shallow convection. Therefore, the above-mentioned three
parameters are found to be crucial parameters out of the seven ones for MJO simulation, providing
an inspiration for better MJO simulation and prediction with this model. This work is valuable as it
highlights the key role of moisture-shallow convection feedback in the MJO dynamics.

Keywords: Madden-Julian Oscillation; moisture-convection feedback; parameter perturbation;
eastward propagation; general circulation model

1. Introduction

The Madden-Julian Oscillation (MJO), named after its discoverers [1,2], is characterized by a
large-scale convection ensemble initiated over India Ocean. Statistically, the MJO propagates eastward
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slowly (~5 m/s) and dies after crossing the dateline, while the coupled planetary-scale baroclinic
circulation still propagates throughout the whole tropical belt at a relatively faster speed [3–5]. As the
dominant intraseasonal (30–90 days) signal in the tropical atmosphere [6], MJO affects the climate
and weather systems over the globe such as the outbreak and withdraw of monsoon systems [3],
the initiation of El Niño events [6], the genesis of tropical cyclones [7] and the evolution of extratropical
circulation patterns through teleconnection [8,9].

There is a growing body of theoretical work trying to understand the essential physical mechanisms
of the MJO [10]. Among the four basic theories, the first one, i.e., the convectively coupled Kelvin-Rossby
wave theory was firstly proposed by Wang and Rui [11]. It emphasizes the importance of the interaction
between convective heating, the low-frequency equatorial waves, and the boundary layer (BL) frictional
moisture convergence. Therefore, only dynamical wave feedback is resolved in this theory [12].
The second basic theory, i.e., the moisture mode theory [13–15] regards the atmospheric humidity as the
first order important variable under the weak temperature gradient approximation [10]. In this theory,
the eastward propagating MJO is simulated by the so-called moisture-convection feedback [16] and
moisture transport [17–20]. The third basic theory, i.e., the frictionally coupled dynamic moisture mode
theory combines the above two theories by including a simplified Betts-Miller cumulus parameterization
scheme, in which both the moisture-convection [21,22] and wave feedbacks [12] are resolved. The last
basic theory, namely, the multiscale interaction theory includes many different schools of thinking
about how mesoscale and synoptic-scale disturbances interact and contribute to the MJO dynamics. It
includes the MJO skeleton model [23–28], the MJO-synoptic wave interaction model; [23,24,26,28], the
multi-cloud model [29,30] and the gravity wave interference model [31–33]. Besides the aforementioned
four groups of basic MJO theories, there are also two specific theories including the boreal summer
intraseasonal oscillation (ISO) theory [34] and the atmosphere-ocean interaction theory [35–37].

Despite numerously conducted theoretical work trying to understand the MJO dynamics, most of
the state-of-the-art climate models still suffer from different hierarchies of deficiencies of simulating
realistic MJO structure and its eastward propagation [38–43]. Hung et al. [44], for example, demonstrated
that only about one-third of the General Circulation Models (GCMs) from the Coupled Model
Intercomparison Project phase 5 (CMIP 5) generate the spectrum peak of MJO precipitation between
30 and 70 days. Among them only one model produces the realistic eastward propagation. Jiang
et al. [41] found that only one-fourth of the latest-generation GCMs could accurately simulate the
systematic eastward propagation of MJO. These highlight the necessity to advance our understanding
of the potential mechanisms in shaping the fundamental behaviors of the MJO, especially its smooth
propagation from the Indian Ocean to the western Pacific seen in the observation statistics [2,45,46].

An important factor leading to the unrealistic MJO simulations in GCMs has been widely
recognized as the uncertainty in cloud and convection parameterization schemes, which largely resolve
atmospheric subgrid-scale moist and convective processes [43,47–49]. For example, by increasing the
minimum value of cumulus entrainment rate of the environmental air in the Arakawa-Schubert (AS)
cumulus convection parameterization scheme, the equatorial intraseasonal signals are better simulated
by GCMs [50]. Wang and Schlesinger [51] demonstrated that the simulated Intraseasonal Tropical
Oscillation (ITO) becomes stronger by increasing relative humidity criterion for convective heating
(RHc) in three different parameterization schemes using one GCM model. The effects of convective
precipitation evaporation in unsaturated environmental air and unsaturated downdrafts are found
to be essential for the amplitude of simulated MJO in GCM [52]. The role of stratiform precipitation
portion in MJO simulation is investigated in Fu and Wang [53] and results show that increasing the
portion of stratiform precipitation by changing the value of deep or shallow convection detrainment
rate leads to a robust MJO in GCM. A robust relationship between environmental moisture and
convection was also confirmed in observation [54] and models [55,56].

In this study, we seek to find out certain cloud and convection parameter perturbations leading to
models’ best and worst ability of simulating MJO so that the parameter-related physical processes
crucial for MJO simulation could be found. Therefore, we perturb seven control parameters (such as
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the moisture thresholds related to convection trigger, the low and high stable clouds, the efficiencies
related to precipitation and evaporation in deep and shallow convections, and the adjustment timescale
for shallow convections) in the cloud and convection parameterization schemes, using Beijing Climate
Center Climate System Model (BCC_CSM1.2) with a revised Zhang and McFarlane’s convection
scheme (hereafter RZM) [49,57]. Therefore, a variety of model runs are generated after perturbing
these parameters in order to identify parameter perturbations leading to runs with a high-skill MJO
simulation (hereafter good simulations) and runs with a low-skill MJO simulation skill runs (hereafter
poor simulations).

The parameter perturbation strategy and model used in this study is the same as that in Liu
et al. [57], but for different purposes. Liu et al. [57] focused on the optimization of MJO simulation
and prediction skills, while this study emphasizes the crucial physical mechanisms for better MJO
simulation, which are modulated by values of cloud and convection parameters in this model. Besides,
to objectively select the good and poor integrations, a new evaluation strategy for the MJO simulation
skill is proposed in this study. Unlike Liu et al. (2018) who only select one high-skill run and one
low-skill run, this study would objectively identify those good and poor simulations with the new
evaluation strategy, and a composite analysis is then performed for the two groups of simulations.
In this way, a robust result may be shed light on, and more importantly, the parameter-related
mechanisms that are vital important to the better MJO simulations will be revealed in a robust way.

This paper is arranged as follows. Section 2 describes the data and methodology. The composite
good and poor simulations of the MJO are presented in Section 3. The diagnostics of mean states are
given in Section 4. Section 5 analyzes the MJO-scale cloud and moist processes, in which the key role
of moisture and shallow convection feedbacks are identified and studied. Finally, the summary and
discussion are given in Section 6.

2. Data and Methodology

2.1. Data

BCC_CSM1.2 model [58] is used in this study. BCC_CSM1.2 model is a climate system model
including 4 components. The atmospheric component of BCC_CSM1.2 is Beijing Climate Center
Atmospheric General Circulation Model (BCC_AGCM3.0), which adopts a spectral truncation of 106
waves (T106) in the horizontal and 40 layers (L40) in the vertical from surface to 0.31 hPa. Beijing Climate
Center Atmosphere-Vegetation Interaction Model (BCC_AVIM2.0) [59] is used as BCC_CSM1.2’s land
surface component with the same horizontal resolution as BCC_AGCM3.0. The global ocean general
circulation model in BCC_CSM1.2 called MOM4_L40v2 is modified from the Modular Ocean Model
(MOM4) to include the ocean carbon cycle [59] with a horizontal resolution of 1/3 degrees (~30 km)
and 40 vertical layers. BCC_CSM1.2 also includes the Sea Ice Simulator (SIS) [60] as its sea ice model.

The RZM scheme invoked in our work is a revised version of the original scheme of Zhang and
McFarlane [48]. It is different from the original scheme in (a) the closure condition, where the original
scheme only assumes that convection acts to remove the atmospheric convective available potential
energy with a relaxation of 2 h while the RZM assumes that a quasi-equilibrium exists between
convection and the large-scale environment in the free troposphere above the boundary layer, (b) the
inclusion of a relative humidity threshold for convection triggering, which acts to suppress spurious
convection when the boundary layer is dry, and (c) the allowance for the bottom of the unstable lifted
layer’s occurrence above the boundary layer. Details about the revision could be found in Zhang and
Mu [49] and Wu et al. [61].

A series of experiments were run by perturbing the values of (1) adjustment time scale for
shallow convection (τ_shal), (2) precipitation efficiency for shallow convection (C0_shal), (3) relative
humidity threshold for low stable clouds (RH_low), (4) relative humidity threshold for high stable
clouds (RH_high), (5) relative humidity threshold for convection trigger (RH_trig), (6) precipitation
efficiency for deep convection (C0_deep) and (7) evaporation efficiency for deep convective precipitation
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(Ke_deep) [57]. These parameters are perturbed with Latin Hypercube sampling (LHS) method [62] to
sample points within the seven-dimensional parameter space. The Latin hypercube procedure selects
pseudo-random points from the full seven-dimensional parameter space, ensuring uniform coverage
across the space. Details of the experimental design could be found in Section 2.2.1 of Liu et al. [57].

Adopted from Liu et al. [57], Table 1 shows the default, maximum and minimum values of
seven chosen parameters. In total, 85 perturbed points or 85 sets of different parameter values are
sampled for seven parameters. The model is integrated with each set of parameters for seven years,
generating 85 sets of daily outputs on grids with a horizontal resolution of 1.125◦ × 1.125◦ at 40 vertical
layers. Considering that these integrations may take a few years to reach an equilibrated state after
changing values of these seven parameters, we examined the time series of tropical (30◦ S–30◦ N)
Surface Temperature and column-integrated (850–500 hPa) specific humidity in the 85 integrations (not
shown here). Results show that most of the integrations reach an equilibrated state after 1.5–2 years of
adjustment. Therefore, the last five years of each set of outputs are used for analysis.

Table 1. Description, default values and perturbed ranges of seven parameters in the model, adopted
from Liu et al. [57].

Parameter Description (units) Default Value Minimum Maximum

τ_shal Adjustment time scale for
shallow convection (s) 1.8 × 103 0.9 × 103 9.0 × 103

C0_shal Precipitation efficiency for
shallow convection (m−1) 0.8 × 10−4 0.5 × 10−4 3.0 × 10−4

RH_low Relative humidity threshold
for low stable clouds (fraction) 0.87 0.80 0.99

RH_high
Relative humidity threshold

for high stable clouds
(fraction)

0.65 0.65 0.85

RH_trig
Relative humidity threshold

for convection trigger
(fraction)

0.60 0.60 0.85

C0_deep Precipitation efficiency for
deep convection (m−1) 2.0 × 10−3 1.0 × 10−3 6.0 × 10−3

Ke_deep
Evaporation efficiency for
deep convective precipitation

(
(
kg m−2 s−1

)−1/2
s−1)

1.0 × 10−6 0.5 × 10−6 10.0 × 10−6

The observational data used in this study consists of the daily outgoing longwave radiation
(OLR) data from the National Oceanic and Atmospheric Administration (NOAA) polar-orbiting series
of satellites [63], TRMM based precipitation observations (version 3B42 v7) [64] and the European
Center for Medium-Range Weather Forecasting (ECMWF) ERA-Interim reanalysis [65] for the period
of 2000–2009. All datasets and model outputs are interpolated into a 2.5◦ × 2.5◦ longitude-latitude grid
and 19 vertical layers as ERA-Interim reanalysis data.

2.2. Methodology

2.2.1. Evaluation of MJO Simulation with Three Canonical Methods

Many metrics regarding MJO variability and its internal physics have been given in previous
studies [41,42,44,45,55,66–69]. Jiang et al. [41] proposed two metrics to evaluate the models’ ability of
simulating realistic MJO. The first approach (Lag-correlation hereafter) is defined as the average value
of two pattern correlation coefficients (PCCs) in each model. The equatorial (10◦ S–10◦ N) 20–100–day
filtered precipitation in GCM outputs and observation are lag regressed from day -20 to 20, against the
area-averaged time series of itself over India Ocean (75–85◦ E; 5◦ S–5◦ N) and Pacific Ocean (130–150◦ E;
5◦ S–5◦ N), respectively. Two regional Hovmöller plots (day −20 to 20, (60◦ E–180◦)) are given in each
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GCM and observation by averaging the regressed precipitation in meridional direction. Two PCCs are
computed by regional Hovmöller plots in GCM and observation. The averaged value of these two
PCCs is thus defined as the MJO simulation skill score by Lag-correlation. The other approach is based
on the regional (60◦ E–180◦) space-time power spectral analysis of precipitation or other convection
related variables over an equatorial belt [70], and it is defined as the ratio of the spectral power for the
eastward to westward propagation component (E/W ratio hereafter) on MJO time and space scales
(period of 30–90 days, zonal wavenumber of 1–3). Another approach called “MJO tracking method”
is also used to examine the MJO simulation qualities in different models in previous study [42]. It is
based on the Hovmöller diagrams of filtered equatorial precipitation. A set of criteria is used to track
the MJO events in model outputs. Each event’s amplitude, propagation range and life span are also
given by this method. Details about the MJO tracking method could be found in Zhang and Ling [71].

Three aforementioned approaches (Lag-correlation, E/W ratio and MJO tracking method) are used
to examine the MJO simulation skills in 85 integrations. It is worth noting that the Lag-correlation and
E/W ratio scores are computed based on the OLR data, considering that OLR is a good representation
of organized convection systems and has a normal distribution. However, the MJO tracking method
is still based on equatorial precipitation data because this method includes some criteria especially
designed by using precipitation data like the reference longitude and the criteria used to determine
the initiating and ending date of each MJO event [71]. Using OLR in MJO tracking method without
changing these criteria leads to its failure to track MJO events. Therefore, we still use precipitation
data in the MJO tracking method for convenience. Figure 1 shows the scores of 85 integrations given
by Lag-correlation. Runs of the top 10 and bottom 10 scores are labeled in red and blue, respectively.
The top (bottom) 10 is then identified as stronger (weaker) MJO runs. Compared with the result in
Jiang et al. [41], the diversity of scores in our study is clearly smaller with most of them lying between
0.7 and 0.85. The E/W ratio scores computed with OLR are given along with the Lag-correlation scores
in Figure 2a. Integrations identified as strong (weak) MJO simulations are scattered in red (blue). The
E/W ratio scores in all 85 runs are above 1.0, indicating that the eastward propagating components of
large-scale intraseasonal signals in 85 integrations are stronger than that of the westward propagation
component. However, the correlation coefficient between Lag-correlation scores and E/W ratio scores
is only 0.23, and the stronger MJO integrations identified by Lag-correlation scores lie in almost the
same zone in E/W ratio as weaker MJO integrations. The linear fit between two scores also shows that
two scores no longer corroborate each other in MJO simulation skill measurement. Considering that
the Lag-correlation scores are computed with OLR data filtered only in time dimension while OLR
data is filtered both in time and zonal dimension before computing E/W ratio scores, the E/W ratio
in the same times scale of 30–90 days but at different wavenumbers of 1–15, and 4–15 are computed,
as shown in Figure 2b,c, along with Lag-correlation scores. The regression lines in Figure 2b,c are
much steeper compared with that in Figure 2a, but it is probably due to the narrower spread of E/W
ratio values in the x axis. The correlation coefficient between these two scores slightly increases when
including intraseasonal signals of all zonal wavenumbers. The correlation coefficient decreases to 0.13
if only a wavenumber of 4–15 spectral power is included to compute the E/W ratio.
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model integration. The more frequent model produces MJO events, the higher MJO simulation skill 
the model has. Therefore, MJO tracking method is applied to get the quantity of MJO events in 85 
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quantity of tracked MJO events in 85 integrations and Y axis referring to E/W ratio scores in Figure 
3a, Figure 3b, and Figure 3c, and Lag-correlation scores in Figure 3d. Among 4 correlation 
coefficients in scatter plots of Figure 3, the correlation coefficient between quantities of MJO events 
and E/W ratio is the highest, but only reaching 0.26. The low correlation coefficients in Figure 3 
indicate that scores given by quantity of MJO events do not corroborate with those given by 
Lag-correlation, nor E/W ratio.  

Figure 2. Scatter plot of scores by Lag-correlation (y axis) against scores by E/W ratio (x axis) of
zonal wavenumber (a) 1–3, (b) 1–15, and (c) 4–15. The scores by Lag-correlation are the same as
those in Figure 1. Scores by E/W ratio are defined as the values of dividing the spectra power in the
eastward-propagating component by that in the westward-propagating component on MJO time and
space scales (period of 30–90 days, zonal wavenumber of 1–3) in each run. The power spectral analysis
is conducted with regional OLR (5◦ S–5◦ N; 60◦ E–180◦) and then averaged meridionally. The 10
integrations identified by Lag-correlation as with stronger (weaker) MJO are scattered in red (blue)
while the others in black. The dot line donates the linear fit by least squares means. The correlation
coefficients are also displayed.

The same diagrams are done to investigate the correlation between scores given by quantities of
MJO events, Lag-correlation and E/W ratio. Ling et al. [42] proposed a hypothesis after evaluating
27 GCMs that the model’s ability of simulating MJO is highly related to the quantity of MJO events
in model integration. The more frequent model produces MJO events, the higher MJO simulation
skill the model has. Therefore, MJO tracking method is applied to get the quantity of MJO events in
85 integrations. Figure 3 presents the same scatter plots as Figure 2 but with X axis referring to the
quantity of tracked MJO events in 85 integrations and Y axis referring to E/W ratio scores in Figure 3a–c,
and Lag-correlation scores in Figure 3d. Among 4 correlation coefficients in scatter plots of Figure 3,
the correlation coefficient between quantities of MJO events and E/W ratio is the highest, but only
reaching 0.26. The low correlation coefficients in Figure 3 indicate that scores given by quantity of MJO
events do not corroborate with those given by Lag-correlation, nor E/W ratio.
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2.2.2. A New Strategy to Evaluate the MJO Simulation Skill

A new evaluation strategy is therefore proposed to identify integrations with good and poor MJO simulations.
The contradiction in scores using the above three different canonical approaches individually makes
it difficult to find out one certain integration with the highest MJO modulation skills in all respects.
However, the two approaches (Lag-regression and E/W ratio) in Jiang et al. [41] are still widely used
to evaluate model’s MJO simulation skills. The Lag-correlation examines the propagation quality of
intraseasonal signals while E/W ratio investigates whether the eastward propagation is dominant in
MJO time and space scales. Therefore, a combination of Lag-regression and E/W ratio scores is used to
identify good simulations and poor simulations. The new evaluation strategy consists of three steps:
(i) rank 85 integrations twice, in order of Lag-correlation and E/W ratio scores respectively from high
to low, (ii) divide two ranks respectively into three tiers (the top, middle and bottom tiers). Two rank’s
top and bottom tier sizes (hereafter tier-size) are same. (iii) identify good and poor simulations. If
one integration lies in top (bottom) tier of both two ranks, this integration is thought to be good
(poor) simulation.

Attempts are made to choose the appropriate tier-size during dividing two ranks into three tiers
in step ii. Three rules need to be considered while choosing: (i) the quantities of selected good and
poor simulations should be sufficient to do the composite analysis, (ii) the difference between the
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case numbers of selected good and poor simulations is small enough to fairly compare the composite
results, and (iii) the mean scores in good and poor simulations show distinct differences. Figure 4
shows the quantities of selected good and poor simulations and the difference between mean scores of
these two groups according to different tier-sizes. Based on the second rule, tier-size of 10, 20 and 33
are worth considering. However, the quantities of selected good and poor simulations are too small to
do the composite analysis when tier-size is under 16 and the difference between mean scores decreases
rapidly when tier-size is greater than 20. Therefore, we choose 20 as the appropriate tier-size by which
six good simulations (integration 1, 6, 23, 33, 38 and 48) and eight poor simulations (integration 10,
14, 18, 30, 43, 45, 55 and 70) are identified for the following analysis. Distributions of MJO scores are
analyzed to investigate the validity of this new strategy. Figure 5 presents the distribution of good
and poor simulations selected by this new strategy in scores of Lag-correlation and E/W ratio among
85 integrations. Uniform higher scores could be seen in good simulations compared with poor ones,
especially of E/W ratio scores, indicating that such new evaluation strategy is effective in selecting
high-skill and low-skill MJO simulations.
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Figure 5. Scatter plots of scores by Lag-correlation (y axis) against scores by E/W ratio (x axis) with
good (poor) simulations selected by the new evaluation strategy scattered in red stars (blue triangles)
while the rest of 85 runs scattered in black dots.

2.2.3. Compositing Technique and Significance Test

Before the composite analysis, a linear regression technique was conducted for each group of
simulation. The referenced time series is calculated as the 20–100-day, bandpass-filtered OLR anomaly
averaged over the Indian Ocean (5◦ S–5◦ N; 75◦–85◦ E) and Pacific Ocean (5◦ S–5◦ N; 130◦–150◦ E).
Then, the MJO-scale perturbations are obtained by regressing any atmospheric or oceanic parameters
against this referenced time series. The composite results of the six good simulations and eight poor
simulations are calculated using their associated regression patterns, respectively, in which the lags
from −20 to 20 days is used to thoroughly observe the entire life cycle of the MJO. The significance test
of the composite results at the 90% confidence level is based on the Student’s t statistic that obeys a
distribution with a degree of freedom (DOF) of N. The DOF N is 6(8) for the good (poor) simulations.

3. Composites of Good and Poor Simulations

3.1. Parameter Values

Average values of seven chosen parameters in good and poor simulations are given in Figure 6.
Seven chosen parameters differ largely in their magnitudes as Table 1 shows. In order to visualize
each parameter’s perturbation in good and poor simulations and to compare their differences, the
values of these parameters are converted to their percentiles in each parameter’s changing range
(maximum-minimum as in Table 1). Three parameters such as precipitation efficiency for shallow
convection (C0_shal), relative humidity threshold for low stable clouds (RH_low) and evaporation
efficiency for deep convective precipitation (Ke_deep) exhibit significant differences between good and
poor simulations. In good simulations, values of RH_low and Ke_deep are about twice of those in poor
simulations while the value of C0_shal is only about the one third of it in poor simulations.
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Figure 6. Average values of 7 chosen parameters in good and poor simulations in form of each
parameter value’s percentile within its perturbing range (maximum-minimum) as in Table 1.

Individual changes in values of the above three parameters lead to changes in cloud and convection.
Increasing RH threshold for low stable clouds value leads to a reduction of low-level clouds, and this
reduction results in an additional moisture accumulation beneath low stable clouds. The decrease in
value of precipitation efficiency for shallow convection makes it harder for water in shallow convective
clouds to convert to rain droplets. Therefore, this would decrease the shallow convective precipitation
and thus humidifying the low troposphere. The sharp increase in the value of evaporation efficiency for
deep convective precipitation causes a higher ratio of deep convective rain droplets evaporating while
falling down. So, the deep convective precipitation declines largely due to this change. Interestingly,
research shows that this change not only influences the deep convection, but also is favorable for
low cloud formulation and development of shallow convection [72]. In general, the sharp contrasts
between good and poor simulations in terms of these three parameter values have implied the crucial
role of the lower-tropospheric moistening in supporting the better MJO simulation (e.g., Yoneyama et
al. [73]; Wei et al. [74]).

3.2. Zonal Wavenumber-Frequency Spectrum

To check the characteristics of MJO along with other Convection Coupled Equatorial Waves
(CCEWs), Figure 7 shows the signal-to-noise ratio of OLR anomalies computed using the space-time
spectral analysis method [70]. In observation, three main CCEWs are clearly shown in Figure 7a.
Westward-propagating Equatorial Rossby (ER) waves are dominant in low-frequency period of
wavenumbers 3–5 while eastward-propagating Kelvin waves and MJO are also identified. The spectral
band of MJO signals lies within zonal wavenumbers of 1–3 and timescales of 30–90 days, with a single
peak at wavenumber of 1 and frequency of 0.15 cycles per day (period of 40 days). The timescales of
Kelvin waves in observation vary between three days and 15 days with greater zonal wavenumbers
of 2–8. The gap between Kelvin waves and MJO in the power spectral is distinct in observation.
Figure 7b presents the composite result of spectral analysis in poor simulations. Compared with
observation, the ER waves in poor simulations exhibit a new independent power center at wavenumber
6. MJO-related signals greatly shrink and are divided into two individual peaks (at wavenumber 1
and 4) with a much weaker amplitude. Kelvin waves are not well simulated in poor simulations.
Kelvin waves vanish in shorter timescales and larger zonal wavenumbers. The residual part of
Kelvin wave is connected with weak MJO, filling the gap between them in observation. Composite
result of good simulations shows improvement in simulation of CCEWs. MJO-related signals are
amplified with a center at zonal wavenumber 1 compared with poor simulations. Kelvin waves are also
improved by enhancing the spectral power of its fast components with larger zonal wavenumbers. The
improvement of Kelvin waves accompanied with better MJO in models is also proposed in the previous
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study [75,76]. ER waves are also improved by eliminating the positive bias in zonal wavenumber 6 of
westward-propagating component.Atmosphere 2019, 10, x FOR PEER REVIEW 11 of 26 
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Figure 7. Boreal-winter (November–April) Signal-to-noise ratio in the wavenumber–frequency spectral
domain of the 15◦ S–15◦ N symmetric components of OLR anomalies in (a) observation, (b) composite
of poor simulations, (c) composite of good simulations and (d) difference between composited results
of good and poor simulations.

3.3. Hovmöller diagrams

In order to investigate the propagation of intraseasonal convection systems, the boreal winter
Hovmöller diagrams in observation, good and poor simulations are given in Figure 8. The equatorial
(10◦ S–10◦ N), 20–100-day band-pass-filtered OLR in boreal winter is lag-regressed form day −20
to 20, against the time series of itself averaged over equatorial India Ocean (75◦–85◦ E; 5◦ S–5◦

N) and west Pacific (130◦–150◦ E; 5◦ S–5◦ N), respectively. The three-dimensional coefficient is
then averaged in meridional direction to obtain the Hovmöller plots. In observation as Figure 8a,b
show, the convection systems are initiated over Indian Ocean. Well-organized eastward propagation
is produced over both India and Pacific Ocean at a speed of about 5 m/s. The barrier effect of
Maritime Continent on MJO’s propagation is also indicated in Figure 8b with the propagation slowed
down while crossing. In poor simulations given by Figure 8c,d, the regressed coefficient exhibits a
strong westward-propagating feature over India Ocean. The propagation over Pacific is relatively
better with a weaker westward-propagating component, but the MJO convection dies quickly before
reaching the dateline. Also, discontinuous signals are generated after day 0 over west Pacific to
motivate the eastward propagation faster than observation. While in good simulations as Figure 8e,f
show, the propagation of intraseasonal convection systems is improved both over India and Pacific
Ocean. The westward propagations over India Ocean in poor simulations are eliminated. A new
eastward-propagating convection signal occurs over Maritime Continent a few days after day 0,
indicating that the intraseasonal convection initiated over India Ocean propagates further across MC
in good simulations. These improvements have reached 90% confidence level. The improvement of
MJO convections over Pacific Ocean is relatively weaker with a continuous signal developed at lag
day −10 propagating eastward at almost the same speed in observation. The propagation range over
Pacific Ocean in good simulations also gets improved with convections triggered at or even east of
dateline, similar with the observational situation.
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double inter-tropical convergence zone (ITCZ). Insufficient precipitation occurs over the Maritime 
Continent and the east boundary of the Bay of Bengal. Excessive precipitation is dominant in the 
South Pacific Convergence Zone (SPCZ) and southwest India Ocean. After changing the values of 
seven parameters, the composite pattern of climatological-mean precipitation in good simulations 
does not change much in the overall distribution. However, the composite of good simulations is 
improved by amplifying rainfall in Maritime Continent, mainly over land. The positive biases over 
SPCZ and south India Ocean are also amplified. In order to better examine the boreal winter mean 
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specific humidity in poor simulations, good simulations, observation and the differences between 
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Figure 8. Boreal winter (November–April) Lag-longitude cross section of the correlation coefficient of
20–100 day filtered OLR anomalies against the area-averaged time series of itself in observation (a and
b), poor simulations (c and d) and good simulations (e and f) at the reference area of equatorial India
Ocean (5◦ S–5◦ N; 75◦–85◦ E) (left column) and Pacific Ocean (5◦ S–5◦ N; 130◦–150◦ E) right column).
The regressed coefficient is averaged over 10◦ S–10◦ N. (d) and (e) are dotted where the difference
between composite of good and poor simulations reach 90% confidence level.

4. Diagnostics of Climatology

4.1. Mean State

Previous studies of the MJO concluded that a reasonable mean state is necessary to simulate
realistic MJOs [41,77]. Figure 9a–d show the winter-mean precipitation in the composite of poor
simulations, the composite of good simulations, observation and the difference between good and poor
composites, respectively. As shown in Figure 9a, poor simulations suffer from the problem of double
inter-tropical convergence zone (ITCZ). Insufficient precipitation occurs over the Maritime Continent
and the east boundary of the Bay of Bengal. Excessive precipitation is dominant in the South Pacific
Convergence Zone (SPCZ) and southwest India Ocean. After changing the values of seven parameters,
the composite pattern of climatological-mean precipitation in good simulations does not change much
in the overall distribution. However, the composite of good simulations is improved by amplifying
rainfall in Maritime Continent, mainly over land. The positive biases over SPCZ and south India Ocean
are also amplified. In order to better examine the boreal winter mean state, the winter-mean Sea Surface
Temperature (SST), u850 and integrated low-level (850–500 hPa) specific humidity in poor simulations,
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good simulations, observation and the differences between good and poor simulations are given in
Figure 10. Both the tropical SST and integrated specific humidity experience an overall increase in
good simulations compared with poor simulations, which is consistent with the finding in previous
researches that there will be more MJO events with a greater amplitude and farther propagation in
a warmer and wetter world [78,79]. It is worth noting that the rise of low-level integrated specific
humidity increases the meridional gradient of mean humidity. It has been proposed in Gonzalez and
Jiang [80] that a steeper meridional mean humidity gradient is favorable for MJO propagation. The
difference of u850 between good and poor simulations shows that the equatorial westerly over India
and west Pacific gets amplified. However, the easterly south of MC is also strengthened.
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Figure 10. Boreal winter (November–April) mean state of Sea Surface Temperature (SST, left column),
850 hPa zonal wind (u850, middle column) and integrated low-level (850–500 hPa) specific humidity
in (a) composite of poor simulations, (b) composite of good simulations, (c) observations and (d) the
differences between composites of good and poor composites. The differences reaching 90% confidence
level are dotted in (d).
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The occurrence frequency of background precipitation is also examined because researches find
out that contemporary climate models used in Phase 3 and Phase 5 of the Coupled Intercomparison
Project have biases in the frequency distribution of tropical rainfall inhibiting complete formation of
the tropical convective cloudiness [55,81]. The distribution of rainfall over the equatorial Indo-Pacific
region (10◦ S–10◦ N; 50◦ E–180◦) as a function of accumulated percentiles (divided by the lower
80th and upper 20th percentiles) is given in Figure 11. Light rainfall is defined with amplitude of
0.1–10 mm day−1. With no precipitation accounts for almost 0% in composite results of both good
and poor simulations, the percentile of light rainfall accounts for 80% in poor simulations, the same
as observation although the frequency distribution varies. Composite result of the poor simulations
shows large bias in the accumulated percentile distribution of rainfall less than 5 mm day−1 and more
than 20 mm day−1, which indicates an insufficient generation of extremely light precipitation (less
than 5 mm day−1) and excessive generation of intense precipitation in poor simulations. This bias is
largely corrected in good simulations with both ends of the distribution curve closer to observation,
especially for intense precipitation. Therefore, the frequency distribution of precipitation over the
equatorial Indo-Pacific region is much improved by changing the values of seven parameters.
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Atmosphere 2019, 10, 241 15 of 26

4.2. Environmental Moisture Sensitivity of Convection

To examine the relationship between moisture and convection closely, composite vertical profiles
of the Relative Humidity (RH) as a function of daily averaged precipitation over the Indo-Pacific
region are given in Figure 12. In the observation (Figure 12a), the lower troposphere becomes more
humid as the precipitation rate increases. The entire column is almost saturated when the precipitation
rate is greater than 10 mm day−1, which means that the heavier precipitation is suppressed until the
atmosphere is almost saturated with relative humidity higher than 70%. It is similar to previous
findings that more convection occurs in a more humid atmosphere [54,55]. Composite result of poor
simulations in Figure 12b shows a dryer environmental atmosphere for light rainfall. Precipitation
greater than 30 mm day−1 in poor simulations occurs with a more humid environment at levels
around 350 hPa while the lower and upper troposphere are still dryer than observation. The dry bias
indicates that the excessive intense precipitation as in Figure 11b consumes too much moisture in
the environmental atmosphere. Therefore, most convections in poor simulations develop in a dryer
atmosphere. The difference between composite results of good and poor simulations are presented
in Figure 12d. The entire lower atmosphere (840–500 hPa) witnesses a moistening with a center at
600 hPa of all precipitation intensities while the humidifying center lies within light precipitation rates
(0.1–10 mm day−1). This is consistent with changes in rain rate frequency over the same region in
Figure 10, where more frequent extremely light rainfall and less heavy precipitation could be seen in
good simulations.
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Figure 12. Composite vertical profiles of relative humidity as a function of precipitation rate over
equatorial Indo-Pacific region (10◦ S–10◦ N; 50◦–180◦ E) in (a) observation, (b) composite of poor
simulations, (c) composite of good simulations and (d) the difference between composites of good and
poor simulations. The differences reaching 90% confidence level are dotted. Noted that the precipitation
rate on x axis is plotted on a log10 scale.
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Difference in the moisture-convection relationship between good and poor simulations is probably
due to large changes in values of three important parameters. Increasing the evaporation of deep
convective precipitation is favorable for the development of shallow convection [72]. While increasing
the value of RH threshold for low level stable cloud and decreasing the value of shallow convective
precipitation efficiency both tend to reduce shallow convection, this reduction is compensated with
the effect of humidifying low troposphere by intensifying deep convective rainfall evaporation. More
shallow convection in good simulations in Figure 11 transports moisture in the low troposphere
to middle level, humidifying middle troposphere and drying low troposphere. However, rigorous
conversion from cloud water to shallow convective precipitation and less low cloud both lower the
efficiency of low-level moisture consumption due to shallow convective precipitation, thus accumulating
more moisture in low troposphere. Superimposition of all above influences results in an overall
humidifying centering at middle troposphere of light precipitation.

5. Role of Moisture-Shallow Convection Feedback

5.1. Pre-Moistening Effect over the Lower-Layer Atmosphere

Profile of boreal winter regressed specific humidity at lag day 0 is diagnosed to investigate the
changes in the MJO-related moisture structure. Figure 13 shows profiles of equatorial (10◦ S–10◦ N)
specific humidity anomalies regressed against the 20–100 day filtered OLR time series in the reference
area (5◦ S–5◦ N; 75◦–85◦ E) in observation, good simulations, poor simulations and the difference
between good and poor simulations. Result in observation given in Figure 13a shows a west-tilted
structure of MJO convection system. The leading preconditioning moisture in lower troposphere and
boundary layer ahead of the main convection plays an essential role in the eastward propagation of
MJO (e.g., Kim et al. [77]; Hsu and Li [82]; Zhao et al. [83]; Hsu et al. [84]; Wang et al. [85]; Wei et al. [74]).
Such preconditioning moisture destabilizes lower troposphere, favorable for the development of
leading shallow convection. The shallow convection develops into the following deep convection of the
MJO main convection system, resulting the systematic eastward propagation. Figure 13b presents the
profile of regressed moisture in poor simulations. The west-titled structure in observation turns into a
straight one in poor simulation centering at middle troposphere with broken weak signals ahead, which
accounts for the non-propagating or even westward propagating intraseasonal convection systems as
Figure 8c,d indicate. As Figure 13d presents, the difference between profiles of regressed equatorial
moisture in good and poor simulations tends to compensate for the large bias in poor simulations
mainly by moistening the lower troposphere and boundary layer ahead of the main convection of MJO.
Therefore, the pre-moistening at low-layer troposphere is produced in good simulations, favorable for
the propagation of MJO.

In order to clarify the dominant source of the pre-moistening, we use the following equation [86]:

∂〈q′〉
∂t

= −〈Vh·∇hq〉′ − 〈ω
∂q
∂p
〉
′
− 〈

Q2

Lv
〉
′, (1)

where Vh = (u, v) denotes the horizontal velocity vector, ∇h =
(
∂
∂x , ∂

∂y

)
is the horizontal gradient

operator, Q2 is the atmospheric apparent moisture sink, 〈·〉 indicates the column integration from
surface to 100 hPa. The superscript prime denotes the anomaly regressed against the area-averaged
time series of 20–100 day filtered OLR in the reference area (5◦ S–5◦ N; 75◦–85◦ E). The first term
on the right-hand side of Equation (1) is the horizontal moisture advection. The second term is the
large-scale adiabatic vertical motion and the third term represents the subgrid-scale evaporation and
condensation. The sum of the second and third terms represents the net moistening associated with
the column process. Following Yanai et al. [86], the net moistening associated with the subgrid-scale
process can be approximated as the residual term between the moisture tendency and the adiabatic
advective processes.
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Figure 13. Longitude-height cross section of regressed specific humidity (averaged over 10◦ S–10◦ N)
on lag day 0 against the area-averaged 20–100 day filtered OLR time series at the reference area (5◦ S–5◦
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According to Figure 13d, the enhancement of pre-moistening in good simulations is mainly over
equatorial MC area (10◦ S–10◦ N; 90◦–120◦ E) so that the column-integrated moisture budget terms
are averaged over this area. Figure 14 shows the result of such budget analysis in observation, good
simulations and poor simulations. Both the tendency terms in observation and composite of good
simulations are positive, indicating the accumulation of moisture over this area. But the tendency
term in the composite of poor simulations is negative, which accounts for the non-propagating MJO
convections. In observation, the positive tendency term over pre-moistening area is mainly contributed
by the meridional advection term and the column process while in good and poor simulations, the
tendency term is mainly determined by the column process, which is also the most contractive term
between good and poor simulations.Atmosphere 2019, 10, x FOR PEER REVIEW 18 of 26 
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Figure 14. Results of the regressed moisture budget analysis in observation, good and poor simulations.
Four terms presented are defined in Yanai et al. [86]. Each term is regressed against the time series of
area-averaged 20–100 day filtered OLR in the reference area (5◦ S–5◦ N; 75◦–85◦ E) and then vertically
integrated from surface to 100 hPa. The integrated four terms are averaged in the pre-moistening area
(10◦ S–10◦ N; 90◦–120◦ E) in observation, good and poor simulations.
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Therefore, to investigate the role of multi-cloud structure related with convections in
pre-moistening, the Q2 in Equation (1) is lag regressed from day −20 to 20 against the area-averaged
time series of 20–100 day filtered OLR in the reference area (5◦ S–5◦ N; 75◦–85◦ E). The four-dimensional
Q2 is then area-averaged over equatorial MC (10◦ S–10◦ N; 90◦–120◦ E) to get the time-height cross
section. Results in observation, composite of good simulations, composite of poor simulations are
given in Figure 15. In observation, the low-level heating indicating the formation of low-level clouds
starts since day −5, destabilizing the atmosphere column, favorable for the following development of
shallow convection. Such destabilization and convection development are significantly weakened in
poor simulations as the low-level heating starts since day −2 with the heating center higher than that in
observation. The heating profile center remains in the low-troposphere after day 0 in observation while
both shallow and deep heating sources are found in poor simulations. The difference of Q2 profiles
between good and poor simulations shows a low-level heating and middle-level cooling from day
−5 to day 5, which destabilizes the atmosphere ahead of the MJO major convection, favorable for the
development of leading shallow convection. The contrast between Q2 profiles indicates a probable
enhancement of leading shallow convection.Atmosphere 2019, 10, x FOR PEER REVIEW 19 of 26 
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5.2. Key Role of Shallow Convection Leading the Deep Convection

In order to check the enhancement of shallowing convection leading the deep convection of MJO,
diagnostics of boundary layer moisture convergence (shown in Figure 16) are conducted. In observation
(Figure 16a), strong moisture convergence occurs over the MC when the convective center is over
the Indian ocean, indicating the existence of shallow convection leading the updrafts. This leading
boundary layer moisture convergence is greatly weakened in the composite of poor simulations, while
strong moisture convergence still exists in good simulations. The difference of boundary layer moisture
convergence proves that the shallow convection leading MJO major convection in good simulations is
indeed enhanced. The enhancement of leading boundary layer moisture convergence also indicates
that the BL frictional moisture feedback [87,88] contributes to the improvement of MJO simulation.
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To better understand the role of leading shallow convection in better simulation of MJO, regressed
structure of apparent heating source (Q1) as defined in Yanai et al. [86] is given in Figure 17, along
with the regressed profile of equivalent potential temperature (EPT). The regressed structure of Q1 in
observation shows that the shallow convection heating is triggered a few days before the development
of the following deep convection. However, the heating of leading shallow convection vanishes in
poor simulations, and the following high-level heating of deep convection is also weakened. The
difference of diabatic heating between good and poor simulations shows an enhanced low-level heating
caused by shallow convection from day −15. The enhanced leading shallow convection destabilizes
the atmosphere column and then develops into deep convection of MJO from lag day 5 to lag day 10.
The difference of regressed EPT profile at day 0 between good and poor simulations shows an increase
beneath 500 hPa, producing instability for convection to develop. However, the magnitude of such
increase is small compared with that of its profile in poor simulations.

Therefore, the improvement of the pre-moistening effect of MJO is probably due to the enhancement
of its leading shallow convection. The deep convective precipitation in poor simulations consumes too
much environmental moisture, the light precipitation thus develops in a dryer atmosphere as Figure 12a
shows. As a result, the shallow convection precipitation, is insufficient in poor simulations. The
shallow convection leading the major convection of MJO is also weakened in poor simulations, which
is against its eastward propagation. This is remedied by enhancing the evaporation of deep convective
precipitation in good simulations. Meanwhile, the weakened moisture consumption efficiency of
shallow convection retains more low-level moisture in good simulations. The improvement of moisture
profile in good simulations benefits from both aforementioned effects. The middle-level cooling caused
by enhancing the evaporation of deep convection precipitation and the low-level heating caused by
strengthening shallow convection destabilize the atmosphere column, favorable for the development
of MJO convection and its further propagation.
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simulations consumes too much environmental moisture, the light precipitation thus develops in a 
dryer atmosphere as Figure 12a shows. As a result, the shallow convection precipitation, is 
insufficient in poor simulations. The shallow convection leading the major convection of MJO is also 

Figure 17. Time-height cross section (averaged over 10◦ S–10◦ N, 90◦ E–120◦ E) of lag regressed Q1

from day −20 to 20 against the area-averaged 20–100 day filtered OLR time series at the reference area
(5◦ S–5◦ N; 75◦–85◦ E), along with the regressed equivalent potential temperature profile at day 0 in (a)
observation, (b) composite of poor simulations, (c) composite of good simulations and (d) difference
between composites of good and poor simulations where the differences reaching 90% confidence level
are dotted.

6. Summary and Discussion

This study analyzed the outputs of 85 model runs produced by perturbing seven chosen parameters
in the cloud and convection parameterization schemes of BCC_CSM1.2. Three canonical metrics were
used individually to examine each run’s ability of simulating realistic MJO. However, the scoring
results of the three metrics do not corroborate each other in our study. Therefore, a new strategy
combining the scores of both Lag-correlation and E/W ratio has been used to identify six good and
eight poor simulations out of 85 runs. Among the seven chosen parameters as adjustment time scale
for shallow convection, relative humidity threshold for high stable clouds, relative humidity threshold
for convective trigger, precipitation efficiency for deep convection, precipitation efficiency for shallow
convection, relative humidity threshold for low stable clouds and evaporation efficiency for deep
convective precipitation, the values of last three parameters showed large differences between good
and poor simulations while the rest were almost the same.

MJO exhibits a greater amplitude with an improved eastward propagation in good simulations.
Other CCEWs like Kelvin waves are also improved in amplitude and space time structure as Figure 11
shows, consistent with the results of previous research [76]. MJO in poor simulations propagates with
a westward speed over India Ocean. Meanwhile, its propagation range over Pacific Ocean shrinks
significantly compared with that in observation. After changing values of the abovementioned seven
parameters, MJO shows a systematic eastward propagation over India and Pacific Ocean.

The mean state changes along with MJO after parameter perturbation. In poor simulations,
excessive precipitation exists in southwest Pacific while insufficient precipitation is produced over MC.
The winter mean precipitation gets improved over MC in good simulations by amplifying land rainfalls
accompanied with the improvement of MJO propagation. This is consistent to the finding in Peatman
et al. [89] that land rainfall is favorable for MJO to cross MC. However, controversy still exists about
this conclusion as Zhang and Ling [71] concluded that MJO crosses MC mainly through rainfall over
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sea. The enhancement of land rainfall over MC, which is dominant by shallow convective precipitation,
also indicates changes in the frequency distribution of rain rate. The tropical precipitation consists
of too much heavy rainfall in poor simulations as Figure 11a shows. As a result, the environmental
atmosphere experiences an overall dry bias in poor simulations since heavy precipitation consumes
too much moisture. The dry environmental atmosphere suppresses the frequency of light rainfall. This
bias gets improved in good simulations where the frequency distribution of tropical precipitation in
Indo-Pacific region is closer to observation by weakening heavy precipitation and increasing the ratio
of extremely light rainfall, indicating an enhancement of shallow convection.

The shallow convection leading the deep convection in MJO was enhanced by changing values of
three crucial parameters as precipitation efficiency for shallow convection (C0_shal), relative humidity
threshold for low stable clouds (RH_low) and evaporation efficiency for deep convective precipitation
(Ke_deep). RH_low shows greater value while values of C0_shal and Ke_deep are smaller in good
simulations. The remaining four parameter values are almost the same as those in poor simulations
(Figure 6). Increasing the value of Ke_deep weakens the deep convection precipitation and humidifies
the environmental atmosphere. As a result, shallow convection leading the MJO major convection
is enhanced, which is reflected by the strengthened low-level moisture convergence ahead of the
MJO major convection (as in Figure 16). The enhanced shallow convection is supposed to pump
low level moisture to middle troposphere, thus humidifying middle troposphere and drying the low
troposphere. However, decreasing value of C0_shal and increasing value of RH_low both lower the
low-level moisture consumption efficiency of shallow convection. The whole column of atmosphere
is thus humidified with a humidification center at low troposphere. Therefore, the pre-moistening
effect over lower-layer atmosphere is also strengthened along with the enhancement of leading shallow
convection. Such enhancement of leading shallow convection in good simulations is the key for
better simulated MJO. The low-level heating and moistening caused by enhanced shallow convection
a few days before the initiation of MJO major convection destabilize the atmosphere column. The
leading shallow convection therefore develops to the MJO major deep convection as Figure 17 shows,
amplifying the simulated MJO convection. The leading shallow convection also improves the vertical
structure of MJO moisture as indicated by Figures 13 and 14, favorable for MJO’s systematic eastward
propagation. Boyle et. al. [90] conducted a similar parameter perturbation experiment with CAM5, but
they perturbed more parameters in not only cloud and convection parameterization schemes, but also
in radiation, boundary layer and turbulence parameterizations. They showed that the MJO simulation
also displayed a strong sensitivity to the parameter associated with the deep convection. They
also demonstrated that by changing deep convection parameter values to suppress deep convective
precipitation, MJO simulation is improved. This is consistent with the conclusion of this study. Other
mechanisms such as the atmosphere-ocean interaction may also contribute to the improvement of
the MJO simulation as Figure 7 shows that SST in good simulations shows an overall warming over
Indian ocean which could excite more MJO events. Besides, the rise of SST in east Pacific exhibits an El
Niño-like pattern, which is favorable for MJO’s eastward propagation.

This work is an attempt to reveal the important parameter-related physical processes for simulating
realistic MJO in BCC_CSM1.2, hoping to provide inspirations for the simulation and prediction of
MJO. Three parameters were found different largely in good and poor simulations. By changing the
values of these three parameters, the moisture sensitivity of convection becomes different, leading to an
enhanced leading shallow convection, accounting for the improvement of MJO. However, some aspects
of this research still need further study. Even integrations with relatively high-skill MJO simulations
show deficiencies of simulating realistic MJO as most MJO related figures in good simulations also
show considerable differences compared with observation. This is likely because we only perturbed
the parameter values without changing any other components in the model, so the model’s systematic
deficiencies in simulating MJO [91] may not be totally compensated. However, composite results
of good simulations all exhibit changes for a better simulated MJO, proving the validity of such
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certain parameter perturbation. But detailed physical processes in cloud dynamics and convections
determining the improvement of MJO still remains unrevealed, which needs further related studies.
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Abstract: Based on an in-homogeneity adjusted dataset of the monthly mean temperature, minimum and 

maximum temperature, this paper analyzes the temporal characteristics of Urban Heat Island (UHI) intensity 

at Wuhan Station, and its impact on the long-term trend of surface air temperature change recorded during 

1961-2015 by using an urban-rural method. Results show that UHI effect is obvious near Wuhan Station in 

the past 55 years, especially for minimum temperature. The strongest UHI intensity occurs in summer and 

the weakest in winter. For the period 1961-2004, UHI intensity undergoes a significant increase near the 

urban station, with the increase especially large for the period 1988-2004, but a significant decrease is 

registered for the last 10 years, with the decrease in minimum temperature more significant than that of 

maximum temperature. The annual mean urban warming and its contribution to overall warming are 

0.18C/10yr and 48.8% respectively for the period 1961-2015, with a more significant and larger 

urbanization effect seen in Tmin than Tmax. A large proportion warming, about half of the overall increase in 

annual mean temperature, as observed at the urban station, thus can be attributed to the rapid urbanization in 

the past half a century. 
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1  INTRODUCTION  

Climate change research is mainly based on continuous and high-quality observational records. Due to the 

relocation of observation sites, replacement of observation instruments and changes in the time system, however, 

inhomogeneities have occurred in the observational data series to varying degrees, and they can cause a 

significant bias in analysis of surface climate variables trends for individual stations or a small area. Furthermore, 

the gradually increasing Urban Heat Island (UHI) effect near the observational sites becomes the biggest 

systematic bias for the long-term climate change monitoring and detection in that it directly causes the trend of 

Surface Air Temperature (SAT) records to be overestimated in many developing regions of the world.  

At present, there exists a major divergence of views in the international climatological community on the 

impact degree of urbanization effect on the SAT series. It is generally hold that UHI effect is small, and it had not 

surpassed 0.05C in the past a hundred years on a global average, much lower than the optimal estimation of the 

global average annual mean SAT change of 0.8C (e.g., Jones et al.
[1]

; Peterson
[2]

; Parker
[3]

; Lawrimore et al.
[4]

). 

Nevertheless, some researches for several regions have shown that the UHI effect may play a significant role in 

the regional SAT trend, which should be paid more consideration (e.g., Karl et al.
[5]

; Hansen et al.
[6]

; Kalnay and 

Cai
[7]

; Zhou and Dickinson
[8]

; Zhou et al.
[9]

; Ren et al.
[10]

). 

The studies of the UHI effect on SAT records have been conducted for big cities and large regions in recent 

years, and interesting conclusions have been drawn thereby. For example, the investigation of UHI effect in 

northern China for Beijing and Shijiazhuang stations has shown that the UHI Intensity (UHII) near the 

observational sites is stronger at night and in winter than during the day and in summer (e.g., Xie et al.
[11]

; Zheng 

et al.
[12]

; Ren et al.
[13]

; Yang et al.
[14]

); Deng et al.
[15]

 pointed out that the UHII at night in Shanghai was the 
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strongest in autumn/winter, while the UHII during the day was relatively stronger for the spring and plum rain 

season of early summer, and lowest in autumn. Meanwhile, studies also found that change trends of annual mean 

SAT observed at the meteorological stations were clearly influenced by the urban warming. For example, Huang 

et al.
[16]

 showed that the annual mean SAT trend brought about by urbanization for southern coastal stations in 

China is higher than the background trend; Zhou et al.
[9]

 found that the contribution of urban warming to the 

overall warming in the northern China region was 37.9% during 1961-2000, and it even reaches 71% at Beijing 

station over the same period (Chu et al.
[17]

); Urbanization-induced SAT trend reaches 0.19C/10yr during 

1962-2009 for Shijiazhuang station, accounting for 68% of all warming trend (Bian et al.
[18]

). 

Wuhan, the capital city of Hubei Province, has a built-up area of approximately 400km
2
 and a population of 

over 5millions with a rapid development and urbanization process. Wuhan city is located in the Jianghan Plain 

(Fig. 1), having severe heat wave and rainstorms in summer probably aggravated by urbanization effect during the 

past two decades. UHI effect is remarkable at Wuhan station since the 1980s, especially in winter, and the 

minimum temperature witnesses the highest contribution of urban warming to overall warming (e.g., Ren et al.
[13]

; 

Wu et al.
[19]

); Chen et al.
[20]

 studied the UHI change trend for Wuhan station from 1960 to 2005, and found that 

the annual mean urban warming and contribution rate reached 0.235C/10yr and 60.4% respectively. However, 

the previous researches only rely on the simple criteria to select reference stations, and the selected rural stations 

may have been gradually affected by UHI effect with the development of the small cities and towns themselves. 

There is a need to adopt a more objective method to select reference stations, and to assess whether or not the 

analysis results obtained by the new method are consistent with previous ones. In addition, it has been found that 

the temperature and sunshine hours in Wuhan decreased in recent 10 years (Cao et al.
[21]

), which is consistent with 

the global warming slowdown, and the relative humid (RH) experienced a rise in a certain degree after 2007 

(Suonan et al.
[22]

). It is not clear whether UHI effect for Wuhan station will have some new features when the data 

are updated to present to include the period of climate warming slowdown.  

In this paper, in-homogeneity adjustment is made for the SAT data updated to 2015. We analyze the 

climatological characteristics of UHI effect and the change of UHII with time near Wuhan station by using the 

homogeneous data from the urban station and two rural stations. Meanwhile, we estimate the urbanization effect 

on the long-term SAT change trend of the Wuhan station. The results of this paper are helpful for a further 

understanding of temporal characteristics of UHI effect, as well as nature and extent of urbanization-induced bias 

of SAT observation records for Wuhan station. 

2  DATA AND METHODS 

The monthly mean, minimum and maximum SAT data from 13 stations in Wuhan for the time period 

1961-2015 and the MOD11A2 8-day LST product at 1-km spatial resolution in 0.02K unit from July 28 to August 

4 in 2016 are used. The SAT are obtained from the National Meteorological Information Center of the China 

Meteorological Administration, which have already been quality controlled and the inhomogeneities caused by the 

artificial to automatic observation have been corrected. The SAT data at Caidian station missed in June, July and 

August in 1968 being replaced by monthly mean SAT data for 55 years. 

Gallo et al.
[23]

 used the vegetation index obtained from NOAA / AVHRR to explain the temperature 

difference between urban and rural areas. Ren and Ren
[24]

 used MODIS data to select 113 SAT reference stations 

from 672 national reference climate stations and national basic meteorological stations of mainland China, 

pointing out that the method could be adopted for the adjustment study on the urbanization bias of the currently 

used air temperature records of surface climate stations. Compared to the other approaches used for classifying 

climatic stations, the remote sensing method does not rely so much on social and economic data. It is therefore 

feasible to use MODIS products to determine the regional boundaries of UHI-affected areas (Zhang
[25]

).  

The remote sensing image quality is affected by the cloud cover. The Hubei area is controlled by the 

subtropical high in late July and the early August, and the weather condition is better. Therefore, the average LST 

from July 28 to August 4 in 2016 is used to determine the spatial distribution of ground surface temperature 

around the stations. The isothermal pattern of LST could reflect the temperature gradient from urban centers to 

suburbs less influenced by the UHI effect (Ren and Ren
[24]

). Winkler et al.
[26]

 proposed that the boundary of the 

area affected by the UHI effect can be represented by the outermost closed isotherm of the annular temperature 

field in a city or town. In this paper, the outermost isotherm circle is 33.85C and it can be taken as the boundary 

of the UHI-affected in the Wuhan city (Fig. 1).  

The urban stations and the reference (rural) stations are determined according to the specific location of the 

station in the brightness temperature field. The stations which are located within the isotherm 33.85C are 
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regarded as the urban stations. The selection of the reference stations follows the following principles: (1) outside 

the closed contour 33.85C of surface temperature; (2) the distance from the boundary of built-up areas within 

30km to ensure in the same large-scale circulation and climate background with the urban stations; (3) elevation 

difference with the urban stations less than 20m, avoiding the influence brought by height difference; (4) the 

micro-environment around the rural stations is open. 

The determination of rural stations is particularly important for studying the urban heat island effect. We 

therefore chose a more objective and strict method for the reference stations selection. Relative to other 

approaches to classify climatological stations, the remote sensing (RS)-based method is much less dependent on 

social and economic data, and RS data is also relatively continuous, with high spatial comparability and 

objectivity.  

In addition to ensuring that all historical stations are outside the outermost contour when selecting a reference 

station, the distance to the city station, the altitude difference, and the environment around the sites are also taken 

into consideration. The distance and elevation difference are limited to ensure in the same climate background 

with urban station, as far as possible reducing the errors of results. In addition, many natural landscapes, such as 

lakes, basins and hills, also affect the surface thermal structure, and may result in the closed isotherms around the 

stations. These have also been taken into account when determining the reference stations.  

The locations of all historical observation sites for Wuhan station are located within the 33.85C (Fig. 1), and 

there has been a weak but a clear urban heat island effect at the urban station (Wang et al.
[27]

). We therefore 

consider Wuhan station as a representative urban station; the rural stations of all historical observation outside the 

closed circle of 33.85C are Huangpi, Hanchuan and Anlu stations. The Anlu station is too far from Wuhan 

station and the elevation difference from the urban station is more than 20m (Table 1), so it is not taken as a 

reference station, and the relocation process of Anlu station is not shown in Fig. 1. From the Google earth images 

(Fig. 2), the locations of remaining rural stations are at the edge of the built-up areas, with little population and 

few buildings. It is clear that these two stations have not yet been significantly affected by nearby settlement and 

the UHI effect, and they can therefore be regarded as rural stations. 

 

 

Fig. 1 The location of 13 stations and average LST isotherm distributions in Wuhan area. Abbreviations of the stations names 

are AL for AnLu, HA for HongAn, YM for YunMeng, XG for XiaoGan, HP for HuangPi, XZ for XinZhou, HC for HanChuan, WH 

for WuHan, CD for CaiDian, JX for JiangXia, HG for HuangGang, EZ for EZhou, and JY for JiaYu. The black line in the graph is 

the boundary of Wuhan city, and the relative position of Wuhan is shown in the illustration. The three enlarged figures on the right 

represent the relocation process of selected urban and rural stations, and the arrows show the relocation direction 

 

Table 1. Information of the stations used in the study 
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Station name (Code) 
Longitude 

(E) 

Latitude 

(N) 

Altitude 

(m.a.s.l.) 

Distance from 

Wuhan station 

(m) 

The time and distance of 

Relocations since 1961(km) 

Wuhan (57494） 114.05 30.60 23.6 0 1994.4 (0.08); 2010.1 (8) 

Hanchuan (57486) 113.78 30.65 27.0 26110 1964.1(6); 1970.11(3) 

Huangpi (57491) 114.32 30.87 31.7 39100  

Anlu (57388) 113.63 31.27 55.5 84110  

 

 
Fig. 2 Station and the surrounding landscapes as seen from Google Earth picture: (a) Hanchuan (No.57486), (b) Huangpi 

(No.57491) 

 

 The breakpoints of data series caused by relocations are examined for annual mean (Tmean), minimum (Tmin) 

and maximum (Tmax) SAT using E-P method (Easterling et al.
[28, 29]

). The autocorrelation problem needs to be 

considered in the in-homogeneity test. Annual mean SAT data series is less affected by the seasonal variability, 

reducing data series autocorrelation to a large extent (Cao et al.
[30]

). Therefore, in-homogeneity test and correction 

are based on the annual temperature data series in this paper.   

Locations of the breakpoints could be determined based on whether or not the values of t statistics exceed the 

significance level. An adjustment could be made if the breakpoints could be proved to be real in reference to the 

metadata. The difference between the five-year average before and after the breakpoints is used as the adjustment 

value, and if the data is less than 5 years before and after the breakpoints, the longest time is taken to calculate the 

difference. Then annual adjustment values are interpolated linearly into the every month. Here, n=55, the length of 

the sub-series was 3 years, and the given significance level α = 0.05. 

After investigation of historical data, it is found that the relocation of Wuhan station in 2010 with a move of 

about 8 km has a significant impact on temperature series. The Tmean and Tmin series both witnessed big 

breakpoints in 2010 by using moving t-test method. The breakpoints therefore for the Tmean and Tmin data series are 

adjusted in the study. In order to ensure data uniformity, the Tmax series also has been corrected despite the 

breakpoint in 2010 is undetectable. In the process of adjustment, we correct the SAT data after station moving by 

adding the adjustment values in order to better keep the UHI effect recorded at the original site (Wang
[27]

)(Fig. 3). 
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Fig. 3 Comparison of the series of annual mean, minimum and maximum temperature before and after homogenization at 

Wuhan station 

 

Hanchuan station has moved for two times since 1961, but the data series has no detectable breakpoint 

probably because the relocation time was too early, and the data series has not been adjusted. Huangpi station has 

not been moved since its establishment, and this enables it to be an ideal reference station for examining the 

urbanization effect. 

In the process of SAT data adjustment for Wuhan station, especially for the Tmean and the Tmin, the corrected 

values are positive, indicating that Tmean and Tmin originally drop sharply since 2010, which is largely due to the 

Wuhan station moving from the urban area to the suburbs at that time. There is a false cooling phenomenon in 

SAT series of Wuhan station caused by the relocation, and the warming trend of the corrected temperature series 

is more obvious than that of the original one (Fig. 3). The homogenization has regained the UHI effect and urban 

warming trend in the SAT series (Zhang et al.
[31]

). 

UHII at Wuhan station is defined as the SAT difference between the urban and rural stations. The rural SAT 

or reference series is the average SAT of the two rural (reference) stations. Linear trends of the UHII series are 

obtained by using the least square method and the significance level of linear trend is examined by T test method. 

The difference of SAT linear trends between urban and rural stations is equal to the linear trend of the UHII series, 

and they are defined as urban warming or urbanization effect. Contribution of urbanization effect or urbanization 

contribution is the proportion of the statistically significant urbanization effect to the overall trend of SAT at the 

urban station (Ren et al.
[10, 13]

). 

In practical calculations, the urbanization contribution may exceed 100%, probably brought by unknown 

local anthropogenic factors for rural stations in a few cases. In this case, it is adjusted to 100%. As indicated in the 

definition, if the urban warming is not statistically significant, the urbanization contribution will not be calculated 

and analyzed. 

3  RESULTS AND DISCUSSION 

3.1  Climatological Characteristics of UHII 

Annual and seasonal mean UHII at Wuhan station for two periods of 1961-2015 and 1988-2015 are 

examined. As described later, UHII near Wuhan station is relatively weak before 1988, and a significant increase 

occurs afterward (Fig. 5). 

The annual mean UHII at Wuhan station is 0.39C for the period 1961-2015, the largest seasonal mean UHII 

is 0.47C in summer, followed by 0.41C in spring, 0.40C in autumn, and 0.32C in winter, but overall the 

seasonal difference is not significant (Table 2). The minimum temperature UHII is higher than the maximum 

temperature UHII, indicating that the UHII in Wuhan is stronger at night than the daytime. UHII has an obvious 

diurnal non-symmetry, which is consistent with most previous research results for the megacities of China (e.g., 
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Zhou
[32]

; Xie et al.
[11]

; Zheng et al.
[12]

; Bian et al.
[18]

).  

 
Table 2. Annual and seasonal mean, minimum and maximum temperature UHII for time periods 1961-2015 and 1988-2015 at 

Wuhan station (C) 

Period Temperature Spring Summer Autumn Winter Year 

1961-2015 

Mean 0.41 0.47 0.40 0.32 0.39 

Minimum 0.56 0.61 0.63 0.40 0.54 

Maximum 0.35 0.41 0.21 0.29 0.32 

1988-2015 

Mean 0.67 0.81 0.73 0.58 0.69 

Minimum 0.99 1.14 1.26 0.95 1.07 

Maximum 0.44 0.51 0.29 0.33 0.39 

 

In the past 28 years, the seasonal feature of the mean UHII for Wuhan station is consistent with that of 

1961-2015, the largest in summer and smallest in winter. The difference is that the three kinds of temperature 

UHII is larger during the recent period, with the minimum temperature UHII being the most obvious, almost two 

times the 1961-2015 period, followed by the mean temperature UHII, and the maximum temperature UHII change 

is the smallest. It shows that the UHII near Wuhan station has been enhanced since the late 1980s, which well 

corresponds to the rapid urbanization process in the city. The population and built-up areas in Wuhan had a rapid 

increase after the late 1980s and early 1990s, leading to an accelerating urbanization process (Xiao et al.
[33]

).  

Whether the entire period or the recent 28 years, the seasonal mean temperature and maximum temperature 

UHII are the largest in summer, and the minimum temperature UHII is the strongest in fall. These features are 

different from the UHI effect of the metropolis in northern China in which the strongest UHII occurs in winter and 

the weakest in summer or spring (e.g., Bai et al.
[34]

; Zheng et al.
[12]

; Xie et al.
[11]

; Bian et al.
[18]

; Yang et al.
[14]

). 

This may be mainly due to the smaller solar elevation angle in winter (the zenith angle is larger), and the frequent 

temperature inversion and stable weather phenomenon controlled by the dry and cold Siberia air mass in winter in 

the north. Meanwhile, the humidity in lower atmosphere and cloudiness in northern China are usually less and 

anthropogenic heat release due to the heating is large in winter (Chen and Shi
[35]

). In contrast to winter, 

summertime in the north has a larger solar elevation angle (smaller zenith angle), and is more frequently affected 

by the southwest and southeast air currents, with more cloudiness and precipitation, and cooling energy 

consumption and artificial heat release in urban areas is smaller, leading to a generally lower UHI effect; the 

average wind speed in spring in the north is usually stronger, which is also against to the UHI formation and 

development. 

Wuhan city belongs to the inland subtropical monsoon humid climate, with hundreds of lakes scattering in 

urban areas. In winter, the relative humidity and water vapor content of lower atmospheric are larger, and the 

anthropogenic heat release from urban heating is less, which may be the main reasons for the lower UHII in the 

cold season. In summer, the atmospheric humidity is high, with more cloudiness and precipitation, and the solar 

elevation angle is large (the zenith angle is small). These will not benefit the formation and development of UHI. 

However, the average wind speed in summer is weaker, and stable atmospheric layer and more sunny days prevail, 

because the city is controlled by the subtropical high in midsummer season (Wang
[36]

). Besides, the use of air 

conditioning in the summer is more common, with large anthropogenic heat release into the urban boundary layer. 

All of these will benefit the enhancement of the UHII in the urban areas during summertime. The weather in 

autumn is sunny with little cloud and the wind speed is small. In addition, the heat storage by abundant urban 

lakes makes boundary layer atmosphere warmer, enhancing the UHII. A higher seasonal mean UHII in autumn 

therefore results.  

The seasonal variation feature of UHII at Wuhan station is similar to the other southern cities, such as 

Shanghai city and Guangzhou city, with larger UHII in autumn for mean and minimum temperature and 

significantly more obvious UHI phenomenon in spring and summer for maximum temperature. There is a big 

difference for the UHII of summer and winter for mean and minimum temperature between Wuhan station and 

other southern cities, however, and this may be related to the different underlying surface, geographical position 

and other factors (e.g., Xu et al.
[37]

; Deng et al.
[15]

; Zhou et al.
[32]

).  

The seasonal variations of monthly mean UHII in the past 55 years and the past 28 years are similar (Fig. 4). 

The mean temperature UHII and minimum temperature UHII are the lowest in January, and then they gradually 

increase. The monthly mean temperature UHII reaches peak in July, and then slowly weakens, while the peak of 

minimum temperature UHII appears in September, and also higher in November for the recent 28 years. The 

monthly mean maximum temperature UHII has a different seasonal cycle, with the strongest in July and the 
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weakest in October. It is thus obvious that the difference between the maximum and minimum temperature UHII 

in autumn is the largest in a year. 

 

 
Fig. 4 Seasonal variation of monthly mean, minimum and maximum temperature UHII for time periods 1961-2015 and 

1988-2015 at Wuhan station (C) 

 

The fact that maximum temperature UHII shows a downward trend after July can be explained by the 

increase in rainfall and cloudiness significantly accompanying the retreat of the subtropical high, with the suburbs 

and the city receiving similarly small amount of solar radiation during the daytime. The reduced anthropogenic 

heat release after mid-August might be another reason. In addition, large areas of lake and wetland in urban make 

night warmer and day cooler, with the latter offsetting the maximum temperature UHI effect to certain extent. 

 

3.2  Urban Warming and its Contribution to Overall Warming 

Fig. 5 provides the long-term change in annual mean, minimum and maximum temperature UHII at Wuhan 

station. Annual mean and minimum temperature UHII bears a consistent inter-annual and decadal variation, 

showing that UHII gradually increase since the early 1960s, especially for minimum temperature UHII as high as 

33%, reaching peak around 2005 and dropping afterward. The maximum temperature UHII experiences a certain 

degree of decline in the 1960s, stable in the 1970s and 1980s, and a slow increase from the 1990s to 2004.  

 

 
Fig. 5 Annual mean, minimum and maximum temperature UHII (polygonal lines) and their trends (straight lines) at Wuhan 

station 

 

The UHII variations in the three kinds of temperatures are all characterized by lower values during the 1960s 

to the late 1980s, higher values after 1988. In general, the three kinds of temperatures UHII show an upward trend 

in the past 55 years, with an obvious rising in 1961-2004, the fastest increase (0.53C/10yr for annual mean 

minimum temperature) in 1988-2004, and a decreasing in 2005-2015. Therefore, the long-term trends of UHII can 

be examined for four different time periods of 1961-2015, 1961-2004, 1988-2004 and 2005-2015.  

Fig. 6 shows the urbanization-induced change in annual mean, minimum and maximum SAT, and the 

urbanization contribution to the overall warming at Wuhan station for the four periods. For the time period 

1961-2015, the trend of annual mean UHII and the urbanization contribution are 0.18C/10yr and 48.8% 

http://www.baidu.com/link?url=D8PJteX4-CZejdSzyAOpmNQpXJ-W4v2olg-1kIE4SwZtqpbCLOFAPbzD1fDmNr-YDx8YX0wGOxAIA5-c1wiATfo0Iw69W2EgOuzT6ZJDGAycxEC-xFtjvcrYHwR58LGH
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respectively. A more evident urban warming and contribution occur in Tmin than Tmax. For the seasons, urban 

warming and contribution for Tmean are both highest in summer, followed by autumn. The largest urban warming 

of 0.37C/10yr occurs in autumn Tmin. Seasonal mean warming observed in summer Tmean can be entirely 

accounted for by the enhanced UHI effect.  

 

 
Fig 6. Urbanization effects (solid) and the urbanization contribution (blank) of seasonal and annual mean, minimum and 

maximum surface air temperature at Wuhan station 

 

Seasonal mean urban warming and urbanization contribution for 1961-2004 are similar to those for the period 

1961-2015, showing more evident change in summer and autumn. The difference is that contribution of urban 

warming in summer Tmax is a negative value of -77.9%, implying that the background maximum SAT change 

during this period is characterized by a cooling trend and the urban warming is making an opposite contribution to 

the decrease at Wuhan station. 

In comparison to periods 1961-2004 and 1961-2015, the urban warming during 1988-2004 is larger and more 

significant. Therefore, more significant urbanization effect at Wuhan station occurs during the late 20th century 

when urbanization and economic growth of China are unprecedented in history. The annual and seasonal mean, 

minimum and maximum temperature UHII trends are significantly greater than the other several stages, with more 

evident urban warming for summer and autumn Tmean. However, the urbanization contribution for summer Tmean 

becomes weaker relative to the periods 1961-2015 and 1961-2004. Autumn Tmin witnesses the most significant 

urban warming reaching as high as 1.00C/10yr, and the urbanization contribution as high as 65%, showing the 

warming observed at autumn night can be mostly accounted for by the urbanization effect. 

Seasonal mean maximum temperature UHII trends and urbanization contribution during 1988-2004 are much 

larger than those in any other periods. This is especially true for summer, with the urbanization contribution even 

reaching 100%, indicating an entire contribution from the increased UHII to the positive trend of summer mean 

maximum temperature at the urban station (Fig. 6). 

It is worth noting that the winter registers the relatively small urban warming but the quite significant 

urbanization contribution at Wuhan station, which is completely contrary to the results reported for the megacities 

of northern China (e.g., Chu and Ren
[17]

; Ren et al.
[10]

; Bian et al.
[18]

), where the UHII trends are the largest in 

winter, and the urbanization contribution to the overall seasonal warming is often smaller. This may be relative to 

the lower latitude, wetter and hotter climatic condition and larger proportion of wetland area in Wuhan city 

compared to the northern megacities. The anthropogenic heat-release difference of winter heating and summer 

cooling between northern and southern cities, and the different background circulation fields and multi-decadal 
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climate variability, would be also important to the contrary seasonality of the urbanization effects. 

It is worth noting that the rural stations unaffected by urbanization effect can hardly be found in central China. 

The rural stations used in this paper are currently available stations that are less affected by urbanization. 

Therefore, there is a certain degree of urbanization impact in the rural station temperature series. As a result, 

urban warming and their contributions to the overall warming in different time periods as given in this work for 

Wuhan station could be regarded as the lowest estimates.  

China has witnessed a rapid urbanization process in the past half century, especially the past 30 years. From 

1978 to 2015, the urbanization rate of the country increases from 17.9% to 50.0%. This phase is also accompanied 

by the obvious increase in urban heat island effect around the climatic stations (Ren et al.
[10]

). Through calculation, 

the urban land and construction land increase by 58% from 1988 to 2004 in Wuhan area, with the most significant 

urban warming of Wuhan station as high as 0.53C /10yr, indicating that the rapid expansion of the city is the 

main reason for the increase of UHI effect recorded in the SAT series. 

The above three time periods (1961-2015, 1961-2004 and 1988-2004) all undergo a significantly higher urban 

warming for Tmin than Tmean and Tmax at Wuhan station. This indicates that the UHI effect is more obvious at night 

than the daytime, which is mainly due to the greater thermal admittance in the urban area than that of the suburbs, 

leading to a slower temperature drop in urban after sunset. The urban buildings, with many urban street canyon, 

generally absorb more solar radiation than the suburbs during the daytime. There are downward long-wave 

radiations of walls and eaves in addition to atmospheric counter-radiation, coupled with the relatively low wind 

speed, and the heat is not easily dissipated at night in the urban area. All of these make the nighttime UHI effect 

higher than daytime, and the UHI effect at night will become more obvious with the development of the city, 

resulting a more rapid increase in Tmin than Tmean and Tmax. 

During the period from 2005 to 2015, the annual and seasonal mean, minimum and maximum temperature 

UHII trends are negative, indicating that the UHII for Wuhan station is weakening in the past 10 years. The 

descending rates of urban warming for annual and seasonal mean Tmin are much higher than the Tmax except for 

the summer. Although the UHII is weakening in the last 10 years, the urban contribution is positive and still large. 

This may be related to the fact that the background SAT is experiencing a decrease during the period of climate 

warming slowdown, and the urban station undergoes a more rapid decrease than the rural stations do (Fig. 7). The 

relatively slower decrease in SAT at the rural stations may be caused by the increase of built-up areas around the 

observational sites in recent 10 years. The rural stations may therefore have been affected by urbanization. It is 

highly possible that the rural stations have become unrepresentative after 2005 due to the urbanization effect in 

these originally suburban areas.  

The annual mean Tmean, Tmin and Tmax in urban and rural stations have decreased since 2005 (Fig. 7), which is 

consistent with the trend of temperature changes in China. Wang
[38] 

pointed out that the annual mean temperature 

shows a certain degree of downward trend from 2005-2012. The warming hiatus since about 2000 is especially 

obvious in North China. The temperature decrease in recent decade in both urban and rural stations may therefore 

be caused by large scale drivers. The fact that the temperature decrease is more significant at Wuhan station than 

that at the rural stations makes annual mean, minimum and maximum temperature UHII to weaken during the 

nearly 10 years. The reasons for the more rapid decline of temperature at the urban station need to be further 

studied, but it is possible that the areas around the reference or suburban stations experience a more rapid 

urbanization than those around the urban station. 

It is notable that the relative humidity(RH) has a certain recovery recently, and the RH series is inversely 

related to annual mean temperature series at Wuhan station, with the correlation coefficient reaching -0.65 for 

1961-2015, and the urban heat island phenomenon is always accompanied by the urban dry island (e.g., Suonan et 

al.
[22]

; Zhou et al.
[39]

). Rising of RH in the last 10 years therefore is not conducive to the formation and 

development of urban heat island around the urban station. Besides, sunshine hours have declined after 2007 in 

Wuhan (Suonan et al.
[22]

), and the winter mean wind speed near the ground surface has strengthened in the period 

of climate warming slowdown (Lin et al.
[40]

). These, in combination with the background climate cooling of 

eastern China and the urbanization process around the rural stations, may also account for part of the greatly 

weakened UHII and the large downward trend of temperature during the last decade at the urban station. 
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Fig. 7 Annual mean, minimum and maximum surface air temperature at Wuhan station and the two rural stations (average of 

two rural stations). Black solid line denotes 3 points moving average 

 

The inhomogeneity in the observed SAT series has a significant effect on the long-term trend analysis. In this 

paper, the breakpoints due to the station moving are detected for the urban and rural stations. There is a sudden 

drop in temperature after Wuhan station moved to the suburbs in 2010, with the Tmin difference is 1.35C before 

and after the move. Historical data confirm that this decrease is not a true natural change, but an inhomogeneity 

error caused by the relocation (Liu et al.
[41]

). It makes the Tmean trend to drop from the 0.57C/10yr to 0.43C/10yr. 

Meanwhile, the three kinds of temperatures UHII will be weaker after 2010, especially the mean and minimum 

temperature UHII, if the inhomogeneity is not corrected. The effect of inhomogeneity caused by relocation on 

SAT series is obvious, and it is necessary to make reasonable adjustments. 

Compared with previous studies on Wuhan station, we test and correct the inhomogeneities of SAT data, and 

use the more objective method of selecting the rural stations. The SAT data series is also updated. The 

conclusions are very similar to those previous works. The annual mean urbanization effect and contribution are 

0.26C/10yr and 64.7% respectively in this analysis, similar to those estimated in Ren et al.
[13]

 (0.20C/10yr and 

64.5% for period 1961-2000), and Chen et al.
[20]

 (0.24C/10yr and 60.4% for period 1960-2005). The previous 

studies also showed that the urban warming is the highest in autumn and the second in summer, whereas the 

summer witnessed the largest urbanization contribution, followed by the autumn (Ren et al.
[13]

), which is basically 

the same with the results of this paper. In addition, Wang et al.
[27]

 showed an annual mean urban warming of 

0.31C/10yr for Wuhan station for the period 1961-2010, larger than the value of 0.19C/10yr for 1961-2015 in 

this paper. This difference may be mainly related to the updated data in this article, and the different rural stations 

applied in the two analyses. 

The annual and seasonal mean urbanization effects have weakened when the data are updated to 2015, and 

also their seasonal distribution has a slight change with the largest urbanization effect now occurring in summer 

and the second largest in autumn. This may be related to the increase in anthropogenic heat release due to the 

recent wider use of air conditioning and refrigeration equipment in summer (Zhou
[42]

), as well as the compressed 

regulation effect of wetlands due to the rapid shrink of urban lake areas (Dan et al.
[43]

). 

4 CONCLUSIONS 

The annual mean UHII is 0.39C for 1961-2015 at Wuhan station, and the UHI effect is more obvious during 

the recent 28 years, with the annual mean UHII and minimum temperature UHII reaching 0.69C and 1.07C 

respectively. The strongest monthly mean UHII appears in July, and the weakest in January. 

The annual mean, minimum and maximum temperature UHII shows significant upward trends for the period 

1961-2015. The annual mean urban warming and urbanization contribution are 0.18C/10yr and 48.8% 

respectively, and larger and more significant urban warming and urbanization contribution are registered for Tmin. 

The largest seasonal mean urban warming and urbanization contribution occur in summer. 
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The annual mean urban warming becomes more obvious with time, with urbanization effect reaching as high 

as 0.53C/10yr for the period 1988-2004.The seasonal mean urbanization effect and urbanization contribution for 

the period 1988-2004 are both high in summer and autumn, with the greatest urban warming of higher than 

1.00C/10yr seen for autumn mean Tmin.  

From 2005 to 2015, the annual mean UHII for Tmean, Tmin and Tmax show evident decreasing trends. This 

decrease may have at least partially caused by the unrepresentativeness of the rural stations during the recent 

decade.  

Therefore, the SAT data in Wuhan station has been significantly affected by urbanization. As an urban 

meteorological station, the long-term observational data of surface air temperature can be used to monitor and 

study urban climatology and urban climate change, but they are improper to be used in monitoring and studies of 

regional and global climate change without adjustment of the urbanization-induced bias, no matter if the 

homogenization of the data is made. 
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Abstract
The Qinghai Lake is the largest saltwater lake in the Tibetan Plateau and in mainland China. Effects of the lake on surface climate
of the coastal areas, however, are not well understood. This article utilizes hourly observation data of warm season from 17
automatic weather stations to analyze the diurnal and seasonal variations in air temperature in different coastal zones of the
Qinghai Lake. The EOS/MODIS data was also used to analyze the surface temperature differences between the lake and its
surrounding areas. The results show a few unique characteristics of the plateau lake: (1) based on the satellite data, lake surface
temperature is lower than its surrounding areas (4.9~25.1 °C and 12.2~35.6 °C respectively) in the daytime, while it is obviously
higher than that in the surrounding areas (1.9~10.5 °C and − 13.1~6.3 °C respectively) at the nighttime. Daily mean water surface
temperature is higher than that in the surrounding areas, which is 7.8~17.9 °C and − 2.6~17.9 °C respectively; (2) based on data
of meteorological stations, coastal zones closer to the shoreline have a higher air temperature during the warm season largely due
to the much warmer nighttime near the shoreline than those in deep inland zones. For the on-shore, near-shore, and far-shore
zones, mean daytime air temperature is 8.7~9.6 °C, 9.5~11.1 °C, and 10.0~10.7 °C, respectively, and the mean nighttime air
temperature is 2.9~4.1 °C, 1.3~12.3 °C, and − 0.2~0.4 °C respectively. The hourly mean diurnal temperature range (DTR)
increases with distance to the shoreline, which is 8.6 °C, 10.9 °C, and 12.3 °C in the on-shore, near-shore, and far-shore zones
respectively; (3) differences between maximum and minimum 5-day mean daily maximum (minimum) air temperature during
the warm season are 20.3 °C (23.3 °C), 21.7 °C (25.6 °C), and 22.6 °C (26.7 °C) for the on-shore, near-shore, and far-shore zones,
respectively, indicating an asymmetrical effect on daytime and nighttime air temperature in the on-shore zone; (4) daily maximum
air temperature of the on-shore zone is lower before early October, but it is slightly higher afterward and occurs later; (5) daily
minimum air temperature of the on-shore zone is on average higher than that of the far-shore zone, especially after the mid-
September, and it also appears later in autumn than in summer.

1 Introduction

Located in the northeastern part of the Tibetan Plateau (TP),
Qinghai Lake (QL) is the largest saltwater lake in the high
plateau and China, and probably in any of the world high
plateaus, with an average lake level altitude 3200 m.

Currently, it has a surface area of 4450 km2, an average depth
of 21 m, a maximum depth of 33 m, and a volume of 1050 ×
109 m3. The QL basin is surrounded by mountains, with the
Datong Mountains in the north, the Riyue Mountains in the
east, the Qinghai South Mountains in the south, and the
Amuniniku Mountains in the west (Editorial Board of
Ecological Environment Protection and Restoration in
Qinghai Lake Basin 2008). The terrain within the lake basin
is varied, and there are obvious spatial differences in vegeta-
tion cover. The major types of vegetation include temperate
coniferous forests, plateau and valley shrubs, alpine shrubs,
sand shrubs, temperate grasslands, alpine grasslands, alpine
meadows, swamp meadows, and alpine rocky slope vegeta-
tion (Chen and Peng 1993).

The QL and its surrounding regions have a temperate,
semi-arid plateau climate, with a cold winter, warm summer,
and meager precipitation. The surface area of the QL is in a
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medium size in view of the global lakes (Crosman and Horel
2010), but the largest in China and East Asia, producing a
benefiting condition for a lake climate effect. The vast lake
water surface should particularly affect the air temperature of
surrounding regions during the warm season, a phenomenon
which is worth investigation. The climatic effects of the major
lakes of the world have already been extensively explored,
especially with regard to North America’s Great Lakes
(Scott and Huff 1997; Kunkel et al. 1998; Ackerman et al.
2013; Lofgren et al. 2011). There have also been many inves-
tigations into the Caspian Sea and Aral Sea of Central Asia
(Small et al. 2001; Tursun and Kasim 2002; Guo et al. 2011;
Chen et al. 2012), including observational research and nu-
merical simulation analysis. These researches have found that
inland lakes with large surface areas have an observable reg-
ulatory effect on the climate of the surrounding regions (Scott
and Huff 1996; Vincent and Mekis 2006). They decrease
spring and summer temperatures, increase autumn and winter
temperatures, and buffer the diurnal and seasonal temperature
variations. A reduction in diurnal temperature range, for ex-
ample, is especially conspicuous from April to August in the
Great Lakes Region (Eichenlaub 1979; Bates et al. 1993;
Angel and Isard 1998). At the same time, lakes also increase
precipitation on their windward shores during autumn and
winter, especially snowfall (Niziol 1987; Chang and Braham
1991; Kristovich 2009; Barthold and Kristovich 2011).

In recent years, a few groups have used numerical simulation
methods to study the lake-land breeze phenomenon. Among
these are relatively early research that used lake-land breeze nu-
merical models on the Great Lakes (Moroz 1967; Alpert and
Neumann 1983; Ballentine 1982; Maddukuri 1982) and the re-
cent research focused on major lakes in mainland China (e.g.
Chen et al. 1994; Lv et al. 2008; You et al. 2016a). Research
on the QL lake effect has been concentrated on the characteristics
of local circulation and the atmospheric boundary layer, the lake-
land breeze, and local precipitation processes (Chen et al. 1995;
Lv et al. 2007; Liu et al. 2013; Tang et al. 2016). Existing re-
searches on the climatic effects of lakes using actual meteorolog-
ical observation data in the Dianshan Lake, Taihu Lake and the
Poyang Lake have yielded a few results (Zhang and Wu 1988;
Peng et al. 2010; Yang et al. 2013; Cao et al. 2015), but no
observational research on the QL climatic effects is referable.

The domestic researches generally reported the similar influ-
ence of large inland lakes on nearby surface climate with those
shown in other countries, with a cooling effect during summer
or warm seasons, and warming effect during the winter or cold
seasons. However, the investigations into the Boyang Lake and
Taihu Lake in the mid- to lower reaches of the Yangtze River
exhibited a different lake effect during summer, in spite of the
fact that they did consistently showed a warming effect during
winter season (Lin 1985; Lu andWei 1990;Wang and Fu 1991;
Wang 1993; Wan et al. 1994; Ren et al. 2017). The reasons for
the difference may result from the datasets and models use, and

also may be related to the significant decline of solar radiation in
the areas during summer (Ren et al. 2005).

The QL is an exceptionally high-altitude saltwater lake
situated in inland mid-latitude. On the one hand, the water
surface area of the Qinghai Lake is much larger than other
lakes in China, its average depth of water reaches more than
two times of other inland lakes in the country, and thus, it may
exert a larger effect on the surrounding climates; on the other
hand, the westerly circulation above the lake is strong and
there is a higher background wind speed in the QH lake region
during warm season, which may weaken the climatic effect of
the lake in some extent. However, the current research is sig-
nificantly lacking on the climatic effects of the QHLake under
the influence of various factors, and the level of scientific
knowledge on this topic is quite low.

Due to the complexity and diversity of the QL basin sur-
faces and the relatively big differences in the climatic condi-
tions and climate change of different terrains (Qi and Guo
2007; Li et al. 2008; Chen et al. 2011; You et al. 2016b), the
use of modeling techniques alone is somewhat limited and
may lead to significant uncertainty. An investigation of tem-
poral and spatial pattern of the climatic effect of the mid-
latitude inland plateau lake using observational data of surface
meteorological stations is badly needed.

This article utilizes hourly observation data from 17 auto-
matic weather stations around the QL for 6-year observations
from 2009 to 2014 to analyze the effects of the lake on the
average seasonal and diurnal temperature variations during
the warm season. Our analysis overcomes the problems of
observational data insufficiency and the poor representative-
ness of the data in previous investigations, and the reliability
of the analysis would be higher. The results would help in
deepening our understanding of climatic effects of the huge
plateau lake and could also provide scientific information for
the future implementation of ecological protection measures
in the lake basin.

2 Data and methods

2.1 Data

Data on hourly air temperatures, including hourly mean tem-
perature, maximum and minimum air temperature, and the
near-surface wind direction were collected from 17
Automatic Weather Stations (AWS) around the QL from
2009 to 2014. The data have been quality controlled in the
Information Center of Qinghai Met Bureau. The locations of
the AWSs are displayed in Fig. 1.

The satellite land surface temperature data of MYD11A2
from 2009 to 2014 is provided by the US NASA Data Center
(https://earthdata.nasa.gov/search?q=MYD11A2), and the
dataset used in this study have been adjusted for cloud effect
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(Wan et al. 2015). The spatial resolution is 1 km × 1 km, and
the time resolution is 8d. The EOS/MODIS Aqua satellite has
two transit times per day above the QL, with one around 2:
00 am Beijing time, representing the night land surface tem-
perature, and the other around 13:00 pm Beijing time,
representing the land surface temperature during the day.
The average land surface temperature of the QL and its sur-
rounding areas was calculated according to the arithmetic
mean of two temperature observations during the daytime
and nighttime.

The satellite NDVI data come from the MOD13Q1 prod-
uct, available on the NASA website (http://lpdaac.usgs.gov/
dataset_discovery/modis/modis_products_table/mod13q1) in
the United States, and its spatial resolution is 250 m ×
250 m, and the time resolution is 16d.

The data of beginning to freeze and complete ablation in
the Qinghai Lake come from the MOD09GQ product on the
NASALPDA, and its spatial resolution is 250 m × 250 m and
the time resolution is 1d.

2.2 Methods

Based on the linear distance from the shoreline, the meteoro-
logical stations were divided into three categories: those with-
in 10 kmwere defined as representing the lakeside or on-shore
zone, those within 10–30 km the near-shore zone, and those
within 30–105 km the far-shore zone (Table 1). Using the
meteorological stations in the far-shore zone as reference sites,

the temperature difference between the on-shore and near-
shore zones and the reference sites were calculated to indicate
the climatic effect of the lake. Table 1 also shows that the
average latitude of each of the weather stations in the on-
shore, near-shore, and far-shore zones is 36.85°, 37.01°, and
37.29°, respectively, and their average altitudes are 3234 m,
3223 m, and 3408 m respectively. The surface air temperature
difference caused by latitudinal and altitude factors would be
not large and thus, the method would be effective for analyz-
ing the effects of the lake on the surface air temperature.

The threshold method has been used to determine the be-
ginning and ending dates of lake water freezing and ablating.
This method is able to directly distinguish ice and water by
using different characteristics of reflectivity and surface tem-
perature (Wei and Ye 2010). Freezing and ablating time was
based on the records of 2009–2014. The average dates for the
QL to start freezing and to completely freeze over was calcu-
lated. It was thus determined that 10th of December to 13th of
April of the following year is the climatologically freezing
period or cold season, while 14th of April to 9th of December
is the climatologically thawing season or warm season.

The 5-day average temperature was calculated starting
from the 21st 5-day interval (11–15th of April) and ending
on the 68th 5-day interval (6–10th of December), and this
way, the averages of every 5 (or 6) days within a month of
warm season were obtained.

The temperature is monitored every minute. The hourly
mean temperature is the average of the past 60 min. The daily

Fig. 1 Distribution of different categories of meteorological stations surrounding the Qinghai Lake (QL)

Diurnal and intra-season variation of warm-season temperature in coastal zone of Qinghai Lake
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maximum (minimum) temperature is the maximum
(minimum) values of the minutely temperature in the past
1440 min (24 h × 60 min), which is utilized in analyzing the
spatial pattern of daily maximum temperature, minimum tem-
perature and diurnal temperature range (DTR) during warm
period (Fig. 3), and also the intra-seasonal variation of pentad
(5-day or 6-day) mean maximum and minimum temperature
(Fig. 9). The daily maximum (minimum) hourly mean tem-
perature is the maximum (minimum) values of hourly mean
temperature over the past 24 h, which is used in describing the
diurnal variation of temperature (Fig. 4). The average maxi-
mum (minimum) temperature in the warm season is the aver-
age of the daily maximum (minimum) temperatures derived
from minutely temperature from April 14 to December 9,
while the pentad maximum (minimum) temperature is the
average of the daily maximum (minimum) temperatures de-
rived from minutely temperature for every 5 days (or 6 days).
Obviously, the average maximum (minimum) temperature for
a given period of time as used in this paper is lower (higher)
than the traditional maximum (minimum) value. For temporal
variation within a day, Beijing time is used consistently; the
time difference between Beijing time and the Qinghai Lake
local time is about 1.2 h.

The EOS/MODIS NDVI values of each site are synthesized
according to theMVC (maximum value composites) method in
every month, and the maximum monthly NDVI value is de-
fined as the annual value. The average annual NDVI value from
2009 to 2014 represents the vegetation cover.

3 Results and discussion

3.1 Spatial distribution of temperature

The spatial characteristics of the land surface temperature and
the surface air temperature are shown in Fig. 2. During thewarm
season, the satellite surface temperature of the lake water is
obviously higher than that of the surrounding land (Fig. 2a).
The lake and land surface temperature has obvious diurnal var-
iation, with the lake surface temperature lower than the sur-
rounding land surface temperature in the daytime (Fig. 2b),
but higher than the surrounding land surface temperature during
the nighttime (Fig. 2c). The surface air temperature observed
from theAWSs has the similar spatial variations, with the higher
average air temperature in the warm season found in zone closer
to the lake (Fig. 2d). The distribution of daytime and nighttime
air temperatures is opposite. On-shore zone witnesses a lower
average air temperature in the daytime (Fig. 2e), and a higher
average air temperature in the nighttime (Fig. 2f). Similarly, the
air temperature observed from the meteorological stations also
shows that, the closer to the lake, the higher the average air
temperature in the warm season (Fig. 2d). The distribution of
daytime and nighttime air temperatures is opposite, with the
sites closer to the lake recording a lower temperature in the
daytime (Fig. 2e) and a higher temperature in the nighttime
(Fig. 2f).

Comparing the observations by satellite and automatic sta-
tions, both show that the temperature is lower during the

Table 1 Information of the
weather stations used in the study Zone Station # Longitude Latitude Altitude NDVI value Distance from

lake shore (km)

On-shore zone X4001 99.87° 36.98° 3201 m – 0.00

X3003 99.76° 36.73° 3205 m 0.71 1.65

52851 100.27° 36.62° 3241 m 0.67 2.20

X4004 99.86° 37.26° 3229 m 0.59 4.18

X3004 100.81° 36.64° 3296 m 0.62 7.48

Average 36.85 3234 m 0.65 3.10

Near-shore zone X4013 100.41° 37.24° 3266 m 0.67 12.98

X3002 99.54° 37.05° 3241 m 0.72 13.11

52754 100.13° 37.33° 3302 m 0.59 14.08

52853 100.98° 36.92° 3010 m 0.72 26.40

X4003 100.68° 36.99° 3280 m 0.41 16.94

X4012 100.53° 37.15° 3265 m 0.5 17.60

52852 100.86° 36.96° 3140 m 0.76 18.50

X3001 100.97° 36.40° 3283 m 0.62 29.34

Average 36.99 3223 m 0.62 18.62

Far-shore zone X2017 99.25° 37.18° 3335 m 0.59 55.00

52745 99.03° 37.30° 3417 m 0.57 75.92

X2018 98.97° 37.33° 3421 m 0.58 84.73

X2019 98.84° 37.36° 3459 m 0.56 102.36

Average 37.29 3408 m 0.58 79.50
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daytime and higher at night near the lake. However, the former
is land surface temperature and the latter is surface air temper-
ature, a small difference exists between them, with the data of
satellite higher than those of automatic stations. The average
land surface temperature during daytime, nighttime and daily

mean is 4.9~25.1 °C, 1.9~10.5 °C, and 7.8~17.9 °C respec-
tively in the lake surface, and it is 12.2~35.6 °C, −
13.1~6.3 °C, and − 2.6~17.9 °C respectively in the surround-
ing land. The average air temperature in the daytime, night-
time and daily mean is 8.7~9.6 °C, 2.9~4.1 °C, and 6.3~6.7 °C

Fig. 2 Distribution of warm-season mean land surface temperature (a),
daytime mean land surface temperature (b), and nighttime mean land
surface temperature (c) based on satellite data from 2009 to 2014, and

warm-seasonmean air temperature (d), daytimemean air temperature (e),
and nighttime mean air temperature (f) based on data of meteorological
stations from 2009 to 2014 (unit: °C)

Diurnal and intra-season variation of warm-season temperature in coastal zone of Qinghai Lake



respectively in the on-shore zone, but it is 9.5~11.16 °C,
1.3~2.3 °C, and 5.4~6.5 °C respectively in the near-shore
zone, and 10.0~10.7 °C, − 0.2~0.4 °C, and 5.0~5.5 °C in
respectively the far-shore zone.

Our analysis was focused on surface air temperature as
observed from the meteorological stations. It is interesting to
note that the warm-season mean air temperature of the on-
shore zone is relatively higher, ranging between 5.8 and
6.5 °C, and the mean temperature of the near-shore zone
ranges between 5.0 and 5.7 °C. Probably due to the combined
effects of the distance from the lake water and the vegetation
coverage, the warm-season mean air temperature of the far-
shore zone is the lowest, on average between 4.4 and 4.9 °C
(Fig. 3a).

The on-shore zone is warmer than other costal zones in
terms of warm-season average temperature (Table 2), though
the average maximum air temperature in this zone is still low-
er, and this is unexpected because the phenomenon is opposite
those found for the lakes of low-elevation regions during the
summer season. The research results on large deep-water lakes

of low-altitude areas show that the lakes in the summer have a
cold effect along the coastal zone (e.g., Scott and Huff 1997;
Small et al. 2001). The larger the area and the deeper the lake
water, the more obvious the cooling effect of summertime
(e.g., Lu and Wei 1990; Wang 1993; Scott and Huff 1996).

The difference from the previous studies, as shown in this
study, cannot be explained by the definition of the warm sea-
son (14th of April to 9th of December) used in this analysis,
which includes a few months out of the climatologically de-
fined summer (JJA), because the phenomenon of higher air
temperature near the lake also appears in summer or even in
mid-summer (Fig. 8). It might not have been caused by the
difference of the observational elevations either because there
is very similar average elevations of the stations between the
on-shore zone and the near-shore zone, with the former even
11 m higher than the latter (3234 m:3223 m) (Tables 1 and 2).

The influence of the lake water might have been the best
explanation for the difference of the temperature between the
different coastal zones. It is plausible that the huge plateau
lake is exerting a unique influence on the surface air

Fig. 3 Distribution of warm-season mean air temperature (a), mean maximum air temperature (b), mean minimum air temperature (c), and the mean
diurnal temperature range (DTR) (d),based on observational data of meteorological stations from 2009 to 2014 in the Qinghai Lake region (unit: °C)
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temperature of the costal land areas due to the colder atmo-
sphere and stronger wind of the near-surface layer which is
effectively chilling the inland surface air, especially during
daytime when the stronger turbulent flow in boundary layer
cause a larger downward transfer of momentum and a stronger
near-surface wind.

It is also possible that, in the high plateau region, the lake
water is with higher salinity, and its specific heat capacity is
smaller than that of fresh water, absorbing more heat during
the daytime and the temperature increases faster. Though the
lake is located in the low temperature area, the lake water
temperature is not too lower than surrounding land during
the daytime. At night, the infrared radiation emitted into the
atmosphere from the surface is strong due to the thinner atmo-
spheric layer and less water vapor, and the air temperature in
the on-shore zone is obviously higher, causing the daily and
season mean temperature to be obviously higher than that of
the near-shore and far-shore zones.

Certainly, the causes of the higher average air temperature
in on-shore zone than that in the other costal zones need to be
further investigated in the future.

From the warm-season mean maximum and minimum
temperatures of each weather station, it can be seen that, the
closer to the shore, the lower the mean maximum temperature
(Fig. 3b) and the higher the mean minimum temperature (Fig.
3c). The effects cause the DTR of the on-shore zone to be the
lowest, about 10.6 to 11.9 °C. The mean DTR of the near-
shore zone is about 12.0 to 14.5 °C, and the largest mean DTR
of 14.6 to 16.8 °C occurs in the far-shore zone (Fig. 3d).
Therefore, the warming effect of the lake in the on-shore zone
seems to dominantly occur during nighttime, and the daytime
sees a similarly cooling effect of lake to those found in other
regions.

3.2 Diurnal temperature variation

Figure 4 shows diurnal air temperature variation of warm sea-
son for the three zone averages and the individual sites of the
zones in the QL region. The QL has a clear effect on the
surface air temperatures of the nearby observational sites.
The closer the sites are to the shoreline, the higher the night-
time hourly mean temperature, the lower the afternoon hourly
mean temperature, and the smaller the diurnal temperature

variation. These are typical diurnal characteristics resulting
from the general lake effect. However, it is also clear that the
hourly mean temperature of the on-shore zone at nighttime is
much higher than that of the near-shore zone and far-shore
zone, and the daytime mean temperature differences among
the zones is very small, indicating that the warmer warm-
season climate near the shoreline dominantly results from
the obviously higher nighttime temperature. Although the lake
does somehow cool the on-shore zone during daytime, the
cooling effect is rather weaker than those found surrounding
the large likes of other regions.

Lakes have a greater heat capacity, and the diurnal temper-
ature variation at the surface of the lake and in locations near-
by is generally smaller. During the daytime, especially in the
afternoon, the on-shore site temperature rises more slowly and
the maximum temperature is lower, and in the evening the
temperature drops more slowly and the minimum temperature
is higher, causing diurnal temperature range to be noticeably
smaller than that of the far-shore zone. The day-to-night con-
version of lake-land wind circulation is likely also one of the
direct causes of the smaller diurnal temperature fluctuations in
the on-shore and near-shore zones.

Taking July as an example, we calculated the average hour-
ly wind direction frequency and drawn the monthly mean
wind rose diagram for the period 2009–2014. The meteoro-
logical stations 52754, 52851, 52852, and X4001 are located
respectively in the north, south, east, and west sides of the QL.
Figures 5 and 6 show the distribution of wind direction fre-
quency at different time of a day at stations 52754 (north) and
52851 (south). The wind direction in the north and south
shores of the lake had obvious changes, which was the man-
ifestation of the lake-land breeze. At station 52754, the north
wind is dominant at nighttime, which is land breeze from the
land southward to the lake, and the south wind is dominant
during daytime, which is the lake breeze from the lake north-
ward to the land. Similarly, there are also wind direction shifts
at stations 52853 and X4001, and the lake-land breeze is ob-
viously notable. It can also be found that the land breeze
during nighttime is more obvious than the lake breeze during
daytime. Take station 52754 (north) as an example, the north-
erly wind (land breeze) is dominant, and the maximum wind
direction frequency is 37.8%; meanwhile, the frequency of
other wind directions is very low at night; while during the

Table 2 Average geographical and climatic parameters for the on-shore zone, near-shore zone, and far-shore zone of the Qinghai Lake during warm
season

Zone Altitude Latitude Longitude Average temperature
in warm season

Average maximum
temperature in warm season

Average minimum
temperature in warm season

NDVI value

On-shore zone 3234 m 36.85° 100.11° 6.21 °C 11.9 °C 0.74 °C 0.67

Near-shore zone 3223 m 37.01° 100.51° 5.51 °C 12.4 °C − 1.20 °C 0.62

Far-shore zone 3408 m 37.29° 99.02° 4.85 °C 12.3 °C − 2.54 °C 0.58

Diurnal and intra-season variation of warm-season temperature in coastal zone of Qinghai Lake



Fig. 4 Average warm-season diurnal temperature variation for the on-shore, near-shore, and far-shore zones (a), and individual stations of the on-shore
(b), near-shore (c), and far-shore zones (d), in the Qinghai Lake region

Fig. 5 The distribution of mean near-surface wind direction frequency at different time (Beijing time) in July from 2009 to 2014 at station 52754 (unit: %)
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daytime, although the southerly wind (lake breeze) is domi-
nant, the maximum wind frequency is only 20.3%, and the
frequency of other wind directions is relatively higher.

This may be because the mid-tropospheric high-speed
westerly currents are closer to the surface on the plateau, and
the near-surface wind speed would be much larger, leading to
a generally non-benefiting background circulation field for the
formation and development of the daytime lake breeze due to
the downward transfer of momentum by the turbulence. At
nighttime, however, the stronger surface cooling due to the
upward long-wave radiation from the surface results in the
formation of a temperature inversion layer, which may have
effectively prevented the upper westerly momentum from
downward transportation, and thus benefited the development
of the land breeze within a thin boundary layer. This suggested
mechanism could be further investigated in further research by
using a numerical model.

In zones with varying distances from the lake shoreline,
diurnal temperature variations display different characteristics
for specific sites. Temperature variations at the sites of the on-
shore zone are mostly slower and smaller. The smallest hourly
mean DTR among all the weather stations of the zone is
7.9 °C, while the greatest DTR is 9.5 °C. In analyzing the
diurnal temperature fluctuations in all of the weather stations
of the on-shore zone, it is evident that the lake exerts a clear
effect on diurnal temperature variations. Located from the
nearest to the furthest distance from the lake shoreline, the
hourly mean DTR of the 5 on-shore zone weather stations
X4001, X3003, 52851, X4004, and X3004 are 7.9 °C,
8.4 °C, 8.6 °C, 9.1 °C, and 9.5 °C respectively (Fig. 4b).

The smallest diurnal fluctuation in temperature among all
the weather stations of the near-shore zone is 9.6 °C, while the
greatest is 11.9 °C. Located from the nearest to the furthest
distance from the lake shoreline, the near-shore zone weather
stations X4013, X3002, X4012, 52754, X4003, 52852,

52853, and X3001 register the DTR values of 10.7 °C,
10.4 °C, 11.7 °C, 10.9 °C, 11.9 °C, 9.6 °C, 10.8 °C, and
11.2 °C respectively. It is possible that, apart from the lake
effect, the state of vegetation cover at the sites also had an
effect on the temperature of the near-shore zone. NDVI can
represent vegetation cover, and the high NDVI value indicates
high vegetation coverage. At stations 52852 and 52853, which
had a relatively high NDVI values (0.76 and 0.72 respective-
ly), witness smaller DTR, whereas station X4003, which was
relatively lacking in vegetation cover (NDVI value was 0.41),
had a larger DTR (Fig. 4c). However, the possible influences
from vegetation around the stations need to be investigated in
the future.

The far-shore zone (Fig.4d) is mostly distributed to the
northwest of the QL; it is in the alluvial plains between the
Qinghai South Mountains and the Amuniniku Mountains.
Located from nearest to furthest distance from the shoreline,
the meteorological stations X2017, 52745, X2018, and X2019
have DTRs of 11.1 °C, 12.5 °C, 12.4 °C, and 13.2 °C respec-
tively. It can be seen that the diurnal temperature variations
was large in the far-shore than that in the on-shore and near-
shore areas, and the regulating effect of water on air temper-
ature is obviously weakened with distance from the shoreline.

Figure 7 shows the relationship of warm-seasonmeanmax-
imum temperature, minimum temperature and diurnal temper-
ature range of all the stations with the straight-line distances of
the AWSs from the shoreline. It can be seen that, within 30 km
(i.e., within the on-shore and near-shore zones), the lake had a
clear effect on the mean maximum and minimum tempera-
tures. The maximum temperature and DTR sharply increase
and the minimum temperature rapidly decrease with the dis-
tance from the shoreline in the two zones. In the far-shore
zone, which is approximately 50 km or more from the shore-
line, however, the lake effect is not as conspicuous. The fluc-
tuations in diurnal temperature are more subject to the lake

Fig. 6 The distribution of mean near-surface wind direction frequency at different time (Beijing time) in July from 2009 to 2014 at station 52851 (unit: %)
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effect within about 50 km of the shoreline, while the lake
effect on DTR is inconspicuous for most sites of the far-
shore zone.

Table 3 shows that, when the daily average maximum and
minimum temperatures and diurnal temperature range are
fitted to a curve, they form a half-parabola pattern. The fitted
equation passes the test with a significance level of 0.01. It is
thus evident that, within a certain distance, the lake exerts a
significant effect on the maximum and minimum

temperatures, and the DTR, but after exceeding a certain dis-
tance, the lake effect gradually disappears.

3.3 Intra-seasonal temperature variation

For the on-shore, near-shore and far-shore zones, the intra-
seasonal cycles of the 5-day average temperatures all represent
a single-peak variation type, with the maximum value occur-
ring at the 42nd 5-day interval (26th–31st of July) and the

Fig. 7 The relationship between mean maximum temperature (a), mean minimum temperature (b), and mean diurnal temperature range (c) of the
observational stations and their straight-line distance from the shoreline in the warm season

Table 3 Fitted equations for the
daily mean maximum
temperature, minimum
temperature, and diurnal
temperature range versus distance
from the lake shoreline

Meteorological element Fitted curve R2 Significance level

Maximum temperature Y = − 0.000 X2 + 0.046 X + 11.686 0.492 **

Minimum temperature y = 0.001 X2–0.095 X + 0.784 0.827 **

DTR y = − 0.001 X2 + 0.141 X + 10.897 0.822 **

Y represents the temperature and X represents the distance from the lake shoreline. Double asterisk represents
passing the test of 0.01 significance level
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minimum value at the 68th 5-day interval (6th–10th of
December) (Fig. 8). During the warm season, the 5-day aver-
age temperature ranges (maximum–minimum) for the on-
shore, near-shore, and far-shore zones are respectively
19.7 °C, 22.1 °C, and 22.9 °C. From Fig. 7a, it can be seen
that the difference of the 5-day average temperatures of the on-
shore and near-shore zones from the far-shore zone are all
positive, indicating that, compared to the far-shore zone, the
average temperatures of the on-shore and near-shore zones are

always higher during the warm season. The temperature dif-
ference between the on-shore zone and far-shore zone slowly
rises from the 36th 5-day interval (26th–30th of June) to the
52nd 5-day interval (16th–20th of September), but only by
about 1.0 °C. From the 53rd 5-day interval (21th–25th of
September), however, the difference rises rapidly peaking at
around 4.0 °C near the end of the warm season. The temper-
ature decrease for the on-shore zone is therefore particularly
slow after mid-September when it is clearly subject to the

Fig. 8 Five-day average temperatures for different zones and the
differences of 5-day average temperature of the on-shore zone and near-
shore zone from the far-shore zone (a), and the 5-day average temperature

variations for individual stations for the on-shore zone (b), near-shore
zone (c), and far-shore zone (d)
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buffering effects of the lake water, whereas the regulatory
effect of the lake on the near-shore zone starts to become
prominent beginning in mid-October.

It is obvious that the 5-day average temperature for the on-
shore zone always remains at a relatively higher value than that
of the near-shore or far-shore zones during the warm season, a
result well consistent with the abovementioned seasonal mean
temperature spatial pattern (Fig. 3 and Table 2). The tempera-
ture difference of the on-shore zone from the far-shore zone is
especially large after the late September, with the largest differ-
ence found in the end of the warm season (Fig. 8a), indicating
that the most remarkable lake effect occurs in late autumn and
early winter. The larger lake effect may be because the deep
lake usually stores heat in summer and releases it in autumn
and winter. It is also likely that the development of inversion
layer and the more frequent calm weathers at night in the tran-
sitional season benefit the lake-land surface air temperature
contrast.

As observed with the diurnal temperature change, the clos-
er the site of the on-shore zone is to the lake, the smaller the
fluctuations in the 5-day average temperature will be. For
example, the closest station to the lake shoreline(X4001) had
a 5-day average temperature range of 18.3 °C during the warm
season, while the station furthest from the lake shoreline in the
on-shore zone(X3004) has a 5-day average temperature range
of 21.6 °C (Fig. 8b).

In the near-shore zone, apart from being subject to the lake
effect, vegetation cover likely has an additional influence on
seasonal temperature variations. The temperature rise is
inhibited by the vegetation transpiration and soil evaporation

during daytime. The soil moisture can also reduce the decreas-
ing rate of air temperature during nighttime. These can all
result in a reduced diurnal air temperature variation. For ex-
ample, although the station nearest to the lake shoreline
(X4013) has a moderate NDVI value of 0.67, the 5-day aver-
age temperature range is relatively small at 21.6 °C because it
is relatively close to the lake. Station 52852 has a high NDVI
value of 0.76, and it has the smallest 5-day average tempera-
ture range at 21.3 °C (Fig. 8c).

For the far-shore sites, the 5-day average temperature
ranges (maximum–minimum) at stations X2017, 52745,
X2018, and X2019 are 22.3 °C, 22.6 °C, 23.3 °C, and
23.4 °C respectively. It can be seen that, compared to the on-
shore and the near-shore area, the 5-day average temperature
ranges at the far-shore stations increase greatly with the dis-
appearance of the lake regulation (Fig. 8d).

Figure 9 shows the average 5-day maximum temperatures
of various zones and the differences of the on-shore and near-
shore zones from the far-shore zone (Fig. 9a), along with the
diurnal time (Beijing time, h) when the average 5-day maxi-
mum temperature occurs and the differences of the occurrence
time of the on-shore and near-shore zones from the far-shore
zone (Fig. 9b). The intra-season 5-day average maximum tem-
perature ranges in the on-shore, near-shore, and far-shore
zones are 20.3 °C, 21.7 °C, and 22.6 °C respectively.
Compared to the sites far away from the lake shoreline, the
5-day average maximum temperature of the on-shore zone is
always smaller than that of the other zones before early
October. After early October, the 5-day average maximum
temperature in the on-shore zone is slightly higher than that

Fig. 9 Five-day average maximum temperatures for different zones and
the differences of 5-day average maximum temperature of the on-shore
zone and near-shore zone from the far-shore zone (a), and the diurnal time

at which the 5-day average maximum temperature occurs (Beijing time)
and the difference of the occurrence time of the on-shore zone and near-
shore zone from the far-shore zone (b)
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of the far-shore district and the 5-day average maximum tem-
perature of the near-shore zone is almost the same with that of
the far-shore zone.

As the lake water can absorb a great deal of solar radiation
heat between April and September, the daily maximum tem-
perature of the on-shore zone rises relatively more slowly than
that of the other zones due to the lower lake surface tempera-
ture and the warmer inland surface, and the 5-day average
maximum temperature is correspondingly lower. By early
October, the inland surface temperature has begun to drop,
but the lake water still keeps warmer, and the on-shore max-
imum temperature is relatively higher due to the lake effect.
The maximum temperature of the on-shore zone drops rela-
tively more slowly as well (Fig. 9a).

Compared to the far-shore zone, the daily maximum tem-
perature occurs relatively later in the on-shore zone, particu-
larly from late May to late August and also after the beginning
of October, with the delayed occurrence time of about 1 h. The
occurrence time of the daily maximum temperature for the
near-shore zone is also generally later than that of the far-
shore zone, but the difference is very small (Fig. 9b). Due to
the regulatory effect the lake on the nearby air temperature, the
occurrence time of the daily maximum temperature for the
lake surface and the on-shore zone is obviously delayed dur-
ing summer and autumn, displaying a typical feature of lake
and oceanic climate.

The 5-day average minimum temperature ranges of the
warm season for the on-shore, near-shore, and far-shore zones
are 23.3 °C, 25.6 °C, and 26.7 °C respectively. Figure 10a
shows that the 5-day average minimum temperature for the

on-shore and near-shore zones is generally higher than that of
the far-shore zone. Starting from the middle of September, the
minimum temperature for the on-shore zone is clearly higher
than that of the far-shore zone, while the near-shore zone sees
a narrowing difference from the far-shore zone probably due
to the effects of other factors like vegetation withering.
Compared to the far-shore zone, the occurrence time of the
daily minimum temperature is a little later for the on-shore and
near-shore zones, but the delay is smaller than that of the daily
maximum temperature, especially for the period before
September (Fig. 10b). After September, the difference of the
occurrence time of the minimum air temperature becomes
larger, probably because of the increased surface thermal con-
trast between the lake and the inland area.

4 Conclusions

Using the satellite data of land surface temperature and vege-
tation coverage and the hourly observation data from meteo-
rological stations situated around the Qinghai Lake, the spatial
contrast of land surface temperature in Qinghai Lake and its
surrounding and the seasonal and diurnal variations in air
temperature of the coastal zones during warm season were
analyzed. The following conclusions were drawn:

1. During the warm season, lake water surface temperature
derived from remote sensing was lower than that in the
surrounding land areas in the daytime, while it was obvi-
ously higher than that in the surrounding land areas at

Fig. 10 Five-day average minimum temperatures for different zones and
the differences of 5-day average minimum temperature of the on-shore
zone and near-shore zone from the far-shore zone (a), and the diurnal time

at which the 5-day average minimum temperature occurs and the differ-
ence of the occurrence time of the on-shore zone and near-shore zone
from the far-shore zone (b)
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nighttime. The daily mean the lake water surface temper-
ature was higher than that in the surrounding areas.

2. The sites closer to the shoreline experience higher average
air temperature and smaller diurnal temperature varia-
tions. This results from a slight cooling of 0.26 °C during
daytime and a much larger warming of 3.17 °C during the
nighttime in the on-shore zone as compared to the far-
shore zone. The diurnal temperature ranges of the on-
shore, near-shore, and far-shore zones are 8.7 °C,
10.9 °C, and 12.3 °C respectively.

3. The 5-day average temperature ranges of the warm season
for the on-shore, near-shore, and far-shore zones are
19.7 °C, 22.1 °C, and 22.9 °C respectively. Compared to
the far-shore zone, the 5-day average temperature for the
on-shore and near-shore zones is generally higher during
the whole warm season.

4. The 5-day average maximum temperature ranges of the
warm season for the on-shore, near-shore, and far-shore
zones are 20.3 °C, 21.7 °C, and 22.6 °C respectively. The
5-day average maximum temperature for the on-shore
zone is always lower than that of the far-shore zone before
early October, but it is slightly higher after early October
probably due to the frequent invasion of cold air in au-
tumn. The occurrence time of the diurnal maximum tem-
perature is delayed in the on-shore zone, especially after
early October.

5. The 5-day average minimum temperature ranges of the
warm season for the on-shore, near-shore, and far-shore
zones are 23.3 °C, 25.6 °C, and 26.7 °C respectively. The
minimum temperatures for the on-shore and near-shore
zones are generally higher than that of the far-shore zone.
The occurrence time of the diurnal minimum temperature
is generally later in the on-shore and near-shore zones
than that of the far-shore zone.

Therefore, the effect of the QH Lake on surface air temper-
ature is unique in diurnal variation of warm season compared to
those of inland big lakes in the lower altitude, with the obvi-
ously asymmetrical effect. The lake effect on night-time air
temperature in the on-shore zone is much higher than that of
daytime. The mechanism for this asymmetrical effect needs to
be further investigated in future studies. The thinner and leaner
plateau atmosphere which allows a stronger daytime downward
radiation and a larger absorption of heat in lake water, the stron-
ger near-surface wind speed during daytime due to the com-
bined influence of daytime turbulent mixing and unusual alti-
tude, and the huge water body and heat capacity as the largest
lake in mainland China, however, may have been the main
reasons for the distinctive characters as found in this analysis.
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ABSTRACT

The improvements and validation of several parameterization schemes in the second version of the Beijing Climate
Center Atmosphere–Vegetation Interaction Model (BCC_AVIM2.0) are introduced in this study. The main updates
include a replacement of the water-only lake module by the common land model lake module (CoLM-lake) with a
more realistic  snow–ice–water–soil  framework,  a  parameterization scheme for  rice paddies added in the vegetation
module, renewed parameterizations of snow cover fraction and snow surface albedo to accommodate the varied snow
aging effect during different stages of a snow season, a revised parameterization to calculate the threshold temperat-
ure to initiate freeze (thaw) of soil water (ice) rather than being fixed at 0°C in BCC_AVIM1.0, a prognostic pheno-
logy scheme for vegetation growth instead of empirically prescribed dates for leaf onset/fall, and a renewed scheme
to  depict  solar  radiation  transfer  through  the  vegetation  canopy.  The  above  updates  have  been  implemented  in
BCC_AVIM2.0 to serve as the land component of the BCC Climate System Model (BCC_CSM). Preliminary results
of BCC_AVIM in the ongoing Land Surface, Snow, and Soil Moisture Model Intercomparison Project (LS3MIP) of
the Coupled Model Intercomparison Project Phase 6 (CMIP6) show that the overall performance of BCC_AVIM2.0
is better than that of BCC_AVIM1.0 in the simulation of surface energy budgets at the seasonal timescale. Compar-
ing the simulations of annual global land average before and after the updates in BCC_AVIM2.0 reveals that the bias
of net  surface radiation is  reduced from −12.0 to −11.7 W m−2 and the root  mean square error  (RMSE) is  reduced
from 20.6 to 19.0 W m−2; the bias and RMSE of latent heat flux are reduced from 2.3 to −0.1 W m−2 and from 15.4 to
14.3 W m−2, respectively; the bias of sensible heat flux is increased from 2.5 to 5.1 W m−2 but the RMSE is reduced
from 18.4 to 17.0 W m−2.
Key words: BCC_AVIM2.0, LS3MIP, CMIP6, surface radiation, sensible heat flux, latent heat flux
Citation: Li, W. P., Y. W. Zhang, X. L. Shi, et al., 2019: Development of land surface model BCC_AVIM2.0 and its

preliminary  performance  in  LS3MIP/CMIP6. J.  Meteor.  Res., 33 (5),  851–869,  doi:  10.1007/s13351-019-
9016-y.

1.    Introduction

A  land  surface  model  (LSM)  is  an  important  tool  to
simulate the variations of earth surface conditions and to
investigate the physical processes involved in land–atmo-
sphere  interactions.  A  variety  of  LSMs  has  been  de-
veloped in the past  decades,  depicting various processes

of  land  surface  evaporation,  snow  cover,  soil  water
freeze/thaw,  vegetation  growth,  terrestrial  carbon  cycle,
and so on (Sellers et al., 1996; Sun et al., 1999; Dai et al.,
2003; Xue  et  al.,  2003; Li  et  al.,  2010; Bonan  et  al.,
2011; Lawrence  et  al.,  2011; Luo  et  al.,  2017).  En-
deavors  have  been  made  at  the  Beijing  Climate  Center
(BCC),  China  Meteorological  Administration  in  recent
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years to develop a climate system model (CSM) with an
integrated  LSM  to  simulate  the  physical  as  well  as
biogeophysical processes of land surfaces.

The first  version of  the BCC Atmosphere–Vegetation
Interaction  Model  (BCC_AVIM1.0)  was  based  on  the
AVIM developed by Ji (1995) and Ji et al. (2008), which
included  three  sub-modules  simulating  biogeophysical,
ecophysiological,  and  soil  carbon–nitrogen  dynamical
processes,  and  a  modified  biogeophysical  framework
with  10  soil  layers  and  up  to  5  snow layers  [almost  the
same  as  that  in  the  NCAR  Community  Land  Model
(CLM; Oleson et al., 2004)]. In BCC_AVIM1.0, the ter-
restrial  carbon  cycle  was  realized  via  a  series  of  bio-
chemical and physiological processes related to the pho-
tosynthesis  and  respiration  of  vegetation.  There  was  a
seasonally varying allocation of carbohydrates to leaves,
stems, and roots as a function of the prognostic leaf area
index  (LAI).  Carbon  loss  due  to  turnover  and  mortality
of vegetation tissues and carbon dioxide release into the
atmosphere from soil  respiration was also taken into ac-
count.  Plant  litter  on  the  ground  surface  and  in  the  soil
was  theoretically  divided  into  eight  terrestrial  carbon
pools  according  to  the  timescale  of  carbon  decomposi-
tion  of  each  pool  and  the  transfers  between  different
pools based on the works of Parton et al. (1988) and Cao
and Woodward (1998). BCC_AVIM1.0 has served as the
land  component  of  the  BCC  Climate  System  Model
(BCC_CSM) and performed well in both operational sea-
sonal  climate  prediction  (Wu  et  al.,  2014)  and  experi-
ments  of  the  Coupled  Model  Intercomparison  Project
Phase  5  (CMIP5; Arora  et  al.,  2013; Su  et  al.,  2013;
Todd-Brown  et  al.,  2013; Wu  et  al.,  2013; Bao  et  al.,
2014; Friedlingstein et al., 2014).

Like  other  current  LSMs,  BCC_AVIM1.0  has  many
deficiencies  in  its  physical  and  biogeophysical  paramet-
erizations  and  consequent  biases  in  its  simulations.  For
example,  BCC_AVIM1.0  underestimated  the  snow  co-
ver fraction of the Eurasian continent in winter (Xia and
Wang,  2015).  It  produced earlier  start  and end dates  for
thaw (freeze)  of  soil  ice  (liquid  water)  over  the  Tibetan
Plateau  compared  with  the  observations  due  to  the  un-
realistic threshold temperature (i.e., 0°C) to initiate thaw
(freeze)  of  soil  ice  (water)  (Xia  et  al.,  2011).  Moreover,
BCC_AVIM1.0 produced overestimation of land surface
albedo (Zhou et al., 2018) and delayed vegetation pheno-
logy during the growing season. The aforementioned and
other deficiencies of BCC_AVIM1.0 has motivated us to
improve  the  parameterization  schemes  of  relevant  land
surface processes.

After completion of the CMIP5 experiments, attempts
were  made  to  improve  the  parameterization  schemes  in

BCC_AVIM1.0  related  to  snow  cover,  soil  freeze/thaw
processes,  rice  paddies,  lakes  with  real  depths  in  a
snow–ice–water–soil  framework,  solar  radiation  transfer
through  vegetation  canopies,  and  a  prognostic  pheno-
logy  based  on  the  carbon  budget  of  a  plant  functional
type  (PFT).  The  above  updates  were  implemented  in
BCC_AVIM2.0 and coupled to BCC_CSM2.0 for use in
the  ongoing  CMIP6 project.  This  work  gives  a  brief  in-
troduction  to  BCC_AVIM2.0  and  its  preliminary  per-
formance  in  the  Land  Surface,  Snow  and  Soil  Moisture
Model  Intercomparison Project  (LS3MIP; van den Hurk
et al., 2016).

The  remainder  of  this  paper  is  organized  as  follows.
Section  2  describes  the  data  and  method  that  we  have
employed to evaluate BCC_AVIM. The updates of para-
meterizations  in  BCC_AVIM2.0  are  presented  in  Sec-
tion  3.  Section  4  displays  the  performance  of  BCC_
AVIM2.0  in  LS3MIP.  Finally,  conclusions  are  given  in
Section 5.

2.    Data and methods to evaluate BCC_AVIM

The observation datasets used in this study to validate
the simulations of BCC_AVIM include: (1) site observa-
tions at Col de Porte, France (Morin et al., 2012), (2) site
observations  in  Shouxian  County  of  Anhui  Province,
China,  (3)  surface water  temperature of  the Great  Lakes
in North America on the daily analysis (on an approxim-
ately  1-km  horizontal  resolution)  from  NOAA  satellite
observations  for  1995–2006  (ftp://coastwatch.glerl.noaa.
gov/glsea),  (4)  LAI  data  derived  from  the  Advanced
Very  High  Resolution  Radiometer  (AVHRR)  covering
1982 to 2010 (Myneni et al., 1997), (5) surface turbulent
heat and carbon fluxes from the Global Biosphere–Atmo-
sphere  Flux  (GBAF)  dataset  (upscaled  from FLUXNET
and satellite  observations)  spanning  1982  to  2008  (Jung
et al., 2009, 2011), (6) above ground biomass from pan-
tropical  biomass  (Avitabile  et  al.,  2016)  and  the  global
biomass carbon dataset covering 1990 to 2010 (Saatchi et
al.,  2011),  and (7)  the surface radiation budget  from the
Cloud and Earth Radiant Energy System (CERES) from
2000 to 2010 (Kato et al., 2013).

In  addition  to  the  above  observation  datasets,  the  at-
mospheric forcing data at  a  specific site  or  at  the global
scale used to drive the LSM are also needed to evaluate
the model simulations. The atmospheric forcing to drive
BCC_AVIM2.0 in this study for the Great  Lakes region
and the entire globe is the Princeton global forcing data-
set (Sheffield et al., 2006), which was developed for land
surface  and  other  terrestrial  models,  and  for  analyzing
changes  in  near-surface  climate.  The  dataset  was  based
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on 6-hourly surface climate data from the NCEP–NCAR
reanalysis and was corrected for biases at  diurnal,  daily,
and monthly timescales by using a variety of observation
datasets.  The  data  used  in  this  study  are  on  a  1-degree
spatial  resolution and a 3-h time step,  and cover  the pe-
riod  from  1948  to  2014.  The  Princeton  global  forcing
dataset  is  among  several  options  of  atmospheric  forcing
for the ongoing LS3MIP of CMIP6.

BCC_AVIM2.0 was run offline at  a  crop field site  in
Shouxian  County  of  Anhui  Province,  China  for  evalu-
ation of  surface heat  fluxes  over  rice  paddies,  in  Col  de
Porte,  France for  evaluation of  snow albedo,  around the
Great  Lakes  region  of  North  America  for  evaluation  of
lake  surface  temperature,  and  over  the  globe  for  evalu-
ation of vegetation phenology.

In addition to the traditional validation of a LSM at a
specific  site,  benchmarking  has  been  widely  used  to  as-
sess  the  ability  of  climate  models  to  capture  the  spatial
and  temporal  variability  of  observations  during  the  his-
torical period. For the carbon cycle and terrestrial ecosys-
tems,  the  design  and  development  of  an  open-source
community  platform has  been  an  important  goal  as  part
of  the  International  Land  Model  Benchmarking  (IL-
AMB)  project.  The  ILAMB  package  was  designed  and
developed  as  a  diagnostic  system  that  enables  users  to
specify  the  models,  benchmarks,  and  scoring  metrics
used to tailor the large amount of results to specific mo-
del  intercomparison  projects.  The  ILAMB  scoring  sys-
tem used information from three different aspects of cli-
mate, including the climate mean spatial pattern, the sea-
sonal cycle, and the amplitude of interannual variability.
A stable version of the ILAMB package was released in
2015 during the American Geophysical Union fall meet-
ing (Mu et  al.,  2016; Mu and ILAMB team, 2019).  The
ILAMB  package  was  used  to  evaluate  the  preliminary
performance of BCC_AVIM2.0 in simulating global land
surface energy budgets and their seasonal evolutions.

3.    Updates of parameterization schemes in
BCC_AVIM2.0

3.1    The lake with variable depth in a snow–ice–water–
soil framework

As  a  specific  nonvegetated  underlying  water  body,  a
lake has been explicitly described in most LSMs to simu-
late  thermal  transfer  within  the  water  body  and  energy
exchange between the lake surface and the overlying at-
mosphere,  and  related  biogeochemical  effects  (Subin  et
al.,  2012). With the increase of model horizontal resolu-
tion,  the  lake  cover  percentage  in  a  model  grid  cell  be-

comes  larger  and  the  climate  impacts  of  lakes  become
more prominent, and more complicated and realistic pro-
cesses  describing  the  lake–atmosphere  interactions  need
to be considered.

The  lake  module  in  BCC_AVIM1.0  is  similar  to  that
of NCAR CLM. It has 10 prescribed layers of water and
a fixed depth of 50 m (Oleson et al.,  2004); snow cover
accumulation  over  the  lake  surface  is  much  simplified
and  the  soil  beneath  the  lake  water  body  is  not  con-
sidered.  In  BCC_AVIM2.0,  we  implemented  the  lake
module  of  the  Common Land  Model  (CoLM)  of Dai  et
al.  (2003)  on  the  basis  of  previous  works  (Zeng  et  al.,
2002; Subin et al., 2012). The main physical processes in
the  CoLM-lake  module  include  the  freeze/thaw  at  the
surface  of  a  lake  body,  snow  accumulation  over  the
frozen  surface,  eddy  diffusion,  heat  exchange  between
the  atmosphere  and  the  lake  surface,  and  heat  exchange
between the bottom water and the underlying soil layer.

In the CoLM-lake module, the lake surface roughness
lengths for momentum (z0m),  heat (z0h),  and water vapor
(z0q) under unfrozen conditions are parameterized as fol-
lows (Dai et al., 2018):

z0m =max(
0.1v
u∗

, C
u∗2

g
) ⩾ 10−5m, (1)

z0h = z0m exp
{
− 0.4

0.713

(
4
√

R0−3.2
)}
⩾ 10−5m, (2)

z0q = z0m exp
{
− 0.4

0.66

(
4
√

R0−4.2
)}
⩾ 10−5m, (3)

u∗

R0 =max
(

z0mu∗

v
, 0.1

)where  is the surface friction velocity (m s−1), g = 9.8 m
s−2 is  the  acceleration  of  gravity,  and v  is  the  kinematic

viscosity. In Eqs. (2) and (3),  is the
near-surface  atmospheric  roughness  Reynolds  number.
The kinematic viscosity v is calculated as:

v = v0

(
Tg

T0

)1.5 P0

Pref
, (4)

in  which v0  =  1.51  ×  10−5 m2  s−1,  T0  =  293.15  K, P0  =
1.013  ×  105 Pa,  and Pref  is  the  air  pressure  at  the  atmo-
spheric  reference  height.  The  effective  Charnock coeffi-
cient C in Eq. (1) is calculated as:

C =Cmin+ (Cmax−Cmin)exp[−min(A,B)] , (5)

A =
(F ·g

u2

)1/3
/ fc, (6)

B = ε

√
d ·g
u

, (7)

OCTOBER 2019 Li, W. P., Y. W. Zhang, X. L. Shi, et al. 853



ε

where  the  maximum  and  minimum  values  of C  are  as-
sumed to be Cmax = 0.11 and Cmin = 0.01, respectively; A
and B represent restrictions from the wind-driving-waves
length scale (F) and the lake depth (d), respectively; u (m
s−1) is near surface atmospheric wind; and F depends on
lake depth, which is assumed to be a constant of 100 for
lakes shallower than 4 m and a constant 25 times the lake
depth  for  those  deeper  than  4  m.  The  constant fc  =  22;
and  is set to 1 for the time being and is adjustable based
on the availability of data. More technical details can be
found in the studies about CoLM-lake (Dai et  al.,  2018;
Huang et al., 2019).

Offline  simulations  were  conducted  to  compare  the
CoLM-lake  of  real  depths  in  BCC_AVIM2.0  with  the
original water-only lake module of a fixed depth of 50 m
in  BCC_AVIM1.0. Figure  1 displays  lake  surface  tem-
peratures over the Great Lakes region in North America.
Satellite  observations  show  that  the  main  body  surface
temperatures  of  the  five  lakes  in  January  are  above 0°C
(Fig.  1a).  The  surface  temperature  of  the  northernmost
Lake  Superior  ranges  from 2  to  3°C;  Lake  Michigan  to
the  south  is  relatively  warmer,  with  surface  temperature
between 3 and 4°C; the surface temperature in the cent-
ral part of Lake Huron and most of Lake Ontario is above
3°C; and the surface temperature of the southernmost yet
shallowest Lake Erie is colder than 3°C. It is common to
the five lakes that the central part of each lake is warmer
than its  outer  parts  in  January,  the  margins  of  each lake
freeze  in  winter,  and  the  coverage  of  the  frozen  surface
experiences  interannual  variability.  In  the  simulation  of
BCC_AVIM1.0 (Fig. 1b), the surface temperatures of all
five lakes are underestimated by as much as 6–8°C, e.g.,
Lake Superior, parts of Lake Michigan, and Lake Huron
to the north of 44°N are colder than −6°C; temperatures
increase  southward  of  44°N,  yet  the  southern  ends  of
Lake Michigan and Lake Erie are still colder than 2°C. In
contrast,  the  surface  temperature  simulated  by  CoLM-
lake  in  BCC_AVIM2.0  is  much  closer  to  the  observa-
tions  in  both  magnitude  and  spatial  pattern,  especially
over  Lake  Ontario  and  the  southern  part  of  Lake
Michigan  (Fig.  1c).  Lake  Huron  is  approximately  1°C
colder  than  the  observations  but  the  northernmost  Lake
Superior  and  the  southernmost  Lake  Erie  are  approxim-
ately  2–3°C  colder  than  the  observations.  The  overall
simulation  of  BCC_AVIM2.0  in  January  is  statistically
much better than that of BCC_AVIM1.0, with the spatial
correlation  coefficient  between  simulated  and  observed
surface  temperatures  over  the  Great  Lakes  region  being
0.21  for  BCC_AVIM1.0  and  0.65  for  BCC_AVIM2.0,
and  the  root  mean  square  error  (RMSE)  remarkably  re-
duced  from  10.3°C  for  BCC_AVIM1.0  to  1.8°C  for

BCC_AVIM2.0.  The  January  cold  bias  in  BCC_
AVIM1.0 is possibly due to the quick freezing of surface
water  without  considering  the  insulation  of  snow cover,
and  the  alleviation  of  this  cold  bias  in  the  lake  surface
temperature  simulation  of  BCC_AVIM2.0  is  partly  due
to the larger heat capacity of the entire water–soil system
of CoLM-lake in BCC_AVIM2.0 than that from the wa-
ter-only lake module in BCC_AVIM1.0.

The remarkable feature in observed lake surface tem-
perature in July is the gradient distribution either within a
specific  lake  or  among  different  lakes  (Fig.  2a).  The
northernmost Lake Superior is the coldest and the south-
ernmost  Lake  Erie  is  the  warmest.  The  northern  part  of
Lake  Superior  is  as  cold  as  9°C,  and  the  southwestern
part of the lake body becomes increasingly warmer as it
becomes  shallower.  The  surface  temperature  of  Lake
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Fig. 1.   January mean lake surface temperature over the Great Lakes
region in North America derived from (a) AVHRR/NOAA satellite ob-
servation averaged for  1995–2006,  (b)  simulation of  BCC_AVIM1.0,
and  (c)  simulation  of  CoLM-Lake  with  real  lake  depths  in
BCC_AVIM2.0.
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Michigan  increases  from  approximately  17°C  in  the
northern  part  to  above  21°C  in  the  southern  end.  The
north  central  region  of  Lake  Huron  is  approximately
14°C,  and  the  southern  end  of  Lake  Huron  and  most  of
Lake Ontario are approximately 19°C, almost as warm as
their  counterpart  of  Lake  Michigan  located  in  the  same
latitudinal  belt.  The  latitudinal  gradient  in  surface  tem-
perature of Lake Erie is also obvious, ranging from 20°C
in the northeastern part to 23°C in the southwestern end.
Compared  with  the  aforementioned  observations,  BCC_
AVIM1.0  produces  uniformly  colder  surface  temperat-
ures in the five lakes, except for the northern part of Lake
Superior;  the  cold  bias  is  approximately  6°C  (16°C  vs.
10°C) in northern Lake Michigan and approximately 9°C
(20°C vs. 11°C) in southern Lake Michigan; and the cold
bias in the BCC_AVIM1.0 simulation can be as large as
12°C  (23°C  vs.  11°C)  in  southern  Lake  Eire  (Fig.  2b).
The  performance  of  BCC_AVIM2.0  (Fig.  2c)  is  much
better  than  that  of  BCC_AVIM1.0.  The  overall  spatial
distribution of  lake surface temperature is  similar  to  ob-

servations but the magnitude is generally higher and the
warm  biases  are  larger  at  higher  latitudes.  The  surface
temperature  of  northern  Lake  Superior  is  approximately
8°C higher than that in the observations; the warm bias is
approximately  6°C  in  northern  Lake  Huron;  and  the
warm  bias  reduces  to  approximately  3°C  in  southern
Lake  Michigan.  The  summertime  cold  bias  of  surface
temperature  in  BCC_AVIM1.0  simulation  is  associated
with the strong heat diffusion from surface to deeper wa-
ter  layers;  in  contrast,  the  warm bias  in  BCC_AVIM2.0
is due to the relatively weak heat diffusion between ver-
tical layers in the CoLM-lake module of BCC_AVIM2.0.
Statistically,  CoLM-lake  in  BCC_AVIM2.0  performs
better  than  the  lake  module  in  BCC_AVIM1.0  in  July,
with  the  spatial  correlation  coefficient  between  the  ob-
served  lake  surface  temperature  and  that  simulated  by
BCC_AVIM1.0  over  the  Great  Lakes  region  being  0.61
and  that  by  BCC_AVIM2.0  being  0.75,  and  the  RMSE
reduced  from  7.4°C  for  BCC_AVIM1.0  to  6.4°C  for
BCC_AVIM2.0.

3.2    Rice paddies

The interactions between agricultural land and overly-
ing  atmosphere  play  an  important  role,  especially  in
paddy  rice  fields  in  eastern  and  southeastern  parts  of
Asia,  where  surface  latent  heat  flux  (LHFX)  values  are
relatively large. Using only one PFT to represent crop in
BCC_AVIM1.0  undoubtedly  underestimates  surface
evaporation  over  rice  paddies  where  the  ground  is
covered  by  water.  A  new  scheme  for  rice  paddy  fields
was developed in BCC_AVIM2.0 to incorporate the ad-
dition of surface water above soil, which is distinct from
dry  farmland;  the  energy  flux  stored  in  surface  water  is
important  to  the  energy  balance  and  affects  climate  via
heat  and  water  fluxes  at  the  canopy  and  water  surface.
The  essential  difference  in  the  calculation  of  LHFX
between  this  study  and  the  original  crop  scheme  in
BCC_AVIM1.0 lies in that there is no limit in the evap-
oration from a rice paddy assumed to be a water body in
BCC_AVIM2.0.  The  evaporation  from  rice  paddies  in
BCC_AVIM2.0  comprises  two  parts: Ev  from  the  rice
canopy and Ew from the ground water body; and they are
calculated as:

Ev = −ρatm

(
qs−qTv

sat

)
rtotal

, (8)

Ew = −ρatm
(qs−qw)

raw
, (9)

where ρatm is the density of air (kg m−3); qs is the specific
humidity  of  canopy  air  at  the  zero-plane  displacement
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Fig. 2.   As in Fig. 1, but for July.
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qTv
satheight (kg kg−1);  is the saturation water vapor speci-

fic  humidity  at  the  vegetation  temperature Tv;  qw  is  the
specific  humidity  at  the  ground water  surface  (kg  kg−1);
rtotal is  the  total  resistance  to  water  vapor  transfer  from
the  canopy  to  the  canopy  air,  which  includes  contribu-
tions from the leaf boundary layer and leaf stomatal res-
istance;  and raw  is  the aerodynamic resistance (s  m−1)  to
water vapor transfer between the ground water body and
the  canopy  air.  In  addition  to  the  aforementioned  modi-
fication to ground surface evaporation, rice phenology is
empirically prescribed according to planting dates to sim-
ulate two growing seasons of rice in central China rather
than one growing season for crop in BCC_AVIM1.0. On
the  other  hand,  the  technical  details  about  the  surface
sensible  heat  flux  (SHFX)  over  rice  paddies  are  quite
similar to those over vegetated surfaces in CLM (Oleson
et al., 2004).

Figure  3 shows  the  seasonal  evolution  of  daily  mean
SHFX and  LHFX at  a  field  station  in  Shouxian  County
of Anhui Province, China. In the observation, SHFX re-
mains below 30 W m−2 almost year-round, except in June
when it  increases  to  above 60 W m−2.  Surface  LHFX is
dominant during most of the year and is more than 30 W
m−2 from  March  to  November;  two  peaks  of  more  than
130 W m−2 appear in Mayand July corresponding to the
double  growing  seasons  of  rice  in  the  midlatitudes  of
China.  It  is  observed  that  the  new  scheme  (Rice)  in
BCC_AVIM2.0 has simulated the seasonal  variations of
SHFX  and  LHFX  more  accurately  than  the  old  scheme
(Crop) in BCC_AVIM1.0,  both in magnitude and in the
temporal  evolution.  Two  peaks  of  LHFX  simulated  by
the Rice scheme in May and July are associated with the
growing  seasons  of  rice  and  the  consequent  strong
evapotranspiration; the dip in LHFX in June and the peak
in SHFX around that period correspond to the harvest of
rice and subsequent restricted evapotranspiration. Quant-
itatively, the RMSEs of SHFX simulation using the Crop
and  Rice  schemes  are  45.95  and  19.09  W  m−2 respect-
ively, and the RMSE of corresponding LHFX simulation
is  remarkably  reduced  from 46.10  to  16.83  W m−2.  The
improvements  in  the  Rice  scheme  are  due  to  increased
evaporation from the water surface over rice paddies and
the  two  growing  seasons  compared  with  relatively  less
evaporation over dry farmland and only one growing sea-
son in the old Crop scheme.

3.3    Snow cover fraction

Snow cover fraction (SCF) is the percentage of a mo-
del grid cell covered by snow. SCF is usually parameter-
ized  by  the  roughness  length  of  the  land  surface  and
snow depth or snow water equivalence. SCF is generally

underestimated in some LSMs in winter (Li et al., 2009;
Xia  and  Wang,  2015),  and  the  negative  bias  of  SCF
could  be  partly  alleviated  by  using  improved  schemes
(Niu and Yang, 2007). Meanwhile, SCF is overestimated
in the regions with fluctuating topography such as south-
ern  Europe  and  in  the  areas  around  the  Tibetan  Plateau
and the Mongolian Plateau (Li et al.,  2009). An obvious
defect in the previous SCF schemes is that the soil rough-
ness length is assumed to be a global constant,  although
it should be location dependent (Yang et al., 1997). Con-
sidering the heterogeneous land surface and inhomogen-
eous  precipitation,  LSMs  should  take  into  account  the
subgrid variability of topography in a model grid cell  to
decrease  the  magnitude  of  SCF  (Roesch  et  al.,  2001).
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Fig. 3.   Temporal evolution of (a) sensible heat flux (SHFX) and (b)
latent heat flux (LHFX). Black circles: observations; blue curve: crop
scheme in BCC_AVIM1.0; red curve: rice scheme in BCC_AVIM2.0.

856 Journal of Meteorological Research Volume 33



The SCF in BCC_AVIM2.0 is parameterized as:

Fsno = tanh
(

hsno

2.5z0

)
.

(
hsno

hsno+ε+0.0002σz

)a

, (10)

where hsno  is  the  snow  depth  (m); z0  is  the  roughness
length of bare soil; σz (m) is the spatial variability of sub-
grid  topography  (i.e.,  the  standard  deviation  of  topo-
graphic  height  from the  regional  mean)  in  a  grid  cell  of
an  LSM; ε  is  a  minute  constant  (10−5)  to  avoid  division
by zero for totally flat and snow-free grid boxes; and the
power exponent a is an adjustable constant smaller than 1
according to the spatial resolution of the model grid cell.

3.4    Snow aging and snow surface albedo

In  current  empirical  parameterizations  for  snow  sur-
face  albedo  (SA),  snow  surface  temperature  is  con-
sidered  as  an  important  and  sometimes  even  the  only
dominant  factor,  and the  distinct  characteristics  of  snow
aging at different stages of a snow season are neglected.
However, analysis of observation data indicates that it is
necessary  to  consider  the  different  reduction  rates  of
snow albedo in the accumulating and melting stages of a
snow season. Snow albedo decreases more rapidly in the
melting period than in the previous accumulating period
(Aoki et al., 2003; Chen et al., 2014). Snow albedo in the
melting  stage  of  a  snow  season  might  be  overestimated
by  previous  schemes  using  a  set  of  unified  parameters
throughout the entire snow season, which partly explains
why the  melting  rate  is  weakened and the  final  ablation
of the snow cover is delayed in BCC_AVIM1.0. The dif-
fuse albedos of snow at different spectral bands are para-
meterized  as  those  in  Biosphere–Atmosphere  Transfer
Scheme (BATS; Dickinson et al., 1993):

αdiff,vis = (1.0−Cvis ·Fage)αdiff,vis0, (11)

αdiff,nir = (1.0−Cnir ·Fage)αdiff,nir0, (12)

where αdiff,vis  and αdiff,nir  are the diffuse albedos of snow
at visible and near infrared wave bands, respectively; Cvis
and Cnir are empirical constants that depict the albedo re-
duction with time; Fage is a snow aging parameter related
to snow surface temperature  and impurities;  and αdiff,vis0
and αdiff,nir0 are the albedos of freshly fallen snow at vis-
ible  and  near  infrared  bands,  respectively.  The  direct
beam albedo of snow is the sum of the above diffuse al-
bedo  and  the  correction  associated  with  solar  zenith
angle (Dickinson et al., 1993; Oleson et al., 2004).

In  BCC_AVIM1.0, Cvis  and  Cnir  are  assumed  to  be
constant  (0.2 and 0.5 respectively)  throughout  the entire
snow season, which weakens the snow aging effect dur-
ing  the  melting  stage  and  therefore  overestimates  snow

albedo  at  that  time.  To  better  represent  the  reduction  of
snow  albedo  with  elapsed  time  after  a  snowfall  event,
two  sets  of Cvis  and  Cnir  are  used  before  and  after  mid
March to simply mimic the different  snow aging effects
for  the  accumulating  and  melting  stages  of  a  snow  sea-
son  in  the  Northern  Hemisphere  (NH)  in  BCC_
AVIM2.0. The values of Cvis and Cnir are assumed to be
0.2 and 0.5 respectively for the snow accumulation peri-
od  before  mid  March,  and  0.3  and  0.65  for  the  snow
melting stage afterwards. This revised scheme can partly
alleviate the overestimation of snow albedo during boreal
spring in BCC_AVIM1.0 as it keeps the SA of the previ-
ous accumulating period unchanged,  thus shortening the
snow  season  length  by  approximately  5  days,  closer  to
the observations (Fig. 4).

3.5    Threshold temperature  to  initiate  freeze/thaw of  soil
water/ice

Liquid  water  freezes  when  the  soil  temperature  de-
creases to 0°C in BCC_AVIM1.0, and the soil temperat-
ure  will  remain  at  0°C  until  all  the  liquid  water  has
frozen. However, liquid water can coexist with ice in the
real  world  when the  soil  temperature  is  below 0°C.  The
relationship between soil  water  content  and soil  temper-
ature is determined by the inherent characteristics of soil
hydraulics  and  the  thermodynamic  equilibrium  between
soil  water  potential  and  soil  temperature.  Therefore,  the
method to calculate the soil freeze/thaw critical temperat-
ure  used  by Li  and  Sun  (2008) was  adopted  in
BCC_AVIM2.0  to  replace  the  unreasonable  assumption
used in BCC_AVIM1.0.

Soil  water  potential  remains  in  equilibrium  with  the
vapor pressure over soil ice when freezing occurs. Com-
bining the relationship between soil  water  matrix poten-
tial ψ  (mm) and soil  temperature ψ(T)  with the relation-
ship between soil water matrix potential ψ (mm) and soil
liquid  water  content ψ(θliq ),  the  expression for  the  func-
tional relation between the freeze/thaw threshold temper-
ature  of  soil  water  (Tthre)  and  the  soil  liquid  water  con-
tent can be derived as:

Tthre =
103Lf ·Tfrz

103Lf −ψsat

(
θliq

θsat

)−b

·g
, (13)

where Lf  is  the  latent  heat  of  fusion  (J  kg−1); Tfrz  is  the
freezing point of pure water (K); ψsat is the saturated soil
matrix potential (mm), which is usually negative; θsat and
θliq are soil porosity and the partial volume of liquid wa-
ter,  respectively; b  is  the  Clapp–Hornberger  parameter;
and  g  is  the  gravitational  acceleration  (m  s−2).  The
threshold temperature gradually rises as liquid water con-
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tent  increases  but  is  always  below  the  freezing  point  of
pure water Tfrz. It can be deduced from Eq. (13) that un-
der  the  same  condition  of  soil  liquid  water  content,  the
freeze/thaw threshold temperature for coarse sandy soil is
higher  than that  for  other  kinds of  soil  with smaller  soil
particle  size  and  relatively  larger  porosity.  The  absolute
value of the saturated soil water potential of clayey soil is
greater than that of sandy soil with the same liquid water
content; the second term (with negative value) in the de-
nominator is larger in magnitude for clayey soil, and the
final value of Tthre is thus smaller for clayey soil. The un-
derlying reason is that sandy soil has macropores that can
be  easily  drained  and  the  assembled  water  can  easily
freeze;  therefore Tthre  for  sandy  soil  is  higher  than Tthre
for clayey soil with a similar soil water content.

Validation  of  different  parameterization  schemes  to
simulate the seasonal freeze/thaw of soil water/ice shows
that  the  temporal  evolution  of  soil  temperature  is  closer
to  observations  by  using  Eq.  (13)  to  initiate  thaw  in
spring and freeze in autumn. After the melting of the sea-
sonal frozen layer, the seasonal warming of soil temper-
ature  is  delayed  and  is  closer  to  observations  compared
with the old scheme (Xia et  al.,  2011).  Considering that
the Tthre  to  initiate  thawing  of  soil  ice  is  usually  higher
than that for the freezing of soil liquid water, for the sake
of  simplicity  and  for  the  time  being,  0.5°C  is  added  to
Tthre to initiate thawing of soil ice in BCC_AVIM2.0.

Soil  organic  matter  serves  as  an  insulator  for  heat
transfer through soil layers, and the soil solid heat capa-
city  of  organic  matter  is  larger  than  that  of  mineral
(Lawrence  and  Slater,  2008),  both  of  which  delay  soil
freeze/thaw  processes.  These  factors  will  be  considered
in the future version of BCC_AVIM.

3.6    Prognostic phenology of vegetation

The phenology of a PFT in BCC_AVIM1.0 is empir-
ically  prescribed  to  ensure  that  the  simulated  seasonal
evolution  of  LAI  is  in  phase  with  the  climatology  de-
rived  from  satellite  observations  (Ji,  1995).  In  other
words, there is no interannual variation in leaf expansion
and leaf fall dates for a PFT in BCC_AVIM1.0. To cap-
ture the interannual  variation and long term trend in ve-
getation  phenology,  a  prognostic  phenology  scheme
based  on  the  work  of Arora  and  Boer  (2005) is  imple-
mented  in  BCC_AVIM2.0.  The  phenology  for  decidu-
ous ecosystems consists  of  four stages:  the rapid expan-
sion period of LAI indicating the start of a growing sea-
son, the normal growth period, the leaf fall period, and a
dormant  season  without  leaves.  The  herbaceous  biomes
experience three phonological stages during their growth
in a year, which are the same as the first three phenology
stages of the deciduous forests. Unlike deciduous forests,
herbaceous ecosystems maintain leaves as long as the en-
vironmental  and  physiological  conditions  are  met.  The
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evergreen  forests  are  always  in  a  normal  growth  state.
Maintenance  respiration  is  separately  calculated  for
leaves,  stems,  and roots,  depending on the  separate  bio-
masses and a temperature dependent Q10  factor.  Growth
respiration for each biomass pool (leaf, stem, and root) is
assumed to be a fixed percentage (25%) of the residual of
gross  primary  productivity  (GPP)  minus  maintenance
respiration.

Allocation  to  and  from  the  three  vegetation  biomass
pools  (leaf,  stem,  and  root)  leads  to  dynamic  vegetation
that in turn produces litter fall and ultimately transfers to
soil  organic  carbon  (SOC).  The  allocation  of  carbon  to
the  three  vegetation  biomass  pools  depends  on  the  light
availability,  water  stress,  and  phenology  stages  of  the
canopy, and follows the formulations of Arora and Boer
(2005).  Most  carbon assimilated in  photosynthesis  is  al-
located to the leaves during the leaf onset stage, carbon is
allocated to the three vegetation carbon pools during the
normal growth stage,  and allocation to leaves stops dur-
ing the leaf fall stage. The allocation of carbon to the ve-
getation biomass pools  is  constrained by the adverse ef-
fects  of  limited  availability  of  light  and  water.  Accord-
ingly, the allocation in roots can help address the limited
availability  of  water,  whereas  investments  in  stems tend
to increase canopy access to light.

The  carbon  allocation  process  is  constrained  by  two
conditions. First, for the cold deciduous trees, almost all
carbon is  allocated to the leaves during leaf  onset  in or-
der to maximize photosynthetic carbon gain. The second
condition is to assure that the plant structure is preserved,
which implies that sufficient root and stem biomass must
be  built  up  in  advance  to  support  the  leaf  biomass.  The
allocation  of  carbohydrates  produced  by  photosynthesis
to different  biomass pools (leaf,  stem, and root)  is  para-
meterized as follows:

αstem =
εstem+ω (1−L)
1+ω (2−L−W)

, (14)

αroot =
εroot+ω (1−W)
1+ω (2−L−W)

, (15)

αleaf =
εleaf

1+ω (2−L−W)
= 1−αstem−αroot, (16)

where ω,  εleaf,  εstem ,  and εroot  are  PFT-dependent  con-
stants for the sake of simplicity, and the parameters L and
W are  associated  with  LAI  and  soil  moisture  conditions
respectively, as given by:

L = e−K·LAI, (17)

W =
∑n

i=1
Wi ·Root fi, (18)

where K  is  a PFT-dependent light extinction coefficient,
Wi is  the  soil  wetness,  and  Rootfi is  the  fraction  of  root
distribution in  the i th  soil  layer.  It  can be deduced from
Eq. (16) that under the same soil moisture condition (W),
a  larger L  is  associated  with  a  larger αleaf .  The  philo-
sophy is that more carbohydrates are allocated to the can-
opy  to  increase  LAI  at  the  beginning  of  a  growing  sea-
son when LAI is small  and the parameter L  is  relatively
large,  which  favors  photosynthesis  and  canopy  growth
and thus the increase of LAI.

The  litter  fall  from  leaves,  stems,  and  roots  is  estim-
ated  as  a  function  of  temperature,  water  stress,  and
turnover  rates.  The  turnover  timescale  for  leaves  is
biome-dependent and varies from 0.75 yr for savanna to
2 yr for evergreen forests (Foley et al.,  1996). The turn-
over rates for stems vary from 2.5 yr for savanna to 50 yr
for  evergreen  forests  (Malhi  et  al.,  2004),  and  for  root
turnover  the  rates  are  between  1  and  8  yr  for  different
PFTs.

The timing of  the LAI peak in a year depends on the
seasonal  evolution  of  photosynthesis  of  a  specific  PFT,
which strongly influences the seasonal variation of turbu-
lent heat exchanges between the land surface and the at-
mosphere. Figure  5 displays  the  geographical  distribu-
tion  of  the  climate  mean  calendar  month  when  LAI
reaches  its  annual  maximum.  The  LAI  peak  timing  de-
rived  from  AVHRR  data  clearly  displays  the  seasonal
evolution  of  vegetation  growth  along  the  latitude  belts,
especially in the middle to high latitudes of the NH with
four distinctive seasons (Fig. 5a).  In North America, the
earliest  LAI peak occurs in the southern Great  Plains of
the US in May, LAI in northwestern US reaches its max-
imum in June, large areas spanning from central Canada
northwestward to Alaska see maximum LAI in July, and
most of the other parts of North America experience peak
LAI in August,  except that Mexico and the southeastern
US see LAI peaks in September or October. In the South-
ern Hemisphere (SH), the timing of peak LAI is slightly
heterogeneous.  The  central  Amazon  basin  at  approxim-
ately 10°S experiences its LAI peak in July, whereas the
Conco  basin  at  similar  latitudes  in  Africa  experiences
peak  LAI  in  November;  the  Brazilian  Plateau  to  the
southeast  of  the  Amazon  basin  and  most  parts  of  the
South  African  continent  see  peak  LAI  in  February  to
March;  and  the  southern  end  of  South  America  to  the
south of 35°S see peak LAI in November.

The  empirical  phenology  scheme  in  BCC_AVIM1.0
simulates an almost uniform timing of peak LAI: August
in  the  NH and  February  in  the  SH,  one  month  after  the
height  of  summer  in  both  hemispheres,  except  for  seve-
ral regions at approximately 30°N (e.g., western and cen-
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tral part of the southern US, western Asia) with peak LAI
in  June–July,  and  in  November  in  southern  Australia
(Fig. 5b). In contrast, BCC_AVIM2.0 performs better in
simulating the geographical  LAI peak timing,  especially
in the NH (Fig. 5c). The details of BCC_AVIM2.0 simu-
lation in different continents are presented next.

In the North American continent, LAI reaches a max-
imum in June in the western and eastern parts of the US,
while  central  US  and  central  Canada  see  peak  LAI  in
July,  and most of the other parts of the North American
continent  from Alaska  to  eastern  Canada  experience  the
LAI peak in August to September. Generally, the timing
of peak LAI in the BCC_AVIM2.0 simulation is approx-
imately one month earlier than in the AVHRR data in the
central  and  eastern  US  but  one  month  later  than  in  the
AVHRR data in other parts of the North American con-

tinent to the north of approximately 50°N.
In the Eurasian continent, regions to the south of 60°N

and to the west  of  30°E see peak LAI in June,  which is
consistent  with  the  AVHRR  observations.  Most  of  the
midlatitude  regions  from  30°E  to  90°E  experience  peak
LAI in July, and the other parts of the Eurasian continent
to the north of 40°N see peak LAI in August to Septem-
ber, one or two months later than in the AVHRR data. In
contrast,  the  timing  of  peak  LAI  in  the  BCC_AVIM2.0
simulation  is  approximately  one  month  earlier  than  in
AVHRR  observations  in  the  southeastern  parts  of  Asia;
for  example,  eastern  China  experiences  peak  LAI  in
June–July,  central  and  eastern  India  sees  peak  LAI  in
September.

In the SH, the timing of the LAI peak in April–May in
the  central  Amazon  basin  is  approximately  two  months
earlier than in the observations. The LAI peak in January
to February in  the  Brazilian Plateau is  close  to  observa-
tions  but  the  area  coverage  at  approximately  40°S  in
South  America  with  peak  LAI  in  November  expands
more northward than in observations.  In the South Afri-
can  continent,  tropical  forests  in  the  Congo  basin  see
peak LAI in December to January, and most of the other
parts  see  LAI  peaks  in  March  to  April,  approximately
one month later than in observations (Figs. 5a, c).

The  improvement  in  vegetation  phenology  produces
better simulation of LAI at the seasonal timescale. In the
AVHRR observations, there are three latitudinal belts of
LAI maxima associated with three integrated belts of the
earth’s ecosystem. The northernmost belt corresponds to
the boreal mixed forests in high latitudes of the NH. The
central  belt  is  related  to  the  temperate  zone  forests  in
southeastern  US  and  southeastern  China,  and  the  third
belt  is  associated  with  tropical  forests  in  the  Amazon
basin  in  South  America,  the  Congo  basin  in  central
Africa,  and  the  Maritime  Continent  in  Southeast  Asia
(Figs.  6a1, b1 ).  The  LAI  of  tropical  rainforests  remains
above  4  throughout  the  year.  Boreal  forests  experience
remarkable  seasonal  variation:  LAI  is  less  than  2  in
boreal  winter  (December,  January,  and  February,  i.e.,
DJF)  and  can  be  more  than  4  in  boreal  summer  (June,
July,  and  August,  i.e.,  JJA).  Both  BCC_AVIM1.0  and
BCC_AVIM2.0 capture the general pattern of LAI distri-
bution in both seasons, although BCC_AVIM1.0 overes-
timates LAI in most parts of the summer hemisphere, i.e.,
positive  biases  in  the  NH in  JJA and  in  the  SH in  DJF,
except for patchy negative biases in central North Amer-
ica and central Europe in JJA (Figs. 6a2, b2). The above
LAI biases in the BCC_AVIM1.0 simulation correspond
to  the  unrealistic  phenology  in  BCC_AVIM1.0  dis-
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Fig.  5.   The  timing  of  LAI  peaks  (month).  (a)  AVHRR,  (b)  BCC_
AVIM1.0, and (c) BCC_AVIM2.0.
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played in Fig. 5b and consequent GPP simulation biases
(figure  omitted).  In  contrast,  LAI  biases  in  the  BCC_
AVIM2.0  simulation  are  reduced  to  some  extent  (Figs.
6a3, b3 ),  except  for  the  overestimations  of  LAI  in  the
northwestern Amazon basin,  western central  Africa,  and
southeastern mainland China in both JJA and DJF, which
might  be  due  to  the  too-large  maximum  rate  of  carbo-
xylation prescribed for tropical and subtropical forests in
BCC_AVIM2.0  and  the  consequent  overestimation  of
GPP in the aforementioned regions, issues that need to be
addressed by more sensitivity experiments in the future.

3.7    Solar radiation transfer within the vegetation canopy

The two-stream scheme for calculating solar radiation
transfer  within  a  vegetation  canopy  in  BCC_AVIM1.0
was  originally  developed  by Dickinson  (1983) and  is
widely used in LSMs. The four-stream radiation transfer
module  used  in  BCC_AVIM2.0  is  based  on  the  atmo-
spheric radiation transfer theory (Liou, 1992), and it ana-
lytically solves a basic radiation transfer equation for the
canopy,  each  parameter  of  which  has  its  own  geometry
as well as specific leaf and canopy optical characteristics.
The  upward/downward  radiation  fluxes  and  canopy  al-
bedo calculated by the four-stream module are related to

several  factors  such  as  the  diffuse  phase  function,  the
area  extinction  coefficient,  leaf  reflectivity  and  trans-
missivity, LAI, and solar angle. Offline simulations show
that  the albedo of  a  vegetation canopy calculated by the
four-stream module  is  lower  than  that  calculated  by  the
previous  two-stream  scheme.  When  coupled  with  the
LSM BCC_AVIM2.0,  the  four-stream radiation  transfer
scheme produces lower albedos in mid–high latitudes but
slightly higher albedos in most tropical dry land regions,
which are closer to the observations (Zhou et al., 2018).

4.    Performance of BCC_AVIM2.0 in
LS3MIP/CMIP6

The main purpose of LS3MIP is to provide a compre-
hensive assessment of land surface processes and associ-
ated feedbacks on climate variability and climate change
and to diagnose systematic biases in the land component
of current CSMs (van den Hurk et al., 2016). Two sets of
experiments  are  designed  for  LS3MIP:  the  first  ad-
dresses  systematic  biases  of  land  surfaces  in  the  offline
mode and the second addresses land feedbacks attributed
to  snow cover  and soil  moisture  in  an  integrated  frame-
work. LS3MIP has proposed several sets of atmospheric
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Fig.  6.   Distributions  of  multi-year  (1982–2008)  seasonal  mean  LAI  in  (a1–a3)  boreal  summer  (June,  July,  and  August)  and  (b1–b3)  boreal
winter  (December,  January,  Feburary).  (a1,  b1)  AVHRR observations;  (a2,  b2)  BCC_AVIM1.0 minus  AVHRR; and (a3,  b3)  BCC_AVIM2.0
minus AVHRR.
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forcing data  to  drive  LSMs in  offline  mode.  The results
of  historical  experiments  with  BCC_AVIM1.0  and
BCC_AVIM2.0  driven  by  the  Princeton  global  forcing
dataset  (Sheffield  et  al.,  2006)  are  analyzed  in  this  sec-
tion  under  the  framework  of  ILAMB (Mu et  al.,  2016),
which  focuses  on  land  surface  energy  budgets  and  ter-
restrial  carbon  cycles  at  the  seasonal  timescale,  espe-
cially the summer and winter seasons.

4.1    Net surface radiation

According to the CERES data (Kato et al.,  2013), the
seasonal variation of net surface radiation (NSR; includ-
ing  both  shortwave  and  longwave)  strongly  depends  on
the seasonal evolution of solar radiation, which peaks in
summer and reaches its minimum in winter in both hemi-
spheres. The tropics sees relatively strong year-round net

radiation (Figs. 7a1, b1). Taking the summertime NH as
an example (Fig. 7a1), the magnitude of NSR is above 90
W m−2 almost everywhere except in the Sahara desert in
northern  Africa,  the  Arabian  Peninsula,  and  the  Takli-
makan desert in northwestern China. Most parts of mid-
and high-latitude  areas  in  the  NH see  more  than 120 W
m−2 of NSR; the southeastern part of the US even experi-
ences  more  than  150  W m−2 of  NSR in  JJA.  Generally,
BCC_AVIM2.0  has  reasonably  captured  the  geographi-
cal  distribution  and  seasonal  evolution  of  NSR  (figure
omitted),  although  the  simulation  biases  are  obvious  in
both summer and winter, especially in the SH (Figs. 7a2,
b2).  During  the  boreal  JJA,  negative  biases  of  NSR  in
southern  US  and  in  the  Sahel  region  are  mainly  associ-
ated  with  negative  net  longwave  radiation  biases  (Figs.
7a2, a4). Patchy positive biases in the northern Eurasian
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Fig. 7.   Distributions of multi-year (2000–09) seasonal mean net surface radiation (NSR; W m−2) in (a1–a4) boreal summer and (b1–b4) boreal
winter. (a1, b1) CERES (net radiation); (a2, b2) BCC_AVIM2.0 minus CERES (net radiation); (a3, b3) BCC_AVIM2.0 minus CERES (short-
wave); (a4, b4) BCC_AVIM2.0 minus CERES (longwave).
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continent, the Sahara desert of North Africa, and the Ara-
bian Peninsula are associated with overestimation of net
solar  radiation  in  the  above  areas  (Figs.  7a2, a3 ).  The
aforementioned  underestimation  (overestimation)  of  net
shortwave radiation results from larger (smaller) SA sim-
ulation in relevant regions (figure omitted). In contrast to
the  above  shortwave  radiation-dominant  cases,  overes-
timation  of  NSR  in  the  northeast  part  of  the  Eurasian
continent in DJF is due to the positive net longwave radi-
ation  bias  in  the  BCC_AVIM2.0  simulation  in  that  area
(Figs.  7b2, b4).  Underestimations  of  DJF  net  shortwave
radiation in BCC_AVIM2.0 simulations in the SH are re-
sponsible  for  the  negative  NSR biases,  and  negative  bi-
ases of net longwave radiation in the southern American
and  southern  African  continents  may  have  also  made
some  contributions  (Figs.  7b2–b4).  The  aforementioned
systematic biases indicate that there is much room to im-
prove BCC_AVIM2.0 to reasonably simulate the surface
energy budget.

4.2    LHFX

Land surface evaporation includes three parts: soil sur-
face  evaporation,  evaporation  from  canopy  intercepted
precipitation,  and  vegetation  transpiration  through  leaf
pores (Lawrence et al., 2007). In addition to wind speed,

the availability of net surface energy, soil water, and can-
opy-intercepted  precipitation  are  among  those  factors
that  influence  land  evaporation.  The  LHFX  magnitudes
in  the  tropical  areas  remain  more  than  80  W  m−2 year-
round, and the NH experiences maximum LHFX in JJA,
whereas  LHFX peaks  in  DJF in  the  SH (Figs.  8a1, b1).
There  is  an  obvious  northeastward gradient  of  LHFX in
the Eurasian continent in JJA and DJF. In JJA, the mag-
nitude of LHFX decreases from more than 80 W m−2 in
western  Europe  to  approximately  60–80  W  m−2 in  the
central  part  and  less  than  60  W  m−2 in  the  northeastern
part  of  the  Eurasian  continent.  LHFX can  be  more  than
80 W m−2 in  eastern  Asia  and as  high  as  100 W m−2 in
southern Asia (Fig. 8a1). In DJF, most parts of the NH to
the  north  of  50°N  experience  surface  freezing,  and  the
LHFX values in these regions are thus below 5 W m−2. In
contrast,  LHFX in  the  subtropical  areas  in  South  Amer-
ica and the African continent reach peaks as high as 100
W m−2 (Fig. 8b1). BCC_AVIM2.0 has captured the over-
all  geographical  distribution  and  seasonal  evolution  of
LHFX,  except  for  some  magnitude  difference  from  the
GBAF  observations  (Figs.  8a2, b2 ).  The  systematic  bi-
ases  of  the  BCC_AVIM2.0  simulation  in  JJA  are  obvi-
ous.  There  are  approximately  20-W  m−2 underestima-
tions  of  LHFX  in  eastern  US,  tropical  South  America,
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Fig.  8.   Distributions of  multi-year (1982–2008) seasonal  mean seasonal  mean LHFX (W m−2)  in (a1–a3) boreal  summer and (b1–b3) boreal
winter. (a1, b1) GBAF observation, (a2, b2) BCC_AVIM2.0 simulation, and (a3, b3) BCC_AVIM2.0 minus GBAF.
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tropical  Africa,  and  southeastern  China.  In  contrast,  ap-
proximately 20-W m−2 overestimations of LHFX exist in
semiarid  regions  in  the  NH  such  as  northern  Canada,
northern  Sahel,  the  Tibetan  Plateau,  and  the  Mongolian
plateau (Fig. 8a3). In DJF, the LHFX underestimations in
tropical  South  America,  tropical  Africa,  and  South  Asia
are  approximately  10–20  W  m−2 ( Fig.  8b3).  The  afore-
mentioned underestimations in LHFX simulation in both
JJA and  DJF  can  be  attributed  to  the  negative  biases  in
NSR shown in Figs. 7a2, b2, which indicates the domin-
ance  of  available  energy  on  land  surface  evaporation.

4.3    SHFX

The  surface  SHFX indicates  the  land  surface  thermal
status and directly affects the overlying atmospheric cir-
culation. Generally, lower surface pressure and near sur-
face cyclonic circulation usually occurs over warmer sur-
faces with relatively high SHFX, and vice versa. The sea-
sonal  variation  of  SHFX is  remarkable  in  high  latitudes
to the north of 50°N. Taking the latitude belt of approx-
imately  60°N  as  an  example,  SHFX  reaches  more  than
40 W m−2 in JJA and decreases to less than 10 W m−2 and
even below zero in DJF, which means that the land sur-
face  in  high-latitude  NH is  a  heat  sink  in  boreal  winter.
This  heat  sink  in  DJF  can  extend  southward  to  50°N in
North America and the Eurasian continent to the west of

90°E  (Figs.  9a1, b1 ).  BCC_AVIM2.0  can  simulate  the
overall geographical distribution of SHFX, except for the
more southward expansion (approximately 40°N) of low
SHFX  coverage  in  North  America  and  the  northern
Eurasian continent to the west of 110°E during DJF (Fig.
9b2).  In JJA, there are approximately 20-W m−2 overes-
timations  of  SHFX in  the  BCC_AVIM2.0  simulation  in
dry lands, such as the central part of North America, the
Brazilian Plateau, the Arabian Peninsula, and the midlat-
itude  belt  from  west  Asia  to  Mongolian  Plateau  (Fig.
9a3).  The positive biases of SHFX in the central  part  of
North  America  and  the  Brazilian  Plateau  coincide  with
the underestimation of LHFX in these regions, which is a
common  deficiency  in  the  simulation  of  arid  and  semi-
arid land surface processes (Wang et al., 2017; Zhang et
al., 2017). In DJF, there are approximately 10–20-W m−2

positive biases  to  the north of  60°N and negative biases
in  the  midlatitudes  of  the  NH  between  30°N  and  60°N
(Fig.  9b3).  The  overestimation  of  SHFX  by  BCC_
AVIM2.0 in the northeastern part of the Eurasian contin-
ent in DJF is probably due to the underestimation of SCF
there in winter (figure omitted).

4.4    Comparison  between  simulations  of  BCC_AVIM1.0
and BCC_AVIM2.0

The simulations of BCC_AVIM1.0 and BCC_AVIM2.0
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Fig. 9.   As in Fig. 8, but for SHFX (W m−2).
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are compared in this section to check the overall impacts
of  the  updates  in  parameterizations  described in  Section
3. The climatological annual cycles of regional averaged
solar  and  surface  fluxes  (NSR,  SHFX,  and  LHFX)  and
LAI  are  examined  and  analyzed,  over  the  main  body of
the  Eurasian  continent  (40°–70°N,  0°–140°E)  and  the
South African continent (0°–35°S, 10°–40°E). These two
domains are chosen as examples to represent the NH and
SH, respectively.

Figure  10 shows  the  annual  cycle  for  the  Eurasian
continent.  NSR  peaks  in  June  in  CERES  observations,
and  both  BCC_AVIM1.0  and  BCC_AVIM2.0  simula-
tions  captured  the  seasonal  cycle,  except  that  the  simu-
lated  NSRs  are  less  than  the  observations  by  approxim-
ately  5–15  W  m−2 from  February  to  November.
BCC_AVIM2.0  values  are  larger  than  BCC_AVIM1.0
and  closer  to  CERES  from  June  to  October  but
BCC_AVIM1.0  performs  better  from  February  to  May,
although  the  difference  between  the  two  simulations  is
within 5 W m−2 (Fig. 10a). The underestimation of NSR
in both simulations is due to more reflected shortwave ra-
diation  and  more  emitted  longwave  radiation  than  those
in  the  observations  (figure  omitted);  the  contribution  of
longwave radiation is larger than that of shortwave radi-
ation from March to October, especially in boreal spring.
SHFX  in  BCC_AVIM1.0  is  approximately  5  W  m−2

smaller  than  GBAF observations  from January  to  April,
and  SHFX in  BCC_AVIM2.0  is  smaller  than  GBAF by
approximately 5–10 W m−2 from January to May. SHFXs
in BCC_AVIM1.0 and BCC_AVIM2.0 are close to each
other  from June  to  December;  they  are  nearly  7  W m−2

larger  than  GBAF  from  June  to  August  but  approxim-
ately  5  W  m−2 smaller  than  GBAF  from  October  to
December  (Fig.  10b).  LHFX  in  BCC_AVIM2.0  is  ap-
proximately 5 W m−2 larger  than BCC_AVIM1.0 and is
closer to GBAF from May to August (Fig. 10c). Further
investigation indicates that this improvement in LHFX in
BCC_AVIM2.0 is due to more transpiration through ve-
getation  (figure  omitted).  LAI  is  larger  in  BCC_
AVIM1.0  than  in  the  AVHRR  data  by  approximately  1
all  year  round,  and  the  bias  of  LAI  in  BCC_AVIM1.0
can  be  as  large  as  2  in  August  when  LAI  peaks  in
BCC_AVIM1.0 (Fig.  5b).  BCC_AVIM2.0 is  better  than
BCC_AVIM1.0  in  both  the  magnitude  and  phase  of  the
seasonal  evolution  of  LAI  (Fig.  10d).  In  short,  the  sea-
sonal cycle is better in BCC_AVIM2.0 due to the better
representation of vegetation phenology.

The situation in the South African continent is shown
in Fig.  11.  NSR  reaches  a  maximum  of  approximately
165 W m−2 in January and a minimum of approximately
75  W m−2 in  July  in  CERES.  Both  BCC_AVIM1.0  and

BCC_AVIM2.0  capture  this  seasonal  evolution  with
year-round  negative  biases  in  both  simulations.  BCC_
AVIM1.0  underestimates  NSR  by  approximately  40  W
m−2 in  January  and  approximately  10  W  m−2 in  July.
BCC_AVIM2.0 reduces this negative bias by approxim-
ately 5 W m−2 from February to September. The underes-
timation of NSR for the South African continent is due to
more  reflected  shortwave  radiation  and  more  outgoing
longwave radiation from the surface in both simulations
(figure omitted). SHFX reaches a minimum (about 40 W
m−2) in June and a maximum (about 67 W m−2) in Octo-
ber  according to  GBAF.  BCC_AVIM1.0 underestimates
SHFX  by  approximately  7  W  m−2 from  October  to  the
following April, whereas SHFX in BCC_AVIM2.0 is lar-
ger  than  in  BCC_AVIM1.0  year-round  and  closer  to
GBAF  from  October  to  the  following  April  (Fig.  11b).
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Fig.  10.   Annual  cycle  of  regional  averaged (a)  NSR,  (b)  SHFX, (c)
LHFX,  and  (d)  LAI  over  the  main  part  of  the  Eurasian  continent
(40°–70°N, 0–140°E). Unit is W m−2 for energy fluxes in (a–c).
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However, this alleviation of negative SHFX bias in BCC_
AVIM1.0  is  at  the  cost  of  underestimation  of  LHFX by
BCC_AVIM2.0  from  January  to  April  (Fig.  11c).  The
slight  improvement  in  BCC_AVIM2.0  simulation  of
LHFX from May to October is associated with the better
simulation  of  NSR  during  that  period  (Fig.  11a).  LAI
from  AVHRR  reaches  a  peak  of  approximately  2  in
March. BCC_AVIM1.0 overestimates LAI by approxim-
ately 1 all year round, with a maximum near 5 in Febru-
ary; whereas BCC_AVIM2.0 captures the seasonal cycle
of LAI evolution quite well, except for positive biases of
approximately  0.5–1.0  from  January  to  August  (Fig.
11d). The maximum of LAI in the BCC_AVIM2.0 simu-
lation from February to April is coincident with the LAI
peak time over the South African continent shown in Fig.
5c.  This  indicates  the  advantage  of  the  updated  pheno-

logy scheme in BCC_AVIM2.0.
Statistics  of  the  annual  global  land  average  of  the

aforementioned variables displayed in Table 1 also indic-
ate  improvements  of  BCC_AVIM2.0  simulations  after
the  updates  of  the  parameterizations.  The  global  mean
bias of NSR is reduced from −12.0 to −11.7 W m−2, and
the  RMSE drops  from 20.6  to  19.0  W m−2.  The  bias  of
LHFX is reduced from 2.3 to −0.1 W m−2 and the RMSE
is  reduced  from  15.4  to  14.3  W  m−2.  One  exception  is
that the global mean SHFX bias is increased from 2.5 to
5.1  W m−2,  whereas  the  RMSE is  reduced  from 18.4  to
17.0  W  m−2.  The  bias  of  LAI  is  reduced  from  0.89  to
0.75, and the RMSE is reduced from 1.46 to 1.27.

The overall performance of BCC_AVIM1.0 and BCC_
AVIM2.0 in simulating the global annual climatology of
surface  energy  budgets,  LAI,  and  variables  associated
with  terrestrial  carbon  cycle  is  displayed  in  the  Taylor
diagram in Fig. 12. Both models perform well in simulat-
ing  9  variables  with  higher  than  0.6  spatial  correlations
with the relevant observations [except for net ecosystem
exchange (NEE) in the BCC_AVIM1.0 simulation],  and
13  out  of  18  standardized  deviations  fall  approximately
into the 0.5–1.5 range compared with the reference vari-
ability.  Concerning  spatial  correlation,  BCC_AVIM2.0
performs better than BCC_AVIM1.0 in simulating NEE,
LAI,  net  surface  radiation  (NSR),  SA,  and  SHFX,
whereas BCC_AVIM1.0 performs slightly better in sim-
ulating  GPP and  respiration  of  ecosystem (RECO).  It  is
noted that the two red circles representing the simulation
performances  of  RECO and  LAI  in  BCC_AVIM2.0  are
very close to each other in Fig. 12. With respect to stand-
ardized  deviation,  which  indicates  the  spatial  variability
of  each  variable,  BCC_AVIM2.0  performs  better  than
BCC_AVIM1.0 and closer to the thick reference circular
arc  in  the  simulation  of  GPP,  RECO,  tropical  biomass,
NSR, and SA.

5.    Conclusions and discussion

This paper has documented the updates in several land
surfaces  related  parameterization  schemes  in  the  second
version  of  the  Beijing  Climate  Center  Atmosphere–Ve-

 

Table 1.   Bias and RMSE values (in brackets)  of annual global land
averaged simulations of BCC_AVIM1.0 and BCC_AVIM2.0. The ob-
servations for NSR are from CERES (W m−2), LHFX and SHFX data
are from GBAF (W m−2), and LAI is from AVHRR (unitless)

BCC_AVIM1.0 BCC_AVIM2.0
NSR −12.0 (20.6) −11.7 (19.0)
LHFX 2.3 (15.4) −0.1 (14.3)
SHFX 2.5 (18.4) 5.1 (17.0)
LAI 0.89 (1.46) 0.75 (1.27)
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Fig. 11.   As in Fig. 10, but over the South African continent (0–35°S,
10°–40°E). Unit is W m−2 for energy fluxes in (a–c).

866 Journal of Meteorological Research Volume 33



getation  Interaction  Model  (BCC_AVIM2.0).  The  up-
dated  parameterizations  include  those  for  lakes  of  vari-
able  depth  in  the  framework  of  snow–ice–water–soil,
evapotranspiration  over  rice  paddies,  snow  cover  frac-
tion  and  snow  surface  albedo,  threshold  temperature  to
initiate  freeze  (thaw)  of  soil  water  (ice),  prognostic  ve-
getation  phenology,  and  solar  radiation  transfer  through
the  vegetation  canopy.  The  performance  of  BCC_
AVIM2.0  after  the  implementation  of  the  revised  para-
meterizations is evaluated with available observations.

The  BCC_AVIM2.0  simulation  of  surface  temperat-
ure of the Great Lakes region in North America is much
improved,  with  lower  RMSE and higher  spatial  correla-
tion  coefficients  with  observations,  especially  in  winter-
time.  The cold bias in the BCC_AVIM1.0 simulation in
January is possibly due to the relatively quick freezing of
surface water without considering the insulation of snow
cover. The alleviation of this cold bias in the simulation
of  BCC_AVIM2.0  is  possibly  due  to  the  more  efficient
heat exchange in the vertical layers and larger heat capa-
city  of  the  entire  water–soil  system  of  CoLM-lake  in
BCC_AVIM2.0  than  in  the  water-only  lake  module  in

BCC_AVIM1.0.
Increased LHFX and reduced SHFX over rice paddies

are closer to the observations in BCC_AVIM2.0 than in
BCC_AVIM1.0.  The  increase  of  LHFX  is  due  to  en-
hanced  ground  water  evaporation,  and  the  decrease  of
SHFX is attributed to the redistribution of available NSR
budget.  It  is  inferred that  the improvement  in  the seaso-
nal evolutions of surface heat fluxes results from the re-
vised rice phenology with two growing seasons in a year,
which is closer to the midlatitude situation in China.

The two-stage snow albedo scheme in BCC_AVIM2.0
captures the different snow aging effects at the accumula-
tion and melting periods of a snow season and decreases
the overestimation of snow albedo during the snow melt-
ing period. This alleviates delay of final ablation of snow
cover in boreal spring in the BCC_AVIM1.0 simulation,
leading to improved simulation results.

The  prognostic  phenology  scheme in  BCC_AVIM2.0
can quite well reproduce the diversity of global timing of
the  LAI  peak,  especially  the  seasonal  northeastward
movement of the peak timing of vegetation growth in the
Eurasian  continent.  Better  simulation  of  LAI  peak  tim-
ing  is  favorable  for  the  improvement  in  simulating  land
surface  heat  fluxes  and  land–atmosphere  interactions.
Therefore, it is beneficial to the simulation of the overly-
ing  atmospheric  circulation,  which  will  be  validated  in
the  future  by  running  the  coupled  BCC_CSM  with
BCC_AVIM2.0 as its land component model.

Preliminary  results  of  BCC_AVIM2.0  in  the  ongoing
LS3MIP  of  CMIP6  show  that  it  can  reasonably  capture
the geographic distribution and seasonal evolution of sur-
face  energy  fluxes.  The  overall  performance  of  BCC_
AVIM2.0  in  simulation  of  the  land  surface  energy
budgets and terrestrial carbon cycle is better than that of
BCC_AVIM1.0 in terms of geographical distribution and
standardized  deviations.  The  annual  global  land  aver-
aged biases and RMSEs of NSR, LHFX, and LAI are re-
duced after  the updates  of  the parameterization schemes
in BCC_AVIM2.0. The global mean RMSE of SHFX is
also reduced whereas the bias of SHFX is increased.

The  positive  biases  of  SHFX  in  central  North  Amer-
ica and the Brazilian Plateau in the BCC_AVIM2.0 sim-
ulation in JJA are coincident with the underestimation of
LHFX  in  these  regions.  The  above  overestimation  of
SHFX and underestimation of LHFX are associated with
the positive biases in the surface temperature and the sur-
face  outgoing  longwave  radiation  and  thus  the  negative
bias in NSR over these semiarid regions, which involves
complicated interactions between surface energy budgets
and the water  cycle.  This  is  an interesting topic that  de-
serves further investigation.
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Fig.  12.   Taylor  diagram  for  the  global  annual  climatology  of  gross
primary  productivity  (gpp),  respiration  of  ecosystem  (reco),  net  eco-
system exchange of CO2 (nee), biomass, leaf area index (lai), land net
surface  radiation  (nsr),  surface  albedo  (sa),  surface  sensible  heat  flux
(shfx),  and surface latent  heat  flux (lhfx).  The upper case suffix after
each variable  indicates  the source of  observation.  The radial  coordin-
ate shows the standard deviation of the spatial pattern, normalized by
the observed standard deviation. The azimuthal variable shows the cor-
relation  of  the  modeled  spatial  pattern  with  the  observed  spatial  pat-
tern. Analysis is for the entire globe (except that biomass is for tropi-
cal  areas).  The  BCC_AVIM2.0  and  BCC_AVIM1.0  simulations  are
averaged over the same period as that for the relevant reference data-
set. Crosses are for BCC_AVIM1.0 and circles for BCC_AVIM2.0.
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Since there are uncertainties among different observa-
tional datasets and various atmospheric forcings to drive
LSMs, it  is  necessary to employ alternative atmospheric
forcings to run BCC_AVIM2.0 and evaluate the simula-
tions  against  multi-source  observations,  which  will
provide new insights into land surface processes and en-
hance  the  understanding  of  the  mechanisms  involved  in
land–atmosphere interactions.
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Abstract
Based on the satellite-derived global daily sea surface temperature (SST) data set with high resolution
(0.25° by 0.25°), we analyzed changes in annualmean SST and extreme SSTs over theChina Seas since
1982. Results show that the annualmean SST in theChina Seas has experienced a remarkable declining
trend during the global warming hiatus (1998–2013), whichwas dominated by the striking cooling of
SST in boreal winter. Despite annualmean SST experiencedwarming hiatus after 1998, the regional
averaged SST for 1998–2013was still 0.5 °Cabove that for 1982–1997. The statistical distributions
show that there are not only significant warmer climate shift in annualmean SSTs but also in annual
extreme hot SSTs and cold SSTs. These changes can increase the likelihood of extreme oceanic
warming events, known asmarine heatwaves (MHWs). Further analyses reveal that, from1982 to
present, theMHWfrequency increases at a rate of 1.13 events per decade, 2.5 times the globalmean
rate. For the period 1998–2013, theMHWs in theChina Sea has never decreased in both of the
frequency and intensity but has already becomemore frequent, longer duration andmore intense
than thosemetrics ofMHWsduring 1982–1997.

1. Introduction

Despite the continued increase of atmospheric green-
house gases concentrations, the global surface mean
temperature (GMST) has exhibited an unexpected
shift from rapid to flat warming at 1998 and ending
around 2014 (Medhaug et al 2017). This phenomenon
was called the ‘global warming hiatus’, ‘warming
pause’ or ‘slowdown’ (Meehl et al 2013, Trenberth et al
2014, Lewandowsky et al 2015) and has been ascribed
to various possible causes: internal climate variability,
reduced solar energy output, heat uptake in deep
ocean, and strong shifts to La Niña states (Kosaka and
Xie 2013, Trenberth et al 2014, Guan et al 2015).
Several studies have attributed the warming hiatus to
the 60-year-quasi-periodic natural climate variability
—Pacific decadal oscillation (PDO) (Tollefson 2014).

Though, there are still debates on the global warming
hiatus, it is virtually certain that the warming hiatus
were more noticeable in regional scales at the North-
ern Hemisphere (NH): for example, mainland China
and Eurasian continents (Duan and Xiao 2015, Guan
et al 2015, Li et al 2015, Garfinkel et al 2017, Sun et al
2017, Xie et al 2017, Shen et al 2018). Compared to the
studies on the terrestrial warming hiatus, less focus has
been given towarming hiatus atmarginal seas.

Since the turn of the 21st century, special attention
has been paid to extreme meteorological, hydro-
logical, and oceanographic events such as heatwaves,
cold snaps, storms, floods and tropical cyclones, which
often trigger complex and, in some cases, catastrophic
consequences (IPCC 2013, Oliver et al 2017, Herring
et al 2019). Notable extreme ocean warm events or
marine heatwaves (MHWs) have been observed in
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recent years (Hobday et al 2016, Oliver et al
2017, 2018), including events in the northern Medi-
terranean (Garrabou et al 2009), offshore of western
Australia (Benthuysen et al 2018), in the northwest
Atlantic (Chen et al 2014), and in the Tasman Sea (Oli-
ver et al 2017), etc. MHWs are characterized as regions
of large-scale and persistent at least five consecutive
extreme hot days (EHDs) when daily SST exceeds a
seasonally varying threshold (Hobday et al 2016).
MHWs can be classified by multiple characteristics,
such as intensity, frequency, duration, and timing
similar to their terrestrial counterpart. MHWs with
long duration and high intensity can cause serious
marine ecological disasters and economic losses
(Thomson et al 2015, Caputi et al 2016,Wernberg et al
2016, Frölicher and Laufkötter 2018), and are worthy
of further attention.

The China Seas are one of the largest shelf seas of
the world (its area is more than twice the size of the
North Sea), with rich marine ecosystems and fishing
grounds. As a warming hotspot where the warming
rate has been considerably faster than the global aver-
age, the China Seas are more vulnerable, suffering
from more frequent, longer lasting and stronger hot
extremes (Belkin 2009, Wu et al 2012, Oliver et al
2018). Given the slowdown of GMST, it remains
unclear what changes of annual or seasonalmean SSTs
and extreme SSTs have occurred in this region and
whether they are, and how if so, affected by the warm-
ing hiatus. After a wave of scientific publications and
public debate, with GMSTs setting new records again
after 2014 (World Meteorological Organization
(WMO) 2019), it is time to take stock of what can be
learned from thewarming hiatus in theChina Seas.

In this paper, we analyze the changes of annual
mean SST and extreme warm SST events in the China
Seas in the past decades, with an emphasis on the con-
text of global warming hiatus. Data sets and methods
are described in sections 2 and 3. Results are presented
in section 4. Discussion on the causation and ecologi-
cal impact of MHWs is given in section 5, and conclu-
sions are shown in section 6.

2. Study region anddata sets

2.1. Study region
The China Seas, including the Bohai Sea, the Yellow
Sea, the East China Sea, the South China Sea, are
bounded by mainland China, the Ryukyu (Nansei)
Islands and the Korean Peninsula. The study region
also covers a vicinity of the China Seas to show a better
perspective for the analyzed SST variability, for
example, the SST variability in theKuroshio in the East
China Sea. Thus, we approximated the area at (15°–
45°N, 105°–130°E) (figure 1).

2.2.Data
The NOAA daily Optimum Interpolation (OI) SST v2
with high resolution (0.25° by 0.25°) in length
(1982–2018) (OISST v2, Banzon et al 2016) was used
to detect the warming hiatus at the China Seas. For
comparison purposes, we also used other three global
gridded monthly mean SST data sets with a horizontal
resolution of 1° by 1° in the same period as OISST v2.
The monthly mean SST data sets are from the Hadley
Centre Sea Ice and SST data set (HadISST, Rayner et al
2003), the Centennial Observation-Based Estimates of
SST version 2 (COBE SST2, Hirahara et al 2012) and
the International Comprehensive Ocean-Atmosphere
Data Set-SST section (ICOADS SST, Woodruff et al
2011). Due to the high spatial and temporal resolu-
tions, OISST v2 is recommended for evaluating water
extremes. The suitability of the database to identify
extreme events was previously confirmed in literature
(Lima andWethey 2012, Oliver et al 2017, Benthuysen
et al 2018). Statistical analyses of extreme SSTs and
MHWs in our studywere both based on this data set.

3.Methods

3.1. Extreme SSTs andmarine heat wave (MHW)
In our study, the 90th (10th) percentile SST in each
year (referred to as 90th (10th) SST) is used for the
annual threshold of extreme hot (cold) SSTs, rather
than the 95th (5th) or 99th (1th), so as to allow for the
robust detection by applying a greater number of
extreme SSTs. Daily SST anomalies are calculated to
remove the seasonal cycle. This is achieved by sub-
tracting from the SST of a certain day (e.g. January 1,
1982) the mean temperature of that day (January 1)
over the climatic period 1983–2012.

We used the definition of Hobday et al to identify
and quantify marine heatwaves (MHWs). In this defi-
nition, a MHW is defined as a discrete prolonged
anomalously warm water event at a particular loca-
tion. Specifically, ‘discrete’ implies the MHW is an
identifiable event with clear start and end dates and
‘prolonged’ means it persists at least five consecutive
EHDs. Here, the marine EHD was a day when daily
temperature was above a defined threshold. The
threshold was taken to be the seasonally varying 90th
percentile climatology, following the recommenda-
tion of Hobday et al (2016). The climatological thresh-
old and the mean were calculated for each calendar
day of the year using daily temperature values across
all years and within an 11-day window centered on the
day, and were then smoothed using a 31-day moving
window. The use of a seasonally-varying threshold
allows for the detection of summer MHW as well as
winter warm spells, both of which can have ecological
impacts. This definition has been implemented in
Python (available from https://github.com/

ecjoliver/marineHeatWaves, also see Hobday et al
2016).
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In our study, daily SSTs were spatially averaged
over the China Seas (15°–45°N, 105°–130°E) to gen-
erate a regional daily SST time series covering
1982–2017. The MHW definition was then applied to
the SST time series to detect all the MHWs in the
China Seas. Following Oliver et al (2018), the implica-
tion of spatially averaging SSTs and then performing
theMHWcalculation, as opposed to detectingMHWs
directly from the pixel-based data, can smooth away
some of the high-frequency variability and thereby
slightly increase average MHW duration at the
expense of annual frequency. Annual statistics were
then calculated including the frequency of events (i.e.,
the number of discrete events occurring in each year),
mean annual duration and mean annual cumulative
intensity. Here, ‘duration’ was the time between the
event’s start and end dates, ‘maximum intensity’ was
the maximum temperature anomaly (measured rela-
tive to the climatological, seasonally-varying mean)
over the duration of the event, and ‘cumulative inten-
sity’ was the integrated temperature anomaly over the
duration of the event, where units were °C days (more
details in the table 2 ofHobday et al 2016).

3.2. Statisticalmethods
We used a nonparametric Kendall’s tau based Sen’s
slope estimator (Sen 1968) to calculate trends, since
the method does not assume a distribution for the
residuals and thus is insensitive to the effect of outliers
in the series, and it has been widely used in the studies
of hydrological and extreme climate change. The
significance of the Sen’s slope was judged by using
Mann-Kendall test method. A trend was considered to

be statistically significant if it was significant at the 5%
level (p<0.05).

4. Results

4.1.Warming hiatus in theChina Seas
The annualmean SSTA time series from four indepen-
dent SST datasets are shown in figure 2(a). As a
regional average, all of the four SSTA time series agree
well during 1982–2013. Based on the observational
evidence, SST over the China Seas switched from a
previously accelerated warming period to a recent
warming hiatus since 1998. There was a decreasing
tendency in the accelerated warming period and an
increasing tendency in the warming hiatus in the four
accumulated SSTA series (figure 2(b)). We detected a
significant temporal breakpoint at 1997/1998 in the
four time series in the satellite era from 1982 to 2013
(figure 2(b)). Because of the shortness of the hiatus
period, significance testing of the trends has limited
relevance. Still, over the 16-year period from 1998 to
2013, decreases in ICOADS R2.5 SST, HadISST1,
COBE SST2 and OISST are all significant at the 5%
level (Mann–Kendall test), with the respective rates of
−0.26,−0.24,−0.32,−0.37 °Cper decade. Therefore,
there was a remarkable shift in 1998 and the warming
hiatus indeed existed in the China Seas. Moreover,
during the warming hiatus, the annual mean SST over
the China Seas experienced notable cooling. This
remarkable hiatus phenomenon at the China Seas has
shifted synchronously with the warming hiatus of
GMST and mainland China (Trenberth et al 2014,

Figure 1.The location of the Bohai Sea, the Yellow Sea, the East China Sea, the SouthChina Sea and the adjacent seas.
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Duan and Xiao 2015, Xie et al 2017). Since 1998, the
PDO switch from warm phase to the cool phase. The
previously accelerated warming period in the China
Seas was in the period when PDO was in the strong
positive phase. The recent warming hiatus after 1998
was basically consistent with the period when PDO
entered into its negative phase (figure omitted).
Studies found that the PDO were suggested to
influence the East Asian winter monsoon (EAWM)
and deepening of East Asian trough (EAT), especially
for the interdecadal variability (Ding et al 2014, Wang
and Chen 2014, Xie et al 2017), which suggested the
possible connections between the enhanced EAWM
during the warming hiatus with the negative phase
of PDO.

In our study, we find that the cooling tendency is
not homogeneous or asymmetric in seasonal scale.
Seasonally, the winter SSTA has experienced a

significant cooling trend since 1998, while there is a
slightly decreasing (trend very close to zero) in sum-
mer (figure 2(c)). Because the four SST gridded data-
sets displayed similar results, we just show the seasonal
SST anomalies series during 1982–2013 from OISST
v2. Previous studies reported that the most hiatus in
global or regional warming was a seasonal phenom-
enon, prevalent in boreal winter (Cohen et al 2012,
Trenberth et al 2014, Sun et al 2017). Figure 2(c) indi-
cates that the annual mean SST decrease in the China
Seas is also primarily from the contribution of cooling
in boreal winter rather than in summer. The cooling of
the winter SST during 1998–2013 is probably related
to the combined influence from the recent strengthen-
ing of EAWM, weakening of Arctic oscillation (AO)
and deepening of EAT (You et al 2013, Ding et al 2014,
Sun et al 2017).

Figure 2. (a)Time series of the regional averaged annualmean SST anomalies (SSTAs) in theChina Seas (15°–45°N, 105°–130°E)
fromCOBESST (red), HadISST1 (black), ICOADSR2.5 SST (blue) andOISST v2 (green) for period 1982–2013. (b)The same as (a),
but for long-term variation of the accumulated anomalies. The black dashed line refers to their corresponding climate-jump year. (c)
Time series of the regional averaged seasonalmean SSTAs in summer (brown line) andwinter (black line) fromOISST v2 during
1982–2013. The brown and black dashed lines are the linear trends based on the least squares estimator for 1998–2013 in summer and
winter respectively. Anomalies are relative to the average of 1983–2012.
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4.2. Changes in extreme SST andMHWs
The statistical occurrences of the regional averaged
annualmean SST, annual 10th SST and 90th SST at the
16-year periods are displayed infigure 3 for 1982–1997
(hatched bars) and 1998–2013 (orange bar). Although
annual mean SST experienced a warming hiatus after
1998, the average SST for 1998–2013 (21.0 °C) is still
0.5 °C above that for 1982–1997 (20.5 °C)
(figure 3(a)). All of these SST metrics appear to have
remarkably shifted upward a warmer climate during
the hiatus. The mean increase is higher for the 10th
SST as it has shifted by 0.5 °C (from14.6 °C to 15.1 °C)
(figure 3(b)), compared to the shifting of the 90th SST
by 0.3 °C (figure 3(c)).

The mean warming during 1998 to 2013 was also
accompanied by changes in temperature extremes.
The statistical occurrences of the regional average daily
SST anomalies in 1982–1997 and 1998–2013 are illu-
strated in figure 4. Warm SSTAs (exceeding 90th per-
centile ) that occurred around 2% of the total SSTAs

during the period 1982–1997, occurred over 15% of
the total SSTAs during the period 1998–2013
(figures 4(a), (b)). There are more frequent occur-
rences of warm SSTAs surpassing the threshold during
warming hiatus. Compared to the significantly
decreasing of cold SSTAs (below 10th percentile), the
warm SSTAs experienced a general increase, and even
the very hot SSTAs (exceeding 99th percentile) in
annual and seasonal scales have occurred. Specially,
the very cold SSTAs (below 1th percentile) dis-
appeared inwinter and summer andwarmSSTAs have
become common in winter after 1998 (figures 4(d),
(f)). A more pointed and higher peak indicates the
temperature closely around the mean value in winter
and summer (figures 4(c), (e)), but the occurrences
become more dispersed with the increase of warm
events (figures 4(d), (f)).

As illustrated in figure 4, the hot regional average
daily SST anomalies have greatly increased during
1998–2013. It indicated that more MHWs probably

Figure 3.The regional averaged annualmean SST (a), 10th SST (b) and 90th SST (c) histograms for two periods: 1982–1997 (hatched
bars) and 1998–2013 (orange bars).
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occurred over the later period. Referring to Hobday
et al (2016) (see Methods), we examined changes of
regional average MHWwith frequency, duration, and
cumulative intensity during 1982–2013 (figure 5). An
obvious ascending trend can be observed in all of the
three metrics. As a regional average, annual mean
MHW frequency significantly increased from about
0.5 events per year during 1982–1997 to 3.4 events per
year during 1998–2013 (5.8 times increased). The
regional averaged time series also showed general
increases in MHW duration from about 4.8 EHDs to
11.8 EHDs (1.75 times increased), and cumulative
intensity from 3.0 °C days to 9.8 °C days (2.27 times
increased). It shows that, on average, not only was
there no decrease in the frequency of MHWs over the
China Seas during the global warming hiatus but the
MHWs had already become more long-lasting, fre-
quent and intense than those before 1997. Moreover,
MHWs frequency in the China Seas increased sig-
nificantly with a trend of 1.13 events per decade
(p<0.01), 2.5 times the global average rate (0.45

events per decade, Oliver et al 2018) in the same period
of 1982–2016.

Three better-knownMHW regions, Western Aus-
tralia, the Mediterranean Sea and northwest Atlantic,
have experienced 59, 70 and 67 MHWs during
1982–2014 (Hobday et al 2016). During the same per-
iod, a total of 65 events were also identified in the
China Seas. Results suggest that, as a part of western
boundary current extension region, the China Seas
probably are also the high-risk region suffering from
more frequent, longer lasting and stronger MHWs in
the past decades. The latest studies show that, from
1925 to 2016, global average marine heatwave fre-
quency and duration increased by 34% and 17%
which largely is explained by increases in mean ocean
temperatures (Frölicher et al 2018, Oliver et al 2018).
Consistent with the previous works, the regional
annual mean SST and mean MHW frequency, dura-
tion and the cumulative intensity over the China Seas
are strongly correlated (ra=0.83; rb=0.70;
rc=0.72, p<0.01), with the highest correlation

Figure 4.The dailymean SSTAs histograms for 1982–1997 (left) and 1998–2013 (right) for thewhole year (a), (b), winter (c), (d) and
summer (e), (f). The red and purple dashed line represents the 90th percentile and 99th percentile of climatological period
(1983–2012). The blue and black dashed line represents the 10th percentile and 1th percentile of the climatological period 1983–2012.

6

Environ. Res. Lett. 14 (2019) 104010



found between SST and MHW frequency
(figures 5(e)–(g)).

Spatial distributions of annual mean MHWs over
different periods are shown in figure 6. The annual
mean occurrences of MHWs ranged from about 0 to 2

events, depending on location (figure 6(a)). During
1998–2013, MHW frequency increased considerably
across the whole China Seas (figure 6(b)), reaching 2 to
3 events on average. The larger increase occurred in

Figure 5.Regional averaged annualmeanMHWfrequency (a), duration (b) and cumulative intensity (c), and scatter plots of annual
mean SST andMHWfrequency (e), duration (f), and cumulative intensity (g), over theChina Seas during 1982–2017. Red lines show
themean value over 1998–2013, blue lines show themean value over 1982–1997, and black lines show the best-fit linear curve.

Figure 6.AnnualmeanMHWs frequency during the period of 1982–1997 (a), 1998–2013 (b) and 2015–2017 (c) in the China Seas.
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the coastal areas of the China Seas and along the Kur-
oshioCurrent axis.

5.Discussion

While the characteristics, mechanisms and impacts of
terrestrial heatwaves have been well explored, MHWs
over the China Seas are generally understudied. In this
work, we analyze the spatial and temporal pattern of
the change in means and extreme events of SST in the
China Seas. Analysis shows a significant increase in
MHWs in the China Seas during 1998–2013. The
increase is basically consistent with those reported for
other oceanic regions. A recent study confirmed that
an extreme strong and prolonged El Niño occurred
during 2015–2016 and it probably ended the global
warming hiatus (Hu and Fedorov 2017). Despite the
warming hiatus, the globally mean temperatures of
most years since 1998 were the warmest on record as
the long-termwarming trend continues; the frequency
and intensity of both terrestrial and oceanic extreme
events are also increasing globally (Herring et al 2019,
World Meteorological Organization WMO (2019)).
The more occurrences of extreme hot SSTAs are
related to both rising mean temperatures and climate
variability; the former would be the dominant driver
of the increasing frequency ofMHWs over most of the
global ocean (Oliver 2019). In the China Seas, the
regional mean SSTs 20.5 °C for 1982–1997, but
21.0 °C, for 1998–2013 following with 2015–2017,
with the value of 21.2 °C. The regional mean SSTs
were continuously rising in the three periods, though
there was a warming hiatus during 1998–2013. The
warm-side toward shift in mean temperature could be
causing the increasedMHWs.

Meanwhile, these events could be also influenced
by additional processes. In this discussion, given the
atmospheric priming of the MHW, we preliminarily
analyzed the possible relationship between the warm-
ing and the large-scale atmosphere circulation modes.
The Western North Pacific Subtropical High
(WNPSH) indices of area and intensity have notably
increased during 1982–2013, and the western edge of
the WNPSH ridge has experienced a westward expan-
sion (figure is omitted). The strengthening and west-
ward extension of the WNPSH could cause strong
descendingmotion and have contributed considerably
to the surface warming in the study region. Thus,
warming SST observed during 1982–2013 is probably
related to the influence from the recent changes in the
WNPSH. Meanwhile, it is also found that 500-hPa
geopotential height (HGT500) exhibited a significant
enhancing trend around Lake Baikal, which implies
that the Baikal Ridge has been intensifying during the
past decades (figure omitted). Influenced by this circu-
lation pattern, the East China Seas was behind the dee-
pened East Asian trough and before the enhanced
Baikal Rridge, and therefore the descending

movement and the northwesterly in the upper level
were prevailing, which brought clear skies and more
surface net solar radiation, was favorable for the
abnormal hot and dry extremes (Wang et al 2017).

Besides, MHWs can also be affected by low-fre-
quency oceanic modes, including the PDO, ENSO,
and Indian Ocean dipole (IOD) (Benthuysen et al
2018, Oliver et al 2018, Tan and Cai 2018). However,
there remain complex physical mechanisms between
changes of large-scale atmospheric and oceanic sys-
tems and MHWs. These physical mechanisms are
complicated by local processes, including the Yangtze
River discharge, Kuroshio Current, Taiwan Warm
Current, etc. (Wu et al 2012, Cai et al 2017, Pei et al
2017). Determining these causal factors, including
anthropogenic forcing and natural variability modes,
is still an area of ongoing research.

Spatially, in the period 2015–2017, much more
MHWs occurred annually in the western China Seas,
almost 2–4 more events annually than those occurred
in the period before 2014 (figure 6(c)). Studies point
out thatMHWswill very likely becomemore common
and more intense under future global warming (Fröli-
cher et al 2018, Oliver et al 2018).Whatever the under-
lying causes are, the observed and expected increase of
MHWs in the China Seas would exert a non-negligible
impact on the marine ecosystem. Recently, the
observed MHWs in the China Seas, especially in the
western China Seas and the Yellow Sea have caused
huge economic losses through impacts on fisheries
and aquaculture. The ‘Zhangzi Island scallops event in
2017’ and ‘Sea cucumber mortality event in 2018’ are
the two well-known marine fishery disasters. In July
and August 2017, exceptionally warm SSTAs occurred
at the northern Yellow Sea, with the temperature
anomalies >1.0 °C covering approximately
5.8×105 km2 (figure 7(a)). The northern Yellow Sea
2017 MHW lasted for 60 days from 30th June to 28th
August (figure 7(b)). The date of the peakwas 20th July
with a maximum daily SSTA of 2.93 °C (figure 7(c)).
The cumulative intensity of the event was up to 115 °C
days. This local MHWwas unprecedented as the long-
est event on record in this region, and it probably
exceeded the marine ecosystem tolerance limits. This
MHWevent was considered as one of themost impor-
tant factors leading to the mass emaciation and mor-
tality of filter/suspension-feeding scallops
(Patinopecten yessoensis) in Zhangzi Island (39.05°N,
122.75°E) in the ‘Zhangzi Island scallops event
in 2017’.

The impacts of theseMHWs can be compared and
contrasted with other major events that have occurred
abroad recently. For example, the Tasman Sea 2015/
16MHWappeared to be restricted to sessile, sedentary
or cultured species in the shallow coastal near-shore
environment including outbreaks of disease in com-
mercially viable species (Oliver et al 2017). The Alas-
kan Sea 2016 MHW favored some phytoplankton
species, leading to harmful algal blooms, shellfish
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poisoning events and mortality events in seabirds
(Walsh et al 2018). The examples described above
indicate that a range of organisms and ecosystems can
be impacted by MHWs. Considering the emerging
risks from MHWs, we emphasize the importance of
planning for strategies in the context of increased and
intense MHWs in the China Seas. It is necessary and
essential to take a more proactive approach to reduce
the negative consequences of MHWs on food produc-
tion from aquaculture and other marine ecosystems,
such as setting up an early warning system and a seaso-
nal prediction system.

6. Conclusions

We analyze the characteristics of the change in SST
and MHWs in the China Seas, by using four global
gridded SST data sets. One of the key findings of the
analysis is that there is a remarkable warming shift in
1998 over the China Seas, which is consistent with
change inGMST.During 1998–2013, the annualmean
SST exhibits a declining tendency in the China Seas,
with the rates at the range of −0.37∼−0.24 °C per
decade. The annualmean SST declining after 1998was
mainly controlled by the remarkable cooling in boreal
winter.

Importantly, despite the recent warming hiatus in
the China Seas, the regional average annual mean SST
for 1998–2013 is unexpectedly 0.5 °C above that for
1982–1997. The statistical distributions manifest that
warm SSTAs and very hot SSTAs increased as the

China Seas’mean climate shifts towards warmer dur-
ing 1998–2013. Further analysis in this study finds
that, not only there is no decrease in MHWs over the
China Seas during the global warming hiatus, but
actually they have become more frequent, intensive
and longer during 1998–2013 compared to those dur-
ing 1982–1997. In terms of spatial distribution, more
frequent MHWs occurred in the coastal areas of the
China Seas and along the Kuroshio Current axis dur-
ing the warming hiatus, with the increase reaching two
to three events annually.

Further investigation is needed to understand the
underlying causes and the possible impacts of the
observed increase inMHWs. In particular, we empha-
size the importance of adaptation for local people to
reduce the negative consequences of MHWs on fish-
eries, aquaculture andmarine ecosystems.
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摘 要：利用中国 825 个气象站点 1961—2016 年的逐日地表温度和气温观测资料，系统分析了中国地区地气温差（地

表温度减气温）的时空分布以及变化趋势。结果表明，中国多年平均的年地气温差西部大部地区及华南部分地区在 2.5℃

以上，而中东部大部地区在 2.5℃以下。其中春、夏季全国各地地气温差均为正值，且总体呈经向型分布，西高东低；秋、

冬季中国各地地气温差总体呈纬向型分布，南高北低，尤其是冬季北方部分地区为负值。年内，中国区域平均各月地

气温差均为正值，其中 1 月份和 12 月份相对较小，6—8 月份（夏季）相对较大。不同地区地气温差的年内分布特征有

所不同，西藏地区地气温差年平均值为全国最大，最大值出现在雨季来临前的 5 月份；东北、华北、黄淮、西北及内

蒙古地区最大值均出现在雨季来临前的 6 月份；江淮、江汉、江南、华南地区地气温差最大值均出现在雨季过后的 7

月份或 8 月份；西南地区年内各月地气温差变化相对较小，在雨季之前的 5 月和雨季之后的 8 月出现 2 次峰值，呈双

峰型分布。1961—2016 年，中国区域平均地气温差 4 月和 4—10 月上升趋势较明显，而 7 月和 10 月变化趋势不明显或

略有上升趋势。空间分布上，东北、西北及内蒙古、西藏西部等地平均地气温差有增加趋势，而中东部地区有减小趋势。
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引 言

中国幅员辽阔，南北从热带经亚热带到温带

延伸约 50 个纬度 [1]，东临世界最大的海洋——太

平洋，西有全球最高的高原——青藏高原，地形、

地貌极其复杂。因此，中国具有多种类型的下垫面，

既有戈壁、沙漠的典型干旱区，黄土高原和草原

的半干旱区，又有季风湿润区，还有青藏高原区，

这些全球具有一定代表性和典型性的下垫面的能

量和水分循环特性的差异对于全球气候和水文的

变化，特别是对气候灾害的发生有严重影响 [2-4]。

地表感热通量是低层大气的重要能量来源，也是

地面热量平衡的重要分量，在陆气相互作用过程

中，感热通量对于陆面和大气边界层热力交换起

着极为重要的作用，其水平分布的不均匀必然会

引起陆面对大气加热的差异，从而影响季风环流

www.climatechange.cn气 候 系 统 变 化
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的建立和维持 [5-11]。地气温差是地表感热通量的

主要贡献项，不少学者利用地温、气温和地面附

近风场等要素的观测资料计算地表感热通量[12-15]。

地气温差的变化基本反映了地表感热通量的变化

特征 [16-18]，对大气环流、天气变化、农业生产和

生态环境有重要影响。研究中国地气温差的时空

分布及气候变化特征，可以更好地掌握中国的地

表感热通量分布及变化特征，对于了解中国气候

变化的内在机制和短期气候预测都具有重要意义。

同时，地气温差对长江中下游地区夏季降水有一

定的指示意义 [19-20]，也是衡量土壤荒漠化程度和

进程的重要指标 [21]；地气温差对农作物的种子发

芽、出苗以及光合作用等有直接影响，对作物病

虫害的发生、发展，土壤微生物的活动也有不同

程度的影响，对农作物的正常生长发育有着十分

重要的作用 [22]。

近年来，我国对地气温差的研究分析主要集

中在中国的西北地区、青藏高原或者个别省份，

甚至个别气象站点。范丽军等 [16]、符睿等 [23] 分析

了西北干旱区地气温差的时空变化特征；周连童

等 [19] 分析了我国西北干旱、半干旱区春季和夏季

地气温差的年代际变化特征及其与夏季降水的联

系；王澄海等 [24] 分析了东亚夏季风建立前青藏高

原地气温差变化特征；杨智等［25］研究发现云南

省地气温差在夏季最大，其次为秋季和春季，冬

季最小，且有逐年缓慢上升趋势；陈超等 [26]、王

超等 [27] 分别利用阿拉善左旗气象站和敦煌双墩子

戈壁试验站资料，分析了当地地气温差的变化规

律。而我国幅员辽阔，地形复杂，具有多种典型

的下垫面，气候类型多种多样。因此，很有必要

对中国全国范围的地气温差时空分布和气候变化

特征等进行系统、全面分析。虽然温李明等 [28] 对

我国东西部地区地气温差的年代际变化特征及其

差异进行了一些研究，但研究站点有限（218 个 )，

研究区域主要集中在中国的西北部和东南部，对

中国的代表性不够。本文将利用中国 825 个站点

1961—2016 年共 56 年的逐日地表温度和平均气

温观测资料，系统地分析中国各地全年及各个季

节地气温差的时空分布及其变化趋势。

1  资料与方法

由于我国部分气象站点不同时具有地表温度

和气温观测资料，且 20 世纪 50 年代观测站点

较少，资料缺测比较严重。所以本文选择 1961—

2016 年作为研究时段，选择该时段同时具有 25
年以上逐日地表温度和气温观测资料的 825 个站

点（其中中国香港、澳门和台湾资料缺）作为研

究站点。将某气象观测站的地表温度与气温的差

值定义为该站的地气温差，即 Ts-Ta，其中 Ts 表

示地表温度，即 0 cm 地温，Ta 表示气温，为离地

面 1.5 m 高度处的空气温度。把中国划分为东北、

华北、西北、黄淮、江淮、江汉、江南、华南、

西南、西藏和内蒙古共 11 个区域 [29]，中国各区域

及 825 个气象观测站点的空间分布见图 1。把一

年划分为春季（3—5月)、夏季（6—8月)、秋季（9—

11 月 )、冬季（12 月至次年 2 月）4 个季节。

图 1  研究站点分布及中国气候分区图

Fig. 1  Distribution of stations and climate zones in China

我国气象观测站点在 2005 年以后开始普遍采

用自动站取代人工观测，由于自动站地表温度的

观测规范与人工观测不同，会造成冬季地面有积

雪时自动站观测地表温度比人工观测偏高。这是

由于当人工观测地表温度时，如果温度表被雪埋

住，按照《地面气象观测规范》规定必须将温度

表从雪中取出，水平安装在未被破坏的雪面上，

感应部分和表身埋入雪中一半，再进行读数 [30]，

所以人工观测的地表温度实际上就是雪面温度。

而在使用自动站观测时，由于铂电阻地面温度传
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感器被积雪埋住时仍按正常观测，所以自动站观

测的地表温度是雪下温度，这两个观测数据之间

存在差异，造成了有积雪时，自动站观测地表温

度比人工观测的记录偏高。为排除 2005 年以后

冬季降雪自动观测站点地表温度因观测手段改变

所带来的影响，本文在分析年及四季多年平均

值时未使用 2000 年以后的数据，仅使用 1961—

2000 年的数据；在分析中国地区地气温差的年代

际气候变化特征时，舍弃较冷的几个月，只统计

1961—2016 年 4 月（代表春季 )、7 月（代表夏季 )、

10 月（代表秋季）及 4—10 月的数据。文中利用

最小二乘法 [31] 估计各站点 1961—2016 年不同季

节地气温差的线性变化趋势。

2  结果分析

2.1  空间分布特征

由中国 1961—2000 年平均的年（图 2）及四

季（图 3）地气温差空间分布可以看出：(1) 中国

西部大部地区及华南部分地区年平均地气温差在

2.5℃以上，其中西藏大部、青海西部、云南南部、

海南大部等地在 3.5℃以上，西藏南部、海南西

部的部分地区达 4.0℃以上；而中国中东部大部

地区年平均地气温差在 2.5℃以下，其中东北、

华北东部以及山东西部、江苏东南部、湖南北部、

湖北西南部、重庆、四川东部、新疆东北部等地

在 2.0℃以下，黑龙江大部、吉林东部等地在 1.5℃
以下。我国地气温差的这种西高东低的空间分布

格局，与东、西气候和地表特征差异密切相关：

西部地区太阳辐射强烈，植被覆盖稀疏，土壤干

燥，地表感热加热强；中东部地区则是全球强季

风区，降水丰富，土壤湿润，植被茂密，地表感

热加热相对较弱。(2) 春、夏季，中国各地平均地

气温差均为正值，总体呈经向型分布，东部偏低、

西部偏高，这种分布格局与中国地势等值线西高

东低的分布型基本吻合，可能与山脉的抬高加热

作用有关，西部多山脉，海拔相对较高，相当于

将太阳辐射的吸收面抬高了，从而可以吸收更多

的太阳辐射，产生更强的热力对流 [32]，地气温差

增大。春季地气温差高值中心位于西藏、青海、

新疆西南部、四川南部、海南等地，地气温差在

4.0℃以上，低值中心位于西南东部、江南西部、

华南北部、东北北部和东部等地，地气温差在 2.0℃
以下；夏季地气温差高值中心位于西藏西部、青

海西部、新疆、甘肃西部等地，地气温差在 5.0℃
以上，低值区主要出现在四川盆地、江苏东南部、

广东中南部、辽宁东部等地的部分地区，地气温

差在 3.0℃以下。(3) 秋、冬季，由于太阳直射点

向南半球偏移，中国各地地气温差总体呈纬向型

分布，南方地区偏高、北方地区偏低。秋季高值

区主要位于华南以及西藏、青海南部、云南南部

等地的部分地区，地气温差在 3.0 ～ 4.0℃，局部

地区在 4.0℃以上；冬季高值区主要位于西藏东南

部、云南南部、四川南部、雷州半岛、海南等地，

地气温差在 2.0 ～ 3.0℃，局部地区在 3.0℃以上。

秋、冬季节，我国广大北方地区地气温差均相对

较低，尤其是冬季，东北、华北以及内蒙古中东

部、新疆等地地气温差出现负值，主要是由于这

些地区冬季地表多为冰雪覆盖，反照率大，地表

获得的太阳有效辐射较小，同时浅层土壤为冻土，

还需要吸收地表的大量热量，因而造成地表温度

低于气温，地气温差为负值。

2.2  时间分布特征

由中国地区 825 个站点 1961—2000 年逐日地

表温度和气温资料计算得到的中国平均地表温度、

图 2  中国年平均地气温差分布

Fig. 2  Distribution of annual mean surface-air temperature 
difference in China
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气温和地气温差年内 1—12 月的变化图（图 4）
可以看出，3 条曲线基本上都呈上凸的抛物线型。

中国平均地表温度和气温的最小值均出现在 1 月

份，分别为 -2.2 ℃和 -2.6 ℃，从 1 月份开始中

国平均地表温度和气温逐步上升，到 7 月份达到

最大值，分别为 28.0℃和 23.8℃，7 月份以后又

逐渐减小。中国区域平均地气温差年内 12 个月均

为正值，其中 1 月份和 12 月份相对较小，分别为

0.4 ℃和 0.3 ℃；6、7 和 8 月（夏季 )，中国区域

平均地气温差相对较大，分别为 4.0℃、4.2℃和

4.0℃。

地气温差的年内变化主要取决于太阳辐射量、

下垫面温湿状况和当地的盛行天气形势等，中国

不同地区由于地理环境和下垫面状况等的差异，

地气温差的年内分布特征有所不同。从表 1 可以

看出：(1) 东北地区年平均地气温差相对最小，只

有 1.5℃，年内 1 月份和 12 月份平均地温明显低

于气温，地气温差在 -1.0℃左右，2 月份和 11 月

份平均地温和气温相差不大，地气温差接近 0℃，

图 3  中国春 (a)、夏 (b)、秋 (c)、冬 (d) 季平均地气温差分布

Fig. 3  Distribution of seasonal mean surface-air temperature difference of spring (a), summer (b), autumn (c) and winter (d) in China
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图 4  中国平均地表温度、气温和地气温差年内变化

Fig. 4  Intra-annual change of national mean surface temperature, 
air temperature and surface-air temperature difference in China
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其余月份地气温差均在 0.5℃以上，最大值出现

在雨季来临前的 6 月份，为 3.8℃。(2) 华北和内

蒙古地区年平均地气温差均为 2.0℃，年内 1 月

份和 12 月份平均地温低于气温，华北地区地气温

差在 -0.5 ℃左右，内蒙古地区在 -1.0 ℃左右，

11 月份两地平均地温和气温相当，地气温差接近

0℃，其余月份均 >0℃，最大值均出现在雨季来

临前的 6 月份，分别为 4.5 ℃和 4.8 ℃。(3) 黄淮

和西北地区年平均地气温差分别为 2.1℃和 2.6℃，
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年内 1 月份、11 月份和 12 月份地气温差接近 0℃，

其余月份均在 0.5℃以上，最大值也均出现在雨季

来临前的 6 月份，分别为 4.1℃和 5.4℃。(4) 江淮、

江汉、江南地区年平均地气温差相差不大，分别

为 2.1 ℃、2.3 ℃和 2.2 ℃，年内各月平均地气温

差均 >0℃，最小值均出现在 12 月或 1 月，最大

值均出现在雨季过后的 7、8 月份。(5) 西南和华

南地区年平均地气温差分别为 2.6℃和 2.7℃，年

内各月平均地气温差均在 1.4℃以上，月际间的变

化幅度较其他地区相对较小，其中华南地区平均

地气温差最大值出现在雨季过后的 7 月份，西南

地区出现在雨季过后的 8 月份，且西南地区地气

温差年内分布呈双峰型，即 5 月和 8 月出现两个

峰值，这可能与西南地区 6—7 月降水充沛有关，

加之下垫面植被茂盛，这段时间地气交换以潜热

为主，地表通过潜热的方式向大气输送的热量较

感热要大，因此地气温差在 6—7 月略有下降 [33]。

(6) 青藏高原作为北半球同纬度地区的一个强大热

源，其热力作用强化了亚洲季风，并影响中国的

降水 [5]。因此，西藏地区年平均地气温差较全国

其他地区明显偏大，达 4.0℃，年内各月平均地气

温差除 1 月份和 12 月份在 2.0℃以下外，其余月

份均在 2.0℃以上，其中最小值出现在 12 月份，

表 1 中国及其 11 个区域 1—12 月和全年平均地气温差

Table 1  Average monthly and annual surface-air temperature difference in China and its 11 regions

地区

东北

华北

黄淮

西北

江淮

江汉

江南

华南

西南

西藏

内蒙古

全国

1 月

℃

2 月 3 月 4 月 5 月 6 月 7 月 8 月 9 月 10 月 11 月 12 月

-1.1

-0.4

0.4

-0.1

0.6

0.7

1.0

1.8

1.5

1.2

-0.8

0.4

0.0

0.6

1.0

0.8

1.1

1.2

1.1

1.9

1.9

2.6

0.2

1.1

1.5

1.9

1.9

2.0

1.6

1.5

1.3

2.0

2.4

3.8

1.9

1.8

1.9

3.0

2.9

3.4

2.3

2.3

1.7

2.2

2.9

5.4

3.0

2.7

2.9

4.1

3.9

4.7

3.2

2.8

2.3

3.0

3.3

6.5

4.2

3.6

3.8

4.5

4.1

5.4

3.5

3.6

2.8

3.1

3.0

6.4

4.8

4.0

3.6

3.9

3.4

5.3

3.6

4.2

4.2

3.8

3.5

5.6

4.4

4.2

3.3

3.5

3.6

4.6

4.1

4.4

4.2

3.7

3.7

5.2

3.8

4.0

2.3

2.6

2.7

3.1

2.9

3.0

3.2

3.5

3.0

4.5

2.6

3.0

0.7

1.1

1.5

1.5

1.8

1.9

2.3

3.2

2.3

3.7

1.0

1.8

-0.2

0.0

0.3

0.2

0.7

0.9

1.3

2.3

1.8

2.2

-0.2

0.8

-0.9

-0.5

0.0

-0.4

0.3

0.5

1.0

2.0

1.4

1.0

-0.9

0.3

全年

1.5

2.0

2.1

2.6

2.1

2.3

2.2

2.7

2.6

4.0

2.0

2.3

为 1.0℃，最大值出现在雨季来临之前的 5 月份，

达 6.5℃。中国各地地气温差的这种年内分布特征，

特别是北方地区最大值基本出现在雨季来临前的

一个月，南方地区出现在雨季之后的一个月，与

各地太阳辐射的年内分布特征非常相似 [34]。

2.3  变化趋势

1961—2016 年，中国区域平均 4 月、7 月、

10 月以及 4—10 月平均地表温度和气温总体均

有增加趋势，且地表温度较气温增加幅度相对更

大，所以地气温差总体也有增加趋势（图 5)。(1) 
4 月，中国平均地表温度、气温和地气温差总体

均呈增加趋势，地表温度和气温的最小值出现在

2010 年，分别为 14.0℃和 11.1℃，最大值出现在

1998 年，分别为 18.2℃和 15.4℃；4 月，中国区

域平均地气温差在 2.2 ～ 3.6℃，年代际变化特征

明显，其中 1961—2003 年，中国 4 月平均地气温

差基本在 2.2 ～ 3.0 ℃，最小值（2.2 ℃）出现在

1969 年，2003 年以后大部分年份中国区域平均

地气温差在 3.0℃以上，最大值（3.6℃）出现在

2011 年。(2) 7 月，中国区域平均地表温度、气温

和地气温差总体呈略微增加的变化趋势，其中 20
世纪 60 年代到 90 年代初，地表温度和气温略有

气 候 变 化 研 究 进 展  2019 年378

www.climatechange.cn气 候 系 统 变 化



下降趋势，1994 年以后略有上升趋势；7 月，中

国平均地气温差相对较大，在 3.7 ～ 4.7℃，最小

值出现在 1996 年，最大值出现在 1978 年。(3) 20
世纪 60 年代至 80 年代初，中国 10 月平均地表温

度和气温基本都呈下降趋势，最小值出现在 1981
年，分别为 12.9 ℃和 11.2 ℃，但从 1982 年开始

出现上升趋势，最大值出现在 2006 年，分别为

17.2℃和 15.0℃；10 月，中国区域平均地气温差

相对较小，在 1.4 ～ 2.4 ℃，最小值出现在 1972
年，最大值出现在 2014 年，长期变化趋势不明

显，但 2004 年以来有明显的增大趋势，大部分年

份平均地气温差在 2.0℃以上。(4) 20 世纪 60 年

代至 70 年代后期，中国 4—10 月平均地表温度和

气温总体都呈下降趋势，最小值出现在 1976 年，

分别为 21.2℃和 18.0℃，但从 20 世纪 80 年代开

始出现上升趋势，最大值出现在 2016 年，分别为

23.2 ℃和 19.6 ℃；4—10 月，中国平均地气温差

在 3.0 ～ 3.8 ℃，总体呈上升趋势，特别是 2006
年以来中国平均地气温差相对较大，大部分年份

≥3.6℃。

图 6 给 出 1961—2016 年 中 国 4 月、7 月、

10 月和 4—10 月的平均地气温差线性变化趋势空

图 5  1961—2016 年 4 月 (a)、7 月 (b)、10 月 (c) 及 4—10 月 (d) 中国平均地温、气温和地气温差历年变化

Fig. 5  Changes of monthly mean surface temperature, air temperature and surface-air temperature difference of April (a), July (b), October (c) 
and from April to October (d) in China from 1961 to 2016

间分布，可以看出：(1) 4 月平均地气温差线性变

化趋势，除广东东部、福建南部、浙江东部、四

川盆地等地为负值外，全国其余大部分地区为正

值，其中西北大部、黄淮、江淮、江汉、东北大

部以及西藏中西部、内蒙古、云南东部和北部、

海南大部等地在 0.1 ～ 0.3℃/10a，部分地区超过

0.3℃/10a，增大趋势较明显。(2) 7 月平均地气温

差线性变化趋势，>0.1℃/10a 的区域往北往西收

缩，主要位于西北大部及西藏西部、内蒙古、黑

龙江大部、吉林等地；而中东部 <-0.1℃/10a 的

区域明显扩大，浙江东北部、江苏东南部、上海、

湖北南部、湖南北部、福建东南部、广东东部和

河北中部等地的部分地区<-0.2℃/10a。(3) 10 月，

地气温差线性变化趋势除新疆南部、西藏西部、

青海大部、甘肃中部和西部、内蒙古西部和东北部、

黑龙江西北部等地>0.1℃/10a，河北中南部、天津、

广东中部、福建南部等地＜-0.1℃/10a 外，全国

其余大部地区在-0.1 ～ 0.1℃/10a。(4) 4—10 月，

除西北大部、东北大部及内蒙古大部、西藏西部

等地地气温差线性变化趋势在 0.1 ～ 0.3℃/10a，
局部地区超过 0.3℃/10a 外，中国其余大部地区地

气温差线性变化趋势在 0.1℃/10a 以下，其中中东
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部大部地区为负值，地气温差呈减小趋势，河北

中部、江苏东南部、浙江东部、湖北中南部、广

东东部等地减小趋势在 -0.2 ～ -0.1℃/10a，局部

地区 <-0.2℃/10a。
从 1961—2016 年全国及中国不同区域 4—10

月平均地气温差的年代际平均和线性变化趋势（表

2）来看，(1) 全国平均地气温差总体呈上升趋势，

线性变化趋势为 0.06℃/10a，其中 20 世纪 60 年

代、70 年代和 90 年代平均地气温差相对较小，

均为 3.3℃，2011—2016 年平均最大，为 3.7℃。

(2) 东北、西北、内蒙古地区的平均地气温差有

明显的上升趋势，线性变化趋势在 0.15℃/10a 左

右，其中内蒙古地区上升趋势相对最为明显，

达 0.16℃/10a，东北和西北地区线性变化趋势分

别为 0.14℃/10a 和 0.15℃/10a；西北地区平均地

气温差阶段性上升特征明显，其中 20 世纪 60 年

代和 70 年代平均地气温差均为 3.9 ℃，80 年代

和 90 年代分别为 4.1℃和 4.2℃，21 世纪以来升

图 6  1961—2016 年中国 4 月 (a)、7 月 (b)、10 月 (c) 及 4—10 月 (d) 平均地气温差线性变化趋势分布

Fig. 6  Linear trend of monthly mean surface-air temperature difference of April (a), July (b), October (c) and from April to October (d) 
in China during 1961-2016
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高明显，前 10 年和 2011—2016 年平均地气温差

分别达 4.4 ℃和 4.6 ℃。(3) 华北、黄淮、江淮、

西南和西藏地区平均地气温差变化趋势不明显，

年代际之间平均地气温差变化较小，其中华北地

区在 3.2 ～ 3.5 ℃之间，黄淮地区在 2.9 ～ 3.3 ℃

之间，江淮地区在 2.9 ～ 3.2℃之间，西南地区在

3.0 ～ 3.3℃之间，西藏地区在 5.3 ～ 5.7℃之间。

(4) 地处南方的江汉、江南、华南地区平均地气温

差有下降趋势，线性变化趋势均≤-0.05℃/10a，
分别为 -0.07℃/10a、-0.05℃/10a、-0.09℃/10a。

3  结论与讨论

(1) 中国多年平均的年地气温差，西部大部地

区及华南部分地区在 2.5℃以上，而中东部大部地

区在 2.5℃以下。其中春、夏季全国各地地气温差

均为正值，总体呈经向型分布，西高东低，且与

中国地势等值线分布基本吻合，这可能与山脉的抬
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表 2 中国及其 11 个区域 4—10 月地气温差年代际平均及线性变化趋势

Table 2  Inter-decadal mean surface-air temperature difference and linear trend from April to October in China and its 11 regions

地区

东北

华北

黄淮

西北

江淮

江汉

江南

华南

西南

西藏

内蒙古

全国

1961—1970 年

0.14

0.00

0.00

0.15

-0.02

-0.07

-0.05

-0.09

0.02

0.04

0.16

0.06

地气温差年代际均值 /℃

2.7

3.3

3.0

3.9

3.2

3.3

3.1

3.4

3.1

5.4

3.3

3.3

1971—1980 年 1981—1990 年 1991—2000 年 2001—2010 年 2011—2016 年

线性倾向率 /
(℃/10a)

2.6

3.3

3.1

3.9

3.1

3.3

2.9

3.2

3.2

5.4

3.3

3.3

2.7

3.3

3.3

4.1

3.0

3.1

3.0

3.2

3.1

5.3

3.5

3.4

2.7

3.2

3.2

4.2

2.9

3.0

2.9

3.0

3.0

5.3

3.5

3.3

3.1

3.2

2.9

4.4

3.0

3.0

2.9

3.0

3.3

5.5

3.9

3.5

3.5

3.5

3.3

4.6

3.2

3.1

2.9

3.0

3.3

5.7

4.1

3.7

高加热作用有关；秋、冬季中国各地地气温差总体

呈纬向型分布，南高北低，尤其是冬季北方部分地

区地气温差为负值，与这些地区冬季地表多为冰雪

覆盖、反照率大，同时浅层土壤为冻土，还需要吸

收地表的大量热量有关。周连童等 [10,19,35] 分析指

出，西北地区地气温差以及感热对我国夏季降水

有着明显的影响。那么，我国不同区域地气温差

的这种分布特征是否也会对各地的夏季或全年的

降水产生明显的影响也是今后需要进一步研究分

析的问题。

(2) 年内各月，中国多年平均地气温差均为正

值，其中 1 月份和 12 月份相对较小，6—8 月份（夏

季）相对较大。中国不同地区由于地理环境和下

垫面热力状况等的差异，地气温差的年内分布特

征有所不同，东北、华北和内蒙古地区在 1 月份

和 12 月份均为负，2 月和 11 月接近 0℃，黄淮和

西北地区在 1 月、11 月和 12 月份均接近 0℃，上

述地区其余月份平均地气温差均在 0.5℃以上，

最大值也均出现在雨季来临前的 6 月份；西藏地

区地气温差年平均值为全国最大，年内地气温差

最小值出现在 12 月份，最大值出现在雨季来临前

的 5 月份；江淮、江汉、江南、华南地区地气温

差最小值出现在 12 月份或 1 月份，最大值均出现

在雨季过后的 7 月份或 8 月份；西南地区年内各

月地气温差变化相对较小，在雨季之前的 5 月份

和雨季之后的 8 月份出现 2 次峰值，呈双峰型分

布。我国各地地气温差的这种年内变化特征与各

地太阳辐射的年内分布特征非常相似，这与 Song
等 [36] 有关地气温差的变化受太阳辐射影响最为显

著的研究成果是一致的。其中西北地区、西南地

区和西藏地区等地地气温差的这种年内变化规律，

与前人的研究结果也是基本一致的。

(3) 1961—2016 年，中国区域平均地气温差 4
月和 4—10 月上升趋势较明显，而 7 月和 10 月变

化趋势不明显或略有上升趋势。空间分布上，东

北、西北及内蒙古、西藏西部等地平均地气温差

有增加趋势，而中东部地区有减小趋势。4—10 月，

全国平均地气温差线性变化趋势为 0.06℃/10a，
但是不同地区变化趋势又有所不同，其中东北、

西北及内蒙古大部和西藏西部地区平均地气温差

线性变化趋势 >0.10 ℃/10a，内蒙古地区平均达

0.16℃/10a；华北、黄淮、江淮、西南和西藏大部

地区平均地气温差变化趋势不明显；南方的江汉、

江南和华南地区平均地气温差均有下降趋势，线
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The spatiotemporal characteristics and long-term trends of 
surface-air temperatures difference in China

1 Laboratory for Climate Studies, National Climate Center, China Meteorological Administration, Beijing 100081, China;
2 Department of Earth Sciences, University of Gothenburg, Gothenburg 40530, Sweden

Abstract:  In this study, we analyzed the temporal and spatial distributions and long-term linear trend of surface-
air temperatures difference (ΔT) in China. The values of ΔT were calculated based on the daily surface and air 
temperature measured at 825 weather stations from 1961 to 2016. The results showed that the annual ΔT was 
above 2.5℃ in most of western China and parts of South China, while below 2.5℃ in most of central and eastern 
China. In spring and summer, the ΔT was positive and generally distributed meridionally, high in western China 
and low in eastern China. In autumn and winter, the ΔT was generally distributed zonally, high in southern China 
and low in northern China. Especially in some areas of northern China, ΔT was negative in winter. The average 
monthly ΔT in China was positive, but it was relatively low in winter (January and December) and high in summer. 
The intra-annual distribution characteristics of ΔT varied across regions. The annual ΔT in Tibet was the highest 
in China with the maximum in May prior the rainy season. The regional average ΔT in the Northeast China, North 
China, Huanghuai region, Northwest China and Inner Mongolia reached the peak in June before the arrival of 
the rainy season. The maximum ΔT appeared in July or August after the rainy season in Yangtze-Huaihe region, 
Jianghan, south of the Yangtze River and South China. The monthly ΔT in Southwest China had smaller change 
and had two peaks respectively in May before the rainy season and August after the rainy season. From 1961 to 
2016, the countrywide mean ΔT displayed an upward linear trend in April and from April to October, while there 
was no significant linear trend in July and October. The ΔT had an increasing trend in Northeast China, Northwest 
China, Inner Mongolia, and western Tibet, while a decreasing trend was identified in central and eastern China.
Keywords: Surface-air temperature difference; Spatiotemporal distribution; Climate change; China 
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凤县花椒生产气候条件和灾害分析

廖要明 1，杨文平 2

（1中国气象局气候研究开放实验室/国家气候中心，北京 100081；2陕西省凤县气象局，陕西凤县 721700）

摘 要：为实现对花椒生产的气候生态适应性定量评估，从花椒生长气候影响条件和主要气象灾害2个

方面构建花椒生产的气候影响评价指标体系，在此基础上，根据凤县1961—2018年长序列的逐日气温、

降水和日照等气候资料，对凤县花椒生产的气候条件和主要气象灾害进行系统分析。结果表明，1961—

2018年凤县所有年份的年平均气温、降水量和日照时数均处于花椒种植的适宜范围，其中年平均气温、

日照时数和降水量分别有89.7%、87.9%和77.6%的年份处于最适范围。凤县花椒生长季≥0℃积温、开

花至果实着色期≥0℃积温、果实膨大生长期平均气温和果实着色期气温日较差所有年份均处于适宜范

围，其中开花至果实着色期≥0℃积温和果实着色期气温日较差所有年份均处于最适范围；果实着色期

平均气温和开花至果实膨大生长期降水量也有75%以上的年份处于适宜范围，其中65%以上年份处于

最适范围；果实膨大至着色期相对湿度条件相对较差，处于适宜和最适范围的年份分别为 65.5%和

24.1%。总体来说，凤县花椒生长季气候条件适宜，有利于花椒产量和品质的提高。凤县花椒生产过程

中主要的气象灾害有干旱、低温冷冻害和连阴雨等，但是1961—2018年这些灾害均有减轻的变化趋势。

关键词：花椒；气候条件；气候灾害；评价指标；凤县
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Analysis of Climate Condition and Disaster for Chinese Prickly Ash Production in Fengxian County
Liao Yaoming1, Yang Wenping2

(1Laboratory for Climate Studies, China Meteorological Administration/ National Climate Center, Beijing 100081;
2Meteorological Bureau of Fengxian County, Fengxian Shaanxi 721700)

Abstract: The paper aims to quantitative assessment of climatic and ecological adaptability of Chinese prickly
ash production in Fengxian county. The assessement index system of climatic impact for Chinese prickly ash
production was constructed from the aspects of climatic impact conditions and main climate disasters. Based on
the assessement index system, climate conditions and disasters of Chinese prickly ash production in Fengxian
county of Shaanxi Province was analyzed with daily temperature, precipitation and sunshine hours history data
from 1961 to 2018. The results showed that from 1961 to 2018, the annual temperature, precipitation and
sunshine hours of all yeas in Fengxian county were in the suitable range for Chinese prickly ash cultivation,
especially with 89.7% years of annual temperature, 87.9% years of annual sunshine hours and 77.6% years of
annual precipitation are in the optimum range. All the years with accumulated temperature above 0℃ during
growing season and from flowering to fruit coloring period, average temperature during fruit enlargement growth
period, average diurnal temperature range during fruit cloring period in Fengxian county were in the suitable
range, and all the years with accumulated temperature above 0℃ from flowering to fruit coloring period and
average diurnal temperature range during fruit coloring period were in the optimum range. Average temperature
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0 引言

花椒为芸香科花椒属落叶灌木或小乔木。花椒果

实是中国八大调味品之一，具有极高的食用价值，同时

还具有较高的药用价值。花椒具有速生、早实、实用性

强、易栽培、好管理等特点，是山区群众脱贫致富奔小

康的经济树种。同时由于花椒树根系发达，固土能力

强，也是保护水土、防止水土流失的生态树种。花椒是

集经济效益和生态效益于一体的理想造林树种[1-5]。

凤县隶属于陕西省宝鸡市，位于陕西省西南部，地

处秦岭腹地，嘉陵江源头。凤县花椒具有1800多年的

人工栽培历史，由于独特的自然气候条件，所产的大红

袍花椒品质优良闻名全国，堪称花椒之极品，被人们誉

之为“凤椒”。千百年来，“凤椒”以粒大、肉厚、色泽鲜

红、形具似双耳、麻味悠久、清香浓郁而享誉全国，素有

“香飘十里”之美誉，被誉为“花椒之王”。凤县花椒栽

植面积超过 3万 hm2，年产值超过 5亿元，农民来自花

椒产业的人均纯收入达7000余元，占全县农民人均纯

收入的 60%以上。凤县大红袍花椒和凤县先后获“国

家地理标志保护产品”和“中国花椒之乡”等荣誉称

号[6-9]。2018年底，全国气候与气候变化标准化技术委

员会从凤县的气候条件、生态环境条件以及花椒品质

等多个方面综合考虑，评定凤县花椒符合国家气候标

志优质农产品标准，并授予国家气候标志。所以，系统

构建花椒气候条件评价指标，分析凤县花椒生产的主

要气候条件、气象灾害以及气候变化特征，可为当地及

国内其他花椒产区的花椒生产和合理布局提供科学依

据。

1 资料与方法

1.1 资料

陕西省凤县逐日降水量、平均气温、最高气温、最

低气温和日照时数等气候资料来自国家气象信息中

心。利用陕西省凤县 1961—2018年逐日气候资料以

及当地花椒生产的物候期资料[9]，结合花椒生产气候

条件影响评价指标，统计凤县花椒生产各相关评价指

标在适宜和最适范围出现的频率，进行当地花椒生产

的气候条件分析；根据凤县花椒生产的主要气象灾害，

结合花椒灾害气候评价指标，分析当地花椒生产的主

要气象灾害及其变化特征。

1.2 花椒气候影响评估指标的确定

1.2.1 花椒生长气候评价指标 花椒属阳性喜温和树

种，在年平均气温 8~16℃的地方都可栽培，当年平均

气温 10~14℃时，花椒生长发育良好，结实正常，色味

俱佳，成熟充分，可获得较高产量，其中最适的年平均

气温为 11~13℃[10-16]。花椒树耐旱性强，对水分的需求

量并不是很大，年降水量400 mm以上，且分布比较均

匀即可正常生长发育和结实，最适的年降水量为500~

800 mm。如果降水过少，容易发生干旱灾害，造成花

椒落花落果，影响产量；降水过多，土壤过于湿润，不利

于花椒的生长，积水或冲淤造成土壤板结，可使椒树死

亡[17-19]。花椒属于比较喜光的树种，要求年日照时数在

1200 h以上，最适宜的范围为 1500 h以上。充足的日

照，一方面会使紫外线增多，有利于花椒着色，提高品

质；另一方面会使光合产物增多，有利于椒果果肉增

厚，提高产量[20-22]。

花椒的整个生育期主要包括发芽抽稍期、开花坐

果期、果实膨大生长期、果实着色期、果实成熟采收期

和越冬期，花椒的产量和品质与各时期的气候条件密

切相关。其中气温是影响花椒生长发育和品质形成的

重要气候因子，花椒生育期≥0℃积温一般要求在

2000℃∙d以上，最好在 4100~5000℃∙d，其中开花至果

实着色期在 1950℃∙d以上时，生长发育良好，结实正

常，色味俱佳，成熟充分，可获得高产优质。花椒不同

生育期对温度的要求不同，其中在花椒果实膨大生长

期，平均气温 17~20℃最为适宜，低于 15℃或高于 30℃
都会抑制果实的生长；果实着色成熟期是是花椒色泽、

油腺、香气发育积累的过程，影响花椒品质的关键生育

期，一般要求平均气温在 18~24℃，最适宜温度为 22~

24℃，气温日较差应当在 7.8℃以上，最好在 8.5℃以

during fruit coloring period and precipitation from flowering to fruit enlargement were in the suitable range for
more than 75% of the years, of which more than 65% were in the optimum range. Compared with other climate
conditions, the relative humidity from fruit enlargement growth to coloring stage were relatively poor, with
65.5% and 24.1% years in suitable and optimum range respectively. Generally speaking, the climate conditions
in Fengxian county during the growing season of Chinese prickly ash were suitable, which was conducive to the
improvement of yield and quality of Chinese prickly ash. The main climate disasters for production of Chinese
prickly ash in Fengxian county included drought, freezing damage at low temperature and continuous rain. But
these disasters had a mitigating trend from 1961 to 2018.
Keywords: Chinese prickly ash; climate condition; climate disaster; assessement index；Fengxian county
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上[23-26]。花椒生长发育和产量、品质的形成，还与生育

期间的降水密切相关，特别是开花至果实膨大生长期，

花椒处于营养生长和生殖生长的并进期，椒树既要长

叶生枝，又要开花结果，对水分的需求异常敏感。该时

期降水量一般应该在 70~180 mm，最适宜的降水量范

围为 80~150 mm，水分过多或过少都会影响花椒的正

常生长发育和产量形成。相对湿度反映了空气的干湿

状况，对作物的生长发育及收获、病虫害的发生等都有

重要的影响。特别是花椒果实膨大至着色成熟期，是

花椒品质形成的关键时期，空气相对湿度的大小对花

椒品质形成影响很大。空气相对湿度较小 (60%~

70%)，多太阳散射光，有利于芳香油和麻味素的积累；

而如果空气湿度过大(>75%)，降水过多，光照不足，会

造成花椒色泽变淡，品质欠佳[27-30]。表1列出了影响花

椒生长的主要气候指标及其适宜范围。

1.2.2 花椒生长气象灾害指标 凤县花椒生产过程中最

主要的气象灾害有干旱、春季低温冻害和连阴雨。干

旱可造成花椒大量落花、落果，但降水过多又会使花椒

树根系处于无氧呼吸状态而使椒树生长不良甚至死

亡。由于3—7月是凤县花椒的主要生长季节，也是干

旱的多发季，所以用3—7月的干旱日数来评价干旱灾

害。凤县花椒春季冻害发生时间主要在3月下旬—4月

中旬，往往造成花椒嫩芽和花器官冻伤甚至冻死，从而

引起花椒减产，通常可以用日最低气温≤2℃的天数和

极端最低气温作为低温灾害的评价指标[16,31-32]。花椒属

比较耐旱树种，连阴雨天气往往造成土壤过多的积水，

影响根系的透气性，严重时可使椒树死亡，还会引起病

害增多，降低花椒的产量和品质。相关研究表明，花椒

成熟采摘期降水量≥150 mm会造成花椒的成熟延迟，

连续3天以上日降水量≥5 mm会对花椒采摘晾晒产生

影响。所以以花椒成熟采摘期降水量≥150 mm、连续

3天以上日降水量≥5 mm及最长连续降水日数作为连

阴雨灾害的评价指标[19,24]。

2 结果与分析

2.1 气候条件分析

凤县属暖温带半湿润山地气候，常年（1981—2010

年，下同）平均气温 11.7℃，最暖年平均气温为 12.8℃
（2006年），最冷年为10.7℃（1976年、1984年），均处于

花椒种植的适宜温度范围(10~14℃)。1961—2018年，

凤县年平均气温总体呈升高趋势，线性升高速率为

0.21℃/10年；58年中，凤县有 52年平均气温处于花椒

生长发育最适的温度范围11~13℃，占总年数的89.7%

（图1）。

凤县常年平均年降水量 636.7 mm，最多年达

972.4 mm（1981年），最少年只有 400.2 mm（2002年），

最多年是最少年的 2倍多，但均处于花椒生长发育的

适宜年降水量范围。1961—2018年，凤县年降水量有

略微增加的趋势，增加速率为1.62 mm/10年；58年中，

凤县年降水量有 45年处于花椒生长发育最适宜范围

(500~800 mm)，占总年数的77.6%（图2）。

凤县常年日照时数为 1614.3 h，平均每天日照时

间 4.4 h；但年际间变化较大，最多年日照时数有

2076.2 h（1977年），最少年只有 1391.2 h（1989年），最

多年比最少年多将近700 h，但都处于花椒生长发育的

适宜年日照时数范围。1961—2018年，凤县年日照时

数在花椒生长发育最适的日照时数范围(≥1500 h)的

有 51年，占总年数的 87.9%，但有明显的减少趋势，减

少速率达57.5 h/10年（图3）。

凤县花椒生长季≥0℃的活动积温常年平均为

4140.8℃∙d，1992年最少，为3834.1℃∙d，2002年最多，

表1 花椒生长气候适宜性指标及范围

指标

年平均气温/℃
年降水量/mm
年日照时数/h

生长季≥0℃积温/℃·d
开花至果实着色期≥0℃积温/℃·d

果实膨大生长期平均气温/℃
果实着色期平均气温/℃

果实着色期气温日较差/℃
开花至果实膨大生长期降水量/mm
果实膨大至着色期相对湿度/%

适宜范围

10~14
≥400
≥1200
≥2000
≥1900
15~21
18~24
≥7.8

70~180
60~75

最适范围

11~13
500~800
≥1500

4100~5000
≥1950
17~20
22~24
≥8.5

80~150
60~70

10.5

11.0

11.5

12.0

12.5

13.0

19
61

19
66

19
71

19
76

19
81

19
86

19
91

19
96

20
01

20
06

20
11

20
16

年份

气
温
/℃

历年值

1981�2010年平均

线性 (历年值)

图1 1961—2018年凤县年平均气温历年变化

1981—2010年平均
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达 4587.6℃∙d，均处于花椒适宜生长发育的积温范

围。1961—2018年，凤县花椒生长季≥0℃的活动积温

呈显著的增多趋势，增多速率达 54.3℃∙d/10年，其中

有 37年在 4100~5000℃∙d，处于花椒生长发育最适的

积温范围，占总年数的 63.8%，特别是 1997年以来，连

续 22年≥0℃活动积温均处于花椒生长发育的最适范

围（图略）。4月下旬—8月上旬是凤县花椒开花至果

实着色期，该时期凤县≥0℃的活动积温在 2000~

2400℃∙d，常年平均为2215.2℃∙d，均处于花椒生长发

育最适的积温范围内。

5月中旬—6月上旬，凤县花椒处于果实膨大期。

1961—2018年，凤县花椒果实膨大生长期平均气温均

在 16℃以上，其中处于最适温度范围 17~20℃的年份

有51年，占总年数的87.9%，并且该时期凤县平均气温

有略微升高的趋势，对当地的花椒生产有利。果实着

色成熟期是花椒品质形成的关键时期，气温适宜，气温

日较差大，有利于芳香油和麻味素的积累，凤县花椒果

实着色期一般在7月中旬—8月上旬。1961—2018年，

凤县花椒果实着色期平均气温均在18℃以上，其中处

于最适温度范围 22~24℃的年份有 42年，占总年数的

72.4%。凤县花椒着色期气温日较差常年平均为

11.7℃，远超最适的下限范围；1961—2018年，凤县花

椒果实着色期气温日较差 9.3~15.2℃，处于最适的气

温日较差范围内。

4月下旬—6月上旬，凤县花椒处于开花至果实膨

大生长期，该时期凤县常年平均降水量为99.3 mm，处

于最适的降水量范围。1961—2018年，凤县花椒开花

至果实膨大生长期降水量有增多趋势，其中在 70~

180 mm的年份有 45年，占总年数的 77.6%；处于最适

降水量80~150 mm的有39年，占总年数的67.2%。

5月中旬—8月上旬，凤县花椒处于果实膨大至着

色成熟期，该时期相对湿度常年平均为73.8%，较最适

范围(60%~70%)偏高，但也处于适宜范围(60%~75%)

内；1961—2018年，凤县花椒果实膨大至着色成熟期

平均相对湿度有增大的趋势，其中在60%~75%的年份

有38年，占总年数的65.5%。

表2详细列出了1961—2018年凤县花椒气候适宜

性条件的线性变化趋势及不同适宜程度出现年数的百

分率。总体来说，凤县气候条件非常适宜花椒的生长，

大部分指标所有年份均处于适宜范围，其中最适宜的

年份在70%以上。

2.2 灾害性天气气候条件分析

2.2.1 干旱 凤县年平均中旱及以上干旱日数为 45.1

天，主要集中在 3—7月，正好也是花椒的主要生长季

节，其中 5月干旱日数最多，达 7.8天，1月和 2月基本

没有中度及以上干旱发生（图 4）。3—7月，凤县中度

及以上干旱发生日数平均为29.1天，占全年干旱日数
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的 64.5%。4—5月是凤县花椒的需水关键期，同时也

是干旱的多发期，平均每月中度及以上干旱日数在6~

8天，需要积极防范干旱对花椒生产的不利影响。

1961—2018年，凤县3—7月中旱及以上干旱日数

总体呈减少趋势，减少速率为 4.4天/10年。其中干旱

日数最多的年份达 111天（2001年），年干旱日数在 60

天以上的有10年，在30~60天的有14年（图5）。

2.2.2 低温冷冻害 凤县地处秦岭腹地，位于亚热带与

温带的分界线，气温多变，低温冷冻害是影响该地区花

椒生产最主要的气象灾害之一，其中春季低温往往造

成花椒嫩芽和花器官冻伤甚至冻死，从而引起花椒减

产。春季低温冷冻害发生时间主要在 3月下旬—4月

中旬，该时期凤县常年日最低气温≤2℃的日数为 5.4

天，最多年有 12 天（1962 年、1987 年和 1990 年）。

1961—2018年，凤县日最低气温≤2℃的低温日数和极

端最低气温分别有减少和上升的趋势（图 6），减少和

上升速率为 0.54天/10年和 0.36℃/10年，低温日数减

少、极端最低气温上升，低温灾害有减轻的趋势，对当

地的花椒生产有利。

2.2.3 连阴雨 1961—2018年，凤县花椒成熟采摘期降

指标

年平均气温

年降水量

年日照时数

生长季≥0℃积温

开花至果实着色期≥0℃积温

果实膨大生长期平均气温

果实着色期平均气温

果实着色期气温日较差

开花至果实膨大生长期降水量

果实膨大至着色期相对湿度

线性趋势

0.21℃/10年

1.62 mm/10年

57.5 h/10年

54.3℃·d/10年

10.1℃·d/10年

0.04℃/10年

0.11℃/10年

-0.03℃/10年

2.11 mm/10年

0.32%/10年

适宜占比/%

100

100

100

100

100

100

86.2

100

77.6

65.5

最适占比/%

89.7

77.6

87.9

63.8

100

87.9

72.4

100

67.2

24.1

表2 1961—2018年凤县花椒气候适宜性气候条件线性变化趋势及不同适宜程度出现年数占比
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水量≥150 mm的年数有20年，日降水量≥5 mm连续3

天及以上的年数有 21 年，分别占总年数的 34.5%和

36.2%；最长连续降水日数常年平均为 5.3天，最多年

达 14天，最少年只有 2天（图 7）。其中 1981年降水量

最多，达 494.1 mm，远超过 150 mm的标准，最长连续

降水日数达 14天，日降水量≥5 mm连续天数达 8天，

均为历史同期最长，持续连阴雨天气严重影响花椒的

成熟采摘，也对花椒品质造成较大影响。1961—2018

年，凤县花椒成熟采摘期降水量和日降水量≥5 mm持

续日数以及最长连续降水日数均有减少的趋势，说明

连阴雨灾害的风险有降低趋势。

3 结论

（1）凤县气候条件非常适宜花椒的种植。1961—

2018年，凤县所有年份年平均气温、降水量和日照时

数均处于花椒种植的适宜范围，其中年气温和日照时

数分别有89.7%和87.9%的年份为最适范围，降水量有

77.6%的年份处于最适范围。凤县应当根据当地山区

地形地貌复杂多变、海拔高差较大的特点，结合花椒的

生理生态适应性，建立优质花椒生产产业基地，以提高

花椒质量和效益为核心，加强新建椒园管理，进一步提

高凤县花椒的产量和质量。

（2）1961—2018年，凤县花椒生长季≥0℃积温、开

花至果实着色期≥0℃积温、果实膨大生长期平均气温

和果实着色期气温日较差所有年份均处于适宜范围，

其中开花至果实着色期≥0℃积温和果实着色期气温

日较差所有年份均处于最适范围；果实着色期平均气

温和开花至果实膨大生长期降水量也有75%以上的年

份处于适宜范围，其中65%以上年份处于最适范围；果

实膨大至着色期相对湿度条件相对较差，处于适宜和

最适范围的年份分别为65.5%和24.1%。总体来说，花

椒生长季凤县气候条件适宜，有利于花椒产量和品质

的提高，当地应当合理利用和保护农业气候资源，在充

分考虑各地气候资源、气候承载力和生态系统功能的

基础上，优化产业布局，充分挖掘独特的气候优势。

（3）凤县花椒生产过程中主要的气象灾害有干旱、

低温冷冻害和连阴雨等，但是1961—2018年这些灾害

均有减轻的趋势。当地政府应当针对不同的气象灾

害，研究制定科学的防护措施，降低灾害对花椒生产的

不利影响，加强气象灾害的监测、预测和风险评估，提

高花椒生产应对气候变化的能力，实现凤县优质花椒

生产的可持续发展。

4 讨论

花椒是国内重要的特色农产品，具有很高的经济

价值和药用价值。笔者综合大量文献调研，系统构建

了花椒生产的气候生态适宜性评价指标体系，对于国
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内花椒生产和合理布局有重要意义。凤县地处秦岭腹

地、嘉陵江源头，是秦岭绿色屏障的重要组成部分，同

时也是重要的优质花椒产地，分析花椒生产的气候优

势可以为当地花椒生产提供科学依据。

由于凤县长序列气象观测资料只有凤县国家基本

站，自动气象观测站虽然较多，但资料序列长度较短。

笔者只是基于凤县国家基本站一个站点的分析结果，

可以为当地的花椒生产和布局提供参考。但凤县地势

从北向南、自东向西倾斜，山谷台地纵横交错，各地气

候差异较大。为了更好地指导花椒生产，将来可以借

助区域气候模式等更精细化的气候资料，对当地花椒

生产的气候生态适宜性做进一步研究。
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Abstract
Precipitation in southern China during boreal summer (June to August) shows a substantial interdecadal variability on the
timescale longer than 8 years. In this study, based on the analysis of singular value decomposition, we diagnose the leading
mode of interdecadal covariability between the observational precipitation in southern China and the sea surface temperature
(SST) in the Indian Ocean. Results indicate that there exist a remarkable southern China zonal dipole (SCZD) pattern of
interdecadal variability of summer precipitation and an interdecadal Indian Ocean basin mode (ID-IOBM) of SST. It is found
that the SCZD is evidently covaried with the ID-IOBM, which may induce anomalous inter-hemispheric vertical circulation and
atmospheric Kelvin waves. During the warm phase of the ID-IOBM, an enhanced lower-level convergence and upper-level
divergence exist over the tropical Indian Ocean, which is a typical Gill-Matsuno-type response to the SSTwarming. Meanwhile,
the accompanied upper-level outflow anomalies further converge over the Indo-China peninsula, resulting in a lower-level
anticyclone that contributes to reduction of the eastward moisture transport from the Bay of Bengal to the west part of southern
China. In addition, the Kelvin wave-like pattern, as a response of the warm ID-IOBM phase, further induces the lower-level
anticyclonic anomaly over the South China Sea–Philippines. Such an anticyclonic circulation is favorable for more water vapor
transport from the East China Sea into the east part of southern China. Therefore, the joint effects of the anomalous inter-
hemispheric vertical circulation and the Kelvin wave-like pattern associated with the ID-IOBM may eventually play a key role
in generating the SCZD pattern.

1 Introduction

Southern China is one of the most populated agricultural
regions in the world. The economy and the whole society
in general are quite vulnerable to the variability in summer
precipitation. Southern China summer precipitation (SCSP)
exhibits variability on a broad range of timescales. Large

interannual variability often causes precipitation to vary
from year to year (e.g., Fu et al. 2017; Yuan et al. 2017),
while the interdecadal variability always brings about persis-
tent droughts and floods, which have great impacts on the
societal and economic development (Liu et al. 2011).
Thereby, studying the interdecadal variability of SCSP and
understanding the underlying mechanisms are of great
importance.

On the interdecadal timescale, many people have focused
on summer precipitation over eastern and southern China in
the recent two decades (Huang et al. 1999; Huang et al.
2006; Ding et al. 2008; Ding et al. 2009; Huang et al.
2011; Si and Ding 2016; Yang et al. 2017). Previous studies
showed that there are two dominant meridional modes of
interdecadal variability of summer precipitation in eastern
China during the period of 1951–2004 (e.g., Ding et al.
2008; Huang et al. 2011). One is the meridional tripole pat-
tern, with more precipitation over the middle and lower
reaches of the Yangtze River but less precipitation over
South and North China, and the other is the meridional
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dipole pattern, which is usually referred to as the Bsouthern
flooding and northern drought^ pattern (Ding et al. 2008;
Huang et al. 2011; Yang et al. 2017). A further study of
Ding et al. (2009) indicated that these two dominant modes
could be attributed to the combined effects of abrupt increase
in winter–spring snow cover over the Tibetan Plateau since
around 1977 and significant interdecadal warming of SST in
the tropical central and eastern Pacific Ocean that occurred in
the mid-1960s, the late 1970s, and the early 1990s. Since the
middle of the twentieth century, summer precipitation over
eastern China has experienced three decadal variations,
which occurred in the mid and late 1970s, early 1990s, and
late 1990s, respectively (Xu et al. 2015). The abrupt shift of
summer precipitation pattern over eastern China in the late
1970s is associated with the weakening of the East Asian
summer monsoon (Wang 2001; Huang et al. 2006; Huang
et al. 2011). In the early 1990s, summer precipitation over
South China increased remarkably (Kwon et al. 2007; Ding
et al. 2008), which could possibly be caused by the warming
of the tropical Indian Ocean (IO) SST in summer and the
increase in snow cover over the Tibetan Plateau in winter
and spring (Wu et al. 2010). In the late 1990s, the decadal
variation of summer precipitation over eastern China was
probably associated with the shift of the Pacific Decadal
Oscillation (PDO) from positive to negative phase.

The PDO is well known as the leading mode of decadal
variability of Pacific SST (Mantua et al. 1997). Previous stud-
ies have revealed the impacts of the PDO on summer precip-
itation in China (Zhu and Yang 2003; Chan and Zhou 2005;
Zhu et al. 2011; Qian and Zhou 2014; Yu et al. 2015). Qian
and Zhou (2014) found that the drought index in North China
is significantly negatively correlated with the PDO index dur-
ing 1900–2010. Zhu et al. (2011) attributed the increased pre-
cipitation in the Huang-Huai River region and decreased
precipitation in the Yangtze River region in the late 1990s to
the phase shift of the PDO from warm to cold around 1999.
Wu and Mao (2017) found that the wintertime PDO contrib-
uted to the interdecadal variability of South China monsoon
rainfall in early summer via atmospheric and oceanic
teleconnections during 1926–2013. Several recent studies also
showed that the PDO contributed to the decadal variability of
the meridional dipole pattern of summer precipitation in east-
ern China (Si and Ding 2016; Yang et al. 2017).

In addition, SST in the North Atlantic may also affect
precipitation over eastern China on decadal timescale (Lu
et al. 2006; Wang et al. 2009; Si and Ding 2016). The pos-
itive phase of Atlantic Multidecadal Oscillation (AMO) can
lead to strengthened East Asian summer monsoon (Lu et al.
2006; Wang et al. 2009). Li et al. (2008) found that anoma-
lous southerly winds in southeastern China are favorable for
abnormally high precipitation in this region in the positive
phase of AMO. The mid-high-latitude precipitation in east-
ern China is also sensitive to the North Atlantic SST forcing.

The abrupt decrease in North China precipitation in the
1960s was proposed to be connected to the cooling of
extra-tropical North Atlantic Ocean based on an AGCM sim-
ulation (Liu and Chiang 2012). Si and Ding (2016) revealed
that AMOmight lead to the decadal variability of East China
summer precipitation by causing negative (positive) precip-
itation anomalies over the Yangtze River valley (Huanghe-
Huaihe River valley) through a stationary circumglobal
baroclinic wave train. Most of the previous studies by far
have focused on the decadal variability of summer precipi-
tation over the whole southern and eastern China. However,
there has been relatively limited research focusing on pre-
cipitation variability in the west part of southern China (Cao
et al. 2014). Thereby, it is quite important to focus on the
interdecadal variability of precipitation in southern China by
considering the summer precipitation over both the west and
east parts of southern China, and to further discuss the pri-
mary features of the interdecadal variability of summer pre-
cipitation and the associated mechanisms.

Furthermore, AMO and PDO have been regarded as the
two principal drivers for the interdecadal variability of sum-
mer precipitation over East China. However, some studies
also emphasized the role of the IO in the interdecadal variabil-
ity of SCSP (Wu et al. 2010; Zhang et al. 2016). Zhang et al.
(2016) revealed that the South IO SST influenced the
interdecadal changes of the East Asian summer monsoon,
which was featured by a decrease in the late 1970s and an
increase in the early 1990s of SCSP. An interdecadal cooling
in the South IO could trigger anomalous vertical overturning
circulation, which led to abnormal descending motion and a
lower-level anticyclonic anomaly over the South China Sea–
Philippines. Such a pattern of circulation anomaly would re-
sult in additional moist air transport into southern China and
subsequent precipitation increase there. Wu et al. (2010) re-
vealed that the equatorial IO SST had increased since the early
1990s, which led to the development of an anomalous lower-
level anticyclone over the South China Sea and the
Philippines, and as a result, the SCSP increased. So far, the
impacts of PDO and AMO on summer precipitation in eastern
and southern China have been well studied, whereas the im-
pacts of the IO on southern China have been less investigated.
Particularly, little study has been conducted to explore the
characteristic responses of SCSP to the IO SST forcing and
the associated mechanisms behind. Thus, the present study is
focused on the interdecadal variability characteristics of SCSP
and their connections with the IO SST.

The rest of this paper is organized as follows. Section 2
describes the datasets and methods used in this study.
Section 3 investigates the leading mode of the interdecadal
covariability between SCSP and IO SST. Section 4 describes
the possible mechanisms through which SST anomalies in the
IO can be physically connected with SCSP. Finally, the sum-
mary and discussion are presented in Section 5.
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2 Datasets and methods

2.1 Datasets

In this study, 114 years of monthly precipitation data
(1901–2014) are used to examine the interdecadal variabil-
ity of summer (June to August, JJA) precipitation in south-
ern China. The monthly precipitation data include monthly
mean precipitation from the Climatic Research Unit (CRU,
New et al. 2000) with a spatial resolution of 0.5° × 0.5° and
monthly precipitation in China provided by National
Me t e o r o l o g i c a l I n f o rma t i o n Cen t e r o f Ch i n a
Meteorological Administration on a grid of 5° × 5° for the
period of 1901–2014 (NMIC, Li et al. 2012). Monthly
mean sea surface temperature is provided by the Hadley
Centre of the UK Met Office (HadISST, Rayner et al.
2003) for the period of 1847–2014. Monthly mean atmo-
spheric fields are extracted from the NOAA-CIRES twen-
tieth Century Reanalysis products (20CR, Compo et al.
2011) for the period of 1851–2014. The spatial resolutions
of the HadISST datasets and the 20CR datasets are 2° × 2°
and 1° × 1°, respectively. As SST observations in the trop-
ical ocean are very sparse before 1920 (Dai 2013), analyses
of the present study are focused on the period of 1920–
2014.

2.2 Methods

2.2.1 Extracting interdecadal signal

Linear trends are removed first from all the data. Variabilities
on the timescales shorter than 11 years are then filtered out
using the Lanczos filter method (Duchon 1979). The anoma-
lies relative to the climatology for the period of 1920–2014 are
calculated. The anomalous precipitation and SST are normal-
ized before analysis.

2.2.2 Significance tests

The significance test uses the Monte Carlo method (Livezey
and Chen 1983). Considering time series A and B, the orig-
inal time series A is randomly rearranged to obtain a new
time series at each grid point. The correlation between this
new atmospheric time series and time series B is then calcu-
lated. This progress is repeated for 1000 times and a distri-
bution of correlation values at each grid point is finally ob-
tained. The quoted significance level of the correlation be-
tween time series A and B indicates the percentage of ran-
domized correlation coefficients that exceed the value being
tested. The significance of regression coefficient is tested in
the same way.

2.2.3 Singular value decomposition

The singular value decomposition (SVD) method (Bretherton
et al. 1992) is used to identify major linear covariation modes
between interdecadal variability of SCSP and SST anomalies
in the IO. SVD is an algebraic technique to decompose arbi-
trary matrices in orthogonal matrices. It is easy to perform and
requires no user-supplied parameters. To identify statistically
significant modes from random noise, experiments with
Gaussian-distributed random data are repeated 100 times,
and variance contribution rates of the singular values at a
significance level of 95% are obtained via the Monte Carlo
method (Shen and Lau 1995).

3 Interdecadal covariation of SCSPwith IO SST

First of all, the SVD analysis is implemented to reveal the
spatially and temporally covariated mode between
interdecadal SCSP and IO SST. Figure 1 shows the climatol-
ogy and standard deviation of SCSP based on the original
CRU precipitation data. It can be found that climatological
summer precipitation is mainly distributed to the south of
30° N, where there are also relatively high values of standard
deviation. The climatological precipitation gradually de-
creases from south to north, with values ranging between 5
and 10 mm day−1.

For the interdecadal variability, the ratio of the interdecadal
variance to the total variance of summer precipitation
(Fig. 1(b)) is also calculated using spectrum analysis method
(Thomson 1982). The ratio is as high as 40% in the west and
east parts of southern China, which indicates the important
role of the interdecadal variability in these areas. In contrast,
the ratio in the Yangtze River basin is less than 20%, indicat-
ing that the interannual variation of summer precipitation is
probably dominant there. Given the climatology of summer
precipitation and the high ratio of its interdecadal variability to
total variability, the region of southern China over the area
(20° N–30° N, 99° E–120° E) is selected for the present study
(see the black rectangle box in Fig. 2(a)).

In the SVD analysis, the left field is the normalized
interdecadal SCSP, and the right field is the normalized IO
SST anomalies (30° S–25° N, 40° E–105° E). The precipita-
tion and SST are normalized by their area-averaged standard
deviation. Results show that the first pair of SVD modes ex-
ceeds the noise level (not shown) and explains 61.3% of the
total covariance. It is significantly larger than, and separated
from, other SVDmodes. Thereby, analyses will be focused on
the first pair of SVD modes in the following sections.

As shown in Fig. 2(a), the first SVD mode of interdecadal
SCSP displays an apparent zonal dipole pattern, which is
termed as the southern China zonal dipole (SCZD) hereafter.
The positive center with values larger than 0.6 is mainly
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located in the east part of southern China (ESC, 25° N–30° N,
110° E–120° E), and the negative center with values less than
− 0.5 is mainly located in the west part of southern China
(WSC, 25° N–30° N, 99° E–108° E). Thus, the positive phase
of SCZD is characterized by increased (decreased) precipita-
tion anomalies in the ESC (WSC), and vice versa. Such a
spatial pattern is different from the well-known meridional
dipole or tripole pattern in East China (Ding et al. 2008).

The question is, what is the mechanism responsible for the
SCZD?

The associated simultaneous SST field exhibits a basin-
wide monopole pattern in the IO as shown in Fig. 2(b). This
pattern is consistent with that revealed in the study by Dong
et al. (2016), who showed that a basin-wide SST anomaly
pattern was the dominant mode of IO decadal variability.
The basin-wide monopole pattern revealed in the present
study is similar to the conventional Indian Ocean basin mode
(IOBM) defined on the interannual timescale (Yang et al.
2007; Yang et al. 2009; Zhu et al. 2015). Given this resem-
blance, the interdecadal basin-wide mode of Indian Ocean
SST is termed as ID-IOBM. The warm (cold) phase of ID-
IOBM is characterized by the warming (cooling) in the entire
IO.

The correlation coefficient between the time series of
SCZD (Fig. 2(c)) and ID-IOBM (Fig. 2(d)) is 0.79, which is
significant at the 99% confidence level, suggesting that the
interdecadal basin-wide mode in the IO is closely associated
with the SCZD. When the ID-IOBM is in positive phase with
above-normal SST over the entire IO, summer precipitation
tends to be abundant in the ESC and deficient in the WSC.

To further confirm the SVD results, the NMIC data is used
to calculate the average precipitation in the ESC and WSC
(denoted by right and left green rectangle boxes in Fig.
2(a)). The difference between the normalized average precip-
itation in the ESC andWSC is defined as the SCZD index (the
green line in Fig. 2(c)). The correlation coefficient between
the SCZD index and Pre_TS1 is 0.87, which is significant at
the 99% confidence level, indicating that the SCZD mode is
robust in observational precipitation data. Meanwhile, the av-
erage SST anomaly in the IO is also calculated, which is de-
fined as the ID-IOBM index (the black line in Fig. 2(d)). The
correlation coefficient between the ID-IOBM index and the
SST_TS1 is 0.99 (significant at the 99% confidence level).

SCZD index

ID-IOBM index

a

b

c

d

Fig. 2 First leading modes of
SVD for JJA 11-year low-pass
filtered CRU precipitation anom-
alies in southern China (a), SST
anomalies in the IO (b) for the
period of 1925–2009, and nor-
malized time series of first SVD
modes (c, d, bars). The green line
in (c) denotes the SCZD index.
The black line in (d) denotes the
ID-IOBM index. The black rect-
angle box in (a) denotes the re-
gion of southern China. The left
(right) green rectangle box in (a)
denotes the region of west (east)
part of southern China. All plots
were generated using NCL

b

a

(mm day-1)

(%)

Fig. 1 (a) Climatological mean of summer precipitation (shading; mm
day−1) and corresponding standard deviations (contour; mm) based on the
original CRU precipitation data for the period of 1920–2014, and (b) the
ratio of interdecadal variance to total variance of precipitation (%) using
CRU precipitation data. All plots were generated using NCL

J. Liu et al.1298



Moreover, the SCZD index and ID-IOBM index are signifi-
cantly correlated with the correlation coefficient of 0.69.
Hereafter, these two indices are used for further analyses.

Previous studies have demonstrated that the interdecadal
variation of precipitation is always accompanied by atmo-
spheric circulation variability (Zhu 2011; Xu et al. 2015).
Therefore, summer atmospheric circulation patterns associat-
ed with the SCZD index are examined in the present study,
and the upper-level and lower-level circulation patterns asso-
ciated with the ID-IOBM index are investigated to verify the
interdecadal connection between the SCZD and ID-IOBM.

The lower-level circulation anomalies associated with the
SCZD index and the ID-IOBM index are shown in Fig. 3(c,
d), respectively. In Fig. 3c, easterly wind anomalies prevail
over the entire tropical IO and the Maritime Continent area,
while an anomalous anticyclone exists over the Indo-China
peninsula. At the west flank of the anticyclone are the signif-
icant easterlies, which may suppress moisture transport from
the Bay of Bengal (BOB) to southern China. Figure 3(c) also
shows a Pacific–Japan (PJ) wave-like pattern over East Asia.
Moreover, an obvious anticyclonic anomaly is located over
the tropical western North Pacific Ocean. To the north of the
anticyclonic anomaly, there is a cyclonic anomaly appearing
over southeastern China, which is favorable for the enhanced
moisture transport from the East China Sea to southern China.
Such a wave-like pattern resembles the PJ pattern initially
defined on the interannual or intraseasonal timescales (Nitta
1987; Huang and Sun 1992). A recent study revealed that the
interdecadal PJ pattern could be driven by negative convective
heating anomalies over the tropical western North Pacific (Wu
et al. 2016). They showed that the anomalous meridional cir-
culation centers are distributed along 120° E, which was con-
sistent with the result in the present study. Figure 3(d) shows
that the PJ-like pattern is also visible over East Asia in the
lower-level circulation anomalies associated with the ID-
IOBM, indicating that such a circulation pattern is likely in-
duced by the latter. The link between the PJ-like pattern and
the ID-IOBM will be further discussed in Section 4.

The stream function pattern regressed against the SCZD
index at 200 hPa is shown in Fig. 3(a). Themost distinct signal
in this field is the wave-like pattern along the Asian Westerly
Jet Stream (AWJS), where two positive centers are located
over west-central Asia and East China, respectively, and one
negative center is located over Northwest China. Kuang et al.
(2007) argued that the AWJS could act as the waveguide, and
the Rossby wave energy propagated along the waveguide to
downstream regions (Ambrizzi et al. 1995). The positive cen-
ter over eastern China is favorable for upper-level divergence
and accompanying ascending motion. Considering the upper-
level circulation anomalies associated with the ID-IOBM, the
most significant feature is the Rossby wave-like pattern along
the AWJS at 200 hPa (Fig. 3(b)), which is similar to the wave-
like pattern shown in Fig. 3(a). To verify this, we calculate the

spatial correlation coefficient between regressed 200-hPa
stream function patterns against the SCZD index and the ID-
IOBM index, which is 0.92. Meanwhile, the spatial correla-
tion coefficient between regressed 850-hPa wind patterns
against the two indices reaches 0.93 (see Table 1), which val-
idate the hypothesis to some degree that the ID-IOBMmay be
the main factor that leads to the SCZD.

In summary, the lower-level anomalous anticyclone over
Indo-China peninsula may have an impact on the SCZD via
suppressing the moisture transport from the BOB to southern
China. Moreover, the anomalous cyclone over eastern China
is favorable for more westward moist air transport from the
ocean into southern China. Indeed, such lower-level circula-
tion anomalies are closely connected with the ID-IOBM.

4 Possible mechanisms of interdecadal
covariability between SCSP and IO SST

To further investigate the possible influence of the ID-IOBM on
the SCZD and associated physical processes, regression and cor-
relation analyses are performed in the present study. The results
are shown in terms of a positive phase of the SCZD and a warm
phase of the ID-IOBM, which also apply to a negative phase of
SCZD and a cold phase of the ID-IOBM.

Figure 4(a) shows the regressed pattern of SST anomalies
and wind anomalies at 850 hPa against the ID-IOBM index. It
is clear that the entire IO experiences an apparent warming in
the warm phase of the ID-IOBM. According to the study of
Xie et al. (2009), such a warming pattern tends to trigger a
Kelvin wave-like pattern, which subsequently induces north-
easterly surface wind anomalies. The resultant subtropical di-
vergence and suppressed deep convection favor to form an
anomalous anticyclonic pattern in the northwest Pacific. In
Fig. 4(a), it can be seen that an anomalous anticyclone is lo-
cated over the South China Sea and to the east of the
Philippines. To the north of the anticyclone, there is an anom-
alous cyclonic pattern appearing over southeastern China. To
verify the existence of such a PJ-like pattern, we calculate the
wave activity fluxes (Takaya and Nakamura 1997) associated
with the ID-IOBM index for the lower troposphere. It is found
in Fig. 4(b) that the poleward energy transport from the sub-
tropical northwestern Pacific to East Asia is evident at 850 hPa,
which is a typical property of the conventional PJ pattern,
consistent with the results showed by Wu et al. (2016). To
investigate the mechanism responsible for the PJ-like pattern,
we show precipitation anomalies associated with the ID-IOBM
in Fig. 4(c). As noted by Kosaka and Nakamura (2006), the
anomalous convective heating to the east of the Philippines
would induce the conventional PJ pattern, where the perturba-
tion associated with the convective heating is able to propagate
into the mid-latitudes in the form of Rossby waves in the
lower troposphere. As shown in Fig. 4(c), a suppressed
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heating pattern that corresponds to the negative precipitation
anomalies is located to the east of the Philippines, which may
contribute to generation of the PJ-like pattern through the pole-
ward propagation of perturbation as Rossby waves.
Meanwhile, as we can see in Fig. 4(c), an enhanced precipita-
tion center is located over southeastern China, which is prob-
ably associated with the abnormal cyclone center of the PJ-like
pattern. Such a cyclonic circulation contributes to the increased
westward moisture transport and subsequent moisture conver-
gence in the east part of southern China. Therefore,
the PJ-like pattern might be connected with the ID-IOBM
through its Kelvin wave-like response pattern. Evidently, the

cyclonic anomaly over southeastern China associated with the
PJ-like pattern is favorable for higher than normal moisture
transport into southern China.

Furthermore, Fig. 5 shows the regressed divergent wind
and velocity potential against the SCZD index and the ID-
IOBM index. Anomalous easterlies associated with the
Kelvin wave are found over the entire tropical IO and the
Maritime Continent region. The anomalous easterlies and
northeasterlies from the BOB converge at the central tropical
IO. A notable lower-level convergence and upper-level diver-
gence in association with the ID-IOBM can be found over the
central tropical IO (Fig. 5(b, d)). At the upper levels, outflows

a

c

b

d

Fig. 3 Stream function (shading; 106 m2 s−1) at 200 hPa regressed against
the SCZD index and the ID-IOBM index (a, b), and stream function
(shading; 106 m2 s−1) and wind field (vectors; m s−1) anomalies at
850 hPa in JJA (c, d). Purple contours in (a) and (b) denote the

climatological means of 20 and 25 m s−1 zonal wind isoline at 200 hPa.
Black dots denote areas significant at the 95% confidence level. All plots
were generated using NCL

Table 1 Spatial correlations
between the patterns regressed
against the SCZD index and the
ID-IOBM index, respectively

200 hPa
divergent
wind

200 hPa
stream
function

850 hPa
divergent
wind

850 hPa
stream
function

850 hPa
wind

Water vapor flux/
corresponding diver-
gence

0.85 0.92 0.84 0.71 0.93 0.80/0.82
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from the central tropical IO converge over the Indo-China
peninsula, corresponding to a regional descending motion.
Accompanying with such a descending motion, an anomalous
anticyclone appears at 850 hPa over the Indo-China peninsula
while abnormal easterlies occur in the northern BOB, both of
which behave to decrease the moisture transport from the
BOB to southern China (Fig. 3(c, d)). Thus, such an inter-
hemispheric anomalous vertical circulation emerging between
the central tropical IO and the Indo-China peninsula is likely
responsible for forming the SCZD by reducing the moisture
transport from the BOB to the west part of southern China.
Figure 5 shows that the regressed divergent wind patterns
associated with the ID-IOBM index exhibit patterns that are
highly similar to those associated with the SCZD index. The
spatial correlation coefficient between the divergent wind pat-
terns regressed against the ID-IOBM index and the SCZD
index is 0.85 at 200 hPa. Meanwhile, the spatial correlation
coefficient between the divergent wind patterns regressed
against the two indices is 0.84 at 850 hPa (see Table 1),

indicating that the anomalous inter-hemispheric vertical circu-
lation induced by the ID-IOBM in its warm phase may be an
important factor that leads to the SCZD pattern.

To further verify the linkage between the inter-hemispheric
vertical circulation and the lower-level PJ-like pattern on the
SCZD, Fig. 6 shows the vertical and zonal wind patterns as-
sociated with the SCZD index and the ID-IOBM index, re-
spectively. The descending motions over the west part of
southern China are associated with the vertical circulation,
which corresponds to the lower-level moisture divergence.
Such a divergence is in favor of decreased precipitation in
the west part of southern China. Meanwhile, the ascending
motions over the east part of southern China are associated
with the PJ-like pattern, which contributes to the increased
precipitation there.

Figure 7 further gives patterns of the vertically integrated
moisture flux anomaly and its divergence regressed against
the two indices, respectively. We can see that the convergence
is centered over the ESC and the divergence over the WSC.

C

C

A

A

a b

c

Fig. 4 (a) Regressions of SST anomalies (shading; °C) and wind
anomalies (vectors; m s−1) against the ID-IOBM index at 850 hPa in
JJA for the period of 1925–2009. (b) Same as (a) but for stream function
(shading; 10−6 m2 s−1) and wave activity flux (vectors; 10−6 m2 s−2). (c)

Same as (a) but for precipitation (shading; 10−2 Pa s−1). Black dots denote
areas significant at the 95% confidence level. The rectangular box indi-
cates southern China. BA^ and BC^ denote anticyclone and cyclone,
respectively. All plots were generated using NCL
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Both the anomalous descending motion and corresponding
lower-level divergence contribute to a decreased transport of
moisture into the WSC and thus are unfavorable for precipi-
tation there. The enhanced moisture flux from the East China
Sea can transport additional moisture into the ESC and is
favorable for precipitation increase there. The spatial correla-
tion coefficients between the vertically integrated moisture
flux and its divergence patterns regressed against the two in-
dices are 0.80 and 0.82, respectively, indicating that the SCZD
is well covariated with the ID-IOBM.

The SCZD is significantly related to the ID-IOBM through
two ways: the inter-hemispheric vertical circulation and the

lower-level Kevin wave-like pattern. The divergence at lower
level associated with the descending branch of the vertical
circulation could impact the SCZD through reducing the
moisture transport into the WSC. The lower-level Kelvin
wave-like pattern could mainly impact on the SCZD through
enhancing the moisture supply to the ESC.

5 Summary and discussion

In this study, we focus on diagnosing the leading mode of the
interdecadal covariability between the SCSP and the IO SST

a b

c d

Fig. 5 Regressed divergent winds (vectors; m s−1) and velocity potentials
(shading; 106 m2 s−1) at 200 hPa (a, b) and 850 hPa (c, d) against
the SCZD index (a, c) and the ID-IOBM index (b, d). The rectangular

box indicates southern China. Black dots denote areas significant at the
95% confidence level. All plots were generated using NCL
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through conducting the SVD analysis of the precipitation and
SST data. We found a remarkable zonal dipole mode of
interdecadal SCSP termed the SCZD, and an ID-IOBM.
This leading mode, as represented by the first pair of SVD
modes derived from 11-year low-frequency-pass filtered sum-
mer precipitation and simultaneous SST anomalies, had an
increased (decreased) precipitation in the ESC (WSC) and a
basin-wide warming in the IO. Our diagnosis results showed
that the SCZD had a positive covariation with the ID-IOBM in
summer and the dynamical processes linking the SCZD to the
ID-IOBM were then examined.

Figure 8 shows the schematic diagram of the physical pic-
ture of the key anomalous circulation patterns associated with
the SCZD in response to the ID-IOBM. The SCZD is related
to the ID-IOBM which may induce the anomalous inter-
hemispheric vertical circulation and the Kelvin wave-like pat-
tern. During the warm phase of the ID-IOBM, an enhanced
lower-level convergence and upper-level divergence occur
over the tropical IO, which is a typical Gill-Matsuno-type
response to the warm phase of the ID-IOBM. The correspond-
ing upper-level outflow anomalies from the tropical IO con-
verge over the Indo-China peninsula, corresponding to a

ba

(100kg m  s )

Fig. 7 Regression of vertically integrated (from the surface to 300 hPa)
water vapor flux (vector; 100 kg m−1 s−1) against the SCZD index (a) and
the ID-IOBM index (b), and corresponding divergence in JJA

(shading; 100 kg m−2 s−1 dots indicate areas significant at the 95% con-
fidence level). The rectangular box indicates southern China. All plots
were generated using NCL

a b

Fig. 6 Patterns of vertical velocity (hPa day−1) and zonal wind (m s−1) averaged between 25° N and 30° N regressed against the SCZD index (a) and the
ID-IOBM index (b) (shading indicates the areas significant at the 90% confidence level). All plots were generated using NCL
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lower-level anomalous anticyclone that contributes to the re-
duction of the eastward moisture transport from the BOB into
the west part of southern China. Meanwhile, the ID-IOBM in
its warm phase tends to form the Kelvin wave-like pattern
over the equatorial western Pacific, which acts to induce
northeasterly surface wind anomalies. The resultant subtropi-
cal divergence and suppressed deep convection lead to an
anomalous anticyclonic pattern to the east of the Philippines.
The anomalous anticyclone in turn tends to suppress the pre-
cipitation, where such a suppressed pattern to the east of the
Philippines can further lead to the PJ-like pattern. Meanwhile,
the enhanced precipitation center is located over southeastern
China, which is probably associated with the anomalous cy-
clone center of the PJ-like pattern. Such a cyclone contributes
to the increased westward moisture transport which converges
into the east part of southern China. Therefore, the above-
normal moisture transport associated with the Kevin wave-
like pattern is favorable for the increased precipitation in the
east part of southern China. Besides, the suppressed moisture
transport associated with the inter-hemispheric vertical circu-
lation in the west part of southern China brings about the
decreased precipitation there. The joint effects of the anoma-
lous inter-hemispheric vertical circulation and the Kevin
wave-like pattern associated with the ID-IOBM may eventu-
ally lead to the formation of the SCZD pattern.

It is well-known that some mid-high-latitude circulation
factors can influence the SCSP. Figure 3(a) shows clearly that
a Rossby wave-like pattern exists over the middle latitudes,
which may have impacts on the SCZD through an upper-level
divergence and an anomalous ascending motion over south-
eastern China. The active centers of the wave-like pattern are
the same as the interdecadal circumglobal teleconnection pat-
tern over the Asian continent, which is linked to the AMO (Lin

et al. 2016). Thus, the mechanisms for such a wave-like pat-
tern may be related to upstream factors, which are beyond the
scope of this study and would be considered in the future.

In Fig. 2(c), it is interesting to note that the positive phase
of SCZD has become active after the 2000s, which may indi-
cate that summer precipitation in the WSC tends to become
subnormal during the 2000s. This is consistent with the fact
that frequency of severe droughts increased in Southwest
China in the last decade. Record-breaking droughts hit
Southwest China in the summer of 2006 (Peng et al. 2007),
the autumn of 2009 (Wang et al. 2015) and the late summer of
2011 (Wang et al. 2015). Thus, this study will help us improve
our understanding of the interdecadal modulation of severe
droughts in Southwest China.

Although the possible impacts of ID-IOBM on the
interdecadal variability of SCSP have been revealed in this
diagnostic paper, the corresponding mechanisms of such an
interdecadal covariability still need to be further verified by
numerical experiments, which will be addressed in future study.
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ABSTRACT Summer precipitation in the northern China monsoon region (NCMR; 35°–55°N, 108°–135°E) shows
significant intraseasonal variability. The early-summer (June) and late-summer (July–August) precipitation patterns
show clear differences in their formation mechanisms and the systems that affect them. We used empirical orthogonal
function (EOF) analysis to investigate the two leading modes of July–August precipitation over the NCMR and their
associated atmospheric circulation anomalies using linear regression. The results show that the first (EOF1) and
second (EOF2) modes correspond to a pan-NCMR precipitation variation pattern and a precipitation oscillation
pattern between North China (NC) and Northeast China (NEC), respectively. These two modes account for 22.1%
and 10.1% of the total variance, respectively. The associated principal components (PCs) both have significant inter-
annual variability with a period of 2–4 years. In addition, PC1 has significant interdecadal variability with a period of
20–30 years. Further analysis suggests that EOF1 and EOF2 clearly have a different relationship with the summer
monsoon circulation system. In the positive phase of PC1, the East Asian subtropical westerly jet stream (EAWJS)
shows a northward trend with higher intensity than normal the blocking high at mid- to high latitudes is inactive;
and the western Pacific subtropical high (WPSH) is located to the north of its normal position. The NCMR is con-
trolled by stronger southerly winds, which cause the convergence of water vapour, favouring more precipitation
in this region and vice versa. In the positive phase of PC2, the EAWJS swings to the south of Lake Baikal. Significant
positive height anomalies exist from western NC to NEC. Significant negative height anomalies occur to the subtro-
pical northwestern Pacific. This indicates that the cold vortex in Northeast China is inactive, the WPSH tends to be
weaker and located to the south of its normal position, and NEC (NC) is dominated by anomalous northeasterly
(southeasterly) winds. The convergence (divergence) of water vapour in NC (NEC) favours more (less) precipitation
in NC (NEC) and vice versa. Therefore, EOF1 is related to the large-scale circulation anomalies over East Asia and
the northwest Pacific in July and August, whereas EOF2 is more closely related to the anomalies in the regional cir-
culation over the NCMR and the subtropical northwestern Pacific.

RÉSUMÉ [Traduit par la rédaction] Les précipitations estivales qui tombent sur la région de mousson du nord de
la Chine (35° à 55° N, 108° à 135° E) présentent une variabilité intrasaisonnière notable. Les régimes de précipi-
tations du début (juin) et de la fin (juillet-août) de l’été montrent de nettes différences quant à leurs mécanismes de
formation et aux systèmes qui les régissent. Nous appliquons des fonctions orthogonales empiriques (FOE) pour
analyser les deux principaux modes de précipitations en juillet-août dans la région de mousson et étudions les
anomalies de circulation atmosphérique connexes à l’aide de régression linéaire. Les résultats indiquent que
les premier (FOE 1) et deuxième (FOE 2) modes correspondent respectivement à des variations des précipitations
régionales et à une oscillation dans les précipitations entre le nord de la Chine et le nord-est de la Chine. Ces deux
modes expliquent respectivement 22,1% et 10,1% de la variance totale. Les composantes principales associées pré-
sentent toutes deux une variabilité d’une période de 2 à 4 ans. De plus, la première composante principale montre
une variabilité notable d’une période de 20 à 30 ans. Une analyse poussée laisse penser que les fonctions 1 et 2
possèdent avec le système de circulation de la mousson d’été une relation qui diffère nettement. Dans la phase posi-
tive de la 1re composante principale, le courant-jet subtropical d’ouest révèle sur l’Asie orientale une tendance vers
le nord et une intensité supérieure à la normale, le régime de blocage anticyclonique dans les latitudes moyennes à
hautes est inactif et l’anticyclone subtropical du Pacifique Ouest se situe au nord de sa position normale. La région
de mousson est sous l’influence de forts vents du sud qui causent une convergence de la vapeur d’eau et favorisent
une augmentation des précipitations dans cette région et vice versa. Dans la phase positive de la 2e composante, le
courant-jet se déplace vers le sud du lac Baïkal. Il existe des anomalies positives de hauteur notables, du nord-ouest
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au nord-est de la Chine. Des anomalies négatives de hauteur notables se produisent dans le nord-ouest du Paci-
fique subtropical. Cette situation indique que le vortex froid dans le nord-est de la Chine est inactif, que l’anticy-
clone subtropical du Pacifique Ouest est de moindre intensité et se situe au sud de sa position normale, et que des
vents anormaux du nord-est (du sud-est) dominent sur le nord-est (nord) de la Chine. La convergence (divergence)
de la vapeur d’eau sur le nord (nord-est) de la Chine favorise (défavorise) les précipitations dans le nord (nord-est)
de la Chine et vice versa. Par conséquent, la 1re FOE est liée aux anomalies de circulation à grande échelle sur
l’Asie orientale et le Pacifique du Nord-Ouest en juillet et août, tandis que la 2e FOE est plus étroitement associée
aux anomalies de la circulation régionale sur la région de mousson du nord de la Chine et le Pacifique du Nord-
Ouest subtropical.

KEYWORDS North China; Northeast China; atmospheric circulation; East Asia summer monsoon; precipitation

1 Introduction

The northern China monsoon region (NCMR) includes both
North China (NC) and Northeast China (NEC). Because of
its location on the northern edge of the East Asian summer
monsoon (EASM) region, the weather and climate in this
region are affected not only by the tropical and subtropical
monsoon circulation systems but also mid- to high-latitude cir-
culations and the polar climate system, which results in con-
siderable variability in the climate (Shi and Zhu, 1996; Lian
et al., 2003; Gao et al., 2014). The EASM has large interannual
variability that causes severe climate events, such as summer
floods and droughts, in the NCMR (Zhang et al., 2003b; Li
and Zeng, 2005; Guo and Zhang, 2016). The frequency of
droughts and floods has increased significantly in the
NCMR since the late 1970s as a result of global climate
change (Sun et al., 2000; Lu, 2002), causing great losses in
the local area. The excessively heavy rainfall in the Songhua-
jiang–Nenjiang river valley in 1998 (Li, 1999; Zhang et al.,
2003a), heavy rainfall over the Beijing area in July 2012
(Sun et al., 2013), and torrential rainfall in July 2016 in NC
(Quan and He, 2016) all caused enormous amounts of
damage. The accurate prediction of drought and flood
anomalies is, therefore, important for agricultural production
and disaster prevention and mitigation. Also, studying the
mechanism of precipitation anomalies over the NCMR
under the effects of global warming is of great scientific value.
In many previous studies, the NCMR was divided into NC

and NEC when analyzing summer rainfall in this region. Li
(1992) reported that precipitation in NC has an interannual
variability with a period of 2–4 years and an interdecadal
variability with a period of 16 years, and the interannual varia-
bility is closely related to the quasi-biennial oscillation in the
equatorial stratosphere at 30–50 hPa. Lu (2002) showed that
interdecadal and interannual time scales are dominant in the
rainfall over NC during the rainy season. These studies also
analyzed the associated atmospheric circulation anomalies
on different time scales. Some previous studies have shown
that the western Pacific subtropical high (WPSH), the blocking
high, the East Asian westerly jet stream (EAWJS), the conti-
nental subtropical high, and the EASM have important roles
in the interannual variability of summer rainfall in NC
(Zhang et al., 2003b; Huang et al., 2008; Dong et al., 2017;
Zhao et al., 2018). For example, Zhang et al. (2003a)
showed that more precipitation occurs over NC when the

Okhotsk blocking high is inactive, the EASM is strong, and
the WPSH is located to the north of its normal position and
vice versa. The south–north location of the EAWJS is con-
sidered to be closely related to precipitation over NC
(Zhang, 2005).

The trend of increasing drought events in NC has been
noticeable since the late 1970s (Huang et al., 1999; Li et al.,
2003; Chen et al., 2004; Ma and Fu, 2006; Guo et al.,
2012). Huang et al. (1999) considered that decreased precipi-
tation over NC is related to warming of the sea surface temp-
erature in the middle and eastern equatorial Pacific. Chen et al.
(2004) indicated that decreased summer precipitation over NC
since the 1970s is closely related to warming of the Indian
Ocean. Other studies have suggested that decreased summer
precipitation over NC is closely related to weakening of the
EASM (Dai et al., 2003; Ding et al., 2008). Lin et al. (2017)
showed that the impact of the Indian early summer monsoon
on precipitation over NC has weakened since the late 1970s.
The precipitation over NC is closely related to the Pacific
Decadal Oscillation on an interdecadal time scale. Ma
(2007) noted that drought events in NC always corresponded
to the warm phase of the Pacific Decadal Oscillation after the
mid- to late 1970s. Feng et al. (2014) showed that the different
El Niño–EASM relationships are caused by the influence of
the Pacific Decadal Oscillation on the decaying speed of El
Niño. Based on the interannual and interdecadal variability
of summer precipitation over NC, Guo et al. (2012) estab-
lished a time scale decomposition statistical downscaling
model to predict precipitation over NC, and the results
showed that the forecast improved.

The location of NEC is at the northern margin of the EASM
region. Summer precipitation over NEC is affected by mul-
tiple factors including the high-latitude blocking high (Yao
and Dong, 2000; Feng et al., 2013), the EASM (Shi and
Zhu, 1996; Lian et al., 2003), the NEC cold vortex (NECV;
He et al., 2007; Zhao et al., 2015), and the WPSH (Sun
et al., 2000; Shen et al., 2011). In addition, abnormalities in
these factors affect the establishment time and northward
speed of the EASM, causing it to be early or late and strong
or weak, resulting in more or less precipitation in NEC
(Lian et al., 2003; Sun et al., 2017). He et al. (2007) found
that the NECV is an important weather system at mid- and
high latitudes in East Asia. Frequent NECV activity has a sig-
nificant “climate effect” that influences not only the weather
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and climate in NEC but also the Meiyu rainfall in East Asia.
Summer precipitation over NEC has obvious interannual and
interdecadal variabilities (Sun et al., 2000). The variation of
summer precipitation over NEC during 1909–1997 shows sig-
nificant cycles of 2–4, 11, and 22 years. Gong et al. (2005)
investigated the causes and development of the interannual
and interdecadal variabilities of summer precipitation over
NEC. They suggested that the stronger the EASM, the more
precipitation there is over NEC at both interdecadal and inter-
annual time scales. Summer precipitation over NEC decreased
significantly from the 1960s to the early 1980s on an interde-
cadal time scale then began to increase until the end of the
twentieth century. The Pacific Decadal Oscillation has a mod-
ulating effect on this decadal variation in precipitation and the
associated circulation (Zhu and Yang, 2003).
There are also obvious intraseasonal characteristics of

summer precipitation over NEC. The precipitation anomalies
over NEC in early and late summer are affected by different
circulation systems. Early-summer precipitation is mainly
influenced by the activity of the NECV, whereas precipitation
in late summer is mainly influenced by the EAWJS, the
WPSH, the southerly wind over NEC, and the mid-latitude
blocking high over northeast Asia (Shen et al., 2011; Sun
et al., 2017; Zhao et al., 2018).
Previous studies on precipitation over the NCMR have

looked at NC and NEC separately. However, the major circu-
lation systems affecting summer precipitation over those two
regions are very similar. Most of the earlier studies did not
consider the intraseasonal variation in summer precipitation
over the NCMR. Shen et al. (2011) and Zhao et al. (2018)
showed that precipitation over NC and NEC has significant
intraseasonal characteristics and that the circulation systems

are clearly different in June and July–August. Precipitation
over the NCMR is concentrated mainly in the July–August
period. Therefore, based on previous studies, this study
aimed to investigate the major modes of July–August precipi-
tation over the NCMR and to determine the differences and
similarities between the associated circulation anomalies.

The remainder of the paper is organized as follows.
Section 2 introduces the data and methods, and Section 3
presents the major modes of July–August precipitation
over the NCMR. Section 4 explores the circulation
systems affecting the two major modes. Section 5 focuses
on the differences between the atmospheric circulations
associated with the first empirical orthogonal function
mode (EOF1) and the second EOF mode (EOF2). Section
6 provides a summary and discussion.

2 Data and methodology
a Data
The main datasets used in this study are the following.

. Monthly average precipitation data for 160 stations from the
China Meteorological Administration for the 1951–2017
period. A total of 46 stations are located in the NCMR
(35°–55°N, 108°–135°E; Fig. 1).

. Monthly mean atmospheric reanalysis data from the
National Centers for Environmental Prediction/National
Center for Atmospheric Research for 1951−2017 (Kalnay
et al., 1996), with a horizontal resolution of 2.5° × 2.5°.
The variables include monthly geopotential height (h), hori-
zontal wind (u, v), and specific humidity.

. The EASM index is defined as the area-averaged 850 hPa
meridional wind (V850) within and area bounded by 20°–

Fig. 1 Spatial distribution of the 46 stations over the northern China monsoon region (NCMR).
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40°N and 110°–125°E (Huijun, 2002). The area index, inten-
sity index, westward-extending ridge index, and ridge line
index of the WPSH are from the National Climate Center of
the China Meteorological Administration.

b Methodology
This study investigated the major modes of July–August pre-
cipitation over the NCMR using EOF analysis (Jolliffe, 2003),
which is a statistical method for meteorological elements. The
basic principle is the decomposition of spatially varying
meteorological element fields into space function and time
function parts (Wei, 2007). The power spectrum method is
used to analyze the period of the first two EOF modes of
July–August precipitation over the NCMR from 1951 to
2017. Correlation analysis and linear regression analysis are
used to show relationships between the atmospheric circula-
tion, water vapour transport, and July–August precipitation
over the NCMR. We used a Student’s t-test to check the sig-
nificance of the correlation and regression analyses.

3 Two major modes of July–August precipitation over
the NCMR

Before studying the major modes, the climatic characteristics
of monthly precipitation over the NCMR from June to
August are analyzed. In June, the precipitation in most areas
is less than 80 mm, except for the southeastern part of NEC
(Fig. 2a), and the average precipitation is only 69.7 mm.
However, the spatial distribution of the precipitation in July
is significantly different from that in June. The precipitation
over almost the entire region is greater than 100 mm, and
the average precipitation is 125.4 mm, which is nearly twice
that in June. Furthermore, the precipitation centre, where pre-
cipitation exceeds 120 mm, covers a large area from NC to
NEC (Fig. 2b). This pattern of the spatial distribution of pre-
cipitation in July may be a result of the seasonal northward
shift of the EASM and other circulation systems. The spatial
characteristics of precipitation in August are similar to those
in July. And precipitation in August is larger than in June
and smaller than in July (Fig. 2c). The July–August precipi-
tation in the NCMR accounts for more than 70% of the total
annual summer precipitation (Fig. 2e). The standard devi-
ations of precipitation in most areas in the July–August
period is more than 30 mm (Fig. 2f), which indicates that
the precipitation in the July–August period in the NCMR is
not only plentiful but also has large interannual variations.
The PC variation characteristics of the major modes can be

obtained through EOF analysis of the July–August precipitation
over the NCMR during the 1951–2017 period. To reflect the
spatial patterns of July–August precipitation relative to climatol-
ogy, the EOF analysis does not use monthly precipitation fields
directly but rather uses the monthly precipitation anomaly per-
centage fields. The first two leading EOF modes account for
22.1% and 10.1% of the total variance, respectively. The

cumulative explanatory variance of the first 10 modes is
71.2%, which shows that the convergence of the EOF analysis
is very slow, reflecting the diversity and complexity of the
spatial patterns of July–August precipitation over the NCMR.

The first two leading modes and corresponding normalized
principal components (PCs) are shown in Fig. 3. A pan-
NCMR precipitation variation pattern is shown by EOF1
(Fig. 3a), and the associated PC1 has significant interannual
variability with a period of 2–4 years and interdecadal varia-
bility with a 25-year period through power spectrum analysis
(Fig. 4a). Before the 1980s, PC1 has a positive phase and turns
to a clearly negative phase from the start of the twenty-first
century, which is consistent with the interdecadal variations
in the intensity of the EASM (Zhang et al., 2003b; Ding
et al., 2008). A precipitation oscillation pattern between NC
and NEC is described by EOF2 (Fig. 3b), and the associated
PC2 also has a clear period of 2–4 years (Fig. 4b).

4 Atmospheric circulation anomalies associated with
the two major modes of the NCMR July–August
precipitation

We asked the following questions. Are these two leading EOF
modes physically meaningful? How are they associated with
the low, middle, and high atmospheric circulations and
water vapour transport anomalies? What are the physically
consequential impact factors for each PC? These questions
are addressed for each mode in the following sections.

a Atmospheric Circulation and Water Vapour Transport
Anomalies Associated with EOF1
Figure 5 shows the atmospheric circulation anomalies associ-
ated with EOF1. As a representative of the upper atmosphere
circulation, the 200 hPa U wind fields clearly reflect the
EAWJS anomalies. Figure 5a shows that positive anomalous
westerly winds occur over NC and NEC, and the anomalous
centre lies in the northern part of the NCMR. By contrast,
negative anomalies are present in southern East Asia (25°–
35°N, 80°–140°E) with the centre located between the lower
reaches of the Yangtze River and the islands of Japan. This
indicates that the position of the EAWJS is farther north
than normal in the positive phase of PC1. To quantitatively
describe the interannual relationship between the position
and intensity of the EAWJS and PC1, the position index of
the EAWJS is defined as the regional average (100°–140°E)
latitude where the 200 hPa U wind speed is at a maximum,
and the intensity index of the EAWJS is defined as the regional
average (100°–140°E) U wind speed (Zhao et al., 2018). The
position index can be used to measure the position of the
EAWJS axis. The correlation coefficients between PC1 and
the position index and between PC1 and the intensity index
of the EAWJS are 0.25 and 0.13 (Table 1), respectively.
Therefore, EOF1 corresponds well with the strength and
location of the EAWJS. The key region of westerly winds is
over eastern Inner Mongolia. The westerly intensity index
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over eastern Inner Mongolia (EIMW) is defined as the average
U wind over 40°–50°N, 110°–130°E. The correlation coeffi-
cient between the EIMW index and PC1 is 0.76 (>99.9% con-
fidence level). This implies that the interannual impact of the
EIMW on the EOF1 of July–August precipitation over the
NCMR is important.
Figure 5b shows that the atmospheric circulation anomalies at

500 hPa associated with EOF1 have the following main charac-
teristics. Corresponding to the positive phase of EOF1, the
region from western Lake Balkhash to Lake Baikal (40°–50°

N, 90°–110°E) is covered with a negative anomaly with a posi-
tive anomaly from the East China Sea to the southern Korean
Peninsula (32.5°–37.5°N, 120°–135°E). The configuration of
the circulation field shows that the intensity and location of
the Lake Baikal blocking high and the WPSH are closely
related to July–August precipitation over the NCMR. To show
the detailed features of the relationship between PC1 and these
circulation systems, we defined the southwestern Lake Baikal
high (SWLBH) index as the area-averaged 500 hPa geopotential
height (H500) within the area bounded by 40°–50°N and 90°–

Fig. 2 The spatial distribution of precipitation (mm) in (a) June, (b) July, (c) August, and (d) July and August (average value), respectively. (e) July–August (JA)
precipitation as a percentage of total summer (June, July, and August (JJA)) precipitation. (f) The standard deviation (mm) of JA precipitation over the
NCMR for the 1951–2017 period.
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110°E. The correlation coefficient between the SWLBH index
and the Lake Baikal blocking high index defined by Zhao
(1999) is 0.87 (exceeding the 99% confidence level), which indi-
cates that the SWLBH can reflect the strength of the blocking
high over Lake Baikal. This SWLBH index was in a negative
phase before the mid-1970s but changed to a positive phase
after the mid-1970s (figure not shown). The frequency of occur-
rence of the SWLBH was low before the mid-1970s but was

active after the mid-1970s. The correlation coefficient between
the SWLBH index and PC1 is 0.51 (Table 1, exceeding the
99.9% confidence level). This implies that the impact of the
SWLBH on EOF1 of the July–August precipitation over the
NCMR is considerable. The area index, intensity index, the
ridge line index of the WPSH, and the westward-extending
ridge index are closely associated with PC1, with correlation
coefficients of −0.27, −0.26, 0.20, and 0.15, respectively. This
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Fig. 3 The first two leading EOF modes of JA precipitation over the NCMR: (a) EOF1 and (b) EOF2 (mm, contour interval 5 mm); (c) and (d) normalized time
series (bars) and the 11-year running mean (curve) for PC1 and PC2, respectively.
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shows that more precipitation is favoured over the NCMR when
the WPSH is weaker and located to the north of its normal
position.
The other significant region associated closely with PC1 is

located on the Korean Peninsula (32.5°–37.5°N, 120°–135°E).
We define the Korean Peninsula high (KPH) index as the area-
averaged H500 within the area bounded by 32.5°–37.5°N,
120°–135°E. The correlation coefficients between the KPH
index and the intensity index and ridge line index of the
WPSH are 0.33 and 0.46, respectively, exceeding the 95%
and 99% confidence levels, respectively. When the WPSH is
located to the north of its normal position, a high-volume
system is easily formed from the eastern China Sea to the
southern Korean Peninsula. The correlation coefficient
between the KPH index and PC1 is 0.22 (Table 1). This

implies that the impact of the SWLBH on the EOF1 of
July–August precipitation over the NCMR is greater than
the impact at either the WPSH and KPH. This high-volume
system is favourable for the transport of water vapour from
the western Pacific Ocean to the NCMR.

Corresponding to the positive phase of PC1, the 850 hPa
wind fields have the following main characteristics: a cyclonic
(anticyclonic) wind anomaly controlling a large area south of
Lake Baikal (the southern Korean Peninsula, the islands of
Japan, and the surrounding ocean) and strong anomalous
southerly winds over East Asia, extending into the NCMR
(Fig. 5c). This indicates that the stronger the EASM, the
more precipitation falls over the NCMR. We used the
EASM strength index defined by Huijun (2002) to quantitat-
ively analyze the relationship between the EASM and PC1.
The correlation coefficient between the EASM index and
PC1 was 0.58 (Table 1), which exceeds the 99.9% confidence
level. This further confirms that a stronger EASM favours
greater precipitation over the NCMR.

The water vapour transport anomalies associated with typical
anomalous July–August precipitation patterns over the NCMR
can be estimated by regressing the vertically integrated moisture
flux anomalies on the corresponding PCs of the precipitation
EOF modes. Figures 5d and 5e show the water vapour transport
and divergence anomalies of the vertically integrated water
vapour transport associated with PC1. A strong convergence
of the tropical and subtropical water vapour transport associated
with a positive PC1 is found over East Asia. The warmer tropi-
cal water vapour flows northeastward along eastern China
before meeting cold air from higher latitudes. The anomalous
tropical water vapour transport has two branches, one from
the South China Sea and the other from the northwest Pacific.
The warm water vapour and the cold air eventually converge
over the NCMR, accompanied by an upward movement from
the lower troposphere to the upper layer in this area (Fig. 5f).
These circulation configurations favour more precipitation
over the NCMR.

b Atmospheric Circulation and Water Vapour Transport
Characteristics Associated with EOF2
Figure 6 shows the atmospheric circulation and water vapour
transport characteristics associated with PC2. There is more
precipitation in NC and less precipitation in NEC in the posi-
tive phase of PC2. Compared with the 200 hPa U wind fields
associated with PC1, the significant positive anomalous wes-
terly winds move westward to southern Lake Baikal and the
positive anomaly centre tends to be weaker (Fig. 6a). The cor-
relation coefficients between the intensity and position of the
EAWJS and PC2 are −0.12 and 0.16, respectively (Table 1),
that is, more precipitation is favoured in NC and less precipi-
tation in NEC when the EAWJS is located farther to the west
and north than average.

Figure 6b shows the 500 hPa geopotential height fields
associated with the positive phase of PC2. East China is domi-
nated by positive anomalies, with a significant positive
anomaly centre situated in NC and western NEC. The

Fig. 4 Power spectrum analysis for the first two principal components (PCs)
of JA precipitation over the NCMR during the 1951–2017 period. (a)
PC1 and (b) PC2. The black line indicates the power spectral density.
The red line indicates the 90% confidence level. The x-axis is the
period (years).
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western Pacific to the southeast of the islands of Japan is domi-
nated by significant negative anomalies. This indicates that the
500 hPa geopotential height field anomalies over the NCMR

and the WPSH are closely related to EOF2. To quantitatively
investigate the relationship between the most significant
region and PC2, we defined the NCMR high (NCMRH)
index as the area-averaged H500 within the area bounded by
40°–47.5°N, 117.5°–122.5°E. The correlation coefficient
between the NCMRH index and the NECV (Zhao et al.,
2015) is −0.91. This indicates that the NCMRH is a good
reflection of the strength of the NECV. The NCMRH index
was positive before the mid-1970s and negative after the
mid-1990s (figure not shown). It also shows that the NECV
was active before the mid-1970s but inactive after the mid-
1990s. The correlation coefficient between the NCMRH
index and PC2 is 0.29, significant at the 99% confidence
level. In addition, the correlation coefficients between the
area index, the intensity index, the ridge line index of the
WPSH, and the west-extending ridge index and PC2 were
−0.01, 0.01, −0.09, and 0.04 (Table 1), respectively, and the
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Fig. 5 Regression maps of (a) 200 hPa zonal wind (black lines, m s−1), (b) 500 hPa geopotential height (black lines, gpm), (c) 850 hPa wind (m s−1), (d) vertically
integrated water vapour transport from the surface to 300 hPa (kg m−1 s−1), (e) divergence anomalies of vertically integrated water vapour transport from the
surface to 300 hPa (kg m−1 s−1), and (f) longitude cross-sections of omega averaged over 35°–55°N (hPa s−1) on the normalized PC1 of JA precipitation
over the NCMR during the 1951–2017 period. The red lines in (a) and (b) indicate the climate mean (1981–2010 average) of the 20 m s−1 contour of the
200 hPa zonal wind and the 5880 gpm contour of 500 hPa geopotential height, respectively. Solid (dashed) contours indicate positive (negative) values, and
light and dark shading indicate the 95% and 99% confidence levels, respectively.

TABLE 1. Correlation coefficients between the two principal component
(PC) time series and indices of key circulation systems; * and **
indicate the 95% and 99% confidence levels, respectively.

Index PC1 PC2

Position index of the EAWJS 0.25* 0.16
Intensity index of the EAWJS 0.13 −0.12
EIMW index 0.76** —

SWLBH index −0.51** 0.11
Area index of the WPSH −0.27* −0.01
Intensity index of the WPSH −0.26* 0.01
Ridge line index of the WPSH 0.20 −0.09
Westward-extending ridge of the WPSH 0.15 0.04
KPH index 0.22 0.05
NCMRH index — 0.29*
EASM index 0.58** −0.13
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correlation coefficient between the KPH and PC2 was 0.05,
indicating that the correlations between the intensity and pos-
ition of the WPSH and EOF2 were weaker. This reflects the
complexity of the EASM systems associated with EOF2.
The 850 hPa wind field associated with PC2 is almost the

opposite to that associated with PC1. The region from south-
eastern Lake Baikal to the NCMR is controlled by an anticyclo-
nic anomaly, whereas the northwest Pacific subtropical area is
controlled by a cyclonic anomaly. In addition, southeasterly
wind anomalies prevail in NC and northeasterly wind anomalies
prevail in NEC (Fig. 6c). The correlation coefficient between
PC2 and the July–August EASM index is −0.13 (Table 1),
which is not significant at the 95% confidence level.
Figure 6d shows the water vapour transport associated with

PC2. Associated with a positive PC2, a strong convergence of
the subtropical water vapour transport from the seas around
the Korean Peninsula and the islands of Japan is found over

NC. The transport of water vapour is a result of anticyclonic cir-
culation from the islands of Japan to NC, rather than the EASM.
Northeasterly wind anomalies control the area of NEC, which
cause weak water vapour transport and less precipitation.

Figure 6e shows the divergence anomalies of the vertically
integrated water vapour transport associated with PC2. It can
be seen that the water vapour flux divergence in most parts of
the NCMR is insignificant except for a small area in southeast-
ern NEC. Exceptional vertical movement is important in the for-
mation of precipitation. Figure 6f shows a vertical cross-section
of the vertical velocity over the NCMR. There is significant
ascending motion over NC and a weak descending motion
over NEC. Anomalous ascending (descending) motion results
in increasing (decreasing) precipitation over NC (NEC). There-
fore, it can be concluded that the vertical motion may have a
greater influence on the distribution of precipitation over the
NCMR than the water vapour divergence anomalies.
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Fig. 6 Regression maps of (a) 200 hPa zonal wind (black lines, m s−1), (b) 500 hPa geopotential height (black lines, gpm), (c) 850 hPa wind (m s−1), (d) vertically
integrated water vapour transport from the surface to 300 hPa (kg m−1 s−1), (e) divergence anomalies of vertically integrated water vapour transport from the
surface to 300 hPa (kg m−1 s−1), and (f) longitude cross-sections of omega averaged over 35°–55°N latitude (hPa s−1) on the normalized PC2 of JA pre-
cipitation over the NCMR during the 1951–2017 period. The red lines in (a) and (b) indicate the climate mean (1981–2010 average) of the 20 m s−1 contour
of the 200 hPa zonal wind and the 5880 gpm contour of 500 hPa geopotential height respectively. Solid (dashed) contours: positive (negative) values; light
and dark shading indicate the 95% and 99% confidence levels, respectively.
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5 Difference in associated atmospheric circulation
between EOF1 and EOF2

According to our analysis, there are clear differences in the
characteristics of the atmospheric circulation associated with
EOF1 and EOF2. Therefore, normalized PC1 and PC2
greater than 1 and less than −1 were selected to represent
the typical positive and negative phases of EOF1 and EOF2,
respectively. Using this method, the typical positive (negative)
phase of EOF1 occurs in 10 (11) years and the typical positive
(negative) phase of EOF2 occurs in 8 (9) years during the
1951–2017 period (Table 2).
Figure 7a presents the different distributions of the 500 hPa

geopotential height anomalies between the typical positive
phases of PC1 and PC2. The most significant negative differ-
ence occurs at mid- to high latitudes from the southern Ural
Mountains to the NCMR and the subtropical regions from
the equator northward to 30°N. A significant positive differ-
ence occurs over the islands of Japan. This distribution of
high anomalies favours the transport of water vapour to the
NCMR and higher levels of precipitation over NC and NEC.
In terms of the distribution of the anomaly difference of the

850 hPa wind fields, a cyclonic (anticyclonic) wind anomaly
controls the NCMR (the ocean south of the islands of
Japan), and the NCMR presents significant southerly wind
anomalies (Fig. 7c). This shows that a strong EASM in
July–August favours precipitation in NC and NEC and vice
versa.

We analyzed the difference in the 500 hPa geopotential
height between the typical negative phases of PC1 and
PC2. The most significant positive difference occurs from
east of central Mongolia to NEC, whereas a significant
negative difference occurs in the south of Japan (Fig. 7b).
There are anomalous 850 hPa southeast winds over NC,
but anomalous northeasterly winds over NEC (Fig. 7d).
These differences show that the anticyclonic anomaly over
the NCMR and the cyclonic anomaly over the south of
Japan favour strengthening (weakening) of water vapour
transport to NC (NEC) and vice versa. We conclude that
EOF1 is related to the large-scale circulation over East
Asia and the northwest Pacific, whereas EOF2 is more
closely related to the regional circulation anomaly over the
NCMR and the islands of Japan.

TABLE 2. Typical years of PC1 and PC2.

Index Year

PC1≥ 1 (10 years) 1959, 1961, 1963, 1964, 1969, 1985, 1994, 1996, 1998, 2013
PC1≤-1 (11 years) 1968, 1972, 1980, 1989, 1999, 2001, 2002, 2005, 2006, 2014, 2015
PC2≥ 1 (8 years) 1958, 1967, 1976, 1979, 1988, 1992, 1996, 2016
PC2≤-1 (9 years) 1957, 1965, 1969, 1985, 1986, 1987, 1991, 1994, 1998

Fig. 7 The difference distributions of JA (a) and (b) 500 hPa geopotential height anomaly and (c) and (d) 850 hPa wind anomaly between EOF1 and EOF2 of JA
precipitation over the NCMR during the 1951–2017 period. (a) and (c) Difference between the typical positive phase years of PC1 and PC2. (b) and (d)
Difference between the typical negative phase years of PC1 and PC2. The black lines indicate 10 gpm. The black dots in (a) and (b) and the shaded
areas in (c) and (d) denote statistical significance at the 95% confidence level.
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6 Summary and discussion

We investigated the two major modes of late-summer precipi-
tation over the NCMR using recent 67-year observational
datasets and EOF analysis and explored the characteristics
of the associated atmospheric circulation through linear
regression and correlation analysis; EOF1 and EOF2 reflect
a pan-NCMR July–August precipitation variation pattern
and a July–August precipitation oscillation pattern between
NC and NEC, respectively. These two modes account for
22.1% and 10.1% of the total variance, respectively. Both
associated PCs have significant interannual variability with a
period of 2–4 years; PC1 also has a significant interdecadal
variability with a period of 20–30 years.
Further analysis suggests that there are obvious differences

in the associated atmospheric circulation anomalies between
the two major modes of July–August precipitation in the
NCMR. During the July–August period over East Asia and
the northwest Pacific, EOF1 is related to the large-scale circu-
lation anomalies, whereas EOF2 is more closely related to the
anomalies of the regional circulation over the NCMR and the
islands of Japan. In the positive (negative) phase of PC1, the
EAWJS shows a northward (southward) trend with a higher
(lower) intensity than normal; the blocking high in the mid-
to high latitudes is inactive (active); the WPSH is located to
the north (south) of its normal position; and the NCMR is con-
trolled by southerly (northerly) winds, which then cause the
convergence (divergence) of water vapour, favouring more
(less) precipitation in this region. In the positive phase of
PC2, the EAWJS swings to the south of Lake Baikal; there
are significant positive height anomalies from western NC to
NEC; and significant negative height anomalies exist in the
south of Japan, indicating that the cold vortex is inactive,
that the WPSH tends to be weaker and located south of its
normal position, and that NC (NEC) is dominated by north-
easterly (southeasterly) wind anomalies. The convergence

(divergence) of water vapour in NC (NEC) favours more
(less) precipitation in NC (NEC).

This work analyzed the spatial and temporal characteristics
of July–August precipitation over the NCMR and its associ-
ated atmospheric circulation characteristics. Our conclusions
may be helpful for short-term predictions of July–August
droughts and floods in the NCMR. The climate of the
NCMR is very complex and is affected by the atmospheric cir-
culation in both tropical and extra-tropical regions as a result
of its special location in the mid- to high latitudes of East
Asia and on the northern edge of the EASM region. The fore-
casting skills of the climate model are not entirely satisfactory
over the NCMR; therefore, it is difficult to predict the climate
in this region. Sea surface temperature anomalies are the main
signals in climate prediction, but global warming has led to an
interdecadal change in the relationship between these signals
and the regional climate (Huijun, 2002; Gao et al., 2006;
Han et al., 2018). This makes it harder to predict precipitation
in the NCMR. Thus, more research on the instability of the
influence of the main sea surface temperature modes on
summer droughts and floods over the NCMR will help
improve climate prediction. These scientific problems will
be studied further in subsequent research.
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ABSTRACT

The systematic bias of the estimated average temperature using daily Tmax and Tmin records relative to the

standard average temperature of four time-equidistant observations and its effect on the estimated trend of

long-term temperature change have not been well understood. This paper attempts to evaluate the systematic

bias across mainland China using the daily data of national observational stations. The results revealed that

the positive bias of annual mean temperature was large, reaching 0.588C nationally on average; regional

average bias was lowest in the northwest arid region and highest in the Qinghai–Tibetan Plateau; the bias was

low in spring and summer and high in autumn and winter, reaching its lowest point in mid- and late May and

highest point in earlyNovember. Furthermore, the bias showed a significant upward trend in the past 50 years,

with a rising rate of 0.0218C (10 yr)21, accounting for about 12% of the overall warming as estimated from the

data of the observational network; the largest positive trend bias was found in the northwest arid region, while

the east monsoon region experienced the smallest change; the most remarkable increase of the bias occurred

after early 1990s. These results indicate that the customarily applied method to calculate daily and monthly

mean temperature using Tmax and Tmin significantly overestimates the climatological mean and the long-term

trend of surface air temperature in mainland China.

1. Introduction

Temperature is an indicator of thermal state that

characterizes a warm or cold climatic condition and is

one of the basic climatic variables. Accurately estimat-

ing daily mean temperature, however, is affected by the

observations and the statistical methods used for calcu-

lating average temperature. To understand the possible

effect of current observational practices and statistical

methods on daily and monthly mean temperature es-

timates, therefore, has important significance for both

climatological and climate change research (Brooks

1921; Edwards 1982; Tang and Ding 2007).

Currently, the Tmax and Tmin are more frequently

shared in the international exchange data, and usually

the daily mean temperature can be obtained by aver-

aging the maximum and minimum temperatures (i.e.,

the max–min average method). Furthermore, several

datasets of global land historical temperature primarily

use themax–min averagemethod to calculate the daily and

monthly mean temperatures (Lawrimore et al. 2011; Jones

et al. 2012; Morice et al. 2012; Sun et al. 2018). According

to the Specifications for Surface Meteorological Observa-

tion (2003) of the China Meteorological AdministrationCorresponding author: G. Ren, guoyoo@cma.gov.cn
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(CMA 2003), however, it is stipulated that the daily

mean temperature of the national meteorological sta-

tions be calculated based on the average of 4 tempera-

tures recorded at 0200, 0800, 1400, and 2000 Beijing

time.This 4-time-observationaverage is themost frequently

used average temperature in the national meteorological

service and the scientific research works conducted in

China (Tang and Ren 2005; Ren 2008; Li and Yan 2009;

Cao et al. 2013).

In the studies conducted by Brooks (1921), Miller

(1976), and Edwards (1982), it is shown that the annual

and seasonal mean temperatures obtained using the

max–min average method are generally higher than

the mean temperatures estimated based on records at

regular intervals like the 4-time-observation method.

Additionally, Tang and Ren (2005) and Tang and Ding

(2007) compared the monthly and annual mean tem-

perature obtained from the max–min average method

versus the temperature obtained from averaging four

regular observations for eastern China and concluded

that the difference in the temperature anomaly series

and the rate of temperature increase was not significant.

Moreover, Tang and Ren (2005) and Tang and Ding

(2007) found that, when a large enough number of sta-

tions are used, the two methods were interchangeable.

However, the research in China only used the obser-

vation data from a limited number of stations and fo-

cused on the influence of the estimation of temperature

trends in the previous works; the systematic analysis of

the error as calculated by using the max–min average

method is lacking.

Some works have been focused on data homogeni-

zation and uncertainties (e.g., Thompson et al. 2008;

Ren 2008; Jones and Stott 2011; Kennedy et al. 2011).

Considering the inhomogeneities and uncertainties, how-

ever, the previous studies found, by using the monthly and

annual mean temperature as an indicator, that global

and regional climates had been in a significant warming

trend (IPCC 2013; Carrasco 2013; Osborn and Jones

2014; Kothawale et al. 2010, 2016). This warming is

characterized by an asymmetry between the maximum

and minimum temperatures (Karl et al. 1993; Qian and

Lin 2004; Rehman and Al-Hadhrami2012; Samba and

Nganga 2014; Chen et al. 2007). The following problems

remained, however: 1) what is the difference between

the temperatures obtained from the max–min average

method and from the average of 4-time-observation

per day at equal intervals? 2) How does this difference

(i.e., temperature bias), if it exists, vary spatially and

seasonally? Finally, 3) how much does the bias affect

the estimation for the trend of long-term temperature

change? Currently, our understanding of these issues is

insufficient both in China and around the world.

This study focuses on the three questions by taking

China as an example. Using the observation data of daily

and hourly temperature of the national reference cli-

mate and basic meteorological station network, the

temperature bias in different regions and seasons, and

its effect on the estimate of long-term change of tem-

perature, was analyzed. The analysis results will provide

new insights into the systematic errors of surface air

temperature and its change as calculated from the max–

min average method for studies of climatological and

climate change.

2. Data and methods

a. Data collection

The daily data were from the National Meteorologi-

cal Information Center, CMA. The Daily Dataset of

China’s Surface Climatic Data, version 3.0 (V3.0), con-

tained the daily temperature data [the daily mean

(4-time observations), daily maximum, and daily mini-

mum records] of the Chinese national reference climate

and basic meteorological stations since 1 January 1951.

To ensure the accuracy of the observation records at

stations and to avoid the analysis bias caused by the short-

term absence ofmeasurements at individual stations, only

data from stations with complete records and consecutive

observations were retained. Thus this study applied data

of 719 stations with complete records ranging from 1964

to 2013. The data were quality controlled but not ho-

mogenized for possible inhomogeneities induced by

relocation and instrumentation.

To examine the effect of homogenization on tem-

perature bias and its trends, the homogenized data from

monthly mean temperature based on 4-time observa-

tions (Li et al. 2004) and the maximum and minimum

temperature data from the same 719 stations were also

used [the China Homogenized Historical Temperature

Dataset (CHHTD-V1.0)] to evaluate the difference of

the results by using the two datasets. The distribution of

the annual and monthly mean temperature biases were

analyzed using both the raw and the homogenized data.

b. Methodology

To understand the long-term trend of temperature

change, the correlation coefficient (i.e., trend coeffi-

cient) between temperature and time sequence of ob-

servational years was calculated according to the method

outlined in Von Storch and Zwiers (2003) and Shi et al.

(2003). The trend coefficients defined in this way are di-

mensionless and vary between [21, 1]. Thisminimizes the

effect of variance ofmeteorological variables and the unit

on the numerical values of linear regression coefficients,
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and thus makes it easily comparable across geo-

graphical locations and suitable for studying the spa-

tial characteristics of long-term trends of large-scale

temperature change.

There were more stations distributed in the east than

in the west. If regional average is calculated by simple

arithmetic mean of all the sites with equal weights, then

the data from the eastern region will outweigh that

from the western region. To avoid this imbalance, the

method by Jones and Hulme (1996) was utilized. Ac-

cording to this method, the average regional climatic

time series are calculated by using an area-weighted

average procedure.

The whole study region was divided into longitude–

latitude boxes of 2.08 3 2.08. A total 196 effective boxes

with more than one station in each throughout main-

land China was produced (Fig. 1).When calculating the

national or regional average series, the arithmetic

mean of the temperature recorded by the stations in

each box was calculated first to obtain box averages;

the cosine of the center latitude of each box was used as

the weight coefficient and the regional average time

series was then calculated by using the area-weighted

average method.

The study region is divided into three subregions re-

ferring to G. Y. Ren et al. (2016): the east monsoon

region (region 1), the northwest arid region (region 2),

and the Qinghai–Tibetan Plateau (region 3). For the

temperature analysis and the convenience of calcula-

tion, the boundaries of the three subregions were further

simplified on basis of the previous studies (Ding et al.

2013; G. Y. Ren et al. 2016) (Fig. 1).

c. Statistical analysis

Following equation was used to calculate the tem-

perature bias of the max–min average from the 4-time

observation average:

T
d
5T

mn
–T

4
, (1)

where Td is the temperature bias, Tmn is the average

temperature calculated using the max–min average

method, and T4 is the average temperature obtained

using the 4-time observations at 0200, 0800, 1400, and

2000 Beijing time; Tdh was defined as Td based on the

homogenized temperature data.

To address whether T4 could be used as a criterion or

reference temperature for evaluating the temperature

bias, we compared the 24-h observation data (T24) of 3

stations located in northern China (from east to west):

Jixi, Beijing, and Urumqi stations. The deviation of T4

relative to T24 (Table 1) was calculated. T24 is the daily

mean temperature of 24-h observations (hourly means).

Themonths January, April, July, andOctober were used

as representatives for winter, spring, summer, and au-

tumn, respectively.

The mean temperature values for T4 and T24 were

calculated for 2017; there were certain differences in

these values. Namely, T4 values of Beijing and Urumqi

stations were lower than T24 with an accuracy of 10228C
(20.0438 and 20.0778C, respectively). The T4 of Jixi

station was higher than T24 with an accuracy of 10238C
(0.0018C). The T4 of Beijing station was higher than T24

in spring with accuracy of 10218C, but lower than T24 in

other seasons, particularly in winter. The T4 of Jixi sta-

tion was lower than T24 in summer, but higher than T24

in other seasons. The T4 of Urumqi station was higher

than T24 in winter and lower than T24 in other seasons.

However, the biases of T4 relative to T24 were small

overall, and the average annual mean absolute differ-

ence was well below 0.048C, one magnitude of power

lower than Td as seen below. Therefore, the bias of the

Tmn can be evaluated using T4 as a benchmark. The

reason for the applicability of the T4 as standard to as-

sess the uncertainty of Tmn will further discussed below.

The analysis period was from 1964 to 2013. The sea-

sonal division was made using the definition of me-

teorological season. Winter included December of the

previous year, and January and February; spring in-

cluded March, April, and May; summer included June,

July, and August; and autumn included September,

October, and November. The seasonal mean temper-

ature was calculated as the average of the 3 monthly

mean temperatures in the season. The annual mean

temperature was calculated as the average across the

12 months. Decadal means were also calculated, where

FIG. 1. Distribution of longitude–latitude boxes of 2.08 3 2.08
with observational stations, and the boundaries of three sub-

regions. The values in the boxes are the numbers of stations.

The three subregions: east monsoon region (region 1), north-

west arid region (region 2), and the Qinghai–Tibetan Plateau

(region 3).
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the first 10 years for decadal means ranged from 1964 to

1973, and the fifth decade ranged from 2004 to 2013.

The significance of linear trend in the analysis was

examined by the correlation coefficient using the

two tailed t-test method. Under the assumption that

the correlation coefficient p 5 0 is established, the

probability density function of the correlation co-

efficient r is the density function of the t distribution,

and the statistic

t5 sqrt(n2 2)r/sqrt(12 r2) (2)

follows a t distribution with a degree of freedom (d.f.)

n 2 2. Given a significance level a, and if t $ ta, the

correlation coefficient is considered significant. The

linear trend of a over 0.05 (0.01) significance level was

expressed as p # 0.05 (0.01).

3. Results

a. National and regional average Td

The analysis results for annual and seasonal mean Td

for the country and different regions are shown in

Table 2. The Td values were positive in every season of

every region of mainland China. The national average

annual mean Td was 0.588C. The average Td was the

highest in region 3 (0.858C), and the lowest in region 2

(0.478C). In all seasons, the averageTd values in region 3

were the highest, with the maximum value in autumn

(1.078C). In spring and summer, the Td values of region

2 were the lowest (0.218 and 0.278C, respectively). The
annual and seasonal mean Td values of region 1 were

close to the national averages. The values of autumn and

winter were relatively high, while the spring and summer

were lower.

b. Spatial distribution of Td

Td values were positive in most parts of the country,

indicating a universally higher average of the Tmn than

that of T4 (Fig. 2). The areas with a high Td value were

located in the eastern part of theQinghai–TibetanPlateau

(region 3) and the Sichuan basin and the Yunnan–

Guizhou Plateaus, where Td was greater than 1.008C.
The highest values were found at Malcolm of Sichuan

(1.858C) and Mengla of Yunnan (1.628C). The Td values

of regions 2 and 1 were relatively low (less than 0.48C).
Only two stations in the whole study region showed a

small negative Td (i.e., the Tmn is lower than that of T4).

They were Shiquanhe station in Tibet (20.098C) and

Kumux station in Xinjiang (20.048C).
All national average seasonal mean Td values were

positive for each season, with the lowest value in the

spring (0.438C) followed by the summer (0.468C) (Fig. 3).
The autumn mean Td value was the highest (0.748C),
followed by the winter (0.718C). In the areas south of

308N in mainland China, Td was positive for all seasons.

The areas with high seasonal mean values were found in

the eastern part of the Qinghai–Tibetan Plateau (region

3), where the autumn andwintermeanTdwas higher than

those of other seasons (2.218 and 2.018C, respectively),
indicating a very large bias of seasonal mean Tmn. There

were no negative Td values in the winter for the whole

country; negative Td values only appeared in western

Tibet in the autumn (20.208C), and in western Tibet and

northern China in the spring and summer (20.448
and 20.378C, respectively).

c. Seasonal variation of Td

Figure 4 shows the within-year variations in daily

meanTd averaged for 30 years of 1981–2010 in mainland

China and the three subregions. The daily mean Td series,

starting from1 January, experienced a decrease–increase–

decrease variation within a year (Fig. 4). In late January,

the Td value in region 3 was noticeably lower, while

the Td values in region 1 and 2 did not notably decrease.

The Td values of region 1 and 2 rapidly decreased in

TABLE 2. Regional average annual and seasonal mean Td for

mainland China and the three subregions (1981–2010) (unit: 8C).

East

monsoon

region

(region 1)

Northwest

arid region

(region 2)

Qinghai–Tibetan

Plateau

(region 3)

Mainland

China

Spring 0.46 0.27 0.61 0.43

Summer 0.49 0.21 0.85 0.46

Autumn 0.69 0.71 1.07 0.74

Winter 0.68 0.69 0.88 0.71

Year 0.58 0.47 0.85 0.58

TABLE 1. Comparison of average difference betweenT4 andT24 at threemeteorological stations of northern China (Jixi, Beijing, Urumqi)

in 2017.

Station Latitude (8N) Longitude (8E) Altitude (m) January (8C) April (8C) July (8C) October (8C) Annual (8C)

Jixi 45.3 130.92 272.5 0.000 0.074 20.011 0.039 0.001

Beijing 39.8 116.47 31.3 20.143 0.126 20.019 20.039 20.043

Urumqi 43.78 87.65 935 0.020 20.118 20.137 20.072 20.077

Average 20.041 0.027 20.056 20.024 20.040
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mid-February and this decrease continued through mid-

and lateMay. TheTd value of region 3 stopped decreasing

in late February to early March, when it began to slightly

increase. This increase continued through late September

when there was another noticeable decline. The Td values

of region 1 and 2 rose at the beginning of June, peaked in

early November, and then decreased. The Td of region 2

declined relatively quickly from April to May, showing a

large fluctuation in the bias ofTmn. TheTd of region 3 also

showed a large fluctuation in February and December.

It is also notable from Fig. 4 that the differences of

daily mean Td among the three subregions were gener-

ally small during winter, but large during spring and

early summer. The largest difference appeared between

region 2 and region 3 from late April to early June,

reaching 0.708C, and the smallest difference was seen

between region 1 and region 2 during wintertime. In

addition, a larger variability of daily mean Td was ob-

vious in region 2 during period of mid- to late April.

d. The long-term change of Td

From 1964 to 2013, both annual mean Tmn and T4 in

mainland China showed a significant upward trend, as

shown in Fig. 5. The temperature increase rate of an-

nual mean Tmn is 0.3188C (10 yr)21 (d.f.5 48, t5 8.167,

p5 0.001), and the annual mean T4 increase at a rate of

0.2978C (10 yr)21 (d.f. 5 48, t 5 8.167, p 5 0.001).

It is also clear from Fig. 5 that all annual mean Td

values were positive from 1964 to 2013 and exhibited a

significant upward trend with a rising rate of 0.0218C
(10 yr)21 (d.f. 5 48, t 5 9.653, p 5 0.001). Since the

beginning of the twenty-first century, this increase has

become more notable and the annual mean Td was

FIG. 2. The spatial distribution of annual mean Td in mainland

China (1981–2010) (red line5 0. 58; blue line5 0.40; brown5 1.00)

(unit: 8C).

FIG. 3. Spatial distribution of seasonal meanTd in mainland China (1981–2010): (a) spring, (b) summer, (c) autumn,

and (d) winter (unit: 8C).
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higher than the average from 1981 to 2010. After 2008,

however, the Td underwent a slight decrease, but it rose

again in 2013 with a historical maximum value (0.638C)
registered.

The annual mean Td values of all 3 subregions were

positive and exhibited significant upward trends from

1964 to 2013 (Fig. 6). The most apparent increase ap-

peared in the twenty-first century, when all Td values

were above the 30-year average. The highest rising rate

was in region 2 [0.0278C (10 yr)21, d.f. 5 48, t 5 8.810,

p 5 0.001], followed by region 3 [0.0228C (10 yr)21,

d.f. 5 48, t 5 5.259, p 5 0.001]. In contrast, the rising

rate of Td in region 1 was lower [0.0188C (10 yr)21,

d.f. 5 48, t 5 9.097, p 5 0.001].

Figure 7 shows that, for each season, the Td value of

region 3 was the highest, and the seasonal mean values

were 0.618, 0.858, 1.078, and 0.888C for spring, summer,

autumn, and winter, respectively (Fig. 7). In the sum-

mer, the Td value of region 3 was 0.648C higher than

region 2, and 0.368C higher than region 1. All of the

seasonal mean Td values in the three subregions and in

the country as a whole showed upward trends during

1964–2013, with the most obvious increases generally

occurring after 2000. In the autumn, the Td value of re-

gion 3was 0.368Chigher than region 2, and 0.398Chigher

than region 1. The possible causes for the accelerated

increase in more recent years needs to be further ex-

amined, but it may have been related to the more

widespread urbanization, which will result in a greater

increase in Tmin in the north and in Tmax in the south

(Ren and Zhou 2014), or the alleviated air pollution

(Wang and Yang 2014; Lowsen and Conway 2016),

which leads to a more rapid increase in Tmax.

The linear trend and significance test results of sea-

sonal mean Td in different subregions and in mainland

China on a whole are shown in Table 3. There was a

significant increasing trend in annual and seasonal mean

Td for the 3 regions and for mainland China as a whole,

except for winter for region 1, region 2, and the whole

region (Table 3). The maximum linear increasing

trend was found for summer in region 1 and region 2,

whereas in region 3, it appeared in spring. In view of

annual mean temperature, the increasing bias shown

in Table 3 accounts for about 12% of the overall

FIG. 4. The seasonal variation of daily mean Td in mainland China and the three subregions (1981–2010): 1/1

denotes 1 Jan and 12/26 denotes 26Dec. CHN:mainlandChina. Region 1: east monsoon region; region 2: northwest

arid region; region 3: Qinghai–Tibetan Plateau.

FIG. 5. Change in national average annual mean T4, Tmn, and Td values in mainland China

during 1964–2013 (unit: 8C). CHN: mainland China.
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warming as estimated from the data of the national

observational network.

4. Discussion

Previous studies pointed out that the daily andmonthly

mean temperature values obtained from the max–min

average method show some differences from the ‘‘real’’

average temperature (Brooks 1921;Miller 1976; Edwards

1982; Tang and Ren 2005; Tang and Ding 2007). There-

fore, there is certain bias of the daily and monthly mean

temperature as calculated from the daily Tmax and Tmin

records. In this study, the magnitude and detailed

spatial–temporal pattern of the bias, and in particular

the trend of its long-term change, were analyzedwith the

mainland China as an example.

The analysis revealed that the dailymean temperature

value obtained from the max–min average method was

warmer than the standard 4-time observation average.

The national average annual mean Td reached 0.588C,
with the Qinghai–Tibetan Plateau (region 3) as large as

0.858C. The average Td of autumn and winter were even

higher. The analysis results also showed that the annual

and seasonal mean Td values exhibited a significant up-

ward trend from 1964 to 2013, with the rate of increase in

mainlandChina average annualmeanTd reaching 0.0218C
(10yr)21. The trends of increase in three subregion aver-

age annual and seasonal meanTdwas also significant, with

the exception for winter.

Overall, theTmn average valueswere higher than theT4

or T24. This is because the former only has two observa-

tional points in a day, before sunrise and in the afternoon

(at about 0600 and 1400 Beijing time near 1208E in spring

and autumn, respectively). The two observational points

are separated by only 8h, with the records of 0200 and

2000 Beijing time in the T4 absent (Fig. 8). They are

therefore more affected by the daytime surface heat

condition and especially the impact of the hottest af-

ternoon period, but they escape in a larger extent from

the effects of ground thermal conditions of nighttime

when the surface air is colder than the daytime.

In the eastern part of northeast China and western

China, the daily Tmax and Tmin occur slightly earlier or

later than those in Beijing. In western China, theTmax and

Tmin occur 3h later at most than those in Beijing. The

interval between the occurrenceof theTmax andTmin does

not increase. Therefore, the Tmn values still have large

biases in terms of dailymean temperature in these regions

far away from the meridian of 1208E. The impact of time

difference between east andwest of the country onT4 and

T24 would be minor, because the four times of observa-

tions are made with an equal interval (6 and 1h) in a day.

Additionally, climatic conditions of the observational

stations may have an effect on the Td value (Fig. 9). The

other factors that could affect the Td value include hu-

midity, wind speed, elevation, and precipitation days

(Fig. 9). Precipitation day refers to the day with pre-

cipitation greater than or equal to 0.1mm from 0800 to

0800 Beijing time. Clearly, the annual mean Td values

show a positive correlation with relative humidity (r 5
0.30), elevation (r 5 0.32), and precipitation days (r 5
0.53). The Td values exhibit a significant negative cor-

relation with the average wind speed (r 5 20.51). In

regions with higher relative humidity and more pre-

cipitation days, the Td values were larger. The Td values

were also large in the high-elevation areas, and in re-

gions that had a small annual mean wind speed.

The Td values were larger in areas with high humidity

and more precipitation days. This is likely related to the

abundance of atmospheric moisture in these areas and a

FIG. 6. Change in regional average annualmeanTd values in different subregions ofmainlandChina during 1964–2013

(unit: 8C). Region 1: east monsoon region; region 2: northwest arid region; region 3: Qinghai–Tibetan Plateau.
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high cloudiness. Higher atmospheric relative humidity

and cloudiness at the coldest stage of the early morning

can cause the minimum temperature to be higher due to

the trapping effect of the longwave radiation from the

surface, leading to a greaterTd value. Particularly, in South

China, southwest China, the eastern Qinghai–Tibetan

Plateau, and in other areas with high humidity and a high

number of precipitation days, the night rain rate is usually

high (Yu et al. 2007; Duan et al. 2013). This is conducive to

raising theminimum temperature in the earlymorning and

at the same timedoes not significantly reduce the afternoon

maximum temperature, increasing the Td value. The Td

values showed a negative correlation with the annual mean

wind speed, possibly because near-surface turbulence

and convection are stronger when daytime wind speed

is high, which helps the heat to be diffused. This is un-

favorable to the afternoon maximum temperature rise

and causes the max–min average values to be low.

The Td value is generally large in a high-elevation

area, but the correlation with elevation is not significant

and the reasons for this need to be investigated further.

One possible reason may be that the humidity and

cloudiness of high-elevation areas are also high; cloudi-

ness is high when the surface air reaches its lowest

FIG. 7. Change in seasonal mean Td values in mainland China and the different subregions during 1964–2013: (a) spring, (b) summer,

(c) autumn, and (d) winter) (unit: 8C). Region 1: east monsoon region; region 2: northwest arid region; region 3: Qinghai–Tibetan Plateau.
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temperature in early morning but sunshine is sufficient

in the afternoon, resulting in a significantly higher Tmn

value. This is especially true in eastern parts of the

Qinghai–Tibetan Plateau (Yu et al. 2007; G. Y. Ren

et al. 2016). However, the western Qinghai–Tibetan

Plateau has fewer precipitation days and a drier climate,

and this may be one of the reasons why the correlation

of Td with elevation is not significant in mainland China

on a whole.

From 1964 to 2013, there was a significant upward

trend in the national and regional average annual and

seasonal mean Td, which may be related to the ‘‘asym-

metric’’ change of the diurnal temperature. In most re-

gions of mainland China, Tmax and Tmin rose in the past

half-century, but Tmin rose much faster than Tmax (Zhai

and Ren 1997; Ren and Zhou 2014), which may have

caused the Td value to rise continuously relative to the

trends of the standard T4 or T24. A recent study applying

hourly mean temperature data also showed that, since

the early 1970s, the most rapid surface air temperature

rise in a day occurs around sunrise and early morning,

especially between 0600 and 1400; temperature rise

slows in the afternoon and most of the night (Y. Y. Ren

et al. 2016). Therefore, the minimum temperature, and

the maximum temperatures in less extent, occurs at time

when the most rapid warming is experienced in a day,

resulting in a significant increase in annual and seasonal

mean Td over time. Moreover, the cause of the asym-

metry in diurnal temperature change may be related to

the effects of urbanization and the effect of aerosols

around the observational grounds of the stations (Ren

and Zhou 2014; Y. Y. Ren et al. 2016).

Although the data used in this paper were quality

controlled, they were not processed for homogenization.

The inhomogeneities of the observational data were

likely caused by the relocation of stations and the

change of instruments.Td values thusmay be affected by

the inhomogeneities of data. To understand this effect,

the difference between the homogenized data from 719

stations and the results of this study were calculated and

analyzed. The homogenized temperature data were

developed by Cao et al. (2016). The inhomogeneities in

individual station series were detected by using a penalized

maximum t test (PMT) that accounted for the first-order

autocorrelation. Detailed metadata information was ap-

plied to validate the breakpoints caused by changes in the

observational sites and instruments. The quartile-matching

(QM) method was applied to adjust the discontinuities

caused by the nonclimate changes.

The difference between the annual mean Tdh (bias of

Tmn as calculated based on homogenized data) andTd as

given above is shown in Fig. 10. The differences were

positive in 2013 only and negative in all previous years. In

general, homogenization of data reduced Td, but the

change was in the accuracy range of 0.018C.This indicates
that the bias of the homogenized data is slightly lower,

but the difference is very small, showing a negligible

effect of homogenized data on the estimate of the bias of

average Tmn. In view of the long-term trend of the bias,

however, the data homogenization increased Td trend

(d.f. 5 48, t 5 8.026, p 5 0.001), indicating that the

present analysis actually underestimated the increasing

trend of the temperature bias of Tmn. If the homoge-

nized data are used, therefore, the rate of the increased

Td with time will become larger.

FIG. 8. A schematic diagram of distribution of observational

points in the day for the maximum and minimum tempera-

ture (Tmax, Tmin), 4-time fixed intervals (T4), and 24-time fixed

intervals (T24).

TABLE 3. Linear trends and significance test results of annual and seasonal mean biases (Td) in mainland China and the three subregions

(1964–2013). Asterisk (*) indicates significant at p 5 0.05 level. CHN: mainland China.

Linear trend [8C (10 yr)21] East monsoon region Northwest arid region Qinghai–Tibetan Plateau CHN

Spring 0.022* 0.018* 0.022* 0.021*

Summer 0.029* 0.044* 0.021* 0.032*

Autumn 0.017* 0.035* 0.017* 0.021*

Winter 0.005 0.008 0.027* 0.008

Year 0.018* 0.027* 0.022* 0.021*
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The results of this paper are of significance for un-

derstanding the uncertainties in studies of climatology and

climate change. In climatological studies and climate pre-

diction, the use of Tmn generally causes a higher daily and

monthly mean temperature than T24 or T4 in mainland

China, and probably in other subcontinental regions of the

world. In some regions of the country, the bias even rea-

ches 1.008C in certain seasons. This requires a careful

consideration or adjustment when more accurate analysis

and prediction are needed.

Inmonitoring and studies of climate change, the annual

and seasonal mean temperature is usually calculated and

analyzed by using the max–min average method due to

the difficulty in acquiring 4-time equal interval observa-

tion data, let alone the 24-times-a-day observations. It

was found in this study, however, that annual and sea-

sonal mean Td has a significant increasing trend over

time, and if the homogenized temperature data series is

used, the upward trend will be greater. This shows that

the average warming trend in mainland China, and

probably in other large regions of the world, is generally

overestimated by using daily and monthly mean tem-

perature data as calculated from daily Tmax and Tmin

records. If the homogenized temperature data are used,

the overestimate will be a little larger.

These findings are novel and have practical signifi-

cance. In China, it was a usual practice to use the daily

and monthly mean temperature as calculated from 4

records at 0200, 0800, 1400, and 2000 Beijing time to

analyze the long-term change in surface air temperature.

However, the method was changed in analyzing change

trends of temperature over time periods longer than the

last 50–60 years. The long data series include the early in-

strumental records with different observational time in a

day, which had been found to result in data inhomogenei-

ties. In this case, a suggestion was made to use the max–

min average method to avoid the possible breakpoints in

data series (Tang andRen 2005; Cao et al. 2013; Ren et al.

2017). It is obvious from this analysis that the max–min

average method diminishes the effect of inhomogeneities

FIG. 10. Effect of data homogenization on temperature bias of themax–min average (Td) as estimated based on the

same observational station network in mainland China. Shown in the figure is the difference of country-averaged

annual mean biases of the max–min average temperature between homogenized and nonhomogenized data.

FIG. 9. Relationship of annual mean Td with meteorological variables: (a) relative humidity, (b) wind speed, and

(c) precipitation days; and geographical variable (d) altitude, in mainland China.
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on data series in some extents, but it at the same time

significantly overestimates the warming trend of the past

decades inmainland China. This overestimate becomes

even more serious when homogenized data of the max–

min average method based monthly mean temperature

are applied.

Most of the previous studies of global land surface air

temperature change also utilized the data of daily and

monthly mean temperature as estimated by Tmax and

Tmin (i.e., the max–min average method) (Lawrimore

et al. 2011; Jones et al. 2012; Sun et al. 2018). It is unclear

whether or not, or in what extents, the global land an-

alyses based on monthly mean data, which mostly ap-

plied the daily mean temperature of Tmax and Tmin (or

Tmn), have overestimated the past temperature increasing

trends. However, the case frommainland China that has a

diverse climate types and a vast territory indicates a need

to further address this issue in future studies.

If this issue is nonignorable in global land, or the

large deviations in the average temperatures and lin-

ear trends as calculated using the max–min average

method exist in the current global land surface air

temperature datasets, then there is an urgent need to

adjust the daily and monthly observational data and

the estimations of temperature trends based on them,

and also to revise the data submission agreement by

World Meteorological Organization (WMO) for the

future operation and research of climate and climate

change.

5. Conclusions

The bias of the average temperature estimated (Td)

using daily Tmax and Tmin records, including its temporal

and spatial variation were analyzed using daily tem-

perature data from 719 stations in mainland China. The

following conclusions were drawn:

1) Starting in January, the daily mean Td experienced a

decrease in January, an increase after June, and a

decrease once again after November. Generally, the

Td value was relatively large in autumn and winter,

with the largest value occurring in early November,

and it was relatively low in spring and summer.

2) Td was positive in most areas, with larger values in

the eastern part of theQinghai–Tibetan Plateau, the

Sichuan basin and the Yunnan–Guizhou Plateau

(.1.08C). The lowest Td values were found in north-

west and northeast China (08–0.48C).
3) There was a significant upward trend of annual mean

Td over time [0.0218C (10yr)21]. The three subregions

were all showed a significant increase. The highest

rising rate of annual mean Td was in northwest arid

region [0.0278C (10yr)21].

4) The Td value of each season in the areas south of

308N was positive. Negative values appeared only in

western Tibet in autumn and in northern China in

spring and summer. The increase of the seasonal

mean Td was generally largest in the summer.

5) With the homogenized data, the Td values were

lower, but the trend of Td increased more significant

over time. The analysis of the long-term surface air

temperature change by using the monthly mean ho-

mogenized temperature data thus result in a further

overestimate of warming trend.

Overall, the present analysis indicates that the pre-

viously applied method to calculate daily and monthly

mean temperature using Tmax and Tmin significantly

overestimates not only the climatological mean of the

national stations and mainland China on a whole, but

also the upward trends of surface air temperature at

most of the stations and in the country. In particular,

because the data of monthly mean temperature as

calculated using Tmax and Tmin have been widely used

in studies of long-term change in global land and re-

gional average surface air temperature, the biases as

revealed in this work should be carefully considered in

future studies.
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书书书

刘芸芸，陈丽娟，２０１９．２０１９年春季我国主要气候异常特征及可能成因分析［Ｊ］．气象，４５（１０）：１４８３１４９３．ＬｉｕＹＹ，ＣｈｅｎＬＪ，

２０１９．Ｆｅａｔｕｒｅｓａｎｄｐｏｓｓｉｂｌｅｃａｕｓｅｓｆｏｒｔｈｅｓｐｒｉｎｇｃｌｉｍａｔｅａｎｏｍａｌｉｅｓｉｎ２０１９［Ｊ］．ＭｅｔｅｏｒＭｏｎ，４５（１０）：１４８３１４９３（ｉｎＣｈｉｎｅｓｅ）．

２０１９年春季我国主要气候异常特征

及可能成因分析

刘芸芸１，２　陈丽娟１
，２

１国家气候中心，中国气象局气候研究开放实验室，北京１０００８１

２南京信息工程大学气象灾害预报预警与评估协同创新中心，南京２１００４４

提　要：２０１９年春季（３—５月），全国平均气温为１１．５℃，为１９６１年以来历史同期第四位；全国平均降水量为１４８．７ｍｍ，接

近常年同期，但旱涝分布差异显著。东北、西北地区东部和华南降水显著偏多，而黄淮、江淮及云南大部降水异常偏少，其中

云南地区降水量为历史同期最少。气温偏高和降水空间分布不均导致旱涝灾害并存。季内气候变化显著，表现出东亚冬季

风环流向夏季风环流转换期的特征。春季（尤其是３—４月）全国大部地区气温偏高受到中纬度环流型的明显影响，乌拉尔山

及其以北地区为负高度距平中心，而乌拉尔山以东到贝加尔湖地区为大范围正高度距平，这种异常环流形势非常有利于我国

气温整体偏高。另一方面，低伟度大气环流则表现出对热带海温异常的明显响应，西太平洋副热带高压（简称西太副高）异常

偏强、偏西及偏南，这基本决定了我国春季降水异常的空间分布型，其强度和位置不仅能够直接影响南方降水分布，同时通过

与中高纬异常环流的相互作用，共同影响我国北方降水异常格局。进一步分析热带海温外强迫的影响显示，在ＥｌＮｉ珘ｎｏ衰减

年的春季，热带印度洋海温的增暖对西太副高持续偏强偏西起到更重要的作用；而ＥｌＮｉ珘ｎｏ事件本身对西太副高强度的影响

在春季逐渐减弱，对西太副高南北位置的影响增强。

关键词：２０１９，春季气候异常，西太平洋副热带高压，ＥｌＮｉ珘ｎｏ，印度洋海温

中图分类号：Ｐ４６１　　　　　　文献标志码：Ａ　　　　　　犇犗犐：１０．７５１９／ｊ．ｉｓｓｎ．１００００５２６．２０１９．１０．０１５

ＦｅａｔｕｒｅｓａｎｄＰｏｓｓｉｂｌｅＣａｕｓｅｓｆｏｒｔｈｅＳｐｒｉｎｇＣｌｉｍａｔｅＡｎｏｍａｌｉｅｓｉｎ２０１９

ＬＩＵＹｕｎｙｕｎ
１，２
　ＣＨＥＮＬｉｊｕａｎ

１，２

１ＬａｂｏｒａｔｏｒｙｆｏｒＣｌｉｍａｔｅＳｔｕｄｉｅｓ，ＮａｔｉｏｎａｌＣｌｉｍａｔｅＣｅｎｔｒｅ，ＣＭＡ，Ｂｅｉｊｉｎｇ１０００８１

２ＣｏｌｌａｂｏｒａｔｉｖｅＩｎｎｏｖａｔｉｏｎＣｅｎｔｅｒｏｎＦｏｒｅｃａｓｔａｎｄＥｖａｌｕａｔｉｏｎｏｆＭｅｔｅｏｒｏｌｏｇｉｃａｌＤｉｓａｓｔｅｒｓ，

ＮａｎｊｉｎｇＵｎｉｖｅｒｓｉｔｙｏｆＩｎｆｏｒｍａｔｉｏｎＳｃｉｅｎｃｅａｎｄＴｅｃｈｎｏｌｏｇｙ，Ｎａｎｊｉｎｇ２１００４４

犃犫狊狋狉犪犮狋：Ｉｎｓｐｒｉｎｇ２０１９（Ｍａｒｃｈ－Ａｐｒｉｌ－Ｍａｙ，ＭＡＭ），ｔｈｅａｖｅｒａｇｅｔｅｍｐｅｒａｔｕｒｅｉｎＣｈｉｎａｉｓ１１．５℃，

ｒａｎｋｉｎｇｔｈｅｆｏｕｒｔｈｉｎｔｈｅｓａｍｅｐｅｒｉｏｄｓｉｎｃｅ１９６１．ＴｈｅａｖｅｒａｇｅｐｒｅｃｉｐｉｔａｔｉｏｎｉｎＣｈｉｎａｉｓ１４８．７ｍｍ （ｎｅａｒ

ｎｏｒｍａｌ），ｗｉｔｈｐｒｏｆｏｕｎｄｓｐａｔｉａｌｄｉｆｆｅｒｅｎｃｅｓ．ＴｈｅｐｒｅｃｉｐｉｔａｔｉｏｎｉｓｍｏｒｅｔｈａｎｎｏｒｍａｌｏｖｅｒＮｏｒｔｈｅａｓｔＣｈｉｎａ，

ｅａｓｔｐａｒｔｏｆＮｏｒｔｈｗｅｓｔＣｈｉｎａａｎｄＳｏｕｔｈＣｈｉｎａ，ｂｕｔｌｅｓｓｔｈａｎｎｏｒｍａｌｏｖｅｒＨｕａｎｇｈｕａｉ，Ｊｉａｎｇｈｕａｉａｎｄｍｏｓｔ

ｏｆＹｕｎｎａｎＰｒｏｖｉｎｃｅｉｎＭＡＭ２０１９．ＴｈｅＭＡＭｐｒｅｃｉｐｉｔａｔｉｏｎｉｎＹｕｎｎａｎｉｓｔｈｅｌｅａｓｔｓｉｎｃｅ１９６１．Ｈｉｇｈｔｅｍ

ｐｅｒａｔｕｒｅａｎｄｕｎｅｖｅｎｓｐａｔｉａｌｄｉｓｔｒｉｂｕｔｉｏｎｏｆｐｒｅｃｉｐｉｔａｔｉｏｎｌｅａｄｔｏｔｈｅｃｏｅｘｉｓｔｅｎｃｅｏｆｄｒｏｕｇｈｔａｎｄｆｌｏｏｄｄｉｓａｓ

ｔｅｒｓｉｎＭＡＭ２０１９．Ｔｈｅｓｕｂｓｅａｓｏｎａｌｃｌｉｍａｔｅｖａｒｉａｂｉｌｉｔｙｉｎｓｐｒｉｎｇ２０１９ｉｓｓｉｇｎｉｆｉｃａｎｔ，ｓｈｏｗｉｎｇｔｈｅｃｈａｒａｃ

ｔｅｒｉｓｔｉｃｓｏｆｔｈｅｔｒａｎｓｉｔｉｏｎｐｅｒｉｏｄｆｒｏｍＥａｓｔＡｓｉａｎｗｉｎｔｅｒｍｏｎｓｏｏｎｃｉｒｃｕｌａｔｉｏｎｔｏｓｕｍｍｅｒｍｏｎｓｏｏｎｃｉｒｃｕｌａ

ｔｉｏｎ．ＴｈｅｈｉｇｈｔｅｍｐｅｒａｔｕｒｅｉｎｍｏｓｔＣｈｉｎａｉｎｓｐｒｉｎｇ（ｅｓｐｅｃｉａｌｌｙｉｎＭａｒｃｈａｎｄＡｐｒｉｌ）ｉｓｏｂｖｉｏｕｓｌｙａｆｆｅｃｔｅｄ

ｂｙｔｈｅｍｉｄｌａｔｉｔｕｄｅｃｉｒｃｕｌａｔｉｏｎａｎｏｍａｌｉｅｓｐａｔｔｅｒｎ．ＴｈｅＵｒａｌＭｏｕｎｔａｉｎｓａｎｄｔｏｔｈｅｉｒｎｏｒｔｈｒｅｇｉｏｎｓａｒｅｔｈｅ

　 国家重点研发计划（２０１８ＹＦＣ１５０５８０６、２０１８ＹＦＣ１５０６００６）和国家自然科学基金项目（４１２７５０７３）共同资助

２０１９年７月１２日收稿；　２０１９年９月９日收修定稿

第一作者：刘芸芸，主要从事短期气候预测研究．Ｅｍａｉｌ：ｌｉｕｙｕｎｙ＠ｃｍａ．ｇｏｖ．ｃｎ

通信作者：陈丽娟，主要从事短期气候预测研究．Ｅｍａｉｌ：ｃｈｅｎｌｊ＠ｃｍａ．ｇｏｖ．ｃｎ

第４５卷 第１０期

２０１９年１０月
　　　　　　　　　　　

气　　　象

ＭＥＴＥＯＲＯＬＯＧＩＣＡＬＭＯＮＴＨＬＹ
　　　 　　　 　　

Ｖｏｌ．４５　Ｎｏ．１０

Ｏｃｔｏｂｅｒ　２０１９



ｃｅｎｔｅｒｏｆｎｅｇａｔｉｖｅｈｅｉｇｈｔａｎｏｍａｌｙ，ｗｈｉｌｅｔｈｅａｒｅａｓｅａｓｔｏｆＵｒａｌＭｏｕｎｔａｉｎｓｔｏＬａｋｅＢａｉｋａｌａｒｅｔｈｅｃｅｎｔｅｒｏｆ

ｐｏｓｉｔｉｖｅｈｅｉｇｈｔａｎｏｍａｌｙ．Ｓｕｃｈａｎａｎｏｍａｌｏｕｓｃｉｒｃｕｌａｔｉｏｎｐａｔｔｅｒｎｉｓｖｅｒｙｈｅｌｐｆｕｌｔｏｔｈｅｏｖｅｒａｌｌｈｉｇｈｔｅｍｐｅｒａ

ｔｕｒｅｉｎＣｈｉｎａ．ＴｈｅａｔｍｏｓｐｈｅｒｉｃｃｉｒｃｕｌａｔｉｏｎｓｙｓｔｅｍｓｐｒｅｓｅｎｔａｎｏｂｖｉｏｕｓｒｅｓｐｏｎｓｅｔｏｔｈｅｔｒｏｐｉｃａｌＳＳＴａｎｏｍａ

ｌｉｅｓｉｎＭＡＭ２０１９．ＴｈｅｗｅｓｔｅｒｎＮｏｒｔｈＰａｃｉｆｉｃｓｕｂｔｒｏｐｉｃａｌｈｉｇｈ（ＷＰＳＨ）ｉｓｓｔｒｏｎｇ，ｗｅｓｔｗａｒｄａｎｄｓｏｕｔｈ

ｗａｒｄｅｘｔｅｎｄｉｎｇ，ｗｈｉｃｈｂａｓｉｃａｌｌｙｄｅｔｅｒｍｉｎｅｓｔｈｅｓｐａｔｉａｌｐａｔｔｅｒｎｏｆｓｐｒｉｎｇｐｒｅｃｉｐｉｔａｔｉｏｎａｎｏｍａｌｙｉｎＣｈｉｎａ．

ＴｈｅｉｎｔｅｎｓｉｔｙａｎｄｌｏｃａｔｉｏｎｏｆＷＰＳＨｎｏｔｏｎｌｙｄｉｒｅｃｔｌｙｃｏｎｔｒｏｌｔｈｅｐａｔｔｅｒｎｏｆｐｒｅｃｉｐｉｔａｔｉｏｎａｎｏｍａｌｙｉｎｓｏｕ

ｔｈｅｒｎＣｈｉｎａ，ｂｕｔａｌｓｏａｆｆｅｃｔｔｈｅｄｉｓｔｒｉｂｕｔｉｏｎｏｆｐｒｅｃｉｐｉｔａｔｉｏｎｏｖｅｒｎｏｒｔｈｅｒｎＣｈｉｎａｔｈｒｏｕｇｈｔｈｅｉｎｔｅｒａｃｔｉｏｎｏｆ

ｃｉｒｃｕｌａｔｉｏｎａｎｏｍａｌｉｅｓｉｎｍｉｄｈｉｇｈｌａｔｉｔｕｄｅｓ．ＦｕｒｔｈｅｒａｎａｌｙｓｉｓｏｎｔｈｅｉｎｆｌｕｅｎｃｅｏｆｔｒｏｐｉｃａｌＳＳＴｆｏｒｃｉｎｇｓｈｏｗｓ

ｔｈａｔｔｈｅｗａｒｍｉｎｇｏｆｔｒｏｐｉｃａｌＩｎｄｉａｎＯｃｅａｎＳＳＴｐｌａｙｓａｍｏｒｅｉｍｐｏｒｔａｎｔｒｏｌｅｉｎｔｈｅｓｕｓｔａｉｎｅｄｓｔｒｅｎｇｔｈｅｎｉｎｇ

ａｎｄｗｅｓｔｗａｒｄｔｒｅｎｄｏｆＷＰＳＨｉｎｔｈｅＥｌＮｉ珘ｎｏｄｅｃａｙｉｎｇｓｐｒｉｎｇ．ＴｈｅｉｎｆｌｕｅｎｃｅｏｆｔｈｅＥｌＮｉ珘ｎｏｅｖｅｎｔｏｎｔｈｅｉｎ

ｔｅｎｓｉｔｙｏｆＷＰＳＨｇｒａｄｕａｌｌｙｗｅａｋｅｎｓｉｎｓｐｒｉｎｇ，ａｎｄｔｈｅｅｆｆｅｃｔｏｎｔｈｅｎｏｒｔｈｓｏｕｔｈｐｏｓｉｔｉｏｎｏｆＷＰＳＨｂｅ

ｃｏｍｅｓｍｏｒｅｏｂｖｉｏｕｓ．

犓犲狔狑狅狉犱狊：２０１９，ｃｌｉｍａｔｉｃａｎｏｍａｌｙｉｎＭＡＭ，ｗｅｓｔｅｒｎＮｏｒｔｈＰａｃｉｆｉｃｓｕｂｔｒｏｐｉｃａｌｈｉｇｈ，ＥｌＮｉ珘ｎｏ，Ｉｎｄｉａｎ

ＯｃｅａｎＳＳＴ

引　言

春季是东亚冬季风环流向夏季风环流的转换

期，控制我国大陆的冬季冷高压逐渐被热低压所替

代，高压则慢慢占据了海洋。此时，中高纬冷空气势

力和热带暖湿气流激烈交绥，造成大气层结很不稳

定，并进一步引起天气气候的变化，甚至带来一些极

端天气气候事件。此外，华南前汛期、江南春雨

（ＴｉａｎａｎｄＹａｓｕｎａｒｉ，１９９８；詹丰兴等，２０１３）以及南

海夏季风的爆发（ＴａｏａｎｄＣｈｅｎ，１９８７）等气候事件

都在春季发生，从而造成春季复杂多变的区域气候

特征。已有研究表明，我国春季气候具有显著的年

际变化（袁媛等，２０１４；邵勰等，２０１５；２０１６；龚志强

等，２０１７；王遵娅等，２０１８），而此时大多数地区正值

农作物播种和生长期，因此春季的气候异常将对农

业生产和人民生活造成重要的影响，有效地理解春

季气候异常并做好预报服务有利于防灾减灾。

中国春季气候异常往往同时受中高纬和低纬大

气环流系统的共同影响（尹姗等，２０１３；王遵娅等，

２０１８），而大气环流异常又与海洋和陆面等外强迫因

子密切相关，如热带海温（陈丽娟等，２０１３；詹丰兴

等，２０１３；袁媛等，２０１４；龚志强等，２０１７）、欧亚青藏

高原积雪（ＷｕａｎｄＫｉｒｔｍａｎ，２００７；左志燕和张人

禾，２０１２；陈红等，２０１７；Ｃｈｅｎｅｔａｌ，２０１９）、北极海

冰（Ｗｕｅｔａｌ，２０１６）等。海洋由于其面积广且热容

量大，尤其受到关注（Ｌｉｕｅｔａｌ，２０１３；２０１５；２０１９；顾

薇和陈丽娟，２０１９）。研究表明，ＥｌＮｉ珘ｎｏ盛期，华南

春季降水显著偏多（ＺｈａｎｇａｎｄＳｕｍｉ，２００２；詹丰兴

等，２０１３），同时也与北太平洋上的环流异常有密切

联系（王林等，２０１１）。ＥｌＮｉ珘ｎｏ期间，华北当年和来

年春季降水往往偏多（王群英和龚道溢，１９９９）。另

外，前期冬季印度洋海温与中国华北春季降水也有

显著关系（顾伟宗等，２００６）。

２０１８年９月开始，热带中东太平洋上发生了一

次新的ＥｌＮｉ珘ｎｏ事件，并于秋末冬初到达盛期，全球

多地气候特征和极端天气气候事件表现出对此次事

件的响应，如澳大利亚持续高温、美国中西部严重洪

涝、中国南方持续连阴雨等。２０１９年春季，ＥｌＮｉ珘ｎｏ

事件持续发展，热带印度洋海温也持续偏暖，在这样

的海温异常配置下，春季我国气候表现出气温大范

围偏高和降水空间差异大的分布特征，旱涝灾害并

存。本文将全面介绍２０１９年春季我国的主要气候

特征，并从大气环流和海温外强迫的角度重点分析

造成２０１９年春季我国降水异常的可能成因。

１　资料与方法

本文所用的资料包括：（１）国家气候中心提供的

１９５１—２０１９年全国１６０站的逐月气温和降水资料；

（２）国家气象信息中心整编的全国２４００站的逐日

气温和降水资料（任芝花等，２０１２）。（３）美国国家环

境预报中心（ＮＣＥＰ）和美国国家大气研究中心

（ＮＣＡＲ）发布的１９５１—２０１９年的大气环流再分析

资料（Ｋａｌｎａｙｅｔａｌ，１９９６），要素包括位势高度场、风

场、比温等，空间分辨率为２．５°×２．５°；（４）美国国家

海洋大气管理局（ＮＯＡＡ）发布的扩展重建的逐月

海温资料（ＥＲＳＳＴｖ５；Ｈｕａｎｇｅｔａｌ，２０１７），空间分
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辨率为２°×２°。文中春季指北半球春季（３—５月平

均），所有变量的气候态（常年）均为１９８１—２０１０年

的平均，距平场去除的都是气候态的平均。热带海

温指数Ｎｉ珘ｎｏ３．４为（５°Ｓ～５°Ｎ、１２０°～１７０°Ｗ）区域

平均的海表温度距平，热带印度洋海盆一致模

（ＩＯＢＭ）指数为（２０°Ｓ～２０°Ｎ、４０°～１１０°Ｅ）区域平均

的海表温度距平（Ｃｈａｍｂｅｒｓｅｔａｌ，１９９９）。

２　２０１９年春季中国气候异常特征

春季全国平均气温为１１．５℃，较常年同期

（１０．４℃）偏高１．１℃，为１９６１年以来历史同期第四

位（图１）。与常年同期相比，我国东北、华北大部、

黄淮及西北大部地区气温偏高１～２℃，局地偏高

２℃以上；仅青海南部局部地区气温较常年同期偏低

０．５～１℃（图２ａ）。从逐月的气温距平分布可以看

到，季节内的气温分布差异很大（图２ｂ，２ｃ，２ｄ）。３

月，我国北方大部及江淮、江南大部气温偏高１～

４℃，而青藏大部地区气温偏低１～２℃，呈现“西低

东高”的分布。４月，除东北南部、华北东部气温略

偏低外，全国其余大部地区气温接近常年到偏高１

～４℃。５月，我国气温偏高的范围明显缩小，全国

月平均气温由前期３—４月的显著偏暖转为接近气

候平均值；５月气温偏高的地区主要集中在东北、华

北、黄淮和西南南部，其余地区气温接近常年到偏

低，其中从西北地区到华中地区，以及江南西部和华

南大部的气温均较常年明显偏低，西北大部和西南

地区东部气温偏低１～２℃。由于３—４月全国气温

偏高的贡献，使得春季平均气温总体仍明显偏高，但

季内表现出前期偏暖后期转冷的变化特征，这与中

纬度环流的季内调整密切相关。

　　春季全国平均降水量为１４８．７ｍｍ，较常年同

期（１４３．７ｍｍ）偏多３．５％（图３）。旱涝空间分布差

异显著（图４ａ），其空间型接近于经验正交模态分解

的第二模态（ＥＯＦ２）特征（龚志强等，２０１７）。东北大

图１　１９６１—２０１９年春季全国平均

气温历年变化

Ｆｉｇ．１　Ｔｉｍｅｓｅｒｉｅｓｏｆａｉｒｔｅｍｐｅｒａｔｕｒｅ

ａｖｅｒａｇｅｄｆｒｏｍＭａｒｃｈｔｏＭａｙ（ＭＡＭｍｅａｎ）

ｉｎＣｈｉｎａｄｕｒｉｎｇ１９６１－２０１９

图２　２０１９年春季（ａ）和３月（ｂ）、４月（ｃ）、５月（ｄ）的

全国平均气温距平分布
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图３　１９６１—２０１９年春季全国平均

降水量历年变化

Ｆｉｇ．３　ＴｉｍｅｓｅｒｉｅｓｏｆＭＡＭｍｅａｎｒａｉｎｆａｌｌ

ｉｎＣｈｉｎａｄｕｒｉｎｇ１９６１－２０１９

部、西北地区中东部、华南东部及新疆中西部等地降

水量较常年同期偏多２０％至２倍，局地偏多２倍以

上；而黄淮、江淮、江汉北部及西南地区南部降水量

较常年同期偏少２０％～８０％，局地偏少８０％以上，

其中云南降水量为１９６１年以来历史同期最少值。

从逐月的降水分布来看，北方旱涝转换明显：３月北

方大部分地区降水偏少（图４ｂ），４月西北和华北大

部降水偏多（图４ｃ），５月西北和东北大部降水偏多

（图４ｄ）；与季内变率较大的北方地区不同，南方地

区“东多西少”的降水异常特征稳定维持，云南降水

持续偏少，而江南南部和华南的降水持续偏多，这与

热带海温持续的强迫影响有关（Ｗｕｅｔａｌ，２００３；Ｈｕ

ｅｔａｌ，２０１２）。

　　气温总体偏高和降水空间分布不均导致我国春

季旱涝灾害并重。一方面，我国南方春季共出现１２

次区域性暴雨天气过程，长江中下游及华南等地持

续遭受暴雨洪涝灾害。持续的降水过程也导致今年

华南前汛期的开始较常年同期明显偏早（３月９日

开始，较常年同期偏早２８ｄ）。另一方面，由于高温

少雨，东北地区３—４月干旱发展，５月随着降水的

增多干旱缓解；黄淮和华北南部在３和５月都出现

了中至重度气象干旱；而西南中南部气象干旱在春

季持续发展（图５）。以云南为例，４—５月云南降水

量５９．５ｍｍ，为１９６１年以来历史同期最少，气温较

常年同期偏高２．１℃，为历史同期最高；持续的高温

少雨导致云南大部发生严重春旱，气象干旱范围和

强度为近２０年同期最强。

　　从上面的分析可以看到，无论是气温还是降水，

春季气候季内变化都非常显著，这也是春季作为东

亚冬季风环流向夏季风环流的转换期所特有的表

现。但是气候异常中也有稳定维持的特征，尤其是

南方降水“东多西少”的空间型贯穿春季，下面将主

要针对春季中相对持续的异常特征作进一步的成因

分析。

图４　２０１９年春季（ａ）、３月（ｂ）、４月（ｃ）和５月（ｄ）的

全国降水距平百分率分布

Ｆｉｇ．４　ＤｉｓｔｒｉｂｕｔｉｏｎｏｆｒａｉｎｆａｌｌａｎｏｍａｌｙｐｅｒｃｅｎｔａｇｅｏｖｅｒＣｈｉｎａ

ｉｎ（ａ）ＭＡＭ，（ｂ）Ｍａｒｃｈ，（ｃ）Ａｐｒｉｌ，ａｎｄ（ｄ）Ｍａｙ２０１９
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图５　２０１９年３月３１日（ａ）、４月３０日（ｂ）和５月３１日（ｃ）的全国气象干旱综合监测

Ｆｉｇ．５　ＤｉｓｔｒｉｂｕｔｉｏｎｏｆｍｅｔｅｏｒｏｌｏｇｉｃａｌｄｒｏｕｇｈｔｏｖｅｒＣｈｉｎａｏｎ（ａ）３１Ｍａｒｃｈ，（ｂ）３０Ａｐｒｉｌａｎｄ（ｃ）３１Ｍａｙ２０１９

３　２０１９年春季气候异常的可能成因

３．１　大气环流异常特征

从５００ｈＰａ位势高度距平场分布（图６ａ）可以看

到，欧亚中高纬为较平直的纬向型环流，乌拉尔山以

北存在一个负高度距平中心，乌拉尔山以东到贝加

尔湖地区为显著的正高度距平，同时中国大陆地区

上空也是较强的正高度距平，从而不利于来自高纬

的冷空气南下影响我国。这样的异常环流形势在春

季前期（３—４月）尤为显著（图略）。春季全国平均

气温与５００ｈＰａ位势高度场的相关分布（图６ｂ）进

一步说明，当乌拉尔山及其以北地区出现负高度距

图６　２０１９年春季（ａ）５００ｈＰａ高度（等值线）及距平场（阴影）分布（单位：ｇｐｍ），（ｂ）全国

平均气温距平与５００ｈＰａ高度距平场的相关分布（浅中深阴影分别表示超过０．１、０．０５和

０．０１显著性水平的区域），（ｃ）东亚冬季风强度指数距平的逐日变化

Ｆｉｇ．６　（ａ）Ｔｈｅ５００ｈＰａｇｅｏｐｏｔｅｎｔｉａｌｈｅｉｇｈｔ（ｃｏｎｔｏｕｒ）ａｎｄａｎｏｍａｌｉｅｓ（ｓｈａｄｅｄ）（ｕｎｉｔ：ｇｐｍ）；

（ｂ）ｃｏｒｒｅｌａｔｉｏｎｂｅｔｗｅｅｎｔｈｅａｖｅｒａｇｅｄＭＡＭｔｅｍｐｅｒａｔｕｒｅａｎｏｍａｙｉｎＣｈｉｎａａｎｄ５００ｈＰａ

ｇｅｏｐｏｔｅｎｔｉａｌｈｅｉｇｈｔａｎｏｍａｌｉｅｓ（Ｌｉｇｈｔ，ｍｅｄｉｕｍａｎｄｄａｒｋｓｈａｄｉｎｇｓｉｎｄｉｃａｔｅｔｈｅａｒｅａｓｗｉｔｈ

ｖａｌｕｅｓａｂｏｖｅｔｈｅｓｉｇｎｉｆｉｃａｎｃｅｌｅｖｅｌｏｆ０．１，０．０５，ａｎｄ０．０１，ｒｅｓｐｅｃｔｉｖｅｌｙ）；（ｃ）ｔｈｅｄａｉｌｙ

ＥａｓｔＡｓｉａｎｗｉｎｔｅｒｍｏｎｓｏｏｎｉｎｔｅｎｓｉｔｙｉｎｄｅｘｉｎＭＡＭ２０１９
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平中心，并且从乌拉尔山以东到贝加尔湖地区为大

范围正高度距平的异常环流形势时，非常有利于我

国气温整体偏高。而东亚冬季风强度指数（Ｃｈｅｎｅｔ

ａｌ，２０００）的逐日监测也显示（图６ｃ），受中高纬异常

环流形势的影响，２０１９年３月以来东亚冬季风强度

显著偏弱，对应３—４月全国气温大范围偏高（图３ｂ

和３ｃ），而５月中旬之后冬季风强度转强，则对应５

月气温偏高的范围较前期明显缩小（图３ｄ）。

春季环流的另一个特点是东亚地区自北向南为

典型的“＋－＋”的异常环流型分布（图６ａ），春季内

各月也基本维持“＋－＋”的分布特征（图略），尤其

在副热带地区的环流稳定维持正距平，其中西太平

洋副热带高压（以下简称西太副高）较气候态偏大、

偏强、偏西，总体偏南（图７），对我国南方“东多西

少”的降水异常分布有重要贡献。对流层低层环流

场上（图８），日本以南洋面上为显著的气旋性异常

环流，其西侧的偏北风距平与来自偏南偏强的西太

副高西侧的偏南风距平在我国东南沿海汇合，有利

于江南南部和华南地区降水偏多。孟加拉湾存在显

著的反气旋性异常环流，在其南侧的赤道印度洋以

北区域为弱的偏东风距平，对应印度西南夏季风偏

弱，输送到我国西南南部地区的水汽明显减弱，对应

该地区为显著的水汽辐散（图９），从而导致云南大

部地区春季降水异常偏少。而中高纬地区，贝加尔

湖和鄂霍次克海两个高度正距平之间存在一个相对

低值区（图６ａ），东北冷涡阶段性活跃，对应低层风

场上也是显著的气旋性环流（图８），有利于东北地

区降水偏多。可见，春季虽然存在季节内变率，但是

副热带环流系统的稳定以及春季前期（３—４月）欧

亚中高纬度环流异常的持续对春季气候异常特征起

到主要贡献。

　　进一步计算了西太副高指数（刘芸芸等，２０１２）

与我国春季降水的同期相关（图１０）可见，西太副高

脊线与我国华南降水表现为显著负相关关系，与江

淮和黄淮大部为显著正相关关系（图１０ｃ），即副高

脊线偏南时，有利于我国华南地区春季降水偏多，而

江淮、黄淮降水偏少。这与２０１９年春季我国东部地

区降水异常的空间分布特征非常相近。副高面积、

强度及西伸脊点由于其自身具有高相关性（刘芸芸

等，２０１２），它们与春季降水的相关分布也较为一致，

主要在我国东北、西北地区中东部、新疆北部和华南

东部 为 正 相 关，而 与 西 南 南 部 地 区 为 负 相 关

（图１０ａ，１０ｂ和１０ｄ），即西太副高偏大、偏强和偏西

时，有利于我国东北、西北中东部、新疆北部和华南

东部降水偏多，而云南大部降水偏少。这样的降水

分布型与２０１９年春季降水异常分布实况（图４ａ）非

常吻合，也进一步证实２０１９年春季西太副高异常偏

强、偏西及偏南的特征，基本决定了我国春季降水异

图７　１９８１—２０１９年春季西太副高指数的历年变化，包括面积指数（ａ），

强度指数（ｂ），脊线指数（ｃ），西伸脊点（ｄ）

（红色柱状为２０１９年春季）

Ｆｉｇ．７　ＴｉｍｅｓｅｒｉｅｓｏｆＭＡＭ ＷＰＳＨｉｎｄｉｃｅｓｄｕｒｉｎｇ１９８１－２０１９，ｉｎｃｌｕｄｉｎｇ（ａ）ａｒｅａｉｎｄｅｘ，

（ｂ）ｉｎｔｅｎｓｉｔｙｉｎｄｅｘ，（ｃ）ｒｉｄｇｅｌｉｎｅｉｎｄｅｘ，ａｎｄ（ｄ）ｗｅｓｔｅｒｎｍｏｓｔｐｏｉｎｔ．

（ＲｅｄｂａｒｓｉｎｄｉｃａｔｅｔｈｅｉｎｄｉｃｅｓｉｎＭＡＭ２０１９）
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图８　２０１９年春季８５０ｈＰａ距平

风场（单位：ｍ·ｓ－１）

Ｆｉｇ．８　Ｄｉｓｔｒｉｂｕｔｉｏｎｏｆ８５０ｈＰａｈｏｒｉｚｏｎｔａｌｗｉｎｄ

ａｎｏｍａｌｙ（ｕｎｉｔ：ｍ·ｓ
－１）ｉｎＭＡＭ２０１９

常的分布型。这也从一定程度上说明，西太副高作

为东亚夏季风系统中的重要成员之一，其强度和位

置不仅能够直接影响南方降水分布，同时也通过与

中高纬异常环流系统的配置，进一步影响我国北方

降水异常的格局。

３．２　可能的外强迫因子

是什么原因导致今年春季西太副高出现偏强偏

西及偏南的特征呢？有研究指出，来自海洋的外强

图９　２０１９年春季对流层整层积分的水汽

输送距平（箭头，单位：ｋｇ·ｓ
－１·ｍ－１）及

其散度场（阴影，单位：１０－５ｋｇ·ｍ
－２·ｓ－１）

Ｆｉｇ．９　Ｖｅｒｔｉｃａｌｌｙｉｎｔｅｇｒａｔｅｄｍｏｉｓｔｕｒｅｔｒａｎｓｐｏｒｔ

ａｎｏｍａｌｉｅｓ（ｖｅｃｔｏｒ，ｕｎｉｔ：ｋｇ·ｓ
－１·ｍ－１）ａｎｄ

ａｓｓｏｃｉａｔｅｄｄｉｖｅｒｇｅｎｃｅａｎｏｍａｌｉｅｓ（ｓｈａｄｅｄａｒｅａ，

ｕｎｉｔ：１０－５ｋｇ·ｍ
－２·ｓ－１）ｉｎＭＡＭ２０１９

迫往往通过海气相互作用（陈丽娟等，２０１３）和大气

波动的传播等方式引起大气环流异常并进一步导致

气候异常（Ｍａｔｓｕｎｏ，１９６６；Ｇｉｌｌ，１９８０）。图１１为

２０１９年春季海表温度距平的分布及关键海区海温

指数的逐月演变。可以看到，自２０１８年９月以来，

Ｎｉ珘ｎｏ３．４指数持续超过０．５℃，至２０１９年１月已达

图１０　我国春季降水异常分别与西太副高面积指数（ａ）、强度指数（ｂ）、脊线指数（ｃ）

和西伸脊点（ｄ）的相关（浅中深阴影分别表示超过０．１、０．０５和０．０１的显著性水平的区域）

Ｆｉｇ．１０　ＣｏｒｒｅｌａｔｉｏｎｄｉｓｔｒｉｂｕｔｉｏｎｓｏｆｔｈｅＭＡＭｐｒｅｃｉｐｉｔａｔｉｏｎａｎｏｍａｌｉｅｓｗｉｔｈ（ａ）ａｒｅａｉｎｄｅｘ，

（ｂ）ｉｎｔｅｎｓｉｔｙｉｎｄｅｘ，（ｃ）ｒｉｄｇｅｌｉｎｅｉｎｄｅｘ，ａｎｄ（ｄ）ｗｅｓｔｅｒｎｍｏｓｔｐｏｉｎｔｏｆＷＰＳＨ （Ｌｉｇｈｔ，ｍｅｄｉｕｍａｎｄ

ｄａｒｋｓｈａｄｉｎｇｓｉｎｄｉｃａｔｅｔｈｅａｒｅａｓｗｉｔｈｖａｌｕｅｓａｂｏｖｅｔｈｅｓｉｇｎｉｆｉｃａｎｃｅｌｅｖｅｌｏｆ０．１，０．０５，ａｎｄ０．０１，ｒｅｓｐｅｃｔｉｖｅｌｙ）
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到一次ＥｌＮｉ珘ｎｏ事件标准，并于秋末冬初达到峰值

（图１１ｂ）。２０１９年春季Ｎｉ珘ｎｏ３．４指数开始减小，表

现出ＥｌＮｉ珘ｎｏ衰减年的特征。由于赤道中东太平洋

海温异常偏暖，西太平洋暖池及海洋性大陆地区海

温相对偏低（图１１ａ），使得春季热带西太平洋暖池

区域对流受到一定的抑制，有利于热带对流辐合带

（ＩＴＣＺ）位 置 相 对 偏 南 （Ｃｈａｎ２０００；Ｃｈｉａａｎｄ

Ｒｏｐｅｌｅｗｓｋｉ，２００２；ＷａｎｇａｎｄＣｈａｎ，２００２）。西北太

平洋地区（１１０°～１５０°Ｅ平均）对外长波辐射（ＯＬＲ）

距平的纬度时间剖面图显示，从２０１９年３月以来，

对流活跃区基本在１２°Ｎ以南，对应西太副高的脊

线位置则稳定维持在１４°～１７°Ｎ（图１２）。由于缺少

季节性北推的动力和热力条件，导致西太副高位置

变化不大，由冬季的相对气候态异常偏北转为春季

相对气候态偏南的特征。从春季西太副高脊线指数

与前期逐月的关键海区海温指数的相关系数演变可

以更加直观地看到，春季副高脊线与３—５月的

Ｎｉ珘ｎｏ３．４指数相关关系最为显著，超过０．０５显著性

水平（图１３ｂ）。也就是说，当春季赤道中东太平洋

海温异常偏暖时，相对应的西太暖池偏冷，对流不活

跃，西太副高位置容易偏南，从而易导致我国南方降

水出现东多西少的异常空间型。

与此同时，春季热带印度洋海温也持续偏暖

（图１１ａ），ＩＯＢＭ 指数（Ｃｈａｍｂｅｒｓｅｔａｌ，１９９９）自

２０１８年１１月开始转为正距平（图１１ｂ）。有研究表

明，热带印度洋海温偏暖（偏冷）通常滞后于ＥｌＮｉ珘ｎｏ

（ＬａＮｉ珘ｎａ）事件大约３～４个月（ＬａｕａｎｄＮａｔｈ，

２００３；Ｙａｎｇｅｔａｌ，２００７），印度洋暖海温的发展通过

图１１　２０１９年春季全球海温距平场分布（ａ，单位：℃）和Ｎｉ珘ｎｏ３．４与

ＩＯＢＭ海温指数的逐月变化（ｂ）

Ｆｉｇ．１１　（ａ）Ｄｉｓｔｒｉｂｕｔｉｏｎｏｆｔｈｅｇｌｏｂａｌｓｅａｓｕｒｆａｃｅｔｅｍｐｅｒａｔｕｒｅａｎｏｍａｌｙ（ｕｎｉｔ：℃），

（ｂ）ｔｉｍｅｓｅｒｉｅｓｏｆｔｈｅｍｏｎｔｈｌｙＮｉｎｏ３．４ａｎｄＩＯＢＭｉｎｄｉｃｅｓｉｎＭＡＭ２０１９

图１２　２０１９年１—５月西北太平洋地区（１１０°～

１５０°Ｅ）对外长波辐射距平（阴影，单位：Ｗ·ｍ－２）

和西太副高脊线（１０°Ｎ以北的红实线，绿色虚线

为气候平均值）的纬度时间剖面图

Ｆｉｇ．１２　ＬａｔｉｔｕｄｅｔｉｍｅｓｅｃｔｉｏｎｏｆＯＬＲａｎｏｍａｌｙ

（ｓｈａｄｅｄａｒｅａ，ｕｎｉｔ：Ｗ·ｍ－２）ａｎｄＷＰＳＨｒｉｄｇｅｌｉｎｅ

（ｒｅｄｌｉｎｅ：ｎｏｒｔｈｏｆ１０°Ｎ；ｇｒｅｅｎｄａｓｈｅｄｌｉｎｅ：

ｃｌｉｍａｔｉｃｍｅａｎ）ｆｒｏｍＪａｎｕａｒｙｔｏＭａｙ２０１９

ＭａｔｓｕｎｏＧｉｌｌ响应（Ｍａｔｓｕｎｏ，１９６６；Ｇｉｌｌ，１９８０）激发

Ｋｅｌｖｉｎ波，在孟加拉湾和南海分别产生异常的反气

旋环流，该反气旋环流有利于西太副高的加强西伸

（Ｙｕａｎｅｔａｌ，２０１２）。２０１９年春季的低纬度大气环

流系统表现出对热带海温异常的显著响应，孟加拉

湾和南海地区均存在较为明显的反气旋性异常环流

（图８），有利于西太副高在春季持续偏强偏西。春

季西太副高强度指数与前期逐月热带海温指数的相

关也可以看到，随着时间的演变，春季 ３—５月

ＩＯＢＭ指数与副高强度指数的正相关关系最为显

著，超过０．０１的显著性水平（图１３ａ）。由于副高强

度和西伸脊点本身具有高相关性（刘芸芸等，２０１２），

副高的西伸脊点指数与热带海温指数的相关与前者

类似（图略）。即春季热带印度洋海盆整体偏暖时，

西太副高容易偏强偏西。同时也注意到，相比热带

印度洋海温异常，赤道中东太平洋的暖海温异常对

西太副高强度的影响在逐渐减弱，表明在ＥｌＮｉ珘ｎｏ

衰减年的春季，热带印度洋海温的增暖对西太副高
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图１３　１９８１—２０１９年春季西太副高强度指数（ａ）和脊线指数（ｂ）分别

与Ｎｉ珘ｎｏ３．４指数、ＩＯＢＭ指数的线性相关

（相关系数０．３１达到０．０５显著性水平；横坐标中的（－１）表示超前一年，（０）表示同一年）

Ｆｉｇ．１３　ＣｏｒｒｅｌａｔｉｏｎｃｏｅｆｆｉｃｉｅｎｔｓｂｅｔｗｅｅｎｔｈｅＭＡＭ ＷＰＳＨｉｎｄｉｃｅｓａｎｄ

ｔｒｏｐｉｃａｌｍｏｎｔｈｌｙＳＳＴｉｎｄｉｃｅｓｄｕｒｉｎｇ１９８１－２０１９

（Ｃｏｒｒｅｌａｔｉｏｎｃｏｅｆｆｉｃｉｅｎｔｓｅｘｃｅｅｄｉｎｇ０．３１ｒｅａｃｈｔｈｅｓｉｇｎｉｆｉｃａｎｔｌｅｖｅｌｏｆ０．０５；（－１）ｉｎｔｈｅ狓ａｘｉｓ

ｉｎｄｉｃａｔｅｓｏｎｅｙｅａｒｉｎａｄｖａｎｃｅ，ａｎｄ（０）ｉｎｄｉｃａｔｅｓｔｈｅｓａｍｅｙｅａｒ）

持续偏强偏西起到更加重要的作用。这与先前的研

究结果也是一致的（Ｘｉｅｅｔａｌ，２００９；Ｌｉｕｅｔａｌ，

２０１３；袁媛等，２０１４；ＨｅａｎｄＺｈｏｕ，２０１５）。

４　结论和讨论

本文利用中国站点降水和气温资料、ＮＣＥＰ／

ＮＣＡＲ再分析资料和观测的海温资料，总结了２０１９

年春季（３—５月）我国主要气候异常特征，并分析了

导致我国降水区域差异显著的可能成因。主要结论

如下：

２０１９年春季，全国平均气温为１１．５℃，为１９６１

年以来历史同期第四位；全国平均降水量为１４８．７

ｍｍ，接近常年同期，但旱涝空间的差异显著。东

北、西北地区东部和华南降水显著偏多，而黄淮、江

淮及西南地区南部降水却异常偏少，其中云南地区

降水量为历史同期最少。气温偏高和降水空间分布

不均导致旱涝灾害并重。季内气候变化显著，这是

春季作为东亚冬季风环流向夏季风环流的转换期所

特有的表现。春季（尤其是３—４月）全国大部地区

气温偏高受到中纬度乌拉尔山至贝加尔湖环流型的

明显影响。

低纬度大气环流表现出对热带海温异常的显著

响应，西太副高异常偏强、偏西及偏南的特征基本决

定了我国春季降水异常的分布型，其强度和位置不

仅能够直接影响南方降水东多西少的分布，同时也

通过与中高纬异常环流系统间的相互作用影响我国

北方降水异常的格局。进一步分析热带海温外强迫

的影响显示，在ＥｌＮｉ珘ｎｏ衰减年的春季，热带印度洋

海温的增暖对西太副高持续偏强偏西起到更加重要

的作用，而ＥｌＮｉ珘ｎｏ事件对西太副高强度的影响在

春季逐渐减弱，更多地表现出对西太副高南北位置

的影响。

另外，还有研究指出，ＥＮＳＯ事件还对我国云南

春季降水具有显著影响（杨亚力等，２０１１），ＥｌＮｉ珘ｎｏ

年孟加拉湾出现明显的反气旋式环流异常，使得对

云南地区的水汽输送减弱，导致云南大部地区春季

降水偏少。这与２０１９春季的大气环流异常特征非

常吻合，也从一定程度上说明２０１９年春季大气环流

对ＥｌＮｉ珘ｎｏ事件的响应是显著的。
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Abstract
Using the reanalysis data and local weather station data, the relationship between

El Niño and Southern Oscillation (ENSO) and the summer precipitation over

Northwest China (SPNWC) is investigated. A pronounced rainfall response is

observed in post-ENSO summer, especially over North Xinjiang and Yili River

valley. A possible mechanism is proposed for such a seasonal lagged impact. El

Niño could induce Indian Ocean warming that persists into boreal spring and sum-

mer although El Niño itself has dissipated. The warmer Indian Ocean sea surface tem-

perature (SST) would heat the tropospheric atmosphere and elevate the tropical

geopotential height at the upper level. As a result, the South Asian High (SAH) exhibits

a southward extension due to the increasing geopotential height in its southern flank. A

southward displacement of subtropical jet is evident associated with such SAH shift,

which further induces a barotropic low pressure anomaly over central Asia. Meanwhile,

associated with the southward displacement of subtropical jet, the water vapor from

tropical Indian Ocean tends to transport across Iranian Plateau and bring wet and warm

air into central Asia. The resultant convergence of water vapor with cold and dry air

from high latitude leads to the observed rainfall anomaly to the south and east of

Balkhash Lake, explaining the lagged relationship between ENSO and SPNWC. Our

results have potential applications on the seasonal prediction of SPNWC.

KEYWORD S

ENSO, impact, mechanism, Northwest China, summer precipitation

1 | INTRODUCTION

Northwest China is located in the inland of Eurasian conti-
nent, which is far away from the oceans. Owing to the
lack of precipitation, Northwest China is featured as the
arid-semiarid region. However, the interannual variation of
the precipitation is pronounced in this region, especially
during the boreal summer. For example, during the sum-
mer in 2016, heavy rainfall took place in the Xinjiang

province over Northwest China, resulting in the severe
road damages and civilian casualties. Recent studies have
shown the increasing trend of such extreme precipitation
since recent decades (Jiang et al., 2005; Chen et al.,
2011). The economic and social loss could be reduced if
skillful seasonal prediction can be provided. However,
compared with the remarkable progresses in understanding
the monsoonal climate over East China (e.g., reviewed by
Ding and Chan, 2005), less attention is paid to the
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dynamics and predictability of the precipitation over
Northwest China.

Previous studies have shown that the teleconnection pat-
terns, such as the Silk Road pattern and Europe–China pat-
tern are responsible for the July precipitation variations in
Northwest China (Chen and Huang, 2012). The meridional
teleconnection in central Asia can affect the summer rainfall
over Tarim Basin in Northwest China by exciting the favor-
able water vapor transport (Huang et al., 2015). Significant
correlation is discovered between the middle-upper tropo-
spheric temperature and the summer rainfall over Tarim
Basin (Zhao et al., 2014a; 2014b). In addition, the meridio-
nal displacement of subtropical westerly jet (Yang and
Zhang, 2008; Zhao et al., 2014a; 2014b), the anomalous
cyclone over central Asia (Yang and Zhang, 2007), previous
thermal anomaly over Tibetan Plateau (Zhao et al., 2016)
and the variation of South Asian High (SAH) (Wang et al.,
2017) are also suggested to be the controlling factors for the
summer precipitation in Northwest China. These findings
mainly focus on the internal atmospheric variations,
teleconnections and the local land-atmosphere interactions.

El Niño and Southern Oscillation (ENSO) is the strongest
climate fluctuation on interannual timescale, which can induce
remote climate impacts by stimulating teleconnections
(Trenberth et al., 1998). Extensive studies have pointed out the
control of ENSO on the East Asian monsoon (e.g., Fu and
Teng, 1988; Huang and Wu, 1989; Zhang et al., 2016), in
which the strengthening of northwestern Pacific subtropical high
during the El Niño decaying summer plays a key role (Wang
et al., 2000; Stuecker et al., 2015; Xie et al., 2016; Li et al.,
2017; Zhang et al., 2017). Northwest China lies in the “westerly
dominated regime” (Huang et al., 2015), which is different from
East China that controlled by monsoon circulations. However,
recent evidences have shown that the summer temperature and
precipitation in Northwest China is also correlated with tropical
SST anomalies (Yang et al., 2010; Li et al., 2018). In this study,
the observations, reanalysis data, and the results from Atmo-
spheric Model Intercomparison Project (AMIP) are analyzed to
investigate the possible relationship between the Northwestern
China summer precipitation and ENSO. In addition, a possible
physical mechanism is proposed.

2 | DATA AND METHODOLOGY

This study utilizes HadISST (Hadley Center Global Sea Sur-
face Temperature data set; Rayner et al., 2006) for the
observed monthly mean SST, with horizontal grid resolutions
of 1� × 1� since 1870. Hadley Center/Climatic Research Unit
CRU_ts4.02 is adopted to obtain the high resolution
(0.5� × 0.5�) land precipitation since 1901 (Harris et al., 2014),
which is verified by the station precipitation data in Xinjiang
province, Northwest China since 1961. Reanalysis-1 (National

Centers for Environmental Prediction–National Center for
Atmospheric Research reanalysis data; Kalnay et al., 1996) is
used to retrieve the fields of horizontal wind, geopotential
height and humidity since 1948. A common period after 1961
is analyzed for the observational data.

As an effort to confirm the atmospheric response to ocean
forcings, the Atmospheric Models Intercomparison Project
(AMIP) experiment output of 22 climate models that partici-
pate in Coupled Models Intercomparison Project phase
5 (CMIP5) are analyzed in this paper (Table S1). These
experiments are imposed with historical sea surface tempera-
ture (SST; Taylor et al., 2012), and the common overlay
period from 1979 to 2008 is analyzed.

To focus on the interannual variability of SST, circulation
and precipitation, the linear trend derived from the linear
regression is removed. This is necessary, especially when
studying the SST in tropical Indian Ocean, which exhibits a
remarkable increasing trend (Du and Xie, 2008).

3 | RESULTS

The correlation of the summer precipitation with ENSO in
previous winter is given in Figure 1. A significant correla-
tion is evident to the south and east of Balkhash Lake
(Figure 1a). Especially in North Xinjiang over Northwest
China, the correlation coefficient reaches 0.5, which is com-
parable with the summer rainfall response to ENSO in East
China (Zhang et al., 2016). This result is further confirmed
by the observational weather station data. As demonstrated
in Figure 1c, the summer precipitation is tightly correlated
with previous Niño3.4 anomalies at the stations located
around Alatao Mountain, Yili River valley and the northern
periphery of the Tienshan Mountains, which is consistent
with the findings using CRU reconstructions. It is also noted
that the precipitation over other parts of Northwest China,
such as Tarim Basin, is unaffected by previous ENSO. It
implies the different mechanisms of summer rainfall forma-
tion between the southern and northern sides of Tienshan
Mountain.

It is interesting that the concurrent response of North
Xinjiang precipitation to ENSO is weak, with the insignifi-
cant correlation of 0.2 (Figure 1e). The robust relationship
occurs in post-ENSO spring and summer. In this paper, only
the summer (from June to August) precipitation is studied
given the fact that the climatological mean and interannual
variation is largest over Northwest China in boreal summer.
Such a lagged response in post-ENSO summer is worthy of
investigation since equatorial SST anomalies has dis-
appeared then (black curve in Figure 1e). The mechanism of
this two-season lagged response remains unclear. Similar
lagged correlation exists for ENSO-East Asian summer
monsoon relationship, which has been extensively studied
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(Fu and Teng, 1988; Huang and Wu, 1989; Zhang et al.,
2016). As demonstrated in Figure 1e, the Indian Ocean
Basin Mode SST (defined as the averaged SST within 40�–
110�E; 20�S–20�N) anomaly develops after the mature
phase of ENSO and persists into the following spring and
summer. Xie et al. (2009) proposed that this Indian Ocean
SST anomaly acts as a capacitor that prolongs the impact of
fast decaying ENSO SST and further induces the anomalous
anticyclone over northwestern Pacific. Figure 1b shows that
the summer precipitation over North Xinjiang is also related
to with the IOBM during boreal spring. The correlation pat-
tern generally resembles that with ENSO during previous
winter (Figure 1b), which is also verified by the station data
(Figure 1d). This statistical result is not surprising, given the
fact that IOBM in post-ENSO spring is highly correlated
with ENSO in its mature phase (Figure 1e). Figure 2 further
demonstrates the regression pattern of SST anomalies
against the summer precipitation over North Xinjiang. Dur-
ing previous winter, the most remarkable SST anomaly is
observed over the equatorial central to eastern Pacific
(Figure 2a), which resembles the spatial pattern of ENSO.
As ENSO decays, the correlation over the equatorial eastern
Pacific drops in boreal spring and summer (Figure 2b and
(c)). However, the consistent correlation is evident over

Indo-western Pacific Ocean (Figure 2b,c), indicating the
capacity effect of Indian Ocean that prolongs the influence
of ENSO on the summer climate over North Xinjiang. Thus,
it is necessary to investigate the mechanism of how IOBM
affects the summer precipitation over Northwest China
(SPNWC).

In the subtropical upper troposphere, the westerly jet is
an important atmospheric circulation pattern (contours in
Figure 3) which is closely related to the summer precipita-
tion distribution in central (Schiemann et al., 2009) and East
Asia (Lu, 2004). Figure 3 shows the difference of the com-
posite zonal wind anomalies at 200 hPa between the positive
and negative IOBM years. Here, the positive (negative)
IOBM years is defined when the detrended IOBM index
exceeding 0.5 (−0.5) SD. In the observation, the positive
(negative) wind anomalies are evident to the south (north) of
the climatologic jet core. This pattern indicates the pro-
nounced southward (northward) shift with the Indian Ocean
warming (cooling). This result is further examined by the
AMIP experiments. With the historical Indian Ocean SST
forcing, the ensemble mean of 22 AMIP models is able to
produce this jet shift, although the amplitude is under-
estimated due to intermodal cancelation (Figure S1). Previ-
ous studies have shown that this meridional shift of jet axis,
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FIGURE 1 The correlation patterns of summer (June to August) precipitation (left panel for CRU precipitation; median panel for station
precipitation in Xinjiang Province over Northwest China) against Niño3.4 anomalies during previous winter (November to January; a, c) and IOBM
anomalies during current spring (March to May; b, d). The large solid circle, median solid circle and small open circle in (c, d) represent the
significant correlation at 99, 95 and 90% confidence levels, respectively. (e) The lag correlations of the Niño3.4 anomalies (black curve), IOBM
anomalies (blue curve) and summer precipitation over North Xinjiang (red curve) against Niño3.4 anomalies during previous winter, with 3-month
running average applied. The thick curves in indicate the significant correlations at 99% confidence level based on the student t test
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rather than the variation of jet strength, is the leading mode
of the interannual jet variation (Lin and Lu, 2005; Zhao
et al., 2014a; 2014b). The location of the westerly jet, espe-
cially the active center over Caspian Sea, is critical to the

SPNWC (Zhao et al., 2014a; 2014b). Figure 4 demonstrates
the regression pattern of circulation and water vapor trans-
port against the normalized Jet location index (defined as the
difference between the averaged 200 hPa zonal wind within

(a)

(b)

(c)

FIGURE 2 The regression patterns of SST anomalies against the summer rainfall over North Xinjiang in D(−1)JF (a), MAM (b) and JJA (c).
The shadings indicate the regions with significant correlations at 99% confidence level

FIGURE 3 The summer (June
to August) climatologic zonal wind
(contour; unit: m/s) and the
composite differences of its
anomalies between the positive and
negative IOBM years (shading; unit:
m/s) at 200 hPa in the observation
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40�–80�E; 30�–42.5�N and 40�–80�E; 42.5�–55�N). The
southward shift of the jet over Caspian Sea would stimulate
a cyclonic circulation at 500 hPa (Figure 4a), which is a
well-known key circulation pattern favorable for the summer
precipitation over North Xinjiang. In the lower troposphere,

the anomalous warm and wet air from the Indian Ocean
transports across the Iranian Plateau and meets with the cold
air from high latitude around the Balkhash Lake (Figure 4b).
The vertical integrated water vapor transport also demon-
strates the moisture convergence around the Balkhash Lake

(a) (b) (c)

FIGURE 4 The regression patterns of horizontal wind (vector; unit: m/s) and geopotential height anomalies (shading; unit: gpm) at 500 hPa
(a) and 850 hPa (b) against the normalized Jet Position Index during boreal summer. (c) The regression of vertical integrated water vapor transport
against the normalized Jet Position Index during boreal summer (surface to 300 hPa; unit: 104g/[s m])

(a)

(b)

FIGURE 5 (a) The correlation
patterns between IOBM and the
summer tropospheric
(1,000–100 hPa) temperature
anomalies (shading), and the
climatologic (black contour) and the
composites of SAH during the
positive (blue contour) and negative
(green contour) IOBM years in the
observation. Note that SAH is
indicated by the 100 hPa 16,720 gpm
geopotential height here. (b) The
climatologic (contour) and the
composite differences of zonal wind
anomalies at 200 hPa between the
years with southward and northward
displacement of SAH (shading) in the
observation
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(Figure 4c). This moisture convergence is confirmed by
replacing the NCEP reanalysis with ERA-interim reanalysis
(Figure S2; Dee et al., 2011). The above mentioned circula-
tion features associated with the jet shift resembles the gen-
eral circulation characteristics for the abundant summer
rainfall over north Xinjiang (Yang and Zhang, 2007).

It has been shown that the meridional shift of subtropical
westerly jet is statistically connected with ENSO-induced
Indian Ocean SST anomalies, which can further induce
favorable circulation patterns for SPNWC. However, what is
the physical mechanism behind the IOBM-jet location rela-
tionship still remains unclear. Figure 5 (shading) demon-
strates the correlation patterns between the IOBM and the
summer tropospheric (1,000–100 hPa) temperature anoma-
lies. The significant correlation is evident, indicating the pro-
nounced tropospheric heating with surface Indian Ocean
warming. Huang et al. (2011) suggests that such tropo-
spheric heating is caused by the changes in the equivalent
potential temperature in the atmospheric boundary layer
associated with Indian Ocean warming, which could elevates
the geopotential height at the upper troposphere to the south
of the SAH (SAH). As a result, the SAH exhibits a south-
ward extension during the warming phase of Indian Ocean
(contours in Figure 5a). Using the ensemble mean of
22 AMIP models, the tropospheric warming and southward
shift of SAH can also be reproduced (Figure S3a), indicating
the robustness of the mechanism proposed by Huang et al.
(2011). Since SAH is the dominant circulation system over
Asian continent, its southward extension could lead to the
southward displacement of the subtropical jet (Lin and Lu,
2005). As shown in Figure 5b, the observed southward jet
shift is associated with southward extension of SAH, which
is well reproduced with the AMIP experiments (Figure S3b).
Above all, we show that SAH connects the Indian Ocean
SST and subtropical jet via the tropospheric heating and the
consistent meridional displacement at the upper troposphere.

4 | SUMMARY AND DISCUSSION

In this article, the response of Northwest China precipitation
during post-ENSO summer is studied. Both the
reconstructed and station observation data show that the pro-
nounced response occurred to the south and east of Balkhash
Lake, with significant correlations in North Xinjiang and
Yili River valley. This result is different from previous find-
ings. Yang et al. (2010) studied the relations between the
summer rainfall over North Xinjiang and SST anomalies.
They argued that the summer rainfall over North Xinjiang is
uncorrelated with ENSO. Here, we show the significant cor-
relation between the Nino3.4 anomalies in D(−1)JF and JJA
rainfall over North Xinjiang.

A possible mechanism for such seasonal lagged
response is also proposed. First, the ENSO-induced tropi-
cal Indian Ocean SST anomalies persist into post-ENSO
spring and summer. Second, the local tropospheric atmo-
sphere is heated by the Indian Ocean warming, which fur-
ther elevates the geopotential height at the upper
troposphere. Third, the SAH exhibits a southward exten-
sion due to the increased geopotential height in its south-
ern flank, resulting in the southward displacement of
upper level circulations, such as the subtropical westerly
jet. Fourth, associated with the southward shift of subtropi-
cal jet, a barotropic response of anomalous cyclonic circu-
lation is evident over central Asia at 500 hPa. Meanwhile,
the warm and wet air from the tropical Indian Ocean
transports into central Asian and converges with the cold
air near Balkhash Lake. This circulation configuration is
favorable for the precipitation over North Xinjiang. The
above mechanism is examined by using the ensemble sim-
ulation of 22 AMIP models.

Previous studies have proposed that the relationship
between ENSO and East Asia summer monsoon is unstable
in different periods (e.g., Wang, 2002). We also investigate
whether such interdecadal variation exists regarding the
impact of ENSO on Northwest China precipitation. The pre-
liminary results show that this relationship is generally stable
during 1961–2018 (Figure S4). In addition, the impacts of
different El Niño flavors are compared. Similar results are
obtained for two types of El Niño, in terms of their lagged
impacts on the summer rainfall over Northwestern Xinjiang
(figures not shown). This study could shed some light on the
seasonal prediction of summer rainfall over Northwest
China.
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ABSTRACT

This study evaluates the performance of CAMS-CSM (the climate system model of the Chinese Academy of Met-
eorological  Sciences)  in  simulating  the  features,  dynamics,  and  teleconnections  to  East  Asian  climate  of  the  El
Niño–Southern  Oscillation  (ENSO).  In  general,  fundamental  features  of  ENSO,  such  as  its  dominant  patterns  and
phase-locking features, are reproduced well. The two types of El Niño are also represented, in terms of their spatial
distributions  and mutual  independency.  However,  the  skewed feature  is  missed in  the  model  and the simulation of
ENSO is extremely strong, which is found—based on Bjerknes index assessment—to be caused by underestimation
of the shortwave damping effect. Besides, the modeled ENSO exhibits a regular oscillation with a period shorter than
observed. By utilizing the Wyrtki index, it is suggested that this periodicity bias results from an overly quick phase
transition induced by feedback from the thermocline and zonal advection. In addition to internal dynamics of ENSO,
its external precursors—such as the North Pacific Oscillation with its accompanying seasonal footprinting mechan-
ism, and the Indian Ocean Dipole with its 1-yr lead correlation with ENSO—are reproduced well by the model. Fur-
thermore, with respect to the impacts of ENSO on the East Asian summer monsoon, although the anomalous Philip-
pine anticyclone is reproduced in the post-El Niño summer, it exhibits an eastward shift compared with observation;
and as a consequence, the observed flooding of the Yangtze River basin is poorly represented, with unrealistic air–sea
interaction over the South China Sea being the likely physical origin of this bias. The response of wintertime lower-
tropospheric circulation to ENSO is simulated well, in spite of an underestimation of temperature anomalies in cent-
ral  China.  This study highlights the dynamic processes that  are key for the simulation of ENSO, which could shed
some light on improving this model in the future.
Key words: model evaluation, ENSO, dynamics, teleconnection, CAMS-CSM
Citation: Lu, B., and H.-L. Ren, 2019: ENSO features, dynamics, and teleconnections to East Asian climate as simu-

lated in CAMS-CSM. J. Meteor. Res., 33(1), 46–65, doi: 10.1007/s13351-019-8101-6.

1.    Introduction

El  Niño–Southern  Oscillation  (ENSO)  is  the  most
dominant  climatic  fluctuation  on  the  interannual  times-
cale. It is characterized by large-scale sea surface temper-
ature (SST) anomalies over the central to eastern Pacific,
associated  with  changes  of  thermal  condition  in  the  up-
per  ocean  and  convective  anomalies  in  the  atmosphere.
Since Bjerknes  (1969),  great  progress  has  been made in

understanding  the  dynamics  of  ENSO  (e.g., Wyrtki,
1985; Suarez and Schopf, 1988; Battisti and Hirst, 1989;
Neelin, 1991; Li, 1997). ENSO is well-recognized as res-
ulting from ocean–atmosphere interactions over the trop-
ical  Pacific,  and theories  have  been proposed to  explain
its formation and development. For example, Jin (1997a,
b) proposed a recharge oscillator framework, which high-
lights  the  importance  of  changes  of  upper-ocean  heat
content in the phase transition of ENSO.
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In  spite  of  the  advanced  theoretical  understanding  of
ENSO, accurately simulating ENSO with coupled global
circulation  models  (CGCMs)  remains  challenging.  For
instance, Guilyardi  (2006) showed  that  the  simulated
ENSO  often  exhibits  large  spread  in  amplitude  among
those CGCMs that participated in the Coupled Model In-
tercomparison  Project  phase  3  (CMIP3).  Although  this
diversity  in  amplitude  has  been  reduced  in  CMIP5,  the
biases  in  ENSO  periodicity  are  still  large  (Bellenger  et
al., 2014; Lu et al., 2018). The modeled oscillation is of-
ten too regular (AchutaRao and Sperber, 2006), as com-
pared to the broad spectrum ranging from 2 to 7 yr found
in observation. Besides, the asymmetry (Bellenger et al.,
2014)  and  seasonal  phase-locking  feature  (Guilyardi  et
al.,  2009)  of  ENSO  are  often  poorly  simulated  by
CGCMs.

The biases in ENSO behaviors originate from the poor
representation  of  key  physical  processes  in  ENSO  dy-
namics. For example, Bellenger et al. (2014) showed that
current  CGCMs generally  underestimate  ENSO-induced
surface  wind,  which  results  in  a  weakened  thermocline
and zonal advective feedbacks. In addition, due to biases
in the modeled relationship between shortwave radiation
and SST, the heat-flux-induced SST damping is also un-
derestimated, which has been demonstrated in models for
both CMIP3 (Lloyd et  al.,  2009) and CMIP5 (Bellenger
et al., 2014) models. The errors in the modeled long-term
mean  state  in  the  tropical  Pacific  Ocean  can  also  be  a
source  of  bias  in  the  modeled  behaviors  of  ENSO  (van
Oldenborgh  et  al.,  2005; Guilyardi,  2006).  Since  the
physics  of  ENSO  is  complex,  its  modeled  behaviors
might be good due to error compensations (Kim S. T. et
al., 2014b). Thus, it is necessary to evaluate the modeled
physics of ENSO in detail.

Based  on  the  linear  framework  of  the  recharge/dis-
charge oscillator (Jin,  1997a), Jin et  al.  (2006) proposed
the  Bjerknes  stability  index  (BJ-index),  which  measures
the growth rate of ENSO and captures the effects of ther-
mocline  feedback,  zonal  advective  feedback,  Ekman
feedback,  thermal  damping,  and  dynamical  damping
comprehensively. Many studies have shown that the BJ-
index  provides  a  basis  for  a  better  understanding  of  the
biases in the modeled amplitude of ENSO (e.g., Kim and
Jin,  2011; Kim  S.  T.  et  al.,  2014a).  Recently, Lu  et  al.
(2018) formulated  the  Wyrtki  index  to  capture  the  peri-
odicity  of  ENSO,  which  describes  the  thermocline  and
zonal advective feedbacks multiplied by the efficiency of
the discharge–recharge process of the equatorial oceanic
heat content driven by ENSO wind stress anomalies. The
diversity of the simulated periodicity of ENSO in CMIP5

models  can  be  explained  well  by  this  index  (Lu  et  al.,
2018).  In  this  paper,  the  simulation  of  ENSO  by  a
coupled  climate  model,  CAMS-CSM  (the  climate  sys-
tem  model  of  the  Chinese  Academy  of  Meteorological
Sciences),  is  evaluated.  In  particular,  the  dynamical  ori-
gin  of  the  biases  in  ENSO  behaviors  is  investigated  by
adopting the BJ-index and Wyrtki Index.

As  the  strongest  climate  phenomenon  on  the  interan-
nual  timescale,  ENSO  can  induce  remote  climate  im-
pacts  by stimulating teleconnections.  A number  of  stud-
ies have shown that El Niño might weaken the East Asian
winter  monsoon  (EAWM)  by  suppressing  convection
over  the  northwestern  Pacific  (Li,  1990; Zhang  et  al.,
1996).  In  addition,  the  relationship  between  ENSO  and
the  East  Asian  summer  monsoon  (EASM)  relationship
has been extensively studied. In the decaying summer of
two  super-strong  El  Niño  events,  in  1982/83  and
1997/98,  destructive  flooding  occurred  in  the  Yangtze
River  basin.  A  number  of  hypotheses  have  been  pro-
posed to explain this well-known ENSO–EASM relation-
ship (Wang et al., 2000; Xie et al., 2009, 2016; Stuecker
et  al.,  2015; Zhang  et  al.,  2016).  Models  with  a  better
representation of ENSO-induced teleconnections are cap-
able of better predicting the East Asian climate (Li et al.,
2016; Lu et al.,  2017; Liu et  al.,  2018).  Thus, a realistic
simulation  of  ENSO itself  is  insufficient  for  East  Asian
climate  simulation,  although  successful  ENSO  simula-
tion is often necessary for a reasonable simulation of EN-
SO  teleconnections  (Gong  et  al.,  2014, 2015,  2018 ).  In
this paper, the modeled impacts of ENSO on East Asian
climate in CAMS-CSM are also assessed.

The  remainder  of  the  paper  is  organized  as  follows.
The  observational  dataset  and  a  description  of  CAMS-
CSM are given in Section 2. The simulated mean state of
the tropical Pacific and the modeled behaviors of ENSO
are  presented  in  Section  3.  ENSO’s  dynamics  and  the
origin  of  the  simulated  ENSO biases  are  investigated  in
Section  4.  Section  5  documents  the  simulated  influence
of ENSO teleconnections on East Asian climate. Finally,
a summary and discussion are provided in Section 6.

2.    Data and methodology

This study utilizes Hadley Centre Global  Sea Surface
Temperature  dataset  (HadISST; Rayner  et  al.,  2006)  for
the  observed  monthly  mean  SST,  Climate  Prediction
Center  Merged  Analysis  of  Precipitation  (CMAP; Xie
and  Arkin,  1997)  for  the  observed  precipitation,  Hadley
Centre/Climatic  Research  Unit  version  4.6  (HadCRUT-
4.6; Morice et al., 2012) for the observed surface air tem-
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perature,  and  Wave  and  Anemometer-based  Sea-surface
Wind dataset (WASWind ; Tokinaga and Xie, 2011) for
the  observed  surface  wind  over  ocean.  Their  horizontal
grid resolutions are 1° × 1°, 2.5° × 2.5°, 5° × 5°, and 4° ×
4°,  respectively.  A  common  period  after  1979  is  ana-
lyzed  for  the  observational  data.  Reanalysis-1  (NCEP–
NCAR reanalysis data; Kalnay et al., 1996) is used to re-
trieve  the  horizontal  wind,  geopotential  height,  and  sur-
face heat flux. The horizontal grid resolution of the atmo-
spheric  reanalysis  data  is  2.5°  ×  2.5°,  and  a  common
period of 1979–2016 is analyzed to be consistent with the
observational data. Global Ocean Data Assimilation Sys-
tem  (GODAS)  data  (Behringer  et  al.,  1998)  are  used  to
represent  the  objective  estimations  of  the  monthly  3-D
current and temperature reanalysis data in ocean, as well
as  the  momentum  at  sea  surface  since  1980.  GODAS
reanalysis data contain 40 vertical levels, with a horizontal
resolution of 1° × 1/3°.

CAMS-CSM  is  composed  of  an  atmospheric  model
(ECHAM5), oceanic model [Modular Ocean Model, ver-
sion  4  (MOM4); Griffies  et  al.,  2004],  sea-ice  model
(SIS), and land-surface model (CoLM). The resolution of
CAMS-ECHAM is T106, with 31 vertical levels from the
surface to 10 hPa. The oceanic component, MOM4, uses
a tripolar grid (Murray, 1996), with a zonal resolution of
1°  globally.  The  meridional  resolution  is  1/3°  within
10°S–10°N,  which  changes  to  1°  from  30°S  (N)  to  the
poles.  There are 50 vertical  layers in CAMS-MOM. For

more detailed information about the model design, please
refer to Rong et al. (2018).

In this paper, the historical simulation of CAMS-CSM
is evaluated. CAMS-CSM is initialized at the quasi-equi-
librium state derived from the control experiment. Then,
the historical simulation is performed under the historical
forcings  of  ozone,  solar  forcing,  greenhouse  gases,  and
anthropogenic aerosol from 1900–2013. The atmospheric
output  is  available  during  the  whole  simulation  period,
while the three-dimensional oceanic output is only avail-
able from 1980–2013.

3.    Modeled features of ENSO

It  has  been  reported  that  the  behaviors  of  ENSO  are
sensitive to the mean state of the tropical Pacific, such as
the  mean  thermocline  depth  (Zebiak  and  Cane,  1987;
Timmermann et al., 1999; Fedorov and Philander, 2001),
mean trade wind (Fedorov and Philander, 2001; Zheng et
al., 2008), and zonal SST gradient (Knutson et al., 1997;
Fedorov and Philander, 2001). Thus, the simulated mean
state  in  CAMS-CSM  is  firstly  assessed. Figures  1a and
1b compare the annual mean SST and surface wind pat-
terns  between  observation  and  simulation.  Generally,
CAMS-CSM  captures  the  fundamental  features  of  the
mean  state  over  the  tropical  Pacific,  including  the  pre-
vailing  easterly  trade  wind  and  the  “warm  pool
(WP)–cold  tongue  (CT)”  distribution  of  SST.  However,
some biases still exist. For example, the trade wind over
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Fig. 1.   Climatological annual mean (a, b) SST (color shaded; °C) overlapped with surface wind (vectors; m s–1) and (c, d) precipitation (mm
day–1) from (a, c) observation and (b, d) CAMS-CSM.
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the southeastern Pacific is underestimated by the model.
As a result, the SST in the southeastern Pacific is warmer
than  observed.  Meanwhile,  the  WP  in  the  Southern
Hemisphere  exhibits  an  eastward  extension.  Associated
with this  SST mean-state bias,  excessive precipitation is
evident in the South Pacific Convergence Zone (Figs. 1c,
d).  This  so-called  “double  ITCZ  (Intertropical  Conver-
gence Zone) problem” is suffered by most state-of-the-art
CGCMs (Lin, 2007; Hwang and Frierson, 2013). In addi-
tion,  compared with observation,  an excessive westward
extension  of  the  modeled  equatorial  Pacific  CT  is  evid-
ent.  This  so-called  CT  bias  is  another  common  error  in
many  CGCMs  (Misra  et  al.,  2008; Li  and  Xie,  2014),
which  can  have  impacts  on  the  simulation  of  ENSO
(Vannière et al., 2013).

Mean  thermocline  depth  is  an  important  indicator  of
the strength of thermocline feedback (Fedorov and Phil-
ander,  2001). Figure  2 demonstrates  the  mean  thermo-
cline  depth  (indicated  by  the  20°C isotherm)  and  equat-
orial zonal wind stress along 120°E–80°W. The modeled
climatological  thermocline  is  slightly  shallower  in  the
central  to  western  Pacific,  which  is  consistent  with  the
westward  extension  of  the  simulated  CT.  It  implies  that
the modeled thermocline is less tilted than observed. The
simulated  easterly  wind  stress  is  slightly  weaker  in  the
central to eastern Pacific.

To obtain the principal modes of SST variability over
the tropical Pacific, empirical orthogonal function (EOF)
analysis  is  performed.  As  shown  in Fig.  3a,  the  leading
EOF mode indicates the CT El Niño, which is character-
ized by a strong anomalous warming along the equatorial
central  to  eastern  Pacific.  The  simulated  leading  EOF
mode is similar to that observed in terms of the SST spa-

tial  distribution,  except  the  overly  strong  anomalous
warming  (Fig.  3b).  As  shown  in Fig.  3c,  the  observed
second  EOF  mode  indicates  the  WP  El  Niño,  which  is
characterized  by  an  anomalous  warming  in  the  central
tropical  Pacific  and  cooling  in  the  eastern  tropical  Pa-
cific (Ashok et al., 2007; Weng et al., 2007). Such WP El
Niño  events  have  occurred  more  frequently  since  2000,
which can be attributed to the La Niña-like interdecadal
SST  mean  state  (Chung  and  Li,  2013).  Associated  with
this  distinct  SST  pattern,  the  climatic  impact  of  WP  El
Niño  is  very  different  to  that  of  conventional  (CT)  El
Niño  (Weng  et  al.,  2009).  Here,  it  is  demonstrated  that
CAMS-CSM generally captures the observed features of
WP  El  Niño  (Fig.  3d).  Anomalous  warming  extending
from  the  subtropical  northeastern  Pacific  to  the  central
Pacific is simulated well (Yu et al., 2010), with anomal-
ous  cooling  in  the  eastern  Pacific.  It  should  be  noted,
however,  that  the  modeled  equatorial  warming  shows  a
westward  extension,  with  an  unrealistic  warming  to  the
west of 150°E. In addition, the explained variance of the
modeled second EOF mode is 7%, which is much smal-
ler than the observed.

Ham  and  Kug  (2012) showed  that  the  Niño3  and
Niño4 indices are significantly correlated with each other
in  most  CMIP3  models,  implying  the  existence  of  one
single  type  of  El  Niño  rather  than  two  types  in  CMIP3
simulations.  Such a  performance is  slightly  improved in
CMIP5 models, in that the two types of El Niño are sim-
ulated with greater independence compared with CMIP3
(Kug et al., 2012). Here, the dependence between the two
types of El Niño is examined for CAM-CSM. Following
Ham  and  Kug  (2012),  the  modified  Niño3  (SST  aver-
aged over 5°S–5°N, 170°–110°W) and Niño4 (SST aver-
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Fig.  2.   The  mean  (a)  thermocline  depth  (indicated  by  the  20°C  isotherm)  and  (b)  equatorial  (5°S–5°N  average)  zonal  wind  stress  along
120°E–80°W in observation (black curve) and the CAMS-CSM simulation (red curve).
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aged  over  5°S–5°N,  140°E–170°W)  indices  are  adopted
to indicate the CT El Niño and WP El Niño, respectively.
As demonstrated in Fig.  4a,  the  magnitude of  the  modi-
fied Niño3 index is not linearly proportional to the modi-
fied Niño4 index, implying the potential existence of two
types of El Niño in observation. In the CAMS-CSM sim-
ulations  (Fig.  4b),  the  CT El  Niño events  and WP Niño
events  depart  from  the  one-to-one  line.  In  other  words,
the independence between CT El Niño and WP El Niño
can  be  simulated  to  some  degree.  Unlike  the  El  Niño
cases, CT La Niña events and WP La Niña events gather
along the one-to-one line (Fig. 4c), which implies that the
flavors of La Niña events are not so clear as those for El
Niño.  In  the  model  simulation,  the  observed  relations
between CT La Niña and WP La Niña events are repro-
duced but  with  greater  dependency (Fig.  4d). Kug et  al.
(2009, 2011) suggested that La Niña events are harder to
separate into two types because of  the similarity in SST
patterns.  Here,  we  show that  this  asymmetric  character-
istic  between  El  Niño  and  La  Niña  events  is  captured
well  by CAM-CSM. However,  it  is  noted that,  although
the model  captures the spatial  patterns and mutual  inde-
pendence of the two types of El Niño events, more evalu-
ations  should  be  performed  regarding  their  distinct  dy-
namics, which is beyond the scope of this study.

The evolutions of El Niño and La Niña events are as-
sessed  in Fig.  5.  The  seasonal  phase-locking  feature  is
successfully  captured  by  CAMS-CSM.  Similar  to  ob-
served, the modeled El Niño and La Niña events develop

during boreal summer, and mature in boreal winter. This
may due to the realistic seasonally dependent coupled in-
stability (Li,  1997) in CAMS-CSM. In observation (Fig.
5b),  most  El  Niño events turn to a La Niña event  in the
following  winter  (Chen  M.  C.  et  al.,  2016),  and  few  El
Niño  events  persist  for  more  than  2  yr  (Chen  and  Li,
2017), while La Niña is often re-intensified in the second
year (Fig. 5d). This evolutionary asymmetry is caused by
the asymmetric wind response in the western Pacific and
the  asymmetric  cloud–radiation–SST  and  evaporation–
SST feedbacks in different phases of ENSO (Chen M. C.
et al., 2016). Although CAMS-CSM simulates the phase
transition  for  El  Niño  (Fig.  5a),  the  re-intensification  of
La Niña is poorly simulated. As demonstrated in Fig. 5c,
most modeled La Niña events turn into El Niño events in
the following winter,  indicating a failure to simulate the
observed evolutionary asymmetry. It is also clear that the
simulated  El  Niño  and  La  Niña  events  are  generally
stronger than those observed. Figure 6a demonstrates the
standard deviation of Niño3.4 SST anomalies. It  is clear
that  the  overestimation  of  ENSO  amplitude  is  pro-
nounced in each calendar month. In addition, this bias in
amplitude  exists  for  both  types  of  El  Niño,  since  the
standard deviation of the modified Niño3 and Niño4 an-
omalies  are  both  overestimated  (Figs.  6b, c ).  Observa-
tionally,  El  Niño  events  are  usually  stronger  than  La
Niña events. The skewness of the observed Niño3.4 SST
anomaly is  0.4.  However,  this  asymmetry is  poorly rep-
resented in the simulation. The modeled El Niño and La
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Fig. 3.   Spatial patterns of the (a, b) first and (c, d) second EOF modes of SST anomalies in the tropical Pacific in (a, c) observation and (b, d)
the CAMS-CSM simulation.
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Fig. 5.   Evolution of Niño3.4 anomalies during (a, b) El Niño and (c, d) La Niña events from (a, c) the CAMS-CSM simulation and (b, d) obser-
vation. The composites are indicated by the thick red curves. Here, the events with an absolute peak value exceeding 0.5°C are selected.
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Niña  events  have  comparable  amplitude,  and  the  skew-
ness of  the modeled Niño3.4 SST anomaly is  –0.1.  EN-
SO’s  periodicity  is  further  evaluated  in Fig.  7.  The  ob-
served  spectrum  exhibits  a  broad  band  from  2–7  yr.
The  modeled  spectrum,  however,  shows  a  strong  peak
every 2.8 yr, implying ENSO in CAMS-CSM tends to be
more frequent and regular in terms of its oscillation pat-

tern, with a shorter period compared to observed.

4.    ENSO dynamics in CAMS-CSM

4.1    Amplitude bias and its physical origin

To  improve  the  model,  it  is  necessary  to  understand
the physical origins of the errors in simulating the beha-
viors  of  ENSO.  It  has  been  shown  that  CAMS-CSM
overestimates  the  amplitude  of  ENSO  (Figs.  5, 6 ).  The
BJ-index,  proposed  by Jin  et  al.  (2006),  provides  a
powerful  dynamical  estimation  of  ENSO’s  growth  rate
(Kim and Jin, 2011; Kim S. T. et al., 2014a), and thus it
is  adopted  here  to  diagnose  the  origin  of  this  amplitude
bias  in  CAMS-CSM.  Based  on  the  recharge–discharge
framework, the BJ-index can be formulated as follows:

IBJ =
R−ε

2
≈ R

2
, (1)

R=µaβu <−
∂T
∂x

>+µaβhah <
H(w̄)w̄

Hm
>+µaβw < H(w̄)

∂T
∂z

>

−(a1
< ∆u >

Lx
+a2

< ∆v >
Ly

)−αs,

(2)

where T  denotes  ocean  temperature  averaged  over  the
mixed layer; u, v, and w represent the zonal, meridional,
and vertical ocean current, respectively; Lx and Ly are the
zonal  and  meridional  extents  of  the  Pacific; Hm  is  the
mixed-layer depth, which is fixed at 50 m for simplicity;
a1 (a2 )  is  derived  by  regressing  the  SST  anomalies  at
zonal  (meridional)  boundaries  against  the  area-averaged
SST anomalies; H(x) is a step function, which only con-
siders  regions  with  upward  vertical  advection;  the  sign
“< >” denotes  the average of  quantities  over  the eastern
Pacific (5°S–5°N, 170°–80°W); and the overbars repres-
ent the climatological mean state. For more details about
the  formulation  of  the  BJ-index,  readers  are  referred  to
Jin et al. (2006).

µa

βu

βh

βw

αs

To obtain the BJ-index in Eq. (2), several balance rela-
tionships  are  applied.  The  parameter  indicates  the
strength  of  the  wind  stress  response  to  ENSO  SST  for-
cing;  measures  the  wind-driven  zonal  current  anom-
alies;  represents the response of the thermocline slope
to  the  surface  wind  stress  anomalies;  measures  the
wind-driven  upwelling  anomalies;  indicates  the  sur-
face heat flux changes in response to ENSO SST forcing;
and ah  denotes  the  relationship  between  the  subsurface
temperature anomaly and thermocline depth anomaly. As
demonstrated  in Fig.  8,  these  balance  relationships  hold
relatively  well  for  both  the  GODAS reanalysis  data  and
the  CAMS-CSM  simulation,  which  ensures  the  robust-
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Fig. 6.   Standard deviation of SST anomalies (°C) averaged within the
(a)  Niño3.4  region  (5°S–5°N,  170°–120°W),  (b)  modified  Niño3  re-
gion  (5°S–5°N,  170°–110°W),  and  (c)  modified  Niño4  region
(5°S–5°N,  140°E–170°W),  in  each  calendar  month,  in  observation
(blue bars) and the CAMS-CSM simulation (yellow bars).
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Fig. 7.   Spectra of Niño3.4 anomalies in observation (black curve) and
the CAMS-CSM simulation (red curve).
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ness of the BJ-index in representing ENSO’s growth rate.

µaβu < −
∂T
∂x

>

µaβhah <
H(w̄)w̄

Hm
>

µaβw < H(w̄)
∂T
∂z

>

−(a1
< ∆u >

Lx
+a2

< ∆v >
Ly

) −αs

In Eq. (2), the BJ-index consists of three positive feed-

backs  (zonal  advective  feedback: ;

thermocline  feedback: ;  and  Ekman

feedback: )  and  two  negative  feed-
backs  (mean  advection  damping:

;  and  thermal  damping: ).
Figure 9 compares each contributing processes of the BJ-
index  in  the  GODAS  reanalysis  data  and  the  CAMS-
CSM simulation. Clearly, the thermocline feedback is the
dominant  term  among  all  three  feedbacks.  CAMS-CSM
tends to produce a weaker thermocline feedback than ob-

µa

served  (Fig.  9).  This  underestimation  of  thermocline
feedback  can  be  attributed  to  three  physical  processes.
First, the wind stress response to ENSO SST forcing ( )
is  too  weak  in  the  CAMS-CSM  simulation. Figure  10
demonstrates the regression patterns of precipitation and
surface wind onto Niño3.4 anomalies. It can be seen that
the ENSO-induced atmospheric convection is fairly weak
in the CAMS-CSM simulation and, as a consequence, the
westerly  wind  response  over  the  central  to  western  Pa-
cific  is  underestimated.  Second,  the  thermocline  re-
sponse  to  surface  wind  stress  is  also  weak  in  CAMS-
CSM.  As  shown  in Fig.  11a,  the  westerly  wind  stress
tends  to  lift  the  thermocline  in  the  western  Pacific  and
deepen the  thermocline  in  the  eastern  Pacific.  However,
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βh

the  simulated  thermocline  changes  are  weaker  than  ob-
served (Fig. 11b), which gives rise to parameter  being
smaller. Third, the modeled mean upwelling in the cent-
ral  to  eastern  Pacific  (4.2  ×  10–6 m  s–1)  is  also  slightly
weaker than observed (4.6 × 10–6 m s–1). Above all, in the
simulation  by  CAMS-CSM,  the  ENSO-SST-induced
weak westerly wind stress  can further  induce weak sub-
surface  temperature  changes,  which  are  then  brought  to

the mixed layer by the weak mean upwelling. As a result,
the  modeled  thermocline  feedback  is  weaker  than  ob-
served.

Despite  the  underestimation  of  thermocline  feedback,
the  modeled  amplitude  of  ENSO  is  still  larger  than  ob-
served. As shown in Fig. 9, the overestimation of negat-
ive heat flux damping is remarkable, which overwhelms
the  underestimated  thermocline  feedback.  The  surface
heat  flux  can  be  divided  into  four  components:  short-
wave radiation flux,  longwave radiation flux,  latent heat
flux,  and  sensible  heat  flux.  As  shown  in Fig.  12,  both
the  shortwave  radiation  and  latent  heat  fluxes  are  quite
important  in  ENSO  dynamics,  which  is  consistent  with
previous studies (Lloyd et al., 2011, 2012). The El Niño-
induced  reduction  in  shortwave  radiation  is  remarkably
underestimated  by  CAMS-CSM (Fig.  12).  The  modeled
negative  shortwave  radiation  feedback  is  only  one  third
of  the  observed  value.  This  underestimation  of  short-
wave  feedback  prevails  in  many  CGCMs  (Sun  et  al.,
2009; Lloyd et al., 2012; Chen L. et al., 2013; Chen and
Yu, 2014). Previous studies have pointed out that an ex-
cessive  equatorial  CT  is  a  key  factor  causing  this  bias
(Chen and Yu, 2014; Chen et al.,  2016b). Those models
with a more excessive CT will produce a westward shift
of the convective response to ENSO, which leads to the
underestimated  shortwave  feedback  over  the  central  to
eastern Pacific (Chen L. et al., 2013). Here, we show that
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Fig.  10.   Regression  patterns  of  the  anomalous  precipitation  (color
shaded; mm day–1 °C–1) and surface wind (vectors; m s–1 °C–1) against
Niño3.4 anomalies in (a) observation and (b) the CAMS-CSM simula-
tion.

 
Fig. 11.   Regression patterns of anomalous thermocline depth (m Pa–1)
against the surface wind stress anomalies along the equator (5°S–5°N,
140°–80°W) in (a) observation and (b) the CAMS-CSM simulation.
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Fig. 9.   The BJ-index (BJ) and its five contributing terms (MA: mean
advective  damping,  ZA:  zonal  advective  feedback,  TH:  thermocline
feedback,  EK: Ekman feedback,  and TD: thermal  damping)  in  obser-
vation (blue bars) and the CAMS-CSM simulation (red bars). The cal-
culation of the BJ-index is given in Eqs. (1) and (2).
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CAMS-CSM  also  suffers  from  this  common  bias  in
CGCMs. Figure  13 demonstrates  the  regression patterns
of shortwave radiation flux against Niño3.4 anomalies. A
pronounced  reduction  in  shortwave  radiation  is  evident
from 160°E to 100°W in observation, which cools the El
Niño-related  SST  anomalies.  However,  the  modeled
shortwave  reduction  is  much  weaker  than  observed.  In
addition,  its  zonal  position  displaces  in  the  western  Pa-
cific,  which cannot  reduce the El  Niño SST warming in
the central  to eastern Pacific.  Based on a previous argu-

ment (Chen L. et al., 2013, 2016b; Chen and Yu, 2014),
this  westward  shift  of  the  atmospheric  response  is  con-
sistent with the excessive CT in CAMS-CSM (Fig. 1). In
addition,  the  shortwave radiation  even slightly  increases
in the equatorial  eastern Pacific  (Fig.  13b).  This  implies
that  the  modeled  atmosphere  in  the  eastern  Pacific  is
quite stable, such that higher SSTs destabilize the bound-
ary  layer  and  prevent  the  formation  of  stratiform  cloud
(Philander  et  al.,  1996).  This  positive  cloud–radiation–
SST feedback seems to be dominant over the eastern Pa-
cific  in  CAMS-CSM,  which  could  further  increase  the
downward  shortwave  radiation  and  intensify  the  growth
rate of El Niño.

As  shown  in Fig.  9,  the  gross  effect,  as  indicated  by
the BJ-index, is negative in observation, which is consist-
ent  with  the  theory  that  ENSO  is  a  damped  oscillation
triggered by stochastic forcing (e.g. Kleeman and Moore,
1997; Kirtman  and  Schopf,  1998).  In  the  simulation  by
CAMS-CSM, the BJ-index is also negative but the abso-
lute value is smaller.  This implies that the modeled EN-
SO is a less damped mode, which explains the overestim-
ation of ENSO’s amplitude (Fig. 6). Here, we show that
the  BJ-index  is  useful  in  diagnosing  the  physical  origin
of  the  bias  in  ENSO’s  amplitude,  especially  when  error
compensation occurs. For CAMS-CSM, the weak negat-
ive  shortwave  radiation  feedback  overwhelms  the  weak
thermocline  feedback,  giving  rise  to  a  stronger  modeled
ENSO.

4.2    Periodicity bias and its physical origin

Realistically simulating ENSO’s periodicity remains a
challenging  issue  in  current  CGCMs  (Bellenger  et  al.,
2014; Lu and Ren, 2016). For CAMS-CSM, the modeled
ENSO oscillates regularly with a period of 2.8 yr, which
is  shorter  than  observed.  Here,  the  so-called  Wyrtki  in-
dex, proposed by Lu et al. (2018), is adopted to estimate
the physical origin of this periodicity bias. Similar to the
BJ-index,  the Wyrtki  index is  also derived from the lin-
ear recharge–discharge framework:

d <T >
dt

= R <T > +F[h], (3)

d[h]
dt
= −ε[h]−B <T >, (4)

where T  denotes  SST; h  represents  thermocline  depth;
the sign “< >” denotes the average of quantities over the
eastern Pacific (5°S–5°N, 170°–80°W); and the sign “[ ]”
denotes the average of quantities over the entire equatorial
Pacific domain (5°S–5°N, 140°E–80°W); R indicates the
damping  rate  of  eastern  Pacific  SST,  and  is  often  re-
ferred  to  as  the  Bjerknes  instability  index  (Jin  et  al.,
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Fig.  12.   Regression  of  anomalous  shortwave  radiation  (SW),  long-
wave radiation (LW), sensible heat flux (SH), and latent heat flux (LH)
against  the  SST  anomaly  in  the  Niño3.4  region  in  observation  (blue
bars) and the CAMS-CSM simulation (red bars).

 
Fig.  13.   Regression  patterns  of  anomalous  shortwave  radiation  flux
(W m–2 °C–1) against the Niño3.4 index in (a) observation and (b) the
CAMS-CSM simulation.
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ε2006);  denotes  the  damping  rate  of  thermocline  depth
due to the energy leak at the western boundary and mix-
ing; F  represents  the  impact  of  the  discharged  or  re-
charged state of the ocean heat content on SST; and B in-
dicates the efficiency of the discharging or recharging of
the equatorial heat content driven by the equatorial wind
stress curl anomalies induced by the anomalies of ENSO
SST.  The noise  forcing  and nonlinear  terms are  omitted
here for brevity. This simple linear framework is capable
of  representing  the  linear  low-frequency  dynamics  of
ENSO’s growth rate (Jin et al., 2006) and frequency (Lu
et al., 2018). The Wyrtki index can be formulated as:

IWyrtki =
4π√

4B ·F − (R+ε)2
≈ 2π
√

B ·F
. (5)

The  simulated  parameter B  is  3.9  ×  10–7 m  (s  K)–1,
which is quite close to the observed value of 4.3 × 10–7 m
(s K)–1. However, the modeled parameter F is 1.3 × 10–8

K (s m)–1,  which is much larger than the observed value
of 8.3 × 10–9 K (s m)–1. As a result, the modeled Wyrtki
index  is  2.8  yr,  which  is  slightly  shorter  than  the  ob-
served Wyrtki index of 3.4 yr. In other words, the phase
transition of ENSO induced by the thermocline and zonal
advective feedbacks is quicker than observed, which con-
tributes to the shorter period of ENSO in CAMS-CSM.

4.3    Triggers for ENSO in CAMS-CSM

In  addition  to  the  internal  dynamics  of  ENSO as  dis-
cussed  above,  assessing  the  external  forcings  for  ENSO
is  also  very  important,  given  the  fact  that  ENSO  is  a
damped  oscillation  mode  (Fig.  14)  and  can  be  triggered
by  several  precursors,  such  as  North  Pacific  Oscillation
(NPO; Vimont  et  al.,  2001; Alexander  et  al.,  2010),  the
Indian  Ocean  Dipole  (IOD; Izumo  et  al.,  2010),  Arctic
Oscillation in spring (Chen S. F. et al., 2014), an anomal-
ous EAWM (Li, 1990, 1996), thermocline changes in the
western Pacific (Chen et al., 2016a), and the consecutive
occurrence  of  westerly  wind  bursts  (Chen  et  al.,  2017).
We begin by evaluating the precursor of NPO during the
previous winter.

As  shown  in Fig.  14a,  the  sea  level  pressure  (SLP)
changes (negative minus positive) in North Pacific might
reduce  the  trade  winds,  which  in  turn  may  induce  foot-
print-like SST anomalies in the subtropics via latent heat
flux  changes.  This  footprint  signal  persists  throughout
the  spring  and  potentially  affects  the  tropical  Pacific
throughout the following year (Figs. 14c, e, f; Vimont et
al., 2001). This so-called “seasonal footprinting mechan-
ism” is reproduced well by CAMS-CSM, in terms of the
seasonal evolution of SST and surface wind (Fig. 14). In

fact,  the  SLP  anomalies  in  North  Pacific  (10°–25°N,
175°–145°W)  during  the  previous  winter  are  signific-
antly  correlated  with  ENSO  (Fig.  15a).  CAMS-CSM
tends  to  simulate  a  similar  NPO–ENSO  relationship  as
observed  (Fig.  15b),  implying  a  realistic  seasonal  foot-
printing mechanism in this model.

Izumo et al. (2010) pointed out that the IOD is another
precursor of El Niño, at a lead time of 14 months. Figure
16 compares  the  lead–lag  correlations  between  the  IOD
[averaged  from  September  to  October  of  Year  (0)]  and
the Niño3.4 index in observation [1980–2016, following
Izumo et al.  (2010)] and in the CAMS-CSM simulation,
separately. A significant positive correlation is evident in
Year (0). The El Niño condition is often accompanied by
a  positive  IOD  phase,  with  a  strengthening  of  the  east-
erly winds off Sumatra in summer, which may in turn aid
the development of El Niño (Annamalai et al., 2005; Luo
et al., 2010). This covariability of ENSO and the IOD is
simulated well  by the CAMS-CSM, with a positive cor-
relation (0.6) in Year (0) (Fig. 16). In addition, a signific-
ant  negative  correlation  is  clear  one  year  after  the  IOD
peak.  In  other  words,  a  positive  (negative)  IOD  phase
leads  the  ENSO  peak  by  around  14  months.  This  rela-
tionship  has  been applied in  an ENSO prediction model
with reliable skill (Izumo et al., 2010). As shown in Fig.
16b, such a relation of the prior IOD signal with ENSO is
also captured by CAMS-CSM.

5.    Impact of ENSO on East Asian climate

ENSO  teleconnections  are  of  great  interest  from  the
perspective  of  East  Asian  climate.  The  EASM (Chen  et
al., 1992; Zhang et al., 1996; Wang et al., 2000; Li et al.,
2017) and EAWM (Li, 1990) are both influenced by EN-
SO.  Realistically  simulating  ENSO  teleconnections  has
the  potential  to  enable  skillful  seasonal  predictions  in
East  Asia  (Li  et  al.,  2016; Lu  et  al.,  2017; Liu  et  al.,
2018). Figure 17 demonstrates the anomalous patterns of
precipitation,  850-hPa  horizontal  wind,  and  SST  during
the boreal summer following strong El Niño events. The
Indo-western Pacific capacitor effect is evident in obser-
vation (Xie et al., 2016). The SST warming and easterly
wind  anomalies  are  pronounced  over  the  Indo-western
Pacific,  which  stimulates  an  anomalous  anticyclone
(AAC) over  the  northwestern  Pacific.  As  a  result  of  the
increased  water  vapor  transport,  summer  rainfall  is  en-
hanced over the Yangtze River valley. As shown in Fig.
17d,  the  SST  warming  over  the  Indo-western  Pacific  is
simulated by CAMS-CSM during post-El Niño summer.
However,  the  AAC  exhibits  an  eastward  displacement
compared  with  observation  (Fig.  17b)  and,  as  a  con-
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sequence,  the  rainfall  band  shows  a  southeastward  shift
following  the  position  of  the  AAC.  In  other  words,  the
observed flooding in the Yangtze River valley in post-El
Niño summer is poorly presented by CAMS-CSM.

The cause of the eastward-displaced AAC in the model
is key for understanding the unrealistic ENSO–EASM re-
lationship  in  CAMS-CSM.  In  observation,  the  convec-
tion activity  is  weakened from the tropical  northwestern
Pacific  to  the  South  China  Sea  (SCS),  which  is  associ-
ated  with  the  location  of  the  observed  AAC.  However,
the  simulated  convection  is  enhanced  over  the  SCS,

which induces the eastward displacement of the modeled
AAC.  Note  that  the  underlying  SST is  warming in  both
observation  and  the  CAMS-CSM  simulation.  Thus,  the
observed  precipitation  over  the  SCS  is  uncoupled  with
local  SST warming.  In  fact,  the  correlation  between  the
observed  SST  and  local  precipitation  over  the  SCS  is
–0.47 during boreal summer (Fig. 18a), while the correla-
tion between SCS SST and surface shortwave radiation is
0.37  (Fig.  18c).  This  implies  that  SCS SST is  passively
modulated by the atmospheric heat flux, which is consist-
ent  with  previous  studies  (e.g., Wang  et  al.,  2006).

(a) OBS
60N

30N

EQ

30S

120E 180 120W 60W

−1.2 −1.0 −0.8 −0.6 −0.4 −0.2 0.2 0.4 0.6 0.8 1.0 1.2

(b) CAMS-CSM

120E 180 120W 60W

D
(−
1)
JF
(0
)

(c) OBS
60N

30N

EQ

30S

120E 180 120W 60W

(d) CAMS-CSM

120E 180 120W 60W
M

A
M

(0
)

(e) OBS
60N

30N

EQ

30S

120E 180 120W 60W

(f) CAMS-CSM

120E 180 120W 60W

JJ
A
(0
)

(g) OBS
60N

30N

EQ

30S

120E 180 120W 60W

(h) CAMS-CSM

120E 180 120W 60W

S
O

N
(0

)

5

 
Fig. 14.   Seasonal composites of negative-minus-positive SLP index cases for SST (color shaded; °C) and 10-m winds (arrows; m s–1) in obser-
vation (left-hand panels) and the CAMS-CSM simulation (right-hand panels).
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However,  in  CAMS-CSM,  the  air–sea  interaction  is  un-
realistically strong over the SCS. As shown in Fig.  18b,
the modeled precipitation over the SCS is positively cor-
related  with  local  SST  (Fig.  18b),  which  explains  the

simulated biases in SCS precipitation and the shift in the
location of the AAC in post-El Niño summer.

Although  the  EAWM  is  mainly  influenced  by  mid–
high-latitude  climatic  modes  (Gong  et  al.,  2001; Wu  et
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Fig. 15.   Scatterplots between the normalized Niño3.4 index averaged during November (0) to January (1) and the normalized SLP index aver-
aged during November (–1) to March (0) from (a) observation and (b) the CAMS-CSM simulation. The correlation coefficients are given in par-
entheses on top of each panel.
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Fig. 16.   Lag-correlation between the IOD [averaged from September to November of Year (0)] and the Niño3.4 index (three-month running av-
erage applied) in (a) observation and (b) the CAMS-CSM simulation. The dashed lines indicate the 95% confidence level. The vertical dashed
lines denote the September–October–November in Year (0) for a co-occurring IOD.
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al.,  2006),  ENSO  can  also  modulate  the  strength  of  the
EAWM  (Li,  1990; Zhang  et  al.,  1996).  Recent  studies
suggest that ENSO can influence the tropical component
of  the  EAWM,  while  its  extratropical  component  is  af-
fected by midlatitude factors (Liu et al., 2012; Chen Z. et
al.,  2014).  A  combined  effect  of  Arctic  Oscillation  and
ENSO on the EAWM has also been discovered (Chen W.
et al., 2013). Figure 19 demonstrates the running correla-
tion  of  the  Niño3.4  index with  two EAWM indices,  de-
signed  by Li  and  Yang  (2010) and  Shi  (1996),  respect-
ively.  The former EAWM index is  defined by the zonal
wind  at  200hPa,  while  the  latter  is  defined  by  the  SLP.
Negative correlation is evident in both observation and in
the  CAMS-CSM simulation,  which  exhibits  pronounced
interdecadal variation. Extensive studies have shown that
this interdecadal modulation is caused by Pacific Decadal
Oscillation  (Wang  et  al.,  2008; Kim  J.  W.  et  al.,  2014;
Wang  and  Lu,  2016),  Atlantic  Multidecadal  Oscillation
(Li  and  Bates,  2007; Jiang  et  al.,  2014),  and  their  com-
bination (He and Wang, 2013). As shown in Fig. 19a, the

ENSO-induced change in the EAWM in the upper tropo-
sphere is pronounced after 1995, which is overestimated
by  CAMS-CSM,  with  significant  correlation  during  a
large portion of the simulation period.  For the low-level
EAWM  (Fig.  19b),  its  correlation  with  ENSO  exhibits
interdecadal changes, which is captured well by CAMS-
CSM. Figure 20 shows the differences in winter surface
air  temperature and horizontal  wind at  850 hPa between
El  Niño  and  La  Niña  years.  Observationally,  a  south-
westerly  wind  anomaly  is  evident  over  southeastern
China, which is consistent with previous studies (Chen et
al.,  2000).  This  southwesterly  wind  anomaly  brings
warm  air  from  the  SCS  and  prevents  the  southward
movement of cold air from the mid to high latitudes. As a
result, the surface air temperature over China tends to be
warmer  in  El  Niño  years  than  La  Niña  years.  In  the
CAMS-CSM  simulation,  the  southwesterly  wind  anom-
aly  is  stronger  than  observed,  which  is  consistent  with
the  overestimation  of  the  ENSO–EAWM  relationship
(Fig. 19). However, this modeled southwesterly wind an-
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Fig. 17.   Composite patterns of the (a, b) anomalous precipitation (color shaded; mm day–1) overlapped with horizontal wind at 850 hPa (vectors;
m s–1)  and (c)  SST (°C)  during boreal  summer  in  the  decaying year  of  strong El  Niño events  from (a,  c)  observation  (1982/83,  1997/98,  and
2015/16)  and  (b,  d)  the  CAMS-CSM  simulation.  A  modeled  strong  El  Niño  event  is  defined  as  occurring  when  the  value  of  the
November–December–January mean Niño3.4 index exceeds 1.5 times its standard deviation.
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omaly  is  located  along  coastal  regions  of  China,  imply-
ing  an  eastward  shift  of  the  modeled  AAC  over  the
northwestern  Pacific.  Thus,  an  eastward-located  western
North Pacific anticyclone is a common bias in both sum-
mer  (Fig.  17)  and  winter  (Fig.  20).  Consequently,  the
simulated  warming  is  remarkable  only  in  southern  and
eastern  China,  with  an  underestimation  of  observed
warming  in  central  China.  It  should  be  noted  that  the
EAWM  can  also  affect  ENSO  (Li,  1990, 1996 )  and  its
teleconnections  in  the  extratropics  (Ma  et  al.,  2018),
which  needs  to  be  evaluated  for  CAMS-CSM in  the  fu-
ture.

6.    Summary and discussion

This study evaluates the performance of ENSO in the
historical  simulation of CAMS-CSM. The mean state of
the tropical Pacific, ENSO’s properties and dynamics, as
well as its impact on East Asian climate, are assessed in
detail. Furthermore, the physical origins of model biases
are discussed. The main conclusions can be summarized
as follows:

(1) In general, the mean state of the tropical Pacific is

simulated well by CAMS-CSM, including the prevailing
easterly  trade  winds,  CT  and  WP.  However,  the  well-
known  double  ITCZ  problem  and  CT  bias  still  exist,
which are  common errors  in  most  CGCMs (Li  and Xie,
2014).  CAMS-CSM  captures  the  two  types  of  El  Niño
well,  with  realistic  spatial  patterns  and  independence.
The  annual  cycle  and  phase-locking  features  of  ENSO
are  also  reproduced;  however,  ENSO’s  amplitude  is
overestimated  in  each  calendar  month.  Observationally,
ENSO is  skewed to a positive phase.  However,  El  Niño
and  La  Niña  events  tend  to  have  similar  amplitude  in
CAMS-CSM.  The  observed  ENSO  spectrum  is  broad
(2–7  yr),  while  the  modeled  ENSO  spectrum  exhibits  a
sharp peak at around 2.8 yr.

(2)  The  dynamics  of  ENSO  in  CAMS-CSM  are  ex-
amined in terms of  the BJ-index and Wyrtki  index.  It  is
found  that  biases  of  positive  thermocline  feedback  and
negative  heat  flux  feedback  are  dominant  in  CAMS-
CSM.  The  thermocline  feedback  is  underestimated  by
CAMS-CSM,  which  is  contributed  by  an  underestima-
tion  of  ENSO-induced  westerly  wind  and  the  thermo-
cline  changes  in  response  to  surface  wind  stress.  This
weakened  thermocline  feedback  is  overwhelmed  by  the
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Fig. 18.   Scatterplots of (a, b) local precipitation against the local SST anomaly and (c, d) the local SST anomaly against local shortwave radi-
ation, over the South China Sea (8°–22°N, 110°–120°E), during boreal summer in (a, c) observation and (b, d) the CAMS-CSM simulation. Lin-
ear fitting lines are indicated by the straight lines. Correlation coefficients are given in parentheses on top of each panel.
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biases  of  heat  flux  damping.  The  modeled  ENSO-in-
duced shortwave reduction is one third of that observed.
As a result, the modeled ENSO is more easily stimulated,
as  indicated  by  the  gross  BJ-index.  This  explains  the
overestimation of ENSO’s amplitude in CAMS-CSM. In
addition,  the  simulated  periodicity  bias  is  estimated  by
the Wyrtki index. It is found that the phase transition in-
duced by the thermocline and zonal advective feedbacks
is too quick, which explains the relatively shorter period
in CAMS-CSM. The triggers of ENSO, such as the sea-
sonal footprinting mechanism and IOD, are captured well
by CAM-CSM.

(3) The relationship between ENSO and the East Asian
monsoon  is  further  assessed.  During  post-El  Niño  sum-
mer,  the  northwestern  Pacific  AAC  is  reproduced  by
CAMS-CSM. However, the modeled AAC exhibits east-
ward  displacement,  such  that  water  vapor  cannot  be
transported to the Yangtze River valley and the observed
flooding in this region in post-El Niño summer is poorly
simulated.  It  is  further  demonstrated  that  the  eastward
displacement  of  the  modeled  AAC  is  caused  by  an  un-
realistic  enhancement  of  convection  over  the  SCS.  Ob-
servationally,  the SCS SST is a passive response to sur-
face heat flux, and is negatively correlated with local pre-

1950 1960 1970 1980 1990 2000 2010

−1.0

−0.8

−0.6

−0.4

−0.2

0

0.2
OBS

CAMS-CSM

95% confidence level

1950 1960 1970 1980 1990 2000 2010

−1.0

−0.8

−0.6

−0.4

−0.2

0

0.2
(a) (b)

Co
rre

la
tio

n 
co

ef
fic

ie
nt

 (N
iñ

o3
.4

 v
s I

L
i)

Co
rre

la
tio

n 
co

ef
fic

ie
nt

 (N
iñ

o3
.4

 v
s I

S
h

i)

 
Fig. 19.   The 11-yr moving correlations between wintertime Niño3.4 anomalies and the EAWM indices designed by (a) Li and Yang (2010) and
(b) Shi (1996) in observation (black curves) and the CAMS-CSM simulation (red curves). The horizontal dashed line denotes the 95% confid-
ence level.

 
Fig.  20.   Differences  in  wintertime  anomalous  surface  air  temperature  (color  shaded;  °C)  and  horizontal  wind  at  850  hPa  (vectors;
m s–1) between El Niño years and La Niña years in (a) observation and (b) the CAMS-CSM simulation.
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cipitation. However, the modeled air–sea coupling is too
strong over the SCS, which leads to an unrealistic posit-
ive correlation between precipitation and local  SST. For
the  EAWM, CAMS-CSM reproduces  the  observed  neg-
ative  correlation  between  wintertime  lower-tropospheric
circulation and ENSO. However, the response of surface
air  temperature  in  the  central  China  is  weaker  than  ob-
served.

This  study  shows  that  a  stronger  thermocline  feed-
back and stronger heat flux damping is needed to give a
better  representation  of  ENSO dynamics.  Improving  the
convective scheme could be a way to develop the model
in  the  future.  For  example,  modifying  the  cumulus  en-
trainment may provide a more realistic response of con-
vection to ENSO (Watanabe et al.,  2011), which may in
turn  give  a  better  representation  of  ENSO’s  properties
(Lu et al., 2017). In addition, the triggering conditions of
convection over the SCS need to be improved, such that
a  better  relationship  between ENSO and the  EASM can
be obtained.
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Abstract
TheNorthAtlanticOscillation (NAO), the regionalmanifestation of theArctic Oscillation (AO),
dominates winter climate variability in Europe andNorthAmerica. Skilful seasonal forecasting of the
winterNAO/AOhas been demonstrated recently by dynamical prediction systems.However, the role
of initial conditions in this predictability remains unknown.Using a latest generation seasonal
forecasting system and reanalysis data, we show that the initial upper stratospheric zonal wind
anomaly contributes towinterNAO/AOpredictability through downward propagation of initial
conditions. An initial polar westerly/easterly anomaly in the upper stratosphere propagates down to
the troposphere in early winter, favoring a poleward/equatorward shift of the troposphericmid-
latitude jet. This tropospheric anomaly persists well into the latewinter and induces the positive/
negative phase ofNAO/AO in the troposphere. Our results imply that good representation of
stratospheric initial condition and stratosphere-troposphere coupling inmodels is important for
winter climate prediction.

1. Introduction

The North Atlantic Oscillation (NAO), the regional
manifestation of the Arctic Oscillation (AO), dom-
inates atmospheric variability in the North Atlantic
winter circulation, and is typically described by the Sea
Level Pressure (SLP) difference between the Arctic and
Atlantic subtropics (Hurrell 1995, Vallis et al 2004).
This annular pattern exhibits an equivalent barotropic
dipolar structure, extending from the surface to the
stratosphere in late winter. Variations of theNAO/AO
are linked to the temperature and precipitation
anomalies across Europe and North America (Hurrell
et al 2013). Given these widespread impacts on surface
climate, skillful seasonal prediction of the winter
NAO/AO is of great importance.

As an internalmode of the atmospheric variability,
the NAO/AO variability is often considered to be pri-
marily maintained by eddy-mean flow interactions

(Robinson 2000, Lorenz and Hartmann 2003, Barnes
and Hartmann 2010, Zhang et al 2012). However, on
monthly to seasonal time scales, a portion of the win-
tertime NAO/AO variability can be driven by external
forcing besides the internal processes (Deser et al
2007), thus permitting more predictability of the
NAO/AO on longer time scales (Smith et al 2012).
Several possible sources of seasonal NAO/AOpredict-
ability have been proposed, including remote influ-
ence of tropical rainfall (Scaife et al 2017), autumnal
Sea Surface Temperature (SST) anomaly over North
Atlantic (Czaja and Frankignoul 2002, Deser et al
2004, Magnusdottir et al 2004), cryospheric forcings
over Arctic and Eurasia (Cohen et al 2014), strato-
spheric forcings (Kidston et al 2015, Scaife et al 2016)
and solar variability (Ineson et al 2011).

High-level NAO/AO prediction skill of dynamical
prediction systems has been noted recently by
several studies (Riddle et al 2013, Kang et al 2014,
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Scaife et al 2014, Dunstone et al 2016). For example,
the forecast skill (as measured by the anomaly correla-
tion coefficient, ACC) of DJF-mean NAO is 0.62 for
1993–2012 inMetoffice seasonal hindcasts (Scaife et al
2014) and even exceeding 0.8 for 1997–2011 in multi-
model hindcasts (Athanasiadis et al 2016). However,
not all winters are equally well predicted and although
a large proportion of the extratropical forecast signals
can be explained by their connections with tropical
rainfall (e.g. Scaife et al 2017) there is other predictable
variance that remains unexplained. Here, we show
that the stratospheric initial conditions play a role in
winter NAO/AO predictions. Moreover, we will show
that the stratospheric initial conditions are an impor-
tant source of skill.

2.Data andmethod

Weanalyze hindcasts ofmonthly-mean SLP, and zonal
velocity from 1000 to 1 hPa from the Global Seasonal
forecast System 5 (GloSea5) (MacLachlan et al 2014).
The climate model at the core of this forecast system is
the Hadley Centre Global Environmental Model
version 3 (HadGEM3). It has atmospheric resolution
of 0.83° longitude by 0.55° latitude (about 60 km at
mid-latitudes), and 85 atmospheric levels with an
upper boundary near the mesopause. The ocean
resolution is 0.25° with 75 levels. The research
ensemble described by MacLachlan et al (2014) is
supplemented with recent operational hindcast to give
a combined ensemble of 45members per year for each
winter during 1994–2012. The ensemble forecasts are
initialized with observational estimate of the state of
the climate system on three start dates centered on 1
November (25 October, 1 November, and 9 Novem-
ber). SLP and zonal velocity from ERA-Interim (Dee
et al 2011) are used for validation. The robustness of
the results is also checked using JRA-55 reanalysis
(Kobayashi et al 2015).

In this study, the winter NAO index is computed
as the SLP difference between Azores (38°N, 27°W)
and Iceland (65°N, 20°W) averaged during DJF
(December–February). The principal component-
based definition is also used to guarantee the robust-
ness of the results (Hurrell et al 2013). The AO index is
defined by projection onto the leading empirical
orthogonal function pattern of the SLP anomalies over
20°N–90°N of the observational reanalysis. To investi-
gate the role of stratospheric initial conditions in the
NAO/AO predictability, an initial wind index Ui is
also obtained by averaging the initial zonal wind
anomaly in the upper stratosphere where the positive
correlation with the predicted winter NAO/AO index
is strongest. Here, the initial zonal wind anomaly is
calculated as the difference between the zonal wind on
the initial date from the observational reanalysis and
its daily climatology. The explaining variance of pre-
dicted NAO/AO by initial wind anomaly is given by
squaring the correlation coefficient between Ui and
NAO/AO index (a coefficient of determination). The
evolution of the signals in winds is represented by the
monthly-mean zonal wind anomaly which is com-
puted as the difference between the 45-member
ensemble mean zonal wind at each month and its
19-year climatological value.

3. Results

3.1. Upper stratospheric circulation: a source of
winterNAO/AOpredictability
To understand the role of initial atmospheric condi-
tions in predicting the winter NAO, figure 1(a) shows
the correlation between the initial zonally-averaged
zonalwind anomaly on 1November from the observa-
tional reanalysis and the 45-member ensemble mean
predicted NAO index for the winter mean (DJF). A
significant positive correlation is found in the polar
upper stratosphere with further positive correlation at
lower latitudes, implying that the initial stratospheric

Figure 1. (a)Correlation between the initial zonal wind anomaly on 1November and the predicted surfaceNAO index duringDJF. (b)
As in (a) but for the correlation between initial wind anomaly and the predicted AO index. Values significant atα=0.05 confidence
level using one-tailed test are highlighted with black dots.
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conditions may play a role in subsequent winter NAO
predictions. For comparison, the correlation between
the initial wind anomaly and the ensemble mean
predictedDJF AO index is displayed infigure 1(b). The
correlation shows a similar spatial structure to
figure 1(a), suggesting that the stratospheric initial
conditions also play a role in AO predictions. Note,
there is a similar but weaker pattern in observational
reanalysis (not shown). This is to be expected given
that the NAO/AO in observational reanalysis is in but
one realization and contains unpredictable NAO/AO
variability which is removed fromour ensemblemean.
Figure 1 suggests that the initial upper stratospheric
zonal wind anomaliesmay exert a significant influence
on themodel predictedwinterNAO/AO.

To represent the variation of initial stratospheric
zonalwind anomalies, a stratospheric zonalwind index
Ui is defined by averaging the zonal-mean zonal wind
anomaly on 1 November over (  – –60 N 90 N, 1 5 hPa)
where the positive correlation with the predicted win-
ter NAO/AO index is strongest in figure 1. Figure 2(a)
shows the time series of standardized Ui as well as the
standardizedDJFNAO indices in ensemblemean fore-
casts and observational reanalysis. The correlation
between the initial zonal wind index and the predicted
NAO index is 0.47, which is significant at the α=0.05
level by Student’s t-test. This implies that around 22%
of the predicted NAO variability could come from the
initial stratospheric zonal wind anomaly, and suggests
that initial atmospheric conditions are important for
seasonal prediction as in Stockdale et al (2015). The
correlation between Ui and the single DJF NAO in
observational reanalysis is 0.19,which iswell within the

range of ensemblemember correlations. Similar corre-
lation analysis is also applied to the AO. As shown in
figure 2(b), the correlation coefficient between Ui and
the predicted ensemble-mean AO index is around
0.34, implying that approximately 12% of the variance
in the seasonal forecast of the AO can be explained by
the stratospheric initial conditions.

It is interesting to note the 2004/2005 winter, for
which the forecast NAO anomaly was previously
noted for its difference from the observedNAO anom-
aly and that implied by predicted tropical rainfall
(Scaife et al 2017). For this unusual winter, the initial
zonal wind index Ui reached its lowest value during
1994–2012. Given the relationship seen in the other
years, this negative value of Ui is linked to the unu-
sually negative phase of the NAO predicted by the
model ensemble mean, implying that the initial strong
easterly wind anomaly gave rise to the negative phase
of the NAO predicted for this winter. Figure 2(c) fur-
ther shows the spatial pattern of the zonal wind anom-
aly on 1 November 2004. The strong easterly anomaly
in the upper-stratospheric polar region suggests a
weakening of the polar night jet at the start of the fore-
cast. This anomalous signal persists in the November-
mean (not shown), explaining the predicted negative
phase of the NAO in 2004/2005 winter by the excep-
tional easterly anomaly of the upper stratospheric
wind on the initial date. Although the observed 2004/
2005 winter NAO is opposite to the ensemble mean
predicted NAO, it is still within the range of the
ensemble spread. There may not be an error in the
model forecast for this winter, it is just that the ensem-
ble mean was shifted down by the stratospheric initial

Figure 2. (a)Predicted ensemblemeanwinter standardizedNAO index (red line) andUi index (blue line). TheNAO index in
observational reanalysis (black line) is shown for comparison. (b)As in (a) but for AO index andUi index. The labeled year
corresponds to the January of eachDJF season (e.g. 2005 forecast verifies inDJF 2004/2005). (c)The zonal wind anomaly on 1
November 2004 in the observational reanalysis, with positive/negative value denoting westerly/easterly anomaly.
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conditions whereas the observations happened to be
higher, presumably due to internal unpredictable
variability. It is also noteworthy to point out that the
2006/2007 winter, which is the year exhibiting second
lowest value of Ui during 1994–2012, shows a positive
phase of NAO prediction. The predicted NAO index is
opposite to the NAO suggested by the stratospheric
initial condition but is consistent with the observed
value. As suggested by Scaife et al (2017), the positive
phase of NAO this year can be well explained by the
tropical rainfall (their figure 12). The above case stu-
dies further suggest that the initial stratospheric zonal
wind anomaly may provide an additional seasonal
predictability source to the NAO besides tropical
rainfall.

3.2. Space-time evolution of the stratospheric signal
To explore the connection between the initial zonal
wind anomaly in the stratosphere and the predicted
winter NAO/AO, figure 3 shows the correlation
between the initial wind index Ui and the model
predicted zonal-mean zonal wind anomaly from
November to February relative to the climatological
mean states. The zonal wind climatology in all months
shows a strong polar night jet in the stratosphere and
two tropospheric jets: subtropical jet and extra-
tropical jet. As shown in figure 3(a), the largest positive
correlation between Ui and November zonal wind
anomaly is found in the polar lower stratosphere,

suggesting a strengthening of the polar night jet in
November. This stratospheric anomaly then extends
down to the troposphere in December. As shown in
figure 3(b), the strongest positive correlation is located
around 60°N, suggesting a poleward shift of the
tropospheric extra-tropical jet. This anomaly in the
extra-tropical jet persists well into late winter as
illustrated in figures 3(c)–(d), consistent with the
positive phase of the predicted NAO/AO. This down-
ward propagation of upper stratospheric zonal wind
perturbation to the troposphere is consistent with
similar signals in many other observation and model-
ing studies (Kodera et al 1990, Kodera 1995, Baldwin
andDunkerton 1999).

To further quantify the relative contribution of the
initial stratospheric zonal wind anomaly to winter
ensemble mean NAO prediction, figure 4 shows the
correlation between the predicted DJF-mean NAO
index and the predicted zonal-mean zonal wind
anomaly fromNovember to February compared to the
climatological mean states. By doing so, the evolution
of the signals in winds accompanying the DJF-mean
NAO can be clearly shown and compared with the
wind evolution induced by the stratospheric initial
conditions. In November, as shown in figure 4(a), a
strong positive correlation is found in the strato-
sphere, suggesting a strengthening of the polar night
jet before positive NAO. In December (figure 4(b)),
the correlation exhibits a dipolar structure in the

Figure 3.Correlation between initial wind indexUi and themonthly-mean zonal wind anomaly for (a)November, (b)December,
(c) January and (d) February, comparedwith climatologicalmean states (solid contourswith an interval of 10 ms−1; zero values in
black thick lines). Values significant atα=0.05 confidence level using one-tailed test are highlightedwith black dots.

Figure 4.As infigure 3 but for the correlation between the predictedDJFNAO index and themonthly-mean zonal wind anomaly at
(a)November, (b)December, (c) January and (d) February.
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troposphere, with positive correlation at high latitude
and negative correlation at low latitude, thus indicat-
ing a poleward displacement of the midlatitude jet
with positive phase of the NAO. This dipolar pattern
of correlation persists into January and February and
becomes stronger, as shown in figures 4(c)–(d). Com-
parison between figures 3 and 4 illustrates that the spa-
tial and time evolution of the zonal wind anomaly
induced by the initial upper stratospheric conditions is
similar to the zonal wind evolution accompanying the
predicted NAO. This further demonstrates that the
downward propagation of initial stratospheric wind
perturbations plays a role in the prediction of the win-
ter NAO and demonstrates that the influence on the
NAO is likely mediated by the zonal wind anomalies
(figure 4). The conclusions for the NAO also hold for
the AO (results not shown).

3.3. Impact on surface climate
The impact of the initial upper stratospheric zonal
wind anomaly on the surface climate is examined
through composite analysis. Figures 5(a) and (b)
present the composite DJF-mean SLP anomalies with
initial easterly and westerly anomalies in the strato-
sphere. By definition, the easterly (westerly) phase of
Ui refers to years whenUi is below (above)−0.5 (+0.5)
standard deviations. As shown in figure 5(a), for the
initial easterly case, the winter SLP increases in the
Arctic region and decreases at mid-latitudes in both
the Atlantic and Pacific basins corresponding to a
negative NAO and AO. For the initial westerly case, as
shown in figure 5(b), the composite DJF SLP anoma-
lies display opposite spatial pattern which represents
positive phase of NAO/AO. The composite of SLP
difference between initial easterly phase and westerly
phase displays a stronger negative phase of NAO/AO
as shown infigure 5(c). The above results illustrate that
the initial upper-stratospheric easterly/westerly
anomaly induces a negative/positive phase of the
NAO and AO. Very similar patterns are seen in
observed surface climate response to stratospheric
variability (Gerber et al 2012, Kidston et al 2015).

4. Conclusions and discussion

Using a dynamical seasonal forecast system and
reanalysis data, the role of the initial stratospheric
conditions on the predictability of winter NAO/AO is
investigated.Wefind that:

• The upper stratospheric zonal wind anomaly on the
initial date plays a role in the winter prediction of
the NAO/AO. Around 22% of the 19-year period
winter NAO variability can be explained by the
initial upper stratospheric zonal wind anomaly in
November.

• An initial westerly anomaly in the stratospheric pole
in November propagates downward to the tropo-
sphere in December, inducing a poleward shift of
the tropospheric mid-latitude jet. Then the anom-
alous poleward jet shift persists well into January
and February, which finally results in the positive
phase ofNAO/AO. The reverse happens for easterly
initial anomalies.

• The resulting surface response resembles the NAO
andAO in SLP and has an amplitude of 1–2 hPa.

As a source of predictability, tropical rainfall may
make the leading contribution to the winter NAO/AO
predictability (Scaife et al 2017). However, strato-
spheric initial condition can explain a significant addi-
tional part of the predicted variability. This study
further proposes that the initial stratospheric zonal
wind anomaly plays a role that can even dominate in
some years (e.g. winter 2004/2005). An upper strato-
spheric easterly anomaly in November leads to a nega-
tive anomaly in the predicted winter NAO/AO in the
model and vice versa. A role for initial atmospheric
conditions in NAO/AO predictions was also found
by Stockdale et al (2015) using an 8-year period but
the source was not identified and we suggest it
may be located in the stratosphere. The important role
played by the stratospheric initial conditions in our
model in the winter NAO/AO predictability is also
consistent with a very recent modeling study by

Figure 5.Composites of theDJF-mean SLP anomalies (hPa)with initial (a) easterly anomalies and (b)westerly anomalies.
(c)Composites of theDJF-mean SLP difference (hPa) between initial easterly andwesterly wind anomaly cases. Values significant at
α=0.05 confidence level are highlightedwith black dots.
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O’Reilly et al (2018), in which the influence of the
initial conditions in the tropical stratosphere is
emphasized. The influence of stratospheric conditions
in November on the subsequent winter NAO/AO is
evident in observations as well during some particular
years (e.g. extreme 2009/2010 winter) as suggested by
Wang and Chen (2010) and Fereday et al (2012). The
mechanism for initial stratospheric conditions affect-
ing the tropospheric NAO/AO appears to be very
similar to downward propagating signals in other con-
texts such as sudden stratospheric warming (Baldwin
and Dunkerton 2001, Kuroda 2008, Marshall and
Scaife 2010) and quasi-biennial oscillation (Marshall
and Scaife 2009, Taguchi 2018). As these events appear
to be important for seasonal prediction of the
NAO/AO (Mukougawa et al 2009, Sigmond et al 2013,
Scaife et al 2016), it may also be fruitful to further
examine these events in hindcasts. Finally, since the
stratospheric initial conditions are important for the
winter NAO/AO prediction, improving initial condi-
tions and the representation of stratosphere–tropo-
sphere coupling in climate models may further
enhancewinter prediction skill.
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ABSTRACT

Considerable progress has been made in understanding the internal eddy–mean flow feedback in the sub-

seasonal variability of the North Atlantic Oscillation (NAO) during winter. Using daily atmospheric and oceanic

reanalysis data, this study highlights the role of extratropical air–sea interaction in the NAO variability during

autumn when the daily sea surface temperature (SST) variability is more active and eddy–mean flow interactions

are still relevant. Our analysis shows that a horseshoe-like SST tripolar pattern in the North Atlantic Ocean,

marked by a cold anomaly in theGulf Stream and twowarmanomalies to the south of theGulf Streamand off the

western coast of northern Europe, can induce a quasi-barotropic NAO-like atmospheric response through eddy-

mediated processes.An initial southwest–northeast tripolar geopotential anomaly in theNorthAtlantic forces this

horseshoe-like SST anomaly tripole. Then the SST anomalies, through surface heat flux exchange, alter the spatial

patterns of the lower-tropospheric temperature and thus baroclinicity anomalies, which are manifested as the

midlatitude baroclinicity shifted poleward and reduced baroclinicity poleward of 708N. In response to such

changes of the lower-level baroclinicity, anomalous synoptic eddy generation, eddy kinetic energy, and eddy

momentum forcing in the midlatitudes all shift poleward. Meanwhile, the 10–30-day low-frequency anticyclonic

wave activities in the high latitudes decrease significantly. We illustrate that both the latitudinal displacement of

midlatitude synoptic eddy activities and intensity variation of high-latitude low-frequency wave activities con-

tribute to inducing the NAO-like anomalies.

1. Introduction

As the dominant mode of the subseasonal atmo-

spheric variability in the North Atlantic Ocean, the

North Atlantic Oscillation (NAO) describes the oscil-

lation of the sea level pressure (SLP) between theArctic

and Atlantic subtropics (Hurrell 1995). The variation of

NAO anomalies is often accompanied by changes in

storminess, wind speeds, surface air temperature, and

precipitation across the North Atlantic as well as over

Europe and eastern America (Hurrell et al. 2013). Ob-

servational studies have suggested that persistence of

the NAO is primarily maintained by the nonlinear

positive feedback between the synoptic eddy forcing and

themeanflowanomalies (Feldstein andLee 1998; Feldstein

2003; Vallis andGerber 2008; Barnes andHartmann 2010),

and phase transition of the NAO is often associated with

wave-breaking processes (Benedict et al. 2004; Strong and

Magnusdottir 2008; Woollings et al. 2008).

Besides internal eddy–mean flow feedback and wave-

breaking processes, extratropical air–sea interactions

may also play a role in the subseasonal variability ofNAOCorresponding author: Hong-Li Ren, renhl@cma.gov.cn
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(Lau 1997; Kushnir et al. 2002). Many previous stud-

ies have suggested that the extratropical air–sea in-

teractions in the North Atlantic are dominated by

the atmospheric driving effect (Cayan 1992; Deser

and Timlin 1997; Deser et al. 2010). The positive NAO

anomalies, via Ekman heat transport and surface

turbulent heat fluxes, can drive significant tripolar

sea surface temperature (SST) anomaly pattern

(Frankignoul and Hasselmann 1977; Czaja and

Frankignoul 2002) marked by zonally oriented cold

anomalies in the subpolar and subtropical North

Atlantic, and warm anomalies in the midlatitudes.

However, it remains elusive how the underlying SST

anomalies affect the atmospheric variability in the

North Atlantic, especially on the subseasonal time

scale. Because of the large heat capacity of the well-

mixed layer of upper ocean, an oceanic thermal signal

can persist for months, which allows for a persistent

thermal forcing of the overlying atmosphere (e.g.,

impact of North Atlantic SST anomalies on the NAO;

Czaja and Frankignoul 2002). Modeling studies have

suggested that the SST anomaly with strong meridio-

nal gradient in the oceanic frontal zones can affect the

eddy-driven jet and annular mode variability (Rodwell

et al. 1999; Nakamura et al. 2008; Sampe et al. 2013;

O’Reilly et al. 2017) through either the surface energy

fluxes and Ekman currents (Frankignoul 1985; Minobe

et al. 2008, 2010) or the eddy-mediated processes

(Deser et al. 2004; Ferreira and Frankignoul 2005).

However, the numerical studies show diverse atmo-

spheric response to the given SST anomalies, probably

due to different experiment designs, initial atmo-

spheric conditions, background states (Peng et al. 1997;

Brayshaw et al. 2008), or even different eddy–mean

flow interactions (Kushnir et al. 2002). Suffering from

the length of available observational high-frequency

data, the impact of the SST on the overlying atmo-

sphere lacks observational evidence. Using weekly

atmospheric and oceanic reanalysis data, Ciasto and

Thompson (2004) have first argued that the SST

anomalies over the Gulf Stream region may play an

important role in exciting the winter NAO-like atmo-

spheric response on the subseasonal time scale. Wills

et al. (2016) further used daily-mean reanalysis data

and supported the results of Ciasto and Thompson

(2004) by showing that the poleward and upward ad-

vection of anomalous warm air from the Gulf Stream

SST front are the key processes in generating the

winter NAO anomalies.

Many of these observational and modeling studies

on extratropical air–sea interactions have focused

primarily on the winter season when the atmosphere

driving effect on the SST variability is most vigorous

and midlatitude eddy–mean flow interactions are

strongest. Less is known about the pattern of air–sea

interaction during the rest of the year. In particular,

during the transition season (e.g., autumn), the daily

SST variability is more active than that in winter

(Deser et al. 2010). Meanwhile, the atmospheric in-

ternal variability is reduced but the eddy–mean flow

interactions are still relevant (Peixoto and Oort

1992). As suggested by Kushnir et al. (2002), the

knowledge of the SST in autumn is most likely to help

in extended-range prediction. Thus, examining the

physical processes on how the daily SST variation

over North Atlantic in autumn influences the over-

lying atmospheric circulation is of great importance

for understanding the NAO variability as well as

enhancing the skill of extended-range climate

prediction.

Using daily atmospheric and oceanic reanalysis

data, this study highlights the role of extratropical air–

sea interaction in the subseasonal variability of the

NAO during autumn. We show that a particular

horseshoe-like SST pattern can give rise to a signifi-

cant NAO-like atmospheric response through the

eddy-mediated processes. The structure of this paper

is assigned as below. Section 2 is a description of the

dataset and diagnostic method. The characteristics of

the climatological SST variability and eddy statistics

are reviewed in section 3. The observed SST–NAO

interactions on the subseasonal time scale during au-

tumn are investigated in section 4. The detailed pro-

cesses through which the daily SST anomalies affect

the NAO during autumn are elucidated in section 5. A

summary and discussion of the results are presented in

section 6.

2. Data and diagnostic method

In this study, the atmospheric data consist of 35 years

(1982–2016) of 1.58 3 1.58 latitude–longitude gridded

daily (1200 UTC) wind, temperature, geopotential

height at constant pressure levels, 10-m wind compo-

nents and surface heat fluxes from the ERA-Interim

dataset produced by European Centre for Medium-

Range Weather Forecasts (Dee et al. 2011). The daily

SST data with a horizontal resolution of 18 3 18 from
the NOAA Optimum Interpolation (OI) SST, version

2 (V2), dataset (Reynolds et al. 2002) are also em-

ployed. The ocean surface current data are from the

NCEP Global Ocean Data Assimilation System

(GODAS). Mixed layer depth data are estimated from

the Ocean Mixed Layer Depth Climatology Dataset

(De Boyer Montegut et al. 2004). The surface heat

fluxes from theWoods Hole Oceanographic Institution
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Objectively Analyzed Air–Sea Fluxes (OAFlux) dataset

(Yu and Weller 2007) are also tested to guarantee the

robustness of the results.

To analyze the subseasonal variability of both the

atmosphere and ocean, daily anomaly data of all fields

are used throughout this paper by removing the mean

seasonal cycle, which is defined as the annual average

plus the first four Fourier harmonics of the daily clima-

tology. To investigate the roles of synoptic and low-

frequency eddies, the anomalous fields are split into

high- and low-frequency components, representing

variability on time scales less than and greater than

10 days, respectively. This frequency division uses a 10-

day-cutoff Lanczos filter with 41 weights (Hamming

1989) applied to the eddy component of the wind and

temperature of all seasons over 35 years. The

September–November (SON) andDecember–February

(DJF) fields are retained after such a filtering was per-

formed on the entire period.

The spatial pattern of NAO in this work is repre-

sented by the leading empirical orthogonal function

(EOF) of the monthly-mean geopotential height at

1000 hPa (Z1000) for the North Atlantic sector (908W–

408E, 208–908N) as in the method used in Barnes and

Hartmann (2010). The results in this work are in-

sensitive to the definition of NAO pattern based on

different lower-tropospheric circulation variables

(e.g., SLP or zonal wind). For the EOF analysis, the

data fields are properly weighted to account for the

decrease of area toward the North Pole (North et al.

1982). The daily NAO indices are calculated by pro-

jecting the daily Z1000 anomalies onto the NAO

pattern.

To investigate the two-way interaction between the

ocean and atmosphere, two SST indices are generated

by projecting the daily SST anomalies onto the two

typical NAO-associated SST anomaly patterns, with one

preceding the NAO peak by 20 days and the other fol-

lowing the NAO peak by 3 days. The interactions are

thus investigated through conducting the lead–lag re-

gressions and composites of key atmospheric and oce-

anic fields against these SST indices. For the composite

analysis, the robust positive phase of SST index is de-

fined as the period when the normalized SST index is

greater than one. In this study, the SST andNAO indices

are always centered on the SON period, whereas the

lagged regressions and composites are based on 11

August–20 December.

The baroclinicity in this study is represented by the

maximum Eady growth rate at 850 hPa sBI, which is

calculated as in Hoskins and Valdes (1990): sBI 5

0.31(f/N)(›U/›z), where f is the Coriolis parameter,N is

the Brunt–Vӓisӓlӓ frequency, U is the horizontal wind

velocity, and z is the geometric height. To examine the

evolution of the anomalous wave activities associated

with the underlying SST anomaly, the transient E vec-

tors in Hoskins et al. (1983) and the local finite-

amplitude wave activity (LWA) diagnostics as in

Huang and Nakamura (2016) and Chen et al. (2015) are

also employed in this study. The transient E vector,

which is computed asE5 (y022 u02,2u0y0), corresponds
to the horizontal components of the high-frequency E

vector defined by Hoskins et al. (1983). The vector may

be interpreted as an effective momentum flux by syn-

optic eddies, and its horizontal divergence can force the

background zonal flow. The LWA measures the wavi-

ness of a dynamical field (300-hPa potential vorticity in

this study) and gives the longitudinal distribution of the

finite-amplitude wave activity. It is an objective di-

agnostic of midlatitude atmospheric blocking and can

capture well the features of the blocking high (Chen

et al. 2015; Nakamura andHuang 2018). In this study, we

detect blocking if the LWA is unusually larger than its

climatological median value at each longitude and is

persistent for at least 5 days as inMartineau et al. (2017).

3. Climatology of SST variability and eddy statistics

Before analyzing the subseasonal air–sea interactions

over the North Atlantic, some key aspects of the cli-

matological SST fields and eddy statistics are reviewed

in this section. Figure 1a shows the climatology and the

standard deviation of the daily SST field in the North

Atlantic during autumn. The SSTs have their largest

horizontal gradients in theGulf Stream region. As noted

extensively in previous studies, the standard deviation of

midlatitude SSTs often peaks in the oceanic front region

with largest horizontal temperature gradients (Deser

et al. 2010). Indeed, the largest daily SST variability in

the North Atlantic is located in the Gulf Stream SST

front region as in Wills et al. (2016). The winter distri-

bution of SST fields is shown in Fig. 1b for comparison. It

is shown that the daily variability of SST is more active

in autumn than winter, which is consistent with Deser

et al. (2010).

The climatological distributions of the 10-day high-

frequency eddy heat flux and eddy kinetic energy

(EKE), and the 10-day low-frequency eddy heat fluxes

are displayed in the second and third rows of Fig. 1,

respectively. The high-frequency eddies are most active

along the Gulf Stream SST front with strong horizontal

temperature gradient. The low-frequency eddies are

more active in the higher latitudes, peaking to the east of

Greenland. Comparison of the eddy heat fluxes between

autumn and winter further shows that the eddy activi-

ties are more vigorous in winter. The above analyses
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illustrate that both the daily SST variability and eddy

activities are active during autumn.

4. Observed NAO–SST relationship on the
subseasonal time scale

In this section, the observed characteristics of the

extratropical air–sea interaction associated with the

subseasonal NAO variability in autumn are examined.

We first investigate the SST pattern driven by the NAO

variability. Figures 2a–f show the lagged regression

patterns of SST/Z1000 anomaly with respect to the daily

NAO index in autumn. The NAO pattern at lag 0

(Fig. 2c) manifests a seesaw-like change of geopotential

height anomalies between the subpolar and subtropical

Atlantic regions. Following the peak of NAO, the SST

FIG. 1. (a),(b) Climatology (contour intervals of 5 K) and standard deviation of the daily SST (shading, with

interval of 0.5K) in the North Atlantic and climatologies of the (c),(d) 10-day high-frequency 850-hPa eddy heat

flux (shading, with interval of 5m s21 K) and eddy kinetic energy at 300 hPa (contours;m2 s22) and (e),(f) 10-day

low-frequency eddy heat flux for (left) SON and (right) DJF.
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anomaly pattern shows tripolar zonal bands (Figs. 2d–f)

marked by a cold anomaly in the subpolar North

Atlantic, a warm anomaly in themidlatitudes, and a cold

subtropical anomaly between the equator and 308N as in

Czaja and Frankignoul (2002), indicating a strong driv-

ing effect of NAO on the tripolar SST anomalies over

North Atlantic.

Then the SST pattern that could affect the NAO

variability is examined through the regression analyses

when the SST anomalies lead the NAO index, as

displayed in Figs. 2a and 2b. It is clear that the SST

anomalies preceding the peak of NAO show a weak and

more localized tripolar pattern, with cold anomalies in

the Gulf Stream area, and warm anomalies off the

western coast of northern Europe and to the south of

Gulf Stream region, respectively. This tripolar SST

pattern is similar to the North Atlantic SST horseshoe

(NAH) pattern (Czaja and Frankignoul 2002), but with

the subtropical anomaly displaced to the west. The

above lead–lag regression analyses reveal that the

FIG. 2. Lagged regressions of Z1000 (contour intervals of 8m) and SST (shading, with interval of 0.05K) onto the

normalized daily NAO index in autumn. Values that are significant at the 95% confidence level using a two-tailed t

test are highlighted with black dots.
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anomalous SST pattern that may induce the NAO

anomalies is spatially different from the SST pattern

directly forced by the NAO during autumn (spatial

correlation is weak).

To quantitatively represent the SST variability as-

sociated with the NAO during autumn, two SST indices

are obtained by projecting the daily SST anomaly onto

the typical SST pattern following the NAO peak by

3 days (Fig. 2d) and preceding the NAO peak by

20 days (Fig. 2a), respectively. In the following ana-

lyses, the zonally tripolar SST pattern in Fig. 2d refers

to North Atlantic tripolar (NAT) SST mode, which

represents the typical SST pattern driven by the NAO.

The localized SST pattern in Fig. 2a is denoted as North

Atlantic horseshoe-like (NAH-like) SST mode, which

represents the SST pattern prior to the peak of NAO

anomaly. The e-folding decorrelation time scales of the

NAO index and the two SST indices are further ex-

amined in Fig. 3a. During autumn, the typical time

scale of NAO is 9 days, which is consistent with

Feldstein (2000). The time scale of SST anomalies for

either of the two indices is around 30 days because of

large thermal inertia of the ocean.

The interactions between the NAO and two modes

of SST anomalies in autumn are further investigated by

calculating the lead–lag correlation between the NAO

index and the two SST indices. As shown in Fig. 3b, the

correlation is largest when the NAT SST mode lags the

NAO by 3 days, suggesting an apparent driving effect

of NAO anomaly on the NAT SST mode. At negative

lags, when the NAT SST mode leads the NAO, the

positive correlation is relatively weak, showing little

feedback of the NAT SST mode to the NAO anomaly.

For the NAH-like SST mode, as shown in Fig. 3c, the

significant correlation reaches its maximum (0.3) when

the SST anomalies lead the NAO by around 10–

20 days, consistent with a significant delayed response

of NAO to the NAH-like SST mode. This correlation

analysis further validates the different roles of the

NAT and NAH-like SST modes in the NAO variability

during autumn.

5. Atmospheric response to the NAH-like SST
mode

The atmospheric response to the NAH-like SST mode

in autumn is investigated in this section. The temporal

evolution of the composite SST and Z1000 anomalies for

the positive NAH-like SST index is shown in the left

panels of Fig. 4. By construction, the SST anomalies peak

at lag 0 and decay slowly with increment of lag. At neg-

ative lags (i.e., the atmosphere leading theNAH-like SST

mode), the Z1000 anomalies manifest a southwest–

northeast tripolar pattern, with a negative height anomaly

located northeast of the cold anomaly in the Gulf Stream

SST front region and positive anomalies to its northeast

and southwest. As indicated in previous studies (Deser

and Timlin 1997; Magnusdottir et al. 2004), such Z1000

anomalies at negative lags are consistent with the atmo-

spheric forcing of the SST field, which could be triggered

by some remote tropical or extratropical disturbances

(e.g., Cassou 2008; Scaife et al. 2017).

At positive lags, when the Z1000 anomalies lag the

SST index, the Z1000 evolves to a dipolar structure re-

sembling the NAO pattern located farther eastward,

with negative anomalies to the east of Greenland and

positive anomalies south of it. Note that the magnitude

of the geopotential height anomalies at lag 120 day is

roughly 30% of the maximum NAO variability (mag-

nitude of geopotential height anomalies at the NAO

peak day). The response of upper-level geopotential

height (Z300) is further displayed in the right panels of

Fig. 4 for comparison. The Z300 response shows similar

structures to the Z1000 at large positive lags, indicating

that eddy-mediated processes may play a role in gen-

erating such quasi-barotropic atmospheric response

(Deser et al. 2004; Ring and Plumb 2007, 2008; Nie et al.

2016). The detailed processes through which the

FIG. 3. (a) Autocorrelation of the NAO and two SST indices, and (b),(c) their lagged correlations in autumn. Negative or positive lags

denote that SST leads or lags NAO, respectively. The dashed lines denote the corresponding values of 95% significance level, which are

estimated from the autocorrelations of each time series.
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FIG. 4. (a)–(e)Composites ofZ1000 (contour intervals of 8m) andSST (shading,with interval of 0.05K)

anomalies for the positive phase of the normalizedNAH-like SSTmode index in autumn, with negative or

positive lags denoting that Z1000/SST anomalies are leading or lagging NAT-like SST index, respectively.

(f)–(j) as in (a)–(e) but forZ1000 (contour interval of 8m)andZ300 (shading,with interval of 16m).Values

that are significant at the 95%confidence level are highlightedwith black dots. The black-outlined boxes in

(c) denote threekeySSTregions, including theareas off thewestern coast of northernEurope (labelN; 558–
708N, 208W–108E), the Gulf Stream region (label G; 408–558N, 608–308W), and to the south of the Gulf

Stream region (label S; 258–358N, 608–308W).
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atmosphere responds to the NAH-like SST anomalies

are analyzed in the following sections by conducting

lagged composite analyses.

a. Response of the surface heat flux and
lower-tropospheric temperature

Figure 5 shows the lagged composites of the spatial

patterns of the dominant components in the heat budget

of the ocean surface (i.e., sensible heat flux, latent heat

flux, radiative flux) and the SST tendency with respect to

theNAH-like SST index. The surface turbulent heat flux

anomalies, especially the latent heat flux, as shown in

Figs. 5a–e, change their spatial patterns from driving the

SST anomalies at negative lags to dissipating the SST

anomalies at positive lags. Prior to the peak of SST

anomalies, both the surface sensible and latent heat

fluxes exhibit tripolar structures, with a downward heat

flux above the warm SST anomalies. This indicates the

warming effect of the atmospheric circulation anomalies

on the local SST pattern (positive SST tendency shown

in Figs. 5k,l). However, following the peak of SST

anomalies, the surface heat fluxes show opposite spa-

tial structures, with the largest upward heat flux above

the warm SST anomalies, dissipating the SST anomalies

(negative SST tendency shown in Figs. 5n,o) and thus

heating the atmosphere. The radiative flux anomalies,

dominated by the longwave component (Figs. 5f–j),

show a spatial pattern similar to those of the surface heat

fluxes, but with much weaker magnitude, suggesting its

minor role in affecting the atmosphere, which is con-

sistent with the previous study of Cayan (1992). The

Ekman heat transport, which is mainly induced by the

surface wind anomaly, always acts to drive the SST

anomaly (results thus not shown). The above results

show that the NAH-like SST anomaly affects the lower

troposphere mainly through the surface heat flux.

How the surface heat flux anomalies affect the lower-

tropospheric temperature and thus baroclinicity is fur-

ther examined in Fig. 6. The left panels of Fig. 6 show the

composite pattern of the tropospheric 2-m temperature

against NAH-like SST index. In addition to the surface

heat flux exchange, the variations of surface air tem-

perature are affected by the atmospheric dynamical

processes in the boundary layer. As shown in Figs. 6a–e,

the variations of 2-m temperature south of 608N are

generally consistent with those of the SST anomalies,

reflecting the adjustment of the surface air temperature

anomalies through the surface heat flux. At negative

lags, as shown in Figs. 6a and 6b, the surface air tem-

perature displays warm anomalies above the warm SST

anomalies, which is consistent with the positive surface

heat flux from atmosphere to the ocean in Figs. 5a and

5b, and implies a warming effect of the atmosphere on

the SST anomalies. However, at positive lags, the sur-

face air temperature south of 608N over the North At-

lantic displays an opposite-sign spatial pattern to the

surface turbulent heat fluxes in Figs. 5d and 5e,

suggesting a possible governing effect of the SST

anomalies on the overlying atmosphere through the

surface heat flux exchange. The high-latitude cold sur-

face air temperature anomalies to the southeast of

Greenland at positive lags are primarily affected by a

northeastward cold air advection (figures not shown).

The response of the lower-tropospheric baroclinicity

(i.e., 850-hPa Eady growth rate) in the right panels of

Fig. 6 shows a consistent pattern with the surface air

temperature anomalies. Prior to the peak of SST

anomalies, the baroclinicity shows a tripolar pattern.

Following the variation of NAH-like SST mode, the

significant change of baroclinicity moves eastward,

with a reduced temperature contrast over subtropics and

Arctic but an enhanced contrast between the two re-

gions. As suggested by Nie et al. (2016) and Xiao et al.

(2016), such lower-tropospheric baroclinicity anomalies

can evidently affect the eddy activities through either

the eddy generation or the eddy dissipation and wave

breaking, which may further give rise to the upper-

tropospheric atmospheric circulation anomalies related

to the NAO.

b. Response of the atmospheric eddy activities

As suggested by previous studies (e.g., Seo et al. 2017),

the formation of the quasi-barotropic atmospheric

response could be facilitated by twopossible eddy-mediated

processes: synoptic eddy feedback inmidlatitude (Ren et al.

2009, 2011) and low-frequency dynamics involving wave

breaking and blocking in high latitudes (Woollings et al.

2008, 2010). In this section, both the responses of the syn-

optic eddy activities and the low-frequency wave breaking/

blocking are examined through the lagged composite

analyses when the NAH-like SST anomaly leads the

atmosphere.

1) ROLES OF THE SYNOPTIC EDDIES

The response of the synoptic eddy activities to the

NAH-like SST mode is investigated in Fig. 7. As shown

in Figs. 7a and 7b, the composite synoptic eddy heat flux

in the lower troposphere shows a significant dipolar

structure at lag 120 days, implying that the SST anom-

alies could induce the poleward shift of the generation

zone for the synoptic eddies. The response of the syn-

optic eddy kinetic energy at 300hPa, which often man-

ifests the storm-track activities, is then displayed in

Figs. 7c and 7d. The synoptic EKE exhibits a stronger

poleward displacement at 108W–408E, consistent with

the synoptic eddy heat flux shift but moving farther
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FIG. 5. As in Fig. 4, but for the composites of (a)–(e) sensible (contour intervals of 4Wm22) and latent (shading, with interval of

4Wm22) heat fluxes, (f)–(j) longwave radiative flux (shading, with interval of 4Wm22), and (k)–(o) SST tendency (shading, with interval

of 0.01K day21). The sign is defined as positive in the downward direction for heat and radiative fluxes.
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FIG. 6. As in Fig. 4, but for the composites of (a)–(e) surface air temperature (shading, with interval of

0.4 K) and (f)–(j) 850-hPa Eady growth rate (shading, with interval of 0.05 day21).
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eastward. The response is strongest when the SST leads

by 20 days. The horizontal wave propagation properties

and the associated barotropic zonal wind are further

displayed in Figs. 7e and 7f. Given that the synoptic E

vector can be interpreted as an effective momentum flux

by synoptic eddies, and its horizontal divergence can

force the background zonal flow, we composite the

horizontal E vectors and the vertically averaged zonal

wind for the positive phase of NAH-like SST index. The

composite wind shows a clear poleward shift of the jet.

This can be understood because the E vector exhibits

evident anomalous divergence where the zonal wind is

stronger and convergence where the zonal wind is

weaker, which implies a strong synoptic eddy momen-

tum forcing on the zonal flow. The above analyses

illustrate that in response to the positive phase of NAH-

like SST mode, the synoptic eddy heat flux, eddy kinetic

energy, and eddy momentum forcing all shift poleward,

which further result in the poleward shift of the baro-

tropic zonal wind and thus favor a positive phase of

NAO anomalies.

2) ROLES OF LOW-FREQUENCY ANTICYCLONIC

WAVE ACTIVITIES

The responses of the low-frequency eddy activities

and atmospheric blocking to the NAH-like SST mode

are examined in Fig. 8. The low-frequency eddy activity

is represented by the 10-to-30-day meridional eddy heat

flux, and the atmospheric blocking is diagnosed through

the frequency of unusually large and persistent anticy-

clonic local finite-amplitude wave activities (Nakamura

and Zhu 2010; Huang and Nakamura 2016; Martineau

et al. 2017; Nakamura and Huang 2018). Figures 8a and

8b display the response of the low-frequency eddy heat

flux. The low-frequency eddy heat flux in the lower

troposphere shows a significant reduction in western

northern Europe, suggesting a suppression of the

low-frequency eddy generation in the high latitudes.

Figures 8c and 8d then display the composite patterns of

the unusually large and persistent anticyclonic LWA

frequency at 300 hPa for the NAH-like SST index. The

anticyclonic wave activity frequency shows a strong re-

duction to the southeast of Greenland, in agreement

with the reduction of the low-frequency eddy heat flux in

the lower troposphere. The connection between the

NAO and persistent anticyclonic wave activities around

southern Greenland has been demonstrated extensively

as a Greenland blocking regime (Cheng and Wallace

1993; Vautard 1990; Kimoto and Ghil 1993), which

suggests that a positive NAO phase can be considered

as a basic, unblocked situation and a negative NAO

often describes a period with frequent Greenland

blocking. The large simultaneous correlation between

the daily NAO index andGreenland blocking frequency

FIG. 7. Composites of anomalous 10-day high-frequency (a),(b) eddy meridional heat flux at 850 hPa (shading, with interval of

1ms21 K), (c),(d) eddy kinetic energy at 300 hPa (shading, with interval of 10m2 s22), and (e),(f) transientE-vector fluxes at 300 hPa (gray
arrows, with significant fluxes at the 80% confidence level overplotted with black; m2 s22) and 1000–100-hPa vertically averaged zonal

wind (shading, with interval of 1ms21) for the normalized NAH-like SST index in autumnwhen the atmospheric anomalies lag NAH-like

SST index by (top) 10 and (bottom) 20 days. Values that are significant at the 95% confidence level are highlighted with black dots.
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shown in Woollings et al. (2008) further confirms the

clear contribution of the changes in Greenland blocking

occurrence to the NAO anomalies. Following these

above arguments, our study further shows that the

NAH-like SST anomaly pattern, through altering the

low-frequency anticyclonic wave activity in the high

latitude of North Atlantic, can give rise to an NAO-like

atmospheric circulation anomaly during autumn.

6. Atmospheric response to the variation of SST
anomalies in three key regions

The above analyses have suggested that the tripolar

NAH-like SST mode has a significant impact on the

overlying atmosphere, particularly on the subsequent

NAO-like anomalies. To further validate these results,

we define three SST indices by area-averaging the SST

anomalies near each center of the NAH-like SST mode,

including the areas off the western coast of northern

Europe (N box; 558–708N, 208W–108E), the Gulf Stream

region (G box; 408–558N, 608–308W), and to the south of

the Gulf Stream region (S box, 258–358N, 608–308W) as

denoted in the black-outlined boxes of Fig. 4c. The

forcing and response to the SST anomalies in these

different boxes are delineated through composite ana-

lyses of the lower-level and upper-level geopotential

height anomalies during the typical positive phase of

each SST index. Prior to the peak of N-box SST anom-

alies by 10 days, as shown in Fig. 9a, there is a tripolar

southwest–northeast geopotential height anomaly

structure in North Atlantic, with largest positive

anomalies located to the east of Greenland and negative

anomalies to the south of Greenland, which is consistent

with the atmospheric circulation pattern preceding the

NAH-like SST anomalies (Fig. 4g). This suggests that

the atmospheric forcing on the N-box SST anomaly is in

agreement with the atmospheric forcing on the NAH-

like SST anomaly. By contrast, the atmospheric forcings

on the G box and S box shown in Figs. 9b and 9c are

relatively local. Following the peak of SST anomalies by

20 days, as shown in Fig. 9d, the geopotential height

anomalies in response to N-box SST anomalies are

characterized by a positive phase of NAO-like structure,

which is also consistent with the circulation anomaly

response to NAH-like SST anomaly shown in Fig. 4j.

This suggests that the dipolar height anomalies in re-

sponse to NAH-like SST anomalies is mainly contrib-

uted by the atmospheric response to the N-box SST

anomalies. The atmospheric responses to the G-box and

S-box SST anomalies are relatively weak and mainly

confined in the lower troposphere (Figs. 9e,f). We also

carry out the composites of the surface heat fluxes and

eddy activities against the SST indices of these three

regions. It is found that the N-box SST anomalies are

FIG. 8.As in Fig. 7, but for the composites of (a),(b) 10-day low-frequency eddy heat flux at 850 hPa (shading, with

interval of 1m s21 K) and (c),(d) the frequency of unusually large and persistent anticyclonic wave activities at

300 hPa (shading, with interval of 0.02).
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most efficient in affecting the surface heat fluxes.

Meanwhile, the response of low-frequency eddies is also

strongest to the N-box SST anomalies (figures not shown),

probably because the climatological low-frequency eddies

peak in the higher latitudes. Therefore, the above analyses

imply that the SST anomalies in the higher latitudes might

be more efficient in shaping the low-frequency eddies and

further affect the full-tropospheric NAO pattern, whereas

the SST anomalies in the middle latitudes can only affect

the lower-tropospheric circulation.

7. Summary and discussion

Many progresses have beenmade over the past years in

understanding the subseasonal variability of winter NAO

with a focus on the internal eddy–mean flow interaction.

This study highlights the role of extratropical air–sea in-

teractions in the NAO variability during the transition

season (autumn) when the daily SST variability is stron-

ger. More importantly, using daily atmospheric and oce-

anic reanalysis data, our study illustrates the physical

processes through which the daily SST variation over

North Atlantic affects the NAO during autumn.

On the subseasonal time scale, the NAO anomalies in

autumn can significantly force a zonally tripolar SST

anomalies in the North Atlantic but with little feedback

from this anomalous SST pattern. However, a distinct and

localized SST anomaly preceding the NAO anomalies by

10–20 days could induce a significant and moderate NAO-

like atmospheric response. This SST anomaly, marked by a

cold anomaly in the Gulf Stream region and warm anom-

alies off the western coast of northern Europe and to the

south of the Gulf Stream area (Fig. 4c), is implied to be a

potential candidate for predicting the subseasonal vari-

ability of the NAO.

An initial southwest–northeast tripolar geopotential

anomaly in theNorthAtlantic forces this localized tripolar

SST anomaly. Then the SST anomaly pattern acts to alter

the spatial patterns of the lower-tropospheric temperature

and baroclinicity anomalies through surface heat flux ex-

change (Fig. 5). Changes in the lower-tropospheric bar-

oclinicity further induce the poleward shift of synoptic

eddy generation in the midlatitude and strong decrease of

the low-frequency eddy generation and anticyclonic wave

activity in the high latitude. On the one hand, the poleward

shift of the synoptic eddygenerationmodulates thepoleward

shift of the transient eddy kinetic energy and eddy momen-

tum forcing, which further results in the poleward shift of the

barotropic zonal wind thus contributing to the positive phase

of NAO (Fig. 7). This is consistent with transient eddy

feedback playing an important role in the atmospheric re-

sponse to the underlying SST anomalies in previous studies

(Peng and Whitaker 1999; Magnusdottir et al. 2004; Deser

et al. 2007; Sampeet al. 2010;Renet al. 2009; Seo et al. 2017).

On the other hand, the reduction of low-frequency high-

latitude blocking also contributes to the positive phase of

NAO (Fig. 8), which supports Woollings et al. (2008) that a

positive NAO is envisaged as being a description of periods

in which the high-latitude North Atlantic blocking is in-

frequent and can be considered as an unblocked situation.

FIG. 9. Composites of Z1000 (contour intervals of 8m) and Z300 (shading, with interval of 16m) anomalies with normalized SST index

for the (a),(d) N box, (b),(e)2G box, and (c),(f) S box when the atmosphere leads the SST indices by (top) 10 and (bottom) 20 days. For

ease of comparison, the SST index in the G box is multiplied by 21.
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Furthermore, we show that the SST anomalies in the

higher latitudes might be more efficient in shaping the

low-frequency eddies and anticyclonic blocking, which

could further affect the barotropic NAO-like pattern

(Fig. 9). In contrast, the direct impact of the SST

anomaly in the middle latitudes is relatively shallow

with the atmospheric response confined in the lower

troposphere. This probably can be explained from the

thermodynamic viewpoint that the surface heat flux into

the atmosphere accompanied with the midlatitude SST

anomalies are quickly balanced by the strong horizontal

wind in the lower troposphere above the front region

(Hoskins and Karoly 1981).

Our study contributes to a growing body of observational

evidence that extratropical SST anomalies are capable of

significantly influencing the large-scale atmospheric circula-

tionon the subseasonal time scale during autumn (Xiao et al.

2016; Wills et al. 2016), which supports previous modeling

studies (Rodwell et al. 1999; Nakamura et al. 2008; Sampe

et al. 2013; O’Reilly et al. 2017). The impact of the SST

anomalies on the overlying atmospheric circulation inwinter

is much weaker as a result of the less active daily SST

variability. Air–sea interaction over North Atlantic during

winter is dominated by the stronger atmospheric driving

effect (see the appendix for details). Note that this study

mainly addresses the role of extratropical SST anomalies in

affecting the lower-tropospheric NAO variability. The

upper-tropospheric NAO variability is different because of

some remote influences from the tropical SST anomalies or

the stratosphere (e.g., Cassou 2008; Scaife et al. 2017), and

thus deserves further studies. Our work also demonstrates

that the barotropic NAO-like response to the extratropical

SST anomalies can be attributed to two eddy-mediated

processes: the synoptic eddy feedbacks and high-latitude

blocking variation. However, the relative importance of

these two processes is difficult to evaluate simply from the

statistical diagnostic analysis. Futureworkswill be conducted

to quantify these processes by setting up numerical experi-

ments in an idealized air–sea coupled model, and further

examine the impact of high-latitude SST anomalies on the

formationof low-frequencyeddies and theNAOpersistence.
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APPENDIX

Winter Subseasonal Air–Sea Interaction in the North
Atlantic

The winter subseasonal air–sea interaction over the

North Atlantic is briefly discussed through the lagged

SST–NAO regression analyses. Here, the SST and NAO

indices are centered on the DJF period, whereas the lag-

ged regressions are based on 11 November–20 March

from lag220 days to lag120 days. Figures A1a and A1b

display the regressions of SST anomalies against winter

daily NAO index when SST anomalies lag the NAO by

10 days and lead the NAO by 20 days, respectively. As

shown in Fig. A1a, the SST anomalies following the NAO

peak display an NAT spatial pattern, which is similar

to that in autumn but with stronger amplitude. This

indicates a stronger atmospheric driving effect on the SST

anomalies. The SST anomalies preceding the NAO

(Fig. A1b) exhibit a similar spatial pattern to those fol-

lowing the NAO (Fig. A1a) but with much weaker am-

plitudes, suggesting an evidently weaker impact of this

SST pattern onto the atmospheric circulation. To further

FIG. A1. Lagged regression of Z1000 (contour interval of 8m) and SST (shading, with interval of 0.05K) onto the normalized daily

NAO index in winter, with Z1000/SST anomalies (a) lagging NAO index by 10 days and (b) leading NAO index by 20 days. Also shown is

the (c) cross correlation between the NAO index and NAT SST index during winter. Negative lags denote that the SST index leads the

NAO index.
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quantify the relationship between the NAT SST anomaly

pattern and NAO, Fig. A1c further shows the lagged

correlation between the NAT index and NAO index

during winter. The largest correlation between the NAO

index and NAT SST index appears when the NAO leads

by 3–10 days, implying the strong driving effect of NAO

on the underlyingNAT SST anomaly pattern in winter. In

contrast, no significant positive correlations are observed

when the SST index leads NAO, showing little feedback

of SST anomalies on the NAO. These results illustrate

that the winter air–sea interaction is dominated by

stronger atmospheric driving effect, which supports the

results of Deser and Timlin (1997) and Ciasto and

Thompson (2004).
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Abstract
The El Niño-Southern Oscillation (ENSO) events of recent decades have been divided into the two different types based on 
their spatial patterns, the Eastern Pacific (EP) type and Central Pacific (CP) type. Their most significant difference is the 
distinguished zonal center locations of sea surface temperature (SST) anomalies in the equatorial Pacific. In this study, based 
on six operational climate models, we evaluate predictability of the two types of ENSO events in winter to examine whether 
dynamical predictions can distinguish between the two spatial patterns at lead time of 1 month and tell us more than simply 
whether an event is on the way. We show that winter EP and CP El Niño and La Niña events can only be distinguished in a 
minority of these models at 1-month lead, and the EP type tends to has a more realistic zonal positions of SST pattern cent-
ers than the CP type. Compared to the SST patterns, the differences between the two types are less apparent in precipitation 
especially for the two La Niña types in the models. Examinations of the extratropical teleconnections to the two ENSO types 
show that some of the models can reproduce the differences between EP and CP teleconnections. Evaluations of model 
predictions show that the EP El Niño event has the same level hit rate with the CP El Niño and the CP La Niña event has 
much higher hit rate than the EP La Niña. While the multi-model ensemble increases Niño index prediction skill, it does not 
help to improve forecast skill of center longitude index of the SST patterns and distinguish the two types of ENSO events. 
Although ENSO skill is very high at this lead time, the rapid loss of the initialized information on the different ENSO types 
in most of the models severely limits the predictability of the two types of winter ENSO events and more research is needed 
to improve the performance of climate models in forecasting the two ENSO types.

Keywords Two types of winter ENSO events · Predictability · Dynamical model · Evaluation

1 Introduction

The El Niño Southern Oscillation (ENSO) phenomenon has 
been well known to play a key role in influencing global 
climate (e.g., Rasmusson and Carpenter 1982; Mason and 
Goddard 2001; Davey et al. 2014; Zhang et al. 1996). Now, 
the ENSO events in recent decades are often divided into 
two different types in terms of their spatial patterns. One 
is the canonical type of ENSO which has its sea surface 
temperature (SST) anomaly center over the equatorial East-
ern Pacific (EP). The other one is a non-canonical type of 
ENSO, in additional to the canonical type, which has its 
major SST anomalies centered over the central Pacific (CP) 
regions. This non-canonical type is becoming more frequent 
since the late 1970s (Larkin and Harrison 2005a, b; Ashok 
et al. 2007; Kao and Yu 2009; Kug et al. 2009; Ren et al. 
2013) and may become more frequent under a warming 
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climate (Yeh et al. 2009). For this non-canonical type, there 
have been various nomenclatures and definitions in the lit-
erature, including the dateline El Niño (Larkin and Harri-
son 2005a, b), El Niño Modoki (Ashok et al. 2007), central 
Pacific ENSO (Kao and Yu 2009; Yeh et al. 2009; Yu et al. 
2011), and WP El Niño/ENSO (Kug et al. 2009; Ren and Jin 
2011, 2013). In this study, we will adopt the terminology of 
the EP and CP ENSO for describing the two types.

Many previous studies revealed that the CP type of El 
Niño has significantly different global climate impacts from 
the EP El Niño through tropical-extratropical teleconnec-
tions (e.g., Weng et al. 2007, 2009; Kim et al. 2009; Feng 
et al. 2010; Feng and Li 2011; Zhang et al. 2011, 2012; Yuan 
and Yang 2012) as these two types of El Niño are accom-
panied with distinct tropical atmospheric circulations. La 
Niña events, the negative phase of ENSO events, are usually 
less distinguishable in terms of the two types (Kug and Ham 
2011). However, they were also divided into the two types 
in some studies (Ashok and Yamagata 2009; Yuan and Yan 
2013), particularly if the decadal background is eliminated 
since 1980 (Ren et al. 2013). Indeed, the value of distin-
guishing the two types for either El Niño or La Niña events 
is clearest from their distinct global and regional climate 
impacts rather than their different SST patterns (Zhang et al. 
2015). From this point of view, both types of El Niño and La 
Niña events will be focused on in this study.

Due to the significant impacts of ENSO on global cli-
mate, in recent 30 years, many international efforts were 
made towards ENSO prediction, and progress were made 
in improving skill levels of ENSO prediction (Latif et al. 
1998; Jin et al. 2008; Barnston et al. 2012). A great many 
approaches were developed to predict ENSO, including sta-
tistical models, simplified air-sea coupled models, and fully 
coupled global climate models (GCMs) (e.g., Cane et al. 
1986; Zebiak and Cane 1987; Chen et al. 1995, 2004; Kang 
and Kug 2000; Kirtman 2003; Luo et al. 2005, 2008; Zheng 
et al. 2006; Ham et al. 2009; Cheng et al. 2010; Izumo 
et al. 2010; Zhu et al. 2012, 2017; Ren et al. 2014; Liu and 
Ren 2017). Dynamical prediction based on fully coupled 
ocean–atmosphere GCMs has become a powerful tool for 
ENSO prediction as a result of large improvements in under-
standing ENSO, climate modeling, and ocean data assimila-
tion. Here we test whether predicting the two ENSO types 
using the dynamical coupled GCMs is now possible given 
that they have already been shown to predict the canonical 
ENSO.

Previous studies have shown that most current coupled 
GCMs still have difficulty in reproducing the distinct SST 
anomaly patterns of two ENSO types due to model biases and 
other deficiencies (Yu and Kim 2010; Ham and Kug 2012). 
This presents a challenge to the dynamical prediction of the 
two ENSO types based on current GCMs. In comparison with 
the studies on prediction of the canonical ENSO, relatively 

little effort has been made to assess skill of the dynamical 
models in predicting the two types. In recent years, a few 
studies have used initialized hindcasts of some operational 
GCMs to do this. Hendon et al. (2009) and Lim et al. (2009) 
first attempted to predict differences between autumn modoki 
and canonical El Niños in the POAMA coupled seasonal 
forecast model of Australian Bureau of Meteorology (BoM) 
but the predictive lead time is limited to less than one sea-
son. Along this line, Jeong et al. (2012) found the lead time 
could be extended to 4 months for winter in the multi-model 
ensemble (MME) mean sense utilizing the hindcast data of 
the MME suite in the Asia–Pacific Economic Cooperation 
Climate Center (APCC), and Jeong et al. (2015) showed the 
predictability was subject to an apparent inter-decadal change. 
Yang and Jiang (2014) further showed the seasonal depend-
ence of prediction skill of the two ENSO types for related SST 
anomalies and climate impacts in the Climate Forecast System 
version 2 (CFSv2) of National Centers for Environmental Pre-
diction (NCEP). Zhu et al. (2015) examined prediction skill 
of the two types in the ECMWF prediction systems and found 
that the EP ENSO has higher skill than the CP. It has also 
been suggested that CP events may be more difficult to predict 
due to their smaller amplitude (Imada et al. 2015) and hence 
smaller signal to noise ratio. These studies overall indicate bet-
ter performance for the EP ENSO than CP ENSO predictions 
though they are to some degree dependent on the principal 
components of tropical Pacific SST anomalies and the associ-
ated indices based on empirical orthogonal functions (EOFs) 
analysis, which are also unable to discriminate the asymmetry 
between El Niño and La Niña.

In this study, we will further examine the model predict-
ability of these two types of ENSO by directly focusing on 
the El Niño and La Niña events that are well defined in the 
literature, based on initialized hindcasts from a group of cur-
rent operational seasonal forecast systems. We aim to carry 
out a comprehensive event-based ENSO prediction evaluation 
and reveal whether dynamical predictions can distinguish the 
spatial differences between the two types of events and their 
teleconnections at seasonal lead times. This paper is organ-
ized as follows. Data and method are described in Sect. 2. 
Comparisons of prediction skill and patterns of SST anoma-
lies, precipitation responses, and teleconnections are given in 
Sects. 3, 4, and 5, respectively. We show event-based skill of 
predictions of different ENSO types in Sect. 6 and attempts 
using the MME method in Sect. 7. Summary and discussion 
are given in Sect. 8.
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2  Data and method

2.1  Hindcast datasets from six operational seasonal 
forecast systems

In this study, we use hindcast data of wintertime (Decem-
ber-January-February, DJF) initialized in November, col-
lected from six operational prediction systems referred to 
as CFSv2, BCCv2, P24A, ECMWF4, G5GC2, and DPS3, 
respectively, and defined below. All of the models are fully 
coupled climate models that provide real-time operational 
predictions accompanying with hindcast datasets to evalu-
ate and then calibrate these models.

CFSv2 is the Climate Forecast System version 2 from 
the NCEP, which is the upgraded version of CFSv1 (Saha 
et al. 2006) and has been used in operation since 2011. In 
CFSv2, there are substantial changes made from CFSv1, 
showing some significant advances in operational pre-
dictions (Saha et al. 2014). CFSv2 hindcast is a set of 
9-month reforecasts initialized from every fifth day with 
four times of that day as totally 24 ensemble members, 
spanning the period of 1982‒2010. To elongate the data-
set, the real-time forecasts of 2011 are added. Initial condi-
tions for the atmospheric and oceanic models are from the 
NCEP CFS Reanalysis (Saha et al. 2010).

BCCv2 is the second generation of climate forecast-
ing system in Beijing Climate Center of China Meteoro-
logical Administration (BCC/CMA), a operational system 
from 2016. BCCv2 is based on the BCC Climate System 
Model version 1.1 m (BCC_CSM1.1 m) (Wu et al. 2013). 
Its atmospheric component is the BCC AGCM2.2 with a 
T106 horizontal resolution and 26 vertical levels (Wu et al. 
2010), and its land component is the BCC Atmosphere 
and Vegetation Interaction Model version 1.0. The ocean 
component of BCCv2 is the Geophysical Fluid Dynam-
ics Laboratory Modular Ocean Model version 4 and the 
sea ice component is the Sea Ice Simulator. BCCv2 hind-
cast is initiated from the 1st day of each month during 
1991‒2014 with a 13-mon integration. The atmospheric 
initial values are initialized from the four-time daily NCEP 
Reanalysis I and the oceanic initial values from variables 
of the NCEP Global Oceanic Data Assimilation System, 
using a nudging scheme of 3-D atmospheric fields and 
ocean temperature. Each hindcast includes 24 ensemble 
members by combining different atmospheric and oceanic 
initial conditions.

P24A is the operational seasonal prediction model in 
BoM (P24A) including BAMv3.0d (T47L17) and ACOM2 
(0.5º–1.5ºlat × 2ºlon L25) (Lim et al. 2012), participating 
in the Asia–Pacific Economic Cooperation Climate Center/
Climate Prediction and its Application to Society (APCC/
CliPAS) (Wang et al. 2009; Lee et al. 2010). POAMA 

stands for Predictive Ocean Atmosphere Model for Aus-
tralia. POAMA is the Bureau of Meteorology’s dynami-
cal (physics based) climate model used for multi-week to 
seasonal through to inter-annual climate outlooks. It is a 
state of the art long-range forecast system using ocean, 
atmosphere, ice, and land data observations to initiate out-
looks up to 9 months ahead. The P24A hindcast we use 
here is initialized on the 1st day of every month from 1981 
to 2010, 30 years in total.

ECMWF4 is the European Centre for Medium-Range 
Weather Forecasts (ECMWF) System 4. ECMWF4 utilizes 
the ECMWF atmosphere model, with a higher resolution 
and a higher atmosphere top, and more ensemble mem-
bers than the previous system (Molteni et al. 2011). The 
ECMWF4 hindcast is a set of 7-month seasonal reforecasts 
including 15 member ensembles, initialized on the 1st day 
of every month during 1981‒2010, 30 years in total. More 
details of this system can be referred to http://www.ecmwf 
.int/produ cts/forec asts/seaso nal/docum entat ion/syste m4.

G5GC2 is the Met Office global seasonal forecast system 
5 (GloSea5) (MacLachlan et al. 2015). Its hindcasts used 
here were run in research mode over 1992–2011, using a 24 
member ensemble. DPS3 is the Met Office decadal climate 
prediction system 3 (DePreSys3) (Dunstone et al. 2016). 
The DPS3 hindcasts used in this paper cover the period 
1981–2014. DPS3 and G5GC2 use the same climate model 
but differ in the way in which they are initialized. G5GC2 
is initialized directly from atmospheric fields of ECMWF 
ERA-Interim reanalysis data and its forced hindcast ocean 
reanalysis (GloSea5 Ocean and Sea Ice Analysis) that are 
coupled together on the first forecast time step (see MacLa-
chlan et al. 2015 for details). Whereas DPS3 is via weakly 
coupled data assimilation, where analyzed monthly ocean 
temperature, salinity, and sea-ice concentration and reanaly-
sis winds and temperatures are continuously nudged into the 
coupled model (see Smith et al. 2007; Knight et al. 2014, 
and Dunstone et al. 2016 for details). Forecasts are then 
branched off this assimilation run. In both G5GC2 and DPS3 
the underpinning climate model is the Met Office global 
coupled model 2.0 (GC2). In this configuration the verti-
cal resolution is 85 levels in the atmosphere (with a top at 
85 km) and 75 levels in the ocean (with a 1 m top level). The 
ocean horizontal resolution is 0.25° on a tri-polar grid and 
in the atmosphere a horizontal resolution of N216 (60 km in 
mid-latitudes) is used. This model has been shown to have 
good representation of the modes of climate variability, 
including ENSO (Williams et al. 2015). Both G5GC2 and 
DPS3 use random seeds to drive a stochastic physics scheme 
in order to generate forecast ensemble members. We put the 
brief description of all the models into Table 1.

Anomalies of all hindcast variables are obtained by 
removing their own climate mean of the whole period 
of hindcast data used here. Winter means are used 

http://www.ecmwf.int/products/forecasts/seasonal/documentation/system4
http://www.ecmwf.int/products/forecasts/seasonal/documentation/system4


3872 H.-L. Ren et al.

1 3

throughout the paper and constructed by averaging data 
for December–January–February (DJF).

2.2  Observational reanalyses

In this study, to verify the model hindcasts, we use the 
following observations: for SST we use HadISST (Rayner 
et al. 2003), for mean sea level pressure (MSLP) we use 
HadSLP2 (Allan and Ansell 2006), and for precipita-
tion we use the Global Precipitation Climatology Pro-
ject (GPCP) version 2.2 (Adler et al. 2003). Although 
the GPCP is limited to the satellite era (1979-onwards), 
it provides global coverage over the oceans which gauge-
based datasets cannot provide. Observational anomalies 
in this paper are calculated from the climatology defined 
by the data during the period of 1981–2010.

Traditional Niño3.4, Niño3 and Niño4 indices of SST 
anomalies are used, which are defined as SST anomaly 
averages over the Niño3.4 region (5˚S–5˚N, 170˚–120˚W), 
Niño3 region (5˚S–5˚N, 150˚–90˚W), and Niño4 region 
(5˚S–5˚N, 160˚E–150˚W), respectively. To quantify the 
two types of ENSO, we choose the Niño Warm-Pool index 
(denoted as WPI) and Niño Cold-Tongue index (denoted 
as CTI) that were proposed by Ren and Jin (2011) for rep-
resenting the CP and EP ENSO types, respectively, based 
on a nonlinear transformation of Niño3 and Niño4 indices; 
i.e., WPI = Niño4 − αNiño3 and CTI = Niño3 − αNiño4, 
where α = 0.4 when Niño3*Niño4 > 0; otherwise, α = 0.

2.3  Evaluation methods

In this study, we carry out an evaluation through the event-
based method. That is, we focus on the patterns of the two 
ENSO types based on composites of historical events. To 
define the El Niño or La Niña events, we refer to the defi-
nition of Yeh et al. (2009), namely contrasting differences 
between Niño3 and Niño4 indices either exceeding 0.5 °C. 
We identify historical events which are mainly consistent 
with the literature (e.g., Kao and Yu 2009; Kim et al. 2009; 
Kug et al. 2009; McPhaden et al. 2011; Xiang et al. 2013) 
that has been well recognized. Note that the classification for 
La Niña events is still controversial. Here we directly refer 
to the previous study (Zhang et al. 2015). The winters for 
the different types of winter-mean ENSO indices are listed 
in Table 2.

Composite patterns for observation are calculated by 
averaging the anomalous fields that correspond to the dif-
ferent types of events. For the model hindcasts, composite 
patterns are calculated in terms of the observed events for 
the different types, where the predicted ENSO events can be 
identified using ensemble means of these models with the 
available data periods for the same years as in the observa-
tions. In this study, we remove the linear trend from all of 
the data before doing analyses.

3  Comparisons of patterns of SST anomalies

First of all, as a reference, Fig. 1 presents skill of ENSO 
prediction based on winter Niño indices in the models. It is 
clearly seen that Niño3.4 index has the highest skill score 

Table 1  Description of the six models

System short names Institutes (model names) AGCM (resolution) OGCM (resolution) Ensem-
ble 
number

Data periods

CFSv2 NCEP (NCEP CFSv2) GFS (T126L64) MOM4 (1/4° Eq. L40) 24 1982–2011
BCCv2 BCC (BCC_CSM1.1 m) BCC_AGCM2.2 (T106L26) MOM4 (1/3º–1ºlat × 1ºlon L40) 24 1991–2014
P24A BoM (POAMA) BAMv3.0d (T47L17) ACOM2 (0.5º–1.5ºlat × 2ºlon L25) 10 1981–2010
ECMWF4 ECMWF (ECMWF System4) IFS cycle 36r4 (T255L91) NEMO (1/3°–1º L42) 15 1981–2010
G5GC2 Met Office (HadGEM3-GC2) MetUM-GA3(N216L85) NEMO-GO3 (0.25° L75) 24 1992–2011
DPS3 Met Office (HadGEM3-GC2) MetUM-GA3(N216L85) NEMO-GO3 (0.25° L75) 40 1981–2014

Table 2  Events of two types 
of El Niño and La Niña from 
1981/82 to 2014/15 winters

Types Winters Numbers

EP El Niño 1982/83, 1986/87, 1991/92, 1997/98, 2006/07 5
CP El Niño 1987/88, 1994/95, 2002/03, 2004/05, 2009/10, 2014/15 6
EP La Niña 1984/85, 1995/96, 1999/00, 2005/06, 2007/08 5
CP La Niña 1983/84, 1988/89, 1998/99, 2000/01, 2008/09, 2010/11, 2011/12 7
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Fig. 1  Scatter maps of the HadISST (x-axis) and model predictions (y-axis) for DJF-mean Niño3.4 index, Niño3 index, Niño4 index, CTI, and 
WPI. Each symbol denotes one DJF mean. CORs are correlation coefficients for all of value pairs and colors are for different models
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with a correlation coefficient of 0.94 between observations 
and predictions at 1 month lead. All the model forecasts are 
highly consistent with the observed El Niño, Neutral, and 
La Niña phases, and a similar situation is found for the EP 
cases, with slightly reduced correlations of 0.93 and 0.90 
for Niño3 index and CTI, respectively. As a comparison, 
the skill score in WPI for the CP type is relatively lower 
(correlation is 0.81) and the spread across models is clearly 
larger. Meanwhile, Niño4 index is also highly predictable 
(correlation is 0.91), which is sometimes used to represent 
the CP type. These results confirm previous studies in which 
the indices for representing the two types are usually well 
predicted, particularly within a few months lead. The com-
posite spatial patterns of SST anomalies of the EP and CP 
El Niño events (Table 2) over the equatorial Pacific in obser-
vations and the six different models are shown in Fig. 2. A 
distinct difference between the EP and CP events is shown in 
the observations. The EP events are stronger, with the largest 
anomalies occurring between 160°W and the eastern bound-
ary, and extending southwards along the Peruvian coastline. 
In contrast, the CP events show the centers of equatorial 
SST anomalies between 170 and 150°W. The EP-CP differ-
ence plot shows the EP events have greater warming in the 
south-east but are generally cooler north of the equator and 
in the west.

All of the models assessed show stronger EP than CP 
events, agreeing well with the observations, where the pat-
tern correlation coefficients (PCCs) are generally above 0.9 
and 0.80 for the EP and CP types, respectively, as shown 
in Fig. 2. However, some do not show as much separation 
between the two types as several of the model composites 
for the CP type show maximum SST anomalies to the east 
of the observed maximum. In the models the CP events also 
tend to show overestimated warming along the Peruvian 
coast although we note that the modeled EP events remain 
stronger in this region. The differences between EP and 
CP events in the western Pacific are also generally poorly 
represented in the models, with several showing underesti-
mated relative cooling, presumably due to the well-known 
westward extension bias of ENSO anomalies (e.g., Ham and 
Kug 2015). Among the models, DPS3 best represents the 
observed differences of the two ENSO types, CFSv2 also 
performs well but shifts CP events too far east, and G5GC2 
overstates the differences with greater anomalies during EP 
events although this may be due to relatively smaller sample 
size of its hindcast still including the large 1997/98 event.

Figure 3 shows the La Niña composite SST anomalies. In 
observations the difference between the two event types is less 
distinct than that for El Niño events. The CP events are slightly 
stronger in the central Pacific, and weaker in the eastern equa-
torial Pacific, also showing a greater cooling anomaly than EP 
events in the southeast tropical Pacific. The difference between 
the EP and CP events is also less distinct in the models, com-
pared to the two El Niño types. As seen in Fig. 3, although the 
PCCs are still above 0.9 and 0.80 for the two types, those for 
the EP-CP differences are all below 0.70. Meanwhile, although 
a majority of the models correctly show stronger CP La Niña 
events, two of the models, BCCv2 and G5GC2, do not. Two 
models, CFSv2 and DPS3, show the cooling anomaly extend-
ing into the southeast tropical Pacific in CP events, as seen in 
observations. As with the El Niño composites, several of the 
models have maximum anomalies in the CP events eastward 
of the observed position.

Generally, the models predict the differences between EP 
and CP events in El Niño better than in La Niña. The observa-
tions show smaller anomaly differences between the EP and 
CP La Nina events than in El Niño conditions. DPS3 best 
simulates the observed differences between the EP and CP 
events, though all models capture some of the characteristics. 
Figure 4 collectively contrasts the central positions of the 
SST anomaly patterns shown in Figs. 2 and 3 for the EP and 
CP event composites by directly identifying the center longi-
tude index (CLI) that is defined as the center longitude where 
the amplitude of equatorial-mean (5°S‒5°N) SST anomaly 
reaches maximum. In observations the SST centers of the CP 
ENSO types are steadily located west of 160ºW and those of 
the EP types are east of 145ºW. The longitudinal separation 
of the two types of La Niña events is evidently less than that 
between the two types of El Niño events.

In Fig. 4, almost all of the models have relatively realistic 
longitudinal center positions for the EP type in both El Niño 
and La Niña conditions except that P24A shows a strong west-
ward shift. However, for the CP type only DPS3 and P24A 
have positions close to those observed, with the other models 
showing a clear eastward displacement, where DPS3 does 
the best job. This conclusion would be much clearer in Fig. 5 
when we extract the main longitudinal center positions of the 
two types. It is quite clearly seen in Fig. 5 that the canonical 
center longitudes of EP and CP El Niño events can only be 
distinguished by 2‒3 models, and this is slightly less true for 
La Niña events where four out of six models are unable to dis-
tinguish the canonical center positions between the two types 
of La Niña events.

Fig. 2  Composite patterns of SST anomalies (unit: ºC) for the EP-
type (left panels) and CP-type (middle panels) El Niño events as well 
as their differences (right panels) based on the observation (top three 
panels) and model hindcasts (below panels). Black numbers in pan-
els are pattern correlation coefficients (PCCs) between the model pat-
terns and the corresponding observation pattern. Yellow dots denote 
the t-test significance at the 95% confidence level

◂
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Fig. 3  The same to Fig. 2, but for the two types of La Niña events
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4  Patterns of precipitation responses

Figure 6 shows precipitation anomalies for the composites 
of EP and CP El Niño events for observations and model 

hindcasts. The observations show during EP events the 
precipitation is enhanced along the equatorial region from 
160°E to 80°W, with the SPCZ displaced to the north and 
east of its climatological position and the ITCZ, which lies 
to the north of the equator, displaced strongly southward, 

(a) (b)

(c) (d)

Fig. 4  Equatorial mean (5°S‒5°N) of SST composite patterns of observation and predictions for different ENSO types (a–d), where Obs80 and 
Obs90 denote the HadISST results of 1980–2014 and 1990–2014 periods, respectively

(a) (b)

Fig. 5  Scatter maps between SST anomaly center longitudes (viz. LPIs shown in Fig. 4) of two types of El Niño (a) and La Niña (b). Colored 
dots denote the model results. Black circles are for the HadISST results during 1980–2014 period. Unit of the two axes is ºE
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resulting in a largely zonal feature along the equator. Pre-
cipitation tends to be weaker than normal over northern 
Australia, maritime Southeast Asia, and the Philippines. 
The pattern during CP events has a quite different spatial 
structure. That is, enhanced precipitation largely occurs 
between 160°E and 160°W, with anomalies of less than 
1 mm/day to the east of 160°W, and the SPCZ and ITCZ 
are distinct features with the SPCZ extending southwest-
wards from the equator and shifted less strongly to the 
east and the ITCZ displaced less strongly southward. This 
leads to a difference map showing stronger precipitation 
along the equatorial region in EP events, with weaker 
bands either side.

Many of the models show the rainfall differences 
between the EP and CP events well (Fig. 6, lower pan-
els). The precipitation anomalies are generally greater in 
the models than seen in observations except BCCv2. The 
plots of the differences between EP and CP events show 
stronger equatorial precipitation anomalies in EP events 
with a band of weaker precipitation to the north. P24A 
most clearly shows less precipitation to the south in EP 
events although there are traces of this in other models. 
DPS3 is less successful at capturing the zonal nature of the 
EP pattern in the eastern Pacific than some other models, 
with the enhanced precipitation lying mainly to the north 
of the equator. This bias is also apparent, to a lesser extent 
in G5GC2 and CFSv2.

As was shown for SSTs, for La Niña conditions the differ-
ence between precipitation patterns of the EP and CP events 
is not as clear as for El Niño conditions. Figure 7 shows 
maps of the spatial precipitation patterns. The observations 
show very similar patterns in EP and CP events with nega-
tive precipitation anomalies around the equator and posi-
tive anomalies on the western coasts. The CP events show 
greater decreases of precipitation east of 150ºE. The inter-
model spread is large in capturing the precipitation response 
to the two La Niña types. P24A shows larger anomalies than 
observed, but BCCv2 shows weaker anomalies. In DPS3 
and G5GC2 the negative anomalies extend too far east north 
of the equator, and in BCCv2 the anomalies do not extend 
far enough east. Despite these differences in the anomaly 
patterns, the differences between the EP and CP events are 
similar between the models, showing a greater decrease in 
precipitation in the CP events in agreement with observa-
tions. Clearly, the models have a less capability of reproduc-
ing the difference between the two La Niña types than that 

between the two El Niño ones, as shown by the PCCs in the 
right panels of Figs. 6 and 7.

Further, Fig. 8 collectedly shows contrast of the center 
positions of the precipitation anomaly patterns shown in 
Figs. 6 and 7 for the EP and CP event composites by identi-
fying their center longitude index (CLI), same as to that of 
the SST anomaly but with the equatorial-mean (5°S‒5°N) 
precipitation anomaly reaching its maximum. The observed 
rainfall centers of the CP El Niño types are steadily located 
west of around 180 and around east of 160ºW for the EP 
types, whereas those of the EP and CP La Niña types are 
almost undistinguishable in terms of their longitudinal posi-
tions. The ability of the models to distinguish the canonical 
rainfall pattern centers between the two types is significantly 
lower than that in distinguishing the SST pattern centers.

5  Patterns of teleconnections

ENSO teleconnections provide a potential predictability 
source of extratropical climate prediction skill on seasonal 
(e.g., Jia et al. 2012; Jeong et al. 2012; Lee and Ha 2015; 
Scaife et al. 2017a) and perhaps longer interannual time-
scales. However, it is difficult from observational records 
to decide whether these influences are variable from one 
event to another (e.g., Greatbatch et al. 2004; Toniazzo and 
Scaife 2006), or simply the same in all events but masked in 
some cases by other climate variability so that long records 
are required to extract stable teleconnections (Brönnimann 
et al. 2007). Ensemble hindcasts used in this study provide 
the opportunity to decide between these two possibilities and 
potentially identify robust teleconnection patterns by using 
the ensembles to minimize unpredictable internal variability.

Figure 9 shows teleconnections to EP and CP El Niño 
events in observational analysis and a number of hindcast 
sets. All models successfully generate the Pacific telecon-
nection pattern during EP events with high pressure in the 
tropical west Pacific and low pressure over the Aleutians in 
North Pacific. Similar signatures to the observed pattern are 
also reproduced in the southern hemisphere with a sequence 
of high–low–high pressure features terminating off the tip 
of South America. Atlantic patterns are weaker but DPS3 
and G5GC2 show high pressure close to northwest Europe 
in a pattern similar to that identified in the strongest El Niño 
events (Toniazzo and Scaife 2006) and which occurs when 
stratospheric polar vortex is undisturbed (Bell et al. 2009; 
Ineson and Scaife 2009).

In CP events the Pacific teleconnections are similar in 
pattern but weaker in amplitude, as expected given the 
generally lower amplitude of CP events (Fig. 2). However, 
the Atlantic response is much clearer in CP events with a 
negative NAO like response in the observational compos-
ite. This pattern dominates the overall Atlantic response to 

Fig. 6  Composite patterns of precipitation anomalies (unit: mm/day) 
for the EP-type (left panels) and CP-type (middle panels) El Niño 
events as well as their differences (right panels) based on the obser-
vation (top three panels) and model hindcasts (below panels). Black 
numbers in panels are PCCs between the model patterns and the cor-
responding observation pattern. Yellow dots denote the t-test signifi-
cance at the 95% confidence level

◂
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Fig. 7  The same to Fig. 5, but for the two types of La Niña events
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ENSO as has been noted in many studies (e.g., Brönnimann 
2007; Fereday et al. 2008; Cagnazzo and Manzini 2009; 
Butler et al. 2016). Observational studies have also found 
that this negative NAO response comes mainly from the 
moderate ENSO events (Toniazzo and Scaife 2006), but 
studies during the reanalysis period have obtained contro-
versial results regarding whether this response is associated 
more closely with CP (Graf and Zanchettin 2012) or EP 
(Sung et al. 2014) events, highlighting the problems of sam-
pling relatively short records. A recent paper examining the 
response in CMIP5 models supports the association of CP 
events with the negative NAO response (Calvo et al. 2015). 
Some of our models shown here simulate a similar negative 
NAO response to our observed composite (BCCv2, G5GC2, 
DPS3) while others produce part of the response (P24A, 
CFSv2). The ECMWF model does not appear to reproduce 
the observed response to CP events and this model also has 
the weakest teleconnection over the North Pacific.

Figure 10 shows the SLP composites from La Niña events 
for the observations and model hindcasts. As was seen in the 
SST and precipitation composites (Fig. 2, 3, 6, and 7) the 
difference between EP and CP events is less pronounced in 
La Niña events than El Niño events. This is particularly true 
in the tropics where there is little difference between the SLP 
responses in EP and CP La Niña events. In the extratropics 
there are some distinct differences consistent between the 
EP and CP events. The Aleutian Low weakens in both event 

types, but the weakening is greater in CP events. Although 
this also occurs in observations it appears more pronounced 
in the models. The location of the Aleutian Low shifts con-
sistently in the models with CP showing greater increase in 
SLP further to the west.

In the observations the North Atlantic shows strong dif-
ferences between the EP and CP La Niña events, with CP 
events again showing a strong (positive) NAO signal. Only 
BCCv2 simulate this positive NAO pattern well, whereas 
P24A shows a more positive NAO signal in EP events. 
CFSv2 and G5GC2 show much weaker differences between 
the event types over the North Atlantic than observed, while 
DPS3 does better. In the southern hemisphere the models 
capture the observed differences between the event types 
well. The CP events show stronger anomalies, with a strong 
negative center in the southeast Pacific. All the models show 
this negative anomaly, although P24A shows a stronger 
anomaly in EP events. In addition, the North Pacific shows 
only weak differences between the two event types in spite of 
the differences in the intensity and geophysical positions of 
the main circulation centers. Still, over the North Pacific the 
models tend to capture the EP associated circulation patterns 
better than the CP ones and the EP-CP differences and the 
fact that differences are small in the Pacific but large over 
the Atlantic is consistent with a tropical Atlantic pathway for 
the teleconnections to the north Atlantic (e.g. Toniazzo and 
Scaife 2006; Scaife et al. 2017a).

(a) (b)

(c) (d)

Fig. 8  The same to Fig. 4, but for the equatorial-mean precipitation composites, where Obs80 and Obs90 denote the GPCP results of 1980–2014 
and 1990–2014 periods, respectively
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In this Section, we can see that the model hindcasts have 
helped us identify the robust teleconnection patterns by 
using the ensemble data at the shortest lead. Our examina-
tion of the extratropical teleconnections to the two ENSO 
types show that some of the models can reproduce the dif-
ferences between EP and CP teleconnections. Therefore, 
through this study we can find out that the ENSO telecon-
nection is definitely variable with the different ENSO types 
and phases changing, which provides a good reference for 
climate prediction.

6  Prediction skill of different types of ENSO 
events

To simply illustrate the main information of evaluation of 
the event-based canonical patterns, we collect all the PCC 
skill scores between the observed and forecasted patterns of 
SST, precipitation, and SLP anomalies, into Fig. 11. It can 
be clearly seen that, if PCC can measure to some degree the 
capability of the models in predicting the two types of ENSO 
events, these models overall give slightly higher skill for the 
EP than the CP SST patterns for both El Niño and La Niña 
events, and this is less true for the precipitation patterns. 
However, such high PCCs do not definitely bring us the high 
skill that the models distinguish the two types in terms of the 
EP‒CP differences in their canonical SST patterns. It is also 
clearly seen that the global teleconnection patterns for the 
CP La Niña and EP La Niña are not always well represented 
by the models, and that particularly the EP‒CP differences 
are difficult to represent, though some regional circulation 
patterns can be predicted in different sectors.

We now investigate the prediction skill of the forecast 
systems in predicting the two types of ENSO events during 
winter and test whether the year-to-year forecast categories 
match those observed. Table 3 lists the observed frequencies 
when the forecast is for either an EP or CP target event for 
El Niño and La Niña. Here the predicted ENSO events are 
identified by the same standard as observed using ensem-
ble means of each model and the observed frequencies have 
been accumulated for all the model forecasts.

As seen in Table 3, importantly, when an El Niño or La 
Niña event is forecast to occur, there are no incidences of 
the opposite event occurring (the lower-left and upper-right 
corners of Table 3 are blank). The skill of differentiating 
between the sub-types (EP or CP) is more of a challenge for 

the dynamical model systems, even from this relatively short 
lead time. Indeed, only half probability can be observed 
when any given type of El Niño event is forecasted, as shown 
by the highest numbers along the diagonal of Table 3. Neu-
tral events are particularly well forecast (successful in ~ 70% 
of cases), with a small tendency for the models to misclas-
sify CP La Niña events as neutral.

The most successful predictions are apparent for the CP 
La Niña type with over 90% of those forecasts correctly 
predicted. However, as discussed in the previouspart, the 
models tend to under represent the frequency of CP La Niña 
events and hence there are only eleven such events predicted 
to occur. This lower sample size means that our models are 
less confident about the skill of this CP La Niña category, 
but also suggests that when the model does forecast a CP 
La Niña, the dynamical conditions are such that it is very 
likely to be observed, compared to Table 2. An opposite 
situation could be used to partially explain why the EP 
La Niña type has the lowest hit rate with a highest sample 
size. Possible reason is worthy of being further examined. 
While many of the differences between the prediction skill 
of different ENSO types are unlikely to be significant, we 
conclude that the models can discriminate between ENSO 
types to a reasonable degree at this lead time as the most 
likely type occurs more often than any other type in all five 
phases. Given the different extratropical teleconnections 
noted above, this could also be useful in real time predic-
tions where the details of the ENSO type can be important 
(e.g., Scaife et al. 2017b).

7  MME prediction of detailed SST patterns

Based on the analyses of the predictability of the canoni-
cal patterns and the observed events, we further extend the 
verification of the prediction for the two ENSO types from 
the traditional domain-averaged SST anomaly indices to the 
identified zonal positions of the SST anomaly center of those 
observed events. With the datasets used in Table 3, we can 
generate the center longitude indices (CLIs) for the observed 
and predicted events in terms of the types. Figure 12a first 
shows the results of verifications of the CLI forecasts by all 
the models. The EP ENSO events have higher prediction skill 
than the CP events at 1 month lead. The MME mean forecasts 
of either all the models or the two “best” models (P24A and 
DPS3 that generally discriminate the CP type from EP type of 
canonical patterns) have similar skills, as shown in Fig. 12b, c, 
and more skillful compared to Fig. 12a, which are likely due to 
the much smaller sample size. Further, we show the forecast of 
only DPS3 in Fig. 12d, e, which has relatively satisfactory skill 
in spite of the apparent errors occurring during the first four 
events after 2000. As we can see, although the MME mean 
method does improve prediction skills of their Niño indices to 

Fig. 9  Composite patterns of SLP anomalies (Unit: hPa) for the EP-
type (left panels) and CP-type (middle panels) El Niño events as well 
as their differences (right panels) based on the observation (top three 
panels) and model hindcasts (below panels). Black numbers in panels 
are PCCs between the model patterns and the corresponding observa-
tion pattern. Green dots denote the t-test significance at the 95% con-
fidence level

◂
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Fig. 10  The same to Fig. 9, but for the two types of La Niña events
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some degree (not shown here, but demonstrated in many previ-
ous literatures), distinguishing the center positions of the SST 
anomaly patterns for the two types would not been expected 
to realize by the MME mean because most of the models are 
still difficult to identify the separated centers between the two 
types. Thus, the MME method has no evident contributions to 
distinguishing the two types in terms of their center positions, 
compared to the better models.

8  Summary and discussions

Different types of ENSO events coexist under the current 
climate conditions and have significantly distinct remote 
effects. A few previous studies have focused on the pre-
diction assessments for the two ENSO types using single 
models (e.g., Hendon et al. 2009; Yang and Jiang 2014; 
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Fig. 11  PCCs between the observed patterns and model forecasted 
patterns for the EP type (blue), CP type (red), and their differences 
(green), which are collected from a El Niño SST anomaly patterns in 
Fig. 2, b La Niña SST anomaly patterns in Fig. 3, c El Niño precipi-

tation anomaly patterns in Fig.  6, d La Niña precipitation anomaly 
patterns in Fig. 7, e El Niño SLP anomaly patterns in Fig. 9, and f La 
Niña SLP anomaly patterns in Fig. 10, respectively
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Imada et al. 2015). The current study provides a multi-
model evaluation for the two types of ENSO events for 
the SST anomalies, rainfall patterns, and teleconnections, 
based on six coupled GCMs from different operational 

centers. Compared to the EOF/indices-based studies 
(Jeong et al. 2012, 2015), we presented an event-based 
1-month-lead predictability evaluation for the two types of 
ENSO in terms of the El Niño and La Niña events.

It is suggested that a comprehensive evaluation of ENSO 
predictability for the two types should be based on both con-
tinuous and event-based approaches. Our results show that 
EP and CP El Niño events during winter can be distinguished 
only in 2‒3 of our 6 models even at this short lead time, and 
this is slightly less true for La Niña events, and the EP type 
tends to has a more realistic zonal positions of SST pattern 
centers than the CP type. Compared to the SST patterns, the 
precipitation patterns have smaller differences between the 
two types especially for La Niña events. The models can 
reproduce the separation of events for precipitation in some 
cases, but often show off-equatorial maxima. For telecon-
nections in the extratropics to the two ENSO types, we can 
find out that they are definitely variable with the different 
ENSO types and phases changing. We confirmed that our 
EP events, which sample several strong El Niño events, can 
drive strong Atlantic wave-trains while our composite of CP 
events produce a negative NAO response, consistent with 

Table 3  Contingency table showing the skill of the seasonal forecast 
systems in predicting the correct type of ENSO

All the models
Predicted ENSO types

EP El 
Niño (39)

CP El 
Niño (16)

Neutral
(48)

EP La 
Niña (48)

CP La 
Niña (11)

O
bs

er
va

tio
n

ty
pe

s

EP El Niño 49% 31%

CP El Niño 41% 50% 8%

Neutral 10% 19% 69% 17%

EP La Niña 8% 46% 9%

CP La Niña 15% 37% 91%

Tabulated are the percentage of events that are observed to occur 
given the model forecast of a particular EP or CP type for both El 
Niño and La Niña. The number of forecasts for each type made by all 
the models is quoted in brackets

(a) (b) (c)

(d) (e)

Fig. 12  Scatter plots of the observed CLIs (HadISST, x-axis) and the 
model forecasted CLIs (y-axis) of a all models, b MME mean of all 
models, c MME mean of the P24A and DPS3, d the DPS3 and e the 

bar (HadISST)–dot (DPS3) plot in which the symbols and bars are for 
the events of the EP El Niño (red), CP El Niño (yellow), EP La Niña 
(blue), and CP La Niña (green)
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the observed CP composite in this study. However, why the 
extratropical teleconnections show such large differences 
from quite similar tropical precipitation patterns between 
the two La Niña types, is still an open question. Our results 
show that some of the models can reproduce the differences 
between the observed canonical teleconnections patterns at 
1-month lead.

This study examined predictability of the two ENSO 
types in dynamical predictions near their peak in the win-
tertime, at seasonal lead time. It would be interesting in 
future work to determine the longest lead time that the 
main differences between the two types of ENSO events 
can be reasonably predicted as shown for some single 
models (e.g., Hendon et al. 2009; Yang and Jiang 2014). 
Our results also showed that EP ENSO indices are overall 
better predicted than CP ENSO indices in the six models, 
which is consistent with previous studies (e.g., Yang and 
Jiang 2014; Imada et al. 2015). Further, the event-based 
evaluations of model predictions show that the EP El Niño 
event has the same level hit rate with the CP El Niño and 
the CP La Niña event has much higher hit rate than the 
EP La Niña. Explanation of this interesting result will 
require further study but may well be related to ampli-
tude. However, this result is still controversial as Kim 
et al. (2009) concluded that EP events are less predictable 
than CP events based on analysis of relative persistence 
of the traditional SST indices, and Ren et al. (2016) found 
that the CP type has a much weaker and more delayed 

persistence barrier than the EP type. Moreover, it would 
also be interesting to examine the dynamical processes and 
mechanisms for the generation and maintenance of the two 
ENSO types in the models.

We found that the MME mean of the models is not able to 
improve forecast skill of center longitude index of the SST 
patterns and distinguish the two ENSO types, though predic-
tion skill of the Niño indices can be increased. In this case, 
we should note that the MME mean has no evident contri-
bution to prediction of the zonal positions of SST anomaly 
centers between the two ENSO types. This is because only 
a few coupled GCMs in the model group are able to distin-
guish the longitudinal differences between the two types of 
events. Moreover, La Niña events are less well separated 
in terms of the two types in both the observation and most 
model predictions. Nevertheless, we note here that at least 
some dynamical models are able to predict more than the 
average ENSO spatial pattern, at least at short lead time. 
Recent studies showed that the analogue-based correction of 
the CFSv2 and BCCv2 can significantly improve the dynam-
ical ENSO predictions in terms of the two types (Ren et al. 
2017; Liu and Ren 2017), providing an alternative way to 
make prediction of the two ENSO types better than original 
dynamical model predictions.

Finally, we come back to a key question why the majority 
of these operational models have difficulty in predicting the 
center positions of winter SST anomaly patterns between 
the different ENSO types only at one month lead? Fig. 13 

(a) (b)

(c) (d)

Fig. 13  Evolutions of the composite center longitudes of the HadISST (1980–2014) and the initialized (Nov) and forecasted (Dec–Jan–Feb) SST 
anomaly patterns (solid lines) using the events of the EP El Niño (a), EP La Niña (b), CP El Niño (c), and CP La Niña (d)
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presents the evolution of the center positions of the com-
posite SST patterns of different models with lead time for 
each ENSO type. Although the maximum SSTs are initially 
anchored near to the observations as a result of initialization 
of the models, this information is quickly lost during the fol-
lowing few months in most of the models. Particularly, such 
a quick dissipation of initial distinctions generally occurs 
more in the CP types of El Niño and La Niña than the EP 
ones. For example, G5GC2 almost has the best initialized 
center positions of the SST anomaly patterns in the different 
types but are visible to usually evolve into quite different 
ways compared to the observations. On one hand, this sug-
gests that the initialization processes of subsurface ocean 
rather than the SST only could be quite important for the 
models to capture the initial signals of the ENSO types. On 
the other hand, this result indicates that, except the model 
initialization, model performance including drift and the 
ability to represent ENSO types may be the key aspect that 
limit the predictability of the winter two types of ENSO 
events. Therefore, more efforts are required to improve the 
performance of the climate models in distinguishing the two 
types of ENSO and additional investigation of thermocline 
and current anomalies may provide important information 
in explaining why some models fails to predict the ENSO 
types.
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ABSTRACT

Multi-model ensemble prediction is an effective approach for improving the prediction skill short-term climate pre-
diction and evaluating related  uncertainties.  Based on a  combination of  localized operation outputs  of  Chinese  cli-
mate models and imported forecast data of some international operational models, the National Climate Center of the
China Meteorological Administration has established the China multi-model ensemble prediction system version 1.0
(CMMEv1.0) for monthly–seasonal prediction of primary climate variability modes and climate elements. We veri-
fied the real-time forecasts  of  CMMEv1.0 for  the 2018 flood season (June–August)  starting from March 2018 and
evaluated the 1991–2016 hindcasts of CMMEv1.0. The results show that CMMEv1.0 has a significantly high predic-
tion skill for global sea surface temperature (SST) anomalies, especially for the El Niño–Southern Oscillation (EN-
SO) in the tropical central–eastern Pacific. Additionally, its prediction skill for the North Atlantic SST triple (NAST)
mode is high, but is relatively low for the Indian Ocean Dipole (IOD) mode. Moreover, CMMEv1.0 has high skills in
predicting  the  western  Pacific  subtropical  high  (WPSH)  and  East  Asian  summer  monsoon  (EASM)  in  the
June–July–August  (JJA) season.  The JJA air  temperature  in  the  CMMEv1.0 is  predicted with  a  fairly  high skill  in
most regions of China, while the JJA precipitation exhibits some skills only in northwestern and eastern China. For
real-time forecasts in March–August 2018, CMMEv1.0 has accurately predicted the ENSO phase transition from cold
to neutral in the tropical central–eastern Pacific and captures evolutions of the NAST and IOD indices in general. The
system has also captured the main features of  the summer WPSH and EASM indices in 2018,  except  that  the pre-
dicted EASM is slightly weaker than the observed. Furthermore, CMMEv1.0 has also successfully predicted warmer
air  temperatures  in  northern  China  and  captured  the  primary  rainbelt  over  northern  China,  except  that  it  predicted
much more precipitation in the middle and lower reaches of the Yangtze River than observation.
Key  words: multi-model  ensemble,  China  multi-model  ensemble  prediction  system  (CMME),  real-time  forecast,

skill assessment
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1.    Introduction

Climate  anomalies  affect  social  and  economic  devel-

opment  worldwide.  Accurate  predictions  of  climate  an-
omalies are imperative for preventing and mitigating cli-
mate associated disasters. Despite the tremendous societal
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demand, short-term climate prediction spanning from 10
days to a few seasons is always a hot but difficult issue in
both  scientific  and technical  senses.  In  particular,  China
is  located  in  the  East  Asian  monsoon  region  where  the
climate variation is dominated by complex spatiotemporal
climate  variability  with  multi-scale  interactions,  which
gives  rise  to  a  great  challenge  for  the  operational  short-
term climate prediction in China. Therefore, it is consid-
erably  important  to  carry  out  operational  short-term cli-
mate  prediction  in  China,  and to  improve  the  prediction
skill  by  keeping  abreast  with  the  advancements  in  cli-
mate prediction research and practice around the world.

At  present,  dynamical  prediction  using  numerical  cli-
mate models is one of the most important approaches for
short-term  climate  prediction,  and  it  has  been  widely
used in operational predictions of global climate and cli-
mate  variability  (e.g., Saha  et  al.,  2006, 2014;
Weisheimer  et  al.,  2009; Wang  et  al.,  2015; Ren  et  al.,
2017).  Dynamical  prediction  methodology  has  been  de-
veloping  over  the  past  three  decades  from  the  two-tier
approach  proposed  by Bengtsson  et  al.  (1993) in  the
early 1990s for seasonal forecasting, which has a physical
basis  under  slowly  varying  forcing  of  the  lower  bound-
ary  (ocean,  land  use,  etc.),  to  the  one-tier  approach  that
uses  coupled  general  circulation  models  (GCMs)  or  cli-
mate  system  models  to  effectively  describe  the  interac-
tions  among  various  components  in  the  climate  system,
which  has  been  available  since  approximately  2000
(Latif  et  al.,  2001; Davey  et  al.,  2002; Schneider  et  al.,
2003).  Although climate scientists  have made great  pro-
gress  in  dynamical  prediction,  the  skills  of  model-based
prediction  remain  limited,  and  difficulties  arise  mainly
from  uncertainties  of  the  initial  conditions  and  model
parameterizations of unresolved sub-grid processes.

One of the widely used methods for overcoming these
difficulties  is  multi-model  ensemble  (MME)  prediction
proposed by Krishnamurti et al. (1999) and Palmer et al.
(2000). The MME method has been designed to quantify
the uncertainties in climate predictions and is considered
as an effective way to improving climate prediction skill
(Peng et  al.,  2002; Doblas-Reyes et  al.,  2005; Hagedorn
et al., 2005; Kirtman and Min, 2009; Lavers et al., 2009).
For  a  single-model,  the  method  used  to  construct  en-
semble  prediction  members  can  be  realized  by  perturb-
ing  either  the  initial  conditions  or  model  parameteriza-
tion schemes. The single-model ensemble prediction con-
structed  by  the  initial  condition  perturbation  has  been
widely  used  in  operational  weather  and  climate  predic-
tion  worldwide;  however,  the  multi-initial-condition  en-
semble  prediction  system  generally  has  the  problem  of
insufficient spread among ensemble members (Buizza et
al.,  1998).  In  fact,  compared  with  weather forecast,  cli-

mate  prediction  may  be  more  sensitive  to  model  errors,
especially the model uncertainties caused by parameteriz-
ation  schemes  of  sub-grid  physical  processes. Teixeira
and Reynolds (2008) suggested that the single-model en-
semble prediction using the initial condition perturbation
and  the  MME  approach  can  better  reflect  and  measure
the uncertainties of dynamical climate prediction.

In recent years, several major research and operational
centers, such as the ECMWF, the Asia–Pacific Economic
Cooperation  Climate  Center  (APCC),  the  International
Research Institute for Climate and Society (IRI), and the
NCEP  have  developed  their  own  MME  prediction  sys-
tems, in which the MME method has been implemented
and employed for dynamical seasonal climate prediction.
It has been confirmed that MME prediction is usually su-
perior to predictions made by any single model (Wang et
al.,  2009; Becker  et  al.,  2014; Min  et  al.,  2014).  To  fill
the  blank  in  the  field  of  operational  MME prediction  in
China  and  make  full  use  of  the  achievements  in  model
development  and  dynamical  climate  prediction  by
Chinese scientists, the National Climate Center (NCC) of
the China Meteorological Administration (CMA) has de-
voted considerable efforts to developing an MME predic-
tion  system  to  produce  improved  and  well-validated
monthly–seasonal  forecasting  of  climate  and  climate
variability modes, such as the western Pacific subtropical
high (WPSH), El Niño–Southern Oscillation (ENSO), as
well  as  climate  state  variables  of  temperature,  precipita-
tion,  and  so  on  for  research  and  operational  purposes,
based  on  a  combination  of  several  domestic  operational
climate  models  and  imported  prediction  data.  Recently,
the  China  multi-model  ensemble  prediction  system  ver-
sion  1.0  (CMMEv1.0)  was  established  and  applied  to
real-time climate prediction at the NCC/CMA.

In this paper, we present the recent progress in the de-
velopment of the CMMEv1.0 system, including an intro-
duction  to  its  technical  framework,  model  setup,  key
methods,  some of  the main products,  and its  application
to  the  2018  flood  season  (June–August)  prediction  star-
ted  from  March  2018,  as  well  as  verification  of  related
prediction skills. The reminder of this paper is organized
as follows. Section 2 introduces the technical framework
and model  setup.  Section 3  describes  data  and methods.
Section  4  shows  the  real-time  forecasts  for  the  2018
flood season and related prediction skills.  Summary and
discussions are provided in Section 5.

2.    Construction of the CMMEv1.0 system

Based  on  several  domestic  operationally-run  climate
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models  and internationally  imported  prediction  data,  the
NCC/CMA has established CMMEv1.0 for monthly–sea-
sonal  forecasting. Figure  1 shows  its  technical  frame-
work.  As  shown,  the  CMMEv1.0  consists  of  several
modules,  such  as  data  collection,  model  initialization,
time integration, post-processing, and the product output.
Currently,  CMMEv1.0  includes  four  domestic  climate
models  and  two  imported  prediction  datasets.  The  do-
mestic  climate  models  are  BCC-CSM1.1m  from
NCC/CMA  (Wu  et  al.,  2014),  FGOALS-f2  from  the
State Key Laboratory of Numerical Modeling for Atmo-
spheric  Sciences  and  Geophysical  Fluid  Dynamics
(LASG)  of  Institute  of  Atmospheric  Physics  (IAP)  of
Chinese Academy of Sciences (CAS) (Bao et al.,  2019),
FGOALS-s2  from  LASG/IAP/CAS  (Bao  et  al.,  2013),
and  NZC-PCCSM4  from  the  Nansen–Zhu  International
Research  Centre  (NZC)  of  IAP/CAS  (Ma  and  Wang,
2014).  The imported prediction data  are  from ECMWF-
SYSTEM4 (ECMWF-S4)  (Molteni  et  al.,  2011)  and the
NCEP Climate Forecast System version 2 (NCEP-CFSv2)
(Saha et al., 2014).

Table  1 lists  detailed  information  on  these  models  in
CMMEv1.0.  The  atmospheric  component  of  BCC-
CSM1.1m has  a  T106  horizontal  resolution  and  26  ver-
tical levels; the horizontal resolution of the land compon-
ent is the same as the atmospheric component; the oceanic

component has a resolution of 1.0° latitude × 1.0° longit-
ude  ×  40  vertical  levels  and  has  the  same  resolution  as
the  sea  ice  component.  The  atmospheric  component  of
FGOALS-f2 is FAMIL with a 1.0° × 1.0° horizontal res-
olution  and  32  vertical  levels;  the  land  component  is
CLM4.0 (Oleson et al., 2010); the oceanic component of
FGOALS-f2  is  POP2,  which  uses  two  displaced-pole
grids centered at Greenland, at a nominal 1° (gx1v6) ho-
rizontal  resolution  and  60  vertical  levels;  the  horizontal
resolution  of  the  sea  ice  component  CICE4  (Holland  et
al., 2012), is the same as the oceanic component. The at-
mospheric  component  of  FGOALS-s2  is  SAMIL2  ver-
sion  2.4.7,  which  is  a  spectral  model  with  a  R42  hori-
zontal  resolution  (approximately  1.66°  ×  2.81°)  and  26
vertical levels; the land component is CLM3.0 (Oleson et
al.,  2004);  the  horizontal  resolution of  the  oceanic  com-
ponent  (LICOM2, Liu  et  al.,  2004)  is  increased  in  the
tropics (from 1.0° × 1.0° to 0.5° × 0.5°) with 30 vertical
levels;  the sea ice component is  CSIM5 (Briegleb et  al.,
2004)  and  has  the  same  horizontal  resolution  as  the
oceanic component. The atmospheric component (CAM4)
of NZC-PCCSM4 has a 2.5° × 1.9° horizontal resolution
and  26  vertical  levels;  the  horizontal  resolution  of  the
land  component  (CLM4, Lawrence  et  al.,  2011)  is  the
same  as  that  of  CAM4;  the  oceanic  component  is  a
mixed-layer  model  (SOM)  with  a  resolution  of  1.0°  ×
1.0°;  the  horizontal  resolution  of  the  sea  ice  component
CICE4 used is the same as the oceanic component.

These models use the nudging method to assimilate at-
mospheric  and  oceanic  reanalysis  data  for  initialization.
The atmospheric assimilation data include the meridional
and zonal winds, air temperature, and geopotential height
from the Japanese 55-yr reanalysis (JRA55, Kobayashi et
al., 2015) for FGOALS-f2, FGOALS-s2, and NZC-PCC-
SM4,  and  from  the  NCEP-I  reanalysis  for  BCC-
CSM1.1m.  The  oceanic  assimilation  data  of  the  four
models  are  the  3D  ocean  temperature  from  the  NCEP
Global  Ocean  Data  Assimilation  System  (GODAS,
Behringer and Xue, 2004). The initial condition perturba-
tion is used to generate ensemble members for each mo-
del.  The  number  of  ensemble  members  of  BCC-
CSM1.1m,  FGOALS-f2,  FGOALS-s2,  and  NZC-PCC-
SM4  are  24,  35,  4,  and  8,  respectively.  The  real-time
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Fig.  1.   Framework  of  the  China  multi-model  ensemble  prediction
system version 1.0 (CMMEv1.0).

Table 1.   Descriptions of the climate prediction models in CMMEv1.0
Model Institute Atmospheric resolution Oceanic resolution Ensemble member Forecast lead month

M1 FGOALS-f2 IAP 1.0°×1.0°, L32 1.0°×1.0°, L60 35   6
M2 FGOALS-s2 IAP R42, L26 0.5°×0.5°–1.0°×1.0°, L30   4   6
M3 BCC-CSM1.1m BCC T106, L26 1.0°×1.0°, L40 24 13
M4 NZC-PCCSM4 IAP 2.5°×1.9°, L26 1.0°×1.0°   8   6
M5 ECMWF-S4 ECMWF TL255, L91 1.0°×1.0°, L42 15   7
M6 NCEP-CFSv2 NCEP T126, L64 1.0°×1.0°, L40   4   9
Note: The initial condition perturbation is used to generate ensemble members for each model.
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forecasts begin on the 20th and 21st days of each month
for  FGOALS-f2,  FGOALS-s2,  and  NZC-PCCSM4  and
on  the  1st  day  of  each  month  for  BCC-CSM1.1m.  Re-
cently, CMMEv1.0 has generated a monthly mean hind-
cast dataset for the period of 1991–2016 and a real-time
forecast  dataset  since  2017.  All  of  the  model  outputs
were  interpolated  into  a  unified  horizontal  resolution  of
1.0° × 1.0°.

3.    Data and methods

The  prediction  skill  (temporal  correlation  coefficient,
TCC) of CMMEv1.0 is calculated based on the monthly
mean hindcast for the period of 1991–2016. To verify the
prediction  performance,  the  anomalies  of  prediction  are
derived by subtracting the hindcast climatology from the
original  prediction  data  for  each  model  in  CMMEv1.0,
where  the  model  climatology  is  calculated  by  using  the
monthly hindcast data during 1991–2010 as a function of
the initial  calendar  month and lead month,  and observa-
tional climatology is obtained for the same period. All of
the observational SST indices are calculated by using the
Optimum Interpolation SST version 2 (OISSTv2) (Reyn-
olds  et  al.,  2007).  The  atmospheric  verification  data  are
computed  by  using  NCEP–I  reanalysis  data  for  air  tem-
perature, 500-hPa geopotential height, and 850-hPa zonal
wind (Kalnay et  al.,  1996)  and the  NOAA Climate  Pre-
diction  Center  (CPC)  Merged  Analysis  of  Precipitation
(CMAP, Xie and Arkin, 1997). The summer (June–July–
August,  JJA)  average  surface  (2  m)  air  temperature  and
precipitation for China are from the daily climate data of
Chinese stations for global exchange (V3.0).

CMMEv1.0 has carried out the real-time forecasts for
the  2018  flood  season  (June–August)  based  on  the  out-

puts  of  FGOALS-f2,  FGOALS-s2,  and  NZC-PCCSM4
starting on 20 and 21 February, BCC-CSM1.1m starting on
1 March, ECMWF-S4 starting on 10 March, and NCEP-
CFSv2  starting  on  18  March  2018.  In  this  paper,  we
show  the  monthly  mean  predictions  during  March–
August and the JJA average predictions in 2018, includ-
ing the global SST, ENSO, Indian Ocean Dipole (IOD),
North  Atlantic  SST  triple  (NAST),  WPSH,  East  Asian
summer  monsoon  (EASM),  surface  air  temperature
(SAT),  and  precipitation. Table  2 shows  definitions  of
the  indices  used  for  ENSO,  IOD,  NAST,  WPSH,  and
EASM predictions.

4.    CMMEv1.0 prediction and verification

4.1    Prediction of global SST

First, Figs. 2a–f show the TCC skill of the CMMEv1.0
hindcast  for  the  global  SST  anomalies  (SSTAs)  begin-
ning from March. CMMEv1.0 exhibits significantly high
prediction  skills  over  most  of  the  ocean  region,  espe-
cially  in  the  mid  and  low  latitudes.  In Figs.  2g–l and
2m–r,  there  is  a  good  similarity  between  the  real-time
SSTA forecasts  from March 2018 and their  correspond-
ing  observations,  in  which  CMMEv1.0  has  accurately
predicted the gradual warm-up of the cold SSTAs in the
tropical  central–eastern  Pacific.  During  springtime,  pat-
tern correlation coefficients (PCCs) of global SSTAs are
high (0.60 for March, 0.57 for April, and 0.42 for May),
and  CMMEv1.0  successfully  reproduced  the  weakening
of  the  cold  SSTAs  in  the  eastern  Indian  Ocean  and  the
pattern of the NAST but with a relatively weaker intens-
ity  than  observation.  During  summertime,  the  PCCs  are
relatively  low,  and  the  predicted  SSTAs  are  overall

Table 2.   Definitions of the different indices used in the prediction
Index Definition Reference
Niño3.4 (5°S–5°N, 170°E–120°W) regional mean SSTA Internationally used
Niño4 (5°S–5°N, 160°E–150°W) regional mean SSTA Internationally used
Niño3 (5°S–5°N, 150°–90°W) regional mean SSTA Internationally used
NCP Niño4 － α×Niño3, when Niño3×Niño4 > 0，α = 0.4; otherwise α = 0 Ren and Jin (2011)
NEP Niño3 － α×Niño4, when Niño3×Niño4 > 0，α = 0.4; otherwise α = 0 Ren and Jin (2011)
IOD Difference between (10°S–10°N, 50°–70°E) and (10°S–0°, 90°–110°E) regional mean SSTA Saji et al. (1999)
NAST [SSTA]A － ([SSTA]S + [SSTA]T), [SSTA]A: (34°–44°N, 72°–62°W) mean SSTA; [SSTA]S:

　(44°–56°N, 40°–24°W) mean SSTA; [SSTA]T: (0°–18°N, 46°–24°W) mean SSTA
Zuo et al. (2013)

Area of WPSH Over 110°E–180° and north of 10°N, the total area of all ≥ 588-dagpm contours in 500-hPa
　geopotential height field

Liu et al. (2012)

Intensity of WPSH Over 110°E–180° and north of 10°N, sum of the product of the area of ≥ 588-dagpm contours in
　500-hPa geopotential height field and the grid point height minus 587 dagpm

Liu et al. (2012)

Western ridge point
of WPSH

Over 90°E–180°, the longitude of the 588-dagpm westernmost point. If there is no 588-dagpm
contour in a certain month, it is replaced by the historical maximum value of the month for
1991–2016

Liu et al. (2012)

EASM Difference between (10°–20°N, 100°–150°E) and (25°–35°N, 100°–150°E) regional mean
　850-hPa zonal wind

Zhang et al. (2003)
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warmer  than  observation,  especially  in  North  Atlantic
and the Southern Ocean.

4.2    Prediction of ENSO

ENSO  is  a  dominant  mode  of  interannual  variability
with  remarkable  climate  impacts  worldwide  (e.g., Li,
1990; Zhang et al., 1996; Wang et al., 2000; Chen, 2002;
Zhang et al., 2011, 2012; Ren et al., 2018). Accurate and

reasonable  prediction  of  ENSO  is  considered  as  one  of
the  primary  indicators  for  the  performance  of  climate
prediction  (e.g., Jiang  et  al.,  2013a; Ren  et  al.,  2017).
Figure  3 shows  the  TCC  skills  for  Niño3.4,  Niño4,
Niño3, NCP,  and NEP indices  (Ren  and  Jin,  2011, 2013)
from March to August and JJA season over 1991–2016.
As shown in Figs. 3a–e, the five ENSO indices are signi-
ficantly  skillful  and  the  scores  of  the  MME  for  both
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Fig. 2.   (a–f) TCC skills for the global monthly (March–August) mean SSTA predicted by CMMEv1.0 initiated in March over 1991–2016; and
monthly mean of the global SSTA (°C) for March–August 2018 (g–l) predicted by CMMEv1.0 and (m–r) derived from OISSTv2. The dotted
areas in (a–f) are statistically significant at the 95% confidence level with a Student t-test. The numbers at the top right of (g–l) are the pattern
correlation coefficients between monthly mean predictions and observations of the global SSTA.
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Niño3.4 and Niño4 indices are larger than 0.8 at the six-
month  leadtime,  which  is  more  skillful  than  any  single
model.  We  further  compare  the  real-time  forecasts  of
CMMEv1.0 and the corresponding observations for these
indices in Fig. 3. For Niño3.4 index, the CMMEv1.0 pre-
diction accurately captured the trend of the ENSO trans-
ition from cold phase to neutral phase and then the warm
phase during spring–summer of 2018, and the MME pre-
diction almost coincides with observation (Fig. 3f).

There  are  still  some  major  differences  in  the  predic-
tions  among  the  different  models.  The  forecast  by
FGOALS-f2  is  closest  to  observation.  NZC-PCCSM4
has predicted gradual warming of SSTA, which is similar
to that of NCEP-CFS2, whereas ECMWF-S4 predicts re-
latively rapid warming. BCC-CSM1.1m predicts that the
Niño3.4 index would more rapidly warm up and exceed
0.5 in summer, likely representing an El Niño event. The
forecast  by  FGOALS-s2  is  quite  different  from the  oth-
ers and is characterized by changing SSTAs with an ini-
tial increase and then a decrease. Both predictions of the
Niño4  and  Niño3  indices  are  consistent  with  that  of  the
Niño3.4 index; i.e., the MME forecast is similar to obser-
vation  despite  some  differences  among  the  models.  The
above  results  further  indicate  the  superiority  of  MME
prediction to single model prediction.

As is known, the impacts of EP (Eastern Pacific)-type
and CP (Central Pacific)-type El Niño on the climate are
quite  different  from each other  (e.g., Weng et  al.,  2007,
2009; Zhang et al., 2011, 2012). In the development sum-
mer of El Niño, the influence of CP-type El Niño on East
Asian  precipitation  is  more  significant  than  that  of  EP-
type  El  Niño  (Yuan  and  Yang,  2012; Ren  et  al.,  2018).
Thus, in addition, we predicted evolutions of the EP- and
CP-type ENSO indices (NEP and NCP) using CMMEv1.0.
The skills  of the spring–summer predictions that start  in
March for  both NEP and NCP indices are  larger  than 0.6.
The real-time forecast of CMMEv1.0 has shown no CP-
type  El  Niño  signal  occurring  in  the  2018 flood  season,
which is consistent with observations. It has been known
that  the  EP  (CP)  type  of  ENSO features  a  spring  (sum-
mer)  persistence  barrier  (Ren  et  al.,  2016)  and  thus,  is
subject to the spring (summer) prediction barrier (Ren et
al.,  2019b),  which  could  be  indicated  by  the  different
timings  of  the  maximum  decline  speeds  of  the  TCC
scores in Fig. 3. Our MME predictions show that the EP-
type ENSO has a higher prediction skill than the CP-type
in  terms  of  their  indices,  although  the  dynamic  models
still  have  difficulties  in  distinguishing  the  two  types  in
terms of their SSTA center positions (Ren et al., 2019a),
which  could  be  statistically  corrected  (Liu  and  Ren,
2017).  Indeed,  the  difficulty  of  the  dynamic  models  in

predicting  the  two  ENSO  types  is  still  formidable  and
further research is needed.

4.3    Prediction of IOD and NAST

Both the IOD and NAST play important roles in influ-
encing global and local climate variations (Birkett et al.,
1999; Ashok et  al.,  2001; Li  S.  L.  et  al.,  2003; Saji  and
Yamagata, 2003; Yang et al., 2007; Jia et al., 2011; Gitau
et al., 2015; Tan et al., 2017; Lu et al., 2018). Figures 4a,
c show the  prediction  skills,  real-time  forecasts,  and  re-
lated observations of the IOD index, respectively. As Fig.
4a shows,  the  TCC  scores  for  IOD  beginning  from
March  are  limited.  This  is  presumably  due  to  its  winter
prediction barrier, where model prediction of the IOD is
usually subject to a significant decline in skill from Janu-
ary  to  March;  the  causes  for  this  remain  unclear
(Wajsowicz,  2005; Luo  et  al.,  2007; Feng  et  al.,  2014).
The results from CMMEv1.0 indicate that the simulation
and prediction of IOD in the current climate models need
to be improved further. For the real-time forecast, the six
ensemble  model  members  predict  a  near-normal  IOD
state  in  spring and a  weak positive anomaly in summer,
which are consistent with observations; however, the pre-
dicted intensity is significantly weakened.

Figure 4b shows that CMMEv1.0 has a higher predic-
tion  skill  for  NAST  than  for  IOD.  In  March–June,  the
TCC scores for NAST are all  larger than or close to 0.6
and  then  become  lower  in  July–August,  whereas  in  the
JJA season the prediction skill is close to 0.6. As seen in
Fig. 4d shows, the predictions of CMMEv1.0 for NAST
and those of other models are very close to each other ex-
cept  in  March,  and  their  MME mean prediction  is  quite
consistent  with  observations  except  for  weaker  positive
anomalies of NAST.

4.4    Prediction of WPSH and EASM

The  WPSH  is  one  of  the  most  important  circulation
patterns  affecting  the  East  Asian  weather  and  climate.
The variations of its area, intensity, and location have im-
portant impacts on the flood season in China (Wu et al.,
2002). Accurate prediction of these characteristics of the
WPSH  can  provide  important  reference  information  for
predicting  the  transition  and  variation  of  summer  rain-
belts  in  China. Figures  5a–c show  the  prediction  skills
for  the  area  index,  the  intensity  index,  and  the  western
ridge point index of the WPSH (Liu et al., 2012), respect-
ively.  It  is  shown  that  the  WPSH  area,  intensity,  and
western ridge point in CMMEv1.0 are significantly skill-
ful, especially for the JJA season. For the 2018 flood sea-
son,  real-time  forecasts  of  the  WPSH  indices  by  CM-
MEv1.0  models  (except  for  ECMWF-S4),  as  shown  in
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Fig. 3.   Left panels: TCC prediction skills for (a) Niño3.4, (b) Niño4, (c) Niño3, (d) NCP, and (e) NEP indices from monthly (March–August; hol-
low bars) and seasonal (JJA; hatched bars) mean predictions by CMMEv1.0 initiated in March over 1991–2016. Right panels: monthly evolu-
tions of (f) Niño3.4, (g) Niño4, (h) Niño3, (i) NCP, and (j) NEP indices (°C) derived from OISSTv2 for March 2017–August 2018 (OBS; denoted
by red/blue bars before March 2018 and by the thick black line after March 2018) and from CMMEv1.0 for March–August 2018 (forecast; de-
noted by red/blue hatched bars for the ensemble mean and by color lines for individual models M1–M6).
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Figs.  5e–g,  are  quite  consistent  with  observations.  Fore-
cast results also reveal that both the area and intensity of
the WPSH in the summer of 2018 tend to be near normal
and the western ridge point is significantly eastward.

The EASM is considerably important for the global at-
mospheric  circulation  systems.  Precipitation  in  most  re-
gions  of  China,  especially  eastern  China,  is  strongly  af-
fected by the intensity of the EASM, and the EASM in-
dex is  significantly correlated with precipitation in cent-
ral  and  eastern  China  (Jiang  et  al.,  2013a).  Successful
EASM prediction will definitely help to forecast precipit-
ation  anomalies  in  China.  Previous  studies  have  indic-
ated that dynamic prediction can capture the main spatial
pattern  and  features  of  the  EASM-related  precipitation
and  large-scale  circulation  several  months  in  advance
(e.g., Yang et  al.,  2008; Jiang et  al.,  2013a).  As Fig.  5d
shows,  CMMEv1.0  has  a  quite  high  prediction  skill  for
the  EASM  intensity  index  (Zhang  et  al.,  2003)  in  JJA
season.  During  summer  2018,  the  observed  EASM  is
stronger  than  climatology,  and  the  predictions  of  each
model and MME in CMMEv1.0 are similar to the obser-
vations but tend to be slightly weaker (Fig. 5h).

4.5    Prediction  of  surface  air  temperature  and  precipita-
tion in China

Figure  6 presents  the  prediction  skill,  the  2018  real-
time  forecasts  of  CMME  v1.0,  and  related  observations

for  the  JJA  SAT  and  precipitation  anomalies  in  China.
Clearly, Fig.  6a shows  that  the  summer  SAT prediction
in  most  areas  of  China  is  skillful  in  CMMEv1.0  at  the
three-month  leadtime,  though  TCCs  are  relatively  low
for  the  Huang–Huai  area  and  small  parts  of  western
China.  Comparison  of Fig.  6b and 6c reveals  that  the
real-time SAT forecast for summer 2018 is quite consist-
ent  with  observation;  i.e.,  the  SAT  in  most  regions  of
China  is  warmer  than  climatology  with  relatively  larger
anomalies  in  northern  China  and  smaller  anomalies  in
central  and  southern  China;  however,  the  predicted  in-
tensity is slightly weaker than the observation in most re-
gions.

In  contrast  to  SAT,  the  CMMEv1.0  has  limited  TCC
skills for predicting summer precipitation in China for a
leadtime of three months. As Fig. 6d shows, there are no
significant  skills  in  most  regions  of  China except  north-
western  and  eastern  China.  Comparison  of  the  real-time
forecast  and  observation  for  precipitation  anomalies  in
summer 2018, as shown in Figs. 6e, f, indicates an over-
all good performance of CMMEv1.0. Observations show
that the main rainbelt in the 2018 flood season exhibits a
“positive–negative–positive”  distribution  in  the  north–
south  direction;  i.e.,  precipitation  in  the  northern  and
southern  China  is  more  than  climatology  but  less  than
climatology  over  the  Yangtze  River  basin.  This  rainfall
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Fig.  4.   Left  panels:  TCC prediction  skills  for  (a)  IOD and  (b)  NAST indices  for  monthly  (March–August;  hollow  bars)  and  seasonal  (JJA;
hatched  bars)  mean  predictions  by  the  CMMEv1.0  initiated  in  March  over  1991–2016.  Right  panels:  monthly  evolutions  of  (c)  IOD  and  (d)
NAST indices (°C) derived from OISSTv2 for March 2017–August 2018 (OBS; denoted by red/blue bars before March 2018 and by the thick
black line after March 2018) and from CMMEv1.0 for March–August 2018 (forecast; denoted by red/blue hatched bars for the ensemble mean and by color
lines for individual models M1–M6).
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anomaly pattern in summer 2018 has been well captured
by the CMMEv1.0 prediction; however, the latter shows
much more precipitation in the middle and lower reaches
of the Yangtze River than the observation.

5.    Summary and discussion

The multi-model ensemble (MME) prediction has be-

come one of the most popular and useful approaches for
short-term  climate  prediction  and  for  development  of
current  climate  models  towards  a  higher  spatiotemporal
resolution,  more  complicated  physical  processes,  and
seamless  dynamical  prediction.  A  number  of  previous
studies have demonstrated that MME mean prediction is
not only theoretically superior to single model prediction
but can also significantly reduce the impact of systematic
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Fig. 5.   Left panels: TCC prediction skills for (a) WPSH area (b) WPSH intensity, (c) western ridge point, and (d) EASM indices for monthly
(March–August; hollow bars) and seasonal (JJA; hatched bars) mean predictions by the CMMEv1.0 initiated in March over 1991–2016. Right
panels: monthly evolutions of the indices of (e) WPSH area, (f) WPSH intensity, (g) western ridge point, and (h) EASM derived from NCEP-I
for September 2017–August 2018 (OBS; denoted by red/blue bars before March 2018 and by the thick black line after March 2018) and from
CMMEv1.0  for  March–August  2018 (forecast;  denoted  by  red/blue  hatched  bars  for  ensemble  mean and  by  color  lines  for  individual  models
M1–M6).
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model errors on climate prediction. Because of the highly
complex climate conditions in East  Asia mixed with the
uncertainties  of  the  model  itself  and  its  initial  values,
short-term  climate  prediction  based  on  a  single  model
can  no  longer  meet  the  increasing  demands  of  climate
services.  Therefore,  it  is  necessary  to  develop  an  opera-
tional  MME  climate  prediction  system  and  improve  the
prediction skill, particularly for East Asia and China.

Based  on  some  advanced  domestic  and  international
climate  models,  the  NCC/CMA  has  designed  a  unified
initialization  and  post-processing  framework  and  estab-
lished  CMMEv1.0,  which  has  thus  far  been  particularly
used for monthly–seasonal climate forecasting. The CM-
MEv1.0  carries  out  its  operational  applications  to  pre-
dicting some primary modes of climate variability (such

as the ENSO, IOD, NAST, WPSH, and EASM) and cli-
mate elements (SAT and precipitation). According to the
evaluation of the 1991–2016 hindcast, CMMEv1.0 skill-
fully predicts global SSTA, especially for ENSO in terms
of  its  various  indices  including  the  types.  Our  results
show  that  TCC  scores  for  both  Niño3.4  and  Niño4  in-
dices  are  larger  than  0.8  at  the  six-month  leadtime,  and
the  other  El  Niño  indices  and  the  NAST  index  are  also
accurately  predicted  by  CMMEv1.0,  whereas  the  accur-
acy  of  the  IOD  index  starting  from  March  is  relatively
low.  The  prediction  skills  for  the  area,  intensity,  and
western  ridge  point  of  WPSH,  and  the  intensity  of
EASM,  especially  in  the  boreal  summer,  are  high.
Moreover,  CMMEv1.0 exhibits significant high skill  for
summer  SAT  for  most  regions  of  China  for  a  three-
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Fig. 6.   TCC prediction skills for seasonal (JJA) mean predictions of (a) SAT and (d) precipitation in China by CMMEv1.0 initiated in March
over 1991–2016; and the seasonal mean of (b, c) SAT (°C) and (e, f) precipitation anomaly (%) for JJA 2018 (b, e) predicted by CMMEv1.0 ini-
tiated in March 2018 and (c, f) derived from OISSTv2. The dotted area in (a, d) denotes the statistical significant values at the 95% confidence
level with the Student t-test.
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month  leadtime;  however,  it  is  only  skillful  for  summer
precipitation in Northwest and East China.

We have also produced real-time forecasts using CM-
MEv1.0 of the climate variability modes and climate ele-
ments  for  the  2018  flood  season  (June–August)  starting
from March 2018. Our results show that CMMEv1.0 has
accurately  captured  the  transition  of  ENSO  from  cold
phase to neutral and warm phases and the weak positive
anomalies of NAST. Due to the winter prediction barrier,
the  predicted  IOD  is  weaker  than  observed  in  summer
2018.  The  WPSH  is  observed  to  be  near-normal  in  in-
tensity  and  eastward  in  summer  2018,  which  has  been
successfully  captured  by  CMMEv1.0;  however,  the
EASM is slightly weaker in the prediction than in the ob-
servation.  CMMEv1.0  has  also  accurately  predicted  the
spatial distribution of warmer temperatures in most parts
of  China.  The main rainbelts  in  North  China and south-
ern  coastal  China  in  summer  2018  are  well  captured;
however,  CMMEv1.0  has  shown  much  more  precipita-
tion  in  the  middle  and  lower  reaches  of  the  Yangtze
River than observation.

The analysis and evaluation results reported in this pa-
per  indicate  that  the  MME  mean  predictions  from  CM-
MEv1.0 are more accurate than predictions of any single
model.  Overall,  CMMEv1.0 can skillfully predict global
SST  anomalies  (especially  in  the  equatorial  central  and
eastern  Pacific),  the  WPSH  area  and  intensity,  and  the
EASM intensity. However, many aspects of CMMEv1.0
still  need  further  improvement,  such  as  its  relatively
lower  performance  for  IOD  prediction. Jiang  et  al.
(2013b) mentioned  that  the  CFSv2 has  a  low prediction
skill for IOD, which is related to the annul cycle of IOD,
the  systematic  errors  of  the  Indian  Ocean  simulations,
and  the  model  biases  in  the  IOD response  to  ENSO (Li
T. et al., 2003; Fischer et al., 2005; Shi et al., 2012). Be-
cause  of  the  relatively  low  ability  of  climate  models  to
simulate  and  predict  the  East  Asian  climate,  precipita-
tion prediction remains challenging. Therefore, the MME
mean shows limited improvement in precipitation predic-
tion.  Presently,  the  performance  of  CMMEv1.0  for  pre-
dicting precipitation still cannot sufficiently meet the de-
mands of operational climate prediction, and methods for
improving its prediction skill need to be explored further.
One option for  consideration is  to take advantage of  the
empirical  correction  of  the  prediction  error,  statistical
downscaling, and other advanced methods for extracting
predictable  information  and  reducing  model  prediction
error (e.g., Ren and Chou, 2006, 2007; Kug et al., 2008).
Overall,  research and development  on the  MME predic-
tion system are still at an initial stage in China, and it is

necessary  to  make  full  use  of  achievements  in  both  do-
mestic  and  international  research  in  the  field  of  MME
prediction to improve the level of short-term climate pre-
diction in China.
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Abstract
The El Niño-Southern Oscillation (ENSO) has been shown to manifest as primarily two types, the eastern Pacific (EP) type 
and central Pacific (CP) type, in terms of the zonal positions of the sea surface temperature (SST) anomalies. This study 
focuses on examining the predictability of the two types of ENSO by developing statistical models for their corresponding 
Niño indices, which have their own distinct key precursors. The results show that the statistical predictability of the Niño 
indices representing the two types of ENSO primarily originates from the preceding variations in the equatorial Pacific 
upper-ocean heat content and the surface zonal wind stress, which intrinsically reflect the zonally uniform and contrasted 
thermocline patterns, respectively. The traditional Niño3 and Niño4 indices are more predictive than the Niño indices of the 
EP and CP ENSO types; however, all the indices are subject to predictability barriers with different timings and intensities, 
which might be weakened by introducing additional external precursors. The EP ENSO indices have overall higher skills than 
the CP indices, in which the statistical model has much higher skill scores than persistence forecast for the EP ones while 
it does less for the CP ones. We demonstrate that the precursors outside the tropical Pacific, e.g., the Indian Ocean Dipole, 
North Pacific oscillation, North American dipole, and Southern Hemispheric SST modes, except the northern tropical Atlantic 
SST, as suggested in previous studies, only make limited contributions to improving the prediction skills of the two ENSO 
types at specific initial months and leads compared to a benchmark model built using the equatorial Pacific heat content and 
zonal wind stress indices. This is primarily because these precursors have already transferred most of their signals into the 
variation of the two indices in the benchmark model. We further show that conditionally adding the northern tropical Atlantic 
SST precursor to the benchmark could provide considerable additional prediction skill scores for both types of ENSO and 
weaken the intensity of the ENSO predictability barriers that occur during boreal spring‒summer.

Keywords Two types of ENSO · Statistical predictability · Niño indices · Precursors

1 Introduction

The El Niño-Southern Oscillation (ENSO) dominates inter-
annual climate variability in the tropics and has a remarkable 
impact on the global climate (e.g., Rasmusson and Carpenter 
1982; Brönnimann 2007; Zhang et al. 2017). Over the past 
three decades, much attention has been given to predicting 
ENSO and such predictions of the ENSO signal have laid a 
strong foundation for short-term climate predictions. Previ-
ous studies focusing on improving ENSO predictions have 
made significant progress. Overall, the predictive skill for 
ENSO has been high when using the Niño3.4 sea surface 
temperature (SST) anomaly index to represent the ENSO 
phenomenon (Latif et al. 1998; Jin et al. 2008; Luo et al. 
2008; Ren et al. 2017); this skill, however, is always rela-
tively lower in real-time forecasts than in hindcasts and var-
ies during epochs with considerable uncertainties (Barnston 
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et al. 2012). The recent experiences in predicting 2014–2016 
super El Niño event have challenged current capability of 
international ENSO prediction and given enlightenments for 
further researches on prediction (Mu and Ren 2017).

Many methods and techniques are being continuously 
developed to understand atmospheric and oceanic processes 
key to the formation of ENSO-related SST anomalies and 
to improve ENSO predictions as a result of progress with 
respect to ENSO dynamics, climate modeling, and oceanic 
data assimilation (e.g., Sun et al. 2006; Deng et al. 2012; 
Park et al. 2012). In general, models for predicting ENSO 
include simplified dynamical atmosphere–ocean coupled 
models, fully coupled global climate models, and climate 
system models, as well as physics-based statistical models 
(e.g., Zebiak and Cane 1987; Chen et al. 1995; Kang and 
Kug 2000; Kirtman 2003; Luo et al. 2005; Izumo et al. 2010; 
Zhang and Gao 2016). All these types of models are used in 
the monthly routine ENSO forecasting issued jointly by the 
CPC/NCEP (the Climate Prediction Center/National Centers 
for Environmental Prediction) and the IRI (the International 
Research Institute for Climate and Society).

Accompanying the increased understanding of ENSO 
dynamics, several intermediate atmosphere–ocean coupled 
models were designed to predict ENSO; such models usually 
involve simplified atmosphere–ocean coupling and physics 
with coarse resolutions (Cane et al. 1986; Zebiak and Cane 
1987; Chen et al. 1995; Kang and Kug 2000; Zhang et al. 
2003) and, being thought to efficiently capture the major 
dynamics and key physics of ENSO, are still used in opera-
tion (Barnston et al. 1999, 2012). Moreover, fully coupled 
climate models have been widely used to produce ENSO 
forecasts and have made great progress (Latif et al. 1998; 
Jin et al. 2008); however, it is always an issue how to accu-
rately initialize these complicated coupled models (Luo et al. 
2008; Kirtman and Min 2009). The multi-model ensemble 
has been proved to be an effective method to improve ENSO 
predictions (Wang et al. 2009; Kirtman et al. 2014). Mean-
while, due to model deficiencies, post-calibration of ENSO 
predictions is required via the development of empirical/
statistical correction methods for model forecasts (Kug et al. 
2008; Ren et al. 2014; Wang et al. 2017; Liu and Ren 2017).

Because current dynamical models are unrealistic to 
some degree when depicting ENSO dynamics, statisti-
cal ENSO prediction is still an alternative with advan-
tages, such as directly reflecting the intrinsic processes, 
and external factors that control the variations of ENSO 
are worthy of being used in operations with a real-time 
prediction skill comparable to that of dynamical models 
(Barnston et al. 2012). Many statistical models have been 
developed and used for ENSO prediction (Xue et al. 2000; 
Clarke and Van Gorder 2001, 2003; Ruiz et al. 2005; Dros-
dowsky 2006; Lima et al. 2009; Izumo et al. 2010; Boschat 
et al. 2013; Tseng et al. 2017). In addition to the initial 

values of the SST anomaly, the equatorial Pacific warm 
water volume (WWV) and the surface zonal wind stress 
(ZWS), which together control the intrinsic dynamics of 
ENSO, have been widely proved to be effective indicators 
and the key precursors of the Niño SST indices represent-
ing the variations of ENSO (Clarke 2014). The WWV pre-
cursor represents the zonally quasi-uniform mode of the 
tropical Pacific thermocline depth variations, with its peak 
occurring several months prior to that of the central–east-
ern Pacific SST anomalies due to the discharge–recharge 
process of the upper-ocean heat content (Jin 1997a, b; 
Clarke et al. 2007). The ZWS precursor reflects the con-
tribution of the equatorial zonal wind anomaly, which is 
phase-locked with the seasonal cycle over the Indo–Pacific 
areas, to the growth of the SST anomaly in the cen-
tral–eastern Pacific (Clarke 2014). Other precursors that 
are located outside the tropical Pacific have also been, or 
can potentially be, used in ENSO statistical predictions by 
transferring their signals into ENSO preconditions. Such 
precursors primarily include the Indian Ocean Dipole 
(IOD) (Izumo et al. 2010), the North Pacific oscillation 
(NPO) (Chang et al. 2007; Park et al. 2013), the tropical 
Atlantic SST anomalies (Ham et al. 2013a, b), and the 
Southern Hemispheric SST modes (Terray 2011; Boschat 
et al. 2013). However, further effort is needed to examine 
the relative roles of these external factors by involving 
them in “benchmark” statistical prediction models that 
have previously been established using both the WWV 
and ZWS precursors.

Despite its considerable successes, ENSO prediction is 
still a challenging issue with considerable uncertainties, 
particularly because ENSO behaviors have become increas-
ingly diverse and therefore difficult to predict since around 
the year 2000 (Barnston et al. 2012). The major factor that 
caused the decrease in the prediction skill is related to ENSO 
diversity. A large amount of evidence indicates the coexist-
ence of two flavors/types of ENSO events, the eastern Pacific 
(EP) type and central Pacific (CP) type, in terms of the zonal 
positions of their equatorial SST anomaly center, which 
was likely first noted by Fu et al. (1986). Many studies have 
revealed that the CP type has become more frequent since 
the 1980s (Larkin and Harrison 2005a, b; Ashok et al. 2007; 
Kao and Yu 2009; Kug et al. 2009; Ren and Jin 2011) and 
will likely become more frequent in a changed climate (Yeh 
et al. 2009). The EP and CP types of ENSO, also called the 
cold-tongue (CT) and warm-pool (WP) types, correspond 
to two coupled ENSO modes (Bejarano and Jin 2008; Ren 
et al. 2013; Wang and Ren 2017; Xie and Jin 2018). Because 
the impact of the CP-type ENSO on the climate worldwide 
is distinctly different from that of the EP type (e.g., Weng 
et al. 2007; Kim et al. 2009; Hegyi and Deng 2012; Zhang 
et al. 2011, 2012; Hegyi et al. 2014; Wang and Wang 2014), 
large amounts of attention have been given to examining 
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the typical features and mechanisms of the two ENSO types 
(Yeh et al. 2014, and references therein); however, less atten-
tion has been given to their predictability.

Recent studies have assessed the performance of dynami-
cal models in predicting the two ENSO types (Hendon et al. 
2009; Lim et al. 2009; Jeong et al. 2012, 2015; Yang and 
Jiang 2014; Imada et al. 2015; Zhu et al. 2015; Ren et al. 
2017). These studies show that the EP type has a relatively 
higher prediction skill than the CP type, even though the 
latter tends to possess a better persistence or weaker per-
sistence barrier than the former in terms of the Niño indi-
ces (Kim et al. 2009; Ren et al. 2016a). It remains unclear 
whether the CP type is dynamically less predictable than 
the EP type because current models are not capable of suf-
ficiently reproducing the observed differences in the two 
ENSO types (Yu and Kim 2010; Ham and Kug 2012). Using 
an analogue-based correction method for reducing model 
prediction errors which can be diagnosed from hindcasts at 
historical analogue states (Ren et al. 2014), forecast skills 
of the Niño indices representing the two ENSO types can 
be significantly improved in the CFSv2 predictions (Liu and 
Ren 2017).

Studies of the statistical predictability of the two ENSO 
types are necessary, in addition to those based on dynami-
cal models, because many studies have revealed the physi-
cal mechanisms for motivation and maintenance of the two 
ENSO types. Both the equatorial Pacific thermocline and the 
zonal wind variations play important roles in motivating and 
maintaining the two ENSO types (Ashok et al. 2007; Ren 
and Jin 2013), and the recharge oscillator mechanism pro-
posed by Jin (1997a, b) occurs in both ENSO types (Ren and 
Jin 2013), suggesting that both the WWV and ZWS precur-
sors are expected to be applicable to statistical predictions 
of the two types of Niño indices. Moreover, some external 
motivators outside the tropical Pacific could be potential pre-
cursors of the two ENSO types (e.g., Boschat et al. 2013; 
Xie et al. 2013). For example, atmospheric signals from the 
Pacific subtropics and extratropics tend to trigger the CP 
El Niño via the seasonal footprinting mechanism (Yu et al. 
2010) and the SST anomalies in the northern tropical Atlan-
tic also favor the CP type (Ham et al. 2013a). Conversely, the 
equatorial Atlantic SST anomalies tend to enhance the EP 
type (Ham et al. 2013b; Keenlyside et al. 2013). Recently, a 
North American dipole (NAD) mode was shown to serve as 
a unique precursor of a CP El Niño (Ding et al. 2017). Until 
now, it is still lack of comprehensive examining of statistical 
predictability of the two ENSO types and hence developing 
specifically effective statistical models for their respective 
Niño indices. It also remains unclear whether and to how 
large a degree these predictors can contribute to the statisti-
cal predictability in terms of the two ENSO types because 
some of these precursors are not generally suitable to ENSO 
prediction but are strongly locked to the seasonal cycle.

In this study, we focus on the development of statistical 
prediction models for the different Niño indices that repre-
sent the two types of ENSO and examine the statistical pre-
dictability of these two types. To do this, we quantitatively 
demonstrate the relative importance of the key precursors 
that have been suggested in previous studies with different 
definitions and then set up an advanced statistical model 
with relatively high prediction skill for the respective Niño 
indices of the two ENSO types. Following the introduction, 
the data and methods are introduced in Sect. 2. The bench-
mark models for statistically predicting the different Niño 
indices are set up in Sect. 3. The statistical predictabilities 
of the two ENSO types are examined in Sect. 4 by incorpo-
rating the external precursors into the benchmark models. 
The establishment and evaluations of the eventual statistical 
prediction models for the Niño indices of the two ENSO 
types are given in Sect. 5. A discussion and summary are 
given in Sect. 6.

2  Data and methods

Traditional Niño3.4, Niño3, and Niño4 indices are calcu-
lated as SST anomalies averaged over the Niño3.4 (5°S–5°N, 
170°–120°W), Niño3 (5°S–5°N, 150°–90°W), and Niño4 
(5°S–5°N, 160°E–150°W) regions, respectively. The Niño 
warm-pool index (WPI) and the Niño cold-tongue index 
(CTI) proposed by Ren and Jin (2011) are used in this study 
to represent the CP and EP types of ENSO, respectively. We 
also use the El Niño Modoki index (EMI) of Ashok et al. 
(2007) for comparison. In this study, the EP-type ENSO 
indices include both the CTI and the Niño3 index, and the 
CP-type indices include the WPI, EMI as well as the Niño4 
index. Definitions of these SST-based indices are given in 
Table 1. All indices are calculated using monthly optimum 
interpolation SST (OISST) data from the National Oceanic 
and Atmospheric Administration (Reynolds et al. 2002), 
which have a horizontal resolution of 1° × 1°.

We use the monthly potential temperature and the zonal 
momentum flux (zonal wind stress) from the NCEP Global 
Ocean Data Assimilation System (Behringer and Xue 2004; 
Huang et al. 2008). These datasets have a horizontal resolu-
tion of 0.333° in latitude and 1.0° in longitude. The WWV 
is represented by the 20 °C isotherm depth. Monthly global 
atmospheric circulation data are derived from the NCEP/
National Center for Atmospheric Research Reanalysis data, 
which have a horizontal resolution of 2.5° × 2.5° (Kalnay 
et al. 1996). The study is conducted during the period of 
1982–2016, when all these datasets were available. Monthly 
anomalies are calculated relative to the climatology of the 
entire period, and a 3-month running average is applied to 
the data to reduce the noise. Linear trends were removed 
prior to the analysis.
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The prediction skills of the Niño indices are evaluated 
using the temporal correlation coefficients (TCCs) between 
the observations and the predictions. Both the leave-one-
out cross validation and the independent validation are used 
to assess the statistical predictabilities of the Niño indices. 
For the independent validation, the prediction is performed 
during the period of 1997–2016 using observations for the 
period from 1982 to the target year. Because the skill scores 
obtained from the cross validation are very similar to those 
obtained from the independent validation, we only show the 
results of the cross validation. The statistical significance of 
the regression coefficient and the correlation coefficient is 
assessed using a two-tailed Student’s t test, and the differ-
ence between two correlation coefficients is tested using the 
Steiger’s z test (Meng et al. 1992).

3  Benchmark models using the equatorial 
Pacific heat content and zonal wind stress

3.1  Relationships of the Niño indices with the heat 
content and zonal wind stress

In previous statistical models that did not consider the two 
ENSO types, the equatorial Pacific upper-ocean heat con-
tent (i.e., the WWV) and the ZWS precursors have been 
widely used. Due to their importance in the ENSO evolution, 
Figs. 1 and 2 examine the lead–lag correlations of different 
Niño indices with the equatorial (5°S–5°N) WWV and ZWS 
anomalies, respectively. It is clearly seen in Fig. 1 that sig-
nificant WWV signals appear in nearly the entire equatorial 
Pacific prior to the SST peak, and in particular, the zonally 
quasi-uniform WWV signal leads the SST peak by more 

than half a year for all the Niño indices. It is noteworthy 
that the WWV signal associated with the EP-type indices 
(Fig. 1a–b) is centered more eastward compared to that for 
the CP-type indices (Fig. 1d–f). Moreover, the lag relation-
ships of the WPI and EMI with the equatorial Pacific WWV 
anomalies are obviously weaker compared to those for the 
other Niño indices.

In Fig. 2, the most significant positive ZWS anomalies are 
observed over the equatorial central–western Pacific leading 
the SST peak by up to 10 months for all the Niño indices. 
In addition, note that remarkably negative ZWS anomaly 
signals appear in the equatorial eastern Pacific prior to the 
CP ENSO peak, whereas prior to the EP ENSO peak, there 
are much weaker signals there as well as apparent signals in 
the equatorial eastern Indian Ocean. Overall, the lead time 
of the ZWS signal with respect to the SST signal is relatively 
shorter than that of the WWV signal for both the EP and CP 
ENSO indices, and the lag correlation of the Niño3.4 index 
with both the WWV and ZWS precursors is relatively high 
compared to the other Niño indices.

3.2  Benchmark models and prediction skills 
for different Niño indices

In this study, we first build benchmark models that use 
only the initial values of the Niño indices and the equato-
rial Pacific WWV and ZWS as precursors. Here, we give 
a multi-element linear regression equation to represent the 
benchmark model:

where α, β, and γ are parameters that change with calendar 
month and lead month, and can be obtained by applying a 

(1)Niño(t) = 𝛼Niño(t) + 𝛽WWV(t) + 𝛾ZWS(t),

Table 1  Definitions of the Niño indices and their precursors from the tropical Indian and Atlantic oceans and the extratropics

Note that α = 0.4 when Niño3 × Niño4 > 0, and otherwise, α = 0
SST and SLP denote the sea surface temperature and sea level pressure, respectively

Indices Definitions References

Niño3 SST(15°–90°W, 5°S–5°N) Trenberth and Stepaniak (2001)
Niño4 SST(160°E–150°W, 5°S–5°N)
Niño3.4 SST(170°–120°W, 5°S–5°N)
CTI Niño3 –αNiño4 Ren and Jin (2011)
WPI Niño4–αNiño3
EMI SST(165°E–140°W, 10°S–10°N)–SST(110°–70°W, 15°S–5°N)/2–SST(125°–

145°E, 10°S–20°N)/2
Ashok et al. (2007)

IOD SST(50°–70°E, 10°S–10°N)–SST(90°–110°E, 10°S–EQ) Saji et al. (1999)
NTA SST(EQ–15°N, 90°W–20°E) Ham et al. (2013)
SIOD SST(30°–50°S, 35°–75°E)–SST(15°–48°S, 80°–120°E) Terray (2011); Boschat et al. (2013)
SAOD SST(30°–50°S, 50°W–20°E)–SST(10°–30°S, 50°W–20°E)
NAD SLP(9°–29°N, 58°–93°W)–SLP(53°–68°N, 43°–77°W) Ding et al. (2017)
NPO SLP(50°–71°N, 175°–120°W)–SLP(8°–26°N, 179°E–139°W)
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linear fit to the observations, t denotes the target month for 
the prediction, and τ denotes the initial month.

For the model of each Niño index, the definitions of the 
WWV and ZWS indices refer to the correlation domains 
shown in Figs. 1 and 2. Table 2 lists the spatial domains 
used to define the WWV and ZWS indices as precursors for 
the different Niño indices, which are generally grouped for 
the EP and CP ENSO types. According to the results shown 
in Fig. 2, the ZWS anomalies in both the equatorial cen-
tral–western and eastern Pacific are combined to define the 
precursors in the models of the CP ENSO indices, whereas 
only those in the equatorial central–western Pacific are used 
to define the precursors of the EP ENSO indices. Additional 
attempts were made to define the WWV and ZWS indices 
by changing the zonal range of the domains, and for each 

Niño index, we have chosen the domains that offer the best 
prediction of that Niño index. Note that the definition of the 
WWV index for the CP type is slightly different from that 
for the EP type, while the definitions of the ZWS index differ 
significantly for the two types.

As Clarke and Van Gorder (2003) revealed, the westerly 
(easterly) wind anomalies, which are phase-locked to the 
seasonal cycle, usually propagate from the equatorial east-
ern Indian Ocean into the western Pacific with the devel-
opment of an El Niño (La Niña) event. They demonstrated 
that a space–time integration of the Indo–Pacific ZWS sig-
nal could improve the prediction skill of the Niño3.4 index 
for some leads in the range of 10–15 months. However, 
we did not find an apparent improvement in the prediction 
of the Niño indices for leads in the range of 0–11 months 

(a)

(b)

(c) (f)

(e)

(d)

Fig. 1  Lead–lag correlations between the a Niño3, b CT, c Niño3.4, 
d Niño4, e WP, and f EMI indices and the equatorial (5°S–5°N) mean 
depth of the 20  °C isotherm (WWV) for all months combined dur-

ing the period of 1982–2016. White contours indicate significance at 
95% confidence level. Lead times with negative values indicate that 
the WWV is leading
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using a scheme involving both the equatorial Indian and 
Pacific ZWS signals compared to our scheme, which con-
siders only the equatorial Pacific ZWS (figures omitted). 
This result reflects the fact that both the EP and CP ENSO 
indices have major correlations with the simultaneous or 
short-lead ZWS signals in the equatorial Indian Ocean 
(Fig. 2). Therefore, only the equatorial Pacific ZWS sig-
nals are used in our benchmark models.

To evaluate the prediction skill of the benchmark model, 
the cross-validated TCC skill scores of the Niño indices pre-
dicted by the benchmark model and their differences rela-
tive to the persistence forecast for all the months combined 
during the period of 1982–2016 are computed, as shown 
in Fig. 3. It is indicated that the skill scores of the bench-
mark model feature a gradual decline with increasing lead 
months for all the Niño indices (Fig. 3a). Compared to the 

(a) (d)

(e)

(f)

(b)

(c)

Fig. 2  The same as Fig. 1, but for correlations with the equatorial (5°S–5°N) zonal wind stress (ZWS) anomalies

Table 2  Domains used to 
calculate the WWV and ZWS 
precursors for each Niño index

WWV ZWS

Niño3, CTI and Niño3.4 130°E–80°W, 5°S–5°N 130°E–150°W, 5°S–5°N
Niño4, WPI and EMI 130°E–100°W, 5°S–5°N (125°E–160°W, 5°S–

5°N)–(125°W–100°W, 
5°S–5°N)



5367Statistical predictability of Niño indices for two types of ENSO  

1 3

skill scores of persistence forecast, the WWV and ZWS 
precursors can significantly contribute to the skills of the 
CTI and the Niño3, Niño4 and Niño3.4 indices for leads of 
1–11 months (Fig. 3b). For the EMI (WPI), its skill in the 
benchmark model is much higher than that of the persistence 
forecast for leads longer than 6 (4) months. Note that the 
Niño3.4 index has the highest skill and that the Niño4 index 
has a slightly higher skill than the Niño3 index. Moreover, 
both the CTI and the WPI, defined as a transformation of the 
Niño3 and Niño4 indices (Ren and Jin 2011), show relatively 
lower skills compared to the latter two, respectively. This 
may be due to their definitions, which use the differences 
of the two domain-averaged Niño indices, and is consistent 
with the results shown in Figs. 1 and 2, where the correla-
tions for the Niño3 and Niño4 indices are for the most part 
higher than those for the CTI and WPI.

We further examine the dependence of the skills of the 
benchmark models on the target calendar months, as shown 
in Fig. 4. The cross-validated skill scores (see the contours) 
of the three Niño indices that are usually used to repre-
sent the traditional or EP ENSO are higher during boreal 
autumn and winter but much lower during spring and sum-
mer (Fig. 4a–c), whereas those of the CP ENSO indices 
appear to be higher during winter and spring but lower dur-
ing late summer and autumn (Fig. 4d–f). This is one of the 
most significant features in the differences of the statistical 

predictability between the two ENSO types. In Fig. 4c, the 
skill pattern of the Niño3.4 index is similar to those in pre-
vious studies (e.g., Barnston et al. 2012). It is clear that the 
predictions of the CTI and the Niño3 and Niño3.4 indices 
have a higher skill score for most of the target and lead 
months, except the target months of January‒April with 
short leads, compared to those of the persistence forecast. 
However, the predictions of the CP-type indices are less 
skillful in the benchmark model than those of the EP-type 
indices for some of the target and lead months. In particular, 
the EMI only has superior skill scores in the boreal autumn 
and winter with long leads in the model, compared to the 
persistence forecast.

Figure 4 indicates that the WWV and ZWS precursors 
in the benchmark models can significantly contribute to 
the prediction skills of most of the Niño indices with leads 
longer than ~ 1 (6) month(s) for target months during the 
period of June–December (January–February). A useful 
skill score (of more than 0.6) can be obtained across the 
spring predictability barrier (SPB) where the prediction 
skills decline most rapidly. The SPB is closely related to 
the persistence barrier of ENSO, which usually occurs in 
late spring to early summer (Ren et al. 2016a), as shown 
in Fig. 5. In the study of Ren et al., the persistence barrier 
is quantitatively shown to be distinct for the EP and CP 
types of ENSO; the persistence barrier tends to occur in 

(a) (b)

Fig. 3  a Cross-validated correlation skill scores (solid line) of the 
Niño indices predicted by the benchmark model and b their differ-
ences relative to the persistence forecast (dashed line in panel a) for 

all months combined during the period of 1982–2016. Markers indi-
cate that the difference is significant at the 95% confidence level
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late spring with a stronger intensity for the EP type and in 
summer with a weaker intensity for the CP type (see the 
shading in Fig. 6). Based on Fig. 4, similar conclusions 
can be obtained for the SPB. Here, we can examine the 
timings and intensity of the SPB by identifying the maxi-
mum decline rate of the prediction skills using a method 
similar to the definition of the ENSO persistence barrier 
(Ren et al. 2016a). It is shown that the SPB of the EP 
type appears to be earlier and stronger compared to that 
of the CP type (see the contours in Fig. 6). In fact, the 
predictability barrier of the EP type typically occurs dur-
ing boreal spring, whereas that of the CP type tends to be 
more visible during boreal summer. It is also clear that the 
evident skill superiority provided by the WWV and ZWS 
precursors, compared to the persistence forecast, primar-
ily occurs during the SPB and afterwards. However, the 
prediction skills for the CP ENSO indices have much less 
skill superiority, partly due to their own better persistence 
(Ren et al. 2016a). Indeed, involving new precursors out-
side the tropical Pacific is likely a potential way to further 
improve the CP ENSO prediction.

4  Predictability from other precursors 
in the tropics and extratropics

4.1  Contributions to the prediction skills of Niño 
indices

Previous studies have demonstrated that there are sev-
eral external signals from outside the tropical Pacific that 
can lead the ENSO peak (Ding et al. 2017 and references 
therein). Impacts of these external signals on the prediction 
skills of the Niño indices are examined here. The exam-
ined precursors include the IOD in Sept–Oct–Nov (SON), 
the northern tropical Atlantic (NTA) SST anomalies in 
Feb–Mar–Apr (FMA), the southern Indian Ocean Dipole 
(SIOD) in FMA, the southern Atlantic Ocean Dipole 
(SAOD) in FMA, and the NAD and NPO in Nov–Dec–Jan 
(NDJ), which have been demonstrated to have an impor-
tant impact on the ENSO variability (Izumo et al. 2010; 
Boschat et al. 2013; Ham et al. 2013a, b; Ding et al. 2017). 
Definitions of these precursors are given in Table 1, where 
the IOD, NTA, SIOD, and SAOD indices are defined using 

(a)

(d) (e) (f)

(b) (c)

Fig. 4  Cross-validated correlation skill scores (contours) as a func-
tion of target calendar month (y axis) and lead month (x axis) for the 
benchmark model and their differences (shading) relative to the per-

sistence forecast for the a Niño3, b CT, c Niño3.4, d Niño4, e WP, 
and f EMI indices during the period of 1982–2016. Crosses indicate 
that the difference is significant at the 95% confidence level
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SST anomalies while the NAD and NPO indices are defined 
using sea level pressure (SLP) anomalies.

These selected precursors have distinct ways to affect 
ENSO, as referred to these aforementioned papers. The 
IOD related signal in SON can influence the sequent winter 
ENSO in phase and the second sequent winter ENSO out of 
phase through exciting the surface westerly wind anomalies 
over the western Pacific and then the ocean dynamics (Izumo 
et al. 2010). The NTA SST cooling in FMA contributes to 
the CP warming at the sequent winter via the air-sea interac-
tion over the tropical Pacific (Ham et al. 2013a). The NAD in 
NDJ, as an atmospheric signal, can induce SST anomalies in 
the NTA and then subsequently influence the development of 
the CP El Niño (Ding et al. 2017). The NPO-related atmos-
pheric signals from the Pacific subtropics and extratropics 
tend to trigger the CP El Niño via the seasonal footprinting 
mechanism (Chang et al. 2007; Park et al. 2013). The SIOD 
and SAOD in FMA both can affect ENSO development by 
modulating the southeast trades over the South Pacific in 
spring (Terray 2011; Boschat et al. 2013).

To investigate the impact of precursors from outside the 
tropical Pacific on the prediction skills of the Niño indices, 

the benchmark skill score is first obtained from a benchmark 
model built with the WWV and ZWS precursors and then 
the TCC skill scores are calculated for each Niño index by 
individually adding other precursor (e.g., IOD) to the bench-
mark model. Figure 7 shows the lag correlations of the Niño 
indices with the aforementioned precursors at a given season 
from which the impacts of Niño3.4 SST signal in the previ-
ous Dec–Jan–Feb (DJF) season have been linearly removed 
by using a regression, and Fig. 8 displays cross-validated 
TCC skill scores for the Niño indices predicted by individu-
ally adding these precursors into the benchmark model and 
their differences relative to the benchmark skills. Note that 
the IOD and other precursors are used at all initial months 
as predictors in the statistical models and not just locked to 
certain seasons as discussed previously.

Figure 7a demonstrates that the Niño3.4 index has a sig-
nificant in-phase relationship with the SON IOD index for 
short lags but an out-of-phase relationship for long lags, 
with a maximum correlation at a lag of ~ 15 months. This 
agrees well with Izumo et al. (2010), who revealed that a 
negative (positive) phase of the SON IOD leads the El Niño 
(La Niña) peak by approximately 14 months. Similar results 

(a)

(d) (e) (f)

(b) (c)

Fig. 5  Autocorrelations of the a Niño3, b CT, c Niño3.4, d Niño4, e WP, and f EMI indices during the period of 1982–2016. Crosses indicate 
significance at the 95% confidence level
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of a lag relationship are obtained for the CTI and the Niño3 
and Niño4 indices; however, a relatively weak and still sig-
nificant correlation is found between the WPI and the SON 
IOD index. As expected, the TCC skill scores of the Niño 
indices, except WPI, are improved by introducing the IOD 
signal when the predictions are initiated during the boreal 
autumn and this limited improvement is not significant and 
is only visible after 4–5 forecast months (Fig. 8a–e).

The NTA SST anomalies during the boreal spring (FMA) 
could be a candidate predictor of the CP ENSO (Ham et al. 
2013a, b). This is supported by Fig. 7b, which indicates that 
the NTA index in FMA has a significant and negative corre-
lation with both the WPI and the Niño4 index in the follow-
ing months, with a maximum correlation for a lead of ~ 10 
months. Consistently, significant improvements are observed 
in the boreal autumn–winter predictions of WPI when start-
ing from January–February (Fig. 8i), while similar but rela-
tively weak improvements are found for the Niño4 index 
(Fig. 8h). Conversely, the correlations of the NTA index 
in FMA with the CTI and the Niño3 index in the following 
months are relatively weak (Fig. 7b); therefore, the impact 
of the former on the skill scores of the two EP ENSO indices 

is also weak (Fig. 8f, g). However, note that the NTA precur-
sor during the late summer‒early autumn can significantly 
improve the predictions of the EP ENSO indices, as well 
as the Niño3.4 index, as opposed to the CP ENSO indices, 
as seen in Fig. 8f, g, j. Such a distinct impact of the boreal 
spring and summer‒autumn NTA SST anomalies on the 
two types of ENSO may be related to the seasonal evolu-
tions of the mean state (Rodríguez-Fonseca et al. 2009; Ham 
et al. 2013a, b), which requires further examination but lies 
beyond the scope of the present study.

The subtropical dipole-like SST variability in the south-
ern Indian and Atlantic oceans may provide another source 
of predictability for ENSO during recent decades (Terray 
2011; Boschat et al. 2013). Here, we define the SST-based 
SIOD and SAOD indices, where the spatial domains are 
determined following Terray (2011) and Boschat et  al. 
(2013). The SIOD index in FMA is significantly and posi-
tively correlated with the CTI and the Niño3 and Niño3.4 
indices when the former leads over a range of 1–14 months 
(Fig. 7c), and similar correlation patterns are observed for 
the SAOD index in FMA with even higher correlations 
(Fig. 7d). Both the SIOD and SAOD indices in FMA have 

(a)

(d) (e) (f)

(b) (c)

Fig. 6  Decline rate of the autocorrelations (shading) and cross-validated correlation skill scores for the benchmark model (contours) of the a 
Niño3, b CT, c Niño3.4, d Niño4, e WP, and f EMI indices during the period of 1982–2016. Contours with negative values are solid
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the highest positive correlations with the Niño4 index for a 
lead of approximately 3 months and then decrease gradually 
with increasing lead time. Much weaker lag correlations are 
seen for the WPI. However, no significant improvement can 
be observed in the prediction skills of any of the Niño indi-
ces when adding either the SIOD or SAOD precursor to the 
benchmark model (Fig. 8k–t).

Both the boreal winter NAD and NPO in the extratropical 
Northern Hemisphere play roles in influencing the ENSO 
variability in the following winter (Ding et al. 2017). As 
indicated in Fig. 7e, the NAD index in NDJ has a significant 
in-phase relationship with both the WPI and the Niño4 index 
for a lead of approximately 8 months or longer but a very 
weak relationship with both the CTI and the Niño3 index. 
This is consistent with Ding et al. (2017), who revealed that 
the NAD signal is more closely related to the CP ENSO 
than to the EP ENSO. Consistently, the NAD precursor in 
early winter can increase the prediction skills of the WPI 

and the Niño4 index in the following autumn‒early win-
ter seasons, even though a significant improvement is only 
observed when the NAD leads the WPI by approximately 10 
months (Fig. 8w–s). Similarly, the NPO index in NDJ has 
a significant in-phase relationship with all the Niño indices 
except WPI for a lead of approximately 6 months or longer 
(Fig. 7f); however, no significant improvement is obtained 
in the prediction of any of the Niño indices when adding the 
NPO precursor to the benchmark model (Fig. 8a–e).

4.2  Dependence on the equatorial Pacific WWV 
and ZWS indices

According to the recharge oscillator mechanism (Jin 1997a, 
b), the evolutions of the two types of ENSO are intimately 
related to the equatorial Pacific WWV and ZWS anoma-
lies (Ren and Jin 2013). Even though the physical processes 
responsible for the linkage of the IOD, NTA SST anomalies, 

 

(a)

(d) (e) (f)

(b) (c)

Fig. 7  Lag correlations of the Niño indices with the a IOD in Sep–
Oct–Nov (SON), b NTA in Feb–Mar–Apr (FMA), c SIOD in FMA, 
d SAOD in FMA, e NAD in Nov–Dec–Jan (NDJ), and f NPO in NDJ 
after excluding the Niño3.4 SST signal in the previous Dec–Jan–Feb 

(DJF) season during the period of 1982–2016. The dotted (dashed) 
line indicates significance at the 95% (90%) confidence level. The 
lead time indicates that the Niño indices are lagged
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and extratropical precursors to the two types of ENSO are 
different, all these ENSO precursors have signatures in the 
equatorial Pacific WWV and/or ZWS (e.g., Izumo et al. 
2010; Terray 2011; Boschat et al. 2013; Ham et al. 2013a, 
b; Ding et al. 2017).

To examine whether the impacts of the aforementioned 
precursors on the prediction skills of the Niño indices are 
related to the WWV and/or ZWS anomalies that might 
be remotely initialized by affecting the equatorial Pacific 
atmosphere–ocean conditions, we perform two sensitivity 

(a)

(f)

(k)

(p)

(u) (v) (w) (s) (y)

(q) (r) (s) (t)

(l) (m) (n) (o)

(g) (h) (i) (j)

(b) (c) (d) (e)

Fig. 8  Cross-validated correlation skill scores (contours) for the a 
Niño3, b CT, c Niño4, d WP, and e Niño3.4 indices predicted when 
adding the IOD precursor to the benchmark model and their differ-
ences (shading) relative to the benchmark skill scores during the 

period of 1982–2016. Crosses indicate that the difference is signifi-
cant at the 95% confidence level. f–y and a–e are the same as a–f but 
for the NTA, SIOD, SAOD, NAD, and NPO precursors, respectively
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experiments. That is, we exclude either the ZWS or WWV 
precursor from the benchmark model and then recalculate 
the prediction skills of the Niño indices by individually add-
ing other precursors into this new benchmark model. Fig-
ures 9 and 10 show the corresponding cross-validated TCC 
skill scores of the Niño indices and their differences relative 
to the benchmark skill scores.

A comparison of Fig. 9 with Fig. 8 indicates that the 
improvement in the prediction skills of the Niño4 index and 
the WPI caused by the use of the NTA and NAD precursors 
becomes more obvious when the ZWS precursor is excluded 
from the benchmark model. In particular, the NTA precursor 
in January–April can significantly improve the prediction 
skill of the WPI in the following autumn–winter seasons and 

(a)

(f) (g)

(k)

(p)

(u) (v) (w) (s) (y)

(q) (r) (s) (t)

(l) (m) (n) (o)

(h) (i) (j)

(b) (c) (d)

Fig. 9  The same as Fig. 8, but for the skill scores excluding the ZWS precursor from the benchmark model
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that in late summer‒autumn can significantly contribute to 
improvement of prediction of the two EP ENSO indices dur-
ing the next spring when excluding the ZWS precursor from 
the benchmark model (Fig. 9i). However, the improvement 
in predicting the Niño indices by other precursors based on 
a benchmark model excluding the ZWS signal is similar to 
that in the benchmark model including both the WWV and 

ZWS signals. This clearly suggests that the NTA SST and 
NAD act to inject remote signals into the equatorial Pacific 
ZWS anomalies that tend to initialize the CP ENSO, and the 
NTA SST also contribute to improving predictions of the 
EP ENSO in the following spring, whereas the information 
from other precursors is weakly involved in the ZWS signals.

(a) (b) (c) (d) (e)

(f) (g) (h) (i) (j)

(k) (l) (m) (n) (o)

(p) (q) (r) (s) (t)

(u) (v) (w) (s) (y)

Fig. 10  The same as Fig. 8, but for the skill scores excluding the WWV precursor from the benchmark model
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Conversely, the comparison of Fig. 10 with Fig. 8 shows a 
pronounced improvement in the prediction skills of the Niño 
indices except WPI caused by the use of the IOD, NTA, 
SAOD, and NPO precursors across the SPB domain when 
the WWV precursor is excluded from the benchmark model; 
such an improvement is also seen for the SIOD and NAD 
precursors but covers much smaller domains. For the WPI, 
the improvement in the prediction skills in the autumn–win-
ter seasons caused by the use of the NAD precursor in the 
previous winter becomes significant and more pronounced 
(Figs. 8s, 10s) and the improvement caused by the use of 
the NTA precursor in the previous winter becomes slightly 
higher in this case (Figs. 8h, 10h). These results indicate that 
the influences of most of the external precursors on ENSO 
are realized via the initialization of the WWV anomalies for 
the Niño indices. In other words, external precursors do not 
increase the ENSO prediction skill unless they introduce 
extra effective signals into the benchmark model in which 
both the WWV and ZWS precursors are included.

These results suggest that the ENSO precursors from 
outside the tropical Pacific that are focused on in this study 
all have an impact on the prediction skills of the Niño 
indices. The pronounced impacts of the IOD, SAOD, and 
NPO anomalies primarily occur across the SPB only when 
excluding the WWV precursor from the benchmark model. 
Conversely, the NTA SST and NAD anomalies during the 
winter–spring seasons have a significant impact on the pre-
diction skills of the Niño4 index and the WPI during the 
following autumn–winter seasons, which becomes more sig-
nificant when excluding either the WWV or ZWS precursor 
from the benchmark model. Note that the NTA SST anoma-
lies also have a pronounced impact on the prediction skills of 
the CTI and the Niño3 and Niño3.4 indices across the SPB, 
which can only be detected when excluding the WWV pre-
cursor from the benchmark model. Based on Figs. 8, 9 and 
10, it can be inferred that the NTA SST anomalies in the pre-
vious winter‒spring seasons supply extra signals compared 
to the WWV and ZWS for the following autumn‒winter 
generation of both types of ENSO.

To support the above conclusions, Fig. 11 further shows 
the correlations of the SON IOD, NDJ SAOD, FMA NTA, 
and NDJ NAD indices with the WWV and ZWS indices 
from which the impacts of Niño3.4 SST signal in the previ-
ous DJF season have been linearly removed. These precur-
sors (i.e., IOD, SAOD, NTA, and NAD) at the corresponding 
specific seasons are chosen according to the results shown in 
Figs. 8, 9 and 10. That is, the impact of the IOD in SON and 
SAOD in NDJ on the prediction skills of the Niño3 index 
and the CTI primarily depends on the equatorial Pacific 
WWV anomalies, while the impact of the NTA SST in FMA 
and NAD in NDJ on the prediction skills of the Niño4 index 
and the WPI is related to both the equatorial Pacific WWV 
and ZWS anomalies.

As seen in Fig. 11a, b, both the IOD index in SON and the 
SAOD index in NDJ are highly correlated with the WWV 
index when the former two lead by approximately 2–3 
months or longer; however, their correlations with the ZWS 
index are relatively weak when they lead by 3–12 months. 
Conversely, the NTA index in FMA has a significant cor-
relation with the ZWS (WWV) index in the following 0–12 
(3–8) months, even though the lag correlations for the WWV 
index are somewhat weaker than those for the ZWS index 
over a lag time range of 3–8 months (Fig. 11c). The cor-
relations of the NAD index in NDJ with the WWV index 
are comparable to those of the ZWS index in the following 
months and become significant when the former leads the 
latter two by approximately 6 months or longer (Fig. 11d). 
These consistent results confirm our conclusions regarding 
the relationship of the precursors from outside the tropical 
Pacific with the equatorial Pacific WWV and ZWS anoma-
lies and therefore explain their effects on the prediction skills 
of the Niño indices.

5  Establishment and evaluations of models 
for the two ENSO types

The analysis has demonstrated that the NTA SST during the 
middle winter‒early spring (late summer‒early autumn) can 
significantly improve the predictions of the WP (EP) ENSO 
indices in the following months, while the other precursors 
from outside the tropical Pacific that are focused on in this 
study have limited contributions to improving the predic-
tion skills of both types of ENSO relative to the benchmark 
model built with the equatorial Pacific WWV and ZWS 
precursors. We further attempt to improve the statistical 
prediction skills of the Niño indices for the two types of 
ENSO by conditionally introducing the NTA precursor into 
the benchmark model as follows:

Here, δ is a new parameter corresponding to the new term 
relative to Eq. (1). In the equation, the NTA precursor to 
be added to the benchmark model depends on the initial 
calendar months for the EP and CP ENSO indices. For the 
EP-type (CP-type) indices, including the CTI and Niño3 
(WPI and Niño4) indices, the NTA precursor is added to 
the benchmark model for the initial months from July to 
December (from January to June), while for the Niño3.4 
index the NTA precursor is added for all the initial months.

Figure 12 presents the cross-validated TCC skill scores 
of the Niño indices predicted when conditionally adding 
the NTA precursor to the benchmark model and their dif-
ferences relative to the benchmark skills for all the months 
combined. The TCC skill scores are higher than 0.6 for 

(2)
Niño(t) = 𝛼Niño(t) + 𝛽WWV(t) + 𝛾ZWS(t) + 𝛿NTA(t).
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all the Niño indices for a lead of 6 months (Fig. 12a), and 
significant improvements are observed for most leads in 
the range of 3–11 months when conditionally adding the 
NTA precursor to the benchmark model (Fig. 12b). The 
Niño3.4 and Niño4 indices have the highest TCC skill 
scores compared to the other Niño indices for leads in the 
range of 0–11 months, with values of 0.79 and 0.77 for a 
lead of 6 months, respectively. Conversely, the WPI and 
EMI have the lowest skill scores for leads shorter than 
7 months, with values of 0.63 and 0.61 for a lead of 6 
months, respectively. For the Niño3 index and the WPI 
(CTI), the TCC skill score is still higher than 0.6 for a lead 
of 8 (7) months. In short, these results suggest that the 
prediction skills of both the EP-type and CP-type indices 
of ENSO can be further improved by conditionally con-
sidering the NTA SST signal in a statistical model that 
includes the equatorial Pacific WWV and ZWS precursors.

We further demonstrate that the improvement in the 
prediction skills depends on the initial/target months, as 
shown in Fig. 13. It is clear that the skill scores at nearly 
all the target and lead months increased after conditionally 
introducing the NTA precursor to the benchmark model 
and that all the apparent skill score increases appear over 
the domains where the benchmark skill scores are rela-
tively low. The patterns of the skill increments are differ-
ent for the EP and CP ENSO types due to the conditionally 
involved NTA SST precursors. Further, it is found that 
introducing the NTA precursor to the benchmark model 
weakened the intensity of the predictability barriers of 
the Niño indices for either type of ENSO compared to 
the benchmark model, as seen by comparing Fig. 14 with 
Fig. 6, where the maxima of the decline rate of the skill 
scores is weakened along the barriers of the predictability.

Fig. 11  Lag correlations of the 
WWV and ZWS indices with 
the a SON IOD, b NDJ SAOD, 
c FMA NTA, and d NDJ 
NAD indices after excluding 
the Niño3.4 SST signal in the 
previous DJF season during 
the period of 1982–2016. The 
dotted (dashed) line indicates 
significance at the 95% (90%) 
confidence level. The lead time 
indicates that the WWV and 
ZWS indices are lagged

(a) (b)

(c) (d)
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6  Summary and discussions

The two observed types of ENSO, as a manifestation of the 
diversity of ENSO, have drawn much attention in recent 
decades. Due to their distinct impacts on global climate, 
research concerning the prediction and predictability of the 
two ENSO types has become increasingly important. Real-
time operational prediction of the two types of ENSO has 
been routinely performed since the 2014–2016 El Niño event 
(Ren et al. 2016b). However, as mentioned in the introduc-
tion, the current generation of climate models has a limited 
ability to reproduce the typical observed features of the two 
ENSO types; therefore, it is difficult to distinguish between 
them in most operational dynamical forecasting systems. In 
this study, we examined the predictability of the two types 
of ENSO by building up statistical models that include both 
the equatorial Pacific WWV and ZWS precursors as a bench-
mark version and attempted to involve several external pre-
cursors from outside the tropical Pacific to further improve 
the statistical models.

Our results show that the preceding variations of the 
equatorial Pacific WWV and ZWS, which represent the 
ENSO-related zonally uniform and contrasted thermocline 
variability patterns, respectively, contribute to the main sta-
tistical predictability of the Niño indices that are used to 
represent ENSO in terms of the two types. Note that the 
ZWS precursor has been distinctly defined in the models 
for the EP and CP ENSO indices. The benchmark statistical 

model has a higher skill score for both the EP and CP ENSO 
indices than the persistence forecast, and the improvement in 
skill score is more pronounced for the EP type than that for 
the CP type. As a comparison, both the traditional Niño3 and 
Niño4 indices, which combine signals from both types, are 
relatively more statistically predictable than the Niño indices 
that individually represent the two ENSO types. Moreover, 
the prediction skill scores of the EP ENSO indices in the 
benchmark model are higher during boreal autumn and win-
ter but much lower during spring and summer, whereas those 
of the CP ENSO indices appear to be higher during winter 
and spring but lower during late summer and autumn. The 
evident skill superiority provided by the WWV and ZWS 
precursors, compared to the persistence forecast, primarily 
occurs during the predictability barrier and afterwards.

We further examined the impacts of the precursors from 
the tropical Indian and Atlantic oceans, as well as the extra-
tropics, including the IOD, NTA SST, SIOD, SAOD, NAD, 
and NPO, which could be considered to be ENSO predic-
tor candidates as revealed in previous studies (e.g., Izumo 
et al. 2010; Boschat et al. 2013; Ham et al. 2013a; Ding 
et al. 2017), on the prediction skills of the Niño indices. The 
results show that all the external precursors that are focused 
on in this study, except the NTA SST, only make limited 
contributions to improving the prediction skills of the two 
ENSO types at specific initial months and leads, compared 
to a benchmark model built using both the WWV and ZWS 
precursors. It is found that the NTA SST anomalies can 

(a) (b)

Fig. 12  The same as Fig. 3, but for a the skill scores when conditionally adding the NTA precursor to the benchmark model and b their improve-
ments relative to the benchmark skills
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reliably provide significant increases in the prediction skill 
scores for the different types of Niño indices relative to the 
benchmark skill score. We further demonstrate that the sig-
nals of some ENSO precursors, such as the IOD, SIOD, 
SAOD, NAD, and NPO, which are known to predict ENSO 
at specific initial or target months, have been already trans-
ferred most of their signals into variations in the equatorial 
Pacific WWV and ZWS anomalies. Note that these external 
precursors are used at all initial/target months as predictors 
in the statistical models in this study, as opposed to being 
locked to certain seasons as mentioned in previous studies. 
If focusing on the ENSO prediction at some specific initial/
target month, it is possible to use these particular external 
precursors to set up the statistical models. Indeed, for opera-
tional use, relatively general statistical models that involve 
stably effective, highly independent, and high-performance 
precursors are needed.

Finally, we configured a new statistical model for the 
Niño indices of the two ENSO types by conditionally 
adding the NTA precursor to the benchmark model. It 
is demonstrated that the Niño3.4 index has the highest 
prediction skill, compared to the other Niño indices. The 

statistical predictabilities of the Niño indices representing 
the two types of ENSO are very different; this is the Niño 
indices of EP ENSO (i.e., the Niño3 index and CTI) have 
an overall higher prediction skill than those of CP ENSO 
(i.e., WPI and EMI). However, such skills usually differ 
between different initial months and are subject to differ-
ent predictability barrier properties, such as timing and 
intensity. The different Niño indices tend to have similar 
predictability barriers, and the EP ENSO indices show a 
stronger barrier than the CP ENSO indices but with similar 
timing. Introducing the NTA precursor tends to weaken the 
intensity of the barriers for both ENSO types, compared 
to that of the benchmark model.

Moreover, our results also showed that features in the 
statistical predictability and prediction skill of the Niño3.4 
index are more similar with those of the Niño3 index and 
CTI, compared to the Niño4 index and WPI, indicating 
that the Niño3.4 index more reflects the variation in the EP 
ENSO type than the CP type. To further apply our results 
to real forecast, we suggest that the Niño3 index can be 
preferentially used for EP ENSO predictions and that WPI 
is still preferential for CP ENSO predictions because the 

(a) (b) (c)

(d) (e) (f)

Fig. 13  The same as Fig. 4, but for the skill scores when conditionally adding the NTA precursor to the benchmark model (contours) and their 
differences relative to the benchmark skills (shading)
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Niño3 index is highly correlated with CTI and has a higher 
prediction skill.

A statistical model is still a good method to predict 
the two ENSO types by simply inputting a few easily cal-
culated indices that are available in real time. This is an 
advantage of statistical model compared to climate models 
whose prediction performance usually degrades as they 
are operated in real time. In future, more studies need 
to be conducted to better predict the two types of ENSO 
and studies concerning their predictability and prediction 
methodology also need to be developed.
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摘要　短期气候预测中如何将气候模式和统计方法的预测结果科学、客观的集成起来，一直是非常重要的问题．本

文针对动力模式和统计方法预测结果相结合的问题，引入资料同化中信息融合的思想，采用最优内插同化方法，实

现了动力模式和统计季节降水预测结果的融合．检验表明，对１９８２—２０１５年我国夏季降水百分率的回报，融合预

测结果与观测的平均空间相关系数可达０．４４，分别较统计预测和ＣＦＳｖ２模式统计降尺度订正的技巧提高了０．１

左右，而均方根误差较两者可以降低５％～２０％．可见，该方法可以进一步提升对我国夏季降水的预测技巧，具有显

著的业务应用价值．
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０　引言

我国夏季降水变率受东亚季风活动显著影响

（Ｈｕａｎｇｅｔａｌ．２００４），改进降水的季节预测能力一

直是国内外学者为之不懈努力研究的热点问题．近

年来，国内外在夏季降水统计预测方法上已有长足

的发展（范可等，２００７；Ｗｕｅｔａｌ．，２００９，２０１３，２０１５；

Ｙｉｍｅｔａｌ．，２０１４，２０１５；朱蒙等，２０１４；庞轶舒，２０１４；

Ｘｉｎｇｅｔａｌ．，２０１６；阮成卿和李建平，２０１６）．如，范可

等（２００７）通过预测长江中下游夏季降水的年际增

幅，实现了对该区域夏季降水距平百分率的预测，这

种方法在１９９７—２００６年回报中平均均方根误差仅

有１８％．Ｗｕ等（２０１３，２０１５）将多种预测因子进行

ＭＥＯＦ分解，再利用空间模态与相应的时间系数序

列构建 Ｍａｒｋｏｖ预测模型，结果发现对东亚北方地

区降水有较好的预测技巧．朱蒙等（２０１４）根据欧亚

大陆土壤温度和全球海表温度与中国东部夏季降水

的关系，将不同关键区的欧亚大陆土壤温度和海表

温度作为预测因子对中国东部夏季降水进行预测也

发现具有一定的预测技巧．

为了利用气候模式开展夏季降水预测，不少研

究分析了模式的模拟、预测能力．如 Ｗａｎｇ等（２００４）

对１１个ＡＧＣＭ模式分析后发现，模式对北半球夏

季降水异常的模拟预测能力较差，尤其是对东亚５°Ｎ—

３０°Ｎ之间夏季风年际变率缺乏预报技巧．对美国国

家环境预报中心的气候预测系统模式ＣＦＳｖ１和ｖ２

（Ｓａｈａｅｔａｌ．，２００６，２０１４）的预测技巧分析也表明，

模式对亚洲地区大尺度季风环流的模拟偏弱，对季

节时间尺度和流域空间尺度的降水预报能力尚待完

善（Ｙａｎｇｅｔａｌ．，２００８；Ｋｉｍｅｔａｌ．，２０１２；Ｌｕｏｅｔａｌ．，

２０１３）．鉴于当前的先进气候模式仍存在较大的偏

差，难以对夏季风的平均强度和季节变率做出准确

预测的问题（Ｗａｎｇｅｔａｌ．，２００８），人们先后发展了

多种动力统计相结合的模式预测结果订正方法，如

多元回归、ＣＣＡ、ＳＶＤ等统计方法，它们以前期海温

等热力强迫预测因子结合模式误差的系统性订正来

改进降水预测技巧，取得了不错的效果（Ｂａｒｎｓｔｏｎ

ａｎｄＳｍｉｔｈ，１９９６；ＴｉｎｇａｎｄＷａｎｇ，１９９７；Ｆｅｄｄｅｒｓｅｎ

ｅｔａｌ．，１９９９；Ｌｉｕ，２００３；Ｋａｎｇｅｔａｌ．，２００３；任宏利和

丑纪范，２００５；ＣｈｅｎａｎｄＬｉｎ，２００６；Ｋｕｇｅｔａｌ．，

２００８；Ｃｈｅｎ等，２０１２；ＳｕｎａｎｄＣｈｅｎ，２０１２；李维京

等，２０１３；Ｈｅｏｅｔａｌ．，２０１４）．值得注意的是，在进行

动力和统计结合时，一种新思路是基于气候变量的

规律，利用模式大尺度环流的预测信息和预测变量

相关的前期观测信息，采用年际增量的方法或场耦

合等预测方法建立预测模型（Ｆａｎ等，２０１２；Ｌｉｕａｎｄ

Ｆａｎ，２０１４；Ｄａｉｅｔａｌ．，２０１８）．这种方法最早应用于

东亚夏季风的预测，继而推广到季节降水、气温等方

面表现出较高的技巧．

但是，伴随着统计预测方法以及动力模式预测方

法的蓬勃发展，如何将多种预测方法、模式的预测结果

科学、客观地进行集成，提供最有价值的预测结果给气

候预测人员参考，成为一个新的问题（Ｋｒｉｓｈｎａｍｕｒｔｉｅｔ

ａｌ．，１９９９；ＫｒｉｓｈｎａｍｕｒｔｉａｎｄＫｕｍａｒ，２０１２；Ｓｔｅｐｈｅｎｓｏｎ

ｅｔａｌ．，２００５；王会军等，２０１２；Ｗａｎｇｅｔａｌ．，２０１５）．故

在多模式集成预测领域，相继发展了包括简单集成、

权重集成及贝叶斯最优集成在内的多种集成方法

（Ｋｒｉｓｈｎａｍｕｒｔｉｅｔａｌ．，１９９９；Ｙｕｎｅｔａｌ．，２００３；Ｋｕｇ

ｅｔａｌ．，２００８；Ｓｔｅｐｈｅｎｓｏｎｅｔａｌ．，２００５；Ｒｏｄｒｉｇｕｅｓｅｔ

ａｌ．，２０１８）．但是，需要指出的是对于某一地点的预

测，上述集成方法对某一种预测结果的集成权重

实际上主要取决于其历史预测技巧的高低（即误

差的时间传播特征），并未兼顾考虑误差的空间分

布形态（即误差的空间传播特征），以及利用该点

附近有技巧的预测信息来改善预测技巧，而这恰

好是资 料 同 化 方 法 所 能 兼 顾 考 虑 的（Ｋａｌｎａｙ，

２００２）．鉴于此，本文将引入资料同化中信息融合

的方法，综合考虑预测误差的时间和空间传播特

征，将动力模式与统计方法的预报结果进行信息

融合获取最优预测结果，以期提高我国夏季降水

的预测技巧．
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１　资料和方法

本文使用的资料包括：１９８２—２０１５年中国１６０

站月平均降水量资料、ＧＰＣＰＶ２．２月平均降水资

料、ＮＣＥＰ／ＮＣＡＲ再分析资料的５００ｈＰａ高度场、

２００ｈＰａ风场资料及ＥＲＳＳＴｖ３全球月平均海表温

度资料．对于美国 ＣＦＳｖ２ 模式资料，同刘颖等

（２０１３）类似我们选取了１９８２—２０１５年历年３月起

报的夏季降水历史预报资料建立交叉预测检验数据

集．其中，１９８２—２０１０为历史回报数据，２０１１—２０１５

年的资料由于ＣＦＳｖ２进入了实时预测阶段采用实

时预测的结果，对２０１１年的资料因实时下载数据缺

失故该年份不参与本文计算．对于ＣＦＳｖ２模式起报

时间，从起报月的０、６、１２和１８ＵＴＣ开始积分，积

分时间为９个月．本研究中我们对不同起报时间的

积分结果进行了集合平均，取其中的６—８月资料进

行研究使用．

本文在进行统计预测和模式预测结果融合时，

使用了最优内插同化方法（Ｇａｎｄｉｎ，１９６５；Ｄａｌｅｙ，

１９９１；Ｋａｌｎａｙ，２００２）．我们将动力模式预测结果视

为同化中的“背景场”，统计模型预测结果视做同化

中的“观测值”，以便利用该方法开展融合预测．本文

中“真值”是实况观测的夏季降水距平百分率资料．

基于上述假设，动力预测和统计预测结果形成的融

合预测可以表达为

犢狆＝犡犱＋犠·（犡犲－犡犱），

其中，犢狆为融合预测结果，犡犱表示动力模式预测结

果，犡犲表示统计模型预测结果，犠 为最优权重系数

矩阵．

当假定统计预测的误差和动力模式预测的误差

均“无偏”且不相关，考虑融合预报误差极小化条件，

对最优权重系数矩阵犠 有

犠 ＝犅·（犚＋犅）－
１，

其中，犅表示动力模式预测结果的误差协方差阵，犚

表示统计预测结果的误差协方差阵，它们可以利用

历史上的“真值”即观测资料对统计模型、动力模式

回报的结果进行误差统计来获得．在计算出各自的

误差协方差矩阵之后，即可求取最优权重系数矩阵

犠．最优内插同化方法的主要优势是利用了统计预

测资料和模式预测资料提供的先验信息，通过最小

方差估计确定权重函数，得到统计意义上的“最优预

测值”，从而实现对统计和动力模式预测结果的最优

集成．

２　结果分析

２．１　统计预测模型及预测技巧检验

本文中，我们采用了庞轶舒（２０１４）和 庞轶舒等

（２０１４）发展的方法建立我国夏季降水距平百分率的

统计预测模型，步骤如下：首先，对我国夏季降水距平

百分率场进行ＥＯＦ分解获取主要模态，进而计算这些

主要模态与前期海温、大气环流因子（即５００ｈＰａ位

势高度场以及２００ｈＰａ纬向风场）的相关关系，寻找

关键区作为预测因子，再利用多元回归方程建立对

降水距平百分率的预测方程．图１给出了我国夏季

降水距平百分率的前４个ＥＯＦ模态，它们可以解释总

方差变化的４１％．其中，ＥＯＦ１的解释方差为１４．９％，

表现为我国中东部地区以长江为界“南北反向”的异

常分布特征；ＥＯＦ２的解释方差为１０．５％，呈现为河

套、华南沿海地区与江淮—黄淮地区反向变化的分

布特征；ＥＯＦ３解释方差约８．６％，表现为我国中东

部地区由北向南“－＋－”三极子型分布特征；对于

ＥＯＦ４其解释方差为７．０％，呈现黄河、长江之间同

西北东部—内蒙古中部、华南大部之间反向变化的

分布特征．经进一步分析，发现上述ＥＯＦ的时间系

数表现为显著的年际变化特征（图２）．

按照庞轶舒（２０１４）和 庞轶舒等（２０１４）的办法，

我们将依次选取海洋、大气中的前期预测因子建立

各ＰＣ系数的预报方程．需要指出的是，由于前期预

测因子的选取对预测结果有重要影响，所以在预测

建模前我们逐一对因子进行组合试验，取预测技巧

最高者入选（图略）．下面给出关键因子的选取结果：

从前冬（１２—２月平均）海温与夏季降水ＰＣ１的相关

场来看（图３ａ），赤道中东太平洋以及印度洋存在显

著相关，这实际反映了ＥＮＳＯ及响应产生的印度洋

一致偏暖模态的影响（ＹａｎｇａｎｄＬａｕ，１９９８；Ｋａｗａｍｕｒａ，

１９９８；Ｚｈａｎｇ，２０００；Ｙａｎｇｅｔａｌ．，２００７），故选取图中

方框内区域作为海温预测因子的关键区．对于大气

因子，我们计算了前冬２００ｈＰａ纬向风与ＰＣ１的相

关系数（图３ｂ），并选取图中位于北大西洋和北美大

陆方框内区域作为关键区．进一步以上述海温和

２００ｈＰａ纬向风场关键区为预测因子，与ＰＣ１建立

多元回归方程，并且采用交叉检验办法分析预测技

巧．结果表明，对于ＰＣ１的预测技巧，其在１９８２—

２０１５年的平均时间相关系数（即ＴＣＣ）为０．６４，通过

了９９％的显著性检验（图略）．对于ＰＣ２而言，从前

冬海温与ＰＣ２的相关场来看（图４ａ），赤道中东太平
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图１　１９８２—２０１５年我国夏季降水距平百分率场前４个ＥＯＦ的空间分布：（ａ）ＥＯＦ１；（ｂ）ＥＯＦ２；（ｃ）ＥＯＦ３；（ｄ）ＥＯＦ４

Ｆｉｇ．１　ＳｐａｔｉａｌｓｔｒｕｃｔｕｒｅｏｆｔｈｅｆｏｕｒｌｅａｄｉｎｇＥＯＦｍｏｄｅｓｏｆｓｕｍｍｅｒｐｒｅｃｉｐｉｔａｔｉｏｎｐｅｒｃｅｎｔａｇｅａｎｏｍａｌｉｅｓ

ｉｎＣｈｉｎａｄｕｒｉｎｇ１９８２—２０１５：（ａ）ＥＯＦ１；（ｂ）ＥＯＦ２；（ｃ）ＥＯＦ３；（ｄ）ＥＯＦ４

图２　１９８２—２０１５年我国夏季降水距平百分率场前４个ＥＯＦ的ＰＣ系数曲线：（ａ）ＰＣ１；（ｂ）ＰＣ２；（ｃ）ＰＣ３；（ｄ）ＰＣ４

Ｆｉｇ．２　ＰＣｔｉｍｅｓｅｒｉｅｓｏｆｔｈｅｆｏｕｒｌｅａｄｉｎｇＥＯＦｍｏｄｅｓｏｆｓｕｍｍｅｒｐｒｅｃｉｐｉｔａｔｉｏｎｐｅｒｃｅｎｔａｇｅａｎｏｍａｌｉｅｓ

ｉｎＣｈｉｎａｄｕｒｉｎｇ１９８２—２０１５：（ａ）ＰＣ１；（ｂ）ＰＣ２；（ｃ）ＰＣ３；（ｄ）ＰＣ４

洋及澳大利亚东部太平洋与ＰＣ２存在显著相关，选

取图中方框内区域作为关键区；同理求出前冬２００ｈＰａ

纬向风与ＰＣ２的相关场（图４ｂ），选取热带印度洋和

热带东太平洋图中方框内区域作为关键区，同样利

用上述４个关键区建立ＰＣ２的多元回归方程，并且

采用交叉检验方法分析预测技巧，结果显示其平均

预测ＴＣＣ为０．４４，通过９９％的显著性检验（图略）．

对于 ＰＣ３，从前冬海温与 ＰＣ３的相关场来看（图

５ａ），孟加拉湾、南海、南印度洋等区域海表温度与

ＰＣ３存在显著相关，选取图中方框内区域作为关键

区，进一步求出前冬５００ｈＰａ位势高度场与ＰＣ３的

相关场（图５ｂ），选取东亚大陆南部图中方框内区域

作为关键区，也可建立ＰＣ３的多元回归方程，并且

采用交叉检验方法检验其技巧．结果表明，对于ＰＣ３
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图３　前冬海表温度（ａ）、前冬２００ｈＰａ纬向风（ｂ）与我

国夏季降水ＰＣ１的相关分布图，阴影表示９０％～９９％

显著性检验，方框表示关键区

Ｆｉｇ．３　ＴｈｅｃｏｒｒｅｌａｔｉｏｎｃｏｅｆｆｉｃｉｅｎｔｓｏｆＰＣ１ｗｉｔｈＳＳＴ

（ａ）ａｎｄＵ２００（ｂ）ｉｎｐｒｅｖｉｏｕｓＤＪＦｓｅａｓｏｎ．Ｔｈｅｓｈａｄｅｄ

ａｒｅａｓｃｏｒｒｅｓｐｏｎｄｔｏ９０％～９９％ｃｏｎｆｉｄｅｎｃｅｌｅｖｅｌｓ，ａｎｄ

ｔｈｅｂｏｘｅｓｒｅｐｒｅｓｅｎｔｔｈｅｋｅｙｒｅｇｉｏｎｓ

图４　前冬海表温度（ａ）、前冬２００ｈＰａ纬向风（ｂ）与夏

季我国降水ＰＣ２的相关系数分布图，阴影表示９０％～

９９％显著性检验，方框表示关键区

Ｆｉｇ．４　ＴｈｅｃｏｒｒｅｌａｔｉｏｎｃｏｅｆｆｉｃｉｅｎｔｓｏｆＰＣ２ｗｉｔｈＳＳＴ

（ａ）ａｎｄＵ２００（ｂ）ｉｎｐｒｅｖｉｏｕｓＤＪＦｓｅａｓｏｎ．Ｔｈｅｓｈａｄｅｄ

ａｒｅａｓｃｏｒｒｅｓｐｏｎｄｔｏ９０％～９９％ｃｏｎｆｉｄｅｎｃｅｌｅｖｅｌｓ，ａｎｄ

ｔｈｅｂｏｘｅｓｒｅｐｒｅｓｅｎｔｔｈｅｋｅｙｒｅｇｉｏｎｓ

图５　前冬海表温度（ａ）、前冬５００ｈＰａ高度场（ｂ）与夏

季我国降水ＰＣ３的相关分布图，阴影表示９０％～９９％
显著性检验，方框表示关键区

Ｆｉｇ．５　ＴｈｅｃｏｒｒｅｌａｔｉｏｎｃｏｅｆｆｉｃｉｅｎｔｓｏｆＰＣ３ｗｉｔｈＳＳＴ

（ａ）ａｎｄＨ５００（ｂ）ｉｎｐｒｅｖｉｏｕｓＤＪＦｓｅａｓｏｎ．Ｔｈｅｓｈａｄｅｄ

ａｒｅａｓｃｏｒｒｅｓｐｏｎｄｔｏ９０％～９９％ｃｏｎｆｉｄｅｎｃｅｌｅｖｅｌｓａｎｄ

ｔｈｅｂｏｘｅｓｒｅｐｒｅｓｅｎｔｔｈｅｋｅｙｒｅｇｉｏｎｓ

图６　前冬海表温度（ａ）、前冬５００ｈＰａ高度场（ｂ）与夏

季我国降水ＰＣ４的相关分布图，阴影表示９０％～９９％
显著性检验，方框表示关键区

Ｆｉｇ．６　ＴｈｅｃｏｒｒｅｌａｔｉｏｎｃｏｅｆｆｉｃｉｅｎｔｓｏｆＰＣ４ｗｉｔｈＳＳＴ

（ａ）ａｎｄＨ５００（ｂ）ｉｎｐｒｅｖｉｏｕｓＤＪＦｓｅａｓｏｎ．Ｔｈｅｓｈａｄｅｄ

ａｒｅａｓｃｏｒｒｅｓｐｏｎｄｔｏ９０％～９９％ｃｏｎｆｉｄｅｎｃｅｌｅｖｅｌｓａｎｄ

ｔｈｅｂｏｘｅｓｒｅｐｒｅｓｅｎｔｔｈｅｋｅｙｒｅｇｉｏｎｓ
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的预测技巧，平均ＴＣＣ为０．４６，通过了９９％的显著

性检验（图略）．对于ＰＣ４，南大西洋中部、以及东南

太平洋海表温度与ＰＣ４存在显著相关（图６ａ），选取

图中方框内区域作为关键区，同理求出前冬５００ｈＰａ

位势高度与ＰＣ４的相关场（图６ｂ），并选取亚洲大陆

南部图中方框内区域作为关键区．利用上述３个关

键区建立ＰＣ４的多元回归方程，并采用交叉检验方

法检验其技巧．结果表明，对于ＰＣ４的预测技巧，其

平均ＴＣＣ为０．４９，可以通过９９％的显著性检验．

我们进一步利用预测的前４个夏季降水ＰＣ系

数及基于这些ＰＣ系数重建的降水距平百分率场，

建立我国夏季降水总场变化的预测模型．回报技巧

检验表明：我国中东部大部分地区降水预测与观测

实况的相关系数可以通过９５％显著性检验，其中黄

淮、江南、华南、西南东部、东北南部和西北北部等区

域的预测技巧较高（图７）．此外，从预测与观测间空间

相关系数的历年变化来看（图８ａ），表现为明显的年际

差异，最低为－０．４９（１９８７年），最高为０．８２（１９９７年）．

由此可见，以前冬关键环流与海温作为预测因

子所建立的夏季降水距平百分率预测模型具有一定

的预测技巧，我们将进一步利用其开展和ＣＦＳｖ２模

式预测信息的融合试验．

２．２　犆犉犛狏２模式的统计降尺度订正及预测技巧

检验

考虑到最优内插同化中，模式背景场误差应具

有无偏特征，而前人的分析表明ＣＦＳｖ２模式对东亚

夏季降水的预测技巧较低．因此，在开始进行统计预

测和模式预测结果融合之前，我们依照刘颖等

（２０１３）的工作，同样选取了 ＣＦＳｖ２模式的夏季

Ｈ５００环流预报场和前一年秋、冬季海表面温度观

测场作为预测因子，使用场信息耦合型方法建立统

计降尺度订正预测模型，以减小ＣＦＳｖ２模式直接预

测降水的误差，使其具有和统计预测模型相当的预

测技巧．

图８ｂ给出了ＣＦＳｖ２统计降尺度订正模型对

１９８２—２０１５年中国夏季降水回报的交叉检验结果，

我们可以发现其较ＣＦＳｖ２模式的原始预测技巧显

著提高，其多年平均空间距平相关系数（ＰＣＣ）由

０．０３提高到０．３１（表１）．原始ＣＦＳｖ２模式的预测结

果与观测间的ＰＣＣ系数仅有６年可以通过９９％显

著性水平，而降尺度订正后的预测结果有２２年都通

过了９９％ 显著性检验，且有１３年的预测ＰＣＣ系数

超过０．４．

从预测与观测的时间相关系数（ＴＣＣ）的空间分

图７　１９８２—２０１５年统计模型降水预测结果与观测的时间

相关系数空间分布，阴影表示９０％～９９％显著性水平

Ｆｉｇ．７　Ｔｈｅｃｏｒｒｅｌａｔｉｏｎｃｏｅｆｆｉｃｉｅｎｔｓｏｆｏｂｓｅｒｖｅｄｓｕｍｍｅｒ

ｐｒｅｃｉｐｉｔａｔｉｏｎｐｅｒｃｅｎｔａｇｅａｎｏｍａｌｉｅｓｗｉｔｈｓｔａｔｉｓｔｉｃａｌｐｒｅｄｉｃｔｉｏｎｓ

ｄｕｒｉｎｇ１９８２—２０１５．Ｔｈｅｓｈａｄｅｄａｒｅａｓｃｏｒｒｅｓｐｏｎｄｔｏ９０％～

９９％ｃｏｎｆｉｄｅｎｃｅｌｅｖｅｌｓ

图８　（ａ）１９８２—２０１５ 年统计预测模型（黄虚线）、

ＣＦＳｖ２统计降尺度订正（蓝虚线）及融合（红实线）降水

预测的结果与观测之间的空间相关系数；（ｂ）统计降尺

度订正前（黑线）和订正后（蓝线）ＣＦＳｖ２模式预测结果

与观测之间的空间相关系数，绿、红虚线分别为９５％和

９９％显著性水平

Ｆｉｇ．８　（ａ）Ｔｈｅｓｐａｔｉａｌｃｏｒｒｅｌａｔｉｏｎｃｏｅｆｆｉｃｉｅｎｔｓｏｆｏｂｓｅｒｖｅｄ

ｓｕｍｍｅｒｐｒｅｃｉｐｉｔａｔｉｏｎｗｉｔｈｓｔａｔｉｓｔｉｃａｌｐｒｅｄｉｃｔｉｏｎｓ（ｙｅｌｌｏｗｄｏｔ

ｌｉｎｅ），ＣＦＳｖ２ｓｔａｔｉｓｔｉｃａｌｄｏｗｎｓｃａｌｉｎｇ（ｂｌｕｅｄｏｔｌｉｎｅ）ａｎｄ

ｍｅｒｇｉｎｇｐｒｅｄｉｃｔｉｏｎｓ（ｒｅｄｌｉｎｅ）；（ｂ）ｔｈｅｓｐａｔｉａｌｃｏｒｒｅｌａｔｉｏｎ

ｃｏｅｆｆｉｃｉｅｎｔｓｏｆｏｒｉｇｉｎａｌＣＦＳｖ２ｍｏｄｅｌｐｒｅｄｉｃｔｉｏｎｓ（ｂｌａｃｋｌｉｎｅ）

ａｓｗｅｌｌａｓｔｈｅＣＦＳｖ２ｍｏｄｅｌｓｔａｔｉｓｔｉｃａｌｄｏｗｎｓｃａｌｉｎｇｒｅｓｕｌｔｓ

（ｂｌｕｅｌｉｎｅ）ｗｉｔｈｔｈｅｏｂｓｅｒｖａｔｉｏｎｓｄｕｒｉｎｇ１９８２—２０１５．Ｔｈｅ

ｇｒｅｅｎａｎｄｒｅｄｄａｓｈｅｄｌｉｎｅｓｃｏｒｒｅｓｐｏｎｄｔｏｔｈｅ９５％ａｎｄ９９％

ｃｏｎｆｉｄｅｎｃｅｌｅｖｅｌｓ，ｒｅｓｐｅｃｔｉｖｅｌｙ

布看，原始ＣＦＳｖ２模式的预测结果仅在黄淮地区、

华北南部等地的ＴＣＣ相关系数超过０．２（图９ａ），而

ＣＦＳｖ２模式统计降尺度订正的ＴＣＣ在我国中东大
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图９　１９８２—２０１５年原始ＣＦＳｖ２（ａ）和ＣＦＳｖ２统计降

尺度订正（ｂ）预测结果与观测的时间相关系数空间分布，

阴影表示９０％～９９％显著性水平

Ｆｉｇ．９　Ｔｈｅｃｏｒｒｅｌａｔｉｏｎｃｏｅｆｆｉｃｉｅｎｔｓｏｆｏｂｓｅｒｖｅｄｓｕｍｍｅｒ

ｐｒｅｃｉｐｉｔａｔｉｏｎｗｉｔｈ （ａ）ｏｒｉｇｉｎａｌＣＦＳｖ２ｐｒｅｄｉｃｔｉｏｎｓ，（ｂ）

ＣＦＳｖ２ｓｔａｔｉｓｔｉｃａｌｄｏｗｎｓｃａｌｉｎｇｐｒｅｄｉｃｔｉｏｎｓｄｕｒｉｎｇ１９８２—

２０１５．Ｔｈｅｓｈａｄｅｄａｒｅａｓｃｏｒｒｅｓｐｏｎｄｔｏ９０％～９９％

ｃｏｎｆｉｄｅｎｃｅｌｅｖｅｌｓ

部地区超过０．２（图９ｂ），其中在华北、黄淮大部、西

南中部、青藏高原地区等地可达０．４～０．６．可见，经

过降尺度订正后ＣＦＳｖ２模式对我国夏季降水的预

测技巧显著提升．

２．３　犆犉犛狏２模式与统计预测结果的融合

为了分析模式预测偏差对融合预测效果的影

响，我们首先给出了原始ＣＦＳｖ２模式与统计预测结

果进行融合预测的技巧检验结果．结果表明（表１），

当以原始ＣＦＳｖ２模式结果为背景场，使用其与统计

预测结果进行融合时，在１９８２—２０１５年间对中国夏

季降水的回报结果与观测的多年平均空间距平相关

系数（ＰＣＣ）仅为０．２６，介于原始ＣＦＳｖ２模式及统计

模型各自技巧之间（原始ＣＦＳｖ２模式为０．０３，统计

模型为０．３０），预测技巧提升并不明显．这表明，当

两种预测模型对中国夏季降水的预测技巧差异过

大，尤其是动力模式预测水平远远低于统计模型时，

二者融合后总体预测误差并不会达到极小化．因此，

在开展预测信息融合时偏差订正是必要的（Ｋａｌｎａｙ，

２００２）．

那么，当统计模型和动力模式预测技巧水平相

当时，融合之后的预测结果能否有所改进？为此，我

们采用统计降尺度订正后的ＣＦＳｖ２模式结果与统

计预测结果进行融合，同样以订正后的ＣＦＳｖ２模式

结果为背景场．结果表明（表１），其对１９８２—２０１５

年间中国夏季降水的回报技巧显著提升，其多年平

均空间距平相关系数（ＰＣＣ）达到０．４４，较统计模型

和ＣＦＳｖ２模式统计降尺度订正的技巧也均有提升．

进一步分析还发现（图８ａ），在ＣＦＳｖ２模式统计降尺

度订正预测与统计模型预测结果差异较大的年份

（如１９８６年），融合预测的ＰＣＣ多介于两者之间，而

在两者预测技巧差异较小的年份（如２０１２年），融合

预测的ＰＣＣ则会超过两者．

表１　１９８２—２０１５年平均的统计模型、原始 犆犉犛狏２、

犆犉犛狏２统计降尺度订正以及融合预测结果与观测夏季

降水距平百分率间的空间相关系数

犜犪犫犾犲１　犜犺犲犿犲犪狀狊狆犪狋犻犪犾犮狅狉狉犲犾犪狋犻狅狀犮狅犲犳犳犻犮犻犲狀狋狊狅犳

狅犫狊犲狉狏犲犱狊狌犿犿犲狉狆狉犲犮犻狆犻狋犪狋犻狅狀狑犻狋犺狊狋犪狋犻狊狋犻犮犪犾狆狉犲犱犻犮狋犻狅狀狊，

狅狉犻犵犻狀犪犾犆犉犛狏２，犆犉犛狏２狊狋犪狋犻狊狋犻犮犪犾犱狅狑狀狊犮犪犾犻狀犵犪狀犱犿犲狉犵犻狀犵

狆狉犲犱犻犮狋犻狅狀狊犱狌狉犻狀犵１９８２—２０１５

预测

技巧

统计

模型

原始

ＣＦＳｖ２

ＣＦＳｖ２统计

降尺度订正

原始ＣＦＳｖ２与

统计预测融合

ＣＦＳｖ２统计

降尺度订正与

统计预测融合

平均

空间

相关

系数

０．３ ０．０３ ０．３１ ０．２６ ０．４４

　　从融合预测结果与观测之间时间相关系数

（ＴＣＣ）的空间分布来看（图１０），预测技巧较高的区

域有华北、黄淮、东北南部、江南大部地区、华南以及

高原地区等地，并且大部分地区通过了９５％的信度

检验．这些区域基本上是ＣＦＳｖ２模式统计降尺度订

正与统计模型各自预测技巧都偏高区域的叠加，实

现了有效融合．而在内蒙古西部及东北部、西北地区

东部、黑龙江大部、云南大部、新疆中南部等地，因

ＣＦＳｖ２模式统计降尺度订正与统计模型各自预测

技巧都偏低，导致了融合结果在上述地区的预测技

巧提升不明显．

进一步，我们通过比较融合预测结果的均方根

误差（ｒｍｓｅ）与ＣＦＳｖ２模式统计降尺度订正和统计

模型预测均方根误差之间的差异来说明融合预测相

对于前两者的优势．这里定义均方根误差（ｒｍｓｅ）的

降低百分率：

犇ｒｍｓｅ＝ ［（犚ａ－犚ｃｏｍ）／犚ａ］，

其中，犚ａ表示ＣＦＳｖ２模式统计降尺度订正预测的

ｒｍｓｅ或统计模型的ｒｍｓｅ，犚ｃｏｍ表示融合预测的
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ｒｍｓｅ．图１１ａ，ｂ分别为融合预测与ＣＦＳｖ２模式统

计降尺度订正和统计预测模型间犇ｒｍｓｅ的空间分

布，正值表示融合预测结果的ｒｍｓｅ减少，负值表示

融合结果的ｒｍｓｅ增大．可以看出，融合预测比

ＣＦＳｖ２模式统计降尺度订正的结果在我国大部分地

区误差减少（图１１ａ），

图１０　１９８２—２０１５年ＣＦＳｖ２统计降尺度订正与统计

预测的融合结果同夏季降水观测之间时间相关系数的

空间分布，阴影表示９０％～９９％显著性水平

Ｆｉｇ．１０　Ｔｈｅｃｏｒｒｅｌａｔｉｏｎｃｏｅｆｆｉｃｉｅｎｔｓｏｆｏｂｓｅｒｖｅｄｓｕｍｍｅｒ

ｐｒｅｃｉｐｉｔａｔｉｏｎｗｉｔｈｔｈｅｍｅｒｇｉｎｇｐｒｅｄｉｃｔｉｏｎｓｏｆｓｔａｔｉｓｔｉｃａｌ

ｍｏｄｅｌａｎｄＣＦＳｖ２ｓｔａｔｉｓｔｉｃａｌｄｏｗｎｓｃａｌｉｎｇｄｕｒｉｎｇ１９８２—

２０１５．Ｔｈｅｓｈａｄｅｄａｒｅａｓｃｏｒｒｅｓｐｏｎｄｔｏ９０％～９９％

ｃｏｎｆｉｄｅｎｃｅｌｅｖｅｌｓ

图１１　１９８２—２０１５年融合夏季降水预测与（ａ）ＣＦＳｖ２

统计降尺度订正和（ｂ）统计模型预测的犇ｒｍｓｅ（％）

Ｆｉｇ．１１　Ｔｈｅ犇ｒｍｓｅ（％）ｏｆｍｅｒｇｉｎｇｓｕｍｍｅｒｐｒｅｃｉｐｉｔａｔｉｏｎ

ｐｒｅｄｉｃｔｉｏｎｓｗｉｔｈ（ａ）ＣＦＳｖ２ｓｔａｔｉｓｔｉｃａｌｄｏｗｎｓｃａｌｉｎｇａｎｄ（ｂ）

ｓｔａｔｉｓｔｉｃａｌｍｏｄｅｌｐｒｅｄｉｃｔｉｏｎｓｄｕｒｉｎｇ１９８２—２０１５

其中在西北地区东部、西南东北部、华中东部、华南

西部、东北南部、内蒙古西部、新疆大部地区ｒｍｓｅ

降低５％～１５％，部分地区降低２０％以上．另外，融

合预测相对于统计模型预测在我国大部分地区

ｒｍｓｅ也明显降低，其中在华北大部、黄淮、江淮东

部、内蒙古中部、西南西部、东北北部等地误差降低

５％～１０％，局部地区降低１０％以上（图１１ｂ）．

此外，为了分析最优权重系数的重要作用，我们

做了一组控制实验．假定反映ＣＦＳｖ２模式预测和统

计预测场两者关系的误差协方差不随时间、空间位

置而改变，即权重系数为相等权重．结果表明，这种

“等权重”融合预测的多年平均空间距平相关系数

（ＰＣＣ）会下降到０．２７（图略）．同时，从预测结果与

观测之间的 ＴＣＣ空间分布来看（图略），在西北大

部、西藏南部、内蒙古中部、东北北部、华北西部、福

建、广东、广西等地预测技巧均明显降低．可见，最优

权重系数在融合预测方法中对提高预测技巧确有重

要作用．

综上，利用最优内插同化方法将统计预测结果

和动力预测结果进行融合，将不失为一种行之有效

地提升我国夏季降水预测准确率的新方法，其初步

实现了动力模式与统计方法预测结果的客观集成，

进一步提高预测技巧．

３　结论

（１）以前冬海温和关键区环流场作为预测因子，

建立了我国夏季降水距平百分率的统计预测模型．

对１９８２—２０１５年交叉回报检验的结果表明，预测与

观测之间的多年平均的空间相关系数为０．３０．从时

间相关系数的空间分布看，在我国西北北部、东北南

部、黄淮、江汉、西南东部和华南等地预测技巧较高．

（２）选取ＣＦＳｖ２动力模式预测的当年夏季５００ｈＰａ

高度场和前一年秋、冬季海表温度观测场作为预测

因子，使用场信息耦合型方法建立了ＣＦＳｖ２模式统

计降尺度订正夏季降水预测模型．交叉回报检验结

果表明，订正后夏季降水预测与观测的多年平均空

间相关系数可由订正前的０．０３提高到０．３１．

（３）基于上述统计预测模型和ＣＦＳｖ２模式统计

降尺度订正预测的结果，采用最优内插同化方法发

展了动力和统计预测信息的融合方案．回报检验表

明，融合预测与观测的多年平均空间相关系数可达

０．４４，且均方根误差较统计预测模型和ＣＦＳｖ２模式

统计降尺度订正预测的结果也降低了５％～２０％，
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可以进一步提升对我国夏季降水的预测技巧，具有

一定的业务应用价值．

虽然，本文基于最优内插同化方法开展了统计

方法和ＣＦＳｖ２模式动力预测信息的融合试验，初步

实现了动力和统计预测结果的有机结合，但是如何

进一步利用国内外多种先进预测模式、模型的预测

结果，深入发展多模式、多预测模型结果的融合预测

方法，值得我们进一步进行探索．

致谢　作者衷心感谢聂肃平、沈艳和王润博士提供

的有益讨论和帮助．
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Abstract The anthropogenic‐induced global warming and local urbanization exert important influences
on temperature extremes in Eastern China. Here we use China station observations and climate models to
investigate their effects on the warm and cold days and nights simultaneously. We quantified the
contribution from these two factors based on an optimal fingerprinting method. We find that both
anthropogenic and urbanization signals can be clearly detected and separated from each other in the
nighttime temperature extremes. The effect of urbanizationmay explain as much as one third of the observed
changes in cold and warm nights while the urbanization signal is weak in the daytime extremes. The
results are robust against sampling uncertainty in the estimate of urbanization signal, but uncertainty due to
collinearity between the urbanization signal and global warming is difficult to assess.

Plain Language Summary Understanding the causes behind changes in temperature extremes is
of significance for reliably projecting future climate change. Previous studies have separately shown that
global warming and the urbanization effects are the two important drivers for the increase of warm extremes
and decrease of cold extremes in Eastern China. In this study, we consider these two factors simultaneously
using an optimal fingerprinting method. We find that climate models can well reproduce the observed
changes in extreme temperature when the urbanization effects are included. Both global warming and
urbanization have contributed to changes in nighttime temperature extremes, with global warming
contributing slightly more. On the other hand, changes in daytime temperature extremes seem to be
predominantly due to global warming.

1. Introduction

Eastern China is the most populous and economically developed region in China and is significantly
impacted by weather and climate extremes. For example, the summer of 2013 was the historically hottest
at the time, and the heat and accompanying drought resulted in 59 billion RMB damage (Hou et al.,
2014). Observations have shown that Eastern China has experienced an increase in extreme high‐
temperature events and a decrease in extreme low‐temperature events since the mid‐twentieth century
(Lu et al., 2016; Wang et al., 2012; Yin et al., 2017; You et al., 2011). In particular, the past 10 years have
witnessed frequent record‐breaking high temperatures along with serious heat waves. It is projected that
what was a rare heat wave in the historical record will become a usual event in the coming decades
even under a median Representative Concentration Pathway (RCP)4.5 emission scenarios (Sun et al.,
2014, 2018).

There are at least two major drivers contributing to the observed mean temperature‐warming trend in
China. One third of the observed mean temperature increase of 1.44 °C during the period 1961–2013, or
about 0.49 °C, can be accounted for by the effect of urbanization that occurred since the middle 1980s
(Sun et al., 2016). External forcing to the climate system, including large‐scale anthropogenic influences, that
is, human emissions of greenhouse gases and aerosols (referred to as anthropogenic forcing hereafter), and
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natural external forcing including solar and volcanic activities can explain most of the remaining warming
(Sun et al., 2016). As temperature extremes are ultimately related to mean temperatures, it follows that these
two drivers must have also influenced extreme temperatures.

Previous studies have investigated the contributions to changes in extreme temperatures by individual dri-
vers separately (Zhang et al., 2006). In a series of studies, Lu et al. (2016, 2018), Yin et al. (2017), Yin and
Sun (2018) and Dong et al. (2018) found that the anthropogenic forcings exert clear detectable influence
on intensity, frequency, and duration of temperature extremes represented by various temperature indices
in China. The effect of urbanization, however, was not considered in these studies. As both anthropogenic
forcing and urbanization cause regional warming in China, the regression approach that scales the regional
temperature response to anthropogenic forcing to best match the observations, without explicitly consider-
ing the urbanization effect, could attribute at least some warming that is due to urbanization as a result of
anthropogenic forcing.

Effects of urbanization on temperature extremes have been estimated by computing the difference in
indices of temperature extremes between urban stations and rural stations (Zhang et al., 2011; Zhou &
Ren, 2011). For this purpose, different methods have been used to estimate regional averages of extreme
temperature indices for urban and rural areas by classifying observing sites into urban and rural stations
(Ren et al., 2008, 2015; Ren & Zhou, 2014; Yang et al., 2011, 2017). Ren and Zhou (2014) used criteria
including the population, station history, and the built‐up size of the area to identify a fixed set of urban
stations and rural stations. In their approach, a station is classified either as an urban station or as a rural
station. The entire historical records for the urban stations are used to estimate averages of urban regions
while those for rural stations are used to estimate rural averages. Because most of observing sites were
established in inhabited regions, economic development of China has gradually urbanized what used to
be rural areas. As a result, there is not a clear division between urban sites and rural sites. A rural site
may have been urbanized to some degree; and thus, the differences between urban and rural sites may
underestimate the urbanization effect. Yang et al. (2017) used the concept of dynamical classification of
Yang et al. (2011) according to nighttime light data. In their approach, a station is considered as an urban
station if the mean nighttime light values exceed a certain threshold and the urban land ratio is greater
than 0.2 within a 7‐km circular buffer area during 1978–2013. Regional averages for urban and rural areas
are estimated based on variable set of stations each year. This approach makes an implicit underlying
assumption that climate change and variability in the region is completely homogeneous in space and
time such that the evolution of rural (or urban) areas does not result in any tangible differences in the
rural and urban time series. As a result, this approach could potentially attribute some aspect of differ-
ences resulting from spatial and temporal variability of temperature extremes as an urbanization effect.
Since the different approaches employed by Ren and Zhou (2014) and Yang et al. (2017) result in different
sets of urban and rural stations, the regional mean series from these two sets of stations could differ. As a
consequence, the effect of urbanization so identified would also differ. It should also be noted that sam-
pling uncertainty in the estimates of urbanization effect, which can be quite large, was not evaluated in
either approaches.

While it is straightforward to compute the difference series between rural and urban stations or between
rural and urban and rural combined stations using the fixed‐stations method of Ren and Zhou (2014) or
variable‐station method of Yang et al. (2011), there is not a simple interpretation for the difference
series and, thus, the effect of urbanization estimated by these methods. This is because it is difficult to char-
acterize the spatial representativeness of stations for urban and rural regions and to quantify the effect of
sampling uncertainty in both space and time. Recognizing the difficulties in estimating the magnitude of
urbanization effect on temperature and the fact that both urbanization and large‐scale anthropogenic forcing
contribute to temperature change, Sun et al. (2016) proposed a different method that estimates the effect of
urbanization and large‐scale anthropogenic forcing in tandem. This approach assumes that the pattern of the
urbanization effect can be accurately estimated using the difference series and that models can simulate
spatial and temporal patterns of anthropogenically forced temperature response correctly. The magnitudes
of the effects of urbanization and anthropogenic forcings are estimated simultaneously from the observations
and simulated responses to external forcings using an optimal fingerprint method. Here we use the Sun et al.
(2016) method to attribute the observed changes in temperature extremes in Eastern China to urbanization
and external forcings.
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2. Data and Methods
2.1. Indices of Temperature Extremes

We consider four indices representing moderately extreme warm and cold temperature events. They are
annual percentage of days when daily minimum temperature is greater than its ninetieth percentile
(TN90p) or less than its tenth percentile (TN10p), as well as annual percentage of days when daily maximum
temperature is greater than its ninetieth percentile (TX90p) or less than its tenth percentile (TX10p). These
four indices have been used widely as they represent extreme events relative to daily temperature climatol-
ogy (Zhang et al., 2011). Additionally, they have higher signal to noise ratio when compared with annual
absolute extreme temperatures because many more daily observations are involved in their calculation.

2.2. Observational Data

We use the homogenized daily maximum and daily minimum temperatures at 2,419 stations in China to
compute the temperature indices. These station data are provided by China National Meteorological
Information Center (Xu et al., 2013). As historical simulations from the climate models end in 2012 (see
below), and as station coverage was poor prior to the late 1950s, we use the time period 1958–2012 in this
study. For more data information, please refer to supporting information.

We use the ETCCDI software (available from RClimDex/FClimdex software package at http://etccdi.pacific-
climate.org/software.shtml) to compute these indices to avoid data inhomogeneity caused by the use of a
base period (Zhang et al., 2005). Regional averages of the observation series are obtained based on the station
data. This involves three steps: 1) estimate station anomalies by removing the 1961–1990 mean from indivi-
dual station series and 2) average station anomalies within 5° × 5° grid boxes to obtain gridded anomalies. In
total, there are 22 grid boxes used in the study. 3) Compute regional averages from the gridded values.

2.3. Indices From Climate Model Simulations

The same indices are also computed from daily outputs of simulations by the climate models participating in
the Couple Model Intercomparison Project Phase 5 (CMIP5, Taylor et al., 2012). Indices computed by
Sillmann, Kharin, Zhang, et al. (2013) and Sillmann, Kharin, Zwiers, et al. (2013) for historical and RCP
experiments are used. These include one run for each climate model. Indices for other members of ALL for-
cing runs, for NAT forcing runs, or for control simulations were not used in Sillmann, Kharin, Zhang, et al.
(2013) and Sillmann, Kharin, Zwiers, et al. (2013), they are computed separately using the code that gener-
ated the indices by Sillmann, Kharin, Zhang, et al. (2013). Historical ALL forcing simulations that end in
2005 were extended to 2012 using corresponding RCP4.5 runs. The model data used in the study are the same
as those used in Lu et al. (2016). They include simulations driven by 1) historical anthropogenic and natural
forcings (ALL) and the RCP4.5 forcing scenario, 2) the natural forcing only (NAT), and 3) the preindustrial
experiments (CTL). The ALL experiments include 96 simulations from 21 models. The time period for these
indices is 1958–2012. CTL simulations by 28 models are used to estimate internal climate variability. Model
simulations are on different grids and are interpolated onto 5° × 5° grid boxes that are consistent with
the observations.

2.4. Estimate of Urbanization Signal Pattern

To determine the urban signal pattern (URB), we estimate regional averages for the urban and rural stations
separately using the method described in section 2.2. Among all 1,641 stations in Eastern China (Supporting
Information Figure S1), 86 stations are determined to be rural according to Ren and Zhou (2014). The
remaining stations are regarded as urban stations in this paper. The URB signal is estimated by fitting a logis-
tic sigmoid function to the difference between urban and rural series because the urbanization signal is
expected to be a positive and monotonic increasing function. This signal pattern TURB is finally used as
the signal in the optimal fingerprinting approach described below.

2.5. Detection Method

To simultaneously detect the effects of anthropogenic forcing and urbanization on these temperature
extreme indices in Eastern China, we use the optimal fingerprinting method based on a total least square
method (Allen & Stott, 2003; Ribes et al., 2013; Sun et al., 2016). We regress the observational data onto
the patterns of model simulated ALL response as well as the URB signal pattern such that
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TOBS ¼ βALL TALL−νALLð Þ þ βURB TURB−νURBð Þ þ ϵ:

where TOBS is a vector of observed temperature anomalies, TALL and TURB are signal patterns for ALL and
URB, νALL and νURB are noise in the ALL and URB signal patterns, and βALL and βURB are scaling factors
(the regression coefficients). The νALL is assumed to have the same form of model‐simulated variability, with
its variance inversely proportional to the number of model simulations used in the estimation of variability.
It is not straightforward to estimate νURB. To ease the estimation of the scaling factors, we assume that there
is effectively no uncertainty in the URB signal in the regression. This is done by assuming the variance to be
equivalent to that of the average series from 1,000 model simulations. We, subsequently, separately consider
the effect of sampling uncertainty in URB signal by conducting the detection and attribution analysis using
each of the 1,000 bootstrap variations of the URB signal. As is generally considered in detection and attribu-
tion analyses (Allen & Stott, 2003; Ribes et al., 2013), a signal pattern is detected if its corresponding scaling
factor is significantly greater than 0 at the 5% significance level. If in addition, this 90% confidence interval
(CI) of the scaling factor also includes 1, it may be possible to attribute the observed changes to the signals
if other plausible causes of the observed changes can be ruled out. The best estimates of the scaling factors
adjust the ALL and URB signals to best match the observations, thereby enabling the estimation of the mag-
nitude of ALL and URB signals in the observations simultaneously.

3. Results
3.1. Observed Changes in Warm and Cold Nights, the Urbanization Effects

The station map (Supporting Information Figure S1) in Eastern China shows a clear decrease of extreme
cold days and nights (TX10p and TN10p) and an increase of extreme warm days and nights (TX90p and
TN90p) in most stations, with smaller changes in daytime extremes (TX10p and TX90p) than in nighttime
extremes (TN10p and TN90p). The upper portion of panels in Figure 1 shows the time series of eastern
China averages for urban (black) and rural (yellow) stations, along with their difference (red) for the per-
iod 1958–2012. Changes in these series are consistent with median trends of individual station series. For
the daytime extremes, the linear trends for the urban and rural stations are −0.54% per decade and
−0.45% per decade for TX10p, 0.96% per decade and 0.95% per decade for TX90p, respectively. The linear
trends in the difference series (red lines) of TX10p and TX90p are small, with a linear trend of −0.09% per
decade for TX10p and 0.01% per decade for TX90p, respectively. For the nighttime extremes, the linear
trends in the urban and rural series are −1.62% per decade and −1.1%/ per decade for TN10p and
2.06% per decade and 1.24% per decade for TN90p, respectively. The linear trends in the urban and rural
difference series are quite large, at −0.52% per decade for TN10p and 0.82% per decade for TN90p, respec-
tively. The urbanization effects can be clearly seen in the trends of the nighttime extremes. If the effect of
urbanization is defined according to previous studies (e.g., Ren & Zhou, 2014) as the ratio between the
difference in the trends of the urban and rural series and trends in the urban series, urbanization can
explain the observed changes in nighttime extremes by 30% to 40%. These are larger than the estimates
of urbanization effect on the same extremes for the whole country, which are between 18% and 28%
according to Ren and Zhou (2014). The higher values in our estimates for Eastern China are reasonable,
reflecting the fact that Eastern China has urbanized more strongly than the rest of the country because of
more rapid and wider‐spread development.

The lower portion of each panel in Figure 1 shows the sigmoid fit to the difference series. The sigmoid func-
tion fits the evolution of the urbanization effect well. The trends computed from the fitted curves and from
the original series are of very similar values. Note that the urbanization signal in the daytime extremes is very
small and flat, without any clear trends, in both the fitted curves and the original series. To estimate sampling
uncertainty in the urban‐rural difference series and corresponding sigmoid fits, we used a bootstrap proce-
dure outlined in Sun et al. (2016). Here we divided Eastern China into 22 5° × 5° grid boxes and computed
difference series between urban and rural stations within each grid box for the four indices separately. We
then sampled, with replacement, these grid box values to form 22 boxes to compute regional mean values.
These regional means were then fitted to logistic curves. This procedure was repeated 1,000 times. The gray
shading in the lower portion of Figure 1 shows the 5th to the 95th percentiles of the fit. It appears that the
sampling error in the estimate of urbanization effect can be large.
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3.2. Comparison Between Observations and Simulations

Figure 2 displays the nonoverlapping 3‐year mean series of the indices from the observations and simula-
tions. The simulations under the ALL forcing generally reproduce the observed decrease in cold extremes
and increase in warm extremes. For the daytime extremes, the simulations match the observations well with
observations almost always at the center of the simulations. The URB signal is weak. For the nighttime
extremes, the observed series are within the range of simulations but at the outer edge of simulations, indi-
cating that while simulations are broadly consistent with observations, models tend to underestimate the
observed decrease in cold nights and observed increase in warm nights. If the urbanization effect is removed
from the observation, the match between the observations and simulations improves substantially.

3.3. Results From Detection and Attribution Analyses

Results from the two‐signal detection and attribution analyses, by regressing observations onto the ALL and
URB signals, are presented in Figure 3. For the daytime extremes, ALL is clearly detected with the fifth per-
cent lower bound of the scaling factors above 0 while the URB signal is not detected. This means that external
forcing has clearly affected these daytime extremes. The lack of detection of URB signal in daytime extremes
can mean either a) effect of urbanization on daytime extremes is weak or b) the signal pattern constructed
from the urban and rural differences is too weak to constrain the regression. As shown in Figure 2, simula-
tions under ALL forcing track the observations well. It thus can be argued that the urbanization effect on
daytime extremes may indeed be small, which would need to be verified by other studies that consider urba-
nization effect at a process level. For the nighttime extremes, both the ALL and URB signals are detected and
they can also be separated from each other. This means that the effect of external forcing on these extremes
can be identified with the consideration of the urbanization effect and vice versa. The best estimates of the
scaling factors for ALL and URB signals are 0.83 (90% CI: 0.40–1.26) and 1.09 (90% CI: 0.26–1.92) for
TN10p. They are 0.63 (90% CI: 0.16–1.12) and 1.23 (90% CI: 0.07–2.40) for TN90p, respectively. The fact

Figure 1. Upper portion of each panel: Time series of regional mean extreme temperature indices in Eastern China. Black
and yellow lines are for urban and rural stations, respectively, while red line shows the difference between them.
Lower portion of each panel: Difference between regional mean extreme temperature series of urban and rural stations.
Red lines show sigmoid fits that are used as URB signal pattern in the detection and attribution analyses. The gray shading
areas represent the 5th and 95th percentile ranges (gray areas) of the URB signal, estimated from the 1,000 bootstrap
samples.
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that the scaling factors for ALL are smaller than 1 from the two‐signal analysis indicates that the models may
still overestimate the observed changes in nighttime extremes even after the urbanization effect has been
taken into account. Christidis et al. (2011) and Zwiers et al. (2011) found CMIP3 models tend to
overestimate the most observed warming of nighttime extremes though this effect was less obvious in

Figure 2. Regional mean 3‐year nonoverlapping series for four extreme temperature indices from the observations (OBS), model simulated responses to all forcings
(ALL), and the signal pattern for urbanization effect (URB). The URB is based on the sigmoid fits in Figure 1. Blue shading shows spread of the model‐simulated
responses to ALL forcings.

Figure 3. (a–d) Best estimates of scaling factors and their 5–95% confidence intervals for ALL and URB in two‐signal analyses for the four temperature indices.
(e–h) Observed trends for the extreme temperature indices and attributable changes, along with their 5–95% confidence intervals.

10.1029/2019GL084281Geophysical Research Letters

SUN ET AL. 6



CMIP5 models (Sillmann, Kharin, Zhang, et al., 2013). Morak et al. (2013) found similar results with
HadGEM1 simulations. Both cloud and land processes in the models may have played a role but the exact
cause of this is unclear.

We compute the attributable warming as the product between the linear trends in the noise‐reduced model‐
simulated signals and the corresponding scaling factors. For the nighttime extremes, the observed trends, the
estimated contributions from ALL, and URB for TN10p are −1.63% per decade (90% CI: −1.18% to −2.08%),
−0.95% per decade (90% CI: −0.46% to −1.45%), and −0.53% per decade (90% CI: −0.13% to −0.94%), respec-
tively. The corresponding values for TN90p are 2.17% per decade (90% CI: 1.53% to 2.81%), 1.18% per decade
(90% CI: 0.29% to 2.08%), and 0.97% per decade (90% CI: 0.06% to 1.88%), respectively. This indicates that the
urbanization effect explains about 33% and 45% of observed changes in TN10p and TN90p, respectively,
assuming that other factors that might have affected trends are negligible. These are slightly higher than
the estimates directly obtained from the difference series between urban (or urban and rural stations
combined) and rural stations. Note however that these best estimates and confidence intervals are still
subject to additional sampling uncertainty in the estimation of the URB signal, as we will see in the
following subsection.

3.4. Robustness of Detection Results to Sampling Uncertainty

Figure 1 shows that the estimate of urbanization effect during the later decades may be subject to relatively
large sampling uncertainty for the nighttime extremes. To examine the influence of this sampling uncer-
tainty on detection and attribution analyses, we used each of the 1,000 bootstrapped estimates of the URB
pattern in the two‐signal detection and attribution analyses. For TN10p, the ALL and URB signals are
detected 992 and 953 times. Both ALL and URB are simultaneously detected 948 times. For TN90p, the
ALL and URB signals are detected 903 and 644 times with both signals simultaneously detected 547 times.
Therefore, detection of the urbanization and global warming effects and their separation are both robust
for nighttime temperature extremes, albeit more so for cold nights than warm nights.

Figure 4 displays scatter plots of the best estimate of ALL and URB scaling factors from the 1,000 boot-
strap samples, along with their 90% and 50% confidence regions, as well as their marginal densities, for
TN10p and TN90p (It should be pointed out that those are best estimates from each bootstrap sample,
and they have their own confidence regions; the overall uncertainty shall be wider than illustrated by
these confidence regions), respectively. Most of the best estimates of scaling factors fall in a well‐defined
region. The uncertainty range for ALL scaling factor is quite small, indicating relatively small influence
due to sampling error in the URB signal estimate. The median values of the ALL and URB scaling fac-
tors for TN10p are 0.83 and 1.05, respectively, and those for TN90p are 0.73 and 0.95. As the median
URB scaling is close to 1, it is reasonable to scale the estimated ALL signal down. Sampling uncertainty
in the URB signal estimate likely contributed to the relatively small value of ALL scaling factor at 0.63

Figure 4. Scatter plots of ALL and URB scaling factors for TN10p (left) and TN90p (right) based on the 1,000 bootstrap
samples of the URB signal. The joint 90% and 50% confidence regions are encircled by red and yellow curves, respec-
tively. The gray lines represent 90%marginal confidence intervals. The marginal densities of the scaling factors are plotted
on the top of (for ALL) or to the right of (for URB) the scatter plots.
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that was reported in section 3.3; nevertheless, ALL does still need to be scaled down to match the obser-
vations. Given these considerations, we conclude that urbanization effect on nighttime extreme tempera-
ture indices is substantial and may explain as much as one third of the observed warming in these
indices. The strongest urbanization in China took place at the time of strongest warming in the global
mean temperature, resulting in a strong collinearity between URB and ALL signals. This collinearity
must have introduced additional uncertainty in our estimation. Nevertheless, given the considerations
discussed above, uncertainty due to collinearity between the two signals should not qualitatively alter our
above conclusion.

4. Conclusions

Previous studies have identified the anthropogenic forcing and urbanization as important factors contribut-
ing to the observed changes in moderate temperature extremes in Eastern China. These studies only consider
one factor at a time, without taking the effect of the other factor into account. As the effects of urbanization
and external forcing including the greenhouse gases and aerosols on temperature extremes are highly colli-
near, it can be difficult to know to what extent these estimates are affected by not considering the other
factor. Here, we consider both effects in tandem by regressing the observations onto these two factors simul-
taneously. We find that the influence of anthropogenic forcing is clearly detected in the daytime extremes but
changes in the size of the urbanization effect seem to be small. We also found that both external forcing and
urbanization have played an important role in the observed changes in nighttime extremes. Simulations fit
better with observations when the urbanization effect is considered, although the models tend to overesti-
mate changes in these extremes even after accounting for urbanization. The urbanization effect on nighttime
extremes is large, explaining perhaps as much as one third of the observed warming in these extremes. The
results seem to be robust against sampling uncertainty in the estimate of urbanization effect. As the increase
in nighttime extreme temperatures can exert serious impacts on human health, the added warming due to
the continued urbanization in regions that are less urbanized today should be considered.
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Abstract
In this study, the persistence barrier (PB) of the El Niño–Southern Oscillation (ENSO) phenomenon is investigated using 
reanalysis data and historical simulations of the Coupled Model Intercomparison Project Phase 5 (CMIP5) models. Both the 
timing and intensity of the ENSO PB can be quantified using the maximum gradient of autocorrelation decline of Niño sea 
surface temperature (SST) anomaly indices. Most of the CMIP5 models were found to reasonably reproduce the observed 
timing of the ENSO PB that typically occurs during the boreal late spring to early summer, and underestimated the PB 
intensity compared to observations. Furthermore, the PB properties of the Eastern Pacific (EP) ENSO indices were much 
better represented by the models than those of the Central Pacific (CP) ENSO indices, probably because CP ENSO events are 
more challenging to simulate than their counterparts. Approximately half of the models can satisfyingly reflect the intensity 
and timing of PB for indices of EP ENSO and their distinctions from those of the CP ENSO, with a larger uncertainty for 
the modeled PB timing than intensity. Further diagnosis has revealed the relationship between the ENSO PB intensity and 
the factors associated with the tropical Pacific background state. The PB intensity exhibits a stronger relationship with the 
seasonality of the SST amplitude in CP, compared to the SST amplitude, and the strength of seasonal synchronization of EP 
SST anomalies is highly correlated with the PB intensity. These results suggest that the seasonality of tropical SST variability 
may fundamentally contribute to the ENSO PB.

Keywords ENSO · Persistence barrier · CMIP5 simulations

1 Introduction

The El Niño–Southern Oscillation (ENSO) is the dominant 
mode of interannual climate variability and has attracted 
considerable attention due to its large impacts on global 

climate (e.g., Rasmusson and Carpenter 1982; Timmer-
mann et al. 2018). Significant progress has been made in 
understanding and predicting ENSO, and ENSO could now 
be well predicted 6 months in advance, and probably longer 
(Barnston et al. 2012; Jin et al. 2008; Latif et al. 1994; Ren 
et al. 2014; Timmermann et al. 2018; Zhu et al. 2012). 
Nevertheless, the accuracy of ENSO predictions decreases 
abruptly for forecasts made before and during boreal spring. 
This so-called ENSO spring predictability barrier is at least 
partially caused by seasonal transitions in the monsoon cir-
culation (Webster and Yang 1992), ocean–atmosphere cou-
pling strength variation (Chen et al. 2015; Hu et al. 2011; 
Larson and Kirtman 2016; Webster 1995; Zebiak and Cane 
1987), seasonal change in the signal-to-noise ratio (Bar-
nett et al. 1994; Torrence and Webster 1998; Zheng and 
Zhu 2010), initial errors of certain specific patterns (Duan 
et al. 2009; Mu et al. 2007; Tian and Duan 2016b), model 
biases (Lopez and Kirtman 2015; Zheng and Zhu 2010), 
seasonality of ocean surface–subsurface connection (Zhu 
et al. 2015), and westerly wind burst activity (WWB) (Chen 
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et al. 2015; Larson and Kirtman 2016; Lopez and Kirtman 
2015). Importantly, the degree of ENSO seasonal synchro-
nization in the annual cycle seems to affect the spring pre-
dictability barrier of ENSO (Levine and McPhaden 2015) 
and is thought to determine the strength of the ENSO per-
sistence drop-off (Torrence and Webster 1998). The ENSO 
persistence barrier (PB), which is commonly considered a 
natural and observable ENSO property, refers to the rapid 
decline in persistence (lagged autocorrelations) across boreal 
spring, irrespective of which starting time is chosen. Consid-
ering the similarity of basic characteristics between the two 
phenomena, it is reasonable to hypothesize that the spring 
predictability barrier in models, including the Coupled 
Model Intercomparison Project Phase 5 (CMIP5) models, 
is closely related to the observed ENSO PB; meanwhile, the 
former may potentially be reduced using improved model 
initializations (Chen et al. 1995; Mu et al. 2007). Therefore, 
improving our understanding of the ENSO PB should allow 
us to identify important dynamical mechanisms that affect 
operational ENSO predictions.

Previous efforts investigating the ENSO persistence and 
predictability barrier were mostly conducted using observa-
tions and models of limited complexity (e.g., Levine and 
McPhaden 2015; Mu et al. 2007; Torrence and Webster 
1998). In addition, recent findings using the CCSM4 model 
might be model-dependent (Larson and Kirtman 2016). 
Therefore, there is ongoing debate regarding the cause of the 
spring predictability barrier. Moreover, some of the research 
on the ENSO PB lacks quantitative descriptions. Recently, 
Ren et al. (2016) proposed measuring the intensity of the 
ENSO PB using the largest gradient of the autocorrelation 
decline of Niño indices of the sea surface temperature (SST) 
anomaly and demonstrated distinct PB features in terms of 
the two ENSO types (Ashok et al. 2007; Kao and Yu 2009; 
Kug et al. 2009). Here we combine the aforementioned 
measures of ENSO PB occurrence timing and intensity to 
assess PB features within a large group of coupled general 
circulation models (CGCMs). Exploring the ENSO PB phe-
nomenon and its causes is feasible using this approach due to 
large number of models contributing to CMIP5. It was previ-
ously assumed that the simulation performance of the ENSO 
PB may be related to the seasonal synchronization of ENSO 
in these models (Torrence and Webster 1998). Therefore, an 
improved understanding of the ENSO PB may also enable 
future model improvement. It is important to note that many 
of the current generation of climate models fail to simulate 
the Central Pacific (CP) ENSO events realistically (Ham 
and Kug 2012; Kim and Yu 2012). Therefore, we use vari-
ous ENSO indices to explore PBs in distinct SST anomaly 
(SSTA) regions, which characterize SST variability associ-
ated with Eastern Pacific (EP) and CP ENSO, respectively.

The observational data and utilized models are introduced 
in Sect. 2, together with definitions related to the ENSO 

SST indices and PB metrics. The models used in this paper 
are separated into two groups as described in Sect. 3. The 
ENSO PB features in 38 CGCMs are then investigated and 
compared with the observations. Next, the relationships 
between the PB intensity and several features of the tropical 
Pacific background state are explored. Potential factors that 
additionally may influence the PB intensity are discussed in 
Sect. 4. A summary is provided in Sect. 5.

2  Data

Monthly data from 38 CMIP5 models (Taylor et al. 2012) 
is utilized (see Table 1). Realizing that ENSO PB could 
experience decadal variability just like other properties of 
ENSO such as the amplitude and period, we analyze the 
historical simulations (also referred to as twentieth century 
simulations) and focus on the most recent 30 years of those 
experiments (1976–2005), a period of reliable contemporary 
observations to compare to. Ice and sea surface temperature 
(HadISST, Rayner 2003) data is obtained for the same time 
period. The observed ENSO PB characteristics are virtually 
identical to HadISST when using Extended Reconstructed 
Sea Surface Temperature V3b (ERSST) monthly data from 
NCEI/NOAA for our analysis (Smith et al. 2008). We also 
use two sets of surface wind stress monthly data from NCEP/
NCAR Reanalysis 1 between 1976 and 2005 (Kalnay et al. 

Table 1  The 38 CMIP5 models (18 models that simulate ENSO PB 
better are in italics, please see text for details) used in this manuscript

No. Model abbreviated No. Model abbreviated

1 Access1-0 20 GISS-E2-H
2 Access1-3 21 GISS-E2-R
3 BCC-CSM1-1 22 HadCM3
4 BCC-CSM1-1-m 23 HadGEM2-AO
5 CanCM4 24 HadGEM2-CC
6 CanESM2 25 HadGEM2-ES
7 CCSM4 26 INMCM4
8 CESM1-BGC 27 IPSL-CM5A-LR
9 CESM1-CAM5 28 IPSL-CM5A-MR
10 CMCC-CESM 29 IPSL-CM5B-LR
11 CMCC-CM 30 MIROC5
12 CMCC-CMS 31 MIROC-ESM-CHEM
13 CNRM-CM5 32 MIROC-ESM
14 CSIRO-Mk3-6-0 33 MPI-ESM-LR
15 FGOALS-g2 34 MPI-ESM-MR
16 FIO-ESM 35 MPI-ESM-P
17 GFDL-CM3 36 MRI-CGCM3
18 GFDL-ESM2G 37 NorESM1-ME
19 GFDL-ESM2M 38 NorESM1-M
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1996) and between 1980 and 2005 from the NCEP-DOE 
Reanalysis 2 (Kanamitsu et al. 2002).

The Niño3.4, Niño3, and Niño4 indices (defined as SSTA 
averages over the respective regions) are adopted as meas-
ures for ENSO-associated SST anomalies. The Cold-Tongue 
and Warm-Pool (NiñoCT and NiñoWP, respectively) Niño 
indices defined by Ren and Jin (2011) are used together with 
the El Niño Modoki index proposed by Ashok et al. (2007). 
These different ENSO indices are used to investigate PBs in 
distinct SSTA regions associated with the two ENSO types. 
In addition to the aforementioned Niño indices, we utilize 
the first two SSTA empirical orthogonal functions (EOFs) 
in the tropical Pacific (30°S–30°N, 110°E–70°W), and their 
corresponding principal components: Niño-PC1 and Niño-
PC2, which provides an additional measure for EP and CP 
ENSO. All indices are calculated for the 1976–2005 period 
with the 30-year climatologies and linear trends removed 

from the SST data. In observation, Niño3, Niño3.4, NiñoCT 
and Niño-PC1 usually depict EP ENSO better.

3  ENSO PB in CMIP5 model outputs

3.1  Simulated PB characteristics

The PB is a clear observable feature of the Niño3.4 index. 
ENSO persistence represented by the autocorrelation of the 
Niño3.4 index is shown in Fig. 1a. The autocorrelations 
decline with increasing lag months and exhibit a strong sea-
sonal dependency. Then the autocorrelation decline rate for 
given ENSO index is expressed by the centered difference 
of the autocorrelation, i.e., Gi

j
=
(

Ci
j+1

− Ci
j−1

)

∕2 . Here i is 
the initial calendar month, j is the lag month and Ci

j
 is the 

Fig. 1  a Autocorrelations as 
a function of initial calendar 
month and lag month for 
Niño3.4 index (from HadISST), 
and b decline rate of autocorre-
lations  (month−1) as a function 
of initial calendar month and 
lag month for the Niño3.4 index 
where green and blue lines 
denote target months of March 
and August, respectively, in the 
lag month domain

(a)

(b)
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autocorrelation of the ENSO index for a given start and lag 
month (see Fig. 1a). Thus, the Gi

j
 value that results from the 

centered difference of Ci
j
 reflects the autocorrelation decline 

rate for given ENSO index. The maximum decline rate of 
autocorrelation (nearly all the autocorrelation decline gradi-
ents are negative and absolute values reflect the decline 
rapidity) for the Niño3.4 index (Fig. 1b) occurs primarily in 
boreal spring and summer, viz., from March to August and 
is centered around June. In contrast, a weaker loss of persis-
tence is observed for the other target calendar months, which 
is consistent with previous studies (e.g., Yu and Kao 2007; 
Ren et al. 2016). Note that decline rate of autocorrelations 
for the Niño3.4 index could be shown as a function of initial 
calendar month and lag month as in Fig. 1b, and can also be 
transformed into Fig. 2 where it is expressed as a function 
of target calendar month and lag month. So in general, 
Figs. 1b and 2 present similar information but from different 
viewpoints. Specifically, PB intensity and timing could be 
more distinct quantitatively among varied models when they 
are related to target calendar month. As shown in Fig. 2, the 
majority of the 38 models reasonably reproduce the observed 
ENSO PB features, such as PB intensity and PB timing; 
however, some models show a weaker Niño3.4 PB intensity. 
To further quantify these characteristics, the 12-lag-month 
mean (average over the Y-axis in Fig. 2) of the decline rates 
of the Niño3.4 autocorrelation is plotted as a function of 
target calendar month (Fig. 3). The 38 models are then clas-
sified into two groups based on the following two criteria: 
(1) whether the two largest Niño3.4 autocorrelation decline 
rates in Fig. 3 are situated between the target months of 
April and July as observed, and (2) whether this maximum 
decline rate reaches a similar value (a value less than 
− 0.15 month−1) as seen in the observations (Fig. 3). The 
models that satisfy both of these conditions are then included 
in group A (marked by italics in Table 1: 18 models), and 
the remainder is placed in group B. Meanwhile, based on the 
observed ENSO PB pattern (from HADISST) in Fig. 2, the 
simulations of two groups of models are presented in a Tay-
lor diagram (Fig. 4). Indeed, there is a great contrast between 
models in group B and the two observational data sets. The 
subsequent analysis will be conducted following this group 
classification.

The Niño indices describing the different ENSO types 
(i.e., EP and CP) exhibit different PB magnitudes in observa-
tions (Ren et al. 2016). For each ENSO metric, the PB inten-
sity (PBI) index, which is dependent on the start month, is 
defined by summing up the rates of autocorrelation decline 
from March to August within the first 12 lag months, i.e., 
PBIi = −

∑Aug

k=Mar
Gi

k
,where Gi

j
=
�

Ci
j+1

− Ci
j−1

�

∕2  ( R e n 
et al. 2016). Here i is the initial calendar month, j is the lag 
month and Ci

j
 is the autocorrelation of the ENSO index for a 

given start and lag month. The mean of all PBI index values 

for 12 initial months of a given Niño index is used to char-
acterize the PB intensity of this Niño index and is termed 
mPBI. Notice the definition of PBI (as well as mPBI) in Ren 
et al. (2016) corresponds to generally positive values for 
PBI, which could help better describe the decline rapidity. 
In Fig. 5, the PBI index is given as a function of the initial 
calendar month and only four Niño indices are shown to 
represent our main points (For ENSO PB of other Niño indi-
ces, one could refer to Fig. 6 of a comprehensive collection). 
In the observations, EP ENSO has a significantly stronger 
PB than CP ENSO, with Niño3.4 having the largest PBI 
(Fig. 5). The observed Niño4 index exhibits the strongest PB 
among those CP ENSO indices, potentially because it cap-
tures some EP ENSO variability (Niño3.4 and Niño4 are not 
orthogonal). To examine the modeled PB intensity, we com-
pared the PBI for different Niño indices between models in 
terms of the two aforementioned groups and show their com-
posites in Fig. 5. Both the observations and model compos-
ites exhibit a similar PB intensity for these ENSO indices; 
the EP ENSO indices (the left row in Fig. 5) have signifi-
cantly larger PBIs than the CP ENSO indices, although this 
is less evident for the models in group B.

As mentioned earlier, the group classifications are based 
on the model representations of Niño3.4 autocorrelation 
decline; however, model simulations of all EP ENSO indices 
in group A, rather than those in group B, have a more similar 
PB to the parallel observations (Fig. 6). Meanwhile, it is 
noted that the two model groups perform equally in terms 
of PB intensity simulation of CP ENSO indices and the PBI 
indices remain somewhat stronger in group A, compared to 
the group B models (Fig. 6).

The PB timing for these ENSO indices is another focus of 
our comparison in addition to the PB intensity. For a given 
start month, the time when the most rapid autocorrelation 
decline arises represents the occurrence of ENSO PB for 
that month, and the mean of all PB occurrence time for the 
12 initial months is utilized to represent the PB timing for a 
given Niño index. In Fig. 7, the PB timing for the 38 mod-
els is presented along with relevant observations. As indi-
cated by Ren et al. (2016), the PB in observations generally 
occurs in boreal late spring-early summer for EP ENSO and 
in boreal summer for the CP ENSO. Compared to the EP 
ENSO indices, the observed PB timing is clearly delayed for 
the CP ENSO indices (the right row in Fig. 7), which can be 
generally represented by the CMIP5 models but with a large 
inter-model spread. Compared to the PB intensity in Fig. 5, 
the PB occurrence time in these models exhibits no clear 
structure, especially for the CP ENSO indices; however, the 
group mean does not significantly deviate from the observed 
features due to the inter-model offset. This conspicuous 
divergence as well as the departure from the observed ENSO 
PB timing reflects the unrealistic representation of CP ENSO 
(including the second EOF of tropical Pacific SSTA) in 
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Fig. 2  Decline rates of autocorrelations  (month−1) as a function of 
target calendar month and lag month for the Niño3.4 index among 
observations (HadISST and ERSST) and the CMIP5 models. Green 

and blue lines demonstrate the decline rates of autocorrelation target-
ing March and August with all the lag months, respectively. Model 
names are defined in Table 1
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current models (see Fig. 6 for other Niño indices). For both 
the observations and the ensemble mean of group A, the EP 
ENSO indices generally show a PB occurring in May–June, 
while the PB timing for the CP ENSO indices occurs about 
one or 2 months later in June–July. This characteristic is less 
clear for the ensemble mean of the group B models, which 
tends to be generally around May–June (Fig. 6). At present, 
most of the models still have problems simulating CP ENSO 

realistically, especially its center location and SST anomaly 
amplitude (Ham and Kug 2012; Kim and Yu 2012). What 
we find here further suggests that the simulated PB of EP 
ENSO rather than CP ENSO could potentially be utilized to 
distinguish the performance between different models. In 
this regard, an unrealistic representation of CP ENSO may 
limit the prediction of CP ENSO as well and thus it may 
be not suitable to explore whether EP or CP ENSO is more 
predictable within current models, which will be further dis-
cussed in Sect. 5.

3.2  ENSO PBI and its causes

In this section, several aspects of the model background state 
that may relate to the ENSO PB intensity bias are investi-
gated. It is evident that both in observations and model simu-
lations, the PBs of the EP ENSO indices are much more pro-
nounced compared to those of the CP ENSO indices (e.g., 
Fig. 6). Given the weaker strength of CP ENSO compared to 
EP ENSO (Ashok et al. 2007; Kao and Yu 2009; Kug et al. 
2009), the obvious question here is whether the PB inten-
sity of a given ENSO index is positively correlated to the 
amplitude of that index. Here, the standard deviation (STD) 
is utilized to characterize the amplitude of a certain ENSO 
index. Here, we focus on the PB intensity of Niño3.4 index 
only, which is the most commonly used index for monitoring 
and predicting ENSO.

Fig. 3  The average autocorrelation decline rates  (month−1) for all 12 
lag months as a function of target calendar month for the Niño3.4 
index among HADISST (orange bars), ERSST (yellow bars), and 
CMIP5 model output (dashed lines). The two CMIP5 group means 
(please see Sect. 3.1 for model classification) highlight the ENSO PB 
as seen in Fig. 2

Fig. 4  Taylor diagram compar-
ing the two groups of CMIP5 
model simulations (blue and 
red dots) and ERSST with the 
observed ENSO PB pattern 
(from HADISST) in Fig. 2. 
Group A consists of 18 models 
and group B of 20 models. The 
model numbers are the same 
as in Table 1. Note that three 
models in group B are not seen 
in the diagram as they exhibit 
negative correlations with the 
observations
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We calculate 40 STDs for each grid point using the 
Pacific SSTA observations and 38 model simulations (a 
sequence with a sample size of 40) with the 30-year clima-
tologies and linear trends removed (see Fig. 8 for an illustra-
tion). These 40 STD fields are then used to obtain correla-
tions with Niño3.4 PBI with those 40 samples. Hereinafter, 
Niño3.4 PBI is expressed by mPBI of the same index. As 
shown in Figs. 8 and 9, some positive correlations can be 
seen in the tropical central–eastern Pacific, but these are only 
statistically significant at the 95% confidence level between 
SSTA STD and PBI of Niño3.4 in boreal winter (Fig. 9b). 
We also find that the correlation between amplitude and PBI 
of the ENSO Niño3.4 is generally only moderate (Fig. 9c, 
d). Therefore, the amplitude of a certain Niño SST index is 
only a modest indicator of the PBI of the same index but 
may not be the key factor.

Previous studies have emphasized the importance of 
the annual cycle in the tropical Pacific for explaining the 
ENSO persistence/predictability barrier, and both observa-
tional and theoretical evidence have been given to support 
this hypothesis (e.g., Torrence and Webster 1998; Mu et al. 
2007; Levine and McPhaden 2015; Larson and Kirtman 
2016). For instance, Webster (1995) explained that the PB 
occurs during boreal spring when the signal-to-noise ratio in 
the air–sea coupled system is lowest and the near-equatorial 
circulation is most easily perturbed by external influences. 
Therefore, we hypothesize that the seasonality of SSTA 

amplitude in the tropical Pacific rather than the SSTA ampli-
tude may play a more important role in influencing ENSO 
PB intensity. Here, we first explore the relationship between 
ENSO PB intensity and the seasonality of the SSTA ampli-
tude. The seasonality of the Pacific SSTA STD is defined 
as follows: SISTD = Max

(

STD12−month

)

−Min
(

STD12−month

)

 , 
where STD12−month represents the monthly standard devia-
tion of SSTA evolution, comprising the 12 values of the 12 
calendar months at each grid point for both the observations 
and models. In this sample of 40, the correlation patterns 
between SISTD of Pacific SSTA and PBI of Niño3.4 is shown 
in Fig. 10a. As hypothesized, the ENSO PBI appears to be 
closely related to the seasonality of SSTA amplitude in the 
tropical central Pacific which is the common area for the 
ENSO indices shown in Fig. 10b, c. That is, the stronger 
seasonality of SSTA amplitude corresponds to an enhanced 
Niño3.4 PB intensity (Fig. 10d).

Furthermore, it was also suggested that the strength of 
the PB seems to depend on the degree of ENSO seasonal 
synchronization (Torrence and Webster 1998), and the lat-
ter one may play a key role in the spring predictability 
barrier of ENSO (Levine and McPhaden 2015). Thus, we 
further explore whether the PB intensity is associated with 
the ENSO seasonal synchronization. The ratio between 
winter (November–January) and spring (March–May) 
average Niño-3 SST anomalies standard deviations is 
adopted (Bellenger et al. 2014), which is a measure of the 

Fig. 5  PBI indices of varied 
ENSO Niño indices as a func-
tion of initial calendar month 
 (month−1), where mPBI denotes 
the annual mean PBI index 
of 12 initial calendar months. 
Observed mPBI in each panel 
is obtained from HadISST. 
Orange and yellow bars indicate 
HadISST and ERSST results, 
respectively, and red and blue 
dashed lines indicate models 
from group A and B, respec-
tively. Solid lines indicate each 
group’s ensemble mean
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Fig. 6  Scatterplots of ENSO 
PBI and PB timing for HadISST 
(black solid circle), ERSST 
(gray solid circle), mean of 
CMIP5 model group A (red 
solid circle), and mean of 
CMIP5 model group B (blue 
solid circle). For a given model 
(red and blue squares indicate 
models from group A and B 
respectively), PBI is expressed 
by mPBI of each Niño index. 
For a given month, the time 
when the most rapid autocorre-
lation decline arises represents 
the occurrence of ENSO PB 
for that start month, and PB 
timing is the average of PB 
occurrence time for 12 initial 
calendar months. Green line in 
each panel indicates the month 
of May as the PB timing, and 
correlations between ENSO PB 
timing and PBI are shown on 
top right of each panel
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ENSO seasonal synchronization character. Unlike the ter-
minology “phase-locking” used in Bellenger et al. (2014), 
seasonal synchronization is adopted as it mainly presents 
the distribution of variance with respect to the annual 
cycle and better reflects amplitude modulation. This ratio 
can also be calculated for each grid point individually for 
the tropical Pacific, referred to as SST seasonal synchro-
nization strength. Statistically significant positive corre-
lations between the PBI and strength of the SST seasonal 
synchronization can be seen in the tropical eastern Pacific 
(Fig. 11a). Similarly, in Fig. 11d, the correlation coeffi-
cient between the ENSO seasonal synchronization strength 
and Niño3.4 PBI is relatively high with a correlation of 
0.65, denoting significance at the 99% confidence level. 
These results confirm a close connection between the SST 
seasonal synchronization and PB intensity of ENSO, as 
suggested by Torrence and Webster (1998), and provide a 
reference for understanding model simulations of ENSO 
persistence. We also find that SST seasonal synchroniza-
tion is strongest in the eastern Pacific in observations (not 
shown). This feature can be generally captured by models 
from group A, however not by the models of group B. 
Considering the high relevance of the Niño PBI to sea-
sonal synchronization in this area, it may explain why 
the ENSO PB is stronger in the group A compared to the 
group B models for a given ENSO index (Figs. 5 and 6).

Fig. 7  PB occurrence time for 
various ENSO indices as a func-
tion of the 12 initial calendar 
months. PB timing is the mean 
of all PB occurrence time for 
the 12 initial months and the 
value (e.g., 1 equals Jan., 2 
equals Feb. and so forth) on the 
top right corner of each panel 
is obtained from HadISST. 
Orange and yellow bars indicate 
HadISST and ERSST results, 
respectively. Red and blue 
dashed lines indicate models 
from group A and B, respec-
tively, with a solid line showing 
each group’s ensemble mean

Fig. 8  Schematic diagram of PBIs of Niño3.4  (month−1), SSTA 
standard deviations (K) of a grid (0°, 160°W), seasonality of SSTA 
standard deviations (K) of a grid (0°, 160°W), and SST seasonal syn-
chronization strength (dimensionless) of a grid (0°, 120°W) for 40 
samples (numbers 1–38 indicate results from the 38 CMIP5 models 
and numbers 39–40 the two observational data sets, constituting 40 
elements in each sequence). The order of models (i.e., from 1 to 38 
in each sequence) is the same as in Table 1. Various sequences with 
a sample size of 40 (like sequences shown here) will be adopted in 
subsequent correlation analysis
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4  Discussion

Thus far, we have assessed the representations of the ENSO 
PB intensity for multiple Niño indices in CMIP5 model 
simulations and emphasized the close relationship between 
it and the tropical Pacific annual cycle (e.g., seasonal syn-
chronization of ENSO). The region that exhibits the strong-
est relationship between SST seasonal synchronization and 
PB intensity is located in the eastern Pacific, where SST 
seasonal synchronization is most pronounced. Accord-
ing to CMIP3 model results, the zonal SST gradient and 
related zonal wind contribute to the seasonal synchroniza-
tion of ENSO (Ham et al. 2012). The surface wind stress, 
which exhibits a strongly seasonally modulated response to 
Niño3.4 SSTA mainly over the equatorial central Pacific, 
is an important factor in the seasonal synchronization 
of ENSO (Ham et al. 2012; Harrison and Vecchi 1999; 
Stuecker et al. 2013). This implies that the close relation-
ship between ENSO PBI and SSTA that is shown in Fig. 10 
may also be seen in atmospheric variables. Thus, we explore 
the relationship between ENSO PB intensity and the zonal 
wind stress magnitude seasonality, for which the latter is 
defined in the same way as the seasonality of SSTA STD. 
As expected, the region that exhibits the closest relation-
ship is quite similar to the SSTA-related patterns in Fig. 10 

with a slightly southward shift towards the location where 
the strongest air–sea coupling occurs (Ham et al. 2012; 
Lloyd et al. 2009). Indeed, a weaker relationship is evident 
between Niño3.4 PBI and the seasonality of surface zonal 
stress strength among models, with a correlation coefficient 
of 0.4 that is statistically significant at the 95% confidence 
level (figure not shown). Thus, the coupling between the 
mean surface zonal wind and local SST enables the close 
relationship between ENSO PB intensity and SST season-
ality in the tropical central Pacific (Fig. 10), and may even 
change the way that ENSO seasonal synchronization affects 
ENSO PB intensity.

One may realize that the two ENSO types are thought to 
involve different processes but the PB intensity of the two 
ENSO types is found to closely relate to similar causes. Thus, 
it is difficult to explain why EP ENSO exhibit a larger PB 
intensity compared to CP ENSO in this study. The PB of the 
CP ENSO indices may be more susceptible to the extratropical 
seasonally varying forcing (e.g., Yu et al. 2010). This stochas-
tic forcing originates from the north Pacific and then influ-
ences the tropical central Pacific with a maximum effect in 
boreal winter according to the Seasonal Footprinting mecha-
nism (Chang et al. 2007; Chiang and Vimont 2004; Vimont 
et al. 2003). Considering that the tropical central Pacific is the 
common area where the PB intensity of various Niño indices 

Fig. 9  Correlation patterns 
between the standard deviation 
(STD) of SST anomalies and 
the Niño3.4 index PBI for 40 
samples (two observational data 
sets and 38 climate models) 
for the a long term mean and 
b ENSO mature phase (Nov–
Dec–Jan) mean. Green stippling 
denotes statistical significance 
at the 95% confidence level. 
Scatterplots of Niño3.4 PBI and 
the STD (their correlations are 
shown on the top right corner 
of each panel) of the c long 
term mean, and d Nov–Dec–Jan 
mean for the same data (black/
gray solid circles indicate 
HadISST/ERSST, and red/blue 
squares indicates models from 
group A/B)

(a) (b)

(c) (d)
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is related to the seasonality of SSTA amplitude, the role of 
this extratropical process may not result in the PB difference 
between the two ENSO types directly. As discussed in pre-
vious studies (e.g., McPhaden 2012; Yu and Kao 2007), the 
subsurface ocean temperature over the equatorial Pacific rep-
resents a major source for the following SST development in 
tropical eastern Pacific (EP ENSO events) but with much less 
effectiveness of thermocline feedbacks in governing the evo-
lution of CP ENSO SST. The equatorial Pacific heat content 
(also known as warm water volume) anomalies, which exhibit 
a boreal winter PB that is not further addressed in this study, 
usually lead the eastern equatorial Pacific SST anomalies by 
several months (McPhaden 2012; Yu and Kao 2007). Thus, it 
is reasonable to hypothesize that differing thermocline feed-
back strength between EP and CP ENSO events might result 
in a contrast between the PBs of two types of ENSO.

5  Conclusions

Here, we investigated the PB phenomenon for a variety of 
ENSO indices by comparing historical simulations from 38 
CMIP5 models with the observations. Utilizing a metric of 

ENSO PBI proposed by Ren et al. (2016), we found that 
most of the models reasonably reproduced the observed 
ENSO PB characteristics. Moreover, approximately half of 
the models also realistically simulated a distinct PBI between 
CP and EP ENSO indices. The observed PB timing for the 
ENSO indices can be represented to a lesser degree by the 
CMIP5 models with a large inter-model spread. Therefore, 
some indications for distinguishing the two different ENSO 
types are found in the PB characteristics as simulated by 
current CMIP5 models.

The relationships between ENSO PBI and several poten-
tial physical causes were investigated next. We found a weak 
relationship between ENSO amplitude and the PBI for vari-
ous ENSO indices. Instead, the intensity of the PB for dif-
ferent ENSO indices is closely related to the seasonality of 
the climatological SST amplitude. Furthermore, the intensity 
of seasonal synchronization of Niño3 SST anomalies to the 
annual cycle is associated with the ENSO PB intensity. Spe-
cifically, the seasonality of the zonal wind stress strength, 
which constitutes one important part of the tropical coupled 
system, is thought to influence both the seasonal synchroni-
zation of ENSO and the seasonal variation of tropical SSTs. 
This result provides further evidence that the seasonality 

(a) (b) (c)

(d) (e) (f)

Fig. 10  Correlation patterns between seasonality of SST anomaly 
standard deviation and the PBI of a Niño3.4, b Niño3, and c Niño4 
index for 40 samples (two observational data sets and 38 climate 
models). Green stippling denotes statistical significance at the 95% 
confidence level. Scatterplots of ENSO PBI for d Niño3.4, e Niño3, 

and f Niño4 and the regional mean (5°S–5°N, 180°–145°W) season-
ality of SSTA STD (their correlations are shown on the top right cor-
ner of each panel) for the same data (black/gray solid circles indicate 
HadISST/ERSST, and red/blue squares indicate models from group 
A/B)
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of the tropical Pacific background state is a crucial factor 
in controlling the ENSO PB. Hence, a better reproduction 
of ENSO seasonal synchronization might in turn result in 
a more realistic representation of the ENSO PB in models. 
Here, only the physical mechanisms related to the ENSO PB 
intensity were explored, and potential factors controlling the 
ENSO PB timing difference across models are beyond the 
scope of this study and may be the subject of future work.

Around half of the CMIP5 models are able to capture the 
observed discrepancy in PB intensity between the two ENSO 
types by reproducing a larger PB intensity for EP ENSO than 
CP ENSO. This suggests that CP ENSO may possess a higher 
upper limit of predictability in comparison to EP ENSO and 
could be more predictable by simply setting up autoregression 
statistical models of the indices. However, it proves difficult 
to compare the predictability of the two different ENSO types 
within dynamical prediction models. On one hand, the results 
here are based on the latest 30 years of CMIP5 historical simu-
lations as well as parallel observations, thus the potential influ-
ence of decadal variability (and associated shift in ENSO pre-
dictability) on the PB characteristics of the two ENSO types 
are not considered (McPhaden 2012; Zhu et al. 2015). On the 
other hand, simulating and predicting CP ENSO, in contrast to 

EP ENSO, remains a large challenge. Considerable model drift 
seems to limit the ability to simulate/predict CP ENSO and 
the differences between the two types of ENSO (Duan et al. 
2014; Hendon et al. 2009; Tian and Duan 2016a). Therefore, 
an improved understanding of the mechanisms responsible for 
the two different ENSO types and reduction of model mean 
state and seasonal cycle biases might open the gates for a more 
conclusive study of the processes that are responsible for the 
different PB characteristics, and lead to a more appropriate 
analysis of predictability of two types of ENSO.

Acknowledgements This work was jointly supported by the National 
Key Research and Development Program on monitoring, Early Warn-
ing and Prevention of Major Natural Disaster (2018YFC1506000), the 
China National Science Foundation project (41606019 and 41706016), 
the China Scholarship Council (CSC) State Scholarship Fund, and the 
Institute for Basic Science (Project code IBS-R028-D1).

References

Ashok K, Behera SK, Rao SA, Weng H, Yamagata T (2007) El Niño 
Modoki and its possible teleconnection. J Geophys Res. https ://
doi.org/10.1029/2006J C0037 98

(a) (b) (c)

(d) (e) (f)

Fig. 11  Correlation patterns between the strength of SST seasonal 
synchronization (see text for details) and the PBI of a Niño3.4, b 
Niño3 and c Niño4 index for 40 samples (two observational data 
sets and 38 climate models). Green stippling denotes statistical sig-
nificance at the 95% confidence level. Scatterplots of ENSO PBI of 

d Niño3.4, e Niño3, f Niño4 and the strength of ENSO seasonal syn-
chronization (note that their correlations are shown on the top right 
corner of each panel) for 40 samples (black/gray solid circle indicates 
HadISST/ERSST, and red/blue squares indicate models from group 
A/B)

https://doi.org/10.1029/2006JC003798
https://doi.org/10.1029/2006JC003798


2159Diagnosing the representation and causes of the ENSO persistence barrier in CMIP5 simulations  

1 3

Barnett TP et al (1994) Forecasting global ENSO-related climate 
anomalies. Tellus A 46:381–397

Barnston AG, Tippett MK, L’Heureux ML, Li S, DeWitt DG (2012) 
Skill of real-time seasonal ENSO model predictions during 2002–
11: is our capability increasing? B Am Meteorol Soc 93:631–651. 
https ://doi.org/10.1175/bams-d-11-00111 .1

Bellenger H, Guilyardi E, Leloup J, Lengaigne M, Vialard J (2014) 
ENSO representation in climate models: from CMIP3 to 
CMIP5. Clim Dyn 42:1999–2018. https ://doi.org/10.1007/s0038 
2-013-1783-z

Chang P et al (2007) Pacific meridional mode and El Niño–South-
ern Oscillation. Geophys Res Lett 34:130–144. https ://doi.
org/10.1029/2007g l0303 02

Chen D, Zebiak SE, Busalacchi AJ, Cane MA (1995) An improved 
procedure for El Nino forecasting: implications for predictability. 
Science 269:1699–1702

Chen D et al (2015) Strong influence of westerly wind bursts on El 
Niño diversity. Nat Geosci 8:339–345. https ://doi.org/10.1038/
ngeo2 399

Chiang JCH, Vimont DJ (2004) Analogous Pacific and Atlantic meridi-
onal modes of tropical atmosphere–ocean variability. J Clim 
17:4143–4158

Duan W, Liu X, Zhu K, Mu M (2009) Exploring the initial errors 
that cause a significant “spring predictability barrier” for El Niño 
events. J Geophys Res 114:C04022. https ://doi.org/10.1029/2008j 
c0049 25

Duan W, Tian B, Xu H (2014) Simulations of two types of El Niño 
events by an optimal forcing vector approach. Clim Dyn 43:1677–
1692. https ://doi.org/10.1007/s0038 2-013-1993-4

Ham Y-G, Kug J-S (2012) How well do current climate models simu-
late two types of El Nino? Clim Dyn 39:383–398. https ://doi.
org/10.1007/s0038 2-011-1157-3

Ham Y-G, Kug J-S, Kim D, Kim Y-H, Kim D-H (2012) What controls 
phase-locking of ENSO to boreal winter in coupled GCMs? Clim 
Dyn 40:1551–1568. https ://doi.org/10.1007/s0038 2-012-1420-2

Harrison DE, Vecchi GA (1999) On the termination of El Niño. Geo-
phys Res Lett 26:1593–1596. https ://doi.org/10.1029/1999g l9003 
16

Hendon HH, Lim E, Wang G, Alves O, Hudson D (2009) Prospects for 
predicting two flavors of El Niño. Geophys Res Lett. https ://doi.
org/10.1029/2009g l0401 00

Hu Z-Z, Kumar A, Jha B, Wang W, Huang B, Huang B (2011) An 
analysis of warm pool and cold tongue El Niños: air–sea cou-
pling processes, global influences, and recent trends. Clim Dyn 
38:2017–2035. https ://doi.org/10.1007/s0038 2-011-1224-9

Jin EK et al (2008) Current status of ENSO prediction skill in coupled 
ocean–atmosphere models. Clim Dyn 31:647–664. https ://doi.
org/10.1007/s0038 2-008-0397-3

Kalnay E et al (1996) The NCEP/NCAR 40-year reanalysis project B. 
Am Meteorol Soc 77:437–471

Kanamitsu M, Ebisuzaki W, Woollen J, Yang S, Hnilo JJ, Fiorino M, 
Potter GL (2002) NCEP-DOE AMIP-II Reanalysis (R-2) B. Am 
Meteorol Soc 83:1631–1643. https ://doi.org/10.1175/bams-83-11

Kao H-Y, Yu J-Y (2009) Contrasting Eastern-Pacific and Central-
Pacific types of ENSO. J Clim 22(3):615–632. https ://doi.
org/10.1175/2008J CLI23 09.1

Kim ST, Yu J-Y (2012) The two types of ENSO in CMIP5 models. 
Geophys Res Lett 39:221–228. https ://doi.org/10.1029/2012g 
l0520 06

Kug J-S, Jin F-F, An SI (2009) Two types of El Niño events: cold 
tongue El Niño and warm pool El Niño. J Clim 22(6):1499–1515. 
https ://doi.org/10.1175/2008J CLI26 24.1

Larson SM, Kirtman BP (2016) Drivers of coupled model ENSO 
error dynamics and the spring predictability barrier. Clim Dyn 
48:3631–3644. https ://doi.org/10.1007/s0038 2-016-3290-5

Latif M et al (1994) A review of ENSO prediction studies. Clim Dyn 
9:167–179

Levine AFZ, McPhaden MJ (2015) The annual cycle in ENSO growth 
rate as a cause of the spring predictability barrier. Geophys Res 
Lett 42:5034–5041. https ://doi.org/10.1002/2015g l0643 09

Lloyd J, Guilyardi E, Weller H, Slingo J (2009) The role of atmosphere 
feedbacks during ENSO in the CMIP3 models. Atmos Sci Lett 
10:170–176. https ://doi.org/10.1002/asl.227

Lopez H, Kirtman BP (2015) WWBs, ENSO predictability, the spring 
barrier and extreme events. J Geophys Res Atmos 119:10114–
10138. https ://doi.org/10.1002/2014j d0219 08

McPhaden MJ (2012) A 21st century shift in the relationship between 
ENSO SST and warm water volume anomalies. Geophys Res Lett. 
https ://doi.org/10.1029/2012g l0518 26

Mu M, Xu H, Duan W (2007) A kind of initial errors related to “spring 
predictability barrier” for El Niño events in Zebiak-Cane model. 
Geophys Res Lett 34:L03709. https ://doi.org/10.1029/2006g l0274 
12

Rasmusson EM, Carpenter TH (1982) Variations in tropical sea surface 
temperature and surface wind fields associated with the Southern 
Oscillation/El Nino. Mon Weather Rev 110:354–384

Rayner NA (2003) Global analyses of sea surface temperature, sea ice, 
and night marine air temperature since the late nineteenth century. 
J Geophys Res 108:1063–1082. https ://doi.org/10.1029/2002j 
d0026 70

Ren HL, Jin FF (2011) Nino indices for two types of ENSO. Geophys 
Res Lett 38:L04704. https ://doi.org/10.1029/2010g l0460 31

Ren HL, Liu Y, Jin FF, Yan YP, Liu XW (2014) Application of the 
analogue-based correction of errors method in ENSO predic-
tion. Atmos Ocean Sci Lett 7:157–161. https ://doi.org/10.3878/j.
issn.1674-2834.13.0080

Ren H-L, Jin F-F, Tian B, Scaife AA (2016) Distinct persistence bar-
riers in two types of ENSO. Geophys Res Lett 43:10973–10979. 
https ://doi.org/10.1002/2016g l0710 15

Smith TM, Reynolds RW, Peterson TC, Lawrimore J (2008) Improve-
ments to NOAA’s historical merged land–ocean surface tempera-
ture analysis (1880–2006). J Clim 21:2283–2296. https ://doi.
org/10.1175/2007j cli21 00.1

Stuecker MF, Timmermann A, Jin FF, McGregor S, Ren HL (2013) 
A combination mode of the annual cycle and the El Nino/South-
ern Oscillation. Nat Geosci 6:540–544. https ://doi.org/10.1038/
NGEO1 826

Taylor KE, Stouffer RJ, Meehl GA (2012) An overview of CMIP5 and 
the experiment design. B Am Meteorol Soc 93:485–498. https ://
doi.org/10.1175/bams-d-11-00094 .1

Tian B, Duan W (2016a) Comparison of constant and time-variant 
optimal forcing approaches in El Niño simulations by using the 
Zebiak-Cane model. Adv Atmos Sci 33:685–694. https ://doi.
org/10.1007/s0037 6-015-5174-8

Tian B, Duan W (2016b) Comparison of the initial errors most likely 
to cause a spring predictability barrier for two types of El Niño 
events. Clim Dyn 47:779–792. https ://doi.org/10.1007/s0038 
2-015-2870-0

Timmermann A et al (2018) El Nino-Southern Oscillation complexity. 
Nature 559:535–545. https ://doi.org/10.1038/s4158 6-018-0252-6

Torrence C, Webster PJ (1998) The annual cycle of persistence in the 
El Nino/Southern Oscillation. Q J R Meteorol Soc 124:1985–2004

Vimont DJ, Wallace JM, Battisti DS (2003) The seasonal footprint-
ing mechanism in the Pacific: implications for ENSO. J Clim 
16:2668–2675

Webster PJ (1995) The annual cycle and the predictability of the tropi-
cal coupled ocean-atmosphere system. Meteorol Atmos Phys 
56:33–55

Webster PJ, Yang S (1992) Monsoon and ENSO: selectively interactive 
systems. Q J R Meteorol Soc 118:877–926

https://doi.org/10.1175/bams-d-11-00111.1
https://doi.org/10.1007/s00382-013-1783-z
https://doi.org/10.1007/s00382-013-1783-z
https://doi.org/10.1029/2007gl030302
https://doi.org/10.1029/2007gl030302
https://doi.org/10.1038/ngeo2399
https://doi.org/10.1038/ngeo2399
https://doi.org/10.1029/2008jc004925
https://doi.org/10.1029/2008jc004925
https://doi.org/10.1007/s00382-013-1993-4
https://doi.org/10.1007/s00382-011-1157-3
https://doi.org/10.1007/s00382-011-1157-3
https://doi.org/10.1007/s00382-012-1420-2
https://doi.org/10.1029/1999gl900316
https://doi.org/10.1029/1999gl900316
https://doi.org/10.1029/2009gl040100
https://doi.org/10.1029/2009gl040100
https://doi.org/10.1007/s00382-011-1224-9
https://doi.org/10.1007/s00382-008-0397-3
https://doi.org/10.1007/s00382-008-0397-3
https://doi.org/10.1175/bams-83-11
https://doi.org/10.1175/2008JCLI2309.1
https://doi.org/10.1175/2008JCLI2309.1
https://doi.org/10.1029/2012gl052006
https://doi.org/10.1029/2012gl052006
https://doi.org/10.1175/2008JCLI2624.1
https://doi.org/10.1007/s00382-016-3290-5
https://doi.org/10.1002/2015gl064309
https://doi.org/10.1002/asl.227
https://doi.org/10.1002/2014jd021908
https://doi.org/10.1029/2012gl051826
https://doi.org/10.1029/2006gl027412
https://doi.org/10.1029/2006gl027412
https://doi.org/10.1029/2002jd002670
https://doi.org/10.1029/2002jd002670
https://doi.org/10.1029/2010gl046031
https://doi.org/10.3878/j.issn.1674-2834.13.0080
https://doi.org/10.3878/j.issn.1674-2834.13.0080
https://doi.org/10.1002/2016gl071015
https://doi.org/10.1175/2007jcli2100.1
https://doi.org/10.1175/2007jcli2100.1
https://doi.org/10.1038/NGEO1826
https://doi.org/10.1038/NGEO1826
https://doi.org/10.1175/bams-d-11-00094.1
https://doi.org/10.1175/bams-d-11-00094.1
https://doi.org/10.1007/s00376-015-5174-8
https://doi.org/10.1007/s00376-015-5174-8
https://doi.org/10.1007/s00382-015-2870-0
https://doi.org/10.1007/s00382-015-2870-0
https://doi.org/10.1038/s41586-018-0252-6


2160 B. Tian et al.

1 3

Yu J-Y, Kao H-Y (2007) Decadal changes of ENSO persistence barrier 
in SST and ocean heat content indices: 1958–2001. J Geophys 
Res Atmos 112:125–138. https ://doi.org/10.1029/2006j d0076 54

Yu J-Y, Kao H-Y, Lee T (2010) Subtropics-related interannual sea 
surface temperature variability in the central equatorial pacific. J 
Clim 23:2869–2884. https ://doi.org/10.1175/2010j cli31 71.1

Zebiak SE, Cane MA (1987) A model El Nino-Southern oscillation. 
Mon Weather Rev 115:2262–2278

Zheng F, Zhu J (2010) Spring predictability barrier of ENSO events 
from the perspective of an ensemble prediction system. Glob 
Planet Change 72:108–117. https ://doi.org/10.1016/j.glopl 
acha.2010.01.021

Zhu J, Huang B, Marx L, Kinter JL, Balmaseda MA, Zhang R-H, 
Hu Z-Z (2012) Ensemble ENSO hindcasts initialized from 

multiple ocean analyses. Geophys Res Lett 39:L09602. https ://
doi.org/10.1029/2012g l0515 03

Zhu JS, Kumar A, Huang BH (2015) The relationship between thermo-
cline depth and SST anomalies in the eastern equatorial Pacific: 
seasonality and decadal variations. Geophys Res Lett 42:4507–
4515. https ://doi.org/10.1002/2015G L0642 20

Publisher’s Note Springer Nature remains neutral with regard to 
jurisdictional claims in published maps and institutional affiliations.

https://doi.org/10.1029/2006jd007654
https://doi.org/10.1175/2010jcli3171.1
https://doi.org/10.1016/j.gloplacha.2010.01.021
https://doi.org/10.1016/j.gloplacha.2010.01.021
https://doi.org/10.1029/2012gl051503
https://doi.org/10.1029/2012gl051503
https://doi.org/10.1002/2015GL064220


Urbanization Effect in Regional Temperature Series Based
on a Remote Sensing Classification Scheme of Stations
Suonam Kealdrup Tysa1, Guoyu Ren1,2 , Yun Qin1 , Panfeng Zhang1 , Yuyu Ren2,
Wenqian Jia1, and Kangmin Wen1

1Department of Atmospheric Science, School of Environmental Studies, China University of Geosciences, Wuhan, China,
2Laboratory for Climate Studies, National Climate Center, China Meteorological Administration, Beijing, China

Abstract Quantifying the urbanization effect on station and regional surface air temperature (SAT)
trends is a prerequisite for monitoring and detecting long‐term climate change. Based on the data set of
satellite visible spectral remote sensing, a new method is developed to determine the urbanization level
around observational sites on varied spatial scales and to classify the sites into different categories of stations
(U1, U2, …, U6) with U1 the least and U6 the largest affected by urbanization. Urbanization effect on SAT
anomaly series of urban and national stations are then evaluated for the periods of 1980–2015 and
1960–2015. Results show that the percentage of built‐up area in different circumferences of the observational
sites can be considered as a good indicator of comprehensive urbanization level of station and can be used to
classify stations and to determine reference stations; the largest increase in annual mean SAT (Tmean)
during 1980–2015 occurred at U6 stations, and U1 stations registered the weakest annual mean warming.
The urbanization level is significantly positively correlated to the linear trends of annual mean Tmean and
minimum SAT (Tmin) and significantly negatively correlated to the diurnal temperature range (DTR)
change. The data sets of the national reference climate station network and basic meteorological station
network show large urbanization effect and contribution, with the annual mean urbanization
contributions reaching 28.7% and 25.8% for the periods 1960–2015 and 1980–2015, respectively. For all the
national stations (2,286 in total), the urbanization contributions are 17.1% and 14.6% for the two same
periods, respectively.

1. Introduction

Urbanization can alter local environments via a series of physical processes, resulting in local environmental
stresses (Cardelino & Chameides, 1990; Intergovernmental Panel on Climate Change, 2013) and, at the same
time, affecting the trends of surface climate observations of urban stations (Rai et al., 2012; Ren et al., 2007,
2015). In mainland China, for example, the climate warmed significantly over the past half century
(Committee of Chinese National Assessment, 2016), but the increasing temperature trends have been
overestimated due to the effect of urbanization, which is probably one of the most important systematic
biases in surface air temperature (SAT) series of urban stations with different urbanization levels.

In the previous studies, long‐term trends of SAT in local and regional scales have been found to be associated
with the urbanization level in a large extent in mainland China (He et al., 2007; Hua et al., 2008; Li et al.,
2018; Ren et al., 2005, 2008; Yang et al., 2013; Zhang et al., 2010; Zhou et al., 2004). It is necessary to evaluate
the bias of urbanization effect to the data sets, because the data had been extensively used by researchers in
their analyses of regional (Ren et al., 2005, 2012) and global (Hansen et al., 2010; Jones et al., 2008;
Lawrimore et al., 2011) climate change. Sun et al. (2016) reported that the linear trend in the observed annual
mean temperature of all the national stations in mainland China is 1.44 °C over the period 1961–2013, of
which 0.49 °C (0.12–0.86 °C) or about one third can be attributed to urbanization. Ren et al. (2015) showed
that the contribution of the urbanization effect to the SAT warming is at least 24.9% for the national stations
of mainland China during the period 1961–2004, approximately consistent with that reported by Zhang
et al. (2010).

Most of the related researches have estimated the urban warming in a large‐scale temperature series based
on the comparison of urban and rural/reference (Hinkel & Nelson, 2007; Mete et al., 1997; Ren & Ren,
2011; Wen et al., 2019), which is a widely used method and generally regarded as the most robust way to
examine the urban biases (Brohan et al., 2006; Hartmann et al., 2013). Different urbanization indicators

©2019. American Geophysical Union.
All Rights Reserved.

RESEARCH ARTICLE
10.1029/2019JD030948

Key Points:
• A new method to determine

urbanization level around stations is
presented, which shows the
applicability to classify stations for
assessing urbanization effect

• Also provided is the further evidence
that the urbanization has
significantly contributed to the
observed warming trendsover the
last decades in mainland China

• Urbanization effect shows notable
difference for different data sets of
national stations and for different
timeperiods of 1960–2015 and
1980–2015

Supporting Information:
• Supporting Information S1

Correspondence to:
G. Ren,
guoyoo@cma.gov.cn

Citation:
Tysa, S. K., Ren, G., Qin, Y., Zhang, P.,
Ren, Y., Jia, W., & Wen, K. (2019).
Urbanization effect in regional
temperature series based on a remote
sensing classification scheme of
stations. Journal of Geophysical
Research:Atmospheres,124,

https://doi.org/10.1029/2019JD030948

Received 4 MAY 2019
Accepted 30 AUG 2019
Accepted article online 11 OCT 2019

TYSA ET AL. 10,646

Published online 21 OCT 2019

10,646–10,661.

https://orcid.org/0000-0002-9351-4179
https://orcid.org/0000-0002-7291-0981
https://orcid.org/0000-0001-6084-9231
http://dx.doi.org/10.1029/2019JD030948
http://dx.doi.org/10.1029/2019JD030948
http://dx.doi.org/10.1029/2019JD030948
http://dx.doi.org/10.1029/2019JD030948
http://dx.doi.org/10.1029/2019JD030948
mailto:guoyoo@cma.gov.cn
https://doi.org/10.1029/2019JD030948
http://publications.agu.org/journals/
http://crossmark.crossref.org/dialog/?doi=10.1029%2F2019JD030948&domain=pdf&date_stamp=2019-10-21


have been adopted to classify stations with different urbanization levels and to select representative reference
stations as benchmark. The most frequently applied indicators include population (total population, urban
resident population, and population density) in the urban areas where the stations are located (Chu &
Ren, 2005; Jones et al., 1990; Portman, 1993; Zhou & Ren, 2005), remote sensing nighttime light level
(Hansen et al., 1999; Owen et al., 1998; Peterson et al., 1999), satellite remote sensing surface temperature
(Gallo et al., 1993; Ren & Ren, 2011), and satellite remote sensing visible spectral data (Gallo et al., 1999;
Gallo et al., 2002; Hansen et al., 2001; Kalnay & Cai, 2003; Yang et al., 2013). The difference in the methods
and data set used by the various researchers is one of the main causes of the different estimates obtained for
urbanization effects and contributions.

Land use/land cover (LULC) derived from the satellite remote sensing visible spectral data could be used to
reflect the urbanization process around the observational stations intuitively. The LULC data have higher
spatial resolution and wide coverage and thus have a good potential to be applied in classifying stations
and selecting reference stations. Previous researches have separated different categories of stations based
on urban land use around the observational sites to evaluate SAT trends due to urbanization in mainland
China (He et al., 2013; Wang & Ge, 2012; X. Yang et al., 2011; Yang, Shi, et al., 2011; Yang, Wu, et al., 2013).

X. Yang et al. (2011), Yang, Shi, et al. (2011) used satellite remote sensing visible spectral data to evaluate the
observational environment of six meteorological stations in Anhui Province, China, and the method showed
a good applicability to surveying and selecting of representative meteorological stations. They also applied
the data to classify the observational sites of Hefei City, China, into urban and rural stations according to
the percentage of urban land use area in a buffer area around the stations, showing a good relationship
between the annual mean temperature (annual mean minimum temperature) and the percentage urban
land use area in the buffer areas. They further analyzed the urbanization effects on SAT changes for the
urban stations and all national stations during 1970–2008, showing a large and significant urbanization‐
induced warming at the urban stations as well as the national stations during the period (X. Yang et al.,
2011; Yang, Shi, et al., 2011).

Wang and Ge (2012) applied the satellite remote sensing data set but took the urbanization rate around the
stations into consideration. They classified the national stations of China into three categories with different
urbanization levels according to urban land use change around the stations, taking the stations with weak
urbanization process as reference stations to evaluate the urbanization effect on temperature trends of other
categories of urban stations. The analysis showed large urbanization contribution of 41% for the stations with
high urbanization rate and an urbanization contribution of 20% for all the national stations in mainland
China during 1980–2009.

He et al. (2013) applied the change in proportion of urban area as an indicator of urbanization rate around
the stations and related the urbanization rate to annual mean SAT trends observed at the national stations in
the Beijing‐Tianjin‐Hebei area, North China. They found a significant positive correlation between the urba-
nization rates and the SAT trends at all stations and an increase of 10% in urban area around the stations
approximately contributed to the 0.13 °C rise in annual mean SAT in addition to regional warming. They
showed an urbanization contribution of 44.1% to the overall warming trend as observed at the national sta-
tions during 1978–2008.

Urbanization effect on SAT series can be related to the influences of human activity on different spatial scales
(Gallo & Xian, 2016; Ren et al., 2015; Stewart & Oke, 2012). At least three spatial scales would be important:
the mesoscale from the whole city, the local scale of the size of a park and functional district, and the micro-
scale of buildings nearby a station (Peterson, 2003; Ren et al., 2015). Gallo et al. (1996) noted that the effect of
LULC is more significant at 10‐km radius around the stations by examining the impact of urbanization on
observed diurnal temperature range (DTR). The above‐mentioned studies applied remote sensing visible
spectral data generally considered the influence of local or microscale LULC but did not consider the possible
simultaneous influence at microscale and mesoscale.

The works ofWang and Ge (2012) and He et al. (2013) have an advantage over the earlier remote sensing data
based studies in taking the rate of urbanization around the stations into consideration in classifying stations
or selecting reference stations, but at the same time, the methods also limit the analysis period to the shorter
aft‐satellite era, which only lasts three to four decades. On the other hand, it is unnecessary to address the
rate of urbanization around the observational site for selecting rural or reference station if only the
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present observational environment of a station is good enough because the observational environments
around almost all of the “bad” stations have been gradually worsened since their establishments (Ren et
al., 2015). A “good” station which is good at present must also be good in the past, given that the station
experienced no relocation.

In this study, a newmethodology is developed based on the satellite remote sensing visible spectral data, and
the percentage/relative area of urban land use on multispatial scales around an observational site at present
was used as an indicator of urbanization level to classify the observational stations in mainland China. Six
different urbanization levels including the weakest degree of urbanization are identified for the national sta-
tions. Urbanization effects on, and contributions to, the overall trends of annual and seasonal mean SAT ser-
ies of urban stations for the period 1980–2015, and of two different national station networks for the periods
1980–2015 and 1960–2015, are quantitatively assessed.

2. Data and Methods
2.1. Data

The monthly SAT data set of “China National Surface Meteorological Station Homogenization Temperature
Monthly Dataset (V1.0),”which includes 2,419 stations with a record length of 66 years (i.e., 1950–2015), has
been homogenized in the National Meteorological Information Center, China Meteorological
Administration (Cao et al., 2016). The data set includes the records of monthly mean SAT, monthly mean
maximum SAT, and monthly mean minimum SAT. It can be divided into three sub–data sets: the national
Reference Climate Network (RCN), the national Basic Meteorological Network (BMN), and the national
Ordinary Meteorological Network (OMN). The RCN and BMN (RCN + BMN), about 825 stations totally,
have been most frequently applied in analyses and monitoring of climate change in China, but recently, a
few of groups have also begun to use all the stations from the three sub–data sets (RCN + BMN + OMN).

In this study, 2,286 stations from the RCN+ BMN+OMN are used, considering the problem of missing data
by discarding the temperature series with missing monthly records of more than 3 months in any year of the
period 1960–2015. A total of four types of temperature indicators are analyzed, including mean SAT (Tmean),
maximum SAT (Tmax), minimum SAT (Tmin), and DTR.

The LULC data set of mainland China in 2015 was provided by the Resources and Environmental Sciences
Data Center, Chinese Academy of Sciences (Xu et al., 2018). The spatial resolution of the data set is
1.0 km × 1.0 km, which is based on the Landsat 8 remote sensing images and generated by artificial visual
interpretation. The Resources and Environmental Sciences Data Center data have undergone a unified qual-
ity control and an integrated check. Compositions of land use classes in the data set include cultivated land,
forestry land, grass land, water area, urban, rural and residential land, and unused land. The numbers 51 and
53 in classification system are used as urban land use in this paper, including the built‐up areas of large, med-
ium and small cities, the county capitals and towns, and other construction land (factories and mines, large
industrial areas, oil fields, salt fields, quarries, as well as traffic roads, airports, and special land use; Xu et
al., 2018).

2.2. Methods
2.2.1. Selection of Urbanization Indicator
In order to estimate the effects of urbanization of different levels on temperature trends at varied spatial
scales from microscale (0–10 km) to mesoscale (more than 10 km but less than 100 km), the percentage of
urban land use area around the observational sites is calculated in different buffer circles with the stations
as the centers of them. This is done with an assumption that the larger proportion of built‐up areas around
the observational sites at any spatial scales within a maximum circumference will exert an impact on
SAT records.

First, we determine study extent of urban land use around stations, that is, the maximum spatial scale for the
urban land use impact on SAT records of stations. For each of the stations, 20 circles with radius of 1, 2, 3, …,
20 km (1‐km increment) and stations as the centers are determined, which are defined as buffer circles.
Second, the urban land use categories are extracted, and the percentages of urban land use (PULU) in
2015 are calculated for each of the buffer circles, and a total 20 PULU values are produced for each station.
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Finally, the Pearson's correlation coefficients between the annual Tmean trend series and 20 PULU values in
all buffer circles of the total 2,286 stations are calculated (Supporting Information, Figure S1).

The results showed that all the correlation coefficients are above the 99.9% confidence level in each buffer
circle with radii less than 20 km. The largest correlation coefficient is found when the radius of buffer circle
is 4 km, and then the correlations gradually decrease with an increase of the radius. However, a slight
upward trend is observed when the radius is larger than 16 km. The possible reason for this is that, when
the radius of buffer circle is larger than 16 km, it may have already reached the distance to the neighboring
city/town, especially in case that a denser observational network of 2,286 stations are utilized.

However, the largest spatial scale affected by urbanization is just within the mesoscale extent, which is
approximately comparable to those found by applying change rate of urban land areas rather than PULU
in the buffer circles (He et al., 2013; Wang & Ge, 2012). In this study, therefore, urban land use information
in 16‐km buffer circles around the station can be extracted to analyze the urban impact on SAT series.
Different from all previous studies (He et al., 2013; Wang & Ge, 2012; Yang, Hou, et al., 2011; Yang, Shi,
et al., 2011; Yang et al., 2013), however, we consider PULU values themselves, rather than the change rate
of urban land areas, in each of 1‐ to 16‐km radius buffer circles (Figure 1), which means that the possible
impact of urban land use on SAT series of observation sites in varied spatial extents from microscale to
mesoscale are all examined.
2.2.2. Classification of Urbanization Level
Based on the maximum of PULU values (MPULU) in all 16 buffer circles around stations, the 2,286 national
stations are divided into 11 groups. The first group is defined as theMPULU ranges from 0% to 5% in all of the
1–16 km radius buffer circles, indicating that PULU in all buffer circles are less than 5%, or within the range
of 0–5% for the stations in this group. The second group of stations has a MPULU value between 5% and 15%
in the 16 buffer circles, and the 11th group of stations registers a MPULU value between 95% and 100%.

The MPULU usually appears in the fourth buffer circle (3–4 km) for all the 11 groups of stations (Figure S2),
which can explain the above‐mentioned finding that PULU has the highest correlation with the annual
Tmean trends series in the 4‐km radius buffer circle (Figure S1). This is also consistent with the fact that most
of the stations are located within or near the medium‐sized and small cities of the country, and the level of
urbanization effect on the temperature change at the observational sites will be closely related to their
distance from the urban centers (Ren et al., 2015).

Figure 1. Visualization of land use/land cover in mainland China in 2015 and urban land use in 16 buffer circles around
five representative meteorological sites (only the urban land use in buffer circles is shown; 1: Xining; 2: Peking; 3: Harbin;
4: Shanghai; 5: Kunming).
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In addition to the MPULU around station, the average of each PULU value at all spatial scales also
needs to be considered. Therefore, the second step of classification of urbanization level for the above
stations of 11 groups is to calculate the area‐weighted average of the PULU (APULU) in the 16
buffer circles around stations for each of the groups, by using the inverse function distance weighting
method:

APULU ¼
∑
16

r¼1

1
rþc ⋅PULU rð Þ

∑
16

r¼1

1
rþc

; (1)

where r stands for the radius of buffer circle, PULU(r) for the percentage of urban land use in r‐km radius
buffer circle, and c for a constant. The purpose of adding the constant c is to avoid the distance of the sample
being too small as to infinite of the inverse function. Here, c is set to 5.

Though the urbanization level should have a positive correlation with the annual mean Tmean trend, the
annual mean Tmean trends of the 11 groups do not increase linearly (Figure S3). The annual mean Tmean

trends of the stations in the fourth, sixth, and ninth groups are somehow lower than the neighboring groups
(as showed by the orange area in Figure S3), for example, but these lower trend values well correspond to the
similarly lower APULU, indicating a good correspondence between the two variables. The classification of
urbanization level thus not only calculates the MPULU in the 16 buffer circles as conducted in the first step
but also considers the mean state of PULU values in all scales around the station. Around such stations as
those in the fourth, sixth, and ninth groups, the PULU only has an abnormally large value in 1‐km radius
of buffer circle (Figure S2).

Therefore, certain groups as classified only by the range of the MPULU values have obviously lower
APULU values and also the corresponding smaller temperature trends. Based on the APULU values,
the 11 groups are regrouped into six categories (units), including U1, U2, U3, U4, U5, and U6, in order
of increasing urbanization levels (Figure S4). The stations in ninth group are thus classified as U4
stations (yellow bar as shown in Figure S4) due to mean APULU values in all scales around these
stations are close to the values around the stations of fifth and sixth groups (19.17%). The six categories
of stations will be used to analyze the effects of varied urbanization levels on long‐term trends
of temperature.

Table S1 shows the six categories of stations differently affected by urbanization processes. It is assumed that
the first category of stations (U1) with APULU less than 1% is hardly affected by urbanization, and they can
be taken as reference stations. The relative warming of stations in other categories to that of reference sta-
tions can generally represent the urbanization effect. The stations in other categories have been affected
by low (U2), lower (U3), medium (U4), higher (U5), and high (U6) urbanization levels, respectively, and they
are termed as urban stations. It is very likely that the actual temperature anomaly series of the stations in U1
have still been affected by urbanization though in a much less extent.
2.2.3. Selection of Reference Stations
The specific criteria for selecting reference station in the RCN + BMN + OMN data set in mainland China
are used in previous studies (Ren et al., 2015; Zhang et al., 2010), which had to be of sufficient length in data
series and good continuity in the observations, higher stability and less relocation of observational sites, and,
most importantly, an immunity to the urbanization influences. These criteria have been referred to deter-
mine the reference stations in this study.

The following specific steps are set for selecting reference stations: First, we choose stations in U1 with the
beginning of record no later than 1960, the number of relocation less than three times after 1960 and hori-
zontal distance of relocation less than 5 km, the difference between the elevation of the candidate reference
station and the arithmetic mean elevation of other stations in same grid box is less than 40 m. A total of 128
U1 stations are selected, and this category of reference stations is regarded as U1 reference stations (green
points as shown in Figure 2a; green grids in Figures 2b and 2c), and each green grid box has a maximum
of two U1 reference stations. It can be seen, however, that there is no U1 reference station in some of the grid
boxes of eastern region, in particular, in North China Plain and Northeast China Plain, due to the highly
urbanization around the stations.
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Based on the fact that the MPULU range 5–15% and the APULU is 3.36% around the U2 stations,
respectively, stations in U2 category have potential applicability as reference stations in highly urbanization
area of the plains. Therefore, in order to obtain enough reference stations to fill the blank boxes in eastern
China, we use the same selecting criteria to filter the U2 stations for the remaining empty grids. This
category of reference stations is regarded as U2 reference stations (brown points as shown in Figure 2a;
brown grids in Figures 2b and 2c). The number of U2 stations and boxes are 101 and 72, respectively.
The total reference stations (U1 + U2) are thus 228, and the total boxes with reference stations are 175.
The reference station network including two categories of reference stations is utilized in this study to esti-
mate urbanization effect and contribution in the SAT series of “urban stations” with different urbanization
levels from 1980 to 2015, and of the national stations of the RCN + BMN + OMN and RCN + BMN data sets
during different periods.

Figure 2. (a) Distribution of reference stations (green marks stand for U1 reference station; brown marks for U2 reference
station), and number of reference and urban stations in grid boxes at a spatial resolution of 2° × 2° in mainland China
(b: RCN + BMN data set; c: RCN + BMN+OMN data set; color grid boxes stand for the number of reference station in the
grid, number for the number of urban station in the grid).
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The “urban stations,” which are all the stations in addition to the reference stations in the data set, will be
assessed for the urbanization effect contained in their temperature series for period 1980–2015. Therefore,
the target stations have excluded the reference stations for the assessment of urban stations. Also assessed
for urbanization effect are the two complete data sets of the national stations (RCN + BMN + OMN and
RCN+ BMN) for periods 1980–2015 and 1960–2015. In this later assessment, however, the reference stations
have not been excluded from the target stations so that the actual effects of urbanization on the usually used
temperature data series can be determined, as practiced in the previous studies (Ren et al., 2008; Ren &
Zhou 2014).

In order to ensure comparability between different urbanization effects, all results with different urbaniza-
tion levels were based on the grids that have U3–U6 stations referring to the common practice as done in esti-
mating regional averaged temperature series.
2.2.4. Statistical Methods
In this study, annual mean values are the average of 12 monthly mean values, and seasonal mean values are
the average of 3 months in any of the seasons, which are divided according to climatological seasons of spring
(March, April, and May), summer (June, July, and August), autumn (September, October, and November),
and winter (December, January, and February).

The whole study area is divided into grid boxes with a spatial resolution of 2° × 2°, and at least one station is
selected in each grid so that the reference series and “urban station” series of the grid can be established.
Arithmetic average series of each of the reference and target stations are made to obtain the respective mean
temperature anomaly series for the grid box. Temperature anomaly is calculated relative to the average of
climatological reference period 1981–2010. The linear trend of difference of the urban station (national sta-
tion) and reference station mean temperature series for the grid is defined as urbanization effect. If the urba-
nization effect is significant statistically on the grid, the urbanization contribution, which is defined as
percent proportion of urbanization effect to the overall trend, will be calculated. The calculation method
of the urbanization effect can be expressed as

ΔTU−R ¼ TU−TR; (2)

where is the linear trend of SAT series of urban station (national station) and is the linear trend of SAT series
of reference station. Urbanization contribution is expressed as

CU ¼ ΔTU−R
�
TU

���
���·100%: (3)

The detailed introduction about the calculation of urbanization effect and contribution for individual sta-
tions and grid boxes could be found in Chu and Ren et al. (2005), Ren et al. (2008), and Ren & Zhou (2014).

The linear trend of the temperature anomaly series is estimated using the ordinary least squares method. The
serial correlation of the monthly mean SAT should not significantly affect the trend estimate, and it is not
processed before the calculation of the trends (Von Storch & Navarra, 1999). The statistical significance of
the linear trend of the temperature anomaly series is judged using the Student's t‐test. The trend of tempera-
ture (temperature difference) series is considered statistically significant when a confidence level is equal to
or higher than 99%.

3. Results
3.1. Distribution of Stations and Their Temperature Trends

The stations with the urbanization above median level (U4) are mainly distributed in East and North China
(Figure 3), with the U6 stations totally distributed in North China and the coastal zone, and U5 stations
dominantly located in eastern parts of the country. However, middle and western parts of China own more
stations with lower urbanization levels. As the urbanization level increases, the average trends of annual
mean Tmean of various categories at different latitudes gradually shift to the right of the x‐axis (right panels
of Figure 3), ranging from 0.298 to 0.425 °C per decade (−0.28 to 0.79 °C per decade for extreme value),
which confirm the simultaneous variation of the urbanization levels and the trends of annual mean
SAT series.
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Figure 3. Spatial distribution of stations and average annual mean Tmean trends of various categories (U1–U6) during the period 1980–2015 (black dashed lines on
the right panels stand for the average values of the temperature trends, and the width of the gray areas for a standard deviation).
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3.2. Temperature Trends for Stations with Different Urbanization Levels

Changes in regional average annual mean SAT of the different categories of stations in the past 36 years are
all positive (Figure 4). Annual mean Tmin and Tmean increases are large and highly significant, and the
increase rates are proportional to the urbanization levels. The maximum trend in annual mean Tmean occurs
at the stations affected by the highest urbanization level (U6) in mainland China, which has an annual mean
linear trend of 0.425 °C per decade during the period 1980–2015. As the urbanization level increases, annual
mean Tmin trends at stations in each category change from 0.344 °C per decade for U1 stations to 0.522 °C per
decade for U6 stations. Though annual mean Tmax trend is negatively correlated with the urbanization level
probably due to the increased effect of aerosols at the higher urbanization level stations during daytime (e.g.,
Wang & Dickinson, 2013; Zhang et al., 2012), the trend differences between the stations in each category are
very small.

For U1 stations, annual mean Tmax increases faster than other categories of stations, and annual mean Tmin

rises more slowly, but the difference between the two trends is small so that annual mean DTR only slightly
increases (Figure 4). As the urbanization level increases, annual mean Tmin increase more obvious than

Figure 4. Regional average annual mean surface air temperature (DTR) anomalies for different categories of stations in
mainland China during 1980–2015 (the values stand for average linear trend of series [unit: °C per decade]).
DTR = diurnal temperature range.
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annual mean Tmax, and the annual mean DTR is significantly reduced. It
shows that the annual mean Tmax and Tmin increases at the urban stations
(U2–U6 stations) are becoming asymmetry, and urbanization level is nega-
tively correlated to the DTR trend.

Of the four seasons, seasonal mean SAT increases most in spring, followed
by winter and autumn, and summer temperature change is the smallest.
With the increase of urbanization level, the amplified warming occurs
most obviously in winter, spring, and autumn (Figure S5). In particular,
the difference of average (median) trends between U1 and U6 is large for
seasonal mean Tmin, reaching more than 0.200 °C per decade.

The seasonal mean DTR trends for U1 stations are positive in all seasons
(Figure S5). However, the average (median) DTR trends for urban stations
are negative except for U2–U5 for spring. Although the increase of DTR
happens in most categories of stations with the decrease of urbanization
level, the U6 stations with the highest level of urbanization witnesses a
negative trend of DTR in spring, due to the largest increase in Tmin and
the almost same change of Tmax to that of U1 in this season. The seasonal

mean DTR are more sensitive to urbanization level in cold season. From U1 to U6, not only the DTR trends
change from positive to negative gradually, but the absolute values of the differences between the urban sta-
tions and U1 stations also increase, and the maximum difference of average (median) trends even reaches
more than 0.400 °C per decade for autumn, with the trend of U6 stations far below those other categories
of stations, probably due to the much lower increasing rate of seasonal mean Tmax than other categories of
stations (Figure S5).

3.3. Urbanization Effect for Urban Stations

The urbanization effects on, and contributions to, annual/seasonal mean SAT and DTR change during 1980–
2015 gradually strengthen for different groups of urban stations (U3–U6) with the increase of urbanization
levels (Table 1; Figure S6). U2 stations are not included in the figure and the table because they have already
been taken as reference stations for some of the grid boxes.

Urbanization effects are positive for annual mean Tmin and Tmean for all categories of urban stations during
1980–2015. For annual mean Tmin, which witnesses a maximum urbanization effect of 0.178 °C per decade
for the urban stations with the highest urbanization level (U6), average urbanization contribution is 34.2%
(Table 1). The average contributions of annual mean Tmean range from 10.3% to 25.0% for urban stations with
different urbanization levels. The decrease of annual mean Tmax difference series is much less than that on
the increase of annual Tmin difference series for urban stations, with effects of urbanization on Tmax trends
range from−0.033 °C per decade for U3 stations to−0.072 °C per decade for U6 stations (Table 1). Therefore,
the annual mean DTR difference series have highly significant decline trend. As the urbanization level
increases, the urbanization effect on the DTR trends of the urban stations gradually increases, with a max-
imum urbanization effect of −0.250 °C per decade for U6 stations. Urbanization contributions to the annual
and seasonal mean DTR trends reach 100% for all of the urban stations.

The annual mean Tmean and Tmin are more affected by urbanization as mentioned above. On the seasonal
scale, the average (median) urbanization effects are more significant on winter, spring, and autumn for
urban stations, all reaching more than 0.150 °C per decade for Tmin (Figure S6). Urbanization contributions
to seasonal mean Tmin trends for U6 are all above 36.0% in cold seasons, and the urbanization contribution to
seasonal mean Tmean trend for U6 stations also reaches 30.4% in winter (Table S2). The urbanization contri-
butions to seasonal mean Tmax trends are mainly reflected in the winter, with winter maximum value
at 30.8%.

As urbanization level increases, the significant decrease of seasonal mean DTR difference series happens,
especially in cold seasons. For example, the average (median) urbanization effects in autumn mean DTR
change are −0.100 °C per decade for U3 stations and −0.348 °C per decade for U6 stations (Figure S6).
However, though the U3 stations have a low urbanization level, while the contributions in each of the sea-
sons are close or equal to 100%, it may relate to the study region, the grids with U3–U6 were selected to

Table 1
Urbanization Effect (Unit: °C per decade) on, and Urbanization
Contribution (Unit: %) to, the Annual Mean Surface Air Temperature
(DTR) Trends for Varied Categories of Urban Stations (U3–U6) in
Mainland China During 1980–2015

SAT U3 U4 U5 U6

Tmean A 0.036* 0.046* 0.091* 0.106*
B 10.3 12.8 22.2 25.0

Tmin A 0.082* 0.108* 0.151* 0.178*
B 19.3 24.0 30.5 34.2

Tmax A −0.033 −0.039 −0.021 −0.072*
B N/A N/A N/A 22.1

DTR A −0.115* −0.147* −0.172* −0.250*
B 100 100 100 100

Note. “A” denotes urbanization effect (°C per decade); “B” denotes urba-
nization contribution (%); “N/A” indicates that the urbanization effect
did not pass significance of the confidence level 99%. DTR = diurnal tem-
perature range.
*Significance at the confidence level 99%.
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calculate urbanization effect and contribution, which are mainly distributed in the east of China, the most
developed region.

3.4. Urbanization Effect for National Stations

Figure 5 shows annual mean Tmean anomalies of the stations of RCN+ BMN+OMN (a, b) and RCN+ BMN
(c, d), the reference stations, and the national stations minus reference stations differences during 1960–2015
(a, c) and 1980–2015 (b, d). The four annual mean Tmean difference series all exhibit a statistically significant
positive trend, the urbanization effect on the annual mean Tmean trend reaches 0.041 °C per decade, and the
urbanization contribution is 17.1% in the data series of RCN + BMN + OMN but is 0.073 °C per decade and
28.7% in the data series of RCN+ BMN, respectively, during the period 1960–2015 (Figures 5a, 5c, and 6a). In
the last three decades, the annual mean urbanization effect reaches 0.051 °C per decade, and the urbaniza-
tion contribution is 14.6% in RCN + BMN + OMN, but 0.093 °C per decade and 25.8% in RCN + BMN,
respectively (Figures 5b, 5d, and 6b). The results of evaluation using the same reference station network
show that the urbanization contributions to the annual mean Tmean trends in the two data sets differs by
11.6% and 11.2% for the different time periods 1960–2015 and 1980–2015, respectively.

Figure 6. Urbanization contribution to the annual and seasonal mean Tmean trends of the national stations of
RCN + BMN + OMN (red) and RCN + BMN (purple) for the periods 1960–2015 (a) and 1980–2015 (b).

Figure 5. Annual mean Tmean anomalies of the stations of RCN + BMN + OMN (a, b) and RCN + BMN (c, d), reference
stations, and the differences between national stations and reference stations, during 1960–2015 (a, c) and 1980–2015 (b, d)
in mainland China (red lines stand for national stations series, blue lines for reference stations series, and green lines
for the difference series; values are the linear trends of the series [unit: °C per decade]).
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The urbanization effects on the seasonal mean Tmean trends in the data set of RCN + BMN are also larger
than those in the data set of RCN + BMN + OMN for the two periods (Figure S7 and Table S3). The range of
urbanization effects in the two data sets is 0.032 to 0.087 °C per decade on the seasonal scale during the
period 1960–2015. Urbanization effects are largest in winter for both of the RCN + BMN + OMN and
RCN + BMN stations for the past 56 years, reaching 0.044 and 0.087 °C per decade, respectively. The smal-
ler seasonal mean urbanization effects occur in summer and autumn (Figure S7). The seasonal character-
istic of urbanization effects on the seasonal mean Tmean trends is identical in the two time period, but
the values are lager for the past 36 years (Figure S7 and Table S3). However, the seasonal characteristic
of urbanization contributions to the overall Tmean trends shows the difference in two time periods. The
highest contribution occurs in warm season for the period 1960–2015, being 19.4% for
RCN + BMN + OMN and 33.9% for RCN + BMN in summer; but the largest seasonal mean urbanization
contributions, 16.6% and 40.4% for the two data sets, respectively, occur in winter in the period 1980–
2015 (Figure 6).

The difference of urbanization effects and contributions in the same temperature data set between the two
study periods is notable. After 1980, urbanization is developing more rapidly in mainland China, which
has been reflected in the different urbanization effects of the Tmean series. At the same time the background
change and natural variability of the annual mean Tmean series during the last three decades are also larger
than those in the longer time period, so the annual mean urbanization contributions in both of the two data
sets are generally reduced after 1980 (Figure 6). However, the urbanization contribution just increase greatly
in winter, and it may be related to climate warming hiatus.

On the other hand, the different results also appear in two data sets over the same period. The main reason
why urbanization effect and contribution are larger in the data series of RCN + BMN than
RCN + BMN + OMN is obvious. The stations of RCN + BMN are mostly located in urban areas or margin
of big andmedium‐sized cities because of the historical and unique socioeconomic conditions, which require
the weather and climate observations to be near the urban areas as much as possible (Ren et al., 2008, 2015).
In case of OMN stations, which accounts for more than two third of the RCN + BMN + OMN stations, the
observations are generally made in or near the county capitals which are mostly small cities or towns. In
addition, most of the stations in RCN + BMN have been moved for at least one time from urban to suburban
areas due to the rapid urbanization process, as compared to the stations of OMN, and the adjustment to the
breakpoints of the temperature series or the data inhomogeneity mainly due to relocations would in certain
extent recover the urbanization effect that was ever weakened in its original data series (Hansen et al., 1999;
Ren et al., 2015; Zhang et al., 2014).

4. Discussion
4.1. Classification Method of Urbanization Level

Compared with the previous studies which used the change of urban land use around the stations to analyze
the effect of urbanization on temperature series (Yang, Hou, et al., 2011; Yang, Shi, et al., 2011; Wang & Ge,
2012; He et al., 2007), the method to determine the urbanization level around observational sites developed
in this study has taken a comprehensive consideration of both microscale and mesoscale effects of urban
land use around the observational sites and also has solved the problem of limited analysis period due to
the shorter aft‐satellite era for usage of change rate of urban land coverage. We also applied a bigger data
set, which is almost three times of the previous data sets in terms of observational stations, for the classifica-
tion of land use around each of the stations.

Based on the analysis of correlation between the annual mean SAT trends and 20 PULU data in all buffer
circles of 2,286 stations, we selected urban land use within buffer less than 16‐km radius to assess the effect
of urbanization on SAT changes. However, the areas of urban land use around these stations are sometimes
larger than 16‐km radius buffer circle, for example, in case of Beijing or Shanghai cities (Figure 1). We only
considered the average status of area of the urban land use around all stations in mainland China, but for
stations that still have urban land use in a buffer circle radius greater than 16 km, this may influence the clas-
sification results of these stations. Additionally, the selected reference stations (U1) may have been affected
in certain extent by the urbanization, though the effect would be substantially small compared to those of the
urban stations. At the same time, not all grid boxes have U1 stations as reference, and about 41% grids used
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U2 as the reference stations when estimating urbanization effect in the data sets. Therefore, the evaluation
results of urbanization effect with U2 as the reference stations would be underestimated compared with
those with U1 as the reference stations. As a result, the urbanization effect and contribution as shown in this
paper should be regarded as conservative. Another potential source of uncertainties would be the homoge-
nization of the data. Because the stations moved usually from the urban areas to the suburban areas, the
urbanization effect on the data series will be restored after homogenization by using the generally applied
methodologies (Ren et al., 2015; Zhang et al., 2014). However, the land use data are still for the current obser-
vational sites, leading to a mismatch sometimes between the urban warming rates and the PULU around the
observational grounds. Although this would have a small impact on the determination of their correlations,
reference stations, and urban stations, the urban indicator should be further completed to consider the exact
positions of the historical observational sites. This issue should be emphasized especially when the samples
(stations) for use are insufficient. However, the above uncertainties can be reduced when the method is
applied in less developed regions or in regions where enough stations are available for selecting reference
observational data series.

Overall, the method took relative area of urban land use around the meteorological observational site at var-
ied spatial scales as indicator of urbanization to analyze urbanization effect on, and contribution to, the trend
of temperature data series at urban and national stations, showing analysis results comparable to those by
using other sophisticated procedures as described below. Therefore, it has a good potential to be applied in
the future for the studies of urbanization effect in the long‐term SAT data series in regional and global
land scales.

4.2. Compared with Other Analyses in Mainland China

Compared with the results of Sun et al. (2016) based on the RCN + BMN + OMN data set, the conclusion in
this study is slightly smaller than theirs that showed a one‐third urbanization contribution to the linear
trend of annual mean SAT in the past 50 years (Table S4). This may be related to the different methods used
to attribute the locally anthropogenic forcing to SAT change. Sun et al. (2016) applied the optimal finger-
printing approach to evaluate anthropogenic influences including urban warming by examining if an
observed SAT change is significantly larger than that expected from internal variability and if the observed
SAT trend is consistent with that simulated by climate models, while this study used the urban minus rural
method to directly assess the urbanization effect. The two procedures have their own advantages and
disadvantages, and the results derived from them would be different. However, our analysis might have
produced an underestimate of the urbanization effect because the selected reference stations might have
been affected by urbanization in a less extent, and the result in our analysis should be regarded as a
conservative estimate.

It is therefore noteworthy that, due to the remnants of urbanization effect in the data series of the reference
stations used in this study, the urbanization effect and contribution at the stations other than reference
stations given in this paper should be regarded as the lowest estimates, and the real values would be higher
than the results.

For the analyzing results by using the RCN + BMN data set, no result based on the optimal fingerprinting
approach is available for time being. As for the studies by using the urban minus rural method, the
selected reference stations are various due to the varied procedures used for determining the rural obser-
vational sites, and the inconsistency of study period may also lead to slightly different results. However, the
result in this study is approximately consistent with the previous ones when the homogenized
RCN + BMN data set were used (Table S4). Majority of the results stayed between 20% and 30% in the past
50 years or so, but all the estimates should be lower than the true values. As there was no any previous
study which had used the same method to analyze urbanization effect and contribution in the SAT series
of the different data sets in mainland China, however, there is no analysis result available to be strictly
compared with here.

Figure S8 presents the growing condition of the urban land use in the buffer circle of 16‐km radius around
two meteorological stations without any relocation during 1980–2015, which are located in the typical med-
ium‐sized cities of Beijing‐Tianjin‐Hebei region and the Pearl River Delta, respectively. There were signifi-
cant urban land expansions around the two stations since early 1990s, and PULU in 16‐km radius buffer
circles are close to or exceeded 50% in 2015, which shows that the impacts of urbanization on the
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observational environment are evident at the observational sites. Other urban stations in mainland China
also experience similar change in land cover around the observational grounds during the past decades in
varied extents.

Figure S9 shows the averaged PULUwithin 8‐km radius buffer circle around the 2,419 observational stations
during 1980–2015. The 8‐km buffer radius is selected to show some consideration for the majority of small
cities in the data set. The PULU at a local scale around all stations in RCN + BMN + OMN data set for each
of the buffer circles in 1980, 1990, 1995, 2000, 2005, 2010, and 2015 were calculated. The annual average
values of all the stations for all buffer circles show the remarkable increase of PULU around stations since
the early 1980s, from 4% in 1980 to 10% in 2015 (Figure S9). However, the results also show that the urbani-
zation process around the observational sites was nonlinear during the period 1980–2015, with the more
strong urbanization processes found during 2000–2005 and 2010–2015, respectively. After 2010, the increase
of the average PULU becomes very strong.

Therefore, on one hand, under the background of the large‐scale climate change and variability, urbaniza-
tion development in the whole time periods of 1980–2015 and 1960–2015 may have strengthened the urban
heat intensity around the observational stations, leading to a consistent SAT rising in addition to the global
and regional warming. On the other hand, the urbanization effect in different periods may have been differ-
ent for individual and regional SAT series due to the nonlinear characteristics of urban land use variation.
Moreover, we should give attention not only to the regional average SAT series caused by urbanization in
the different data set and periods but also to the unbalanced spatial pattern of the urbanization effect in
the country.

5. Conclusions

This study presented a new satellite‐based methodology to classify the observational stations in mainland
China and shows the analysis results of urbanization effect and contribution in the annual and seasonal
mean SAT series of urban stations and different categories of national stations for varied periods over main-
land China, based on the new methodology. The following conclusions can be drawn:

The percentage of built‐up area in different buffer circles around the observational sites can be considered as
a good indicator for the comprehensive urbanization level of a station and can be used to classify stations and
also to select reference temperature stations for assessing the urbanization effect on the SAT data series of
urban and national stations.

Correlation coefficients between the annual mean SAT trends of 1980–2015 and the PULU in each of the buf-
fer circles with radius from 1 to 16 km are all highly significant (≥99.9% confidence level) for the 2,286 sta-
tions in mainland China. The highest correlation was found when the radius of buffer circle was 4 km. The
urbanization indicator in this study considers the effect of urban land use around the observational sites at
both microscale and mesoscale.

All stations are classified as six categories, or U1, U2, U3, U4, U5, and U6, respectively, in order of increasing
urbanization levels. The largest increase in annual mean SAT occurred at the stations affected by urbaniza-
tion of the highest level (U6) during 1980–2015, and the U1 stations registered the smallest annual mean SAT
trends. Winter, spring, and autumn mean SAT had a larger warming rate and are more sensitive to the
urbanization level.

During the period of 1980–2015, urbanization contribution to annual mean surface SAT trends ranges from
10.3% to 25.0% for urban stations (U3–U6); urbanization effect and contribution are larger and more signifi-
cant in the annual mean minimum SAT series, with a maximum urbanization effect and contribution of
0.178 °C per decade and 34.2% for U6 stations; urbanization led to a nonsignificant negative impact on
annual mean maximum SAT trends, and a highly significant decline of annual mean DTR trends. The urba-
nization contribution to the downward trends of annual mean DTR reaches 100% for all urbanization level of
stations (U3–U6).

The assessment of national stations using U1 and U2 stations as reference shows significant but different
urbanization effects in the annual mean SAT trends. Larger urbanization effect and contribution for the
national reference climate and basic meteorological station networks (RCN + BMN) than those on all the
national stations (RCN + BMN + OMN) for both 1960–2015 and 1980–2015 are found. During the two

10.1029/2019JD030948Journal of Geophysical Research: Atmospheres

TYSA ET AL. 10,659



periods, the urbanization contributions are 28.7% and 25.8%, respectively, for annual mean SAT trends of
RCN + BMN, and they are 17.1% and 14.6% for all the national stations.
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Abstract: Marginal seas are fundamental to humans for their importance in mariculture resources
and commerce. Based on the NOAA 0.25 degree daily Optimum Interpolation (OI) sea surface
temperature (SST) data set, spatiotemporal changes in mean and extreme SST in the East China
Seas (ECSs) were examined for from 1982 to 2017. As a regional average, the annual mean SST has
notably increased at a rate of 0.21 ± 0.08 ◦C per decade. The warming SST during 1982–2017 is
probably related to the influence from a recent strengthening and westward extension of the WPSH.
There are also notable warming trends in annual minimum and maximum SST. Spatially, the rapid
warming of annual mean SSTs are located in the vicinity of the Yangtze Estuary, exceeding 0.2 ◦C per
decade and part of the ECS-Kuroshio. This pattern may be largely affected by the spatial changes of
minimum SST. Rapid warming of maximum SST can be found across the region, from the northern
East China Sea (ECS) to the Bohai Sea. Since 1982, extreme hot days (EHDs) have undergone an
obvious increasing trend, at a rate of 15.2 days per decade. Conversely, extreme cold days (ECDs)
have been decreasing. Notably, the largest increase of EHDs appears in the western ECS and the
Bohai Sea, which both have rich marine ecosystems. The trend of EHDs has a significant relationship
to mean SST, suggesting that there will be a further increase in EHDs under continued warming
in the ECSs. These findings emphasize the importance and urgency of strategies which should be
planned for the adaptation and mitigation of specific types of extreme hot events in this region.

Keywords: sea surface temperature (SST); extreme hot days (EHDs); extreme cold days (ECDs); warming

1. Introduction

Sea surface temperature (SST) is considered to be one of the most important indicators in
quantifying climate change [1]. A rapid warming is expected to have a large impact on regional
marine biodiversity, both at the ecosystem level and at the population level [2]. The Fifth Assessment
Report of the Intergovernmental Panel on Climate Change affirmed that our warming of the climate
system is unequivocal and its extremes are also changing [3]. To better adapt to climate warming and
decision-making, an improved and detailed understanding of regional climate changes is required.

Part of the Northwest Pacific Ocean, the Bohai Sea, Yellow Sea, and East China Sea (ECSs)
is located at one of the largest continental shelves in the world, with a large number of estuaries,
gulfs, freshwater inputs, and maricultures. There have been much literature focused on the SST
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variability over the China Seas [4–8]. They found that the mean warming in the China Seas has been
considerably faster than the global average. In addition, the ECSs are vulnerable to climate change,
especially changes in climate extremes [4,6,9]. However, the previous studies covering the China Seas
typically used reconstructed or reanalyzed monthly mean SST data sets. The detailed extreme hot and
cold SST changes and their relationship with changes in SST annual ranges (ARs) remain unknown,
owing to the lower spatial and temporal resolution of data sets. At present, extreme water temperature
events can cause shifts in species ranges, local extinctions, and economic loss on aquaculture and
seafood industries [9–11]. For instance, the rapid warming of the ECSs has been linked to frequent
occurrences of harmful algae blooms and northward shifts of marine fishes [12]. A Chinese Marine
Disaster Bulletin from 2012 [13] indicated that severely harmful algae occurred at the coast of the
southern ECS, causing a direct economic loss of two billion RMB. Changes in the SST at shorter than
seasonal scales and variations in the frequency of SST extreme events in sub-region scales should be
taken into account when planning for strategies to mitigate these changes. Thus, the present study adds
some new insights into understanding the inter-annual variations of annual mean, annual minimum,
annual maximum SSTs, and AR averaged of the ECSs and spatial distribution of trends in the ECSs
from 1982 to 2017. Meanwhile, extreme hot and cold events are also detected in detail during the study
period. Finally, we will discuss the possible preliminary impacts on marine fisheries. The information
through our work will improve the understanding of the hydrography and climate trends in this
region and benefit fisheries and marine biological research.

The remainder of the paper is organized as follows. Following the introduction, Section 2 briefly
introduces the study region, data sources, and methods. Section 3 describes the changes of mean SST
and extreme SST. Changes in extreme events are conducted in the following section. A summary and
discussion are given in Section 5.

2. Study Region, Data Source and Methods

2.1. Study Region

The study region including the Bohai Sea, the Yellow Sea, and the East China Sea (ECS) is bounded
by China, the Ryukyu (Nansei) Islands, Kyushu, and the Korean Peninsula (Figure 1). The study region
also covered a vicinity area in order to show a better perspective for the SST variability, such as the
SST variability in the ECS-Kuroshio. Thus, we approximated the study region in a range of 116–132◦ E
and 22–42◦ N.
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2.2. Data Source

A daily SST data set was acquired from the NOAA National Climatic Data Center (NCDC),
available at https://www.ncdc.noaa.gov/oisst with a high spatial resolution of 0.25◦ × 0.25◦ from
1982–2017 [14]. This data set is derived from the Optimum Interpolation (OI) SST Analysis Product,
referred herein as OISST v2, which uses SST data from an advanced very high-resolution radiometer
infrared satellite from the Pathfinder satellite combined with buoy data, ship data, and sea ice data
SST data sets. In order to apply the correction for bias in OISST, the satellite data have been classified
into daytime and nighttime bins and corrected separately using the patterns of 15 days averaged
by in situ SSTs using NOAA’s OI algorithm. The bias-corrected daytime and nighttime satellite SST,
ship, and buoy SSTs are merged based on noise-to-signal ratio maps for each data type, which have
averaged weights of 15.1, 15.1, 1.0, and 15.1, respectively. Therefore, it can be interpreted as the bulk
SST at about 0.5 m depth [15].

In this paper, we use the Taylor diagram to provide a statistical summary of how well the OISST
v2 represents the 19 stations-based observations along the coastal ECSs. In order to do the comparison
and evaluation, OISST v2 has been interpolated to the stations’ locations. The correlation and standard
deviation on the annual basis are computed and shown in a Taylor diagram (Figure 2). As seen in
Figure 2, OISST v2 are clustered around the reference values (REF), except for 4 points (points 3,
13, 14, and 18). Most of them have positive correlations with observations in the range of 0.5~0.9.
A total of 79% of these points has a lower standard deviation and smaller root mean square error,
which suggests that OISST and in situ water temperatures in the coast area of China agree reasonably
well. Additional analysis (not shown here) indicated that there is no statistically significant trend in the
differences between the long-term water temperature records. OISST is currently the longest satellite
data record that can be used to study long-term SST variability. This data set has been widely used in
scientific researches [16–19]. The suitability of the data base to identify extreme events was previously
shown in work of Lima and Wethdy and Liao et al. [16,20].Atmosphere 2018, 9, x FOR PEER REVIEW  4 of 13 
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Figure 2. Taylor diagram of the annual mean SSTs from OISST v2 compared with 19 stations-based
observations, REF stands for reference values of SST observations. The radial distance from the origin
is proportional to the standard deviation ratio. The triangles and circle denote the bias between OISST
and stations-based observations.

2.3. Annual Frequency of Extremely Cold and Hot Days

Extreme days were carried out for each pixel as follows: daily SST anomalies were calculated
to remove the seasonal cycle. This was achieved by subtracting from the SST of a certain day (e.g.,

https://www.ncdc.noaa.gov/oisst
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January 1, 1982) the mean temperature of that day (January 1) of the climatic baseline period of
1982–2011 [17,21]. Therefore, an extreme day can occur at any time of the year. An EHD (or ECD) is
defined as a day with its SST anomaly above (or below for ECDs) the 90th (or 10th for ECDs) percentile
of standardized anomaly of the climatic baseline period. Then, the number of EHDs (or ECDs) was
calculated as the number of days per year with extremely high (low for ECDs) SST anomalies.

2.4. Testing for Significance of Correlations and Trends

When test the significance of correlation between two time series and the significance of the
presence of trends in a time series, an important question requires consideration: how large sample
correlations and sample trends need to be, even if the stochastic processes, which generate the
series, are not correlated at all and exhibit no trends. Firstly, we have to make an assumption,
namely the processes X and Y share no correlation, or segments of length L of the process have
no trend. Standard procedures are available in the literature, namely p values for correlations and
Mann–Kendall for trends [22,23] when there are “no correlations” between the underlying processes
and trends can hardly appear in limited segments of an infinite stationary time series.

In the case of correlations, the assumption is that the underlying processes are stationary (free of
systematic trends) and serially independent, that is, Xt and Xt+1 for any t are independent. In the case
of trends, the assumption is the independence of X′t. However, in geophysical cases, these assumptions
are not satisfied—the result is that the null hypotheses are more often falsely rejected (i.e., in cases
where there are no correlations or no trends [22] than stipulated by the significance level (normally 5%).

A practical remedy for avoiding such errors is to deal with normalized series (mean = 0,
standard deviation = 1) X′t (and Y′t ) as follows:

(1) “detrend” the time series before testing for correlations between two time series Xt and Yt. Firstly,
determining the linear fit f X

t and f Y
t , and then do the hypothesis testing with X′t = Xt − f X

t and
Y′t = Yt − f Y

t
(2) “prewhiten” the time series, by first determining the sample autocorrelation α = 1/L∑t XtXt+1

of the time series Xt of length L, and forming a series X′t = Xt − αXt, and then testing for the null
hypothesis of no trend.

For both cases, the standard routines are applied. If the null hypothesis is rejected at the
stipulated significance level of 5%, then the sample trend f X

t , or the sample correlation 1/L∑t XtXt+1,
is considered “significant”.

3. Annual SST Changes

Figure 3 shows the time series of regional averaged annual mean SST, maximum SST and
minimum SST anomalies in the ECS from 1982 to 2017, as well as AR SST, which was defined as
the difference between the annual maximum SST and minimum SST. The annual mean SST increased
at a rate of 0.21 ± 0.08 ◦C per decade, significant at the 95% level (p < 0.05) (Figure 3a). The warming
trend is higher than the global average SST warming rate of 0.15 ± 0.03 ◦C per decade from 1982 to
2017. Moreover, we found that the largest annual mean SST anomaly appeared in 1998, followed by
the second largest SST anomaly in 2016. Both of the 1997/1998 and 2015/2016 El Niño events are
by far the strongest El Niño events since the beginning of the 20th century [24,25]. The SST peaks
were probably caused by the low-frequency El Niño/Southern Oscillation (ENSO) variabilities [26,27].
When ENSO is closely related to the East Asian Monsoon [28,29], it can lead to weaker than normal
East Asian Winter Monsoon (EAWM) and a stronger west Pacific subtropical high (WPSH) [8,30–32],
and also favors an abnormally high SST in the marginal seas.

The general warming may have been mainly caused by anthropogenic increase in atmospheric
CO2 concentration [33], and partly by the urbanization effect around the observational stations.
In this subsection, however, we further analyzed the possible relationship between the warming
and the large-scale atmosphere circulation modes. As shown in Figure 4a–c, the WPSH indices of
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area and intensity notably increased during 1982–2017, in contrast to the westward extension index,
which notably decreased with the longitude of the western edge of the WPSH ridge decreasing.
The strengthening and westward extension of the WPSH could have caused strong descending motion
and contributed considerably to the surface warming in study region. It is clear that the EAWM
index shifted through several phases during 1982–2017 (Figure 4d). The EAWM index decreased
during 1982–1997 and increased notably after 1998. During this whole period, there was no significant
tendency for the EAWM index. Thus, an increasing SST during 1982–2017 is probably related to the
influence from the recent strengthening and westward extension of the WPSH.

To better examine changes in the minimum and maximum SST over time, statistical distribution
of the annual mean SST at two 18-year periods were calculated; one covering 1982–1999, and the
other one covering 2000–2017 (Figure omitted). A shift in the annual mean SST was noticeable.
The mean SST shifted by 0.35 ◦C, from 20.62 ◦C to 20.97 ◦C. Slight changes in mean climate can
cause disproportionally larger changes in the intensity and frequency of extremes [34,35]. During this
study period, the increasing rate of the annual minimum SST anomalies is 0.21 ± 0.18 ◦C per decade,
significant at the 95% level (p < 0.05) (Figure 3b). The annual maximum SST increased at a rate of
0.20± 0.13 ◦C per decade, significant at the 95% level (p < 0.05) (Figure 3c). However, during the studied
period, regional averaged AR SST showed an insignificant decreasing range trend of −0.02 ± 0.02 ◦C
per decade (Figure 3d), which may due to the similar warming amplitudes of annual maximum and
minimum SST.
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extremely rapid warming observed in the western ECS [4,36]. However, the other significant 
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Figure 4. Time series of summer mean (black lines) and 9 year running mean (shaded lines) indices
from 1982–2017 of the west Pacific subtropical high (WPSH): area (a), intensity (b), westward extension
(c), and time series of the East Asia winter monsoon Index (d). Data are all from the Chinese National
Climate Center (CNCC).

Spatially, the significant high warming rates of the annual mean SST appear in the western ECS
and part of the ECS-Kuroshio, exceeding 0.2 ◦C per decade (Figure 5a). In them, warming rates of
the Yangtze River estuary are especially large, up to 0.4 ◦C per decade. The rapid warming in the
western ECS coincides with the previous findings [7,8]. Studies pointed that the stream temperature
in the vicinity of the Yangtze Estuary had increased by ~2 ◦C since 1986, thereby contributing to the
extremely rapid warming observed in the western ECS [4,36]. However, the other significant warming
at the ECS-Kuroshio has not been captured using the coarse SST grid dataset in the previous studies.
There are weak cooling trends occurs in the west of the Korea Island in Figure 5a which were not
clearly shown in the previous studies and needs a further investigation.
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We also estimate the trends distribution of annual minimum and maximum SST in the study region
(Figure 5b,c). Comparing to the rapid warming of minimum SST in the range of the ECS-Kuroshio and
the Yangtze River estuary, the maximum SST shows clear increasing in the most part from the northern
ECS to the Bohai Sea. The inter-annual SST variability in the ECSs is not only associated with large-scale
climate oscillations in the Pacific (for instance, Pacific Decadal Oscillation, North Pacific Oscillation,
East Asia Monsoon, ENSO, etc.) but also affect by many local processes, including the Yangtze River
discharge, Kuroshio, and East Asian Monsoon, etc. The complex local processes may lead to regional
differences in trends. Wu et al. [6] related the phenomenon of high SST increasing trend along the
western Pacific marginal seas to the poleward shift and the intensification of the Kuroshio. In boreal
winters, weakening northeasterly winds after 1982 would strengthen the northward advection of the
Kuroshio and its cross-shelf currents into the ECS, due to a strong southward upper Ekman drift [31].
It is actually coincident with the finding that a rapid warming of annual minimum SST in the range
of the ECS-Kuroshio. As shown in Figure 5d, there is an out-of-phase change on both sides of 30◦ N
(Figure 5d). The AR SST is notably weakened in the band of the ECS-Kuroshio, with the decreasing
center located at (127–128◦ E, 28-30◦ N). The decrease of the AR SST is associated with a rapid warming
of the minimum SST and the slow warming of the maximum SST. AR SSTs in the Bohai Sea and the
Yellow Sea are increasing, except some much small areas.
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4. Changes in the Extreme Events and Their Relationship with Mean SST

In this section, we examine the changes of extreme SSTs based on the daily OISST v2. Figure 6
exhibits the time series of regional averaged annual EHDs and ECDs in the study region. The number
of annual EHDs significantly increased, at a rate of 15.2 days per decade (significant at the 95% level,
p < 0.05). In contrast, the number of annual ECDs remarkably decreased, at a rate of 10.5 days per
decade (significant at the 95% level, p < 0.05). Annual EHDs and ECDs are positively (0.80) and
negatively (-0.92) correlated with annual mean SST, respectively. In general, the increase of EHDs is
accompanied by a decrease of ECDs (r = −0.76, p < 0.01). Therefore, the region with higher warming
rates tends to have more EHDs and less ECDs. Spatially, significant increases in the frequency of EHDs
were observed over the western ECS and the Bohai Sea (near shore areas even exceeding 20 days per
decade), in association with a decrease in the frequency of ECDs simultaneously in Figure 7. This high
rate is consistent with a rapid warming of annual mean SST in the western ECS. Lima and Wethey [17]
studied trends of coastal warm and cold days in the world’s coastlines from 1982 to 2010 using OISST
v2. They detected an increase in EHDs on the range of 10~20 days per decade and the decrease in
ECDs on the range of 5~15 days per decade in the coastline of the China Seas, consistent with our
finding of the rapid increase of EHDs in the coastal areas.
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5. Summary and Discussions

Our main goal in this paper was to characterize the changes in mean and extreme SST in the ECSs.
For this purpose, we used the NOAA OISST v2, which has high spatial and temporal resolutions.
The analysis of SST variability in the ECSs successfully lead to a better understanding of this marine
environment, including climate related hydrographic and ecosystem trends. The main findings of the
present study can be summarized as follows:

(1) As a regional average, annual mean SSTA over the ECSs is subject to more notable warming trend,
with a rate of 0.21 ± 0.08 ◦C per decade which is higher than the global mean trend based on the
same data set during 1982–2017. The most significant warming was observed at the western ECS
and the Bohai Sea. The warming SST during 1982–2017 is probably related to the influence from
the recent strengthening and westward extension of the WPSH.

(2) Our results indicate that there are significant warming tendencies in annual minimum SST and
maximum SST. Compared to the rapid warming of maximum SST from the northern ECS to the
Bohai Sea, the rapid warming of minimum SST mainly covers the western ECS and part of the
ECS-Kuroshio. AR SST shows an out-of-phase change on both sides of 30◦ N during 1982–2017.

(3) Rapid decreases in EHDs and increases in ECDs were detected in the ECSs from 1982 to 2017,
at a rate of 15.2 days per decade and 10.5 days per decade, respectively. Spatially, the notable
increases in the frequency of EHDs were observed in almost all of the ECSs, especially in the
Bohai Sea and the western ECS, exceeding 20 days per decade.

Significantly higher SSTs above average in some area are implicated in dramatic changes to the
physical, chemical and biological state of the marine environment. It is worth noting that our analysis
indicates that the warming trend in the ECSs is greater than the trend of the global averaged SST.
This finding is consistent with previous results based on different SST data sets [6,8]. The increase
in SST makes the abundance of warm water species and the decrease of warm-temperate species
in the Yangtze Estuary area [37–39]. Also, it can cause latitudinal shifts in species distributions [39].
Moreover, exposure and vulnerability to extreme events can destroy marine fishery assets and
infrastructure. For instances, extreme higher water temperature can lead to abnormal metabolism
of scallop, a cold-water species [40]. In the boreal summer of 2017, Zhangzi Island (122.7◦ E and 39◦

N) of the Yellow Sea had experienced more than 40 EHDs, with the maximum daily SST anomaly of
4.12 ◦C. Under such conditions, scallop could not absorb nutrients normally, resulting in malnutrition,
bacterial infection and eventually inducing widespread mortality of scallops in this area.

Currently, the frequency and intensity of extreme events are increasing globally as a consequence
of anthropogenic and natural climate change influence [3,33]. The latest research points out that
the human-induced global warming has never stopped and the human influence is dominant in
long-term warming [41]. In the present study, we found the likelihood of extreme hot events increases
from 1982 to 2017 in the ECSs, especially in the sub-regions of the Bohai Sea and the western ECS.
Given the continued global warming, there will be more frequency and intense extreme hot events in
the study region. Given the information mentioned above, contemporary warming events are possibly
superimposed onto the warming trends, increasing the risk of extreme SST events on marine ecosystem.
Thus, better targeted strategies should be designed for an adaptation and mitigation against specific
types of hot extremes as early as possible.
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1 INTRODUCTION

Increasing concentrations of greenhouse gases in the
atmosphere and rising global temperature have prompted
increasing attention from the academia, the public, and
governments on environmental problems related to global
climate change (Qin [1]). The Fifth Assessment Report of
the IPCC claims that evidence of the warming of the
climate system is irrefutable. Global combined land and
ocean temperature data show an increase of
approximately 0.85℃ during 1980 -2012, which is
considered the warmest period since the Industrial
Revolution (IPCC5 [2]). The Second National Assessment
Report on Climate Change states that annual mean
ground temperature in China increased by 1.38℃during
1960 -2009, which is much lower in the Northern
Hemisphere (Second National Assessment Report on
Climate Change[3]). Since the late 1970s, the main areas of

warming in China have been in the northwest, northeast,
and northern China (Shi et al. [4]). Global climate change
has had an important impact on the interdecadal change
of the seasons in China (Gong et al.[5]; Zhang et al.[6]; Shen
et al. [7]). Therefore, studying season duration in China
could clarify its spatial characteristics, elucidate its
sensitivity to meteorological elements, and reveal its
interdecadal variation, which will help determine the
impact of global climate change on the characteristics of
the seasons in China. This will be beneficial for
improving societal adaptability to global climate change,
and for achieving sustainable and harmonious
socioeconomic and environmental development (Lu et
al. [8]).

Seasons can be distinguished based on astronomical,
phenological, climatological, and meteorological
classification systems (Zeng et al. [9]). In meteorological
research, the study of seasons focuses primarily on two
considerations: atmospheric circulations and
meteorological elements. Each perspective has its specific
rationality and limitations. Dividing seasons using
atmospheric circulations can better explain the dynamic
mechanism and abrupt change of each season, but this
method is specific to individual regions and the outcome
is not very accurate. Dividing seasons using
meteorological elements can produce results for each
region that are more accurate, but they can be difficult to
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explain in terms of theory and dynamic mechanisms. In
addition, the influence of the climate system on season
duration is a complex, highly nonlinear, scale-free,
multilevel, and forced dissipative system (Guo et al. [10];
Hao et al. [11]), the variation of which is a nonstationary
process (Gong et al.[5]; Li et al.[12]). Thus, existing methods
for dividing seasons have certain limitations in terms of
comprehensive and accurate assessment of the response
of climate change to global warming (Zhang et al. [13]).

Many studies have been undertaken regarding the
division of seasons in China. Previous studies based on
atmospheric circulations (e.g., Zhu [14]; Tu et al.[15]; Ye et
al. [16]; Zhang et al. [17]; Yuan et al. [18]; Fan et al. [19]) have
focused mainly on monsoons and other large-scale
circulations and their division standards have tended to be
qualitative. Earlier studies based on meteorological
elements (e.g., Zhang [20]; Zhu [21]; Zhang et al. [22]; Liao et
al. [23]) have used a single element or multiple elements.
Such studies have tended to focus on the seasonal
variation of certain meteorological elements, e.g.,
temperature, from which they might have artificially
derived some quantitative division standards. Thus, these
methods might be incapable of comprehensively
revealing the main characteristics of seasonal variation,
and generalizations alone cannot predict climatic change
scientifically (Liu et al. [24]).

By considering the shortcomings of both approaches,
Zeng et al., Zhang et al. and Xue et al. have all proposed
adopting the similarity measurement method for the
division of seasons to obtain results that are more
objective and quantitative[9, 25, 26]. Based on the similarity
measurement method, Sun et al. and Hou et al. suggested
a new approach to the division of seasons using
multielements to structure the climate fields [27, 28], which
makes the division more accurate and comprehensive.
However, the sensitivity of season duration to
meteorological elements in China has not been studied
previously, and related studies on the interdecadal
variation of regional seasonal characteristics are lacking.
In this study, we divided the seasons during 1950-2016 in
Chinese mainland using NCEP/NCAR gridded daily
reanalysis datasets and the multielements similarity
measurement method. Moreover, we also investigated the
sensitivity of season duration to the meteorological
elements. In addition, we analyzed the interdecadal
variation of season duration in China and its key impact
element. The results provide a unique picture of climate
change characteristics in China from the prospective of
season duration.

2 DATA AND METHODS

2.1 Data
To investigate season duration in Chinese mainland

and its key impacting element, we used 1950 -2017
NCEP/NCAR gridded (2.5°×2.5°) daily reanalysis surface
datasets of temperature (T), relative humidity (RH),
pressure (P), zonal wind (U), and meridional wind (V). In

this study, data acquired on February 29 of leap years
were removed so that each year comprised of 365 days
and 73 pentads.
2.2 Regional division

According to our research needs and China’s
Physical Geography (1995), China was divided into eight
areas, as shown in Fig. 1. Area 1 covered northeast China
(42°-54°N, 110°-135°E), including Heilongjiang, Jilin,
Liaoning and the northeastern parts of Inner Mongolia,
and it incorporated 55 and 35 grid points within and near
China, respectively. Area 2 encompassed northern China
(34° -42°N, 110° -128° E), including Hebei, Shandong,
eastern Shanxi, Beijing, and Tianjin, and it included 21
and 17 grid points within and near China, respectively.
Area 3 was central China (27° -34°N, 110° -123° E),
including Jiangsu, Zhejiang, Anhui, Henan, Hubei, and
some adjacent regions, and it included 18 and 15 grid
points within and near China, respectively. Area 4
covered southern China (18° -27° N, 110° -123° E),
including Guangdong, eastern Guangxi, the annexes,
southwestern Jiangxi, southern Hunan, Hainan, and
Taiwan, and it incorporated 18 and 12 grid points within
and near China, respectively. Area 5 encompassed eastern
parts of northwest China (37° -45° N, 95° -110° E),
including the middle part of Inner Mongolia, western and
northern Shaanxi, Ningxia, and northern Gansu, and it
covered 18 grid points in China. Area 6 included western
parts of northwest China(37°-49°N, 73°-97°E), including
Xinjiang, and it encompassed 40 and 31 grid points
within and near China, respectively. Area 7 covered
southwest China (22° -37° N, 97° -110° E), including
Yunnan, Guizhou, western Guangxi, Sichuan, Chongqing,
western Hunan, and southern Shaanxi, and it included 30
and 29 grid points within and near China, respectively.
Area 8 was Tibet (27° -37° N, 78° -97° E), including
southwestern Tibet and Qinghai, and it incorporated 28
and 25 grid points within and near China, respectively.
2.3 Method used for season division

The multielements similarity measurement method,
adopted in this study to divide seasons, was implemented
as follows. (1) Five days were taken as a pentad and
365-day daily mean data of the five climate elements
were obtained to form 73-pentad pentad mean datasets,
from which we constructed a climate state function F(θ,
λ, p, t) of time t at (θ, λ, p, t),

F(t)=(P, T, RH, U, V) (1)
where P, T, RH, U and V represent pressure, temperature,
relative humidity, zonal wind, and meridional wind,
respectively. F(t) is a vector field formed by the five
climate elements that vary with time. (2) Based on the
similarity measurement method, we recorded the mean
fields of January (winter) and July (summer) as FW and FS,
respectively. Eliminating the mean of the two fields, F*=
(FW+FS)/2, we obtained the typical fields of winter and
summer, F

′

W and F
′

S , respectively. (3) At every pentad, we
eliminated F* to obtain the deviation of pentad mean
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typical field F
′
(t), F

′
(t)=F(t)-F*. (4) Finally, we calculated

the similarity coefficient R(t) between F
′
(t) and F

′

W (or F
′

S )
of each pentad:

R(t) =(F
′
(t), F

′

W )/[‖F
′
(t)‖·‖F

′

W‖]. (2)
In Equation (2), each variable on the right is a

vector, so the inner product and norm are those of the
vector. Here, F

′

W and F
′

S are two opposite vectors, so only

F
′

W or F
′

S need to be used to calculate R (t). Here, R (t)
characterizes the similarity between the climate anomaly
field and the typical field of winter (or summer) in each
pentad. When the similarity is above/below a certain
threshold, we can consider the season to have changed.

According to the projection angle of R(t) ,
θ=arccosRw(t); therefore, the following criteria for season
division are derived, following Xue et al.[26]:

0≤θ≤π/4 (winter)
3π/4≤θ≤π (summer)
π/4＜θ＜3π/4 (spring or autumn)

≤
≤
≤≤
≤
≤
≤
≤
≤

2.4 The complementarity index
We examined the complementary relationship

between the lengths of two seasons in China. The
complementarity index is used in economics to measure
the degree of coincidence between the export products of
one country and the import products of another country.
Based on the complementarity index proposed by the
economist Drysdale[29], we made a simple modification to
the calculation to obtain an index that could express the
complementarity relationship between the durations of
two seasons:

Cab=-k·[LTa-LTa/LTa]·[LTb-LTb/LTb] (3)
where Cab represents the complementarity of season
duration between season a and season b; LTa and LTb

represent the duration of season a and season b at grid
points, respectively; LTa and LTb represent the average
duration of season a and season b in China, respectively;
k is a constant. If Cab is positive, it means that the
durations of seasons a and b are complementary, and the
larger the value of Cab, the stronger the complementarity.
If Cab is negative, it means that the durations of seasons a
and b do not have complementarity.
2.5 Sensitivity analysis

Sensitivity analysis is an effective method with
which to understand and evaluate a model, i.e., by
keeping other elements the same, the effects caused by a
change of one parameter can be analyzed (Yi et al. [30]).
Sensitivity analysis was adopted to determine the key
impact element of regional season duration, which might
help explain the derived changes of season duration.
Sensitivity of season duration (SD) to meteorological
element (X) can be obtained using partial derivatives, i.e.,
坠SD/坠X. Because of the different dimensions and scales of
different elements, we first needed to nondimensionalize
the variable (McCuen [31]):

S= 坠SD坠X ·
｜X｜
SD (4)

A simple and effective method for calculating the
relative sensitivity coefficient is to use an approximate
solution of the finite difference of the Taylor series
expansion (Hupet and Vanclooster [32]; Lenhart and
Eckhardt [33]):

S= ΔSDΔX ·
｜X｜
SD (5)

Figure 1. Division of study regions in China.
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where ΔX is the change of a meteorological element, and
ΔSD is the change of season duration caused by ΔX. The
greater the absolute value of S, the higher the sensitivity
of season duration (SD) to X, and the greater the impact of
X on season duration (SD). The relative sensitivity
coefficient is dimensionless; therefore, it is convenient for
comparing the impacts of different meteorological
elements on season duration (Yi et al. [30]).

In this study, each time we changed one
meteorological element with value μ and kept the other
elements the same, we calculated SD and S. By
comparing the absolute value S of different
meteorological elements, we defined the meteorological
element with the greatest absolute value S as the key
impact element. Normally, the value of μ is not constant
and it should be adjusted. Based on many experiments,
we choose a value of μ= 20% in this study (Goyal [34]). To
illustrate the sensitivity of season duration to
meteorological elements, certain figures in this paper use
different colors to represent different meteorological
elements, and circles and triangles are used to reflect
positive and negative values of the sensitivity of the key
elements, respectively. A positive value indicates that the
key element has positive effect on season duration, and an
increase of that element would lead to an increase of
season duration, and vice versa.

3 SPATIAL DISTRIBUTION OF SEASON
DURATION IN CHINA AND KEY IMPACT
ELEMENTS

3.1 Season duration

Most previous related studies (e.g., Zhang et al. [13];
Xue et al. [26]; Huang et al. [35]) have focused mainly on the
time of the onset of specific seasons and thus regional
season duration has not been studied extensively. Here,
we analyze the spatial distribution of season division in
Chinese mainland during 1950-2016 (Fig. 2) using the
multielements similarity measurement method. In the
Liaodong Peninsula and the north, southwest, and eastern
parts of northwest China, spring duration is above 17
pentads (Fig. 2a) and much longer than in other regions of
the country. Areas in which spring has an obviously
shorter duration (<10 pentads) are distributed mainly in
southern China, northern parts of northeast China,
western parts of the Tibet Plateau, and Xinjiang. Spring
duration shows obvious north-south and east-west
differences. Similar differences exist in summer (Fig. 2b)
but with a converse distribution of areas with longer and
shorter duration. The duration of summer on the
Liaodong Peninsula, in northern China, and in eastern
parts of northwest and southwest China is much shorter
(<20 pentads) than in other areas, whereas summer
duration is above 27 pentads in southern China, on the
Tibet Plateau, and in Xinjiang. Comparison of Fig. 2a and
2b reveals an opposite relationship between the duration
of spring and summer in most regions of China. It means
that in a region where spring duration is long, summer
duration will be short, and vice versa.

The definitions of warm and cold seasons are
slightly different for different regions (Lin et al. [36]; Lin et
al. [37]; Shi et al. [38]). Shi et al. defined the sum of normal
spring and summer as the warm season, and the sum of

Figure 2. Spatial distribution of 1950-2016 mean season duration in China: (a) spring, (b) summer, (c) warm season, (d) autumn, (e)
winter, and (f) cold season.
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normal autumn and winter seasons as the cold season in
east China [38]. Other earlier studies have also roughly
defined the warm and cold seasons as extending from
March to August and from September to February,
respectively. However, few studies have focused on the
durations of warm and cold seasons defined using an
objective division method. The spatial distributions of the
duration of the warm and cold seasons in China during
1950 -2016, defined using the similarity measurement
method, are shown in Fig. 2c and 2f, respectively. As the
results are averages of many years, the durations of the
warm and cold seasons are reasonably fixed, which leads
to almost opposite spatial distributions of duration
between the two seasons. The spatial distribution of warm
season duration shows obvious zonal differences, i.e.,
shorter in eastern areas and longer in the west. The
distribution features are obviously opposite for the cold
season. Furthermore, the duration distribution also
presents obvious meridional differences in east China,
reflecting a short-long-short-long pattern in warm season
duration from north to south, but a long-short-long-short
pattern in cold season duration. These differences are
likely due to both the different dominant elements
affecting season duration in each region and the seasonal
variation characteristics of meteorological elements.
3.2 Interseasonal complementarity index in China

We also calculated the complementarity index
between spring and summer durations, between autumn
and winter durations, and between warm and cold season
durations. Except for some regions (i.e., middle and lower
reaches of the Yangtze River, northern parts of northeast

China, and southeastern parts of Tibet), the
complementarity of season durations in spring and
summer is significant (Fig. 3). The regions with strong
complementarity of season duration in autumn and winter
are concentrated mainly in western regions (i.e., west of
110° E), including western Xinjiang, northern Tibet,
southwest China, and eastern parts of northwest China,
while there is no complementarity in eastern regions. The
spatial distribution characteristics of complementarity are
consistent with the spatial distribution characteristics of
season duration shown in Fig. 2, indicating that the
complementarity coefficient can well reflect the
complementary characteristics of the seasons. Because of
the complementarity illustrated in Fig. 3a and 3b, the
duration of the warm (cold) season shown in Fig. 2 varies
slightly in most parts of China. The regions with longer
and shorter (shorter and longer) seasons in Fig. 2c (2f)
correspond well with those without complementarity in
Fig. 3a (3b). Because the sum of the durations of the cold
and warm seasons is reasonably constant,
complementarity between the cold and warm seasons
exists throughout the entire country, although it is
generally weak. The regions with longer and shorter
(shorter and longer) warm (cold) seasons correspond well
with those with strong complementarity in Fig. 3c.
Evident complementarity of season duration exists
between spring and summer, autumn and winter, and the
cold and warm seasons and, to a certain extent, it can
explain the spatial distribution characteristics of season
duration.

Figure 3. Spatial distribution of complementary index between two seasons. (a) Complementary index between spring and summer;
(b) between autumn and winter; (c) between warm and cold seasons. Black solid line indicates significant complementarity.

3.3 Key impact elements
We investigated the sensitivity coefficient of season

duration to meteorological elements, and we defined the
one with the maximum absolute value as the key impact
element. The results are presented in Fig. 4. In
accordance with the definition of regions in section 2.2,
the first two main elements affecting season duration are
listed in Table 1.

The main element affecting spring duration in China
is pressure (Fig. 4a), while other elements have relatively
small impact. The impact of each element on spring
duration is largely positive, indicating that an increase of

any element would lead to an extension of the duration of
spring. Regionally (Table 1), the second major element
affecting spring duration in the eastern region is
temperature, while the second major element affecting
spring duration in western region is meridional wind.
Among all regions, spring duration in northeast China is
affected mostly by pressure; conversely, spring duration
in northern China is affected least by pressure and
influenced more by temperature and relative humidity.

Throughout the entire country, summer duration is
affected greatly by relative humidity and pressure, while
the influence of meridional wind is relatively small and
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confined mainly to central China. The effects of air
pressure and meridional wind on summer duration are
both negative, while the effect of relative humidity is
positive. In regions other than northern China and central
China (Table 1), the effects of air pressure and relative
humidity are reasonably strong. In northern China, the
influence of relative humidity on summer duration is the
greatest. In central China, the influence of relative
humidity on summer duration is the smallest, but the
influence of meridional wind is enhanced.

Figure 4c shows that autumn duration in northwest
China and Tibet is affected mainly by relative humidity
and temperature; the effect of temperature is positive,
while that of relative humidity is negative. Autumn
duration in east and southwest China is affected mainly
by pressure, and the effect of pressure in east China is
negative. In addition, the influence of relative humidity is
reasonably strong in all regions except central and south
China (Table 1).

The main characteristics of the distributions of the
key elements affecting winter duration (Fig. 4d) are that
winter duration in Tibet is affected mainly by relative
humidity, while that in other areas is affected mainly by
pressure. In northern China, winter duration is also
affected by temperature. The effects of relative humidity
and air pressure are mainly positive, while the effect of
temperature is mainly negative. Winter duration in
southern China is affected mostly by pressure; thus,

winter duration would increase as pressure increases.
In conclusion, there are obvious regional differences

in the spatial distributions of the key elements affecting
season duration in China. In summer, autumn, and winter,
regional differences are obvious and the key impact
elements exhibit evident differences between eastern and
western China, consistent with the regional differences of
season duration. Eastern China is characterized as a
monsoon area; thus, the key impact element on season
duration has a clear meridional distribution. Western
China encompasses the monsoon marginal zone, westerly
climate zone, and plateau climate zone; thus, the climate
is more complex. In addition, the underlying surface
condition has clear regional differences, and there is
greater variety in the key elements that affect season
duration in this area. Therefore, the spatial distribution is
reasonably scattered, and the sign of the sensitivity of
season duration to the key impact element is different in
the western region. Furthermore, to a certain extent, the
distribution of the key elements affecting season duration
shown in Fig. 4 corresponds to the spatial distributions of
season duration shown in Fig. 2. If we consider the
seasonal variation of meteorological elements and the
distributions of the key elements concurrently, we can
infer the season duration in each region. The distributions
of the key elements affecting season duration can explain,
to a certain extent, the spatial distribution of season
duration.

Figure 4. Spatial distribution of key impact elements on season duration: (a) spring, (b) summer, (c) autumn, and (d) winter. Circles
(triangles) indicate that sensitivity coefficient is positive (negative).
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4 INTERDECADAL CHANGE OF SEASON
DURATION AND ASSOCIATED KEY IMPACT
ELEMENTS

4.1 Change of season duration
To analyze the decadal change of season duration,

we used anomaly histograms of season duration in China
over the past 67 years (Fig. 5). The 9-point smoothing
curves shown in Fig. 5 reveal obvious interdecadal
variation in season duration during the late 1970s and
early 1980s.

Area 1

Area2

Area3

Area4

Area5

Area6

Area7

Area8

Table 1. Percentage of the first two main elements affecting the duration of the four seasons in China. P: barometric pressure, R:
relative humidity, T: temperature, U: zonal wind, and V: meridional wind. Positive (negative) values mean positive (negative)
sensitivity.

1st
2nd
1st
2nd
1st
2nd
1st
2nd
1st
2nd
1st
2nd
1st
2nd
1st
2nd

Spring

+P(82.86%)
+T(11.43%)
+P(41.18%)

+T,+R(23.53%)
+P(66.67%)

+R,+V(13.33%)
+P(58.33%)
+T(25%)

+P(66.67%)
+V(22.22%)
+P(58.06%)
+V(22.58%)
+P(41.38%)
+R(13.79%)
+P(44%)
+V(24%)

Summer WinterAutumn

-P(65.71%)
+R(22.86%)
+R(100%)

0
-P(46.67%)
-V(33.33%)
+R(50%)

-P,-U(25%)
+R(50%)

-P(44.44%)
+R(58.06%)
-P(41.94%)
-P(41.38%)
+R(34.48%)
-P(68%)

+R,+U(12%)

-P(62.86%)
-R(22.86%)
-P(76.47%)
-R(17.65%)
-P(100%)

0
-P(91.67%)
+V(8.33%)
+T(33.33%)
-R(33.33%)
-R(32.26%)
+T(29.03%)
+P(31.03%)
-P(27.59%)
-R(68%)
-P(12%)

+P(94.29%)
-T(5.71%)
+P(88.24%)
-T(11.76%)
+P(100%)

0
+P(100%)

0
+P(44.44%)
-T(38.89%)
+P(48.39%)
-T(19.35%)
+P(68.97%)
+R(17.24%)
+R(80%)
+P(16%)

Figure 5. Annual variation of season duration in China during 1950-2016: (a) spring, (b) summer, (c) autumn, and (d) winter. Red
curve is the 9-point FFT smooth curve.
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Following previous research (e.g., IPCC [2]; Shi et
al. [39]; Zhao et al. [40]; He et al. [41]; Gong et al. [42]), we
compared the season durations of the two periods of
1950-1980 (period 1) and 1981-2016 (period 2). The
differences of season duration between the two periods
are presented in Fig. 6. Fig. 6a shows that the change of
spring duration shows obvious meridional differences after
1980, i.e., spring duration in the eastern region increases,
while that in the western region decreases. The increased
high-value areas include northern parts of northeast China,
eastern parts of northern China, eastern parts of northwest
China, and South China. The decreased high-value areas
cover almost the entire western region. The change of
spring duration in each of the above areas is greater than
two pentads. The meridional differences are the same(Fig.
6b) but the pattern is the opposite. Summer duration
increases in the eastern region and decreases in the
western region. In southern and eastern Tibet, summer
duration increases most. In northern parts of northeast

China, northern China, and eastern parts of northwest
China, summer duration decreases most. The change of
summer duration in each of the above areas is greater
than two pentads. The changes of spring and summer
durations after 1980 show obvious differences between
areas to the west and east of 105° E (Fig. 6a and 6b,
respectively). This difference in distribution corresponds
well with the regional differences of the key impact
elements, and it suggests the regional differences of
duration changes might be related to the regional key
impact elements. There is a reasonable complementary
relationship between the changes of spring duration and
summer duration. It means that in a region where spring
duration increases, summer duration might decrease
correspondingly, and vice versa. Because of this
complementary relationship, changes in the duration of
the warm season in most areas of China are reasonably
small (Fig. 6c); however, overall, the warm season
duration is shortened.

Figure 6. Difference (period 2 minus period 1) of season duration between 1950-1980 (period 1) and 1981-2016 (period 2): (a)
spring, (b) summer, (c) warm season, (d) autumn, (e) winter, and (f) cold season. Shading indicates area of significant change.

Although the changes of autumn and winter
durations have meridional differences, they occur mainly
in western parts and are smaller than in spring and
summer. The areas of significant increase in autumn
duration are northern parts of northeast and central China
and some western parts of northwest China. The areas of
significant decrease in autumn duration are eastern Tibet
and some western parts of northwest China. Overall,
autumn duration is decreased in the west and increased in
the east. The areas of significant increase in winter
duration are eastern Tibet and northern Xinjiang. Thus,
winter duration is increased in the west and decreased in
the east. Furthermore, although the cold season duration

(Fig. 6f) is increased, its change is reasonably small in
most parts of China.

From the above, we know that the interdecadal
variation between spring and summer durations is
different to that between autumn and winter durations.
Furthermore, the meridional differences of the
interdecadal variation are obvious. The interdecadal
variation in spring and summer is concentrated in
northern and western regions. In autumn and winter, the
interdecadal variation does not show obvious meridional
differences, and it occurs mainly in northern and western
regions. The regions of significant interdecadal change in
our study are like those found in other research (e.g.,
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Zhou et al. [43]). In addition, the interdecadal variations of
cold and warm season durations are different. Overall, the
warm season duration China decreased and the cold
season duration increased. Because the sum of the cold
and warm season durations is reasonably fixed, the areas
of significant change in cold and warm season durations
are similar, i.e., concentrated mainly in the area of the
middle and lower reaches of the Yangtze River and
northern Xinjiang. Sections 3.1 and 3.3 highlighted that
the distributions of season duration are related closely
both to the distributions of the key elements and to the
changes of the meteorological elements. Without

considering the interdecadal variations of the
meteorological elements, the interdecadal variations of
the key elements affecting season duration will have
greater impact on the variation of season duration. The
interdecadal variations of the key elements affecting
season duration are discussed in the following paragraphs.
4.2 Changes of key impact elements

To further explore the interdecadal variation of
season duration in different regions, we determined the
differences of the key impact elements before and after
1980 (Fig. 7). We also calculated the changing percentage
(period 2 minus period 1) of five elements affecting

Figure 7. Distributions of the key elements affecting season duration before 1980: (a1) spring, (b1) summer, (c1) autumn, and (d1)
winter and after 1980: (a2) spring, (b2) summer, (c2) autumn, and (d2) winter. Circles (triangles) indicate that sensitivity coefficient is
positive (negative).
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Area1

Area2

Area3

Area4

Area5

Area6

Area7

Area8

Table 2. Percentage changes of the elements affecting season duration in China before 1980 (1950-1980) and after 1980 (1981-
2011). P: barometric pressure, R: relative humidity, T: temperature, U: zonal wind, and V: meridional wind. Positive and negative
values are sensitivity coefficients. Black (red) bold values indicate a change that is >10% (>20%).

P
R
T
U
V
P
R
T
U
V
P
R
T
U
V
P
R
T
U
V
P
R
T
U
V
P
R
T
U
V
P
R
T
U
V
P
R
T
U
V

Spring
Element

-2.86%
2.86%
0.00%
-2.86%
0.00%

-17.65%
5.88%
11.76%
11.76%
-11.76%
-13.33%
26.67%
20.00%
-6.67%
13.33%
-8.33%
8.33%
16.67%
-16.67%
0.00%
5.56%
0.00%
11.11%
11.11%
-5.56%
-3.23%
0.00%
12.90%
3.23%
-9.68%
-6.90%
20.69%
-3.45%
-6.90%
-3.45%
-12.00%
20.00%
4.00%
12.00%
24.00%

D value

AutumnSummer

5.71%
5.71%
-2.86%
-8.57%
2.86%
11.76%
0.00%
-5.88%
5.88%
0.00%

-20.00%
-20.00%
-6.67%
0.00%
6.67%
-8.33%
-8.33%
0.00%
0.00%
0.00%
5.56%
16.67%
-5.56%
0.00%
-5.56%
-6.45%
3.23%
-3.23%
0.00%
-6.45%
-6.90%
0.00%
0.00%
6.90%
-3.45%
-16.00%
0.00%
12.00%
0.00%

-12.00%

0.00%
-11.43%
-14.29%
2.86%
2.86%
0.00%
-5.88%
-5.88%
0.00%
0.00%
6.67%
-6.67%
0.00%
0.00%
0.00%
-8.33%
8.33%
0.00%
0.00%
0.00%
5.56%
0.00%
5.56%
-5.56%
-5.56%
-16.13%
-3.23%
0.00%
-3.23%
0.00%

-10.34%
6.90%
0.00%
0.00%
-3.45%
-20.00%
-8.00%
0.00%
0.00%
-4.00%

0.00%
-2.86%
0.00%
2.86%
0.00%
0.00%
0.00%
5.88%
0.00%
5.88%
0.00%
0.00%
0.00%
0.00%
0.00%
0.00%
0.00%
0.00%
0.00%
0.00%

-11.11%
0.00%
0.00%
-5.56%
-5.56%
-3.23%
-9.68%
0.00%
0.00%

-12.90%
3.45%

-17.24%
3.45%
-3.45%
-6.90%
12.00%
4.00%
-4.00%
-4.00%
0.00%

season duration in each region.
The key elements affecting the durations of spring

and summer in China changed markedly between the two
periods and the regions affected are distributed
throughout the country (Fig. 7). The key elements
affecting the durations of autumn and winter in China are
mainly in the western region, while the key element

affecting autumn is mainly in the northeastern region. For
ease of comparison of the changes of the key elements in
the two periods, Table 2 shows the change percentage of
first key element between the two periods in each of the
eight regions. The regions in which the key elements
changed markedly are distributed reasonably widely in
spring and summer, whereas they are concentrated mainly

Winter
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in the western region in autumn and winter. There is
reasonable correspondence between the regions with
large variation of the key elements and those with
significant variation of season duration (section 4.1),
indicating that the interdecadal variation of the key
elements could explain for, to a certain extent, the
interdecadal variation of season duration.

It can be seen from Fig. 7a1, 7a2, and Table 2 that
spring is the season in which the key elements change
most. In all areas except northeast China, the key
elements vary considerably, especially in central China,
southwest China, and Tibet. Moreover, the range of the
positive influence of temperature in the northern region
widens, the area of positive influence of relative humidity
in the southern region expands, and the influence of
meridional wind in Tibet gradually increases. These
changes might be attributable to increased sensitivity of
global warming to winter end time and summer start time
(i.e., spring duration can be calculated using winter end
time and summer start time) in the north, which leads to
greater influence of temperature over a wider range in
spring. In southern China and Tibet, the increasing
sensitivity of duration to relative humidity and meridional
wind, respectively, is attributable to the decrease of
precipitation and the reduction of meridional wind speed
in spring (Zuo et al. [44]; Yao et al. [45]).

In summer, the regions in which the key elements
change markedly are northern China, central China,
eastern parts of northwest China, and Tibet (Table 2), and
the region with significant change in the key elements is
central China. It can be seen from Fig. 7b1 and 7b2 that
the range of influence of relative humidity increases in the
north and decreases in the south, which might be related
both to the warming and drying of the north in summer
and to increased precipitation in southern coastal areas in
summer (Ren et al. [46]; Han et al. [47]; Jin et al. [48]; Liu et
al. [49]; Zhang et al. [50]).

The regions in which the key elements change
markedly in autumn are northeast China, western parts of
northwest China, southwest China, and Tibet (Table 2),
and the region with significant change in the key elements
is Tibet. The effect of relative humidity on autumn
duration in northeast China (Fig. 7c1, 7c2) is enhanced,
which might be attributable to the decrease of autumn
precipitation in this region (Liu et al. [51]). The change of
the effect of pressure in Tibet and its surrounding areas
might be related to the increase of high pressure after
1978 (Zhang et al.[52]). In winter, the changes of the key
elements are concentrated mainly in the west; however,
the changes are not significant and there are no obvious
trends.

In summary, between the two periods, the changes
of the key elements are concentrated mainly in the north
and west, consistent with the results of previous studies
(Shi et al. [4]; Zhou et al. [43]). The changes of the key
elements in southern areas are mainly in spring and
summer. The changes of the key elements in Tibet are

reasonably large in all four seasons, consistent with the
current interdecadal climate change on the Qinghai-Tibet
Plateau (Lu et al.[8]; Jin et al.[48]; Liu et al.[49]; Peng[53]).

5 CONCLUSIONS AND DISCUSSION

In this study, we investigated season duration in
China and we considered certain key impact elements
during 1950 -2016 using daily NCEP/NCAR reanalysis
datasets. We also explored their interdecadal changes.
The findings can be summarized as follows.

(1) Season duration in various regions of China
shows obvious meridional and zonal differences, as well
as close relationships with certain key impact elements. In
most regions, the high-value (low-value) areas of spring
duration correspond well with the low-value (high-value)
areas of summer duration, especially in autumn and
winter. The spatial distribution of warm season duration
shows obvious zonal differences, i.e., shorter in the east
and longer in the west; the spatial distribution of cold
season duration shows the converse. The duration
distribution presents obvious meridional differences in
eastern China, reflecting a short-long-short-long pattern
from north to south in the warm season, but a
long-short-long-short pattern from north to south in the
cold season.

(2) There are complementary relationships between
spring and summer durations, between autumn and winter
durations, and between cold and warm season durations,
which can explain, to a certain extent, the spatial
distribution characteristics of the durations of these
seasons. The complementary relationship between spring
and summer durations is the best and the regions of
complementarity are widespread. The complementary
regions of autumn and winter durations are concentrated
mainly in the western region. The complementary regions
of cold and warm season durations are widespread but
their relationships are weak.

(3) There are obvious regional differences in the
spatial distributions of the key elements affecting season
duration in China. The regional differences found in
summer, autumn, and winter are reasonably obvious and
reflected mainly in east-west and north-south directions.
To a certain extent, the spatial distributions of the key
elements affecting season duration correspond to the
spatial distributions of season durations.

(4) The interdecadal variation between spring and
summer durations is markedly different to that between
autumn and winter durations. The meridional differences
of the interdecadal variation in spring and summer are
obvious and concentrated in northern and western
regions, whereas there are no obvious meridional
differences in autumn and winter.

(5) The areas of significant interdecadal variation of
the key elements are concentrated in northern and western
regions, and they correspond well with the areas of
significant interdecadal variation of season duration.
Regions in which the key elements changed greatly are
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reasonably widespread in spring and summer but
concentrated mainly in the western region in autumn and
winter.

There were two principal reasons for choosing the
multielements method for this study. The first was that
the method adopted produces a measure of similarity,
reflecting the seasonal changes of the meteorological
elements. When there are more elements, each element
influences the result and the result is reasonably stable.
When there are fewer elements, the effect of a single
element increases; thus, the fluctuation of the division
results increases and the accuracy decreases. The second
reason was that the regional differences and the elements
affecting the seasonal variations are not the same. For
example, the differences in temperature and humidity
between seasons are large in the north but small in the
south, while the change of air pressure on the
Qinghai-Tibet Plateau is obvious. Therefore, we used the
similarity measure method and we selected the five basic

meteorological variables that could best reflect the
meteorological state in the process of season division. To
better consider the dynamic effects in seasonal division,
we also conducted an experiment only using zonal and
meridional winds to divide the four seasons in China. Fig.
8 shows the corresponding season duration distributions
of the two methods. The season durations of summer and
winter obtained by the two methods have reasonable
spatial similarity. The multielement partitioning method
reflects the seasonal partitioning characteristics in the
dynamic sense, because it already contains the wind
element, which also demonstrates the effectiveness of the
seasonal partitioning method. However, there are certain
differences between the two methods in the western
region and in northern China. This also shows that using
temperature and relative humidity for seasonal division
can also reflect, to a certain extent, the thermodynamic
characteristics.

Figure 8. A comparison of season durations determined by (left) wind elements and (right) multielements similarity methods: (a1, a2)
summer and (b1, b2) winter.

The results of season division obtained in this study
are not the same as derived using traditional seasonal
division methods. This is because our method focuses on
the change of the atmospheric state, i.e., when changing
from one stable atmospheric state to another.

We also investigated the interdecadal variation of
season duration in China and its key impact elements.
Such study can help elucidate the effects of global climate
change on human life and provide important scientific
support for studying regional climate change adaptation.
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The interdecadal variation of season duration varies in
different parts of China and the corresponding changes in
regional meteorological elements are also different.
Furthermore, the impact caused by each meteorological
element varies over time, which could have even more
influence on season duration in the relevant region than
the key element itself. Further investigation is needed to
understand the impact of such influence.

Acknowledgement: We thank James Buxton MSc from Liwen
Bianji, Edanz Group China, for editing the English text of this
manuscript.
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Abstract TheMadden‐Julian Oscillation (MJO) is a dominant intraseasonal variability originating in the
tropics and influencing global weather and climate. Despite this dominance, we still lack reliable precursor
signals triggering nonlinear initiation of primary MJO events. Here for the first time, we deal with this
question from the point of view of nonlinearity, with successful implementation of conditional nonlinear
optimal perturbation (CNOP). Our results show that relative to random perturbations, CNOPs of moisture
have the most potential to trigger the strongest primary MJO events more than 15–20 days in advance from
the given non‐MJO reference states. The CNOPs manifest as a moist equator and aggregate in the lower
troposphere, with stronger signals over the western Indian Ocean than over the eastern one. These CNOPs
can also capture the observational moist precursor conditions of primaryMJO events. This work also implies
the necessity of utilizing nonlinear optimal moist initialization in subseasonal predictions.

Plain Language Summary As a dominant intraseasonal (20–90 days) variability prevailing in the
tropics, the Madden‐Julian Oscillation (MJO) casts significant impacts on global weather and climate.
However, we still lack reliable precursor signals for MJOs initiating over the western Indian Ocean,
especially for primary events, that is, those without an immediately preceding MJO event. Here for the first
time, we deal with this topic from the point of view of nonlinearity, with the successful implementation of
conditional nonlinear optimal perturbation (CNOP). In particular, we find that our CNOPs can identify
the optimal precursors of primary MJO initiation. We examined four non‐MJO reference states, selected
based on both circulation‐ and convection‐based MJO indices. Although different reference states produce
different CNOPs, all tend to manifest as a moist equator and aggregate in the lower troposphere, with
stronger signals over the western Indian Ocean than over the eastern Indian Ocean. These CNOP‐type moist
precursor conditions are also found preceding the onset of observed primary events. We find that, relative
to random perturbations, CNOPs of moisture have the most potential to trigger the strongest MJO event
more than 15–20 days in advance. This work implies the necessity of utilizing nonlinear optimal moist
initialization to improve subseasonal (15–60 days) predictions.

1. Introduction

A remarkable feature of tropical mesoscale cloud clusters is their tendency to be organized as slowly east-
ward propagating (~5 m/s) convective envelops at a planetary scale (Nakazawa, 1988). This phenomenon
is known as the Madden‐Julian Oscillation (MJO; Madden & Julian, 1971, 1972). Widely recognized as the
dominant intraseasonal (20–90 days) variability prevailing over the tropics (Zhang, 2005), the MJO can cast
significant impacts not only on tropical systems but also on a variety of climate phenomena across different
spatial and temporal scales. These phenomena include (1) modulating the occurrence of extreme weather
(Ren et al., 2018; Ren & Ren, 2017; Xavier et al., 2014), (2) affecting the onsets and breaks of global monsoon
systems (Wang, Liu, et al., 2017; Zhou & Chan, 2010), (3) interacting with the extratropics by exciting Rossby
wave train and teleconnection (Henderson et al., 2017; Jones et al., 2004), and (4) contributing to the life cycle
of El Niño events (McPhaden, 1999). The successful prediction of the MJO, which bridges weather and cli-
mate (Zhang, 2013), is thus invaluable for saving and improving human lives around the world.

The MJO has intrigued scientific communities since it was first documented. Over the past four decades of
scientific pursuit, the MJO has become well understood as an equatorially trapped, unstably initiating,
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planetary‐scale circulation system (Li & Zhou, 2009; Wei et al., 2017), coupled with a multiscale convective
complex (Majda & Biello, 2004), moving eastward slowly with a rearward‐tilted (Kiladis et al., 2009), mixed
Kelvin‐Rossby wave structure (Chen &Wang, 2018a; Wang et al., 2018; Wang & Chen, 2016). In spite of sig-
nificant progress in simulating and predicting the MJO, there are still numerous long‐standing, fundamen-
tal, yet unresolved scientific questions about the MJO. One of the most challenging and least studied among
these is the identification of the optimal precursors that trigger the initiation of large‐scale, organized,
eastward propagating, deep convection of the MJO over the western Indian Ocean (Ling et al., 2017).
Building on previous works, two major schools of thought have developed as follows. The first school
considers the triggering of MJO initiation to arise exclusively from tropical dynamic and thermodynamic
processes, including regeneration from upstream circumnavigating Kelvin waves (Lau & Peng, 1987;
Sakaeda & Roundy, 2015, 2016; Zhang et al., 2017); the recharge of moist static energy through localized
nonlinear interaction among radiation, convection, and evaporation (Bladé & Hartmann, 1993; Kemball‐
Cook & Weare, 2001; Maloney & Wolding, 2015); air‐sea interactions (Fu & Wang, 2004; Li et al., 2008;
Rydbeck & Jensen, 2017; Rydbeck et al., 2017; Webber et al., 2010, 2012); and downstream Rossby wave
dynamic effects (Li et al., 2015; Wang et al., 2005; Zhao et al., 2013). The second school emphasizes the cri-
tical role of tropical‐extratropical interaction (Hsu et al., 1990; Ray et al., 2009; Ray & Zhang, 2010).

A consensus on the essential mechanisms forMJO initiation has not yet been reached. One possible reason for
the lack of agreement is the intrinsic diversity and sporadic nature of the MJO. Each MJO event can be clas-
sified as either primary, that is, with no immediately preceding MJO event, or successive, that is, immediately
following a preceding event (Matthews, 2008). Unlike the smooth variation of the real‐time multivariate MJO
(RMM) index (Wheeler & Hendon, 2004) throughout both the initiation and development in successive MJO
events, a fast, localized growth of the composite RMM index always occurs prior to the eastward propagation
of primary events (e.g., Figure 4 in Ling et al., 2013, and Figure 6 in Straub, 2013). A newMJO is then triggered
after sufficient predestabilization, possibly by the advective moistening processes associated with equatorial
wave dynamics (Zhao et al., 2013) and/or three‐way interaction among radiation, evaporation, and convection
(Bladé & Hartmann, 1993). This kind of sudden initiation from non‐MJO states strongly suggests that some
nonlinear processes play important roles. Thus, the linearized theoretical framework has previously experi-
enced difficulty in simulating MJO initiation that occurs without a strong predecessor signal (e.g., Adames
& Kim, 2016; Wang & Chen, 2016; Wang, Wei, et al., 2017; Wei et al., 2017). This may be a result of linear
models' omission of key components of MJO initiation and amplification that have not yet been identified.
However, nonlinear processes are perhaps critical to primary MJO initiation and linear models should not
be expected to performwell under these circumstances. Consequently, a new nonlinear frameworkmethodol-
ogy is urgently needed to study the initiation of MJO events, especially that of primary MJO events.

This study aims to demonstrate that primary MJO events can be triggered in a process of nonlinear optimal
moist initialization. Roles of moist processes have been shown to be essential in initiating (e.g., Li et al., 2015;
Zhao et al., 2013) and maintaining the MJO (e.g., Adames & Kim, 2016; Hsu & Li, 2012; Sobel & Maloney,
2012, 2013) and also in improving subseasonal to seasonal prediction (e.g., Ham et al., 2012; Ren et al., 2016).
Our efforts will be devoted to mathematically identifying moist optimal precursors that trigger primary MJO
initiation in a coupled global climate model (CGCM). Benefiting from this advanced CGCM, we have devel-
oped a new nonlinear framework methodology to study the initiation of the MJO. In this work, the key
accomplishment is the successful implementation and application of “conditional nonlinear optimal pertur-
bation” (CNOP), a technique proposed by Mu et al. (2003).

In section 2, we introduce the data and model used in this paper. Section 3 describes a new nonlinear
methodological framework for studying primary MJO initiation. The results are provided in section 4, and
the final section gives a brief summary and discussion of this research.

2. Data and Model
2.1. Data

Tomeasure convective activity, we use the daily mean outgoing longwave radiation (OLR) interpolated from
the National Oceanic and Atmospheric Administration's Advanced Very High Resolution Radiometer satel-
lite (Liebmann & Smith, 1996). The daily mean winds and specific humidity are from the reanalysis project
of the National Centers for Environmental Prediction/the National Center for Atmospheric Research
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(Kalnay et al., 1996). The time period analyzed herein is from 1979 to 2013. All data sets have been interpo-
lated to horizontal resolution of 2.5° × 2.5° before analysis. For simplicity, we refer to them as “observations”
throughout this paper.

2.2. The Hybrid CGCM

The model used in this study is a hybrid CGCM (Fu & Wang, 2004). The atmospheric component is the
standard T42 version of the ECHAM‐4 model (Roeckner et al., 1996), which resolves 19 vertical layers
extending from the surface to 10 hPa. The oceanic component is a tropical upper ocean model of intermedi-
ate complexity (Fu &Wang, 2001). The ECHAM‐4 model was coupled with the ocean model once per day by
exchanging surface heat fluxes, surface wind stress, and sea surface temperature over the tropical global
ocean without heat flux corrections. A 30‐year free run was carried out and is analyzed below. The CGCM
shows substantial capability in simulating the first two combined empirical orthogonal function (EOF)
modes (Wheeler & Hendon, 2004), the nonlinear features of the MJO (Majda & Stechmann, 2011), and
the primary MJO events (Matthews, 2008); for further details please see supporting information Text S1
and Figures S1–S3.

3. A New Methodological Framework for Studying Primary MJO Initiation

After some unsuccessful attempts to derive suitable linear solutions, we have directly chosen the nonlinear
method, that is, CNOP (Appendix A). Using a CNOP framework, we constructed MJO initiation as a unified
nonlinear optimization problem. We first identified eight non‐MJO reference states (NMRSs; Appendix B),
half of which were randomly chosen for examination in this study. Each NMRS has a 42‐day duration, with
very weak (<1) index values for both the OLR‐based MJO index (OMI; Kiladis et al., 2014) and the RMM
index. Neither convection nor circulation displays an organized, large‐scale, eastward propagating MJO
signal. It is noteworthy that this kind of convective initiation from non‐MJO to MJO event, if any, must
be primary (Ling et al., 2013; Straub, 2013).

To find optimal precursors mathematically, an indicator must be constructed in advance to (i) clearly dis-
tinguish non‐MJO and MJO events and (ii) measure the strength of the triggered MJO events. Taking
advantage of the 42‐day power spectra of convection and circulation, an indicator can be formulated
as follows:

I ¼ ∑
3

i¼1

ρi
πi

∬ΩMJO
Pi ω; kð Þdωdk; (1)

where i(=1, 2, 3) denotes OLR, 850‐hPa zonal wind (U850) and coherence square between them, respec-
tively. ρi ∈ [0, 1] is the weight coefficient. Here we take ρ1 = ρ2 = ρ3 = 1/3, which guarantees a more precise
definition of MJO initiation that further considers the tight coupling between circulation and convection.
Pi(ω, k) is power variance at frequency ω and wavenumber k. (ω, k) ∈ ΩMJO = [1/100, 1/20] × [0, 3], which
outlines the spatiotemporal range of the eastward propagating MJO signal. To satisfy the additivity require-
ment, prenormalization is necessary. πi is the standard deviation of the total power spectrum in ΩMJO.
Remarkably, under the “perfect model” assumption, I is totally controlled by the initial conditions of each
individual NMRS.

To identify the optimal moist precursors, we let q0 be the initial specific humidity of the prechosen reference

state andq′0 be a finite‐amplitude disturbance of q0, that is, q′0
�� ��≤δ. We term “ctr” and “per” as the respective

numerical integrations initiated from q0 and fromq0 þ q′0. Contributions of initial moist perturbations to the
MJO can be derived as follows:

J ¼ J q′0
� � ¼ Iper q′0 þ q0

� �
−Ictr q0ð Þ (2)

From equation (2), a stronger MJO event must correspond to a larger value of J. Thus, searching for the opti-

mal moist precursoreq′0 that triggers the strongest primary MJO initiation can be generalized as the following
unified nonlinear optimization problem:
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J eq′0
� � ¼ max

q′0k k≤δ
J q′0
� �

(3)

Equation (3) tells us that the moist optimal precursor should be the global optimal point in the feasible
region q′0

�� q′0
�� ��≤δ

� �
, that is, CNOP.

Upon obtaining the CNOP of each given NMRS, we performed three reforecasts: The first run (“Control
run”) began with unperturbed initial conditions, the second run (“CNOP run”) had CNOP‐perturbed initial
conditions, and the third run (“RP run”) was initialized with random perturbations. To facilitate compari-
son, we scale any random perturbations to have the same norm as the CNOPs. The role of CNOP in trigger-
ing primary MJO initiation was then revealed by comparing the three runs.

4. Results
4.1. CNOPs and Observational Evidence

In this section, we first discuss the three‐dimensional (3‐D) structures of the CNOPs in all four cases. To
demonstrate the ability of CNOPs to capture the “true” precursor conditions of primary MJO initiation,
we then search for these signals in observational data.

In general, the 3‐D distributions of CNOPs (Figure 1) show that different NMRSs produced different CNOPs,
which implies that different MJO events should have distinctive preceding optimal growing initial perturba-
tions. Despite the different patterns overall, all CNOPs tend to be wet along the equatorial Indian Ocean but
dry away from the equator. The strongest signals aggregate over the lower troposphere, with stronger pertur-
bations in the equatorial western Indian Ocean (WIO) than in eastern Indian Ocean (EIO). To search for
these signals from observations, we calculated the Hovmöller diagrams of the equatorially averaged (10°S

Figure 1. Three‐dimensional structure of conditional nonlinear optimal perturbation (in grams per kilogram) in cases 1 to
4, from left to right. The six subplots in each column represent different pressure levels, that is, 500, 600, 700, 850, 925,
and 1,000 hPa, from top to bottom. The wet anomaly is represented as red shading. The dry anomaly is shown by blue
dotted contours at intervals of 0.02 g/kg. The thick black contour denotes the zero value. The x axis is longitude (in
degrees), and the y axis is latitude (in degrees).
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to 10°N), 20‐ to 90‐day bandpass‐filtered OLR and 850‐hPa specific humidity (q850) anomalies in each
observed primary MJO event. We further examined any anomalous moisture preceding the onset of each
MJO event.

The results showed that 23 of 49 events are clearly preconditioned by a moisture anomaly. The composite of
these 23 events (Figure 2) shows that preceding the onset of large‐scale, eastward propagating, deep convec-
tion, a significant moisture signal originates from the EIO and moves toward the WIO. Since day −10, this
moisture signal tends to be reflected near eastern Africa. Then it continuously moves eastward and triggers
primary MJO initiation at day −5. In addition, there also exists a small, localized, narrow, and suppressed
convection over the EIO at day −15, which may also play a role in initiating the MJO through a midtropo-
spheric, cooling‐induced, predestabilization effect (Matthews, 2008). The horizontal structure of q850 and
the vertical distribution of specific humidity have been also diagnosed (Figures S4 and S5). Together, the
above findings demonstrate the existence, well captured by the CNOPs, of significant moisture anomalies
aggregating in the lower troposphere over eastern Africa and the WIO.

4.2. CNOPs Triggering Primary MJO Initiation

Despite displaying distinctive 3‐D structures, all the CNOPs tend to trigger a similar spatiotemporal variance
pattern, especially over ΩMJO. This pattern is illustrated by the composite zonal wavenumber‐frequency
spectra of both convection (OLR) and circulation (U850) in Figure 3. As expected, both the Control run

Figure 2. (a) Composite Hovmöller diagrams of equatorially averaged (10°S to 10°N), 20‐ to 90‐day bandpass‐filtered OLR
(contour in watts per squaremeter) and 850‐hPa specific humidity (shading in grams per kilogram) anomalies using the 23
observed primary MJO events. The solid (dashed) contour is from 5 (−5) W/m2 at intervals of 5 W/m2. The thin black
contour denotes the zero values. The two magenta lines outline the zonal region for calculating the conditional nonlinear
optimal perturbations. The dotted area and contours represent results passing Student's t test at the 95% confidence
level. The x axis is longitude (in degrees), while the y axis is lead time (in days). (b) Composite RMM2 index of observed
primary Madden‐Julian Oscillation events. The x axis is RMM2, while the y axis is lead time (in days). OLR = outgoing
longwave radiation; RMM = real‐time multivariate MJO; SHUM = specific humidity.
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and RP run show very weak power spectral variance, and the westward signal is comparable with the
eastward one. However, when the nonlinear optimal moist initialization with the CNOPs is included, the
variances of convection and circulation associated with the eastward propagating MJO increase intensely,
leaving a largely reduced westward signal. In a further difference from the Control and RP runs, the
CNOP run's ΩMJO shows a strong variance of the coherence square between OLR and U850, which
implies that strong coupling between convection and circulation has been also triggered by the CNOPs.

To demonstrate the triggering of primary MJO initiation, we also investigated the phase diagram of the
RMM index (Figure S6). The results show that, in contrast to the RMM index's small growth in the
Control and RP runs, the CNOP run's RMM index increased quickly and crossed the unit circle after 15–
20 days of development, which is a typical initiation of primary MJO events (Ling et al., 2013; Straub, 2013).

The triggering of primary MJO initiation can be observed more clearly from the time‐longitude sections of
OLR and U850 (Figures 4a–4c). During the first 10 days, the perturbations in the three runs show very

Figure 3. Composite zonal wavenumber‐frequency spectrum of OLR (left column), U850 (middle column), and coher-
ence square between them (right column) in the Control run (first row), the CNOP run (second row), and the RP run
(third row). The x axis is zonal wavenumber (2π/40,000 km), and the y axis is frequency (cycles per day). The blue shading
denotes ΩMJO, which outlines the wavenumber and frequency ranges of eastward propagating MJO signals. The red
shading denotes the results passing the Student's t‐test at the 95% confidence level. to keep color legend consistent, the
OLR spectrum has beenmultiplied by 0.02. Contour starts from 0.1 at intervals of 0.1. OLR= outgoing longwave radiation;
CNOP = conditional nonlinear optimal perturbation; RP = random perturbation.

Figure 4. Hovmöller diagrams of equatorially averaged (10°S to 10°N) 20‐ to 90‐day bandpass‐filtered outgoing longwave radiation (shading) and U850 (contour)
anomalies in the Control run (first row), the conditional nonlinear optimal perturbation run (second row), and the random perturbation run (third row). Solid
(dashed) contours denote westerly (easterly) wind anomalies at intervals of 2 m/s. The thin black contour shows the zero values. Panels (a)–(c) are case 1, (d)–(f)
case 2, (g)–(i) case 3, and (j)–(l) case 4. To fully represent the life cycle of triggered Madden‐Julian Oscillation events, the time shown has been extended to day 62.
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similar patterns. After days 10 to 15, the results start to diverge. The differences increase with lead time. After
days 25 to 30, an organized, large‐scale, slowly eastward propagating, convectively coupled, primary MJO
event is triggered only in the CNOP run. In contrast, for the Control run and RP run, as implicated by their
small index evolutions, there are only very weak and unorganized anomalies. This distinction with respect to
random perturbations demonstrates the power of nonlinear fast growth of the CNOPs in triggering the stron-
gest primary MJO event from a given NMRS. A strong, new, primary MJO event is also triggered by the
CNOPs in other NMRSs (Figures 4d–4l), although the initiation time, strength, duration, and phase speed
are somewhat different, reflecting MJO diversity and dependence on basic flow (Lorenz, 1965).

5. Conclusions and Discussion

A newly developed nonlinear methodological framework was applied to identify the optimal precursors trig-
gering primary MJO initiation. This framework mathematically identified optimal precursors from the four
prechosen NMRSs using a hybrid CGCM that can accurately simulate observed primary MJO events and a
novel concept of CNOP. In this new framework, searching for the optimal precursors of primary MJO initia-
tion can be generalized as solving for optimal solutions, that is, CNOPs, of a unified constraint nonlinear
optimization problem.

Our results show that although different CNOPs have been found in different NMRSs, they tended to man-
ifest as a moist equator and aggregate over the lower troposphere, with stronger signals in the WIO than in
the EIO. Preceding the initiation of observed primary MJO events, we found significant lower‐tropospheric
moisture signals moving toward the equatorial WIO, implying the key role of moisture‐convection feedback
while demonstrating the true‐to‐life quality of the CNOPs. The GCM reforecast experiments show that
CNOPs have the most potential to initiate the strongest primary MJO events from any given NMRSs, while
random perturbations only induce a non‐MJO or weak‐MJO initiation.

CNOPs trigger a new primary MJO event after a development of more than 15–20 days, which may imply
that we can predict the onset of primary MJO initiation more than 15–20 days in advance, if the CNOPs
are implemented in the initial conditions. Comparing the linear and nonlinear evolutions of CNOPs, we
found that nonlinear growth is always dominant on the 20‐ to 90‐day intraseasonal timescale (see Text S2,
Figure S7, and Table S1). This findingmay suggest the necessity of utilizing nonlinear optimal moisture initi-
alization in subseasonal (15‐ to 60‐day timescale) prediction.

Under the conditions of limited computational resources and as a preliminary application of this new
methodological framework, we examined only humidity field with limited vertical levels and four NMRSs.
In addition, we eschewed the problem of identifying the dominant physical processes that control the
nonlinear growth of CNOPs. These issues deserve in‐depth study, which will be part of our future work.

Appendix A

We write the evolution equations for the state vector U, which may represent wind, specific humidity,
temperature, etc., as follows

∂U
∂t

¼ F U; Pð Þ
Ujt¼0 ¼ U0

8
<

:
; (A1)

where U0 is the initial state, P is model parameter that is independent with time t, and F is a nonlinear
differential operator. Assuming that equation (A1) is well defined, the solution to equation (A1) for the state
vector U at time τ is given by

U τð Þ ¼ Mτ Pð Þ U0ð Þ: (A2)

HereMτ(P) is the propagator of equation (A1) with the parameter P and “propagates” the initial value U0 to
the time τ in the future. Now we consider the situation in which there exist both initial perturbation u0 and
parameter perturbation p′ in equation (A2). Then we have
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U τð Þ þ u u0; p
′; τ

� � ¼ Mτ P þ p′
� �

U0 þ u0ð Þ; (A3)

where u(u0, p
′; τ) is the departure from the reference stateU(τ) caused by the combined error mode (u0, p

′). A
nonlinear optimization problem is defined as follows.

J u0; p
′

� � ¼ Mτ P þ p′
� �

U0 þ u0ð Þ−Mτ Pð Þ U0ð Þ�� ��; (A4)

and

J u0δ; p
′

σ

� � ¼ max
u0∈Cδ ;p′∈Cσ

J u0; p
′

� �
: (A5)

Here u0 ∈ Cδ and p′ ∈ Cσ are, respectively, the constraint conditions of the initial perturbation and para-
meter perturbations, where Cδ and Cσ are closed and δ and σ distinguish the constraints of initial pertur-
bation and parameter perturbation. The optimal combination mode of initial perturbation and parameter

perturbation, that is, u0δ; p′σ
� �

, of the constrained maximization problem (A5) is called the CNOP (Mu

et al., 2010).

In this work, we consider the perfect model assumption, that is, p′= 0. In this case, the optimization problem
is reduced to

Ju0 uI0δ
� � ¼ max

u0∈Cδ
Mτ Pð Þ U0 þ u0ð Þ−Mτ Pð Þ U0ð Þk k: (A6)

The initial perturbation uI0δ satisfying equation (A6) is just the CNOP defined in Mu et al. (2003).

Appendix B

The NMRSs have been selected based on both the RMM and OMI indices. First, the RMM amplitude is
calculated. To facilitate selection, we use a 5‐day running mean to remove high‐frequency variability.
Second, we identify day 0 when the amplitude reaches its minimum. Third, the amplitudes from day 0
to day 31 should be smaller than a prescribed threshold of one standard deviation. In some scenarios,
however, the convection may be still active, albeit with a weak RMM index (Straub, 2013). Thus, the
5‐day running mean OMI is also examined to adjust the weak event selected by the RMM index. To be
specific, we have removed those events that continuously maintain a high‐amplitude (>1) OMI lasting
for more than 10 days. In the present article, we focus solely on the extended boreal winter from 15
October to 15 May

Appendix C

To improve computational efficiency, an EOF‐based strategy is carried out to reduce the model dimen-
sionality. We assume that the role of low‐frequency basic state (> 90 days) is minor in triggering the
large‐scale, deep convection initiation on intraseasonal time scales (20 to 90 days). The variance of the
90‐day highpass‐filtered specific humidity prefers the Indo‐Pacific region and aggregates over the lower
atmosphere (500–1,000 hPa). Considering that MJO events are often initiated over the equatorial
Indian Ocean (Matthews, 2008), we choose that precise region for the extraction of possible precursor sig-
nals, in particular the lower‐level, equatorially symmetric Indian Ocean from 15°S to 15°N, from 40° to
110°E, tiered vertically at 1,000, 925, 850, 700, 600, and 500 hPa. The EOF results demonstrate that the
first 50 PCs can explain more than 80% of the total variance. Most of them can pass the North test
(North et al., 1982) and thus are well separated. Any initial perturbation can be expanded orthogonally
by the first 50 EOF modes

q′0≈q
′

0 λ′0
� � ¼ ∑

50

i¼1
λi0′ei; (C1)

where λi0′ is the initial time coefficient disturbance corresponding to the ith EOF mode ei.
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ABSTRACT

This study investigates modulation of El Niño–Southern Oscillation (ENSO) on the Madden–Julian os-

cillation (MJO) propagation during boreal winter. Results show that the spatiotemporal evolution of MJO

manifests as a fast equatorially symmetric propagation from the Indian Ocean to the equatorial western

Pacific (EWP) during El Niño, whereas theMJOduring LaNiña is very slow and tends to frequently ‘‘detour’’

via the southern Maritime Continent (MC). The westward group velocity of the MJO is also more significant

during El Niño. Based on the dynamics-oriented diagnostics, it is found that, during El Niño, the much

stronger leading suppressed convection over the EWP excites a significant front Walker cell, which further

triggers a larger Kelvin wave easterly wind anomaly and premoistening and heating effects to the east.

However, the equatorial Rossby wave to the west tends to decouple with the MJO convection. Both effects

can result in fastMJOpropagation. The opposite holds during LaNiña. A column-integratedmoisture budget

analysis reveals that the sea surface temperature anomaly driving both the eastward and equatorward gra-

dients of the low-frequency moisture anomaly during El Niño, as opposed to the westward and poleward

gradients during La Niña, induces moist advection over the equatorial eastern MC–EWP region due to the

intraseasonal wind anomaly and therefore enhances the zonal asymmetry of the moisture tendency, sup-

porting fast propagation. The role of nonlinear advection by synoptic-scale Kelvin waves is also nonnegligible

in distinguishing fast and slow MJO modes. This study emphasizes the crucial roles of dynamical wave

feedback and moisture–convection feedback in modulating the MJO propagation by ENSO.

1. Introduction

The Madden–Julian oscillation (MJO) (Madden and

Julian 1971, 1972) is the dominant mode of tropical in-

traseasonal variability (20–100 days) (Zhang 2005) and

exerts significant impacts on the global weather and cli-

mate (Zhang 2013), including tropical cyclones (Maloney

and Hartmann 2000), westerly wind events (Hao et al.

2019), convectively coupled equatorial waves (Roundy

2008; Kiladis et al. 2009), extreme rainfall (Ren and Ren

2017; Ren et al. 2018), monsoons (Lau and Chan 1986a;

Lorenz and Hartmann 2006), and El Niño–Southern
Oscillation (ENSO) (McPhaden 1999; Hendon et al.

2007). Over the past several decades, even though large

progress has been frequently reported with respect to

understanding the dynamics and physics of theMJO (e.g.,

Madden and Julian 1994; Zhang 2005; Lau and Waliser

2012; Li 2014; DeMott et al. 2015;Wang et al. 2016), most

state-of-the-art general circulation models (GCMs) still

struggle to satisfactorily simulate some fundamental

characteristics of the MJO, especially its systematic

eastward propagation from the Indian Ocean (IO) to the

equatorial western Pacific (EWP) (e.g., Kim et al. 2009;

Neena et al. 2014; Jiang et al. 2015; Ahn et al. 2017). This

strongly suggests the necessity of advancing our under-

standing of the MJO propagation mechanism.

Of the numerous theories, three representative kinds

have been widely used to explain the eastward propa-

gation of the MJO. The first theory emphasizes the first-

order importance of the tropical atmospheric humidityCorresponding author: Hong-Li Ren, renhl@cma.gov.cn
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under the weak temperature gradient approximation

(Sobel et al. 2001), that is, the ‘‘moisture mode’’ theory

(Sobel andMaloney 2012, 2013; Adames andKim 2016).

Based on diagnostic results from GCMs (Maloney 2009;

Andersen and Kuang 2012), reanalysis (Kiranmayi and

Maloney 2011), and observations (Sobel et al. 2014), the

intraseasonal variation of the anomalous moisture is

assumed to be determined by a linear combination of

the frictionally driven boundary layer (BL) moisture

convergence, the horizontal moisture advection, and the

net moistening of evaporation and precipitation. This

theory can appropriately simulate not only the eastward

propagation phase speed but also the westward-moving

group velocity of theMJO, both of which arise primarily

from the meridional advection of the low-frequency

background moisture due to the MJO-related wind

anomalies (Adames and Kim 2016).

The second theory highlights the key role of dynamical

wave feedbacks, such as the frictionally coupled Kelvin–

Rossby wave theory (Wang 1988; Wang and Rui 1990). In

this theory, themoisture tendency is neglected. Thismeans

that the diabatic precipitation heating is directly parame-

terized as a function of the moisture convergence, which

is essentially a Kuo-type cumulus scheme (Kuo 1965).

Therefore, unlike the so-called moisture mode theory,

which retains the two-way interaction of moisture and

convection, this theory can only resolve the wave feed-

back, regardless of the key role of moisture–convection

feedback (Wang et al. 2016; Liu and Wang 2017b). The

simulated eastward propagation of theMJO is completely

determined by the dynamical wave feedbacks, which in-

volve both the equatorially eastward-propagating Kelvin

waves and westward-moving Rossby waves. For example,

the easterly wind anomaly of a Kelvin wave can drive

large-scale moisture convergence and therefore destabili-

zation to the east of the convective center, contributing

to the further eastward propagation of the MJO. This

mechanism associatedwithKelvinwave dynamics appears

to be agreed upon (e.g., Wang et al. 2017; Chen andWang

2018a). However, there are still contrasting views con-

cerning the impact of Rossby wave, one of which (called

the ‘‘drag effect’’), as derived from observational di-

agnostics (Wang and Lee 2017; Chen and Wang 2018a),

aquaplanet GCM experiments (Kang et al. 2013), and

theoretical studies (Wang and Chen 2016; Wang et al.

2016), suggests that the tight coupling of the equatorially

westward-propagating Rossby waves will naturally slow

down the eastward-propagating phase speed of the MJO.

However, the other view (called the ‘‘acceleration effect’’)

argues that a stronger Rossby wave to the west can en-

hance the east–west zonal asymmetry of the moisture

tendency and therefore favors eastward propagation (e.g.,

Hsu and Li 2012; Wang et al. 2017, 2018b).

The third theory, namely the frictionally coupled dy-

namic moisture mode theory (Wang and Chen 2016; Liu

andWang 2017a), has been put forward as a coupling of

the first two theories. The eastward propagation of the

MJO can be well reproduced by the three-way interac-

tion among convective heating, moisture, and wave–BL

dynamics. In fact, Liu and Wang (2017b) have pointed

out that both dynamical wave feedback and moisture–

convection feedback are essential to shape the MJO.

They showed that the former is helpful to slow down the

eastward propagation and increase the growth rate of

the planetary waves, while the latter is responsible for

producing dispersive MJO modes. On the basis of pre-

vious work, in this study, we try to explain the distinctive

propagation characteristics of the MJO under different

ENSO background states by examining both dynamical

wave feedback and moisture–convection feedback.

Studies of the modulation of the ENSO on the MJO

can be traced back to Lau and Chan (1986b), who re-

vealed that El Niño might reduce the frequency of the

MJO via the air–sea interactions. Subsequently, a large

number of studies tried to understand theMJOvariation

under ENSO (e.g., Weickmann 1991; Li and Smith 1995;

Slingo et al. 1999; Zhang and Gottschalck 2002; Hendon

et al. 2007; Moon et al. 2011; Pillai and Chowdary 2016;

Wu and Song 2018). Even though some uncertainties

still exist, the preferred finding may be summarized as

follows: theMJO intensity should vary with the different

ENSO phases. Typically, the MJO activity over the

EWP is enhanced in the developing phase of El Niño
and reduced in and after the mature and decaying pha-

ses. Recently, with the recognition of non-canonical-

type El Niño events in the 1990s, namely El Niño
Modoki (Ashok et al. 2007), central Pacific (CP) El Niño
(Kao and Yu 2009), or the warm-pool ENSO (Kug et al.

2009; Ren and Jin 2011), the above findings have been

argued to only be true during canonical eastern Pacific

(EP) El Niño years (Yuan et al. 2015; Chen et al. 2016).

However, the MJO activity is always enhanced during

CP El Niño years regardless of the phase (Wang et al.

2018a; Hsu and Xiao 2017).

As seen from the above studies, a large amount of

effort has been made to explore the modulations of the

ENSO on the MJO intensity. However, there are only a

few studies mentioning variations in the MJO propa-

gation under the ENSO background state. For example,

Pohl and Matthews (2007) found significantly shorter

(longer) lifetimes of the MJO during warm (cold) con-

ditions in the EP, consistent with Gray (1988) and

Goulet and Duvel (2000). Therefore, they concluded

that the phase speed of the MJO is significantly higher

during El Niño years. In an observational analysis

combined with a theoretical validation, Liu et al. (2016)
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demonstrated that the boreal summer intraseasonal os-

cillation over the western North Pacific is dominated

by a relatively high-frequency (low-frequency) oscilla-

tion during El Niño (La Niña) summers. More recently,

Suematsu and Miura (2018) showed that the low-

frequency (LF; period . 60 days) basic-state sea sur-

face temperature (SST) anomaly pattern has a robust

connection with the eastward propagation of the MJO.

Composites of the LF SST anomalies showed contrast-

ing patterns for the eastward propagatingMJO from the

IO to the EWP and those short-lived, stagnant, and

convective events, which were associated with positive

and negative SST anomalies over the EWP, respectively.

Enlightened by these studies, we conjecture that the

MJO propagation tends to be faster during El Niño
years and slower during La Niña years. As an example,

Figs. 1a and 1b provide a comparison of time–longitude

sections of the equatorial (158S–158N), MJO-filtered

(Wheeler and Kiladis 1999; Kiladis et al. 2009) out-

going longwave radiation (OLR) anomalies during the

1997/98 El Niño and 2007/08 La Niña winters, re-

spectively. We can see that the eastward propagation of

the MJO convection is very fast during the entire winter

season of 1997/98. Meanwhile, during the boreal winter

of 2007/08, especially prior to around 30 January, the

eastward movement is very slow, even though the con-

vection becomes fast again after early February. How

does the complexity of the ENSO (Timmermann et al.

2018) modulate the phase speed of theMJO?How do the

moisture–convection feedback and the dynamical wave

feedbackwork under different ENSObackground states?

These questions are the primary focus of this study. The

rest of this paper is arranged as follows. In section 2, we

introduce the data and methodology. The basic charac-

teristics under different ENSO background states are

shown in section 3. In section 4, we explore the mecha-

nisms through which the ENSO modulates the fast and

slow MJO modes. Section 5 discusses possible roles of

other LF variabilities over the Indo-Pacific warm pool,

tropical–extratropical interactions, and dynamically and

thermodynamically intraseasonal air–sea interactions in

modulating the MJO eastward propagation. A summary

and concluding remarks are given in section 6.

2. Data and methodology

a. Data

The daily Advanced Very High Resolution Radi-

ometer (AVHRR) interpolated OLR data from the

National Oceanic and Atmospheric Administration

FIG. 1. Hovmöller diagrams of equatorial (158S–158N) OLR anomalies (Wm22) during the (a) 1997/98 and

(b) 2007/08 boreal winters. The thick black contours denote the MJO-filtered OLR anomalies. The contours are

drawn from28Wm22 with intervals of210Wm22. The thin magenta (blue) contours of25Wm22 represent the

equatorial Kelvin wave (Rossby wave) filtered OLR anomalies.
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(NOAA) satellite (Liebmann and Smith 1996) are used

as an indicator of the convective activity. The daily at-

mospheric reanalysis data are from the European Cen-

tre for Medium-Range Weather Forecasts (ECMWF)

interim reanalysis (ERA-Interim, hereinafter ERA-I;

Dee et al. 2011). The three-dimensional fields consist of

the zonal and meridional winds (u and y), the vertical

pressure velocity (v), the specific humidity (q), and the

geopotential (f) at 19 levels from the surface to 10hPa.

The all-season real-time multivariate MJO (RMM) in-

dex ofWheeler andHendon (2004) is also used here.We

identify the El Niño and La Niña events via the monthly

global 28 3 28 Extended Reconstructed SST version

5 (ERSSTv5) (Huang et al. 2017), which incorporates

a new release of the International Comprehensive

Ocean–AtmosphereDataset 3.0 (Freeman et al. 2017), a

decade of near-surface data fromArgo floats, and a new

estimate of centennial sea ice from the Hadley Centre

Sea Ice and Sea Surface Temperature dataset version 2

(Titchner and Rayner 2014). Huang et al. (2017) showed

that, compared to the ERSST version 4 (Huang et al.

2015, 2016), this newest version of the SST dataset has

improved the magnitudes of El Niño and La Niña
events. Both the NOAA OLR and the ERA-I data

have a horizontal resolution of 2.58 3 2.58. The 37-yr

data from 1980 to 2016 are analyzed in this study, and we

focus on the boreal winter from November to April

when both the MJO and ENSO peak.

b. Methodology

1) DATA PROCESSING

The daily (monthly) anomalies were obtained by re-

moving the daily (monthly) climatology and the first three

harmonics from 1980 to 2016. A 20–100-day bandpass

filtering using the Lanczos filter (Duchon 1979) with 201

weights was further performed on the daily anomalies to

extract variations on the intraseasonal time scale. The

daily synoptic-scale high-frequency (HF) activity and LF

basic state were obtained using a 20-day high-pass and a

100-day low-pass filtering, respectively. In Fig. 1, to high-

light the eastward propagation of the wave envelope as-

sociated with the large-scale MJO signals, we performed

a zonal wavenumber–frequency filtering (Wheeler and

Kiladis 1999). The retained range is 1–5 for zonal wave-

number and 1/100–1/20 cpd for the frequency. A filtering

with a broad frequency range can adequately simulate the

fast (slow) eastward propagation during El Niño (La

Niña) winters. Following Wheeler and Kiladis (1999), the

equatorial Kelvin wave was derived based on a period of

3–20 days and wavenumbers 2–14, while the equatorial

Rossby wave was based on a period of 10–40 days and

wavenumbers 2–10.

2) SELECTION OF EL NIÑO AND LA NIÑA EVENTS

Following the definition of the NOAA Climate Pre-

diction Center, we chose the warm and cold periods

based on a threshold of 60.58C for the Oceanic Niño
Index (ONI), which is calculated as the 3-month running

mean of the ERSSTv5 anomalies in the Niño-3.4 region
(1208–1708W, 58N–58S). The El Niño (La Niña) events
were identified as the periods above (below) normal

SSTs when the threshold was met for a minimum of five

consecutive overlapping seasons. In this way, a total of

8 La Niña (1984/85, 1988/89, 1995/96, 1999/00, 2000/01,

2007/08, 2010/11, and 2011/12), and 10 El Niño (1982/83,

1986/87, 1991/92, 1994/95, 1997/98, 2002/03, 2004/05,

2006/07, 2009/10, and 2015/16) years were selected.

To distinguish the EP and CP El Niño events, we used

the cold tongue index (CTI) and the warm pool index

(WPI), which were proposed by Ren and Jin (2011).

These two indices are calculated as follows:

�
CTI5N

3
2aN

4

WPI5N
4
2aN

3

, a5

�
2/5, N

4
N

3
. 0

0, otherwise
. (1)

Here,N3 andN4 denote the Niño-3 and Niño-4 indices,
which are defined as the ERSSTv5 anomalies over the

regions 1508–908W, 58S–58N and 1608E–1508W, 58S–
58N, respectively. For specified El Niño events selected

by the ONI, when the CTI was larger than the WPI, we

regarded it as an EP-type event; otherwise, we re-

garded it a CP-type event (Ren et al. 2018). Motivated

by the significant influence of the contrasting in-

tensities of the different types of El Niño events on the

background states of the wind, temperature, and

moisture (e.g., Latif et al. 2015; Rao and Ren 2016;

Geng et al. 2017) and therefore the different propa-

gation characteristics of the MJO, in this study we also

partitioned the EP-type El Niño events into super and

regular El Niño cases. Because the amplitude of EP El

Niño events is generally stronger than that of CP El

Niño events (Kug et al. 2009), we used a Niño-3.4 index
warmer than 2.58C to select the super El Niño events.

In the end, we selected three super El Niño years (1982/

83, 1997/98, and 2015/16), three regular EP El Niño
years (1986/87, 1991/92, and 2006/07), and four CP El

Niño years (1994/95, 2002/03, 2004/05, and 2009/10),

which is consistent with previous studies (e.g., Kug

et al. 2009; Ren et al. 2019).

3) COMPOSITING TECHNIQUE

In this subsection, we explain the methodology used

to select the existing MJO events. To observe the entire

life cycle of the MJO, a lagged composite technique was

introduced.
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The second component of the RMM (i.e., the RMM2

index) was used here to identify the possible convection

peaks occurring over the IO. This is because the domi-

nant spatial pattern of convection associated with the

negative RMM2 displays a seesaw structure over the

Indo-Pacific warm pool, in which enhanced convection is

located in the IO, while suppressed convection prevails

over the WP (Wheeler and Hendon 2004). We first se-

lected possible MJO events based on the following pro-

cedure: 1) we identified the ‘‘day 0’’ (or MJO phase 2)

when the RMM2 index reached a local minimum smaller

than one negative standard deviation; 2) after day 0, the

RMM amplitude should increase above 1.0 and remain

high for at least 7 days; and 3) subsequently, the RMM

index should progress through at least two phases, that is,

reach the MJO phase 4, in the counterclockwise di-

rection. The first two steps guarantee that it is a realistic

MJO initiation (Straub 2013; Kiladis et al. 2014), and we

do not require that theRMMamplitude be larger than 1.0

preceding phase 2; in this way, both the primary and

successive events (Matthews 2008; Wei et al. 2019) are

included here. The third step implies that IO-initiated

MJO events should, at the very least, propagate into the

western Maritime Continent (MC); therefore, both the

propagating and nonpropagating MJO cases (Kim et al.

2014; Feng et al. 2015) were considered here. Finally, the

Hovmöller diagram of the meridionally (108S–108N) av-

eraged, 20–100-day, bandpass-filtered OLR anomaly

overlaid by theMJO-filtered, wave-envelope pattern was

also examined. This was motivated by the fact that the

RMM index may exaggerate the role of the upper-level

circulation signals (Straub 2013). More specifically, we

observed if the OLR anomaly showed an organized

(the convective center evolved continuously for at least

10 days following day 0), large-scale (maximal zonal

range . 508), and eastward-propagating (phase speed .
2.0ms21) pattern. We also tested the sensitivity of our

results to some key parameters by modulating the dura-

tion of high (.1) RMM amplitude since day 0 ranging

from 7 to 9 days, propagating phases ranging from 2 to

3, and maximal zonal distances ranging from 508 to 608.
As a consequence, the total number of MJO events only

varied from 29 to 37 under the ENSO background state.

Nevertheless, the composite results remain unchanged

whether using 29 or 37 cases.

Once the events were isolated, we obtained the com-

posite 91-day (from 245 days to 45 days) time series

S5 S(x, t0 2 t) associated with any meteorological field

S with any dimensionality, where t0 is the composite lag

0, and t is the time lag ranging from245 days to 45 days.

To test the significance, we used the following statistic

that obeys the Student’s t distribution with a degree of

freedom (DOF) of N 2 1:

T5
m
ffiffiffiffiffi
s2

p
ffiffiffiffiffiffiffiffiffiffiffiffi
N2 1

p
, (2)

where m and s2 are the population mean and variance,

respectively. Using the sampling technique, the T sta-

tistic can be evaluated as follows:

T̂5
m̂
ffiffiffiffiffi
ŝ2

p
ffiffiffiffiffiffiffiffiffiffiffi
n2 1

p
, (3)

where m̂ and ŝ2 denote the sample mean and variance,

respectively, and n is the DOF, that is, the total number

of MJO cases. The sample mean m̂ is significant when

the T̂ value is larger than the threshold at the 90%

confidence level.

4) EVALUATING THE MJO PHASE SPEED

To quantitatively examine the modulation of the

ENSO on the eastward propagation speed of the MJO,

we developed a new algorithm to objectively calculate

the phase speed. The methodology is introduced step by

step as follows.

Step 1: For a given time (from 230 days to 30 days)–

longitude (308E–1808) pattern of the composite

equatorial (158S–58N) OLR anomalies, we first

identified the longitudinal location of the OLR

minimum at lag 0 and stored the result as (x0, t0).

However, there may be multiple equatorial minima

at lag 0. Under such scenarios, we only considered

those that finally evolved into a large-scale, east-

ward propagating MJO signal.

Step 2: We drew two reference lines passing through

the point (x0, t0) with a slope of ymin 5 2ms21 and

ymax 5 10m s21, respectively. The longitudinal lo-

cations of the OLR minimum at lags 1 and 21 are

chosen from

fxjx
0
1 y

min
dt# x# x

0
1 y

max
dtg (4)

and

fxjx
0
2 y

max
dt# x# x

0
2 y

min
dtg , (5)

respectively, where dt5 1 day. A tacit assumption is

that a reasonable MJO phase speed should range

from 2.0 to 10.0m s21 (Ling et al. 2013; Zhang and

Ling 2017). The results were stored as (x1, t1) and

(x21, t21), respectively.

Step 3: Step 2 was repeated but the referenced point

(x0, t0) was updated to (x2i, t2i) (i 5 1, . . . , 9)

for negative time lags and to (xj, tj) (j 5 1, . . . , 19)

for positive time lags. Then, the next newly tracked
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points of theOLRminimumat lags of j1 1 and i1 1

were respectively chosen from

fxjx
j
1 y

min
dt# x# x

j
1 y

max
dtg (6)

and

fxjx
2i
2 y

max
dt# x# x

2i
2 y

min
dtg . (7)

Step 4: The phase speed of this space–time field was

evaluated as the regression coefficient of X (in

meters) versus T (in seconds), whereX5 (x210, . . . ,

x0, . . . , x20), and T 5 (t210, . . . , t0, . . . , t20).

We also carried out a series of sensitivity experiments

with continuously varying parameter values for ymin and

ymax. The results showed that the evaluated phase speed

remains unchanged when specifying any combination of

ymin and ymax from the following sets:

fy
min

j0:2# y
min

# 3:0g, (8)

fy
max

j9:6# y
max

# 12:6g. (9)

When choosing the values of these two parameters be-

yond sets (8) and (9), the evaluated phase speed be-

comes unrealistic. For example, the MJO propagation

speed is overestimated when using a value of ymin larger

than 3.0m s21 or a value of ymax larger than 12.6m s21.

Conversely, the phase speed is underestimated with a

parameter value of ymin smaller than 0.2m s21 or a value

of ymax smaller than 9.6m s21. Zhang and Ling (2017)

also showed that the propagation speed of MJO can

exist in the range of 2.0–10.0m s21, which is just con-

tained within the sets (8) and (9).

3. Modulation of ENSO on the MJO

a. Power spectrum analysis

Figures 2a and 2b show the longitudinal distribution

(408E–1208W) of the power spectrum of the daily,

equatorial (108S–108N)OLRanomaly for the 10El Niño
and 8 La Niña winters during the period of 1980–2016.

The data connection method is the same as that used by

Liu et al. (2016). The significance of the power spectra

was obtained by comparing the power spectral variance

of the input time series with that of the background red

noise at the significance level of 0.1. It is interesting to

note that the MJO in the IO during El Niño winters is

dominated by a much weaker HF oscillation with a

significant spectral peak of 40 days. However, over the

IO during La Niña winters, the MJO spectrum vari-

ance is very strong and exhibits a significant double-

peak spectrum with both a 40-day HF oscillation and an

80-day LF oscillation, which implies that the La Niña
background state may breed two types of intraseasonal

FIG. 2. Longitudinal distributions of the power spectral variance of the equatorially (108S–108N) averaged OLR anomalies (Wm22)

during (a) El Niño, (b) LaNiña, (c) super El Niño, (d) regular EPElNiño, and (e) CPElNiño conditions. The black contour outlines those
anomalies passing the Student’s t test at the 90% confidence level. The two horizontal dashed lines indicate periods of 50 and 100 days. The

horizontal axis indicates the longitude (8), while the vertical axis indicates the period (days).
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modes characterized by distinctive frequencies (e.g., Saji

et al. 2006; Izumo et al. 2010). The spatial distribution of

the 20–100-day variance over the Indo-Pacific region

was also examined (figure not shown), and it was found

that the MJO intensity of El Niño winters over the IO is

weaker than that of La Niña winters, consistent withWu

and Song (2018) and Li and Mao (2019).

Over theMC–Pacific region, as seen in Figs. 2a and 2b,

the frequency distribution of the spectrum in El Niño is

much narrower than that in La Niña. For example, the

former displays a very regular and much stronger HF

oscillation with a period of 50 days, whereas in the latter,

the oscillating period displays a mixture with the vari-

ance peak occurring at 40–60 days over the MC and 60–

70 days over the western CP. In addition, the El Niño
condition also displays a 50-day oscillation at 1508W,

which indicates that the MJO may propagate farther

east during the warm phase of the ENSO cycle. This

spectral analysis may imply that the MJO eastward

propagation should be faster in the warm phase and

slower in the cold phase of the ENSO cycle (Gray 1988;

Goulet and Duvel 2000; Pohl and Matthews 2007).

Previous studies have demonstrated that the MJO

intensity in the Indo-Pacific warm pool undergoes a

strong sensitivity to the diversity of the El Niño (e.g.,

Hsu and Xiao 2017; Wang et al. 2018a). Is this still true

for the main periodicity of the MJO? To answer this

question, we calculated the power spectrum for the four

CP El Niño, three super El Niño, and three regular EP

El Niño winters during the period from 1980 to 2016

(Figs. 2c–e). As can be seen, over the IO–MC region,

the variance in the 20–100-day frequency range is very

strong during the CP El Niño events (Fig. 2e). For

the EP El Niño events, however, the variance is very

weak, especially for the super El Niño events (Fig. 2a),

whereas over the equatorial Pacific both the regular EP

and CP El Niño conditions support strongMJO activity.

More interestingly, the predominate period of the win-

terMJO over the IO also displays a clear difference with

30 days in EP El Niño and 45 days in CP El Niño. Over

theMC and equatorial Pacific, the spectrum of the super

El Niño events exhibits a broad frequency ranging from

22 to 80 days and the EP El Niño events also exhibit

a broad-frequency oscillation (35–80 days). For CP El

Niño, the oscillation is very regular with a narrow period

range of 40–60 days.

b. Hovmöller diagrams

Figures 3a and 3b shows the propagation patterns of

the composite meridionally averaged (158S–58N) OLR

anomalies during the El Niño and La Niña winters, re-

spectively. As expected from Fig. 2a, the MJO over the

IO during the warm phase of the ENSO cycle (Fig. 3a)

is weak while quickly propagating toward the east

FIG. 3. Lagged composites of the equatorial (158S–58N) OLR anomalies (Wm22) for the (a) 10 El Niño, (b) 8 La Niña, (c) 3 Super El

Niño, (d) 3 regular EP El Niño, and 4 CP El Niño winters. The blue (red) shading with interval of 3Wm22 indicates the enhanced

(suppressed) convection. The dotted area represents those anomalies passing the two-tailed Student’s t test at the confidence level of 90%.

The dashed magenta lines show the regression lines for the tracked longitude locations. The evaluated phase speed of the enhanced

convection is 5.8m s21 for El Niño, 4.1m s21 for La Niña, 7.1m s21 for super El Niño, 5.3m s21 for regular EP El Niño, and 5.2m s21 for

CP El Niño winters.
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(;5.8m s21). In the cold phase of the ENSO cycle

(Fig. 3b), however, the MJO moves eastward slowly

(;4.1m s21) with a much stronger amplitude, especially

over the IO. Over the EWP, both the enhanced and

suppressed phases of the MJO are slightly stronger dur-

ing El Niño, implying that a warm (cold) ENSO event

may support the propagating (nonpropagating) MJO

events (Kim et al. 2014; Feng et al. 2015; Wang et al.

2017; Zhang and Ling 2017; Fu et al. 2018). Representa-

tions of the MJO properties in Figs. 3a and 3b, including

the phase speed, amplitude, and propagation, are similar

to those shown in Fig. 4 of Yadav and Straus (2017) and in

Fig. 4 of Henderson and Maloney (2018), even though

they primarily focus on the North Atlantic Oscillation

and the high-latitude blocking response to the MJO, re-

spectively. Our results, together with previous studies

(e.g., Pohl and Matthews 2007; Henderson and Maloney

2018; Suematsu and Miura 2018), strongly suggest that

the LF SST anomalies exert a fundamental influence on

the eastward propagation speed of the boreal winter

MJO. In addition, the dispersive property is also modu-

lated by the ENSO cycle; as seen here: the eastward

propagation pattern of the OLR anomalies displays a

clear westward group velocity (Adames and Kim 2016;

Chen and Wang 2018b) during the El Niño winters

(Fig. 3a), whereas during theLaNiñawinters (Fig. 3b) the
westward dispersion is weak.

To further examine the modulation of the different

types of El Niño background states on the MJO prop-

agation, the composite equatorial (158S–58N) OLR

anomalies during the CP, regular EP, and super El

Niño events were also investigated (Figs. 3c–e). As

demonstrated in previous studies (e.g., Yuan et al. 2015;

Chen et al. 2015) and implied in Figs. 2c–e, the much

stronger convective anomalies of the MJO during the

CP El Niño winter (Fig. 3e) can propagate farther

eastward. In the EPElNiñowinters, especially the super
El Niño winters (Fig. 3c), however, the MJO is much

weaker. With the small number of MJO samples oc-

curring under EP El Niño conditions, especially under

regular EP El Niño conditions, the dotted areas that can

pass the Student’s t significance test, even at the 90%

confidence level, in the composite results are very

sparse. Regardless, the strong evolution of the dry phase

from day220 to day 0 is still significant. In addition, the

phase speed of the MJO also manifests diversity. In

regular EP (CP) El Niño events, the evaluated speed is

approximately 5.3 (5.2) m s21. The fastest propagation

occurs during super El Niño (;7.1m s21). It is in-

teresting to observe that the westward group velocity is

primarily contributed to by the EP El Niño background

state (Fig. 3d); however, the group velocity is nearly zero

during CP El Niño.

c. Evolution patterns of MJO convection and
circulation

Before studying the mechanism of the ENSO modu-

lating the fast and slowMJOmodes, we first examine the

evolution patterns of theMJO convection and circulation

under the ElNiño and LaNiña winters (Fig. 4). There are
four primary differences that can be observed from the

contrasting evolutions: 1) the propagation speed of the

MJO is much faster in El Niño winters than in La Niña
winters, especially the eastward progression of the en-

hanced phases from day 25 to day 15; 2) the overall

amplitude of the suppressed convections over the equa-

torial western CP during El Niño is well organized and

stronger than that during La Niña; 3) as a major response

to the more strongly suppressed convection over the

equatorial western CP, the coupled equatorial easterly

wind anomalies are also stronger in El Niño winters; and

4) the convective phase of the MJO tends to have a me-

ridionally symmetric structurewith respect to the equator

and can smoothly propagate across the MC along the

equator during El Niño winters, whereas the MJO evo-

lution during LaNiñawinters tends to support a ‘‘detour’’
(Kim et al. 2017) via the southern MC.

Can these differences in shape, especially the leading

suppressed convection and the associated easterly wind

anomalies over the western CP, contribute to the fast

and slow MJO propagation modes? We try to answer

this question in the following section.

4. How does the ENSO modulate the fast and slow
MJO modes?

In this section, we try to unravel themechanism through

which the ENSOmodulates the propagation speed of the

MJO. First, the aforementioned dynamical wave feedback

is examined based on a dynamics-oriented diagnostic

proposed by Wang et al. (2018), including the coupling

between the equatorial waves and MJO convection, and

the vertical structures of the MJO associated circulation,

moisture, and precipitation heating. Second, to evaluate

the moisture–convection feedback, a column-integrated

moisture budget analysis from the surface to 100hPa is

performed for El Niño and La Niña winters, respectively.

a. Dynamical wave feedback

We start with the diagnosis of the horizontal structures

of the MJO circulation in the lower troposphere. Figure 5

shows the composite 850-hPa wind anomaly overlaid with

its zonal component at lag 0 for the fast MJOmode during

El Niño and for the slow mode during La Niña. A clear

zonal asymmetry can be observed in this figure in terms of

the MJO circulation between the fast and slow MJO

7490 JOURNAL OF CL IMATE VOLUME 32



modes. First, for the fast MJO mode (Fig. 5a), the orga-

nized easterly wind anomaly over the EWP is very strong

and even reaches an amplitude of 6.0ms21, whereas it is

much weaker (;2.5ms21) and nonorganized in the slow

MJO mode (Fig. 5b), suggesting that the relatively stron-

ger easterly Kelvin wind anomaly located over the EWP

may favor a faster eastward propagation of the MJO

(Chen and Wang 2018a). Second, to the west of the con-

vective center, the zonal range of the westerly wind

anomaly in the fast MJOmode is much larger than that in

the slowmode. However, in the slowmode, the equatorial

westerly wind anomaly is fairly localized and only appears

over the western-central IO. In addition, the maximal

equatorial westerly wind anomaly is located closer to the

convective center for the slow mode. These evident con-

trasts may imply that the equatorial Rossby wave has a

weak coupling with the MJO during El Niño; therefore, it
canmove farther toward thewest, which is well reflected in

the significantly widespread westerly wind anomalies over

Africa and the EP. In the La Niña condition, conversely,

the Rossby wave may have a tight coupling with the MJO

as can be seen from the very limitedwestward propagation

of the equatorial westerly wind anomaly. One could argue

that the equatorially westerly wind anomaly for the fast

MJO mode may be a dry Kelvin wave response to the

strong negative convection over the EWP; however, its

muchwider longitudinal rangemay offer evidence that it is

also rooted, possibly more so, in the moist Rossby wave

response to the positive convection over the IO.

To further explain of the above dynamical wave feed-

back, Fig. 6 shows the composite 850-hPa geopotential

anomalies at lag 0 for the fast and slowMJOmodes. As we

can see in Fig. 6a, the geopotential anomaly for the fast

MJO mode displays a well-defined zonal wavenumber-1

structure. It is interesting to see that the two low pressure

centers (;308S and 408N) to the west are located very far

from the convective center, which confirms that the

Rossby wave gyres have a weak coupling with the fast

MJO mode during the El Niño condition. For the slow

mode during La Niña (Fig. 6b), the negative geopotential

FIG. 4. Evolution patterns of the composite OLR (Wm22; shading) and 850-hPa wind (m s21; vectors) anomalies

from day215 to day 15 every 5 days during (a) El Niño and (b) La Niña winters. The contour interval is 3Wm22.

The dotted areas, as well as the color vectors, denote those anomalies passing the two-tailed Student’s t test at the

90% confidence level.
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anomaly penetrates into the entire equatorial region

(108S–108N). In addition, it can be clearly seen that the two

off-equatorial Rossbywave gyres arewell coupledwith the

convective center. This implies that a tight coupling of the

westward-moving Rossby wave may effectively drag on

the MJO convection, therefore clearly slowing the east-

ward propagation (Kang et al. 2013; Wang et al. 2018b).

In particular, the circulation response of the slow MJO

mode manifests as a clearer Gill-like response (Gill 1980)

and a narrower meridional scale (see the negative geo-

potential anomalies over 408–1508E), whereas for the fast
MJO mode, the meridional scale of the anomalous cir-

culation is much larger. For the steady atmospheric re-

sponse to the idealized equatorial diabatic heating, the

Kelvin wave exists to the east, while to the west two

Rossby gyres straddle the north and south sides of the

equator. Close to the equator, the easterly Kelvin (west-

erly Rossby) wave leads (trails) the convective center.

Because of the 3 times larger eastward-propagating phase

speed of the Kelvin wave (;15ms21) compared to the

westward-moving Rossby wave (;5ms21), the ratio of

the zonal extent between the easterly equatorial Kelvin

wind and the westerly Rossby wind is just 3.0 (Gill 1980).

Based on this discussion and following Wang and Chen

(2016), a shape parameter for the MJO can be defined as

the ratio of the zonal extent of the equatorial easterly

‘‘Kelvin’’ (below 20.2 in terms of the normalized value)

versus the westerly ‘‘Rossby’’ (above 0.2 in terms of the

normalized value) averaged between 58S and 58N.Wefind

that the slow MJO mode has a more Gill-like response

with a shape parameter of 1.7, which is much larger than

that of the fast MJO mode (0.5). This suggests a dramatic

dependence of theMJO’s eastward propagation speed on

the structure of the MJO itself (Wang and Chen 2016;

Wang et al. 2016; Wang and Lee 2017; Wang et al. 2018).

Moreover, the propagation speed of the MJO acts to

interactively influence the structure of itself. For example,

the fast MJO mode corresponds to a small shape param-

eter, primarily due to theDoppler effect inducedby the fast

moving diabatic heating. Conversely, the more standing-

like heating source of the slow MJO mode just excites a

more Gill-like response with a larger shape parameter.

These arguments imply that theMJOmay be regarded as a

structure-propagation nexus (Wang et al. 2019).

To represent the intensity of the equatorial waves, we

also calculated the ratio of the maximum equatorial

Rossby westerly and Kelvin easterly wind anomalies,

namely, the so-called westerly intensity index proposed

by Wang and Chen (2016). The results showed that the

westerly intensity index is 0.73 for the slow MJO mode

during La Niña but only 0.48 for the fast MJO mode

during El Niño. This further proves that a stronger

Kelvin wave component versus Rossby wave compo-

nent is associated with a faster propagation of the MJO.

The above discussion focused on the horizontal

structures of the MJO; however, some more interesting

phenomena can be detected when examining the verti-

cal distributions. Accordingly, we further investigated

the vertical structures of the MJO-associated circula-

tion, moisture, and atmospheric apparent moisture sink

Q2 anomalies (Fig. 7). The Q2, which represents the

precipitation heating to some extent, is estimated from

the residual between the moisture tendency and the

adiabatic advection processes (Yanai et al. 1973). As we

can see in Figs. 7a and 7b, for the fast MJO mode dur-

ing the El Niño winters, there is an obviously stronger

FIG. 5. Horizontal structures of the composite lower-tropo-

spheric (850 hPa) wind (m s21; vector) anomalies and their zonal

components (m s21; shading) at lag 0 during (a) El Niño and (b) La

Niña winters. The yellow (blue) shading shows the westerly

(easterly) wind anomaly, and the contour interval is 0.5m s21. The

dotted areas denote those anomalies passing the two-tailed Stu-

dent’s t test at the 90% confidence level. The red stars mark the

deep convective center of the MJO.

FIG. 6. As in Fig. 5, but for the geopotential anomaly (gpm).
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east–west zonal circulation cell leading a strong updraft

over the IO. Chen and Wang (2018a) called this the

‘‘front Walker cell’’ (FWC), and it serves as a new

mechanism to understand the eastward propagation of

the MJO. The strong leading suppressed convection over

the EWP supports a stronger downdraft there. Mean-

while, mass continuity drives a stronger easterly wind

anomaly associated with the Kelvin wave, which initi-

ates an extended premoistening perturbation to the east

(1208–1508E). The corresponding lower-level precipita-

tion heating anomalies are also significantly stronger and

even extend upward above 700hPa, suggesting massive

energetic congestus clouds developing to the east of the

deep convection. The congestus convection further pre-

destabilizes the lower-level atmosphere likely via moist-

ening and heating due to the subgrid-scale processes of

entrainment and condensation, respectively, and there-

fore speeds up the eastward propagation.

Conversely, for the slow MJO mode during the La

Niña winters (Figs. 7c,d), the leading suppressed con-

vection over theEWP ismuchweaker and nonorganized

(refer to Fig. 4), resulting in a weaker subsidence and

therefore a weaker FWC. These weaker easterly Kelvin

wind anomalies only produce regionally confined BL

moistening, and these weaker shallow congestus clouds

tend to trigger a relatively weaker lower-level pre-

destabilization effect and therefore a slower eastward

propagation of the MJO. These details confirm the

critical role of the leading suppressed convection in

contributing to the eastward MJO propagation (Kim

et al. 2014; Chen and Wang 2018a), and significantly

support the distinct responses of the MJO propagation

during different ENSO phases.

b. Moisture budget analysis

Before performing a budget analysis, we should first

examine the variations of the LF background states in

the different types of El Niño and La Niña events

(Fig. 8). For the El Niño background state character-

ized by a warm SST anomaly over the equatorial EP

(Figs. 8a,f,k), there are strong westerly wind and positive

moisture anomalies over the central EP as well as a

negative moisture anomaly off the equator. When the

MJO convection is located over the eastern IO (see day

0 in Figs. 4 and 5), the intraseasonal easterly wind

anomaly prevails over the MC–EWP region. The east-

ward gradient of the LF background moisture may in-

duce positive zonal advection due to the easterly wind

anomaly (Liu and Wang 2016). Meanwhile, both the

strong negative meridional gradient of the specific hu-

midity over the MC–EWP region along 48N and the

positive moisture gradient along 78S may also produce a

net moistening effect due to the intraseasonal southerly

and northerly wind anomalies, respectively (Kim et al.

FIG. 7. Composite vertical structures of the equatorial (108S–58N) specific humidity (g kg21; shading) and (u, v3
300) (vector) anomalies at lag 0 during (a) El Niño and (c) La Niña winters. To clearly reflect the updraft and

downdraft, the vertical pressure velocityv has been amplified by a factor of 300. The contour interval is 0.05 g kg21.

The dotted areas, as well as the color vectors, denote those anomalies passing the Student’s t test at the 90%

confidence level. (b),(d) As in (a) and (c), respectively, but for the precipitation heating (shading) and vertical

circulation (vector). The significance test for the vectors in (a) and (c) is based on the vertical pressure velocity

anomaly and for those in (b) and (d) on the zonal wind anomaly.
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2014; Wang et al. 2017). This scenario is also true for the

super (Figs. 8c,h,m), regular EP (Figs. 8d,i,n), and CP El

Niño (Figs. 8e,j,o) conditions, in which the moistening

effect may decrease progressively due to the weakening

atmospheric response to the decreasing LF SST anom-

aly. During the La Niña winters (Figs. 8b,g,l), however,

the central-EP displays nearly opposite patterns in-

cluding the LF background easterly wind anomaly and a

poleward meridional and westward moisture gradient

anomalies, all of which may cause a net drying tendency

over the MC–EWP region. This suggests that the zonal

gradient of LF SST from the eastern to western hemi-

sphere may serve as a new indication of the MJO

propagation speed. We prove the above qualitative de-

scriptions in the following.

The moisture or moist static energy budget analysis

has been widely recognized as a powerful tool to un-

derstand both the eastward propagation of the winter

MJO (e.g., Maloney 2009; Hsu and Li 2012; Kim et al.

2014, 2017; Jiang 2017) and the northward propagation

of the boreal summer intraseasonal oscillation (e.g.,

Adames et al. 2016; Jiang et al. 2018). Here to quanti-

tatively prove the dependence of the fast and slow

eastward propagations of the MJO on the horizontal

advection-induced net moistening over the EWP, a

column-integrated moisture budget is further analyzed.

Figures 9a and 9b show the spatial distributions of

the composite column-integrated (from the surface to

100 hPa) specific humidity and its temporal tendency

anomalies at lag 0 for the fastMJOmode during El Niño
winters and the slow mode during La Niña winters, re-

spectively. We can see that there is a strong net moist-

ening over the equatorial eastern MC–EWP region, the

Bay of Bengal, and the southern MC, and a strong net

drying in the equatorial western Indian Ocean (WIO)

and the northwestern Pacific for the fast MJO mode

during El Niño (Fig. 9a). Conversely, for the slow MJO

mode during La Niña (Fig. 9b), both the positive mois-

ture tendency over the equatorial easternMC–EWP and

the negative tendency over the equatorial WIO and

the northwestern Pacific are fairly weak. Therefore,

along the equator, the zonal asymmetry of the moisture

FIG. 8. (left) Composite monthly SST anomaly (8C) for the (a) 10 El Niño, (b) 8 La Niña, (c) 3 super El Niño, (d) 3 regular EP El Niño,
and (e) 4 CP El Niño winters. (center),(right) As in the left panels, but for the 100-day, low-pass-filtered, lower-tropospheric (850 hPa)

(f)–(j) zonal wind (m s21) and (k)–(o) specific humidity (g kg21) anomalies. The dotted areas denote those anomalies passing the Student’s

t test at the 90% confidence level.
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tendency for the fastMJOmode duringElNiño is stronger
than that for the slow mode during La Niña (refer to the

dashed lines shown in Fig. 9c). This suggests that a strong

(weak) zonal asymmetry of the moisture tendency should

support a fast (slow) eastward propagation of the MJO

(Hsu andLi 2012;Hsu et al. 2014;Wang et al. 2017, 2018b).

As seen in Figs. 9a and 9b, the positive anomalies of the

moisture tendency over the southernMC in the slowMJO

mode are much stronger than those in the fast mode (refer

to the dashed lines shown in Fig. 9d), implying that the

‘‘detour’’ feature of the MJO (Kim et al. 2017) tends to be

more frequent during La Niña conditions.

In addition, the moisture anomaly itself, which serves

as a good indicator of the MJO intensity (Sobel and

Maloney 2012, 2013; Adames and Kim 2016), is weaker

for the fastMJOmode in ElNiño than for the slowmode

in La Niña (refer to the solid lines shown in Figs. 9c and

9d). Two implications may shed light on this interesting

phenomenon. First, using only the moisture advection

may be insufficient to satisfactorily explain the unstable

MJO growth. Second, a weaker moisture anomaly dur-

ing El Niño implies that a moisture tendency of the same

size or larger can propagate a weaker moisture anomaly

eastward more quickly. In summary, we can make the

conjecture that a stronger zonal asymmetry of the

moisture tendency does not necessarily result in a larger

growth of theMJO, but instead can contribute to a faster

eastward propagation. The theoretical study of Adames

and Kim (2016) also showed that it is the eastward

propagation rather than the selection of the planetary-

scale instability that results from themoisture advection.

The following analysis demonstrates that such a zonal

asymmetry is largely determined by the horizontal ad-

vection, especially its meridional component, associated

with the ENSO background variations.

To examine the dominant source of the zonal asym-

metry of the moisture tendency, we use the following

equation (Yanai et al. 1973):
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52hV
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� =

h
qi0 2
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�0
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�
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2

L
y

�0
, (10)

whereVh 5 (u, y) denotes the horizontal velocity vector,

=h 5 [(›/›x), (›/›y)] is the horizontal gradient operator,

Q2 is the atmospheric apparent moisture sink, h�i in-

dicates column integration from the surface to 100hPa,

and the prime symbol denotes the anomaly at the 20–100-

day intraseasonal time scale. The first term on the right-

hand side of (10) is the horizontal moisture advection.

The sum of the second and third terms represents the net

FIG. 9. (a) Spatial distribution of the composite column-integrated specific humidity (q; contour; g kg21) and its

temporal tendency (q_t; shading; 1 3 10210 g kg21 s21) anomalies for the fast MJO mode during El Niño. The
contour interval is 0.1 g kg21 and the zero contours are omitted. The dotted areas denote those anomalies passing

the Student’s t test at the 90% confidence level. The two gray rectangles denote the west (WBOX; 108S–108N, 408–
808E) and east (EBOX; 48S–148N, 1158–1508E) boxes used for the budget analysis. (b) As in (a), but for the slow

MJO mode during La Niña. (c) Zonal distributions of q (solid) and q_t (dashed) over 108S–108N for El Niño (red)

and La Niña (blue). The left (right) axis indicates q (q_t). (d) As in (c), but for the meridional distribution over 608–
908E (1008–1408E) associated with q (q_t).
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moistening associated with the column processes, in-

cluding the large-scale adiabatic vertical motion and the

subgrid-scale evaporation and condensation. Following

Yanai et al. (1973), the netmoistening associated with the

subgrid-scale processes can be approximated as the re-

sidual term between the moisture tendency and the adi-

abatic advective processes.

According to the descriptions of Fig. 9, the most sig-

nificant difference associated with the zonal asymmetry

in terms of the moisture tendency between the fast and

slow MJO modes is primarily reflected in the net drying

over the equatorial IO and the net moistening over the

equatorial eastern MC–EWP region. Therefore, two

boxes (refer to the gray rectangles shown in Fig. 9)

are specified here: a west box (WBOX: 108S–108N,

408–808E) and an east box (EBOX: 158S–58N, 1158–
1508E). Figure 10 shows the composite column-integrated

total moisture budget results averaged in WBOX and

FIG. 10. Thewest box (WBOX; 108S–108N, 408–808E)-averagedmoisture tendency (black bar), zonal advection (red

bar), meridional advection (blue bar), and net moistening associated with column processes (green bar) for (a) the fast

MJOmode during El Niño and (b) the slowMJOmode during La Niña. (c) The difference between the fast and slow

MJO modes. (d)–(f) As in (a)–(c), but for the east box (EBOX; 48S–148N, 1158–1508E). The error bars denote the

uncertainty range of composite results generated based on the standard deviation of sampling members.
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EBOX at the intraseasonal time scale (20–100 days)

for the fast and slow MJO modes and the difference

between them. To represent the uncertainty range of

composite results, the error bars generated based on

the standard deviation of sampling members are also

drawn. To make the results under different amplitude

MJO events comparable, each budget term was nor-

malized by the domain-averaged (108S–158N, 508–
1108E) moisture anomaly. For the fast MJO mode, as

seen in Figs. 10a and 10d, both the zonal and meridio-

nal advection contribute to the net drying over WBOX

(i.e., over the IO) and to the net moistening over EBOX

(i.e., equatorial eastern MC–EWP). For the slow MJO

mode (Figs. 10b,e), even though the role of the hori-

zontal advection is qualitatively similar to that for the

fast mode, their amplitudes are very weak, especially

the zonal component over WBOX and the meridional

component over EBOX. From the plot of the differences

in the horizontal advection between the fast and slow

MJO modes (Figs. 9c,f), we can see that the dominant

process distinguishing these two MJO modes is the

meridional moisture advection over EBOX. The zonal

moisture advection also enhances the net drying over

WBOX and the net moistening over EBOX, therefore

contributing to the zonal asymmetry of the moisture

tendency and the fast eastward propagation of theMJO.

Revisiting Fig. 10f, we find that the column processes

play a comparable role as to zonal advection in con-

tributing to the net moistening over EBOX. To examine

the role of the column processes, Fig. 11 shows the

composite vertical profiles of the EBOX-averaged ver-

tical advection 2Q2/Ly and the net effect of the column

processes for the fast and slow MJO modes and the

differences between them. As seen from the results for

the fast MJO (Fig. 11a), both the vertical advection

and 2Q2/Ly manifest as a vertical diploe structure, in

which the node is found at 700hPa. Above this node, the

atmosphere shows a net moistening, while below it

drying dominates. Because the amplitude of 2Q2/Ly is

generally stronger than that of vertical advection, both

the net drying and the net moistening are contributed to

by the latter, consistent with previous studies (e.g., Hung

and Sui 2018). In the slow mode (Fig. 11b), however, all

the budget terms are very weak, especially 2Q2/Ly,

below 700hPa. Therefore, with respect to the difference

between the fast and slow modes (Fig. 11c), the net

moistening effect of the column processes displays a

very similar distribution to 2Q2/Ly. In summary, the

moistening effect of the column processes shown in

Fig. 10f is primarily located above 700 hPa and con-

tributed to by 2Q2/Ly. However, below 700hPa, the

column processes primarily offer a net heating effect,

therefore further destabilizing the column and sup-

porting a fast eastward propagation. As seen in Fig. 7b,

this heating effect is largely contributed to by the strong

congestus clouds below 700hPa during El Niño.
To quantitatively distinguish the modulation of the

ENSOon the fast and slowMJOmodes, followingWang

et al. (2017), we decomposed each variable P (u, y,

or q) into three time scales: the HF synoptic scale P*

FIG. 11. (a) Composite vertical profiles of the east box (EBOX; 48S–148N, 1158–1508E)-averaged vertical moisture advection (Wadv;

blue), the subgrid-scale moistening effect associated with the atmospheric apparent moisture sink Q2 (green), and the column processes

(red) for the fast MJOmode during El Niño. (b) As in (a), but for the slowMJOmode during La Niña. (c) The difference between the fast
and slow MJO modes. The positive values on the x axis denote moistening, while the negative values denote drying; both have units of

10210 g kg21 s21. The y axis indicates the pressure level (hPa).
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(,20 days), the intraseasonal time scale P0 (20–

100 days), and the LF background scale P (.100 days);

accordingly, both the zonal and meridional advections

can be divided into nine terms as follows:
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For ease of writing, we call the nine terms T1, T2, . . . , T9

from left to right in (11) and (12), respectively. As in the

case of (10), each term in (11) and (12) is filtered to the

intraseasonal (20–100-day) time scale prior to the bud-

get analysis.

The time-scale decomposition results over the afore-

mentioned two boxes (WBOXandEBOX) are shown in

Fig. 12. Seen inFigs. 12a and 12c, the net drying associated

with both the zonal and meridional advection over IO is

largely contributed to by the linear zonal advections T2

and T4. This budget result holds for both the fast MJO

mode during El Niño and the slow mode during La Niña,
which confirms the previous studies to some extent (e.g.,

Maloney 2009; Andersen and Kuang 2012; Adames and

Kim 2016). Influences of ENSO on the MJO can be de-

tected from T2 and T4 (refer to the green bars in Figs. 12a

and 12c) in the zonal component, which are respectively

modulated by the LF winds and the moisture gradient

anomalies associated with the ENSO background state

variations, even though the amplitudes are relatively

weaker. In addition, the nonlinear advection, including T5

and T6 of the zonal advection and T9 of the meridional

advection, also plays a role in making the IO drier for the

fast MJO mode. Over EBOX (i.e., over the equatorial

easternMC–EWPregion), the differencebetween the fast

MJO mode of El Niño and slow mode of La Niña has

reached its maximum. For example, for the fast mode

during the warm phase of ENSO cycle, the amplitude of

the linear zonal advection term T4 is more than 3 times

larger than that for the slowmode (Fig. 10b), leaving a net

moistening effect of T4 to distinguish the two MJO

modes. For the meridional components (Fig. 10f), in the

fast MJOmode during El Niño, the linear advection term

T4 contributes nearly all of the total net moistening over

the equatorial easternMC–EWP region. During La Niña,
however, all the budget terms become very small or even

FIG. 12. Scale decomposition of the (left) zonal advection and (right) meridional advection. (a),(c) The west box

(WBOX; 108S–108N, 408–808E)-averaged nine advection terms (T1–T9) for the fast MJO modes during El Niño
(red bars), the slowMJOmodes during La Niña (blue bars), and their difference (green bars). (b),(d) As in (a) and

(c), but for the east box (EBOX; 48S–148N, 1158–1508E).
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negative. Because the magnitude of the meridional

component is generally larger than that of the zonal

component (see Figs. 10f and 12d), the modulation of

the ENSO on the fast and slow MJO modes during the

boreal winter is primarily rooted in the linear meridi-

onal advection term T4, that is, the moisture advection

of the ENSO-related LF moisture anomaly by the

MJO-scale meridional wind.

Another interesting phenomenon seen in Fig. 12b is

that the ENSO background state variation also has a

nonnegligible modulating effect on the nonlinear HF

zonal advection term T9, which can be further detected

in Fig. 1. As can be seen, the activity of the convectively

coupled Kelvin waves (CCKWs) over MC–EWP in the

1997/98 El Niño is much stronger than that in the 2007/

08 La Niña, which led to a much faster (;5.8m s21)

MJO event initiating on 13 December 1997 and a much

slower (;3.0m s21) MJO event initiated on 23 Novem-

ber 2007, respectively. This case study offers some evi-

dence that supports the key role of the strong nonlinear

upscale moisture feedback of CCKW on the fast MJO

mode during El Niño. Conversely, La Niña winter cor-

responds to a slow MJO mode as a result of the weak

upscale moisture feedback of the CCKWs. Note that our

results here are somewhat similar to those of Guo et al.

(2015), who showed that the reliability of GCMs in

simulating the systematic eastward propagation of the

MJO always corresponds to a well-simulated CCKW.

The above moisture budget analyses suggests that the

modulation of the ENSO on the fast and slow MJO

modes is primarily manifested as a net moistening over

the equatorial eastern MC–EWP region, which then en-

hances the zonal asymmetry of the moisture tendency

and therefore leads to a faster eastward propagation of

the MJO during El Niño than during La Niña. As sug-

gested by Fig. 8, the dominant physical processes associ-

ated with this net moistening effect have been diagnosed

as the linearly horizontal advection (both meridional and

zonal) of the LF background moisture anomaly by the

intraseasonal (20–100 days) wind anomalies. The non-

linear advection by theHF zonalwinds also plays a role in

speeding up the east propagation of the MJO during El

Niño conditions. The budget analysis results also imply

the close relationship between the eastward propagation

of the MJO and the background state variations (e.g.,

Kim et al. 2009; Jiang et al. 2015; Liu et al. 2016; Gonzalez

and Jiang 2017; Ling et al. 2017).

5. Discussion of other factors in modulating the
eastward MJO propagation

From section 4, the modulation effect of the ENSO on

the fast and slowMJOmodes can be ultimately rooted in

the influences of LF (.100 days) circulation and con-

vection. In this section, we discuss the possible roles of

1) other LF variabilities including the IndianOcean dipole

(IOD; Saji et al. 1999) and the quasi-biennial oscillation

(QBO; Baldwin et al. 2001), 2) the tropical–extratropical

interaction, and 3) the dynamically and thermodynami-

cally intraseasonal air–sea interactions in modulating the

eastward propagation of the MJO.

a. IOD

Several previous studies have focused on the year-to-

year variability of the MJO under the IOD-related LF

background state. For example, Shinoda andHan (2005)

found that the interannual variation of the intraseasonal

variability in the central and eastern equatorial IO is

highly correlated with the large-scale zonal SST gradient

of the IOD. Motivated by a hypothesis proposed by Saji

et al. (2006), Izumo et al. (2010) proved that there exist

two types of MJO modes: a higher-frequency mode

with a period of 30–50 days and a lower-frequency mode

with a period of 55–100 days, which show equatorially

symmetric and asymmetric structures, respectively. Mod-

ulated by the changes in the background atmospheric

circulation after an IOD, the HF MJO modes propagate

eastward faster than the LF modes. Wilson et al. (2013)

further demonstrated that theMJO becomes weaker and

faster during the positive IOD condition, and the oppo-

site is true during the negative IOD condition. However,

because many of the SST anomalies associated with the

IOD could be produced remotely by the ENSO in the

tropical Pacific (Baquero-Bernal et al. 2002; Shinoda

et al. 2004), it is interesting and necessary to distinguish

the relative contributions of ENSO and the IOD to the

MJO propagation, which is an important part of our on-

going and future research.

b. QBO

Despite being a leading mode of the interannual

variability in the tropical stratosphere, the impacts of the

QBO, which feature the changing of flow direction of

the zonal mean zonal wind at 50 hPa every other year

(Baldwin et al. 2001), on the MJO have not been well

documented until very recently (e.g., Liu et al. 2014;

Yoo and Son 2016; Marshall et al. 2017; Sun et al. 2019).

In summary, it has been found that the composite OLR

anomaly shows a larger negative value and a slower

eastward propagation with a prolonged period of active

convection in the QBO easterly (QBOE) phase than in

the QBO westerly (QBOW) phase (e.g., Nishimoto and

Yoden 2017; Son et al. 2017). The reasons for the fast

eastward propagation of the MJO under QBOW con-

ditions may result from two mechanisms: 1) the deep

convection of the MJO itself in the QBOW phase is
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weaker, possibly leading to a much faster phase speed of

the planetary-scale Kelvin waves (Chang 1977) and

therefore the MJO (Seo and Kumar 2008; Son et al.

2017); and 2) the dry convection preceding the eastward

propagation of deep convection under QBOW condi-

tions is generally stronger than that under QBOE con-

ditions, especially over the MC–EWP region (see Fig. 3

of Zhang and Zhang 2018). According to our findings in

this study, the much stronger leading suppressed con-

vection may speed up the eastward propagation of the

MJO with a weaker intensity.

c. Tropical–extratropical interaction

Our findings indicate that ENSO modulation of the

MJO propagation is indirectly caused by enhancing of

the leading suppressed convection rather than by accel-

erating the process of deep convective clouds. However,

it remains unclear what causes this leading suppressed

convection. Yong and Mao (2016) suggested that the

anomalous descending motion associated with sup-

pressed convection is dynamically forced by an anoma-

lous convergence. This convergent wind anomaly results

from changes in the subtropical circulation structure

forced by extratropical disturbances associated with the

equatorward advection of positive potential vorticity.

Chen and Wang (2018a) showed that for the successive

MJO cases (Matthews 2008), the anomaly comes from

the eastward propagation of the preceding dry MJO

phases, while for the primary cases it is brought about

by a two-way interaction between the tropical heating of

the MJO and the associated tropical–extratropical tele-

connection, which evolves and forms an anomalous cy-

clone over the western North Pacific that generates

upper-level convergence.

d. Intraseasonal air–sea interaction

The intraseasonal air–sea interaction has been shown

to play a key role in the MJO dynamics [see the review

of DeMott et al. (2015)]. During El Niño winters, the

prevailing background westerly wind anomalies against

the easterly wind of the MJO over the EWP region may

lead to a net warming due to the reduced surface latent

heat flux or the entrainment feedback beneath the

mixed layer base. In addition, the strong leading sup-

pressed convection over the EWP may also bring in

more insolation and therefore warm the oceans directly.

During La Niña winters, however, the amplified winds

associated with the easterly wind of the MJO and the

background easterly wind of ENSO cool the oceans via

enhanced wind–evaporation–entrainment–SST feed-

back (Wang andXie 1998; Li et al. 2008;Wei et al. 2018).

The weak leading suppressed convection over the EWP

may also induce cooling via the cloud–radiation–SST

feedback (Wang et al. 1995; Liu and Wang 2013).

Therefore, the intraseasonal warm (cool) SST anomalies

over the EWPmay also feed back to the atmosphere and

support the fast (slow) MJO modes.

In addition to the above thermodynamical air–sea

interactions, the oceanic responses to the atmospheric

forcing may also cause a dynamic feedback to the MJO

propagation. Han (2005) revealed that the observed

90-day spectral peak of the SST in the equatorial IO

could be explained as a result of a selective response to

the 90-day winds rather than to the 30–60-day winds.

This implies that oceanic feedback is more important for

the lower-frequencyMJOmodes (Saji et al. 2006; Izumo

et al. 2010) because, at lower frequencies, both the

Rossby and Kelvin waves of low-order baroclinic modes

have longer wavelengths, which are more effectively

excited by large-scale winds (Han 2005). A quantitative

investigation concerning the roles of intraseasonal air–

sea interaction in contributing to different propagations

of the MJO, both dynamical and thermodynamical,

requires a detailed observational diagnostic analysis and

an auxiliary numerical modeling study.

6. Summary and concluding remarks

Using the observations and ECMWF reanalysis data

since the 1980s, this study investigated themodulation of

the ENSO on the fast and slow MJO modes during bo-

real winter. The main conclusions are summarized as

follows.

The power spectrum analysis showed that the MJO

variability during El Niño winters is very uniform along

the entire Indo-Pacific region and is dominated by a

relatively HF oscillation with a significant spectral peak

of 40–50 days. However, during La Niña winters, the

spectrum is very broad and is only visible over the IO

and MC, and, more interesting, the MJO variability

displays a double-peak spectrum with both a 40-day HF

oscillation and an 80-day low-frequency oscillation. The

diversity of El Niño events also evidently results in a

modulation on the MJO periodicity. For example, over

the IO, the period of the MJO manifests a clear differ-

ence between 30 days in EP El Niño winters and 45 days

in CP El Niño winters.

The eastward propagation speed of the MJO varies

strongly for different ENSO background states. For

example, the evaluated phase speeds using an objective

algorithm are 5.8 and 4.1m s21 for the fast MJO mode

during El Niño and the slow one during La Niña, re-
spectively. In addition, the phase speed and intensity of

the fast MJO mode tends to vary as a function of the El

Niño amplitude, where the strongest super El Niño
produces the fastest propagation (;7.1m s21) and the

7500 JOURNAL OF CL IMATE VOLUME 32



weakest MJO, while regular EP and CP El Niño winters

only generate a moderate phase speed but a somewhat

stronger MJO. The dispersive feature of theMJO is also

evidently modulated by the ENSO background state.

Even though the westward group velocity is visible

during La Niña, it is considerably weaker than during El

Niño. The significantly westward dispersion of the MJO

wave energy during the warm phase of the ENSO is

primarily contributed by the EP-type El Niño events.

The fast MJO mode during El Niño winters can

propagate smoothly across the MC into the EWP, and

the corresponding evolution pattern manifests an ob-

vious meridional symmetry with respect to the equator.

However, the La Niña condition tends to support an

MJO ‘‘detour’’ via the southern MC. The horizontal

distribution of the large-scale convection of the MJO

indicates that that the overall amplitude of the leading

suppressed convection over the EWP for the fast MJO

mode is much stronger than that for the slow MJO

mode.

The mechanisms by which the different ENSO back-

ground states modulate the fast and slow MJO modes

are illustrated schematically in Fig. 13. From a dynam-

ical point of view (e.g., Wang and Rui 1990; Kang et al.

2013; Wang and Chen 2016; Liu andWang 2017b; Wang

et al. 2017, 2018; Wang et al. 2018), as we can see from

Fig. 13a, during the El Niño winters the leading sup-

pressed convection over the EWP is much stronger,

therefore generating a large zonal pressure gradient over

the Indo-Pacific warm pool and lower-level Kelvin east-

erly wind anomalies. Due to mass continuity, a strong

FWC (Chen and Wang 2018a) is excited to initiate

an extended premoistening to the east of the deep con-

vection. The premoistening-induced shallow congestus

FIG. 13. Schematic diagrams illustrating the mechanisms for how the ENSO modulates the (a) fast (;6.0m s21)

and (b) slow (;4.0m s21) MJO modes during boreal winter. The cloud cluster denotes the MJO deep convection,

while the preceding nonprecipitable cloud over theMC–EWP represents the net heating effect of shallow congestus

clouds below 700 hPa. The FWC (purple ellipse), intraseasonal easterly and northerly wind anomalies (dashed blue

arrows) and moisture anomalies (turquoise shading stands for moistening, brown shading for drying), and Kelvin–

Rossby low pressure centers (green dashed ellipse) are overlaid. Along the equator, the eastward (westward) arrow

indicates the westerly Rossby (easterly Kelvin) wave wind anomaly. For all the symbols, thicker lines or deeper

color shadings indicate greater strengths. The thick red (blue) line outlining the central-eastern equatorial Pacific

denotes the warming (cooling) associatedwith the El Niño (LaNiña) background state. The dashed black arrows at
the top of the diagrams denote the eastward propagation of the MJO circulation–convection coupled system.

1 NOVEMBER 2019 WE I AND REN 7501



clouds (below 700hPa) can destabilize the lower tropo-

sphere to the east and contribute to the fast eastward

propagation (refer to Fig. 11). However, the two off-

equatorial Rossby wave low pressure centers tend to

decouple from the major convection, which is reflected in

the distant location of the maximal equatorial westerly

from the convective center and the widespread westerly

to the west covering Africa and the EP. This weak cou-

pling reduces the ‘‘drag effect’’ of the westward-moving

Rossby wave and therefore generates a faster MJO

mode. For La Niña winter (Fig. 12b), because both the

leading suppressed convection and the FWC are very

weak, the easterly wind anomaly of Kelvin wave over

the EWP becomes very small. In addition, the two low

pressure centers of the Rossby wave to the west are

tightly coupled to the major convection, which can be

seen from the small localized equatorial westerly wind

anomaly over the IO and the closer location of the

maximal westerly to the convective center. In summary,

unlike the fast MJO mode during El Niño, the La Niña
condition, which supports the slow eastward propagation

of the MJO, generates a more Gill-like circulation re-

sponse to the diabatic heating. This implies the dramatic

dependence of the eastward propagation speed of the

MJO on its own structure (e.g., Wang and Chen 2016;

Wang et al. 2016; Wang and Lee 2017; Wang et al. 2018).

When focusing on the moisture–convection feedback

(e.g., Sobel and Maloney 2012, 2013; Adames and Kim

2016; Jiang et al. 2018), the column-integrated moisture

budget analysis showed that the modulation of the

ENSO on the fast and slow MJO modes is primarily

manifested as a net moistening over the equatorial

eastern MC–EWP region, which can further enhance

the zonal asymmetry of the moisture tendency and

therefore lead to a faster eastward propagation (e.g.,

Hsu and Li 2012; Hsu et al. 2014; Wang et al. 2017). This

net moistening is predominated by the horizontal ad-

vection, especially its meridional component. The scale

decomposition revealed that the ENSO modulates the

MJO propagation primarily by changing both the lon-

gitudinal and latitudinal gradients of the LF (.100 days)

background moisture anomaly (refer to Figs. 8 and 12).

The role of the nonlinear zonal moisture advection by

the HF (,20 days) transients, possibly by the CCKWs,

was also demonstrated to be nonnegligibly important in

contributing to the net moistening over the equatorial

eastern MC–EWP region.

This observational diagnostic analysis requires an in-

depth validation from both an intercomparison of GCM

modeling studies and a theoretical modeling work. As a

first step, we have utilized a long-term run from a hybrid

coupled GCM (HcGCM), that is, the fourth generation

of ECHAMGCM (Roeckner et al. 1996) coupled with a

mixed layer oceanic model (Fu and Wang 2001), to

validate the observed findings represented in this study

(figure not shown). The results showed that this HcGCM

could well reproduce the fast MJO mode (;6.2m s21)

during El Niño and slowMJOmode (;3.7m s21) during

La Niña. In addition, the much stronger (weaker) leading

suppressed convection and Kelvin wave easterly over the

MC–EWP region for the fast (slow) MJO mode are also

well simulated. These results show that themodulation of

ENSO on the fast and slow MJO modes during boreal

winter and the underlying mechanisms are also well

captured and validated by the HcGCM.

The mechanisms proposed in this paper involve

equatorial wave dynamics, moisture–convection feed-

back, diabatic precipitation heating, and the intra-

seasonal air–sea interaction. In future work, we plan to

further 1) validate our conclusions by evaluating MJO

simulations from the multimodel comparison project

developed by the Working Group on Numerical Ex-

perimentation (WGNE) MJO Task Force and the

GEWEXAtmosphere System Studies (Petch et al. 2011;

Jiang et al. 2015; Wang et al. 2018) and 2) utilize the

theoretical model developed by Wei et al. (2018), which

can adequately consider these mechanisms, to validate

the results presented in this paper.
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ABSTRACT

A dataset from 763 national Reference Climate and BasicMeteorological Stations (RCBMS) was used to

analyze surface air temperature (SAT) change in mainland China. The monthly historical observational

records had been adjusted for urbanization bias existing in the data series of size-varied urban stations,

after they were corrected for data inhomogeneities mainly caused by relocation and instrumentation. The

standard procedures for creating area-averaged temperature time series and for calculating linear trend

were used. Analyses were made for annual and seasonal mean temperature. Annual mean SAT inmainland

China as a whole rose by 1.248C for the last 55 years, with a warming rate of 0.238C decade21. This was close

to the warming of 1.098C observed in global mean land SAT over the period 1951–2010. Compared to the

SAT before correction, after-corrected data showed that the urbanization bias had caused an overestimate

of the annual warming rate of more than 19.6% during 1961–2015. The winter, autumn, spring, and summer

mean warming rates were 0.288, 0.238, 0.238, and 0.158C decade21, respectively. The spatial patterns of the

annual and seasonal mean SAT trends also exhibited an obvious difference from those of the previous

analyses. The largest contrast was a weak warming area appearing in central parts of mainland China,

which included a small part of southwestern North China, the northwestern Yangtze River, and the eastern

part of Southwest China. The annual mean warming trends in Northeast and North China obviously de-

creased compared to the previous analyses, which caused a relatively more significant cooling in Northeast

China after 1998 under the background of global warming slowdown.

1. Introduction

One of the core issues of contemporary climate change

research is global and subcontinental surface air tem-

perature (SAT) change. In mainland China, the climate

observational network is not dense enough in some re-

mote areas and data gaps are a serious problem prior to

1951, and there is a large uncertainty in estimating

changes and long-term trends for SAT over the past

100 years. Hence, in order to better understand the

detailed temporal and spatial structure in modern SAT

change in mainland China, many researchers have turned

to analyze the high-quality and high-density observational

network records of recent decades.

Researchers had used varieties of methods to ana-

lyze the SAT change over mainland China since the

late of 1980s, but most of these works did not consider

the inhomogeneities in SAT data (Qiao and Qin 1990;

Zhao et al. 1990; Chen et al. 1991; Lin et al. 1995; Chen

and Zhu 1998; Zhai and Ren 1999; Qian and Lin 2004;

Wang et al. 2004; Huang et al. 2005; Qian and Qin

2005). Since 2005, homogenized datasets obtained by

various methods were used to analyze the land SAT

changes overmainlandChina. Thus, the discontinuities in

historical observational data, such as instrumentation and

relocation of stations, had been corrected to some extent.

Ren et al. (2005a,b) analyzed spatial and temporal

characteristics of annual- and seasonal-mean SAT

changes during 1951–2004 by using monthly mean SAT

data from 740 national Reference Climate and BasicCorresponding author: Guoyu Ren, guoyoo@cma.gov.cn
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Meteorological Stations (RCBMS, or national stations)

across mainland China, for example, and they found

that the annual-mean SAT increased with a rate of

0.258C decade21 up to 2004, and the warming across the

country mainly appeared after the mid-1980s. Tang

et al. (2005) compared the SAT change of eastern China

with that of western China during 1951–2002, showing

that the spring and winter mean SAT of eastern China

increased more significantly than those in western China,

but the summer and autumn warming of eastern China

were not as obvious as that of western China. Cao et al.

(2016) analyzed annual- and seasonal-mean SAT varia-

tions in mainland China during 1960–2014 by utilizing a

homogenized dataset of 2400 stations. They found that

the annual-mean maximum SAT increased with a rate of

0.228C decade21 and the annual-mean SAT increased

with a rate of 0.388C decade21, which were significantly

larger than the rates estimated by the previous analyses

(Ren et al. 2005a,b; Ding and Ren 2008).

Ren et al. (2016) studied the temporal and spatial

variations of SAT during 1973–2011 in mainland China

by utilizing an hourly temperature dataset. They con-

cluded that the annual-mean SAT of the whole coun-

try increased rapidly at night until 1992, with rapid

warming often occurred around midnight. However,

rapid warming during the daytime happened after

1992, with the strongest warming appeared in the later

afternoon. Li et al. (2015) and Sun et al. (2017a) found

the phenomenon of warming slowdown over mainland

China, in particular even a cooling trend in Northeast

China, after 1998. In Northeast China, the cooling

trend was the most remarkable in the cold season in-

cluding winter and spring (Sun et al. 2017a).

On regional and subcontinental scales, however, urban-

ization, including the strengthenedurbanheat island (UHI)

effect, has been confirmed to exert significant impacts

on the estimated trends at many meteorological sta-

tions and the regional-averaged SAT series, including

those studies for mainland China.

Zhou et al. (2004) estimated warming of mean sur-

face temperature of 0.058C decade21 attributable to

urbanization based on analysis of impacts of land-use

changes on surface temperature in southeast China,

where rapid urbanization has occurred. Ren et al.

(2005c, 2008) pointed out that the increasing of annual

mean SAT induced by urbanization for national sta-

tions reaches 0.448C during 1961–2000 in North China,

which experienced the most remarkable warming in

the country, with an increasing rate of SAT reached

0.118C decade21, accounting for 38% of the total warm-

ing trend as recorded by these stations. Tang et al. (2008)

analyzed the effect of urbanization to the SAT changes

during 1961–2004 in southwest China, and found that the

warming rates of town and city stations, and national

stations on a whole, were greater than those at rural

stations. In annual mean SAT records of national stations,

urban warming trend was estimated as 0.058C decade21,

and its contribution to overall annualmean SAT trendwas

45.3%. Hua et al. (2008) investigated the variations of

annual and seasonal mean SAT during 1961–2000 in

mainland China due to urbanization. They found that

there was a positive correlation between urban pop-

ulation and the rate of urban warming. The northern

stations showed a stronger urban warming than the

southern stations. According to the metadata of spe-

cific locations of the stations and the population of

residential areas near observational sites, Zhou and

Ren (2009) classified the stations in northern China

into five categories to examine the urbanization effect

retained in the observed SAT records. They showed

that all of the categories underwent a warming in terms

of average SAT and minimum SAT, with the national

stations and all categories of urban stations experi-

encing larger increase in annual mean SAT than that of

the rural stations.

Yang et al. (2011) pointed out that UHI effects con-

tributed 24.2% to regional average warming trends over

eastern China, and the strongest effect of urbanization

on annual mean SAT trends occurred over the me-

tropolis and large city stations, with corresponding

contributions to total warming were 44.0% and 35.0%,

respectively, during 1981–2007. Wang and Ge (2012) re-

ported that the urbanization effect was 0.098C decade21

and accounted for 20.0% of the total warming over

mainland China. He et al. (2013) found that the warming

caused by urbanization contributed to about 44.1%of the

total increasing rate during 1978–2008 in the plain area of

North China. Sun et al. (2017b) suggested that the ur-

banization effects on the SAT trends in varied periods

and regions and the unevenly and sparsely distributed

data in the early years might have posed the greatest

problems in the present estimates of global and regional

average SAT change over the last century.

The first attempt to examine the effect of urbanization

in mainland China on a whole was carried out by Zhang

et al. (2010) by using a homogenized dataset and a ref-

erence station network as reported in Ren et al. (2015).

They confirmed that the urbanization effect contained in

the warming trend of annual mean SAT of the national

stations during 1961–2004 for mainland China was at

least 0.088C decade21. This impact was highly significant

statistically, and the contribution of urbanization exceeded

27.3%. Ren et al. (2015) reported a comprehensive pro-

cedure for determining reference stations for evaluating

urbanization effects recorded at urban stations, and esti-

mated the urbanization effect and contribution in the
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SAT data series of the Chinese national stations.

They showed a highly significant urbanization effect

of 0.078C decade21 and an urbanization contribution

of 24.9% for the national stations of the country

during the time period 1961–2004, which compared well

to the results previously reported by Zhang et al. (2010).

The urbanization effect contained in the extreme

temperature indices series of national stations was

assessed by Ren and Zhou (2014) by utilizing the

reference network data that were developed by Ren

et al. (2015) and used in Zhang et al. (2010), showing

that urbanization effects on the long-term trends of

annual and seasonal mean minimum SAT (Tmin), aver-

age SAT (Tavg), diurnal temperature range (DTR), and

the extreme SAT indices commonly used internationally

were larger in mainland China during 1961–2008. In

particular, the urbanization effects on the downward

trend of DTR and the upward trend of Tmin were highly

significant, with the urbanization contribution for annual

mean DTR trend exceeding 32% over mainland China.

This suggests that the urbanization effect not only exists

to a great extent in the mean SAT trends on the sub-

continental scale but also is not ignorable in the time

series of the extreme temperature indices. Sun et al.

(2016) made an attribution analysis on the basis of a

dataset of 2400 stations and found that 1/3 of the

overall increase of annual mean SAT in mainland

China during the half century was attributable to the

urbanization effect.

Therefore, the regional average SAT trends in main-

land China obtained by previous studies, mostly based

on the dataset of the RCBMS (Ren et al. 2008, 2012),

contained great bias due to the urbanization effect. Al-

though there existed a divergence among the estimates

of the urbanization effect, the majority of the previous

works, especially of those based on more sophisticated

and objective procedures to select reference stations

(e.g., Ren et al. 2008, 2015; Zhang et al. 2010; Yang et al.

2011; Wang and Ge 2012; He et al. 2013), were in favor

of an urbanization contribution around 20.0% for

annual-mean SAT trends of the RCBMS for the last

half century for the country.

Hence, urbanization effect have exerted significant

impacts on SAT records and the estimated trends at

most of the RCBMS as well as on the regionally av-

eraged SAT series in mainland China, and it is now

desirable to quantify the urbanization biases and

more importantly to remove them from the homog-

enized RCBMS dataset before it is used for studying

the regional average SAT change. The obtained

urbanization-bias adjusted dataset will play its due

role in promoting studies of climate change detection

and attribution and climate model validation, and also in

conducting studies of regional climate change impact

and vulnerability assessment.

Recently, Wen et al. (2019) developed a method for

correcting the urbanization biases inmonthlymean SAT

dataset of the urban stations network, and made an ef-

fort to adjust the urbanization biases for each national

station in mainland China. An urbanization-bias ad-

justed dataset has been finally constructed. In this study,

we utilize the urbanization-bias adjusted dataset to an-

alyze the SAT change in mainland China, so as to

obtain a better understanding of SAT changes over

mainland China over the past decades.

2. Data and methods

a. Data sources

An urbanization-bias adjusted monthly SAT dataset

of 763 national stations during 1961–2015 was used

here to analyze SAT change in mainland China. The

data were adjusted for urbanization bias of different

categories of urban stations by applying a new adjusted

method (Wen et al. 2019), after it had been homoge-

nized by the National Meteorological Information

Center (Li 2011; Cao et al. 2016).

The data source for urbanization bias correction is

the homogenized monthly mean SAT dataset, which is

from the National Meteorological Information Center

(NMIC), China Meteorological Administration (CMA).

It consists of a total of about 2400meteorological stations,

with 34.4% of observation sites coming from RCBMS

(national stations), and 65.6% from ordinary weather

stations. In the field of climate change monitoring and

research in mainland China, the mostly frequently ap-

plied SAT data were from RCBMS datasets (Ren et al.

2008, 2012). Therefore, the urbanization biases correc-

tions were made to the monthly temperature data of

RCBMS (Wen et al. 2019).

Considering the lack of temperature data before 1961

and after 2015, the time range from 1961 to 2015 was

selected. It was stipulated that the missing rate of data

could not exceed 2% during the period 1961–2015, and

there are 763 RCBMS that meet the criterion (Fig. 1a).

For the missing values (less than 2% in the target sta-

tions), the monthly mean values of the 10 years (5 years

before and 5 years after the missing years respectively)

were used to fill up the gaps. This guarantees that the

filled monthly mean values fall within the decadal

averages.

b. Reference stations for mainland China

A key to assess and adjust the urbanization bias is

the development of a surface air temperature dataset of
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reference stations (rural stations). The reference stations

network developed in previous studies (Ren et al. 2010,

2015; Zhang et al. 2010) was used to adjust the urbani-

zation biases in RCBMS data in this work. According to

Ren et al. (2010, 2015), the reference stations were se-

lected from 2400 observational stations (RCBMS and

ordinary weather stations) across the country. The crite-

ria and steps used for selecting the reference stations were

as follows:

1) Candidate reference stations had records of more

than 50 years, with the beginning of record being no

later than 1961, and without any missing records. In

all, 1330 stations met these criteria.

2) Furthermore, 332 stations were selected from the

1330 candidate stations with the consideration that

the permanent population of the settlements near the

stations was less than 20 000 in 2000, but less than

70 000 in plain areas of eastern China.

3) The number of relocations had to be less than 3 after

1961, and the horizontal distances for the relocations

were less than 5 km in plains and plateau areas. After

this round of selection, 245 stations were remained.

4) The circumambient environment of the 245 stations

was examined to guarantee the relative proportion of

the built-up area within the circular of 2-km radius

less than 33.0%. Only 148 stations were kept after

this round of selection.

5) Five stations were discarded because they were too

close to others. Finally, 143 stations were kept as the

reference stations (Fig. 1b).

Based on the data of the reference stations, previous

analyses (Zhang et al. 2010; Ren et al. 2015) assessed the

urbanization effect (urbanization bias) and contribution

in the monthly mean SAT data series of the RCBMS

data. Referring to the methods in Ren et al. (2015), we

updated the calculation urbanization biases for the 684

national stations in mainland China for the period 1961–

2015. Figure 2 shows the spatial distribution of urbani-

zation biases on basis of stations. The areas with large

urbanization biases were distributed in northern and

eastern China, including North China, parts of central

China, the northern parts ofNortheast China,EastChina,

and parts of the Qinghai-Tibetan Plateau, with the values

ranging from 0.108 to 0.308C decade21. The negative ur-

banization biases appeared in parts of Northwest China

and the western and the southern Qinghai-Tibetan Pla-

teau, probably due to the effect of oasis expansion in the

urban areas of the arid and semiarid regions (Zhang et al.

2010; Ren et al. 2015). A few of the national stations lo-

cated in south of Northeast China, South China coastal

areas, and central China also showed small negative

urbanization bias.

FIG. 1. (a) Distribution of 763 national stations and

(b) 143 reference stations distributed in the grid of 2.58 lati-
tude 3 2.58 longitude in mainland China, and (c) boundaries

of the divided six subregions. NEC, NC, NWC, SWC, YR, and

SC represent Northeast China, North China, Northwest

China, Southwest China, the middle to lower Yangtze River

valley, and South China, respectively.
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c. Reference stations and series for target stations

Among all of the reference stations, there were 79

national stations and 64 ordinary stations. The 79 na-

tional stations of the reference stations network did

not need adjustment for urbanization bias. In addition,

Xisha station, which is located in the South China Sea

near Hainan Province, was not considered for adjust-

ment because there were no proper reference stations

within 300 km. Finally, data of total 684 national sta-

tions or RCBMSs were corrected for urbanization

biases. To compare urban–rural differences on a sub-

continental scale like that of mainland China, we must

take the large-scale patterns of climate change into

consideration. In addition, we had to take into account

the density and distribution of the reference stations in

order to ensure that each target station could still have

at least one reference station in the areas where ref-

erence stations were distributed relatively sparsely.

Therefore, we stipulated that the reference stations

chosen could not exceed 300 km from their target

stations; that is, the reference stations had to be within

the large circles of 300-km radius with the target sta-

tions as centers.

In establishing the specific reference stations for

each target station, we referred to the method de-

veloped for testing the spatial consistency of climate

records in data quality control (Karl and Williams

1987; Mitchell and Jones 2005; Li 2011). A station

within a circle with a fixed radius centered on an urban

station was used as a reference observational site for

the urban station. The distance between two stations

was calculated by using the following formula

[Eq. (1)]:
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where u1 and u1 are the longitude and latitude of station

A1, u2 andu2 are the longitude and latitude of stationA2,

and R is the radius of Earth (6371km).

To obtain reference stations for arbitrary target sta-

tions in the northeast, central, and western regions of the

Qinghai-Tibetan Plateau where the reference stations

are distributed more sparsely, we adopted a method of

iterative correction that first adjusted the target stations

from east to west for each longitudes, and the target

stations after correcting urbanization bias then could

also serve as reference stations.

After stipulating the distance between the target sta-

tions and the reference stations and selecting the can-

didate reference stations of any target stations, a further

consideration was made as to whether the interannual

and interdecadal SAT variability of the candidate ref-

erence stations were consistent with the target stations,

or whether they were located in the same zones of cli-

mate variability. Therefore, the correlation coefficient

of the annual mean temperature at the two stations after

removing the linear trend was used as an indicator of the

variability similarity. The series that removed linear

trend mainly reflected the variability of SAT on in-

terannual and interdecadal scales. The linear trend was

obtained by one-dimensional linear regression analysis.

If the correlation coefficients of the detrended annual

mean temperature series between each target station

and the nearby candidate reference stations passed a p5
0.005 significance level test, then the candidate refer-

ence stations were selected as the final reference stations

for the target station. To adjust the urbanization bias of

RCBMS data, it was important to construct a reference

series for each of the target stations. Studies (e.g., Yu

et al. 2012) found that, for the interpolation of missing

SAT data at any station, the interpolated values calcu-

lated by the four neighboring stations with the highest

correlation were highly accurate. Other studies (e.g.,

Jiang et al. 2008) showed that, in the correction of the

inhomogeneity of precipitation data series in mainland

China, the reference series could be constructed by us-

ing the data of three stations with the highest correlation

coefficients among the closest 20 stations. Referring to

these methods, and taking into account that an excessive

number of reference stations involved in the calculation

will lead to significant error, we stipulated that, when the

number of reference stations of a target station is more

than four, four stations with the highest correlation co-

efficients with the target station annual mean tempera-

ture were taken as the final reference stations, but the

FIG. 2. Distribution of urbanization biases for 684 national stations

in mainland China. A black box indicates lack of data.
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candidate reference stations were all retained when

there were fewer than four.

To obtain the reference series of monthly mean

SAT for each target station, the weighted averages of

monthly mean SATs of all reference stations of the

target station were calculated by using the squares of

correlation coefficients of monthly mean SAT series

between the reference stations and the target station

as the weights. The formula for calculating the refer-

ence series for each target station is [Eq. (2)]

T5
�
m

i51

(C2
i 3T

i
)

�
m

i51

(C2
i )

, (2)

whereT is themonthlymean SAT of reference series, i5
1, 2, ..., m (m is the number of reference stations), Ci

denotes the correlation coefficient of monthly mean SAT

series between reference station i and the target station,

and Ti is the monthly mean SAT of reference station i.

d. Method of adjustment

Based on the method of linear correction (Zhou and

Ren 2005; Zhang 2009), urbanization bias at the target

station was adjusted by using the linear trend difference

of SAT between the target station and the reference

series as the total correction. The procedure was based

on two assumptions: 1) the linear trend of the estab-

lished reference series of a target station represented the

regional background temperature trends, and 2) the

effect of urbanization on the trend of the target station

mean SAT series was linear; that is, the effect was sim-

ilar in different years and decades. The urbanization bias

in SAT series of the target station was actually removed

on the annual basis.

The correcting method is to add the yearly correction

(X/n, with X 5 total correction, and n 5 length of the

data series) from the second-last year to the first year of

the data series year by year for the target station, with

the recorded value of the last year (2015) kept un-

changed [Eq. (3)]:

T
0
i 5T

i
1 (DT

u2r
/10)(k2 i) , (3)

where T
0
i is the temperature corrected in year i, Ti is the

temperature in year i before correction, DTu2r is the

urbanization bias during the study period (8Cdecade21),

and k is the ending year of the temperature series. The

corrected series put the temperature data in the last year

and the coming years as the fixed values, and thus would

have a better extensibility.

Table 1 showed the number of stations with different

adjusted temperature magnitudes and their percent-

ages. The adjusted temperature magnitudes of 20.108
to20.058,20.058 to 08, 08 to 0.058, 0.058 to 0.108, 0.108 to
0.158, and 0.158 to 0.208C decade21 accounted for larger

proportion, and possessed a total number of 615 sta-

tions, accounting for 89.91% of all the national stations

adjusted. There were 80 national stations that did not

need to be adjusted for urbanization biases. Figure 3

shows the variation for number of stations with different

adjusted temperature magnitudes. The number of sta-

tions increased after the temperature magnitude of

08C decade21, and the maximum number of stations

(226) was reached between 08 and 0.058C decade21.

With the increase of the absolute values of the adjusted

temperature magnitudes, the numbers of stations grad-

ually reduced.

e. Method of trend analysis

Based on the adjusted monthly mean temperature

data, we reanalyzed the long-term changes in annual and

seasonal mean SAT over mainland China for the period

TABLE 1. Number of stations with different adjusted temperature magnitude and their percentages.

Adjusted temperatures

(8C decade21) 20.3 to 20.2 20.2 to 20.1 20.1 to 0 0 to 0.1 0.1 to 0.2 0.2 to 0.3 0.3 to 0.4 0.4 to 0.5

No. of stations 1 15 187 289 139 48 4 1

Percentage (%) 0.15 2.19 27.34 42.25 20.32 7.02 0.58 0.15

Cumulative

percentage (%)

— 2.34 29.68 71.93 92.25 99.27 99.85 100

FIG. 3. Variations for number of stations with different adjusted

temperature magnitude.
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1961–2015. We defined the spring as March to May,

summer as June to August, autumn as September to

November, and winter as last year’s December and the

current year’s January and February. The region-

averaged annual and seasonal mean SAT anomalies

for mainland China and six subregions were analyzed,

and the spatial patterns of linear trends for annual- and

seasonal-mean SAT were examined. We focused on

the long-term trends of annual- and seasonal-mean

SAT for each of the subregions and mainland China on

a whole.

The six subregions were divided based on a compre-

hensive judgment of the spatial differences of natural

geography, climate condition, and convenience of usage

(Xu et al. 2011; Zhang et al. 2010), referring to previous

works (Xu et al. 2011; Zhang et al. 2010). They are

Northeast China (NEC), North China (NC), Northwest

China (NWC), Southwest China (SWC), the middle to

lower Yangtze River valley (YR), and South China

(SC), respectively (Fig. 1c).

The methods to construct the regional average SAT

anomaly series were as follows:

1) First, calculate the monthly, seasonal, and annual

temperature anomalies of each year for each of the

stations, which were the departures from the normal

climate period from 1971 to 2000.

2) To calculate the grid average monthly, seasonal, and

annual anomalies of each year for all the 2.58 3 2.58
latitude and longitude grids over mainland China,

simply arithmetically average all records of the

stations within each of the grids (Figs. 1a,b).

3) Finally, to obtain the regional averaged monthly,

seasonal, and annual mean SAT anomalies series

over mainland China, calculate the average values of

all grids by using the grids area weighting method

(Jones and Hulme 1996). The formula for calculating

the area weighted average of all grids is [Eq. (4)] is
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where Yk means the regional average of year k, i 5 1,

2, . . . , m (m is the number of grids), Yik means the av-

erage of grid i for year k, and ui means the center latitude

of grid i.

The spatial distributions of the linear trends for an-

nual and four seasons mean SAT over mainland China

were analyzed by drawing isopleth of the trend values.

The significance of the linear trend of temperature was

examined by using correlation coefficient test method,

with a trend considered to be statistically significant

when a , 0.05.

Temperature trends were examined for statistical

significance using the two-tailed Student’s t test. A trend

is considered statistically significant if it is significant at

the 95% (p , 0.05) confidence level. The possible in-

fluence of serial correlation on trend estimate was not

considered because the data series are long enough

(Bayazit and Önöz 2007).

3. Results

a. Time series of SAT anomalies

Figure 4 shows the variation of annual mean SAT

anomaly during 1961–2015 for mainland China. Annual-

mean SAT increased at a rate of 0.238C decade21, and

the trend is statistically significant (p, 0.05). The lowest

annual-mean SAT anomaly was 20.698C in 1969. The

anomalies before 1987 were mostly negative, with pos-

itive temperature anomalies only in 1961, 1963, 1973,

1975, and 1982; since 1987, however, the temperature

has risen sharply, reaching the highest positive anomaly

of 1.128C in 2007. There were 26 years with positive

temperature anomalies after 1987. The difference of

annual mean SAT between the first 5 years in the 1960s

and the last 5 years studied (2011–15) reached 0.678C.
The first decade of the twenty-first century was the

warmest decade, and 2007 was the warmest year, in

mainland China over the past 55 years.

The seasonal mean SAT anomalies all showed the

rising trends inmainlandChina over the past 55 years, but

the warming rates were different (Fig. 5). In the period

analyzed, the winter, autumn, spring, and summer mean

SAT rose by 1.568, 1.288, 1.248, and 0.848C respectively.

Therefore, the rising rate of winter mean SAT was

0.288C decade21, which was the largest among the four

FIG. 4. Annual mean SAT anomalies in mainland China during

1961–2015.
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seasons, and autumn, spring, and summer mean warming

rates were 0.238, 0.238, and 0.158C decade21, respectively.

The spring mean SAT was the lowest in 1970, with a

negative anomaly of 21.178C, and it reached a peak in

2008. The summer mean SAT showed the lowest value

in 1976 and a peak in 2010. The warmest autumn oc-

curred in 2006, with an anomaly of 1.408C, and the

coldest autumnwas in 1981, with an anomaly of21.158C.
The lowest winter mean SAT was found in 1968, and the

anomaly was as low as22.328C. The highest winter mean

SAT, 1.888C higher than normal, appeared in 1999.

For spring, summer, and autumn, the fluctuation

ranges and linear trends of seasonal mean temperature

were generally small, and the most stable temperatures

occurred after about the mid-1990s. Spring and summer

mean temperature began to increase in the mid- to late

1990s, much later than for autumn and winter, which

witnessed obvious warming in the mid-1980s. Winter

mean temperature also saw a greater interannual and

decadal variability than any other season.

b. Monthly mean trends and decadal variations

Figure 6 presents the monthly mean SAT trends in

mainland China over 1961–2015. The fastest warming

occurred in February at a rate of 0.488C decade21.

March, November, and April also registered higher

trends of 0.288, 0.278, and 0.248C decade21. Smaller

warming trends of 0.148 and 0.158C decade21 appeared

in July and May, and the smallest warming occurred in

FIG. 5. Seasonalmean SAT anomalies inmainlandChina during 1961–2015: (a) spring, (b) summer, (c) autumn, and

(d) winter.

FIG. 6. Trends of monthly mean SAT in mainland China during

1961–2015. Numbers indicate the rates of change. Error bars in-

dicate 2 times the standard deviation. Statistically significant (p ,
0.05) trends are marked with asterisks.
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August at a rate of 0.118C decade21. The trends of all

months were statistically significant at the 95% confidence

level. The monthly results are consistent with the seasonal

features in mainland China obtained in this paper.

As can be seen from Fig. 7, the spring mean SAT in

mainland China decreased before the 1970s, and gradually

increased from the 1980s. The lowest temperature occurred

in the 1970s with 20.198C. The summer mean SAT de-

creased slightly before the 1970s and then increased gen-

erally after the 1970s. The autumn mean SAT got warm

gradually from the 1960s onward. For the winter mean

SAT, it warmed gradually before the beginning of the

twenty-first century, and got slightly colder in the last

5 years. The annual mean SAT showed a warming trend

before the beginning of the twenty-first century and a

cooling trend afterward, and it was colder than normal

between the 1960s and 1980s, with decadal mean tempera-

ture anomalies of20.288,20.218, and20.098C respectively.

c. Time series of regional average temperature

The SAT trends for six climate regions and main-

land China during 1961–2015 are given in Table 2. In

general, the annual mean SATs of the regions all

showed warming trends. The lowest increasing trend

appeared in the Yangtze River region with a trend of

0.148C decade21, and higher warming trends appeared

in Northwest, Northeast, Southwest, and North China,

with the increasing trends of 0.298, 0.278, 0.228, and

0.218C decade21, respectively.

Seasonal mean SAT also exhibited the warming

trends in each of the regions except for summer of the

Yangtze River. The lowest spring warming was seen in

South China. For summer, the Yangtze River showed a

weak cooling with the trend of 20.018C decade21, but

Northwest, Northeast, and Southwest China experienced

significant warming. The lowest autumn mean SAT in-

crease occurred in the Yangtze River, and the highest

autumn increasing trend occurred in Northwest China.

For winter, the smallest warming was seen in the Yangtze

River and South China, and the largest warming ap-

peared in Northwest China, but all the regions except

Yangtze River witnessed the largest increases in SAT

among all of the seasons. In summary, the warming was

the largest in winter, and the regions of Southwest,

Northwest, North, and Northeast China all showed

larger and significant warming in four seasons. Annual

and seasonal mean SAT trends of each region were

significant except for summer of the Yangtze River.

The SAT anomalies variations for each of the climate

regions are presented in Fig. 8. The larger warming was

in Northeast, North, Northwest, and Southwest China.

Northwest China had little change before the mid-1980s

but a tremendous warming after the mid-1980s. An ob-

vious fluctuation was found in Northeast China in the

past 55 years, with a slight cooling trend in 1960s, and a

fast warming after the mid-1980s. The other regions

showed variations similar to Northwest and Northeast

China, with the warming trends not so obvious before

the mid-1980s, but a rapid warming since then.

d. Spatial characteristics of temperature change

Figure 9 exhibits the spatial distribution of trends for

annual mean SAT during 1961–2015 in mainland China.

In the 55 years, annual-mean SAT increased at a rate of

0.308–0.408C decade21 in regions of northern and cen-

tral Northeast China, northern North China, eastern,

northern, and southwestern Northwest China, and

northern Southwest China. Annual mean SAT rose at a

rate of 0.208–0.308C decade21 in southern, eastern, and

midnorthern Northeast China, midnorthern and south-

eastern North China, the eastern Yangtze River basin,

FIG. 7. Decadal averages of annual and seasonal mean SAT

anomalies in mainland China.

TABLE 2. Trends of annual and seasonal mean SAT for six

climate regions in mainland China during 1961–2015 (unit: 8C
decade21). NEC, NC, NWC, SWC, YR, and SC represent

Northeast China, North China, Northwest China, Southwest

China, the middle to lower Yangtze River valley, and South

China respectively. An asterisk denotes that the trend is statis-

tically significant at the 0.05 (p , 0.05) level.

Region

Temperature trend

Annual Spring Summer Autumn Winter

Mainland China 0.23* 0.23* 0.15* 0.23* 0.28*

NEC 0.27* 0.26* 0.22* 0.28* 0.32*

NC 0.21* 0.26* 0.09* 0.18* 0.29*

NWC 0.29* 0.26* 0.24* 0.33* 0.33*

SWC 0.22* 0.18* 0.18* 0.22* 0.30*

YR 0.14* 0.22* 20.01 0.15* 0.20*

SC 0.16* 0.15* 0.11* 0.19* 0.20*
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and central Southwest and Northwest China. The weak-

est warming appeared in central parts of mainland China,

including a little part of southwestern North China, the

northwestern Yangtze River, and the eastern part of the

Southwest China.

The spatial patterns of seasonal mean SAT trends in

mainland China are shown in Fig. 10. The most obvious

characteristic is the contrast of the remarkable winter

warming and the weaker summer temperature trends,

with the summermean SAT even decreasing in northern

parts of the Yangtze River region and southern North

China in the 55 years. Spring mean SAT also slightly

increased at a rate up to 0.208C decade21 in most parts

of South China, the western and southern Yangtze

River basin, eastern Southwest China, central North

China, southern Northeast China, and a little part of

central Northwest China. Large increases in spring

mean SAT were found in western Northeast China, a

small part of northern and southeastern North China,

the northeastern Yangtze River region, and a small

part of northeastern Northwest China, with a rate of

0.308–0.408C decade21.

Summer mean SAT increased at a smaller rate

of 08–0.208C decade21 in South China, the eastern and

FIG. 8. Regional average annual mean SAT anomalies during 1961–2015: (a) North China, (b) Northeast China,

(c) Northwest China, (d) South China, (e) Southwest China, and (f) the middle to lower Yangtze River valley.
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southwestern Yangtze River region, eastern Southwest

China, central and southeastern North China, and part of

central Northwest China.A remarkable increase in summer

mean SAT was observed in most of Northwest, Southwest,

Northeast, and northern North China with a rate at least

0.208C decade21. A decrease of summer mean SAT ap-

peared in the central, western, and northern Yangtze River

basin and in central and southwestern North China.

In most parts of the upper and middle Yangtze River

basin, western and central South China, parts of eastern

Southwest China, and most of North China, autumn

mean SAT increased at a rate of 08–0.208C decade21,

registering the smallest warming in the country. The

larger and significant increase in autumn mean SAT

appeared in southeastern, southwestern, and northern

Northwest China and in central Northeast China, rang-

ing from 0.308 to 0.408C decade21. The largest increase

in autumn mean SAT occurred in western Southwest

China and a little part of southwestern and northwestern

Northwest China with a rate at least 0.408C decade21.

Winter witnessed the largest increase in seasonal

mean SAT. The most significant increase appeared in a

belt extending from the northernmost part of Northeast

China to the southernmost part of Southwest China,

showing large trends of 0.408–0.508C decade21. In most

other regions, the winter mean SAT trends of 08–
0.408C decade21 could be observed, with the smallest

warming in parts of western Yangtze River, southeast-

ern Southwest China, and western South China.

4. Discussion

Thisworkmade a first attempt to analyze the SATchange

over mainland China by using the urbanization-bias

FIG. 9. Trends of annual mean SAT in mainland China during

1961–2015. A black box represents lack of data.

FIG. 10. Trends of seasonal mean SAT in mainland China during

1961–2015. A black box represents lack of data.
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adjusted dataset. From the annual mean SAT anom-

aly curves for the before and after adjustment data

(Fig. 11), two obvious characteristics could be found:

1) the trend after adjustment was reduced compared

to that before adjustment, and 2) the annual mean

SAT anomaly curve became more flattened in years

after 1998.

The period after 1998 is referred to as the warming

hiatus, or slowdown of climate warming (Trenberth

and Fasullo 2013; Sun et al. 2017a,b). There is a weak

upward trend before data adjustment during the period

in mainland China, but the trend is almost 0 after the

urbanization bias was corrected. For the whole period

analyzed, the urbanization bias had caused an over-

estimate of the annual warming rate of more than

19.6%, a little smaller than, but close to, the contribu-

tion of 27.3% estimated in Zhang et al. (2010) for the

period 1961–2004 using the same homogenized data of

the national stations. In this study, when considering

the period 1961–2013, the warming trend of SAT in

mainland China is 0.228C decade21, and the SAT in-

crease for the whole period is 1.168C. This is a little

higher than the deurbanized value of 0.958C (over all

warming 1.448C) during the period 1961–2013 reported

in Sun et al. (2016). For period 1961–2010 in this study,

the warming trend of SAT in mainland China is

0.248C decade21, and the SAT increased by 1.198C for

the 50 years, which is close to the warming of 1.098C
observed in global mean land SAT over the period

1951–2010. The higher warming rate in this study may

be because the estimate in Sun et al. (2016) used a

dataset of a larger observational station network that

included more rural stations, and also the urbanization

contribution as given by them were larger than that

estimated in this paper.

By applying a homogenized daily SAT dataset of the

national stations, Ren et al. (2015) found that annual

mean SAT increased at rates of 0.318C decade21 in

mainland China during 1961–2008, when the data were

not corrected for urbanization bias, but this was re-

duced to 0.248C decade21 if a correction was applied to

the country-averaged SAT data series. The increasing

trend of annual mean SAT reduced by 22.6% after the

data series were adjusted. This is very close to the

19.6% urbanization bias obtained for period 1961–2015

in this paper.

In an earlier study, Ren et al. (2005a) used a monthly

mean temperature dataset, which had been adjusted for

inhomogeneity, to analyze SAT change during 1951–

2001 in mainland China. Here we made a comparison of

the present work with the previous analysis, by ending

the urbanization-bias adjusted data in 2001. In Ren et al.

(2005a), there were only twowarm years before themid-

1980s (1973 and 1982) but 13 warm years after the mid-

1980s, and the warmest year occurred in 1998 with a

country average annual mean temperature anomaly of

1.138C.When we used the adjustment data, more warm

years (6 years) were found before 1987, but the number

of warm years after 1987 was reduced to 12, and the

annual mean SAT anomaly of the warmest year in 1998

was now 1.068C.
Winter has been the season that has experienced the

most rapid warming in mainland China. After the mid-

1980s, there were 14 warm winters, and the maximum

anomaly was 1.938C in 1999, when the data without

adjustment of the urbanization bias were applied (Ren

et al. 2005a). After the urbanization bias adjustment,

there were 13 warm winters, with the maximum anomaly

in 1999 reduced to 1.888C.
The spatial patterns of the annual and seasonal mean

SAT trends also exhibited obvious differences from those

of the previous analyses. The largest contrast was an

increased extent of the weak warming area appearing

in central parts of mainland China, which included the

FIG. 11. Country averaged annual mean SAT anomalies (a) before and (b) after urbanization bias adjustment in

mainland China during 1961–2015.
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southwestern part of North China, the western part of the

Yangtze River region, and the eastern part of Southwest

China. The weak warming of the Sichuan basin and its

neighboring regions may have been related to the com-

bined influence of landform and pollutants emission. The

regions are located to the east of the Tibetan Plateau, and

the near-surfacewind speed is very small when thewesterly

in mid- and lower troposphere bypass the Tibetan Plateau,

forming one static wind area, which make the aerosols not

easy to spread.Hence, the annualmean SAT in the regions

increased weakly or even decreased at a few stations.

However, the weak warming area presently extended to

include the southern part of the Loess Plateau and the

southwestern part of the North China Plain, and this may

have been caused by the larger adjustments of the urbani-

zation biases due to the more apparently unrepresentative

observational settings in the flat regions.

In eastern part of Southwest China, the annual mean

SAT showed a weak increasing trend, which is different

from previous studies that reported a decreasing trend,

despite that the cooling was not significant (Zhang and

Fang 1988; Song 1994; Chen et al. 1991; Ren et al.

2005b). This may due to the warming trend after the

mid-1990s in this region (Ren et al. 2005b) and the data

series were extended to 2015 in this paper to catch the

warming stage well.

Compared to the results of the only homogenized data

(Ren et al. 2005b), the warming trends of annual mean

SAT in Northeast China and North China obviously

decreased, which caused a relatively more significant

cooling in Northeast China after 1998 under the back-

ground of the global warming slowdown. Both the global

warming hiatus after 1998 and the urbanization bias ad-

justment are important for the difference. The region is a

relatively more significant cooling area in the Northern

Hemisphere after 1998 (Sun et al. 2017a), and the urban-

ization effect on the SAT trends is generally larger (Zhang

et al. 2010). Therefore, the urbanization-bias adjusted data

series showed less warming during the 55 years.

In the middle and lower reaches of the Yangtze River

and the Huaihe River basin, summer mean SAT showed a

weak decreased trend (Ren et al. 2005b); after the ad-

justment, the weak cooling area extended to southwestern

and central North China region. The southwestern North

China region is located in the Qinling Mountains and the

Loess Plateau, and the weak cooling may have been

caused mainly by the rugged terrain, which resulted in a

less development and urbanization bias; also, the urbani-

zation effects in the central part of North China region

were stronger, with the summer mean SAT trends shifting

frompositive to negative after the adjusted datawere used.

In the western part of Southwest China, both national

stations and reference stations were lacking. Actually

there is only one reference station (Shiquanhe station)

in the area, and it is also located in a small town, which

may have been affected itself by urbanization. There-

fore, the robustness of the adjustment in this area might

be lower, and further work is needed when more data

are available.

Using the urbanization-bias adjusted monthly mean

SAT dataset of 763 RCBMS to analyze the long-term

SAT change, a more real spatial and temporal pattern

could be obtained, with the overestimated warming bias

in the country on a whole reduced to a large extent and

the more coherent spatial characteristics of the SAT

change obtained. The new urbanization bias adjusted

monthly mean SAT dataset could be applied in moni-

toring, detection, and attribution of large-scale climate

change. There will also be some practical value in areas

including climate model validation, impact assessments,

and vulnerability studies of regional climate change.

However, there are still some issues that need to be

solved in the studies of SAT change in mainland China.

One major issue would be related to the representa-

tiveness of the reference stations when urbanization bias

is assessed and corrected. The reference stations, as a

baseline to adjust urbanization bias, are actually not

located in real rural areas, and they are being in-

creasingly affected by urbanization processes in the

small cities and towns in the country. Considering this

deficiency, the adjustments made in this work have to be

regarded as conservative, and there are still residual

biases of the urbanization effect in the adjusted tem-

perature data series. It is also noteworthy that the ab-

sence of observational data in vast regions of the

Qinghai-Tibetan Plateau and the Taklimakan Desert

may have brought considerable uncertainty to estimates

of long-term SAT changes and the adjustment of ur-

banization biases in western China. These should be

gradually solved in future work.

5. Conclusions

In this paper, the SAT changes in mainland China

during 1961–2015 were analyzed by using the urbanization-

bias adjusted dataset of 763 national stations. The following

conclusions can be drawn:

1) Annual mean SAT increased significantly at a rate of

0.238C decade21 in mainland China. The rising rate of

winter mean SAT reached 0.288C decade21, and the

autumn, spring, and summer mean warming rates

were 0.238, 0.238, and 0.158C decade21 respectively.

2) The annual mean SAT values in different regions all

showed significant increasing trends. The smallest

warming appeared in the Yangtze River region,
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with a rate of 0.148C decade21, and the largest

warming appeared in Northwest China, reaching

0.298C decade21. Summer mean SAT in the Yangtze

River region exhibited a weak cooling trend.

3) The fastest warming occurred in February at a rate of

0.488C decade21, followed byMarch, November, and

April (0.288, 0.278, and 0.248C decade21 respec-

tively). July and May witnessed slower warming

trends (0.148 and 0.158C decade21), and the slowest

warming occurred in August (0.118C decade21).

4) For annual mean SAT, weaker warming areas with

rends of 08–0.108C decade21 appeared in central parts

of mainland China. Parts of the weaker warming

areas, including southern North China, a little part

of eastern Southwest China, and the northwestern

YangtzeRiver region, were characterized by a cooling

in summer.
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摘 要：本文基于国家气候中心气候系统模式 BCC_CSM1.1 自 1960—2004 年每年起报的年代际预测试验结果，初步评

估了该模式对北极涛动（AO）的预报技巧。同时，把该模式年代际预测结果与历史试验模拟比较，分析了气候模式初

始化对年代际试验预测季节尺度 AO 及其年际变化的贡献。结果表明，年代际试验和历史试验均能反映出 AO 模态是

北半球中高纬大气变率第一模态的特征，其中年代际预测试验回报的 AO 模态与观测的空间相关系数高于历史试验。

两组试验基本能再现 AO 指数冬季最强、夏季最弱的特征。与历史试验相比，年代际预测试验回报月和冬季 AO 指数

与观测的相关系数更高，特别是年代际试验与观测的月 AO 指数相关系数达到了 0.1 的显著性水平。年代际试验回报月、

春季 AO 指数的变化周期更接近观测结果。因此，年代际试验中初始状态使用海温资料进行初始化，在一定程度上可

以提高 AO 的回报能力。
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引 言

近百年来北半球显著增温，其中气候变暖最

明显的是北极，其增暖是全球平均增暖的 2 倍以

上 [1]。北极涛动（AO）是北半球热带外行星尺度

大气变率的首要模态，即北极地区与中纬度大气

质量呈跷跷板变化 [2]。AO 的活动中心覆盖了整个

极区，与欧亚大陆的地表气温的耦合作用较强 [2]，

对中纬度风暴强度、高纬度阻塞形势和寒潮爆发

均有调制作用 [3]。AO 对中国冬季气候以及极端天

气事件有重要影响，也是反映气候变化的强信号。

气 候 系 统 变 化www.climatechange.cn

一方面 AO 与冬季东亚气温有密切联系，当 AO
为正位相时，极区冷空气对中国北方地区影响不

大，我国大部偏暖 [4-5]。另一方面，AO 指数极端

异常时，会显著影响中国冬季最高、最低气温 [6]。

龚道溢等 [4] 指出，年代际尺度上 AO 对冬季气温、

降水均有显著影响。此外，AO 还会对东亚地区

其他季节的气候产生影响 [7-8]。因此，将 AO 作为

研究对象，有助于理解中纬度地区（包括中国）

的气候变化机制。

耦合模式是描述气候系统中各圈层相互作用

和人类活动造成影响的客观工具，也是研究 AO
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现象和预测其变率的有效工具。气候模式能否真

实再现 AO 模态及其气候影响，是其能否开展 AO
机制研究的必要基础。同时，AO 作为北半球热

带外大气低频变化第一模态，是评估模式模拟性

能的重要内容之一。基于国际耦合模式比较计划

的历史模拟试验研究表明，气候模式能够模拟出

AO 模态的主要特征，但对 AO 分布在北大西洋

和北太平洋活动中心强度的模拟存在明显的偏差，

夸大了后者的强度，甚至强于前者 [9-13]。已有的

研究表明，气候模式季节预测系统对冬季 AO 的

时空特征及其气候异常具有较高的预报技巧[14-15]。

冬季，AO 的季节预测能为欧亚区域气候预测提

供有用的信息，从而拓展新的气候服务。然而，

政府制定规划往往需要时间尺度比季节更长的预

测。Dunstone 等 [16] 使用英国气象局的年代际气候

预测系统，提前一年预测出北大西洋涛动（NAO）

的时空特征。NAO 与 AO 有很多相似之处，甚至

有学者认为 NAO 是 AO 在北大西洋的局地表现 [17]。  

为了更好地评估和改进气候模式，国际耦合

模式比较计划第五阶段（CMIP5）增加了耦合模

式的年代际预测试验，其输出结果有利于预估未

来气候变化 [18]。以往的研究多是利用历史试验的

结果评估模式对 AO 模拟效果 [11-13]。本文利用中

国气象局国家气候中心参加 CMIP5 的气候系统模

式 BCC_CSM1.1 年代际试验输出结果，评估该模

式对 AO 回报能力，并利用气候模式年代际试验

第 1 年的预测结果探索季节尺度 AO 及其年际变

化的可预报性。此外，本文还采用了该模式历史

试验的结果，以便了解模式初始化对 AO 回报能

力的影响，为未来的气候预估以及模式发展完善

提供依据。

1  模式、资料和方法

1.1  BCC_CSM1.1 模式

BCC_CSM1.1 模式是全球气候耦合模式，包

含大气、海洋、陆面、海冰模式分量。其中大气

模式为 BCC_AGCM2.1，水平分辨率约 2.8°×2.8°，
垂直方向有 26 层 [19]。海洋模式为 MOM4_L40，

水平分辨率 1°，经向上热带地区加密为（1/3)°，
垂直分为 40 层 [20]。陆面模式为 BCC_AVIM1.0，
是大气、植被、土壤互相作用的模式。海冰模式

SIS 水平分辨率也为 1°×1°，垂直方向包含 1 层

积雪和 2 层海冰。耦合模式的详细情况可以参见

文献 [21]。

1.2  资料

BCC_CSM1.1 模式开展的 CMIP5 试验具体

介绍可参见文献 [22]。其中，历史试验是以工业

革命前控制试验为基础，取不同初始场在 1850—

2012 年进行积分，仅考虑了外强迫的影响，没有

考虑初始化方案。年代际预测试验的初始化使用

了美国简单海洋资料同化（SODA）的全球月平

均海温再分析资料 [23]。初始化方案是将模拟的海

温向 SODA 海温资料逼近，恢复时间是 1 d。年

代际试验将 BCC_CSM1.1 模式在观测外强迫资料

的驱动下对 1960—2004 年期间的每年起始进行

10 年的模拟，共 3 个样本。年代际和历史试验所

采用的强迫场由 CMIP5 统一提供，包括温室气体、

气溶胶、臭氧、太阳常数和碳排放 [22]。

为评估模式回报性能，使用 1961—2005 年的

HadSLP2(r) 的海平面气压（SLP）资料 [24]，其水

平分辨率是 5.0°×5.0°。为便于讨论，在与模式结

果相对比时，将该资料简称为观测资料。由于观

测资料与模式资料水平分辨率不同，故使用双线

性插值将其统一插值到水平分辨率为 2.5°×2.5°
的规则网格上。

1.3  方法

本文定义 AO 为北半球热带外（20°N 以北）

逐月海平面气压（SLP）距平场面积加权后进行

经验正交函数（EOF）分解得到的第一模态 [25]。

参考美国国家气候预报中心（CPC）关于 AO 指

数的计算方法，把逐月 SLP 距平场投影到 AO 模

态并进行标准化处理得到 AO 指数。在 EOF 分

解前，随纬度变化对 SLP 距平场做面积加权。将

AO 模态表示为 SLP 距平场对 AO 指数的回归系

数，以便比较其振幅强度。
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由于初始化导致年代际预测中产生了系统

误差，即模式气候态与观测相比存在偏移，这

将影响对模式回报能力评估 [26-29]。因此本文采

用世界气候研究计划（WCRP）推荐的方法，

通过对回报结果计算距平去除气候偏移 [28-29]。

BCC_CSM1.1 模式年代际预测试验的起报时间

为 1960—2004 年每年的 9 月 1 日、11 月 1 日、

次年 1 月 1 日，每年 3 个样本，每个样本积分 10
年。例如，试验从 1960 年起报时，3 个样本分别

从 1960 年 9 月 1 日和 11 月 1 日、1961 年 1 月 1
日起报。根据 CMIP5 试验统一规定，BCC 模式 3
个样本统一存储 1961 年 1 月至 1970 年 12 月的回

报结果。试验从其他年份起报时，以此类推。为

避免随机初值的影响，采用年代际和历史试验中

3 个不同起始时刻样本，集合平均之后的结果。

根据预测时效对回报数据重新排列，选取预测起

始时刻之后第 1 年的输出结果，作为提前 1 年的

预测结果。将每年起报、提前 1 年的预测结果连

接起来，构成 1961年 1月—2005年 12月的长序列。

定义前一年 12 月至当年 2 月为当年的冬季。由于

没有 1960 年 12 月的输出结果，因此舍弃了 1961
年冬季。第一个冬季（DJF）取为 1961 年 12 月—

1962 年 2 月，春季（MAM)、夏季（JJA）和秋

季（SON）依次为 3—5 月、6—8 月、9—11 月。

每个季节有 44 年的数据。为了与各个季节相对应，

逐月的回报序列是 1961 年 12 月—2005 年 11 月。

此外，还采用相关分析、谱分析、滑动 T 检验以

及 EOF 分析等统计方法。

2  结果分析

2.1  AO 的基本模态

AO 模态是评估气候模式回报能力的重要内

容之一。对观测、年代际和历史试验逐月北半球

热带外 SLP 距平场进行 EOF 分析得到第一模态

（EOF1，图 1)。由图 1(a) 可以看到，观测的 AO
模态共有 3 个活动中心。图 1(a) 中观测的负极区

覆盖整个北极，呈偶极结构，一极位于格陵兰岛

东南部，另一极则偏向于欧亚大陆，位于乌拉尔

山脉附近，强度达 -1.5 hPa。一个正极区中心在

北大西洋，并向欧洲延伸；另一正极区则分布在

北太平洋地区，强度为 1 hPa 以上，但比北大西

洋的活动中心强度弱，整体呈现环状模的结构特

征。观测的 AO 模态与 Thompson 等 [2-3] 得到结果

一致。年代际（图 1b）和历史试验（图 1c）均能

基本再现北极地区与观测范围和强度相当的负极

区，也对环状模有一定的预报技巧。两组试验回

报的北太平洋正距平中心均强于北大西洋地区。

但年代际试验回报的北大西洋正中心强于历史试

验，而北太平洋正中心比历史试验弱。因此，

进行初始化的年代际试验在一定程度上能够改变

AO中高纬度正活动中心的强度，与观测更加接近。

模式与观测的偏差不受 AO 定义方式的影响，例

如使用 1000 hPa位势高度计算得到的AO模态（图

略）也有正距平中心强度的偏差。以往的一些研

究 [9-10] 也发现气候模式往往夸大冬季 AO 模态中

位于北太平洋的正值区，且强度强于北大西洋的

活动中心。Gong 等 [13] 认为这种误差是由于模式

高估了实际 AO 与北太平洋 SLP 主导模态（NPM）

之间的微弱联系造成，这一偏差可以通过线性回

归去除 AO 指数中 NPM 变率进行订正。但这种偏

差订正仅是统计方法，并没有改善气候模式。

BCC_CSM1.1 模式的年代际和历史试验均能

反映出 AO 模态是北半球中高纬大气年际变率的

第一模态。观测 AO 模态的解释方差为 20.8%，

年代际和历史试验的AO解释方差都比观测偏高，

但与历史试验（25.0%）相比，年代际试验结果

（23.8%）更接近观测。另外，计算年代际试验

AO 空间模态与观测的空间相关系数为 0.84，也

略高于历史试验 AO 模态与观测的空间相关系数

（0.81)，二者均达到 0.05 的显著性水平。

综上所述，对于北半球热带外 SLP 距平场

EOF1 的模拟，与历史试验比较，年代际试验与

观测更接近。

2.2  AO 指数的基本特征

图 2 是观测与年代际和历史试验模拟的四季

AO 指数。很明显，模式与观测一致，AO 指数在
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图 1  1962—2005 年北半球热带外 SLP 距平的 EOF 分解第一模态

Fig. 1  The leading EOF mode of extra-tropical SLP (sea level pressure) anomalies in the Northern Hemisphere during 1962-2005
 in observation (a), decadal experiment (b) and historical experiment (c)

(a) 观测 (b) 年代际试验

(c) 历史试验
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冬季最强，其次是春季和秋季，夏季最弱。且观

测显示，1962—2005 年冬季 AO 指数有明显增强

趋势，且在 20 世纪 80 年代中期有从负位相向正

位相的显著年代际转换（图 2a)。进一步对 AO 指

数进行滑动 T 检验（图 3)，发现观测的冬季 AO
指数在 1986 年出现年代际突变（图 3a)，并且观

测的秋季 AO 指数在 1994 年有从正位相向负位相

的年代际突变（图 3d)，但是年代际和历史试验都

没能再现冬季和秋季 AO 指数的这个观测特征（图

2 和图 3)。朱献等 [30] 也指出 28 个 CMIP5 模式的

历史试验都没能模拟出冬季 AO 指数从负位相向

正位相的年代际转变特征。

表 1 给出了观测及年代际和历史试验模拟的

四季标准化 AO 指数的线性趋势。观测的冬、春、

夏季 AO 指数呈上升趋势，只有冬季 AO 指数通

过了 0.05 的显著性检验；历史试验模拟的冬季

AO 指数亦呈上升趋势（0.14 (10a)-1)，但比观测

结果弱；年代际试验回报的冬季 AO 指数与观测

趋势相反。年代际试验和历史试验回报的春、夏

季 AO 指数呈明显上升趋势，且比观测强。观测

的秋季 AO 指数趋势为 0，而年代际试验回报和

历史试验模拟的上升趋势明显。
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图 2  1962—2005 年四季 AO 指数时间序列

Fig. 2  Seasonal AO indices during 1962-2005 in observation (a-d), decadal experiment (e-h) and historical experiment (i-l) 
(The four columns from left to right mean winter, spring, summer and autumn. The black lines indicate 9-year running means)

为进一步分析年代际和历史试验对月和四季

AO 指数年际变率的回报能力，分别计算了模拟

与观测 AO 指数的相关系数（表 2)。由表 2 可见，

年代际试验回报的月 AO 指数与观测的相关系数

表 1 1962—2005 年观测、年代际和历史试验的四季 AO 指

数的线性趋势

Table 1  Linear trend of seasonal AO indices during 1962-2005 
in observation, decadal experiment and historical experiment

注：** 表示通过 0.05 的显著性检验。

时段

冬季

春季

夏季

秋季

观测

  0.25**

  0.01

  0.03

-0.00

年代际试验 历史试验

-0.10

   0.14

   0.25**

   0.17

0.14

0.12

0.14

0.25**

(10a)-1

注：黑实线为 9 年滑动平均曲线。

(a) (b) (c) (d) 

1970 1980 1990 2000 年 1970 1980 1990 2000 年 1970 1980 1990 2000 年 1970 1980 1990 2000 年

(e) (f) (g) (h) 

(i) (j) (k) (l) 

4

2
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0A
O

4

2
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-4

0A
O

4

2

-2

-4

0A
O

冬季 春季 夏季 秋季

观测

年代际

试验

历史

试验

（去趋势前、后均为 0.08）通过了 0.1 的显著性

检验，明显高于历史试验的月 AO 指数与观测的

相关系数（去趋势前、后分别为 -0.01 和 -0.02)。

AO 在冬季信号最强，而在其他 3 个季节较弱。

对于冬季 AO 指数，年代际试验模拟与观测的相

关系数在去趋势前、后分别为 0.20 和 0.23，也明

显好于历史试验的结果（去趋势前、后分别为 0.03
和 -0.04)。因此，年代际试验对月、冬季 AO 指

数有一定预报技巧。年代际和历史试验模拟春季、

夏季和秋季的 AO 指数都不理想，与观测 AO 指

数甚至在夏季出现负相关关系。但在秋季，年代

际试验结果好于历史试验结果，年代际试验回报

的 AO 指数与观测的相关系数为正相关（0.07)，
而历史试验为负相关（-0.14)。表 2 分别计算了

回报与观测的已去除线性趋势的 AO 指数的相关
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图 3  1962—2005 年四季 AO 指数滑动 T 检验

Fig. 3  The moving T-test of seasonal AO indices during 1962-2005 in observation (a-d), decadal experiment (e-h) and historical 
experiment (i-l) (The four columns from left to right mean winter, spring, summer and autumn. The black bashed lines show 

significant at the 0.05 level)

表 2 1962—2005 年年代际和历史试验模拟的月及四季 AO 指数与观测的相关系数

Table 2  Correlation coefficients of monthly and seasonal AO indices during 1962-2005 between 
decadal experiment and historical experiments and observations

注：* 表示通过 0.1 的显著性检验。

时段

月

冬季

春季

夏季

秋季

0.08*

0.20

0.01

0.18

0.07

年代际试验原始序列 年代际试验去趋势后 历史试验原始序列 历史试验去趋势后

-

0.08*

0.23

0.01

0.20

0.08

-

0.01

0.03

0.07

0.12

0.14

-

-

-

0.02

0.04

0.07

0.13

0.15

-

-

-

-

系数，以避免线性趋势的影响。结果发现，除了

历史试验的冬季 AO 指数与观测的相关系数在去

趋势前、后由正值（0.03）变为负值（-0.04）外，

其他相关系数没有明显变化。

注：黑虚线为 0.05显著性水平临界值。
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此外，表 3 给出了观测和回报的不同季节 AO
指数的相关系数。结果发现，观测的 AO 指数，

除了春 - 夏为负相关（-0.10)，其他季节均呈正

相关。其中，观测的 AO 指数冬 - 夏、秋 - 冬有
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表 3 1962—2005 年观测和模拟的不同季节 AO 指数的相关

系数

Table 3  Correlation coefficients between different seasonal AO 
indices during 1962-2005 from observation and simulations

注：** 表示通过 0.05 的显著性检验。

时段

冬-春

冬-夏

秋 -冬

春 -夏

秋 -春

夏 -秋

观测

0.23

0.36**

0.33**

0.10

0.08

0.14

年代际试验 历史试验

‒

0.18

0.05

0.06

0.17

0.33**

0.14

‒

‒

0.01

0.06

0.32**

0.05

0.08

0.29**

‒

‒

表 4 1962—2005 年观测、年代际和历史试验的四季 AO 指

数方差

Table 4  Variance of seasonal AO indices during 1962-2005 
from observation, decadal experiment and historical experiment

注：括号内的百分数表示模拟与观测的方差百分比。

时段

冬季

春季

夏季

秋季

观测

1.44

0.37

0.07

0.27

年代际试验 历史试验

0.88 (61%)

0.71 (192%)

0.13 (186%)

0.36 (134%)

0.81 (56%)

0.54 (146%)

0.16 (229%)

0.36 (134%)

2.3  AO 指数的变率 

表 4 给出了观测及年代际试验回报和历史试

验模拟的四季 AO 指数的方差。由表 4 可见，观

测中冬季 AO 指数变率最强，春、秋季次之，夏

季最弱。年代际试验和历史试验都能抓住这个

特征，但模式回报的冬季变率强度比观测弱，

其他季节模拟的变率均比观测强。因此，BCC_
CSM1.1 模式低估了冬季 AO 指数的变化、高估了

其他季节的变化。与历史试验相比，年代际试验

改进了模式对冬季和夏季 AO 变率的模拟能力，

回报与观测的 AO 指数方差比分别增加 5% 和减

少 43%，但春季和秋季没有改善。

显著相关性，相关系数分别是 0.36 和 0.33。只

有历史试验对 AO 指数秋 - 冬的持续性有一定的

模拟能力，相关系数为 0.32，通过 0.05 的显著

性检验。与观测结果比较，年代际试验回报抓住

了 AO 指数冬 - 春、秋 - 春，以及夏 - 秋的正

相关关系，且明显好于历史试验模拟结果。Sun
等 [14] 的研究也表明，在当前的数值模式中，海

表面温度（SST)，特别是热带太平洋 SST 的变

率是季节气候预测的主要因子。在本研究中，与

模式历史试验相比，年代际预测试验考虑了海洋

初始化，海洋初值更接近于观测结果，模式预测

的海温也更加接近观测。因此，年代际预测有助

于改进 AO 的预测，进而提高 AO 不同季节间关

系的预测能力。

图 4  1962—2005 年月 AO 指数的功率谱

Fig. 4  Smoothed power spectra for monthly AO index during 1962-2005  derived from observation (a), decadal experiment (b) and 
historical experiment (c)

为了考察不同试验对 AO 周期性变率的再现

能力，计算了观测和模拟的月及四季 AO 指数功

率谱（图 4 和图 5)。在功率谱计算前，AO 指数

均已去除线性趋势。如图 4 所示，观测的月 AO
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图 5  1962—2005 年四季 AO 指数的功率谱

Fig. 5  Smoothed power spectra for seasonal AO indices during 1962-2005 derived from observation (a-d), decadal experiment (e-h) and 
historical experiment (i-l)
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指数的 2 个峰值周期分别为 13 个月和 5 个月，均

通过了 0.1 的显著性水平。这与左金清等 [31] 给出

的峰值周期为 12 个月和 6 个月一致。这意味着

AO 指数具有半年和 1 年左右的短周期振荡。年

代际和历史试验基本再现了观测 AO 的半年周期

变化，但是仅年代际试验对 1 年周期有一定表现

能力，只通过了红噪声信度检验。各个季节 AO
指数的功率谱分析如图 5 所示。观测的冬季 AO
指数有 2 ～ 3 年的短周期变化，在年代际尺度上

有 11 年的变化周期，通过红噪声信度检验。模拟

结果均呈现 4 ～ 5 年的短周期，无明显长周期变

化。观测的春季AO指数有明显的 4～ 5年短周期，

无长周期振荡特征。两组试验能抓住春季 AO 指

数短周期变化特征，但历史试验出现虚假的 9～ 10

年长振荡周期。夏季，观测和模拟的 AO 指数没

有明显周期特征。秋季，历史试验能大致反映观

测的 AO 指数 4 年左右的短周期，年代际试验则

呈现出观测 AO 指数的 11 年长周期。总的来看，

年代际试验对 AO 周期变化的回报能力比历史试

验模拟能力好。

3  结论与讨论

本文利用中国气象局国家气候中心 BCC_
CSM1.1 模式参加 CMIP5 计划的年代际试验和历

史试验结果以及 HadSLP2(r) 的海平面气压资料，

着重评估了该模式年代际试验对 AO 模态和指数

的回报能力，并分析了模式初始化对年代际预测
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的影响，主要结论如下。

(1) 年代际试验和历史试验都能在北半球热带

外模拟出 AO，AO 空间模态与观测的空间相关系

数均达到 0.05 的显著性水平，年代际试验（0.84）
略好于历史试验（0.81)；观测 AO 模态能解释

SLP 变化总方差的 20.8%，与历史试验（25.0%）

相比，年代际试验结果（23.8%）更接近观测。

(2) 两组试验都能抓住观测 AO 指数在冬季最

强、春季和秋季次之、夏季最弱的特征，但模拟

的 AO 指数冬季偏强，其他季节偏弱。观测的冬

季和秋季 AO 指数分别在 1986 年和 1994 年发生

了年代际突变，并且观测的冬季 AO 指数呈现显

著的上升趋势，但是年代际和历史试验都没能很

好地再现这些观测特征。年代际试验与观测的月

AO 指数相关系数明显高于历史试验的月 AO 指

数与观测的相关系数。年代际试验与观测的冬季

AO 指数相关系数也明显好于历史试验的结果。

因此，年代际试验对月、冬季 AO 指数有一定预

报技巧。

(3) 观测的 AO 指数，除了春 - 夏为负相关，

其他不同季节均呈正相关。其中，观测的 AO 指数

冬-夏、秋-冬有显著相关性，相关系数分别为0.36
和 0.33。年代际试验回报抓住了 AO 指数冬-春、

秋 - 春和夏 - 秋的正相关关系，且明显好于历史

试验模拟结果。两个试验都低估了冬季 AO 指数的

变率、高估了其他季节的变率。与历史试验相比，

年代际试验对冬季和夏季 AO 指数变率的回报能力

较好，但春季和秋季没有改善。

(4) 观测的月 AO 指数具有半年和 1 年左右的

周期振荡，年代际和历史试验基本再现了观测 AO
的半年周期变化，但是仅年代际试验对 1 年周期

有一定再现能力。两组试验抓住了春季观测 AO 指

数 4 ～ 5 年周期的年际变化，但没能抓住冬季观

测 AO 指数 2 ～ 3 年周期的年际变化和 AO 年周期

的年代际变化。秋季，历史试验能大致反映观测的

AO 指数 4 年左右的短周期，年代际试验则呈现出

观测 AO 指数的 11 年长周期。

    综上所述，与历史试验结果相比，年代际试

验使用 SODA 的海温再分析资料进行初始化，在

一定程度上改进了 AO 模态以及 AO 指数的年际

和年代际变率的回报能力。历史试验仅考虑了外

强迫的影响，没有考虑初始化方案；年代际试验

考虑了海洋初始化，将模拟的海温向观测海温资

料逼近，有更为准确的海洋初值。Jadin[32] 指出，

AO 的外部生成机制可以用北太平洋 SST 偶极子

的年际变化对平稳行星波的热激发来解释。本文

的研究也表明，由于采用了海洋初始化方案，在

观测的海温强迫下，年代际试验对 AO 变率的预

报技巧较历史试验有所提高。但仍存在不足之处，

如 BCC_CSM1.1 模式模拟的 AO 模态正距平在北

太平洋均强于北大西洋地区。年代际预测试验采

用的海洋初始化方案对 AO 模态和变率的预报技

巧有所提高，但对 AO 长期趋势预测没有贡献。

为此，在未来的年代际预测试验中，将通过改进

海洋初始化方案以及引入大气的初始化，进一步

提高气候模式对 AO 的预测技巧。
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Preliminary assessment on the seasonal hindcast skill of the Arctic 
Oscillation with decadal experiment by BCC_CSM1.1 climate model

1 Key Laboratory of Meteorological Disaster, Ministry of Education/Joint International Research Laboratory 
of Climate and Environment Change/Collaborative Innovation Center on Forecast and Evaluation of 

Meteorological Disasters, Nanjing University of Information Science &Technology (NUIST), Nanjing 210044, 
China; 2 Laboratory for Climate Studies, National Climate Center, China Meteorological Administration, 

Beijing 100081, China; 3 National Meteorological Information Center, China Meteorological Administration, 
Beijing 100081, China

Abstract:  This study assesses projection skill of Arctic Oscillation (AO) in initialized decadal experiment 
with the Beijing Climate Center Climate System Model (BCC_CSM1.1). As compared with the observations 
and uninitialized historical experiment, the contribution of climate model initialization to predict the seasonal 
scale AO and its interannual variations is estimated. Results show that the spatial correlation coefficient of AO 
mode, which depicts the dominant mode of the extra-tropical atmospheric variability, simulated by the decadal 
experiment is higher than that in the historical experiment. The two groups of experiments can basically reproduce 
the characteristics of the strongest winter AO index and the weakest summer index. Compared with historical 
experiment, the correlation coefficient of the monthly and winter AO index is higher in the decadal experiment. In 
particular, the correlation coefficient of the monthly AO index between the decadal simulations and the observation 
reached 0.1 significant level. Furthermore, the periodicity of the monthly and spring AO index are achieved only 
in the decadal experiment. Hence, the hindcast skill of AO is robust when the initial state is initialized by sea 
surface temperature data.
Keywords: BCC_CSM1.1; Climate model; Decadal; Arctic Oscillation (AO); Seasonal hindcast
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Abstract

Two sets of decadal prediction experiments were performed with Beijing Climate Center climate system model 
version 1.1 (BCC-CSM1.1) with different initialization strategies. One experiment is relaxing modeled ocean 
temperature to the Simple Ocean Data Assimilation (SODA) reanalysis data (SODAInit). In the other (EnOI_
HadInit) experiment, the modeled ocean temperature were relaxed toward the assimilated ocean data, which were 
generated by assimilating sea surface temperature (SST) of the Hadley Centre Sea Ice and Sea Surface Tempera-
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1. Introduction

Decadal climate predictions are of particular scien-
tific interest in recent years, because of their potential 
impacts on economy and social development. Initial 
condition and external forcing are both important 
for decadal predictions with climate models (Smith 
et al. 2007; Keenlyside et al. 2008). The role of ini-
tialization was seen as a better representation of the 
internal variability. Initialized climate prediction is an 
important component of Coupled Model Intercompar-
ison project phases 5 (CMIP5) (Taylor et al. 2012). 
Multi-model mean ensemble of CMIP5 showed that 
the enhancement in skill due to the initialization is 
robust for global mean temperature and the Atlantic 
multi-decadal oscillation (AMO) (IPCC 2013). In-
creased skill for sea surface temperature (SST) was 
found for some models in the North Atlantic, the 
Indian Ocean, and the North Pacific (Wu and Zhou 
2012; Doblas-Reyes et al. 2013; Ham et al. 2014). 
However, Beijing Climate Center climate system 
model version 1.1 (BCC-CSM1.1) for CMIP5 had 
poor decadal prediction skill in the North Pacific and 
the North Atlantic (Gao et al. 2012; Han et al. 2017), 
and needs further improvement.

The Pacific and Atlantic climate variability is 
an important driver of climate variability over the 
continents (e.g., Zhou et al. 2008; Si and Ding 2016). 
Skillful prediction arising from the initialization was 
found for surface air temperature (SAT) over America, 
northern Eurasia (Keenlyside et al. 2008; Doblas-
Reyes et al. 2013), East Asia (Xin et al. 2018), and for 
precipitation in Africa (Gaetani and Mohino 2013). 
However, the decadal prediction skill was still poor. 
Improving the decadal predictions skill of climate 
models was considered to be a grand scientific chal-

lenge of CMIP6 (Eyring et al. 2016). 
Skill of decadal climate prediction depends greatly 

on the accurate estimation of initial climate states. 
Modeling groups used different initialization tech-
niques in decadal predictions of CMIP5 (Meehl et al. 
2014). Most of the models used full-filed initialization 
to restore oceanic temperature to observation-based 
ocean reanalysis, including BCC-CSM1.1, CFSv2-
2011, CMCC-CM, EC-Earth, FGOALS-s2, FGOALS- 
g2, and HadCM3. There are also models restoring the 
modeled ocean temperature to the assimilated ocean 
data using offline assimilation in the ocean model 
(CanCM4, CNRM-CM5). Models including CCSM4, 
GFDL-CM2.1, and GEOS-5 used assimilation in the 
coupled prediction system. Due to the large com-
putation cost of the coupled assimilation in decadal 
predictions, full-field initialization with reanalysis 
ocean data or assimilated ocean data are commonly 
used for climate models. Bellucci (2013) found a 
strong predictive skill dependency on the ocean data 
assimilation product used to constrain the oceanic 
initial conditions. 

Our recent study assimilated the HadISST in the 
ocean model of BCC-CSM1.1 via the Ensemble 
Optimum Interpolation (EnOI) method, and generated 
better prediction skill in the North Atlantic than using 
Simple Ocean Data Assimilation (SODA) reanalysis 
in the initialization (Wei et al. 2017). The possible 
improvement for the prediction skill over the globe 
needs further investigation, especially for the SST 
in the Pacific and Indian oceans and SAT over the 
land. This is the main aim of this paper. Our results 
will provide reference for the initialization strategy 
adopted by BCC-CSM model in Decadal Climate 
Prediction Comparison (DCPP) of CMIP6 (Boer et al. 
2016). 

ture (HadISST) data to the ocean model of BCC-CSM1.1 using Ensemble Optimum Interpolation (EnOI) method. 
Comparisons between EnOI_HadInit and SODAInit hindcasts show that EnOI_HadInit is more skillful in pre-
dicting SST over the North Pacific, the southern Indian Ocean, and the North Atlantic. Improved prediction skill 
is also found for surface air temperature (SAT) over South Europe, North Africa, and Greenland, which is asso-
ciated with the skillful prediction of the Atlantic multi-decadal oscillation in EnOI_HadInit. EnOI_HadInit and 
SODAInit are both skillful in predicting East Asian SAT, which is related to their skillful predictions of the tropi-
cal western Pacific SST. The result indicates that assimilated data generated by the ocean model of BCC-CSM1.1 
with EnOI assimilation provide better initial conditions than SODA reanalysis data for the decadal predictions of 
BCC-CSM1.1.

Keywords decadal prediction; initialization; BCC-CSM; Ensemble Optimum Interpolation
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The paper is organized as follows. Data and meth-
ods used in this study are presented in Section 2. 
Global SST prediction skills are described in Section 
3. Section 4 explores the prediction skills of SAT over 
the land. The conclusions of this paper are presented 
in Section 5.

2. Model, experiments, data and methodology

2.1 Model
The model used in this study is BCC-CSM1.1 de-

veloped by Beijing Climate Center, which participated 
in CMIP5 and carried out most of the experiments (Xin 
et al. 2013). The atmospheric component of BCC- 
CSM1.1 is BCC_AGCM2.1 with T42 resolution (about 
280 km) in the horizontal and 26 vertical layers (Wu 
et al. 2010). The oceanic component is the Modular 
Ocean Model version 4 (MOM4) with the tripolar 
grid of 1° × 1/3° horizontal resolution and 40 vertical 
levels, which is named MOM4_L40 (Griffies et al. 
2005; Li et al. 2015). More detailed descriptions about 
BCC-CSM1.1 can be found in Wu et al. (2013).

2.2 Experiments and data
Two sets of decadal prediction experiments were 

carried out with BCC-CSM1.1. The experimental 
names, ocean initiation, and integration time are listed 
in Table 1. Each experiment consists of 45 hindcasts, 
initialized annually for the period of 1961 – 2005 and 
integrated for ten years. In both experiments, the mod-
eled oceanic temperature is nudged to observation- 
based ocean data, with the restoring timescale of one 
day. The difference between these two experiments 
is the initialization strategy of the ocean condition. 
One experiment is to restore the modeled sea tem-
perature to the SODA reanalysis data (Cartchion and 
Giese 2008), hereafter called SODAInit. The other 
experiment is to restore the modeled sea temperature 
to the EnOI-assimilated data (ASSIM), generated by 
assimilating the Hadley Centre Sea Ice and SST data 
set (HadISST) data (Rayner et al. 2003) to MOM4_
L40 model using the EnOI method, hereafter called 

EnOI_HadInit.
In the EnOI assimilation, the background error 

covariance is kept unchanged throughout the assim-
ilation cycle, which is estimated from a prescribed 
static ensemble. The procedure for the assimilation 
is as follows. First, a control simulation is run with 
the MOM4_L40 model forced by daily NCEP/NCAR 
reanalysis (Kalnay et al. 1996). This control run is 
used to generate the static ensembles. Then the EnOI 
method is used to assimilate the HadISST data to the 
MOM4_L40 model, with the time window of one 
month. The generated data is named ASSIM. As indi-
cated in Wei et al. (2017), the ASSIM data are more 
coordinated with the ocean of BCC-CSM1.1 model 
than the SODA reanalysis. 

The CMIP5 historical simulation of BCC-CSM1.1 
with no initialization is also used for comparison (Xin 
et al. 2013), hereafter called NoInit (Table 1). All 
experiments including SODAInit, EnOI_HadInit, and 
NoInit were forced by the identical external forcing, 
including greenhouse gases, solar irradiation, volcanic 
activity, ozone, and aerosols. Each experiment con-
sists of three ensemble members. The results shown in 
this study are the ensemble means.

2.3 Data and methodology
The observation data used to validate the prediction 

skill are as follows. The SAT data are from Global 
Historical Climatology Network–Climate Anomaly 
Monitoring System (GHCN-CAMS) dataset (Fan and 
van del Dool 2008). The precipitation data are from 
Climatic Research Unit Time-Series Version 3.23 
(CRU-TS3.23) dataset (University of East Anglia 
Climatic Research Unit et al. 2015). The SST data 
are from the Extended Reconstructed Sea Surface 
Temperature (ERSST) Version 4 (ERSST V4) dataset 
(Huang et al. 2016). 

The reason why we use ERSST in the validation is 
that this dataset is independent from the SODA data 
and HadISST data used in the initialization. In fact, 
the SST of ERSST is close to that of the HadISST 

Table 1. Experimental design for SODAInit, EnOI_HadInit and NoInit.

Experiment name Ocean initialization Years Ensemble size

SODAInit Full-field initialization.
Relaxing toward SODA reanalysis data.

Annual forecasts for ten years, 
staring at 1961, 1962, …, 2005 3

EnOI_HadInit
Full-filed initialization.
Offline assimilation of HadISST with EnOI 
method in the ocean model of BCC-CSM1.1.

Annual forecasts for ten years, 
staring at 1961, 1962, …, 2005 3

NoInit No 1850 – 2005 3
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(Fig.1). The correlation coefficient between the global 
(70°S – 60°N) mean SST anomalies from 1960 to 
2005 is 0.98. In the EnOI-assimilation, we use SST 
from the HadISST but not the SODA reanalysis. This 
may be unequal for the two sets of decadal prediction 
in this study. Therefore, we compare the interannual 
anomalies of the global mean SST for the HadISST, 
ASSIM and SODA datasets. The time series from 
the three different datasets are similar (Fig. 1). The 
correlation coefficient between SODA and HadISST 
(ERSST) is 0.95. The SST from the ASSIM data also 
shows great resemblance with that from the HadISST 
and ERSST, with the correlation coefficients both at 
0.96, indicating the effectiveness of the assimilation. 
We infer that the different SST dataset used in the as-
similation may not introduce much difference for the 
interannual variability of the output data, since they 
are all observation-based data. However, the ASSIM 
data shows some difference from the SODA data, and 
the correlation coefficient between the global mean 
SST anomalies of the two datasets is 0.90. This may 
be attributed to the different scheme and model ver-
sion used in the assimilation processes.

Full-field initialization leads to initial shocks in 
decadal predictions (García-Serrano and Doblas-Reyes 
2012), so we compare the anomalies in the analysis. 
For the NoInit and observed, anomalies are relative to 
their respective climatology. The anomalies of decadal 
predictions are defined with respect to the climatology 
of the ensemble mean and lead time, as used in earlier 
studies (García-Serrano and Doblas-Reyes 2012; Wei 
et al. 2017; Xin et al. 2018). We will focus on the 4-yr 
average forecast periods (14, 2 – 5, 3 – 6, 4 – 7, 5 – 8, 

6 – 9) of the decadal hindcasts. A 4-yr running mean 
is also applied to the observed and NoInit anomalies 
in order to equivalently compare with the decadal 
hindcasts (García-Serrano and Doblas-Reyes 2012; 
Goddard et al. 2012; Kim et al. 2012; Gaetani and 
Mohino 2013). 

Root-mean-square error (RMSE) and anomaly cor-
relation coefficient (ACC) relative to the observations 
are two metrics we used to estimate the prediction 
skill of the decadal hindcasts. To study the role of the 
ocean initialization on the internal climate variability, 
the linear trend was removed in observation and simu-
lation data at each grid before calculating ACC. In the 
student’s t test of ACC, the effective sample size (Ne ) 
was calculated after removing the auto-correlation 
(Bretherton et al. 1999).

N N r r r re = − +( ) / ( ),1 11 2 1 2

where N is the sample size and r1 and r2 are the lag−1 
autocorrelations of the two time series.

3. Prediction skill of SST

3.1 SST over the globe
The skill improvement due to the initialization 

is assessed by the ratio of the RMSEs between the 
decadal hindcast and NoInit for the forecast years of 
2 – 5. As shown in Figs. 2a, b, both EnOI_HadInit and 
SODAIinit have less RMSE than the NoInit over the 
tropical western Pacific, North Pacific, and tropical 
Atlantic Ocean. The EnOI_HadInit experiment shows 
a smaller RMSE ratio over tropical western Pacific, 
central North Pacific, Northeast Atlantic, and the 
southern Indian Ocean than the SODAInit (Fig. 2c), 
indicating a higher prediction skill for EnOI_HadInit. 
It is noted that there are larger RMSEs in the EnOI_
HadInit and SODAInit hindcasts than the NoInit over 
parts of the North Atlantic and Indian Oceans (Figs. 
2a, b), indicating that the error in the variance of the 
SST anomalies could hardly be reduced through the 
initialization in these regions. Such a phenomenon 
also appears in some other models, such as the  
FGOALS-S2 (Wu et al. 2015). The reason for this 
phenomenon may partly be related to the small 
number of the ensembles. 

The detection of significant ACC after removing the 
linear trend suggests the predictive skill beyond the 
global warming signal. EnOI_HadInit (Fig. 3a) hind-
cast displays a significant ACC in the tropical western 
Pacific Ocean, North Pacific Ocean, southern Indian 
Ocean, and extratropics of the North Atlantic Ocean 
for the forecast years 2 – 5. While in the hindcast of 
SODAInit (Fig. 3b), significant ACC mainly exists in 

Fig. 1. Global annual mean SST anomalies (K) 
with respect to the 1960 – 2005 climatology for 
HadISST dataset, ERSST dataset, SODA reanal-
ysis, and the EnOI-assimilated data (ASSIM) 
generated in this study. 
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the tropical western Pacific Ocean and tropical Atlan-
tic Ocean. The NoInit shows a significant ACC only in 
the tropical Atlantic Ocean (Fig. 3c). Consequently, it 
is concluded that the ocean initiation scheme of SODA 
mainly improves the prediction skill in the tropical 
western Pacific Ocean compared to no initialization 
of ocean state (NoInit). Meanwhile, the initialization 
with EnOI-assimilated data further improves the 
prediction skill of SST over the North Pacific Ocean, 
southern Indian Ocean, and the extratropics of the 

North Atlantic Ocean. 

3.2 SST indices
Based on the map of significant ACC of SST pre-

dicted by EnOI_HadInit, four domains are selected 
to make further analysis of prediction skill over the 
forecast time. The chosen regions and their SST indi-
ces are: (i) the tropical western Pacific (125 – 150°E, 
15°S – 15°N), its SST index is denoted by the area 
averaged SST anomalies (TWP index); (ii) the North 

Fig. 2. Ratios of SST RMSEs between ENOI_HadInit and NoInit (a), between SODAInit and NoInit (c), and be-
tween EnOI_HadInit and SODAInit for the forecast years 2 – 5. Hatched area identifies the region where the ratio 
is statistically significantly above or below 1 with 90 % confidence level using a two-sided F-test. 
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Pacific region (180 – 210°E, 30 – 50°N), SST index is 
the area averaged SST anomalies (NP index); (iii) the 
southern Indian Ocean Dipole (SIOD) index, defined 
as the difference of SST anomalies averaged over 
(45 – 75°E, 45 – 30°S) and (80 – 100°E, 25 – 15°S); and 
(iv) the North Atlantic sector, denoted by AMO index, 
which is the SST anomalies in the North Atlantic 
(80 – 0°W, 0 – 60°N) relative to the global-mean SST 
(60°S – 60°N). 

ACCs of the SST indices between the hindcasts 
and the observed values are calculated in these four 

regions at different forecast time periods (1 – 4, 2 – 5, 
3 – 6, 4 – 7, 5 – 8, 6 – 9). Figure 4a shows that both 
EnOI_HadInit and SODAInit have significant ACCs 
for TWP SST index over all forecast time periods 
from 1 – 4 to 6 – 9; but the former displays the relative-
ly higher prediction skills in the forecast years of 1 – 4 
and 2 – 5. 

Figure 4b shows that over the North Pacific region, 
the ACCs of NP index from the EnOI_HadInit are 
much higher than the ACCs from the SODAInit, and 
the former pass the 10 % significant level while the 

Fig. 3. ACC skills of SST hindcast by EnOI_HadInit (a), SODAInit (b), and NoInit (c) for the forecast years 2 – 5 
with respect to the observation. Hatched area identifies the region where the ACC is above the 90 % confidence 
level.
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latter do not for all forecast time periods. Furthermore, 
the ACC values of SIOD exceed 0.4 over all forecast 
time periods from 1 – 4 to 6 – 9 in EnOI_HadInit hind-
cast, which is much higher than the SODAInit and 
NoInit equivalents (Fig. 4c). The improved forecast 
skill up to 9-year ahead over the Indian Ocean by 
EnOI_HadInit is consistent with the simulation result 
from GEOS-5 model, in which the EnOI initialization 
scheme was also adapted (Ham et al. 2014). 

Figure 4d shows that the AMO can be well predict-
ed by EnOI_HadInit for forecast time periods ranging 
from 2 – 5 up to 6 – 9 years, with ACC above the 10 % 
significance level. However, the ACCs of AMO pre-
dicted by SODAInit and NoInit are much lower than 
those from EnOI_HadInit. The better prediction skill 
for AMO is consistent with the more skillful predic-
tion of Atlantic meridional overturning circulation 
by EnOI_HadInit, which is documented by Wei et al. 
(2017).

It is concluded that using assimilated ocean data 
in the initialization improves the prediction skill for 
North Pacific SST, the SIOD, and AMO up to 6 – 9 
years ahead for BCC-CSM1.1. The improved skill for 
some of these SST indices was reported in previous 
studies (Wu and Zhou 2012; Doblas-Reyes et al. 2013; 
Ham et al. 2014). 

4. Prediction skill of SAT 

4.1 Surface air temperature 
The prediction skill of SAT over the land is 

explored. Figure 5 shows the ACCs beteeen the 
hindcasts and the observed SAT for the forecast years 
2-5, as well as the difference between them. Southern 
Europe and North Africa, East Asia, and Greenland 
stand out as the areas featuring high skills in the 
EnOI_HadInit hindcast (Fig. 5a). The prediction skill 
of EnOI_HadInit over southern Europe and Greenland 
is higher than that of SODAInit (Figs. 5b, c). EnOI_
HadInit and SODAInit are both skillful in predicting 
SAT over East Asia (Figs. 5a, b). 

Figure 6 shows the area averaged SAT time series 
predicted by the decadal hindcasts for the forecast 
years 2 – 5 over the selected regions, including South 
Europe and North Africa (10 – 50°E, 15 – 55°N), East 
Asia (100 – 120°E, 25 – 40°N), and Greenland (300 –  
340°E, 60 – 80°N). The higher coefficient (0.55) 
between the predicted SAT by EnOI_HadInit and 
observed SAT in the south Europe and North Africa 
indicates that EnOI_HadInit is able to predict more re-
alistic SATs in these two regions than SODAInit (Fig. 
6a). The time evolution of East Asian SAT predicted 
by EnOI_HadInit is similar with SODAInit, with the 

Forecast time (yr)Forecast time (yr)

Fig. 4. ACCs between the hindcasts and the observation for TWP SST (a), NP SST (b), SIOD (c), and AMO (d) 
indices along the forecast time for 4-year averages.
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same ACC value 0.41 (Fig. 6b). Over Greenland, the 
predicted SAT by EnOI_HadInit is more consistent 
with the observation than SODAInit and NoInit (Fig. 
6c).

4.2 Relationship between AMO and SAT 
The AMO was found to influence the climate of the 

surrounding continents (Knight et al. 2006). The skill-
ful prediction of the AMO has the potential impacts on 
the prediction skill of regional climate. We attempted 
to further investigate where the prediction skill of SAT 
is related to the AMO in the decadal hindcasts with 
BCC-CSM1.1.

As shown in Fig. 7a, the predicted SAT by EnOI_

Fig. 5. ACC skills of SAT hindcast by EnOI_HadInit (a), SODAInit (b), and the difference between them (c) for the 
forecast years 2 – 5. Hatched area identifies the region where the ACC is above the 90 % confidence level.
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HadInit is closely correlated to the AMO index over 
South Europe and North Africa and Greenland. This 
is consistent with the observation (Fig. 7c). Therefore, 
we argue that the higher prediction skills of EnOI_
HadInit in these three regions are related to its skillful 
prediction in the AMO. It is noted that the SODAInit 
also reproduces the robust correlation between the 
AMO and the SAT in Greenland. However, SODAInit 
has poor skill in the hindcast of the AMO (Fig. 7b). 
This may explain why there is little ACC skill for the 
Greenland SAT in SODIAInit (Figs. 5c, 6c). 

4.3  Relationship between East Asian SAT and SST 
indices

The observed East Asian climate is influenced by 
the Pacific SST and the AMO (Zhou et al. 2008; Si 
and Ding 2016). Since East Asian SAT could be well 
predicted by both EnOI_HadInit and SODAInit, we 
expect to explore its relationship with these SST indi-
ces in the decadal hindcasts for the forecast years 2 – 5. 

As shown in Table 2, the observed East Asian 
SAT is positively correlated with the TWP, NP, and 
AMO indices significantly, and negatively correlated 
with SIOD index significantly. EnOI_HadInit and 
SODAInit both reproduce the significant positive 
correlation between East Asian SAT and TWP SST, 
although they both overestimate the correlation coeffi-
cients. The atmospheric process linking the TWP SST 
with the East Asian SAT in the SODAInit prediction 
was revealed by Xin et al. (2018). 

The relationship between East Asian SAT and 
other SST indices including NP, SIOD and AMO 
indices could not be reproduced by EnOI_HadInit and 
SODAInit hindcasts. So it is inferred that the predic-
tion skill of East Asian SAT mainly arises from the 
oceanic forcing from the TWP in EnOI_HadInit and 
SODAInit hindcasts. The physical processes linking 
East Asian climate with SST in the North Pacific, 
SIOD, and the AMO need further improvement in cli-
mate models. This will favor further improvement in 
the forecast skill over East Asia in decadal predictions.

5. Conclusions

We assessed and compared the prediction skills of 
two sets of decadal prediction experiments (SODAInit 
and EnOI_HadInit) carried out with BCC-CSM1.1. 
SODAInit and EnOI_HadInit differ in the ocean ini-
tialization scheme and the observed sea temperature 
data used in the initialization. SODAInit used the 
SODA reanalysis data, while the EnOI_HadInit used 
the assimilated ocean data generated by assimilating 
HadISST to the ocean model of BCC-CSM1.1 using 
the EnOI method. We found that EnOI_HadInit is 
more skillful in predicting the SST over the North 
Pacific, the North Atlantic, and southern Indian Ocean 
than SODAInit. The SIOD and AMO indices are well 
predicted by EnOI_HadInit over forecast time periods 
ranging from 2 – 5 up to 6 – 9 years. 

The EnOI_HadInit has better prediction skills for 
SAT over South Europe, North Africa, and Greenland 
than the SODAInit, which is related to its skillful 
prediction of the AMO. In addition, EnOI_HadInit 
and SODAInit are both skillful in predicting the East 
Asian SAT. This is related to the skillful prediction 

Fig. 6. Time series of SAT averaged over Europe 
and North Africa (a), East Asia (b), and Green-
land (c) in decadal hindcasts for the forecast 
years 2 – 5. The value in the bracket indicates 
correlation coefficient between the hindcast and 
observation.
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of the TWP SST. The observed close relationship be-
tween East Asian SAT and North Pacific SST, SIOD, 
and AMO indices could not be reproduced by the 
decadal hindcasts and needs further improvement. 

These increased skills in SST and SAT predicted 
by EnOI_HadInit confirm that the assimilated data 
generated by the ocean model of BCC-CSM1.1 with 

EnOI assimilation can provide better initial conditions 
than SODA reanalysis data for the decadal predictions 
of BCC-CSM1.1. It indicates that appropriately 
constraining the initial states of the model through 
assimilation strategy is crucial for decadal predictions. 
Wu et al. (2018) constructed a decadal prediction 
system with EnOI and incremental analysis update 

Fig. 7. Correlation between SAT and AMO index hindcast by EnOI_HadInit (a), SODAInit (b), and observation (c) 
for the forecast years 2 – 5. Hatched area identifies the region where the ACC is above the 90 % confidence level.
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scheme, which was verified to be skillful in the pre-
diction of SST anomalies in midlatitude North Pacific, 
North Atlantic, and the key areas of ENSO. Further 
development based on EnOI needs to be done in the 
decadal prediction systems of BCC-CSM. The assim-
ilation of the ocean salinity will also be considered in 
the new decadal prediction systems of BCC-CSM. 
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tion. Bold values are above the 90 % confidence level.

Experiment name TWP SST NP SST SIOD AMO
EnOI_HadInit
SODAInit
OBS
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0.37
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−0.15
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−0.42

0.14
0.02
0.79
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摘  要  中小尺度强对流天气具有极强的破坏力，了解其气候学特征对于预测、预报和影响评价都具有实际意义。

利用 1961～2015 年的 2332 个高密度逐月国家级气象站观测资料，分析了中国大陆 3 种常见中小尺度强对流天气

（雷暴、闪电、冰雹）在年、季、月尺度上发生日数的时间变化规律和空间分布特征。结果表明：全国年平均雷

暴、闪电和冰雹发生频率分别为 39.23 d/a、20.56 d/a 和 1.07 d/a；雷暴和闪电主要发生在夏季 3 个月，雷暴日数 7

月最多，闪电日数 8 月最多；冰雹主要发生每年 5～9 月，6 月发生频率最高；雷暴和闪电的高发区分布基本一致，

主要集中在华南和西南，青藏高原也是雷暴的高发区域之一；冰雹的高发区主要集中在青藏高原、内蒙古高原东

部以及中西部山地，而东南沿海地区发生频率则较低。进一步分析发现，我国雷暴和冰雹出现频率随海拔高度增

加而明显增加，冰雹和海拔高度有更好的对应关系，二者增加速率分别为 2.87 d/500 m 和 1.80 d/500 m，表明地势

高度对这两种强对流天气形成和发展具有重要影响。 
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Abstract Meso-scale and micro-scale strong convective weather events usually contain a great destructive power. 
Understanding climatological characteristics of strong convective weather events is of great importance for forecast, 
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prediction and impact assessment of convective weather. In this paper, a newly developed dataset of meso-scale and 
micro-scale strong convective weather events in China that includes observations at 2332 national weather stations for the 
period of 1961–2015 is used to reanalyze the climatological characteristics of strong convective weather events 
(thunderstorms, lightnings, hails) on annual, seasonal, and monthly scales in China. The results show that the occurrence 
frequencies of thunderstorm, lightning, and hail are 39.23 d/a, 20.56 d/a, and 1.07 d/a, respectively. Thunderstorms and 
lightnings mainly occur in the summer, while most of the thunderstorms occur in July and most of lightnings occur in 
August. Hails mainly occurr between May and September, and the highest frequency occurs in June. Areas with high 
frequency of thunderstorms are similar to those with high frequency of lightnings, which are mainly located in southern 
and southwestern China and the Qinghai–Tibet Plateau. The occurrence frequency of hail is closely related to topography, 
and areas with high frequency of hail are mainly distributed in the Qinghai–Tibet Plateau, the eastern part of Inner 
Mongolia and the mountainous areas of central and western China, while the southeastern coastal areas have lower 
frequency than other areas. In addition, hail and thunderstorm increase significantly with elevation, especially hail, and 
the increase rates are 2.87 d/500 m and 1.80 d/500 m, respectively. It is found that elevation has important influences on 
the formation and development of these two types of strong convective weather. 
Keywords  Meso-scale and micro-scale strong convective weather event, Thunderstorm, Lightning, Hail, Topography, 

Climatological characteristics 

 

 
1  引言 
  
   中小尺度强对流天气是多种灾害性天气的统

称，而其中最受人们关注的 3 种强对流天气分别是

雷暴、闪电和冰雹。中小尺度强对流天气是一种复

杂的大气现象，其特有的复杂性、局地性和突发性

都增加了预报的难度（俞小鼎等，2012；Zhang et al.，
2017）。强对流天气通常与其他极端天气现象相伴

而生，雷暴、闪电和冰雹一般伴随着极端强降水过

程（陈思蓉等，2009）。这种伴随性天气发生的特

点，使中小尺度强对流天气具有了更强的破坏力，

更容易造成社会经济损失（符琳等，2011）。因此，

分析中小尺度强对流天气的时空分布特征，对加深

气象灾害规律的理解及预防有着重要的科学意义。 
    在全球尺度上，Dai（2001）运用 1975～1997
年全球约 15000 个站的实测资料研究雷暴的日变化

特征，发现雷暴存在海陆差异，大部分陆地上雷暴

主要出现在傍晚，而海洋上则出现在午后。Brooks et 
al.（2003）使用再分析资料分析欧洲超强雷暴，发

现欧洲南部是全球可能孕育超强雷暴环境最佳的

地区。Christian et al.（2003）利用光学瞬态检测器

研究全球闪电频率和分布，发现全球每年约有 14
亿次闪电发生，陆地闪电发生平均概率是海洋的 10
倍，北半球夏季闪电发生较多，北大西洋和西太平

洋闪电发生频次比热带东太平洋和印度洋多。

Sioutas et al.（2009）分析希腊北部冰雹空间分布，

发现高海拔地区和靠近高山的区域冰雹发生较多。 

对于中国大陆，雷暴、冰雹等中小尺度强对流

天气的气候学特征很早就受到了普遍关注。例如，

张敏锋和冯霞（1998）利用中国 104 个台站 30 年

的雷暴资料，分析了中国雷暴天气气候学分布特

征，发现我国 30 年平均的雷暴日空间分布可大致

分为 4 个区域：东南及华南高值区，高原及邻近地

区的次高值区，华北、华中及西北东部的次低值区

和西北地区的雷暴最低值区。郄秀书等（2014）系

统回顾了我国学者针对闪电气象学和气候学的研

究进展，总结了对应于不同类型强对流天气的闪电

活动特征、闪电活动与雷暴的联系，闪电资料同化

方法及其在强对流天气中的预警预报作用等。

Zhang et al.（2017）利用 1961～2010 年 580 个观测

站的雷暴资料，分析了我国雷暴的空间分布特征，

发现华南地区是雷暴发生频次最多地区、青藏高原

东部和东南部是次大值区。 
在更小的区域尺度上，徐桂玉和杨修群（2001）

使用我国南方 62 个气象观测站 1971～1995 年雷暴

日数资料研究发现，南方雷暴分布总趋势自南向北

递减，多雷暴带与主要山地分布密切相关，东南沿

海地区雷暴比内陆要少。李照荣等（2005）研究西

北地区雷暴活动的差别发现，总的特征是高原和山

区雷暴发生频率更高，河谷、盆地和沙漠雷暴少，

并且雷暴夏季最强，而春、秋次之，冬季几乎无雷

暴发生。以上研究结果在其他区域范围的研究中也

得到了证实（秦丽等，2006；李韬光等，2015；黄

武斌等，2016）。 
综上，国内目前研究已经开始关注不同地区中
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小尺度强对流天气的气候学特征。已有的研究提高

了人们对中小尺度强对流天气的气候学分布、季节

性和周期性等方面的认知，但在气候学特征研究方

面，仍存在以下 3 方面的不足：第一，对于区域尺

度的分析较多，而把全国作为一个整体的研究较

少，这样就造成了对于全国整体的中小尺度强对流

天气气候学特征认识不足；第二，已有的针对全国

的研究，选用较为稀疏或不完善的观测站网资料，

空间分辨率不高，且观测站密度东部明显大于西

部，这样就造成全国尺度中小尺度强对流天气气候

学特征研究代表性不充分的问题；第三，已有研究

更多关注于雷暴、闪电或冰雹单一的强对流天气现

象，利用长时间高分辨率数据对于 3 种中小尺度强

对流天气进行综合分析研究，还是非常欠缺的。造

成上述不足的主要原因是，过去缺少更新到现在的

全国高密度、高质量台站观测资料。 
本文利用中国气象局国家气象信息中心最新

发布的全国 2425 个高密度台站观测资料，综合分

析中国大陆 3 种中小尺度强对流天气的气候学特

征，包括年、月、季节尺度的时间演化特征，以及

不同区域之间发生频率的空间差异。本文结果对中

小尺度强对流天气的监测、预报和影响评价，都具

有重要的参考价值。 
 

2  资料和方法 
 
2.1  资料 

雷暴、闪电和冰雹资料来源于国家气象信息中

心最新发布的《中国地面强对流天气数据集》（赵

煜飞和余予，2015）中的逐月数据。全部台站约为

2425 个，其中包括国家基本、基准和一般站。资料

长度起始年为1954年，雷暴和闪电资料截止于2013
年，冰雹资料截止于 2015 年。图 1a 表明，观测站

点数在 1954 年不足 500 个，之后快速增长，1961
年以后台站数超过 2000 个，并且之后基本保持不

变。 
数据基本来源于地面气象观测数据文件，月值

由日值统计得到，若 1 月中出现 7 d 及以上缺测，

则该月日数为缺测。年值由月值统计得到，若一年

中各月日数有 1 个及以上缺测时，则年日数为缺测。 
在数据集制作过程中，主要应用内部一致性方

法，对雷暴、闪电和冰雹的日值数据进行质量控制。

参与质量控制的相关要素为日云状、日最大风速和

日降水量。具体质控方案如下：（1）若某日出现雷

暴现象，且未出现积雨云，日最大风速小于 5.4 m/s，
则该现象数据视为可疑；（2）若某日出现闪电现象，

且未出现积雨云，日最大风速小于 5.4 m/s，则该现

象数据视为可疑；（3）若某日出现冰雹现象，且未

出现积雨云，日降水量等于 0.0 mm，则该现象数据

视为可疑。月值质控基于日值统计给出，若 1 月中

出现 1 d 及以上可疑数据，则月值记录为可疑数 
据。年值质控基于月值统计给出，若 1 年中出现 1
月及以上可疑数据，则年值记录为可疑数据。最终

质控结果显示，各项要素数据的实有率均在 98%以

上，数据的正确率均接近 100%（赵煜飞和余予，

2015）。本文在数据处理时，剔除了数据集中标记

的所有可疑数据。 
2.2  中小尺度强对流天气现象 

雷暴指积雨云云中、云间或云地之间产生的放

电现象，表现为闪电并有雷声，有时亦可只闻雷声

而不见闪电。闪电指积雨云云中、云间或云地之间

产生放电时伴随的光芒，但不闻雷声。冰雹指坚硬

的球状、锥状或形状不规则的固态降水，大小差异

大，大的直径可达到数十毫米，常伴随雷暴出现。

当某日台站观测出现了雷暴（闪电、冰雹）现象，

则记为 1 个雷暴（闪电、冰雹）日（赵煜飞和余予，

2015）。 
2.3  台站选取  

因为数据集在 1961 年以后台站数稳定超过

2000 个，所以选取雷暴、闪电的研究时段为 1961～
2013 年，冰雹的研究时段为 1961～2015 年。根据

上述台站记录不一致的情况及后续研究的需要，依

据以下 3 条标准对台站进行筛选：（1）台站观测记

录大于或等于 35 年；（2）台站每年观测记录大于

或等于 3 个月；（3）1981～2010 年台站观测记录大

于或等于 20 年。根据以上 3 条标准，筛选后观测

台站共有 2332 个。图 1b 为筛选后观测台站的空间

分布情况，台站空间上基本覆盖了除台湾外的全国

范围，其中东北、西北和青藏高原台站相对较稀疏，

其他地区台站覆盖率相对较高。 
2.4  方法说明 

全国平均，采用的是全国所有站的算术平   
均。具体计算方法是：计算每个月所有站的平均值，

缺测时不参与计算，然后再计算研究时段内所有月

份的平均值，最后根据各月的平均值获得年或季节

的平均值。季节划分采用气象季节划分的方法，即
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上年 12 月至当年 2 月为冬季，3～5 月为春季，6～
8 月为夏季，9～11 月为秋季。 

 
3  结果 
 
3.1 雷暴日数气候学特征 

图 2a 为全国平均的各月平均雷暴日数年际变

化，图 2b 为全国平均年内各月平均雷暴发生日数。

我国雷暴发生日数主要分布在 2～11 月，夏季（6～
8 月）是雷暴发生的高频期，雷暴日数占全年雷暴

总日数的 62.31%，其中 7 月是雷暴日数最多的月

份，次多月份为 8 月。1961～2013 年，全国平均雷

暴日数在波动中变化，但整体呈减少趋势。2000 年

代以前全国夏季雷暴发生频率在 7 月最大可以达到

13 d，1980 年代以前夏季雷暴发生频率保持在每月

12 d 以上。由此可见，我国雷暴主要发生在夏季，

以 7 月发生日数最多，近 50 年来虽然雷暴的季节

性高频期并没有太大变化，但雷暴发生日数逐渐趋

于减少。 
图 3a 为雷暴日数多年平均值的空间分布情况。

全国年平均雷暴为 39.23 d/a，年平均雷暴日数随着

纬度的增加而明显减少。在长江流域附近，年平均

雷暴日数为 40～50 d，两广和海南为 70～120 d，
其他地区为 50～70 d。华南和西南地区是高雷暴中

心，海南岛是全国雷暴发生日数最多的地区。东南

部丘陵地带年平均雷暴日数高于同纬度平原地区，

同时内陆比沿海地区雷暴发生频次高。 
中国雷暴次大值区包含青藏高原东南部和云

贵高原，前者年平均雷暴日数明显大于同纬度的其

他地区，一般为 40～110 d，云贵高原南部为 100～ 

图 1 （a）1954 年以来中国观测台站数随时间的变化和（b）筛选后 2332 个台站位置的空间分布 

Fig. 1  (a) Temporal change in the numbers of stations in China since 1954 and (b) spatial distribution of the selected 2330 stations  
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图 2  1961～2013 年（a）全国平均各月雷暴日数年际变化（横坐标为年份，纵坐标为月份，填色为每年各月的雷暴日数全国平均值），以及（b）全

国平均年内各月雷暴发生日数 

Fig. 2  (a) Inter-annual variation of monthly mean thunderstorm days in China during 1961−2013 (X-axis indicates the year, Y-axis indicates the month and various 

colors indicate monthly mean numbers of thunderstorms averaged in China), and (b) average values of monthly mean thunderstorm days in China during 1961−2013 

图 3  1961～2013 年中国年平均和季节平均雷暴日数空间分布：（a）年；（b）春季；（c）夏季；（d）秋季；（e）冬季 

Fig. 3  Spatial distributions of annual and seasonal mean numbers of thunderstorm days in China during 1961−2013: (a) Annual; (b) spring; (c) summer; (d) 

autumn; (e) winter 
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110 d。年平均雷暴日数水平梯度大，等值线极为密

集。青藏高原中东部和四川西部雷暴日数一般为

60～90 d，雅鲁藏布江中下游区域雷暴日数较少。 
长江以北的华北和东北地区，年平均雷暴日数

随纬度的变化不明显，一般在 20～40 d，其中黄河

流域中下游为 20 d 左右，是个相对低值区；内蒙古

东部地区相对较高，年平均雷暴日在 35 d 以上。 
西北干燥区为全国年平均雷暴日的最低值区。

这个区域下垫面主要是沙漠和戈壁，年平均雷暴日

在 30 d 以下，尤其是甘肃的北部、内蒙的西部以及

新疆东部等地区，年平均雷暴日数在 10 d 以下。 
图 3b、3c、3d、3e 为各个季节平均雷暴日数空

间分布。全国四季平均雷暴日数分别为春季 9.28 d，
夏季 24.49 d，秋季 4.81 d，冬季 0.68 d。四季雷暴

发生日数的高低值分布和全年分布特征相类似，但

量级大小不同。春季雷暴主要发生在华南、西南和

青藏高原东部，且表现为纬度越低则发生日数越

多；夏季发生区遍及全国，而高发区同样集中在华

南、西南和青藏高原，但青藏高原高发区范围已经

由春季的高原东部扩展到几乎整个高原；秋季雷暴

发生频次空间分布和春季类似，但次数低于春季；

冬季全国大部分地区不再有雷暴出现，仅在华南和

西南仍有少量雷暴发生，最大日数均在 5 d 以下。 
图 4 给出年平均雷暴日数的各年代平均的分布

情况。各年代大值区的分布情况变化不大，即两广、

海南、云南的南部、青藏高原中东部和四川的西部。

然而，几乎所有地区年平均雷暴日数在早期 3 个年

代偏多，此后不断减少；雷暴日数大值区范围随时

间不断缩小更为明显。 
因此，我国雷暴主要发生在夏季、年和四季平

均雷暴日数有着不同的空间分布特征，但是大值区

分布范围较为固定，主要在华南、西南和青藏高原，

并且纬度越低雷暴发生日数越多；年平均雷暴日数

的年际和年代际变化，都表现出了随时间不断减少

现象，雷暴高发区域范围也在缩小。 
3.2  闪电日数气候学特征 

图 5a 为全国平均的各月平均闪电日数的年际

变化，图 5b 为全国平均年内各月平均闪电发生日

数。我国闪电日数在 3～11 月均有发生，并且夏季

（6～8 月）是闪电发生的高频期，夏季发生闪电日

数占全年闪电总日数的 65.59%，其中 8 月是闪电日

数最多的月份，次多月份是 7 月。从 1961～2013
年，全国平均各月闪电的发生日数在明显减少，尤

其是在 1990 年代以后，1970 年代以前全国夏季闪

电发生频率在 8 月最大可以达到 10 d 以上，2000
年代以后夏季闪电减少到了每月 1～3 d。由此可见，

我国闪电主要发生在夏季，并且 8 月发生最多，虽

然近 50 年闪电的季节性高频期没有太大变化，但

闪电发生日数明显在减少。 
图 6a 为闪电日数多年平均值的空间分布情况。

全国年平均闪电为 20.56 d/a，闪电均值有类似于雷

暴的空间分布。在长江流域附近，年平均闪电日数

为 15～25 d/a，闪电日数随着纬度的增加而减少，

但是递减幅度弱于雷暴。两广和海南为 50～100 
d/a，其他地区为 25～50 d/a。华南和云南是闪电发

生日数最多的地区，这也与雷暴的高发区相重合。 
中国闪电次大值区包含云南的南部、四川的西

部以及西藏的边缘部分地区，为 35～80 d/a。闪电

与雷暴空间分布相比有很明显的不同，尤其是在青

藏高原的中东部，雷暴显示出高发，而闪电并没有

显示出高发。 
长江以北的华北和东北地区，年平均闪电日数

和雷暴一样随纬度的变化不明显，在 5～30 d/a，其

中黄河流域中下游一般为 5 d/a 左右，是个发生相

对低值区。 
西北干燥区为全国年平均闪电日数的最低值

区，年平均闪电日数低于 30 d，尤其是甘肃的西北

部、青海的西部和新疆的东南部，闪电每年发生日

数在 5 d 以下。 
图 6 b、6c、6d、6e 为各个季节平均闪电日数的

空间分布。全国四季闪电日数分别为春季 3.40 d，
夏季 13.52 d，秋季 3.49 d，冬季 0.19 d。春季、夏

季、秋季闪电发生日数的高低值分布类似于年的分

布，高值区都在华南、广西的南部、云南的南部以

及四川的西部，冬季闪电主要发生在云南的南部。 
图 7 为年平均闪电日数的各年代分布情况。各

年代大值基本分布在华南南部、广西的南部、云南

的南部及四川的西部。1960 年代至 1990 年代闪电

日数偏多，之后不断减少，尤其从 1990 年代以后

这种变化更加明显，并且大值区范围也变得越来越

小，2010 年之后全国闪电发生日数趋于一致。 
因此，闪电发生在每年 3～11 月，同样主要发

生在 6～8 月。年平均闪电日数的空间分布和雷暴

类似。春季、夏季、秋季闪电有类似于年的分布，

冬季闪电主要发生在云南的南部。年平均闪电日数

的年际和年代际变化，都表现出了近 50 年闪电发 
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图 4 不同年代（时期）平均的中国年平均雷暴日数空间分布：（a）1961～1970 年；（b）1971～1980 年；（c）1981～1990 年；（d）1991～2000 年；

（e）2001～2010 年；（f）2011～2013 年 

Fig. 4  Interdecadal variation of annual mean thunderstorm days in China: (a) 1961−1970; (b) 1971−1980; (c) 1981−1990; (d) 1991−2000; (e) 2001−2010; (f) 

2011−2013 

图 5  同图 2，但为闪电日数  

Fig. 5  Same as Fig. 2, but for lightning days 
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生日数在随时间减少，并且在 2000 年代以后全国

发生闪电日数趋于一致。 
3.3  冰雹日数气候学特征 

图 8a 为全国平均的各月平均冰雹日数年际变

化，图 8b 为全国平均年内各月平均冰雹发生日数。

全国 2～11 月均有冰雹发生，但主要发生在 5～9
月，占全年冰雹总日数的 76.65%，其中 6 月是冰雹

日数最多的月份，5 月和 9 月是冰雹发生的次多月。

研究时期内，在 2000 年代以前冰雹发生日数在波

动中几乎没有变化，但是 2000 年代以后冰雹发生

日数明显减少，在 1990 年代以前冰雹发生频率在 6

月份最大可达到 0.35 d 以上，但是到 2000 年以后

全国冰雹平均每年发生不足 0.15 d。由此可见，我

国冰雹主要发生在 5～9 月，近 50 年发生日数在

2000 年代以前变化不大，但是 2000 年代以后明显

减少。 
图 9a 为冰雹日数多年平均值的空间分布情况。

全国年平均发生冰雹日数为 1.07 d。年平均发生冰

雹日数同雷暴、闪电相比有很大差异。长江流域以

南，除西南地区很少有冰雹发生，在此区域中年平

均冰雹日数一般都在 1 d/a 以下，是全国冰雹的低

值区。 

图 6  同图 3，但为闪电日数 

Fig. 6  Same as Fig. 3, but for lightning days 
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图 7  同图 4，但为闪电日数 

Fig.7  Same as Fig. 4, but for lightning days 

图 8  同图 2，但为冰雹日数，且研究时段为 1961～2015 年 

Fig. 8  Same as Fig. 2, but for hail days and the period is from 1961 to 2015 
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中国冰雹的高发区集中在青藏高原及高原周

边地区，这些区域也是中国地势最高的区域，在高

原中部有一个明显的大值中心，最多每年可发生冰

雹 24 d 以上，除了这个大值中心冰雹高发区域内一

般每年发生冰雹都在 1～8 d。 
长江以北的华北和东北地区是全国冰雹发生

的次高值区域，在东北大部分地区、内蒙古东部冰

雹每年发生 1～4 d，其他地区每年发生冰雹在 1 d
以下，但多年平均都会有冰雹发生。 

西北干旱区同样也是全国冰雹较少发生的地

区之一，除了新疆的西部以及青藏高原的周边地区

每年发生冰雹在 1～4 d，其他地区基本没有冰雹发

生。 
图 9b、9c、9d、9e 为各季节全国冰雹发生日数

均值的空间分布。全国四季冰雹分别为春季 0.31 
d/a，夏季 0.53 d/a，秋季 0.18 d/a，冬季 0.04 d/a。
春季冰雹只发生在新疆极少地区和青藏高原的东

北部，每年发生日数为 1 d 以上；夏季冰雹发生区

域扩大，冰雹大值区在青藏高原可达 3 d/a 以上，

中心最大可达 15 d/a 以上，但大值区中心和春季相

比西南移。秋季冰雹大值区和夏季类似，频率明显

比夏季小但大于春季，大值中心在 7 d/a 以下。冬

季全国基本没有冰雹出现。由此可见，我国冰雹主

要集中发生在青藏高原地区，这主要受地形的局地

图 9  同图 3，但为冰雹日数，且研究时段为 1961～2015 年 

Fig. 9  Same as Fig. 3, but for hail days and the period is from 1961 to 2015 
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条件影响，复杂的地形使得边界层内各物理量水平

分布不均匀，容易触发易产生冰雹的不稳定条件。

冰雹均值分布的大值区在年、春季、夏季和秋季均

在青藏高原有个大值区，且春季大值区位置在高原

东部，夏秋季节高值区域扩大并且高值中心变化到

高原中部。 
图 10 为冰雹日数各年代分布情况。年代之间

差异显示各年代空间分布变化不大，大值区都在青

藏高原地区，但是发生的范围越来越小，尤其是从

2000 年代以后，华北和东北基本没有冰雹发生了，

青藏高原虽然仍有冰雹发生，但是日数明显减少。 
因此，冰雹主要发生在每年 5～9 月，年和四

季的冰雹日数有着不同的空间分布特征，但年、春

季、夏季和秋季均在青藏高原表现出一个大值区，

平均冰雹日数的年际变化和冰雹日数均值的年代

际变化，都表现出了冰雹发生日数近 50 年在 2000
年代以前变化不大，但是 2000 年代以后明显减少。 
 
4  讨论 

 
对我国不同地区中小尺度强对流天气的气候学

特征，已经开展了一些分析。徐桂玉和杨修群（2001）
研究我国南方地区雷暴地理分布特征，发现雷暴频数

是从南向北递减，高发区主要分布在东南和华南区

域，其次是青藏高原地区，这与本文获得的雷暴频率

空间分布特点基本相致。Zhang et al.（2017）、张芳

华和高辉（2008）分析发现，全国冰雹主要发生在晚

春到初秋，这与本文发现的冰雹发生在 2～11 月结果

也基本相一致，但全国平均最高发生频率是在 6 月。

本文分析发现青藏高原和华北北部是冰雹的高发区，

图 10  同图 4，但为冰雹日数，且研究时段为 1961～2015 年 

Fig. 10  Same as Fig. 4, but for hail days and the period is from 1961 to 2015 
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这与先前研究指出的冰雹空间分布结论大体一致（张

芳华和高辉，2008；Zhang et al.，2017），但不同于

早期研究结论，本文还发现东北地区也是冰雹天气的

另外一个主要发生区。 
总体上看，先前针对部分地区和个别极端天气

事件的分析结果，与本文利用更新资料对大尺度多

种极端天气事件的分析结果，基本一致。在相同区

域内，与前人研究相比出现的空间分布和季节性差

异，可能主要和所用资料密度、质量和观测记录长

度不同有关，区域平均方法不同也会造成分析结果

的差异。本文采用所有国家级台站长序列观测资

料，资料质量得到较严格的检验和控制，区域平均

方法也得到改进，因此其结果具有更高的可信度。 
对于 3 种中小尺度强对流天气现象形成原因，已

有成熟的解释（俞小鼎等，2012；孙继松和陶祖钰，

2012）。3 种强对流天气发生频率之间的联系，也是

值得关注的一个问题。雷暴、闪电、冰雹都与强风暴

系统有着密切的关系，尤其雷暴和闪电常常伴随性发

生。图 11 给出全国 2332 个站点年平均雷暴和闪电发

生次数的对应关系和拟合曲线，可以看出，雷暴和闪

电有着很好的对应关系，闪电频数随雷暴频数的变化

不是简单的线性关系，而是呈近似指数关系，雷暴发

生次数越多的站点闪电发生次数越多，且随着雷暴频

数增加，闪电频数上升更快，决定系数达到了 0.65。
但是，雷暴和冰雹、闪电和冰雹发生频数之间并不存

在明显的关系，相关性不好。这可能与冰雹的局地性，

更依赖于海拔高度有关。 
雷暴和冰雹都在青藏高原地区表现出一个大

值区，但是闪电没有。为了探讨 3 种强对流天气和

海拔高度的关系，选取了青藏高原及其周边地区

（25°N～40°N，80°E～105°E），在此区域内包含

309 个观测站点，海拔高度最低为 292.8 m，最高为

4800 m。图 12 为青藏高原及其周边地区年平均雷

暴、闪电、冰雹发生次数和海拔高度的关系，图 12a
显示雷暴随着海拔高度的增加总体呈现出在波动

中增加的趋势，平均每上升 500 m 雷暴天数增加

2.87 d，1000～1500 m 年平均雷暴天数最少为 30.84 
d，4500 m 以上年平均雷暴天数最多为 61.37 d。而

图 12b 闪电随着海拔高度的增加总体在波动中呈现

微弱的减少趋势，平均每上升 500 m 闪电天数减少

0.26 d，在 3000～3500 m 平均年闪电天数最少为

13.95 d，而在 500 m 以下、1500～2000 m、3500～
4000 m 平均年闪电天数较多在 20 天以上。图 12c
显示冰雹随着海拔高度的变化表现出了极为明显的

上升趋势，这表明冰雹和海拔高度有特别好的对应

关系，平均每上升 500 m 冰雹天数增加 1.80 d，1500 
m 以下平均年冰雹天数较少为 1 d 以下，逐渐增加到

4500 m 以上年平均为 19.67 d。同时在 3000 m 以下

冰雹随海拔高度增加，但是增加不明显，而 3000 m
以上冰雹发生次数随着海拔高度增加强烈增加。 

通过年代之间发生频率的比较，发现全国雷

暴、闪电和冰雹均在 1960 年代至 1980 年代发生日 

图 11  1961～2013 年我国台站年平均雷暴和闪电发生日数的对应关系（圆圈）和二者的拟合曲线（黑色曲线） 

Fig. 11  The correlation between annual average days of thunderstorm and lightning (circles) and their fitting curve (black line) 
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数偏多，而在 1990 年代之后明显减少。总体     
上，这些变化与早期针对部分地区和个别极端事件

的研究结论也相一致（张敏锋和冯霞，1998；徐桂

玉和杨修群，2001；张芳华和高辉，2008；余蓉   
等，2012；Zhang et al.，2017）。对于 3 种中小尺度

强对流天气事件减少的原因，目前还没有很好的解

释。观测研究表明，我国相对降水指标和极端强降

水事件在近 60 年出现增加趋势（翟盘茂等，2007；

任国玉等，2015，2016），但全国范围极端强降水

事件频率和累计降水量增多，可能和多种区域性和

局地性自然、人为因素有关，也可能和降水观测资

料的系统偏差有一定联系（任国玉等，2016）。中

小尺度强对流天气中雷暴、闪电和冰雹一般情况下

伴随着极端强降水事件，但本文分析得到的 3 种极

端天气现象普遍减少减弱的结论，和先前有关短历

时极端强降水事件频率有所增加的结论并不一致。 

图 12  青藏高原及其周边地区（25°N～40°N，80°E～105°E）（a）雷暴、（b）闪电、（c）冰雹天数随海拔高度的变化 

Fig. 12  Changes in the days of (a) thunderstorms, (b) lightning, and (c) hail with elevation in the Qinghai–Tibet Plateau and its surrounding areas (25°N−

40°N, 80°E−105°E)  
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本文研究初步显示，雷暴、闪电和冰雹在年代

际变化上表现出减少和减弱趋势，特别是 1990 年

代以后 3 种强对流天气事件频数的减少现象更加突

出。这一现象在前人研究中已有总结（任国玉等，

2010）。对于中小尺度强对流天气现象年代际减少

的原因，前人也已有一些初步分析（张敏锋和冯霞，

1998；陈思蓉等，2009；符琳等，2011；Zhang et al.，
2017）。张敏锋和冯霞（1998）指出雷暴气候变化

异常是个很复杂的非线性过程，只有在充分理解日

地关系、雷暴气候和大气环流变化关系、雷暴起电

及放电物理过程的基础上，才能对这种长期变化机

制有更为客观的认识与理解，并指出温度变化与雷

暴变化之间可能存在着某种联系。Zhang et al.
（2017）认为，过去 50 年中小尺度强对流天气急

剧减少，与全球气候快速变暖、社会经济快速发展、

城市化以及人口增长有关，同时指出雷暴的减少、

减弱可能和亚洲夏季风减弱有关，但是相关性并不

意味着因果关系。此外，大气水汽输送和动力条件

的减弱也被认为可能引起了雷暴、闪电和冰雹减少

的原因（余蓉等，2012）。而大气动力条件变化可

能和普遍增加的气溶胶含量有关（陈思宇等，

2012）。陈思蓉等（2009）认为影响雷暴发生的因

子十分复杂，应该对于空间进行分型，在不同环流

情况、不同地形条件下考虑影响雷暴长期变化趋势

的原因。符琳等（2011）认为 20 世纪 70 年代末局

地垂直温度场结构的变化是我国北方冰雹减少的

主要原因。总体来说，目前的研究还不能确定我国

中小尺度强对流事件频数快速减少的确切物理机

制。对于本文报告的全国范围雷暴、闪电和冰雹频

数年代际明显减少的事实和原因，还有待未来开展

进一步研究。 
同先前的研究比较，本文应用了更新的观测记

录和更密集的台站资料，结果应该具有更高的可信

度。然而，本文分析仍旧存在两方面的不确定性。

一是全国台站的空间分布仍然不均匀，目前台站主

要分布在中国东部、西部青藏高原和新疆的台站相对

稀疏，这种东西部台站分布的不均匀会给平均结果带

来一定程度的不确定性；二是天气现象的观测方法具

有主观性，目前使用的数据都是人为观测，以观测员

听到雷声或看到闪电为准，看到或听到则记录为一个

雷暴或闪电日数，这势必造成漏记等情况存在，这也

会为最终的分析结果带来一定程度的不确定性。今后

需要加强对上述不确定性的系统评估。 

5  结论 
通过分析近 50 年中国 2332 个台站中小尺度强

对流天气的气候学特征，获得以下主要结论： 
（1）我国雷暴在每年 2～11 月均有发生，但主

要发生在夏季。全国年平均雷暴日数为 39.23 d，其

中全国春季平均为 9.28 d，夏季为 24.49 d，秋季为

4.81 d，冬季只有 0.68 d。华南、西南和青藏高原是

雷暴高频中心；甘肃北部、内蒙古西部以及新疆东

部是雷暴低值区。年以及春季、夏季、秋季在青藏

高原中东部和四川西部均有个大值区，冬季雷暴仅

发生在华南和西南地区。 
（2）闪电发生在每年 3～11 月，同样主要发生

在夏季。全国年平均闪电日数为 20.56 d，其中全国

春季平均 3.40 d，夏季 13.52 d，秋季 3.49 d，冬     
季 0.19 d。年平均闪电日数的空间分布和雷暴类似，

主要区别在于闪电在青藏高原不存在大值区。春

季、夏季、秋季闪电有类似于年的分布，冬季闪电

主要发生在云南的南部。 
（3）冰雹发生在每年 2～11 月，但主要发生在

5～9 月。全国年平均冰雹日数为 1.07 d，其中全国

春季平均为 0.31 d，夏季为 0.53 d，秋季为 1.90 d，
冬季仅有 0.04 d。我国冰雹集中发生在内陆山地  
和高原地区，东南部沿海地区发生较少，年、春季、

夏季和秋季均在青藏高原有大值分布区。 
（4）上述 3 种中小尺度强对流天气事件，其  

年际变化和年代际变化均表现出减少和减弱趋 
势，1990 年代以后，这 3 种强对流天气事件的减少

现象更加突出。 
（5）雷暴和冰雹随着海拔高度的增加而明显增

加，雷暴增加趋势可达 2.87 d/500 m，闪电则随着海

拔高度的变化有微弱的减少趋势（−0.26 d/500 m），

冰雹对海拔高度具有更高的敏感性，并且具有很好

的对应关系，增加趋势为 1.80 d/500 m。 
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A B S T R A C T

This study used the daytime hourly precipitation records and divided them into four types of
duration to examine the impact of different daytime precipitation conditions on Urban Heat
Island Intensity (UHII) over Beijing city. Results show that the magnitude differences of UHII are
in close relation with the length of Continuous Precipitation Hours of Daytime (CPHD). The
longer the CPHD, the less obvious the average UHI. When continuous precipitation events
dominate the daytime, the diurnal variation pattern of UHII will be changed greatly. There are
generally two (strong and weak) stable stages of UHII in no-rainy condition, while it disappears
completely in the longest continuous daytime precipitation conditions. However, the diurnal
cycles of UHII differences between each of the rainy daytimes and no-rain daytimes appear si-
milar, with all of the dual peaks of the UHII differences occurring around sunrise (0600-0700
LST) and sunset (2000 LST), and the minimum of the UHII differences appearing stably from
1100 to 1500 LST.

1. Introduction

The previous studies have confirmed that urbanization has significant impacts on local to regional climate through land use and
land cover transformations at the surface (Landsberg, 1981; Oke, 1988). Radical change in land use and land cover modifies the
energy balance and boundary layer properties significantly, and is capable of inducing some unique climatic phenomena in cities,
such as urban heat island (UHI) (Arnfield, 2003), urban rain island (Yang et al., 2017a) and urban dryness island (Yang et al.,
2017b).Besides the influence of urbanization, the local climate phenomena surely depends on the geography and background at-
mospheric circulation. For example, land cover and availability of soil moisture make a significant contribution to the eventual
positive or negative sign of the UHI (Georgescu et al., 2011). Recent work has specified the footprint effect of the built environment
for surface temperature UHI of 32 cities across China based on MODIS land surface temperature data (Zhou et al., 2015).

As an important factor, weather condition is also strongly related to UHI effect. High pressure system in summer can restrain the
development of a boundary layer, being conducive to UHI (Craig and Bornstein, 2002; Stewart and Oke, 2012). The steady weather
system such as bright, calm, unclouded condition can help in developing strong UHI effect, while unstable weather will reduce the
UHI effect (Landsberg, 1981; Oke, 1988). A number of studies have revealed significant correlation between UHII and cloudiness or
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solar radiation (Kim and Baik, 2002; Petralli et al., 2009; Arnds et al., 2017). It has also been demonstrated that UHII tends to be
stronger at night, while becomes negative under moist conditions and larger thermal admittances by rural areas (Tereshchenko and
Filonov, 2001; Yang et al., 2013c). Aerosols are another impact factor for UHII, because the presence of aerosols in urban en-
vironment could acts as clouds in the thermal equilibrium of urban boundary, and also affect the development of clouds and pre-
cipitation (Diem and Brown, 2004; Shimadera et al., 2015).

Precipitation is closely related to many other weather conditions including air temperature and atmospheric humidity.
Continuous attentions have been paid to the possible linkage between UHI and precipitation over the last decades.

Previous studies have demonstrated that UHI effect has a significant impact on mesoscale circulation, resulting in abnormal
convection and precipitation over urban areas (Changnon, 1979; Huff, 1986; Han et al., 2014; Zhong et al., 2015). Researches
indicated that larger roughness in urban areas can enhance convection and precipitation (e.g. Thielen et al., 2000), while other
researchers reported that the larger roughness could increase the convergence on the windward side of city (e.g. Rozoff et al., 2003).
Recent simulation results appear to explain the physical mechanism behind observed increases of precipitation within the highly
populated metropolitan area (Magaña et al., 2003; Benson-Lira et al., 2016).

However, most of previous studies on relationship between UHI and precipitation were focused on the UHI impact on pre-
cipitation event (e.g. Changnon et al., 1991; Aws et al., 2017; Yang et al., 2017a; Wang et al., 2019), and fewer works were made to
examine the impact of precipitation on UHII. Some analyses have concluded that the UHII reduced with an increase in precipitation
amount (Guo et al., 2009; Wang et al., 2009; Liu, 2014), but another analysis shows that the UHII will be reinforced in the region with
higher annual precipitation (Zhao et al., 2014). In spite of the previous works, the roles of precipitation in modifying detailed pattern
of UHII over urban areas still need further investigation.

Beijing is a mega city of mainland China, with>15 million populations settling in the built-up areas. Due to the large and rapid
change of urban environment, more intense UHI and precipitation in urban areas over Beijing have been observed in previous
observational researches (Li et al., 2008; Miao et al., 2010; Song et al., 2014; Yang et al., 2017c). The strongest UHII generally
appeared within or around the 4th Ring Road in Beijing City, in accordance to Beijing's major transportation system with a multi
Ring-Road network (Yang et al., 2013c), and short-duration intense precipitation events dominate summer precipitation in urban
regions of Beijing (Yang et al., 2013b, 2017c). The previous works on UHII and urban precipitation are independently conducted, and
the association between them, in particular, the possible influence of daytime precipitation on UHII pattern, has not yet exclusively
examined. The reason for the lack of thus studies may be because of the lack of denser and high-quality observational data in urban
areas, which is a necessity for investigating the relations between UHI and precipitation events in a finer spatial and temporal scale.

The purpose of this paper is to examine how the UHII changes under different daytime precipitation conditions in Beijing urban
areas. The UHII contrast between the no-rainy case and each of the rainy cases are analyzed by using hourly observational data of
Automatic Weather Stations (AWS). It is well known that daytime solar radiation is one of the most important elements which could
change the energy and water balances in urban surface, affecting the potency of diurnal UHII critically. Thus, the main emphasis of
our research in this paper is to examine the possible impact of varied duration daytime precipitation (from 0400 LST to 2000 LST) on
UHII. The analysis results would be helpful to further separate the driving force on UHI and to understand the formation mechanism
of UHI.

2. Study area, data and methods

2.1. Study area

Beijing, a high-density mega city covering about 1.6 million square kilometers, is at the northern end of the North China Plain and
in the south to the Yanshan Mountains. The flat southeast area occupies about 38% of Beijing, the elevations of which are roughly
ranging from 20m ASL (above sea level) to 80m ASL. The northwest is mainly mountainous areas. Climatologically, Beijing has a
typical monsoon-driven semi-humid to humid continental climate，which is hot and humid in summer and cold and dry in winter.
The rainy days and precipitation amount in Beijing are mainly concentrated in summer (Jun-Jul-Aug), contributing to about two
thirds of its annual total precipitation (Yang et al., 2017c).

With accelerating urban expansion, population in Beijing City undergoes a rapid growth and over half of the population settled in
the urban areas. A multi Ring-Road (RR) system of transportation (including 4th, 5th and 6th RRs, Fig. 1) has been built in the urban
regions so far (Yang et al., 2013c). The zones inside different RRs could represent different levels of urbanization with varied densities
of city population and buildings as well. In this paper, stations located inside the 6th RR in Beijing are considered as the urban sites
(Fig. 1).

2.2. Observational data

In this study, the observed hourly surface air temperature (1.5 m) and precipitation amount data from 65 stations in urban area of
Beijing for time period 2007–2015 are obtained from the Meteorological Information Center, Beijing Meteorological Bureau (MIC/
BMB). The data have been preliminarily quality-controlled by the MIC, and the possibly wrong records have been taken out by
applying a regionally climatological extreme value method.

In order to increase the reliability of the analysis, the data are checked and quality-controlled once again using the methods by
Yang et al. (2011) and Yang and Liu (2013). The incredible stations with unrepresentative observational environment have been
taken out of the dataset, and the methods of threshold values and manual identification are applied in checking. Based on the
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observational records and the climatological features in Beijing, different seasons have been given different threshold values for
quality control both for temperature and precipitation data. If the hourly records exceed 100mm (summer), 65mm (spring and
autumn), 30mm (winter) respectively, for example, they were considered as suspicious, and they will be removed if proved wrong
further by comparing the records of the adjacent stations. The method of temperature thresholds is more complex relatively. They are
based on the temperature information of 20 national stations of Beijing for the past 30 years. The extreme temperature value of each
month have been calculated and floating thresholds also be considered (Yang et al., 2011). For minimizing the influence of missing
records on the analysis, only those sites with missing values< 3% of the total records for the 9 years are chosen for use. Additional
detailed description of the methodology and quality control techniques used are accounted in details by Yang et al. (2011) and Yang
and Liu (2013).

After the quality control of the data, 51 observational stations inside 6th RR are selected for use (Fig. 1) eventually, which are
considered as urban observational sites. Eight reference stations surrounding the urban areas are also used in order to calculate the
UHII of those urban stations. The heights of the reference stations are almost the same as those in urban areas (Table 1). Due to the
importance of the selection of the reference stations, the 8 reference stations are selected by referring to a remote-sensing method as
detailed in Ren and Ren (2011) and Yang et al. (2013c), which is according to a strictly defined standard, and has been confirmed
objective and valid in representing rural areas in previous works (Ren and Ren, 2011; Yang et al., 2013c, 2017a).

2.3. Analysis methods

In the paper, UHII is estimated by calculating the temperature difference between urban and rural sites at varied time scales of
hour, month, season and year. The rural temperature (Tr) is the mean temperature values of the 8 reference stations, while the urban
temperature (Tu) is the temperature of anyone of 51 urban stations inside 6th Ring Road, or the mean values of all urban stations
inside any specific urban areas. So, UHII (ΔTu-r) can be calculated using Eq. (1)

= = −−T T TUHII u r u r� (1)

Term Continuous Precipitation Hours of Daytime (CPHD) is applied in this study, and it is defined as the number of hours from the
beginning to end of any continuous precipitation event within the periods between 0400LST and 2000 LST separately for each station
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Fig. 1. Stations used in the Beijing urban region as outlined by the 6th Ring Road (blue solid circles, line A-C respectively represents 4th RR, 5th RR
and 6th RR) and the 8 rural stations outside of the 6th Ring Road (Abbreviations of the station names are FHL for Feng Huang Ling, YLD for Yong Le
Dian, PGZ for Pang Ge Zhuang, AD for An Ding, NZ for Nan Zhao, DSGZ for Da Sun Ge Zhuang, and LWT for Long Wan Tun，DXC for Dong Xin
Cheng). (For interpretation of the references to colour in this figure legend, the reader is referred to the web version of this article.)

Table 1
Basic information of eight reference stations.

Abbrev. (name) Lon. (E)/Lat. (N) Elevation (m) Elevation difference from urban areas (m)

FHL (Fenghuangling) 116.10°/40.11° 73.0 24.6
YLD (YongleDian) 116.78°/39.68° 17.0 −31.4
PGZ (Panggezhuang) 116.34°/39.62° 34.0 −14.4
AD (Anding) 116.51°/39.62° 24.0 −24.4
NZ (Nanzhao) 116.11°/39.61° 34.0 −14.4
DXC (Dongxincheng) 116.45°/40.22° 49.0 −0.6
DSGZ (Dasungezhuang) 116.92°/40.09° 35.0 −13.4
LWT (Longwantun) 116.85°/40.23° 52.0 3.6
Average 116.51°/39.90° 31.8 −8.8
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of the 51 observational sites. The hourly precipitation here is defined as rain record with>0.1mm precipitation amount accumu-
lated during an hour. It is further assumed that the continuous precipitation of daytime is the precipitation event that has continuous
durations without any intermittence within a given period from 0400 to 2000 LST. The reason why the period of daytime pre-
cipitation is applied as an indicator is that the sunshine during daytime is one of the key factors for forming UHI phenomenon, and
the sunlight-related force might be separated from those related to urban canopy geometry and anthropogenic heat release in the
formation of UHII pattern, if more cases of influence of daytime precipitation on UHII could be investigated. Time period 0400LST to
2000 LST is used because the sunrise is usually around 04:30 LST and sunset around 19:30 LST in Beijing during Summer Solstice,
and it thus contains the complete daytime in any months.

In order to examine the impact of varied precipitation event duration in daytime on UHII over Beijing, CPHD is further divided
into four different categories, which are respectively 0 h, 0–3 h, 3–6 h and>6 h. In order to compare the differences between no-
rainy case and each of the rainy cases, we also calculate UHII differences between them as following on basis of stations and regional
average:

= − −ΔUHII UHII UHII| |each rainy case no rainy case (2)

There may be more than one CPHD processes in a day, especially during summertime (June to August) when>70% of annual
total precipitation will occur in Beijing region. In this case, in order to make the analysis of UHI under different precipitation duration
ranges more significant, only the event with the longest duration in a day was considered in the following calculation.

3. Results

3.1. Characteristics of UHII and precipitation

The spatial distribution of annual mean values of UHII in the urban regions (inside the 6th RR) is shown in Fig. 2. It is obvious that
the UHII spatial distribution is consistent of the divergent expansion of built-up areas and transportation system, conforming to the
dense distribution of urban populations. The maximum UHII value (2.07 °C) appears at Si Hui Qiao (SHQ, 39.91°N, 116.48°E),
northeastern part inside the 4th RR. The only station with negative UHII (−0.25 °C) is Dao Xiang Hu (DXH, 40.10°N, 116.18°E) in the
northwest of the built-up areas. Previous researches have indicated that, DXH station, though inside the 6th RR, is surrounded by less
buildings and a small lake nearby, which may be the reason that a negative UHII was observed (Yang et al., 2013c).

Fig. 3 shows the annual (Fig. 3a) and seasonal (Fig. 3b) mean diurnal UHII variations in urban areas over Beijing. The annual
mean diurnal UHII curve contains two relatively stable stages separated by two swiftly changing stages. One stable stage is char-
acterized by the strong UHII lasting from late evening (2100 LST) to early morning (0600 LST), and another by the weak UHII lasting
from 1100 LST to 1600 LST. The rest two stages change swiftly by a drop-off (0600–1100 LST) and a surge-up (1600–2100 LST)
respectively. In other inland cities, similarly stable high nocturnal UHII and weak midday UHII have also been reported (e.g. Memon
et al., 2011).

Among different seasons, a common diurnal variation pattern can be found. Moreover, the length of strong stable stage in autumn
(2000–0700 LST) and winter (2000–0800 LST) is a little longer than that in spring (0900–0600 LST) and summer (0900–0500 LST).
Besides, for the strong stable stage, the UHII in autumn and winter are also larger than that in spring and summer. However, the
stable weak stages of four seasons have relatively apparent differences. The stable weak stage in summer keeps the longest
(0900–1800 LST), with the mean UHII (0.50 °C) of which is higher than that of other seasons. In spring, the length of stable weak
stage (1000–1700 LST) is a little shorter than that in summer, and the mean UHII is weaker (0.36 °C) apparently. The stable weak
stages in autumn and winter are similar in lengths (1200–1600 LST) and mean values of UHII (0.25 °C in autumn and 0.34 °C in
winter). It is interesting to note that though the UHII at nighttime in summer is weaker than that in other seasons, the UHII during the
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Fig. 2. Spatial distributions of annual mean values of UHII in Beijing urban area during 2007–2015.

P. Yang, et al. Urban Climate 28 (2019) 100463

4



daytime in summer is the strongest among the seasons. Similar conclusions also have been reported by Lee and Baik (2010) and Yang
et al. (2013b). Roth (2007) has stated that, when rural surface is wet or saturated, thermal admittance will be increased. Thus, the
daily surface temperature range will become relatively small and rural cooling during summer daytime will increase the corre-
sponding UHII. It is also possible that the more extensive application of air conditioning in the urban areas in recent years has
exaggerated the UHI effect of daytime during summer (Ren and Zhou, 2014).

The spatial distribution of annual mean occurrence times of different CPHD events during 2007–2015 is shown in Fig. 4. It is
evident that the distributions of different daytime precipitation processes are rather different from each other. For no-rainy case, the
lowest frequencies mainly prevail in urban center, while sites with the highest frequencies are located in the southwest to the central
area. The precipitation events with 0 h < CPHD≤ 3 h mostly occur in the urban center, and they occur less frequently in the western
and southern parts to the urban center. For the case of 3 h < CPHD≤ 6 h, the northern sites captures the highest frequencies of the
precipitation events, while the fewest times come from the southeastern part of the urban areas. Meanwhile, the urban center is not
characterized by the high and low centers. A more concentrated distribution in the urban center is seen for the precipitation events
with CPHD>6 h. It is therefore clear that the short duration of precipitation events (0 h < CPHD≤ 3 h) and the long duration of
precipitation events (CPHD>6 h) are the most basic precipitation mode over the urban center in Beijing, which is approximately in
consistence to the previous study (Yang et al., 2013a).

Table 2 illustrates the significant differences among four seasons. For no-rainy days, the largest annual mean times is 85.29 in
urban areas in winter, followed by 79.20 in spring, 74.86 in autumn, and 62.32 in summer. For the events of 0 h < CPHD≤ 3 h and
3 h < CPHD≤ 6 h, the annual mean frequencies of CPHD in whole urban areas achieve the largest values in summer. All of the times
of precipitation events with CPHD>6 h are low, being<5 times. In comparison, the frequencies of CPHD>6 h precipitation events
are the most in autumn.
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Fig. 3. Spatial distributions of UHII in (a) spring (b) summer (c) autumn (d) winter in Beijing urban area during 2007–2015.
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Fig. 4. Spatial distributions of frequency of CPHD with different precipitation duration ranges during 2007–2015. (a) CPHD=0 h, (b)
0 h < CPHD≤ 3 h, (c) 3 h < CPHD≤ 6 h, (d) CPHD>6 h. Unit: times.
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3.2. The impact of CPHD on UHII

Spatial distributions of average UHII in above four different ranges of CPHD in urban areas of Beijing during 2007–2015 are
shown in Fig. 5. The spatial distributions reveal diverse features in different precipitation duration conditions. When there is no
precipitation in daytime (Fig. 5a), the spatial pattern is similar to the distribution of annual mean UHII of Beijing city. This exhibits
some regional differences in the effect of urbanization on surface air temperature with higher UHII in central urban area. Besides, the
mean value of UHII (1.30 °C) over the whole urban areas on no-rainy days is a little higher than that on all days through whole year
(1.18 °C). This is easy to understand and the similar conclusions have been found in previous researches (e.g. Hu et al., 2016).
Nevertheless, noticeable discrepancies are observed in the UHII isotherm distributions in other three CPHD events (Fig. 5b–c). In the
case of 0 h < CPHD≤ 3 h (Fig. 5b), a triply weak warm cores are found in urban center and in eastern and western parts of the city
near the urban center. The mean values of the warm cores are obviously lower than those in no precipitation case. For the two other
precipitation duration ranges (Fig. 5c–d), the spatial differences are less significant, compared to the cases with no or less-rainy cases.
Especially for the longest precipitation duration range (CPHD>6 h), the UHII over the whole urban area is almost unable to detect.

Table 3 gives the means, maximum, minimum and range values of UHII over the urban areas in the four CPHD cases. It illustrates
the significant differences among the cases. Generally speaking, the larger the CPHD, the lower the means of UHII are. In addition, the
spatial difference is also closely related to the length of CPHD. It can also be seen that, the larger the CPHD is, the lower the range
values of UHII are. Although the mean values of UHII warm cores are obviously lower in long duration precipitation condition than
those in no precipitation, however, the UHII spatial pattern is relatively unchanged (Fig. 5), despite the average distributions of
different rain events exhibit an explicit spatial difference. The higher UHII is always located in the urban centers. This may be related
to the fact that, although the distributions of varied duration precipitation events are limited to a smaller extent, the cloud covers are
distributed spatially broadly and consistently, leading to the uniform decline of UHII across the city.

Fig. 6 shows the diurnal variations of UHIIs in different precipitation duration ranges in Beijing city during 2007–2015. For the
case of no-rainy days, the diurnal variation exhibits a typical pattern that many previous researches have shown (e.g. Lee and Baik,
2010; Yang et al., 2013c). The UHII sharply increase in the evening and decrease in the morning. Two stable stages of diurnal mean
UHII could be obviously observed, a pattern similar to that shown in Fig. 4a. Compared to the case of no-rainy days, the diurnal
variations of UHII with each of the rainy conditions present some different and interesting characters. Firstly, the longer the length of
CPHD is, the lower the UHII will be. The diurnal character is in accordance with its spatial feature shown in Fig. 5. Secondly, the
stable strong and weak stages of UHII are not apparent when the CPHD is no>6 h, and will disappear completely when it surpasses
6 h. It means that, when precipitation events dominate the daytime, the diurnal pattern of UHII will change greatly. Thirdly, the
curves of diurnal variation for two cases (3 h < CPHD≤ 6 h and CPHD>6 h) indicate that the UHII with serious rainy daytime
(CPHD>6 h) could be close to or a little higher than that with less rainy daytime (3 h < CPHD≤ 6 h) for a few moments (from
1600 to1800 LST) during the whole day. The phenomenon could not be easily explained, but may be related to the fewer samples of
the CPHD>6 h case.

The diurnal variations of seasonal mean values of UHII in different CPHD cases in Beijing city during 2007–2015 is shown in
Fig. 7. All cases show clear diurnal variations in the seasonal mean UHII, with higher nighttime UHII values and lower values at
noontime in different seasons. In addition, under different CPHD conditions, the mean UHII present similar diurnal variations for
different seasons. For instance, stable strong or weak stages could not be found in diurnal curves of all seasons for the conditions of
CPHD>6 h, but they exist in other cases more or less. In no-rainy case, the stable strong and weak stages are longer and in deeper
contrast in winter and autumn than those in spring and summer. In the case of CPHD>6 h, the peaks of hourly UHII in different
seasons all occur at midnight time with small difference. The difference of maximum (0.93 °C in spring) and minimum (0.79 °C in
autumn) value is only 0.14 °C. It is notable that, under the condition of long continuous rain, the character of stronger UHI in autumn
won't be kept. In addition, it is also interesting to note that the UHII varied apparently during the nighttime among the varied CPHD
conditions, while the UHII differences are not so clear under different precipitation conditions during noontimes.

The average annual cycles of UHII under different precipitation conditions for 2007–2015 in urban areas of Beijing are shown in
Fig. 8. The UHII has prominent seasonal characteristics. During the wet or windy season (from March to August), corresponding to
spring and summer, monthly mean UHII values are lower apparently. The UHII is best developed in no-rainy case and comparably
lower in each of the rainy cases. For the precipitation case of 0 h < CPHD≤ 3 h, all of the monthly mean UHII values are lower than
those of no-rainy case. In addition, the season with stronger UHII in the case of 0 h < CPHD≤ 3 h is mostly from September to
February, with the peak in December and the valley in June. Contrary to the case with no or less-rainy cases, the UHII under heavier
precipitation cases of 3 h < CPHD≤ 6 h and CPHD>6 h has a different monthly variation. Dry seasons including winter and
autumn often have higher values of UHII, but Fig. 8 shows that sometimes the UHII in wet or windy season can also reach a relatively

Table 2
Seasonal mean frequency of CPHD in four different precipitation duration ranges over the urban areas of Beijing.

Unit (times) CPHD=0 h 0 h < CPHD≤ 3 h 3 h < CPHD≤ 6 h CPHD>6 h

Spring 79.20 8.49 2.28 2.03
Summer 62.32 18.09 6.13 3.69
Autumn 74.86 7.26 2.85 4.28
Winter 85.29 2.03 0.54 0.62

P. Yang, et al. Urban Climate 28 (2019) 100463

7



116.2E 116.4E 116.6E

39.8N

39.9N

40.0N

40.1N

-0.4

0

0.4

0.8

1.2

1.6

2

° C

116.2E 116.4E 116.6E

39.8N

39.9N

40.0N

40.1N

-0.4

0

0.4

0.8

1.2

1.6

2

° C

116.2E 116.4E 116.6E

39.8N

39.9N

40.0N

40.1N

-0.4

0

0.4

0.8

1.2

1.6

2

° C

116.2E 116.4E 116.6E

39.8N

39.9N

40.0N

40.1N

-0.4

0

0.4

0.8

1.2

1.6

2

° C

Fig. 5. Spatial distributions of UHII under different precipitation duration ranges in Beijing urban area during 2007–2015. (a) CPHD=0 h (b)
0 h < CPHD≤ 3 h (c) 3 h < CPHD≤ 6 h (d) CPHD>6 h.
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higher level. Taking the precipitation duration range of CPHD>6 h as an example, the three lowest values of monthly mean UHII
occur in July, March and April, while the UHII in May (0.36 °C) and June (0.31 °C) is not so weak, which even exceeds the monthly
mean value (0.30 °C).

In order to examine their differences during different time scales, the differences of UHII in different time scale between each of
the precipitation duration cases and no-rainy days have been calculated respectively, and they are shown in Figs. 9 and 10.

The lowest UHII difference in precipitation duration case of CPHD>6 h can be found in April, May and June, and that for the
case of 3 h < CPHD≤ 6 h has a similar seasonal variation. For the case of 0 h < CPHD≤ 3 h, however, the low ΔUHII is also found
in November in addition to the similar weak periods as those in the above cases. The values of ΔUHII stay roughly at moderate levels
in wet season from July to October.

In view of the diurnal variations, it is apparent that the patterns of ΔUHII in each rainy cases appears very similar (Fig. 10). The
dual peak of UHII differences between each rainy case and no rainy case is close to sunrise (0600–0700 LST) and sunset (2000 LST).
The minimum of ΔUHII remain stable from 1100 to 1500 LST, the period which has large solar radiation of a day. However, the
differences of ΔUHII among the rainy conditions are significant. The hourly mean ΔUHII with weakest rainy condition (0 h <
CPHD≤ 3 h) have the lowest value in all of the day. The difference of hourly mean ΔUHII between the heavier (3 h < CPHD≤ 6 h)
and the heaviest (CPHD>6 h) cases is not so prominent, however, especially for the sharply increasing and decreasing hours.

4. Discussion

Many studies of urban climatology were conducted for Beijing City, and some basic features of the UHI have been evidenced (Xu
et al., 2006a,b; Liu et al., 2009; Wang et al., 2011; Yang et al., 2013b). In our previous work, we have examined the detailed temporal
and spatial structure of the UHII in Beijing urban areas inside the 6th RR, using the observational hourly data from 2007 to 2010
(Yang et al., 2013c). Due to the restrictions on the length of data, the previous study was concentrated merely on the general
characters of UHII over Beijing urban areas. Five years later, when we do further examination of the UHII in the city in different
conditions of daytime precipitation using an updated dataset, we are able to find a few of additional interesting phenomena.

It is well known that frequencies of the hourly precipitation with different types vary widely in even small urban areas, which are
closely related to the surface energy and water balance. There is no doubt that the occurrence times of no-rainy days are the smallest
in urban center or inside 4th RR. However, the spatial patterns of precipitation are specific for each of the different precipitation
duration conditions. The spatial distribution of precipitation with 0 h < CPHD≤ 3 h is different from that under no-rainy case with
the highest values inside 4th RR. More frequencies of precipitation is not always close to the urban center, however, and this is
especially true for the case of 3 h < CPHD≤ 6 h. It seems that, when we get deep into smaller space-time scale, more complicated
characters have been demonstrated, which may be due to complex structure of underlying surface and the resulting modification of
surface energy balance.

A detailed spatial pattern of UHII under different types of daytime precipitation duration in the urban areas over Beijing has been

Table 3
Means, maximum, minimum and range values of UHII over the urban areas of Beijing in four different precipitation duration ranges (Unit: °C).

Mean Maximum Minimum Range(Max-Min)

CPHD=0 h 1.30 2.25 −0.23 2.48
0 h < CPHD≤ 3 h 0.72 1.43 −0.38 1.81
3 h < CPHD≤ 6 h 0.45 1.17 −0.34 1.51
CPHD>6 h 0.36 0.84 −0.42 1.26

Fig. 6. Diurnal variations of UHIIs in different precipitation duration ranges in Beijing urban area during 2007–2015.
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Fig. 7. Diurnal variations of seasonal mean values of UHII in different precipitation duration ranges in Beijing urban area during 2007–2015. (a)
spring (b) summer (c) autumn (d) winter.
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revealed in this work. This is also the main emphasis of the analysis. It is well known that UHI is closely related to the structure,
coverage, fabric, and metabolism of built-rise area, which leads to the substantial modification of surface energy and water balance
(Oke, 1988). During the daytime, the multi-reflections of sunlight among high-up buildings apparently increase the absorptivity of
heat in urban canopy (Ren, 2015). The reflection of urban canopy decreases, and the absorption of solar short-wave radiation and
trapped heat within the urban surface therefore increase. The heat is released by long-wave radiation into sky in nighttime. The

Fig. 8. Monthly mean value of UHIIs in different precipitation duration ranges in Beijing urban area during 2007–2015.

Fig. 9. Monthly variations of UHII difference between each of the precipitation duration ranges and no rainy day.

Fig. 10. Diurnal variations of UHII difference between each of the precipitation duration ranges and no rainy day.
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increasing (decreasing) sensible (latent) heat flux due to the decreased soil moisture and vegetation cover is another important
feature of surface energy and water balance in urban areas. Previous observations also revealed that there is difference of solar
radiation and surface energy balance between city and its suburban counties (Chow and Shao, 1987).

Because of the importance of daytime solar radiation in formation and development of the UHI, we restrict the precipitation span
between sunrise (0400 LST) and sunset (2000 LST), corresponding to the longest daytime on the Summer Solstice. In case of daytime
precipitation, the direct solar radiation reaching at the surface is reduced to nil due to the influence of cloudiness. It is thus helpful to
further recognize the contribution of direct solar radiation change to the UHI effect by examining the UHII under different durations
of daytime precipitation. In daytime, when the precipitation is infrequent, the high UHII center of urban areas can still be found
easily. That may be because, under weak rainy condition, the cloudiness and weather condition are not changed significantly, and the
UHII is not much different from that of no-rainy condition. The heat absorbed and stored at the urban surfaces in daytime is not
decreased evidently. On the contrary, under the long continuous rainy conditions, heat absorbed and stored at urban surfaces may be
reduced largely owing to the lack of incoming short wave radiation, as well as the evaporation of the captured rain water at concrete
surfaces. Moreover, because of the relatively high cloudiness and humidity in rainy cases, nocturnal long-wave radiative cooling is
also limited. The abundant soil moisture in rural areas generally enables the rural thermal admittance to increase. Hence, the
difference in thermal admittance between urban and rural areas is decreased under apparently rainy conditions, leading to a weaker
UHII in the urban areas. The heavier of the rainy degree is, the more apparent the difference between rainy and no rainy cases is.

Some of previous studies on UHI and precipitation were focused on the UHI impact on precipitation event (e.g. Changnon et al.,
1991; Aws et al., 2017; Yang et al., 2017c), and fewer works were turned to the opposite or the impact of precipitation on UHI. One
analysis has concluded that the UHII of Beijing City reduced with an increase in precipitation levels (Liu, 2014). Although the
conclusion is consistent with that reported in this paper, it was drawn based on of the limited data collected from only one station of
Beijing with hourly data in only one year of 2012, and obviously needed a confirmation from a more sophisticated investigation. Our
results indicated that varied precipitation durations of daytime can reduce the intensity of UHI in different extents, and this impact is
more significant during nighttime. At night, the longwave radiation from the ground surface and high-rise building walls, which has
been absorbed and stored in these materials during fine daytime, is emitted upward and absorbed by the near-surface atmosphere,
increasing the surface air temperature and the UHII in the urban areas. If the daytime precipitation occurs continuously or frequently,
the heat received and stored in the surface materials and the emission of the longwave radiation during nighttime will decreased
apparently, leading to reduced surface air temperature and the UHII in the urban areas. This indicates that the solar radiation
received at the urban canopy layer during daytime might have played a dominant role in the formation and variations of the UHI in
Beijing City for each of the seasons.

It is found, however, that the frequency of long-duration precipitation events in winter is small. The insufficient samples may
bring to some uncertainties especially for winter. The UHII spatial and temporal patterns in precipitation case with CPHD>6 h
obviously need further investigation. It is also noted that the longer period of the high-density observations, in combination with the
usage of other observational data like cloudiness retrieved from satellites or radars, would greatly strengthen reliability of the
analysis results.

5. Conclusions

In this study, the impacts of urban daytime precipitation on UHII are examined by using an hourly observational data from a high-
density Automatic Weather Station (AWS) network in Beijing. The following conclusions are drawn from the analysis:

(1) The detailed spatial distribution of precipitation over Beijing urban areas show that the short duration precipitation events
(0 h < CPHD≤ 3 h) and long duration precipitation events (CPHD>6 h) both tend to more frequently occur over the urban
center of Beijing City.

(2) The spatial differences of UHII under different precipitation duration ranges are closely related to the length of CPHD during
daytime. The longer the CPHD is, the less obvious the regional differences of UHII are and the smaller the UHII in the urban areas
is.

(3) When continuous precipitation dominates the daytime, the diurnal variation pattern of UHII will be changed greatly. The stable
strong and weak stages of UHII under no-rainy condition will be not so apparent when the CPHD is larger than 0 h and<6 h, and
they will disappear completely when the CPHD surpasses 6 h.

(4) For different types of daytime precipitation duration, the seasonal cycles of differences between each of the precipitation duration
ranges and no rainy case is not similar. In the cased of 3 h < CPHD≤ 6 h and CPHD>6 h, the lowest UHII difference can be
found in April, May and June; In the cases of 0 h < CPHD≤ 3 h, the low ΔUHII also occurs in November in addition to the same
low-value months as those in other rainy conditions.

(5) The diurnal variations of the differences between each of the rainy conditions and no-rainy case appeared very similar. All of
them had a dual peaks close to sunrise (0600–0700 LST) and sunset (2000 LST), while the minimum value remains stable from
1100 to 1500 LST. For the sharply increasing and decreasing hours, the differences of the hourly mean ΔUHII between the longer
(3 h < CPHD≤ 6 h) and the longest (CPHD>6 h) cases is very small.
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摘  要  本文利用国家气候中心的 1961～2016 年华北雨季监测资料、美国国家环境预报中心/大气研究中心

（NCEP/NCAR）的大气再分析资料、NOAA 海表温度资料，分析了华北雨季开始早晚的气候特征，然后利用合

成分析、回归分析等方法，研究了华北雨季开始早晚与大气环流系统和关键区域海表温度的关系。结果表明，56 a

来华北雨季开始最早在 7 月 6 日，最晚在 8 月 10 日，1961～2016 年华北雨季开始平均日期是 7 月 18 日。华北雨

季开始时间具有显著的年际变化，但雨季发生早晚的长期变化趋势不太明显。华北雨季开始早晚与西太平洋副热

带高压（简称副高）、东亚副热带西风急流、东亚夏季风等环流系统的活动关系密切，当对流层高层副热带西风

急流建立偏早偏强，中层西太平洋副高第二次北跳偏早，低层东亚夏季风北进提前时，华北雨季开始偏早，反之

华北雨季开始偏晚。华北雨季开始早晚与春、夏季热带印度洋、赤道中东太平洋海表温度关系显著且稳定，当

Niño3.4 指数和热带印度洋全区海表温度一致模态（IOBW）为正值时，贝加尔湖大陆高压偏强，副高偏强偏南，

东亚夏季风偏弱，导致华北雨季开始偏晚；当海表温度指数为负值时，则华北雨季开始偏早。 

关键词  华北雨季开始  大气环流  赤道东太平洋  印度洋海表温度 
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August 10. The OSDRS_NC shows significant inter-annual variation, and its long-term variation trend is not obvious. 
The OSDRS_NC is closely linked to the activities of the western Pacific subtropical high (WPSH), the East Asian 
westerly jet stream (EAWJS) and the East Asian summer monsoon (EASM). When the establishment of the EAWJS, the 
second northward jump of the WPSH, and the northward movement of the EASM are earlier than normal, the 
OSDRS_NC is earlier than normal, and vice versa. The relationship between the OSDRS_NC and the SST over the 
Tropical Indian Ocean and the equatorial central and eastern Pacific is significant and stable in the spring and summer. 
When the Niño3.4 index and the Indian Ocean Basin-wide Warming (IOBW) display positive (negative) anomalies, the 
WPSH enhances (weakens) and shifts to the south, the Lake Baikal high enhances (weakens) and the EASM weakens 
(enhances). These anomalies lead to late (early) onset of the rainy season in North China. 
Keywords  Rainy season onset in North China, Atmospheric circulation, Equatorial East Pacific SST, Indian Ocean SST 

 

1 引言 
华北雨季指的是每年 7 月中下旬至 8 月中上旬

在中国华北地区出现的以持续多雨为主要特征的

气候现象，雨季的长短和雨量多寡，都与夏季风雨

带的进退、移动和停滞有关（竺可桢，1934；赵汉

光，1994；施能等，1996；张庆云等，2003），雨

季平均降水量一般达到夏季总降水量的 50%（赵振

国，1999）。华北雨季是东亚夏季风季节性北推过

程中的重要阶段，这一时期中国东部雨带主要徘徊

在淮河以北，并往往伴随着持续性暴雨、洪涝灾害

的发生，给国家和人民的生命财产等带来巨大损

失。因此，揭示华北雨季的变化规律及其异常成因，

具有重要的科学意义，对防灾、减灾也具有十分重

要的指导意义。 
过去几十年，国内外气象学者对华北地区的天

气和气候开展了大量的研究。但这些研究多数是针

对华北夏季的旱涝，而对华北雨季的研究较少。例

如张庆云（1999）通过分析 1880 年以来华北地区的

降水变化，发现 1883～1997 年华北地区降水存在丰

沛或偏少的年代际变化。张利平等（2008）分析发

现，华北地区降水存在明显的季节变化、准 2 a 震荡

和准 19 a 周期变化特征，且具有明显的阶段性。郭

彦和李建平（2012）研究指出华北汛期（7～8 月）

降水具有年际变率和年代际变率，并以华北汛期降

水为例，利用分离时间尺度的统计降尺度模型开展

了预测研究。丁一汇和刘芸芸（2008）提到与华北

雨季相关的两个系统是印度夏季风系统和西北太平

洋夏季风系统，印度夏季风强（弱）时，华北地区

容易出现降水偏多（少）的天气，华北地区降水偏

多（少）时，印度夏季风偏强（弱）的机率却低一

些。华北地区降水还间接受到热带太平洋海表温度、

印度洋海表温度、北大西洋海表温度、南海海表温

度等因素的影响。吴志伟等（2006）发现华北雨季

降水年代际变化显著，与西太平洋暖池、大西洋西

部和北太平洋的海表温度有着显著的相关关系。陈

文等（2006）研究发现，我国华北地区的降水异常

跟热带中、东太平洋海表温度变化显著相关，并且

从比较长的时间尺度来看，华北地区的降水从 1965
年左右开始减少，特别是大约 1976 年后有显著的减

少，而与这种异常现象显著关联的海表温度异常关

键区包括太平洋、印度洋以及热带和南大西洋。 
此外，张天宇等（2007）研究了华北雨季降水

集中度和集中期的时空变化特征，发现华北东部地

区的降水较西部更为集中，且华北地区雨季集中期

和雨季降水量与东亚夏季风具有较好的正相关关

系，华北北部地区为集中期与东亚夏季风的显著相

关区。闵锦忠等（2016）指出在华北雨季开始前后，

最显著的变化特征是蒙古低压的建立和西伯利亚

地区、菲律宾海环流的变化。近来，赵树云等（2017）
利用国家气候中心发布的华北雨季新监测标准，分

析了 ENSO 位相转换对华北雨季降水的影响，发现

华北雨季降水异常偏多年通常发生在 El Niño 结束

且当年转为 La Niña 的年份，而华北雨季降水异常

偏少年通常发生在赤道中东太平洋冷水位相结束

且当年发展成 El Niño 事件的年份。 
综上可见，大气环流的变化和海表温度异常对

华北地区降水有重要影响，以往大部分关于华北降

水的研究主要是聚焦到华北夏季降水的年际、年代

际变化及其影响系统，而对于华北雨季开始早晚的

研究极少。由于华北夏季降水主要集中在华北雨

季，而雨季开始早晚年际差异较大，会给防汛和抗

旱工作带来较大的影响。雨季开始早晚的年际变

化，对华北雨季降水量也有一定影响，那么雨季开

始早晚与大气环流的是否密切相关？与海表温度

异常是否存在显著关系？是否与华北地区旱涝变
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化，华北暴雨的发生频率有关？这都是需要进一步

研究的科学问题。总之，对华北雨季开始早晚进行

深入研究，有很大的科学价值。同时国家气候中心

2014 年发布了新的华北雨季开始日期的监测业务

规定，那么在新的雨季开始划分标准下，雨季开始

早晚的异常与环流、海表温度的关系如何？基于

此，本文利用 1961～2016 年华北雨季检测资料，

重点分析了近 56 a 来华北雨季的气候变化特征，及

影响华北雨季开始早晚的关键环流系统，以及关键

海表温度因子与华北雨季开始早晚的关系，以期对

华北雨季预测提供科学依据。 

2 资料和方法 
所用资料包括：美国国家环境预报中心和国家

大气研究中心（NCEP/NCAR）发布的全球日和月

平均高度场（H）、风场（U、V 分量）再分析资料，

水平空间分辨率为 2.5°×2.5°，垂直方向从 1000～
10 hPa 共 17 层等压面（Kalnay et al., 1996）；美国

国家海洋和大气管理局（NOAA）的全球 2°×2°
月平均海表温度重建资料（Reynolds et al.，2002），
中国气象局国家气候中心（NCC）提供的 Niño1.2、
Niño3.4、印度洋全区海表温度一致模态（IOBW）

指数，时段均为 1961 年 1 月至 2016 年 12 月。 
华北雨季是按照国家气候中心监测指标来确

定，华北雨季监测区主要包括北京、天津、河北（京

津冀）、山西、内蒙古共 236 站（图 1）。确定区域

雨季开始、结束和长度的主要依据是区域内各监测

站的降水条件，华北雨季典型环流形势等为辅助条

件，具体方法如下： 
（1）单站雨季开始日期：自 7 月初开始，若监

测区内某站任意连续 5 天累计降水量≥35（25）毫

米，并且 5 天内至少出现一次日降水量≥10 毫米的

雨日，则将首个≥10 毫米的雨日定义为该站雨季开

始日期。 
（2）单站雨季结束日期：雨季开始后，若监测

区内某站截止某日时，向前连续 10 天中逐日 5 天

滑动累计降水量≤35（25）毫米，则将此日定为雨

季结束日期。 
（3）区域雨季起讫日期：某区域内，截止某日

雨季已开始（结束）的累计站点比率（即累计达标

站点数与区域总站数的比率）达到相应开始（结束）

的比率阈值时（累计站点比率见表 1），则将该日确

定为该区域雨季的开始（结束）日期。 

表 1  区域雨季开始（结束）累计站点比率 
Table 1  The cumulative regional site ratio on rainy season 
beginning (end) date 

累计站点比率  

京津冀 山 西 内蒙古 

开始 70% 60% 60% 
结束 60% 60% 50% 

（4）华北雨季起讫日期：以京津冀、山西、内

蒙古三个区域中，最早进入雨季区域的日期作为华

北雨季的开始日期；上述三个区域中，最晚结束雨

季区域的日期作为华北雨季的结束日期。 
关于华北雨季开始、结束和雨量的其他业务规

范请参考中国气象局预报与网络司 2014 年发布的

《华北雨季监测业务规定》
①
，这里不再赘述。 

3  华北雨季开始早晚气候特征 
图2为1961～2016年华北雨季开始日期（Onset 

data of the rainy season in North China，简称

OSDRS_NC）距平的年际变化、线性趋势以及 9 a
滑动平均。由图 2 可见，OSDRS_NC 存在明显的年

际变化，表 2 为 1961～2016 年的华北雨季开始日

期，也体现了华北雨季近 56 a 以来的年际特征，

1961～2016 年华北雨季开始时间集中在 7、8 月，

其中从 7 月中下旬开始的有 54 a，其次是 8 月上旬

（2 a），开始最早的有 5 a，发生在 7 月 6 日（1963、
1964、1973、1977、1981、1988、1994、1999 和

2000 年），开始最晚的只有一年，发生在 8 月 10 日

（1980 年），最早与最晚相差 35 天。1961～2017
年华北雨季开始平均日期是 7 月 18 日，标准差为 8
天。为研究华北雨季开始早晚的影响系统，采用雨

季开始偏早和偏晚 10 天及以上的标准来划分华北

雨季开始异常偏早晚年，得到偏早年共 12 年（1962、
1963、1964、1973、1977、1981、1988、1994、1999、
2000、2012、2013 年），偏晚年共 8 年（ 1965、1980、
1983、1987、2002、2007、2010、2014 年）。对这

20 个异常年进行合成典型场分析，研究影响华北雨

季开始偏早晚异常的环流系统。 
从图 2 OSDRS_NC 的 9 a 平滑曲线看出其存在

显著的年代际变化：20 世纪 60 年代一直到 80 年代 

 

① 中国气象局预报与网络司. 2014. 关于印发《华北雨季监测业务规定》的通知, 气预函 (2014)117 号 [R]. 
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初，偏早偏晚变化不明显，在正常附近波动，从 80
年代中期一直到 90 年代以偏早为主，从 21 世纪初

以来以偏晚为主。对 1961～2016 年 OSDRS_NC 进

行小波功率谱分析表明（图略），近 56 a 来

OSDRS_NC 存在显著的 4 年周期。线性趋势直线说

明近 56 a 来 OSDRS_NC 呈现不太明显的偏晚的长

期变化趋势。 

4  影响华北雨季开始早晚与环流系统
的关系 
华北雨季受东亚夏季风环流系统向北推进的

影响，首先从环流形势的角度出发，分析

OSDRS_NC 与高层到低层大气环流系统的关系。图

3给出了OSDRS_NC与 7月对流层各层大气环流场

的相关系数分布。由 OSDRS_NC 与高层（200 hPa）
纬向风场（U）的相关分布（图 3a）可见，华北北

部至东北呈显著的负相关，长江至日本一带呈显著

的正相关。7 月东亚副热带西风急流（西风急流）

主体基本在 40°N 及其以北地区。图 4 给出了华北

雨季开始偏早年和偏晚年东亚（110°～140°E 平均）

上空 200 hPa 纬向风的时间—纬度剖面图。偏早年 

图 2  1961～2016 年华北雨季开始日期（OSDRS_NC）距平序列图，直线表示线性趋势，曲线表示 9 a 滑动平均 

Fig. 2  Anomaly sequence chart of onset dates of the rainy season in North China (OSDRS_NC) from 1961 to 2016, where the straight line represents the linear 

trend and the curve represents the 9-year running average 

图 3  1961～2016 年华北雨季开始时间与 7 月各层环流场的相关分布：（a）200 hPa 纬向风场；（b）500 hPa 高度场；（c）850 hPa 经向风场。浅、深阴

影区分别表示置信水平达到 95%和 99% 

Fig. 3  Correlation maps between OSDRS_NC and (a) 200 hPa zonal wind, (b) 500 hPa geopotential height, (c) 850 hPa meridional wind during 1961–2016. 

The light and dark shadings indicate values at the 95% and 99% confidence levels, respectively 

 

图 1  华北雨季监测站点空间分布示意图（紫点为北京监测区站点，蓝

点为天津监测区站点，红点为河北监测区站点，黄点为山西监测区站点，

绿点为内蒙古监测区站点） 

Fig. 1  Schematic diagram of the division of the monitoring area and spatial 

distribution of the rainy season monitoring stations in North China ( purple 

spots are stations in Beijing, blue spots are stations in Tianjin, red spots are 

stations in Hebei, yellow spots are stations in Shanxi, green spots are stations 

in Inner Mongolia ) 
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图 4  华北雨季开始偏早年（左列）和偏晚年（右列）各层环流场的时间—纬度剖面：（a、b）东亚 110°～140°E 平均的 200 hPa 纬向风（单位：m s−1）；

(c、d) 东亚 110°～140°E 平均的 500 hPa 高度场（单位：gpm）；(e、f) 沿 110°～122.5°E 平均的 850 hPa 经向风场（单位：m s−1）。虚线表示气候平

均副高脊线，实线表示异常年平均副高脊线 

Fig. 4  Time–latitude cross sections of (a, b) zonal wind (units: m s−1) at 200 hPa and (c, d) geopotential height (units: gpm) at 500 hPa averaged over 

110°–140°E. (e, f) Time–latitude cross sections of meridional wind at 850 hPa (units: m s−1) averaged over 110°–122.5°E. (a, c, e) are for early OSDRS_NC 

years, (b, d, f) are for late OSDRS_NC years. The dotted line represents the climatological mean subtropical high ridge line, and the solid line represents the 

mean subtropical high ridge line in anomalous years 
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（图 4a），在 6 月下旬至 8 月中旬，40°N 以北为正

距平，以南为负距平，表明西风急流北跳偏早；而

在偏晚年（图 4b），在 6 月下旬至 7 月中旬，40°N
以北为负距平，以南为正距平，7 月下旬 40°N 以北

转为正距平，表明西风急流北跳偏晚。图 5a 对比

了 1961～2016 年西风急流位置变化与华北雨季开

始早晚的年际变化，其中西风急流位置指数为 200 
hPa 的 U 风场所在区域内最大风速所在纬度的区域

平均（卫玮和黄卓禹，2012）。两者的相关系数为

－0.33，置信水平达到 95％，从图中可以看出西风

急流位置变化与华北雨季开始早晚基本一致，当西

风急流位置偏北，距平值为正时，56 a 华北雨季开

始时间基本偏早，距平值负，这种同步在 20 世纪

90 年代之后更加明显，即 6 月下旬至 7 月西风急流

偏北（南），有利于华北雨季开始偏早（晚）。 
西太平洋副热带高压（简称副高）的南北移动

可以直接影响华北雨季的开始早晚和雨季长度（张

庆云和陶诗言，2000；赵俊虎等，2012，2014；Ye 
et al, 2014, 2015）。图 3b 给出了 OSDRS_NC 与 7 月

500 hPa 高度场的相关系数分布图。雨季开始与 7
月 500 hPa 高度场在副热带地区呈显著正相关，与

东北地区高度场呈显著负相关，表明副高偏强偏

北、东北冷涡活跃时，华北雨季开始偏早，反之则

偏晚。图 5b 进一步给出了 1961～2016 年华北雨季

开始早晚与副热带高压第二次北跳（候）时间的年

际变化，两者相关系数为 0.36，置信水平达到 99％，

可清楚地看到，两者变化是基本一致的，当副高第

二次北跳偏晚，距平值为正时，对应华北雨季开始

偏晚，距平值为正，尤其是到 20 世纪 90 年代以来，

变化更加同步。表 2 给出了 1961～2016 年副热带

高压第 2 次北跳时间，对比华北雨季开始日期，进

一步验证了两者的显著关系。图 4c、d 对比了 500 
hPa 高度场（110°～140°E 平均）偏早年和偏晚年的

时间－纬度剖面图。偏早年（图 4c），副高脊线在

6 月末有一次明显的北跳，7 月初脊线达到 27°N 以

北，并一直较气候平均偏北，而偏晚年（图 4d）基

本与偏早年相反，副高脊线一直较气候平均偏南，

在 7 月下旬才达到 27°N。由此可见，华北雨季开始

偏早晚与副高的北跳早晚有关，副高北跳偏早（晚）

有利于华北雨季开始偏早（晚）。 
低层环流系统可以直接反应越赤道气流、东亚

夏季风爆发早晚及其强弱、及水汽的辐合辐散等。

图 3c 是 OSDRS_NC 与 7 月 850 hPa V 风场的相关

系数分布。由图可见，雨季开始日期与长江至华北

地区的 V 风场呈显著的负相关，表明 7 月东亚季风

偏强时，有利于水汽向北方输送，进而有利于华北 

表 2  1961～2016 年华北雨季开始时间（日）与西太平洋副热带高压（简称副高）第二次北跳时间（候） 
Table 2  Onset dates of the rainy season in North China and the time (pentad) of second northward jump of the WPSH 
(western Pacific subtropical high)  from 1961 to 2016 

 
年份 

华北雨季 
开始日期 

副高第二 
次北跳 

 
年份 

华北雨季 
开始日期 

副高第二 
次北跳 

 
年份 

华北雨季 
开始日期 

副高第二 
次北跳 

1961 7 月 18 日 6 月第 5 候 1980 8 月 10 日 9 月第 2 候 1999 7 月 6 日 7 月第 5 候 
1962 7 月 8 日 7 月第 5 候 1981 7 月 6 日 7 月第 2 候 2000 7 月 6 日 7 月第 4 候 

1963 7 月 6 日 7 月第 3 候 1982 7 月 25 日 7 月第 6 候 2001 7 月 24 日 7 月第 1 候 
1964 7 月 6 日 7 月第 4 候 1983 7 月 30 日 8 月第 1 候 2002 7 月 30 日 7 月第 5 候 

1965 7 月 31 日 8 月第 3 候 1984 7 月 11 日 6 月第 5 候 2003 7 月 23 日 8 月第 4 候 
1966 7 月 15 日 7 月第 3 候 1985 7 月 11 日 7 月第 5 候 2004 7 月 18 日 7 月第 4 候 
1967 7 月 17 日 7 月第 4 候 1986 7 月 20 日 8 月第 6 候 2005 7 月 23 日 8 月第 2 候 
1968 7 月 23 日 8 月第 2 候 1987 8 月 3 日 8 月第 2 候 2006 7 月 23 日 7 月第 6 候 
1969 7 月 20 日 7 月第 4 候 1988 7 月 6 日 7 月第 6 候 2007 7 月 29 日 7 月第 6 候 
1970 7 月 21 日 7 月第 5 候 1989 7 月 16 日 7 月第 3 候 2008 7 月 15 日 7 月第 5 候 
1971 7 月 18 日 7 月第 1 候 1990 7 月 19 日 7 月第 4 候 2009 7 月 17 日 7 月第 2 候 
1972 7 月 19 日 7 月第 2 候 1991 7 月 17 日 7 月第 4 候 2010 7 月 31 日 7 月第 4 候 

1973 7 月 6 日 7 月第 2 候 1992 7 月 23 日 7 月第 5 候 2011 7 月 24 日 8 月第 4 候 
1974 7 月 16 日 7 月第 5 候 1993 7 月 9 日 8 月第 5 候 2012 7 月 9 日 7 月第 4 候 
1975 7 月 21 日 7 月第 1 候 1994 7 月 6 日 7 月第 1 候 2013 7 月 9 日 7 月第 2 候 
1976 7 月 18 日 7 月第 4 候 1995 7 月 14 日 7 月第 5 候 2014 7 月 31 日 7 月第 4 候 
1977 7 月 6 日 7 月第 4 候 1996 7 月 9 日 7 月第 4 候 2015 7 月 23 日 7 月第 6 候 

1978 7 月 19 日 7 月第 2 候 1997 7 月 19 日 8 月第 4 候 2016 7 月 18 日 7 月第 6 候 
1979 7 月 21 日 7 月第 5 候 1998 7 月 12 日 9 月第 3 候    
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降水。图 5 给出了 1961～2016 年 7 月东亚夏季风

强度指数与华北雨季开始早晚的年际变化，其中东

亚夏季风指数使用王会军定义（Wang, 2002），根据

图 3b 的相关显著区域，选取（30°～50°N，110°～
125°E）为异常风速平均区域，两者相关系数－0.31，
置信水平达到 95％，两者变化基本一致，当夏季风

偏强时，华北雨季开始偏早，在 20 世纪 90 年代以

后这种同步变化更加明显。图 4e、f 对比了华北雨

季开始偏早、晚异常年 850 hPa V 风场的时间—纬

度剖面图。偏早年，6 月下旬至 7 月下旬，中国东

部地区从南至北（25°～50°N）多为南风距平，说

明夏季风爆发偏早、偏强，有利于水汽向华北地区

输送，有利于华北雨季开始偏早。偏晚年则正好相

反，中国东部呈北风距平，表明东亚夏季风爆发偏

晚、偏弱，不利于水汽向华北地区输送，导致华北

雨季开始偏晚。 
综上可见，华北雨季开始早晚是东亚大气环流

系统从南向北推进快慢的结果，具体而言，从对流

层高层到低层，与 6 月下旬至 7 月上旬，西风急流

北跳偏早、副高第二次北跳偏早和东亚夏季风向北

推进的较快，有利于华北雨季开始偏早，偏晚年则

相反，而且这种环流配置建立早晚、强度与华北雨

季开始早晚的异常在 20 世纪 90 年代后同步变化明

显增加。 

5  华北雨季开始早晚与前期至同期
海表温度（SST）的关系 
ENSO 对中国降水有重大影响，是导致亚洲季

图 5  1961～2016 年华北雨季开始时间与（a）副热带西风急流位置（纬度）、（b）副高第二次北跳时间（候）、（c）东亚夏季风强度指数距平的年际变化

Fig. 5  Interannual variability of the onset date of the rainy-season in North China and that of (a) the latitude of the EAWJS (East Asian westerly jet stream), 

(b) the time of the second northward jump of WPSH (the western Pacific subtropical high), and (c) the intensity index of EASM (East Asian summer monsoon) 

from 1961 to 2016 
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风异常和我国旱涝发生的关键因素，郝立生和丁一

汇（2012）指出在 ENSO 事件发展阶段，华北降水

偏少，多干旱。同时印度洋海表温度也在影响华北

地区降水，华北地区夏季降水的减少，是由于热带

印度洋海表温度升高造成的（郝立生，2011），而

且ENSO与中国夏季降水之间的年际变化关系存在

变化，在不同年代背景下，其对中国夏季降水的影

响有不同的表现（宗海锋等，2010），黄荣辉等

（1999）分析华北地区干旱化发现，赤道中、东太

平洋海表温度的升高与降低，对华北地区干旱化趋

势有很大影响。同时也有研究发现，Niño3 区海表

温度与印度季风的关系是变化的（Webster et al., 
1998）。 

分析 1961～2016 年 NCRSSD 与前冬（上一年

12 月至当年 2 月）、春季（3～5 月）和夏季（6～7
月）的 SST 场相关系数分布（图 6），在前冬 SST
相关场上，热带印度洋和赤道东太平洋出现显著正

相关区（图 6a），但显著区域比较小；到 3～5 月，

春季 SST 相关场上（图 6b），热带印度洋显著正相

关区域强度大小基本不变，但赤道中东太平洋显著

正相关区域范围变大，中心最大值达到 99％的置信

水平，在太平洋北部出现了显著负相关区；在夏季

SST 相关场上（图 6c），热带印度洋仍呈显著的正

相关，最大显著区域出现在北印度洋，相关区域较

春季变大，强度变强，中心最大值达到 99％的置信

水平，在印度洋中心区域也出现了一个显著相关

区，中心最大值通过 99％的置信水平，春季出现在

太平洋北部的显著负相关区在夏季消失，太平洋的

显著正相关区域变大，强度增强。表明春季 El Niño
发展，春夏季印度洋偏暖时，华北雨季开始偏晚；

反之则偏早。 
由此可见，与 OSDRS_NC 有关的显著关键海

表温度区域为赤道中东太平洋和热带印度洋。为了

进一步了解赤道太平洋海表温度和印度洋海表温

图 6  1961～2016 年华北雨季开始日期与海表温度的相关系数分布：（a）冬季；（b）春季；（c）6～7 月。浅、深阴影区分别表示置信水平达到

95%和 99% 

Fig. 6  Correlation maps between OSDRS_NC and SST (Sea Surface Temperature) in the (a) winter, (b) spring, and (c) June and July during 1961–2016. The 

light and dark shadings indicate values at the 95% and 99% confidence levels, respectively 
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度异常与 OSDRS_NC 的关系，选取 Niño3.4 指数、

Niño1.2 指数和热带印度洋全区一致海表温度模态

指数（IOBW），分析 SST 逐月指数与华北雨季开

始时间的相关系数变化（图 7）。由图 7 可见，三

个 SST 指数与 OSDRS_NC 一直是正相关，相关系

数从 1 月到 6月逐渐升高，相关显著月份集中在 4～
6 月，达到了 95％的置信水平，其中 Niño1.2 指数

与 OSDRS_NC 相关最大月份为 4 月，Niño3.4 指数、

IOBW 指数与 OSDRS_NC 相关最大月份均为 6 月，

Niño3.4 指数在 6 月的相关系数接近 0.5，达到了

99％的置信水平。 
进一步检验关键区 SST 与 OSDRS_NC 的相关

关系是否发生年代际转变，分别计算三个指数（4
月 Niño1.2 指数、6 月 Niño3.4 指数和 IOBW 指数）

与 OSDRS_NC 的 21 年滑动相关（图 8）。Niño1.2

指数与 OSDRS_NC 的相关系数在 1995 年之前呈显

著的正相关关系，之后相关系数逐步下降；Niño3.4
指数与 OSDRS_NC 的相关系数在 2000 年之前呈显

著的正相关关系，2000 年之后相关系数略有下降；

IOBW 指数与 OSDRS_NC 的相关系数在 1972 年之

前呈负相关，之后转为正相关，且相关关系一直增

强，20 世纪 90 年代之后呈显著的正相关关系。以

上分析说明，6 月 Niño3.4 和 IOBW 对 OSDRS_NC
的影响相对显著和稳定。 

用 6 月的 IOBW 指数和 Niño3.4 指数分别回归

7 月大气环流（图 9）首先，从 IOBW 回归的 7 月

500 hPa 高度场（图 9a）可见，热带至副热带 30°N
以南地区、贝加尔湖及其周边地区为显著的正高度

场，表明副高偏强偏南，大陆高压偏强；从 IOBW
回归的 7 月 850 hPa 经向风场（图 9c）可见，黄淮、

华北、东北地区为显著的北风距平。即 6 月 IOBW
指数为正时，大陆高压偏强，副高偏强偏南，东亚

夏季风偏弱，导致华北雨季开始偏晚。 
从 6 月的 Niño3.4 指数回归的 7 月 500 hPa 高

度场（图 9b）可见，在日本岛东南面的西太平洋为

显著正值区，朝鲜半岛至鄂霍次克海为显著负值

区；在 6 月的 Niño3.4 指数回归的 7 月 850 hPa 风

场上（图 9d），我国华北和东北为负值区。表明当

6 月 Niño3.4 指数为正时，7 月副高偏强、偏南，东

亚夏季风偏弱，导致华北雨季开始偏晚，指数为负

时则相反。 

6  结论与讨论 
华北地处东亚大陆和太平洋交界处，华北雨季

受到热带和副热带多个系统的综合影响，华北雨季

开始偏早晚的成因复杂。本文利用国家气候中心对

1961～2016 年华北雨季开始日期的监测资料、

NCEP/NCAR 再分析资料，NOAA 海表温度资料等，

采用中国气象局对华北雨季监测的业务规定，分析

了 1961~2016 年华北雨季开始早晚的气候特征，以

及影响华北雨季开始偏早晚的关键环流系统和海

表温度异常强迫作用，得到的主要结论如下： 
（1）华北雨季开始时间具有显著的年际变化特

征，雨季开始最早出现在 7 月 6 日（9 a），最晚出

现在 8 月 10 日（1 a），雨季开始集中在 7、8 月，

1961～2016年华北雨季开始时间平均在 7月 18日，

呈现不太明显的偏晚的长期变化趋势。 
（2）华北雨季开始早、晚与副热带西风急流、

图 7  1961～2016 年华北雨季开始日期与关键区域海表温度指数的逐

月相关系数。虚（实）线表示置信水平达到 95%（99%） 

Fig. 7  Correlation coefficients between the OSDRS_NC and monthly SST 

[Niño1.2, Niño3.4, and IOBW (Indian Ocean Basin-wide Warming)] 

indexes from 1961–2016. The dashed and solid lines indicate values at the 

95% and 99% confidence levels, respectively 

图 8  华北雨季开始时间与海表温度指数相关最大月份的 21 年滑动相

关，虚（实）线表示置信水平达到 95%（99%） 

Fig. 8  21-year sliding window correlations between the OSDRS_NC and 

the SST indexes in the months the correlation coefficients are largest. The 

dashed and solid lines indicate values at the 95% and 99% confidence 

levels, respectively 
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副热带高压、和东亚夏季风等各层环流系统的演变

有关，当高层西风急流建立较早，强度较强，中层

副高第二次北跳偏早，低层东亚夏季风向我国北方

推进偏早时，有利于水汽向北输送，导致华北雨季

开始偏早；若上述环流系统演变特征相反，华北雨

季开始将会偏晚； 
（3）华北雨季开始早晚与全球海表温度场存在

两个主要相关区域，即赤道中东太平洋区域和热带

印度洋，春、夏季赤道中东太平洋与华北雨季开始

早晚呈显著的正相关，夏季热带印度洋海表温度与

华北雨季开始早晚呈显著的正相关，且 Niño3.4 指

数和 IOBW指数与华北雨季开始日期的相关系数较

稳定，没发生显著的年代际变化； 
（4）Niño3.4 与 IOBW 与华北雨季相关最大月

份均为 6 月，当 6 月 Niño3.4 和 IOBW 指数为正值

时，7 月副高偏强、偏南，东亚夏季风偏弱，不利

于水汽向华北地区输送，导致华北雨季开始偏晚；

当两个指数为负值时，东亚环流系统则呈相反的特

点，导致华北雨季开始偏早。 
本研究通过观测资料的诊断分析，研究了影响

华北雨季的关键环流系统配置和前期海表温度信

号，还需要通过数值试验进一步阐述相关结论的物

理机制。此外，我们将继续开展华北雨季降水量的

影响系统和预测信号研究，给华北雨季预测提供一

些依据。 
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ABSTRACT This study reveals the spatial and temporal variations of summer extreme heat (EH) distribution in
China under the background of anthropogenic climate change. Using data from 1542 meteorological stations in
China during the 1961–2018 period, both the interannual and interdecadal variations of the frequency and inten-
sity of EH are analyzed. Variations in the temporal and spatial distribution of EH in summer, which is categorized
into early summer and midsummer, are determined through empirical orthogonal function (EOF) analysis. The
results show that summer EH in China has the following characteristics in terms of time of occurrence and vari-
ation of spatial distribution on both intraseasonal and interdecadal time scales. Since 2000, the range and intensity
of EH has increased in May, especially during the 2010s with an obvious early onset. The spatial distribution of EH
in summer features an intraseasonal variation. In the Huanghuai region, EHmainly occurs in early summer (June),
while in the Jiangnan and Jianghuai regions it occurs in midsummer (July–August). Since 2010, the frequency and
intensity of EH has decreased in early summer but increased in conventional summer (June–August) with signifi-
cant intraseasonal variation. The variation trend of the frequency and intensity of EH in North China, Huanghuai
region, and Jianghuai region in both early summer and midsummer are consistent with the trend across the entire
country, indicating that these regions are positive contributors to EH variation throughout the country.

RÉSUMÉ [Traduit par la rédaction] Cette étude révèle les variations spatiales et temporelles de la répartition de
la chaleur extrême estivale en Chine dans le contexte des changements climatiques anthropiques. Nous analysons
les variations interannuelles et interdécennales de la fréquence et de l’intensité des canicules estivales à l’aide de
données relevées en Chine entre 1961 et 2018, et issues de 1542 stations météorologiques. Nous déterminons la
variation des répartitions temporelle et spatiale des chaleurs extrêmes estivales, selon qu’elles sont hâtives ou
tardives, au moyen de fonctions orthogonales empiriques (FOE). Les résultats montrent qu’en Chine les canicules
estivales présentent les caractéristiques suivantes selon la période d’occurrence et la variation de la répartition
spatiale aux échelles intrasaisonnières et interdécennales. Depuis 2000, l’étendue et l’intensité des chaleurs
extrêmes ont augmenté en mai, surtout au cours des années 2010, qui montrent un début hâtif évident. La réparti-
tion spatiale des canicules estivales présente une variation intrasaisonnière. Dans la région de Huanghuai, les cha-
leurs extrêmes se produisent principalement au début de l’été (juin), tandis que dans les régions du Jiangnan et du
Jianghuai, elles surviennent au milieu de l’été (juillet-août). Depuis 2010, la fréquence et l’intensité des canicules
ont diminué au début de l’été, mais ont augmenté en plein été (juin à août) et montrent des variations intrasaison-
nières importantes. La tendance de la variation de la fréquence et de l’intensité des chaleurs extrêmes dans le nord
de la Chine, la région de Huanghuai et la région du Jianghuai au début et au milieu de l’été correspond à la ten-
dance dans tout le pays, et indique que ces régions contribuent de façon positive à la variation des chaleurs
extrêmes partout au pays.

KEYWORDS extreme heat; temporal and spatial variation; early summer and midsummer; interdecadal variation;
climate change and China
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1 Introduction

Against the backdrop of anthropogenic climate change, the
frequency, intensity, and range of extreme heat (EH) events
on a global scale show a robust increasing trend (Fischer &
Knutti, 2015; Karmalkar & Bradley, 2017; King, Karoly, &
Henley, 2017; Luterbacher, Dietrich, Xoplaki, Grosjean, &
Wanner, 2004; Vincent & Mekis, 2006). According to the
special report on climate change from the Intergovernmental
Panel on Climate Change (Allen, Dube, Solecki, & Aragón-
Durand, 2018), as of 2017, human activities have led to an
increase of 1.0°C (±0.2°C) in the average global surface temp-
erature relative to pre-industrial levels, which is higher than
the warming of 0.87°C (±0.12°C) from pre-industrial levels
to the 2006–2015 period. Most of the surface warming trend
is larger than the global average. These EH events are
serious threats to the natural environment and development
of human society. For example, both the EH in Europe in
2003 and the EH in Moscow in 2010 caused more than
10,000 deaths and led to serious economic losses (Coumou
& Rahmstorf, 2012; Dole et al., 2011; Luterbacher et al.,
2004). In the United States in 2012 (Ye, Yin, Chen, Zheng,
& Wu, 2013), southern China in 2013, and some parts of
North China and Northeast China in 2018, the number of
EH days and maximum temperatures in summer exceeded
any in the historical record (Peng, Liu, & Sun, 2016). Cur-
rently, about 30% of the world’s population is exposed to
high temperatures for at least 20 days in a year, which
increases the risk of human illness and death (Im, Pal, &
Eltahir, 2017; Mora et al., 2017).
The severe impacts and threats of EH on the economy and

the environment have caused widespread concern in all sectors
of society. Easterling et al. (1997, 2000) and Beniston et al.
(2007) have defined EH events from various perspectives,
such as extreme temperature and the wide range of tempera-
ture anomalies, and have noted that variation of the daily
maximum temperature results in a decrease in the diurnal
temperature range and an increase in the average temperature.
Casati and de Elia (2014) used the non-stationary model for
Generalized Extreme Value distribution to analyze the trend
in extreme temperatures. Since the 1990s, a large number of
researchers have studied the characteristics of the variation
and regional differences in EH in China. Although the fre-
quency and intensity of EH in most parts of China show
staged changes, over the past 50 years the overall trend is
still increasing, with an average annual temperature increase
of 1.1°C. Since the 1990s, the frequency and intensity of
EH events in China have increased significantly (Ding et al.,
2007; Qin, Ding, Su, Wang, & Ren, 2005; Xu, Lu, Mao, &
Chen, 2019; Ye et al., 2013). Feng, Hou, Zhi, Yang, and
Zhang (2012) used non-linear dynamic methods to study
massive and continuous extreme events. They found that the
occurrence of EH events in China is increasing and that the
turning points of the EH events differed between regions.
Tang, Zhai, and Wang (2005) pointed out that from the
1950s to the beginning of the 2000s, the change in annual

average maximum temperature in northern China was signifi-
cantly higher than in the south, and the Jiangnan region was a
cooling zone. Wang, Ren, and Yan (2013) have shown that the
areas with high intensity and frequency of EH events in China
are located mainly in the northwest and southeast regions.
Before the 1990s, the frequency of EH events showed a
decreasing trend, and then significantly increased from the
late 1990s to the 2000s. Shen, You, Wang, and Kong (2018)
analyzed the temporal and spatial variation of EH events and
found that after 1998, high-intensity EH waves appeared fre-
quently in South China. Previous studies selected partial
areas of eastern China, or a single province or city, and repre-
sentative stations to conduct research on EH events in China.
For example, Chen and Lu (2014, 2015) studied EH events in
Northeast and North China and analyzed the EH difference
caused by topography in each sub-area. Yuan, Ding, Gao,
and Li (2018) found that EH events in southern China show
two different spatial distribution patterns in summer: Jianghuai
type and Jiangnan type.

Extreme weather and climate events show significant spatial
and temporal differences (Alexander et al., 2006; Turner &
Gyakum, 2010; Wang, Feng, & Vincent, 2014). Research
has shown the EH variation in various regions of China has
strong interdecadal characteristics, but the selection of study
area and study period has a great influence on the results
(Sun, Wang, & Yuan, 2011). Previous studies of EH events
in China have mainly focused on the spatial and temporal
characteristics of conventional summer (June–August), and
not enough attention has been paid to the intraseasonal charac-
teristics of EH in various regions of China. However, the
northward progress of the summer rain belt in eastern China,
a typical monsoon region, is affected by summer monsoon
activity and, therefore, has obvious periodic characteristics
(Gong, Feng, & Fang, 2015; Hu, Shen, Wang, & Feng,
2016; Lian, Shen, Gao, An, & Tang, 2003). This results in
obvious intraseasonal variation of EH in eastern China
(Zhang, Li, Li, Shang, & Zheng, 2016). In addition, southwest
China, which is affected by the Indian low, shows obvious
seasonal variation of EH (Wang, 1962). Therefore, it is necess-
ary to systematically study the variation of summer EH in
China on both intraseasonal and interdecadal time scales.

In this study, EH days are defined based on the standard of
the National Meteorological Administration to study the vari-
ation of the frequency and intensity of EH in China from May
to September over the past 58 years (Shi, Ding, & Cui, 2009;
Tao & Zhang, 2019). Based on interannual changes, conven-
tional summer (June–August) is divided into two periods,
early summer (June) and midsummer (July–August), to
provide a systematic analysis of the variation of the frequency
and intensity of summer EH in China.

2 Data and methods
a Data
For our study, observed daily surface air temperature data
from 1 January 1951 to 31 August 2018 for 2374 stations
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were provided by the National Weather Information Center of
the China Meteorological Administration. To ensure the com-
pleteness and continuity of the time series, the stations with the
highest temperature (Tmax) missing for more than one day
were excluded. Finally, Tmax data from the May–September
period for 1542 sites from 1961 to 2018 were selected. The
spatial distribution of the 1542 selected stations is shown in
Fig. 1. Station density in the eastern region is high, and
station density in the western region, especially the
Qinghai–Tibet Plateau, is low. Therefore, the following analy-
sis mainly involves areas with high site density.

b Methods
An EH day is an effective indicator of EH events. In general,
when the maximum daily temperature is greater than or equal
to a certain threshold temperature (such as 30°, 32°, or 35°C),
the day is defined as an EH day. Sherwood and Huber (2010)
showed that humans maintain a core body temperature near
37°C that varies slightly among individuals but does not
adapt to the local climate. It is generally considered that
human skin temperature should be below 35°C. When skin
temperature exceeds this threshold, the human body is uncom-
fortable. The Chinese Meteorological Department also defines
35°C as the EH threshold, and an EH day is determined to
have occurred when the maximum temperature of the day is
greater than or equal to 35°C (Ding, Qian, & Yan, 2010; Shi
et al., 2009; Sun et al., 2011). To further study the differences
in EH distribution in different regions, this fixed threshold is
used to define an EH day in this study. In addition, based on
this definition, this study further defines the intensity of EH
events, which is expressed as the difference between the
highest daily temperature and the EH threshold temperature:
the greater the difference, the stronger the intensity of the
EH event. Using the frequency and intensity of EH, the tem-
poral and spatial variations of summer EH are studied in
different decades. To further determine intraseasonal differ-
ences in EH, which include both interdecadal variations and
variations in the temporal and spatial distribution, empirical
orthogonal function (EOF) analysis of the EH day anomalies
in both early summer and midsummer during the 1961–2018
period was performed for each of the 1542 stations in
China. The climatology used in this study is the 1981–2010
average.

3 Results and analysis
a Temporal and spatial distribution characteristics of the
frequency of extreme high temperatures during various
periods in China
Figure 2 shows the standardized anomalous, linear trend and
the nine-year running mean of the total number of EH days
in China during conventional summer (June–August) and
May–September from 1961 to 2018, all of which show signifi-
cant interdecadal increases except for May and September.
From the late 1960s to the end of the 1990s, negative
anomalies dominated. Since the start of the twenty-first
century, positive anomalies have been observed. Previous
studies have shown that the trend in the frequency of EH in
most parts of northern China from the 1950s to the 1990s is
less obvious than the trend after the 1990s (Chen & Lu,
2014; Ma, Fu, Ren, & Yang, 2003; Ye et al., 2013), and in
most parts of southern China there is no trend or a weakly
decreasing trend before the 1990s (Tang et al., 2005; Wang
et al., 2013). Therefore, to further study the variation of EH
on intraseasonal and interdecadal time scales, a decade-by-
decade statistical analysis of EH is given in the following.

1 MONTHLY CHARACTERISTICS OF EH STATIONS AND EH

DAYS IN VARIOUS DECADES

Figure 3 shows the annual average of stations with a record of
EH (AAN) in each period from May to September from 1961
to 2018 (Fig. 3a) and the annual average of the total number of
EH days (AAD) in each period from May to September from
1961 to 2018 (Fig. 3b). It can be seen that the AAN and AAD
have both intermonthly and interdecadal variations.

In each decade, the trend for AAN per month increased at
first and then decreased, reaching a peak in July in all six
decades. The trend for the AAD per month is very similar to
the trend for the stations. The decadal average of AAN
increases from 31% (May) to 75% (June) compared with the
AAD in July. However, the decadal average of AAD only
increases from 11% (May) to 41% (June) compared with the
AAD in July. The trend for AAN for May to July increases
faster than the trend for the AAD, which means that the
range of EH in June is larger, but the duration is short.

In each month, the variations in AAN and the AAD had an
interdecadal decreasing trend at first followed by an increasing
trend. At the end of the 1960s, the AAN and AAD decreased
gradually in all months. In the 1990s, the weakening trend
slowed and, in some months, began to increase. Since the
start of the twenty-first century, AAN and AAD have
increased in the five months (May–September), and this
increase is more robust. This trend is more pronounced in
July and August and is consistent with the previous con-
clusions of Ding et al. (2007) and Wang et al. (2013).

In May, the highest AAN and the highest AAD, with 418
stations and 1275 days, respectively, occurred in the 2010s.
The AAN increased by 47% compared with the 2000s (284
stations). At the same time, the AAD increased by 77% com-
pared with the 2000s (721 days). The data show that since theFig. 1 Spatial distribution of the 1542 sites in China.
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beginning of the twenty-first century, the range, frequency,
and intensity (not shown) of EH have all increased. In particu-
lar, since the 2010s, the range and intensity have increased sig-
nificantly, which indicates early onset of EH.

In June, the highest AAN (830 stations) and AAD (3868
days) occurred in the 2000s, with an increase of nearly one-
third and two-thirds, respectively, from the 1990s. In the
2010s, the AAN and the AAD decreased by 4% and 10%,

Fig. 2 Standardized anomalies (histogram), linear trend (dashed line), and nine-year running mean (solid line) of the total number of EH days in conventional
summer (June–August) and May–September for 1961–2018. (a) Conventional summer, (b) May, (c) June, (d) July, (e) August, and (f) September. The
linear trends for conventional summer, June, July, and August are statistically significant at the 90% confidence level, but the trends for May and September
are not.

Fig. 3 (a) Annual average of stations with a record of EH (AAN) in each decade from May to September for 1961–2018 in China. (b) Annual average of the total
number of EH days (AAD) in each decade from May to September for 1961–2018 in China.
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respectively. However, in the 2010s, the AAN and the AAD in
conventional summer increased by 3% and 12%, respectively,
compared with the 2000s, indicating that the frequency and
intensity of EH decreased in early summer (June). The
values of frequency and intensity for summer EH tend to be
concentrated in midsummer (July–August) after 2010.
In July and August, both the highest AAN (1012 and 887

stations, respectively) and highest AAD (9250 and 7134 days,
respectively) occurred in the 2010s. Both the increased rates of
the AAN and AAD in July (4% and 14%), compared with the
2000s, are lower than in August (10% and 27%). However, as
of June, both the highest AAN (393 stations) and the highest
AAD (1469 days) in September occurred in the 2000s and
decreased by 15% and 18%, respectively, in the 2010s. The
decrease in September indicates that both the higher values of fre-
quency and intensity of summer EH tend to be concentrated in
midsummer after 2010 and increased faster in August.

2 SPATIAL DISTRIBUTION CHARACTERISTICS OF

EXTREME HIGH TEMPERATURE DAYS IN EACH DECADE

In June, EH days in China are mainly concentrated in the west
of Northwest China, the Huanghuai region (the area between
the lower Yellow River and the Huai River), and the Jiangnan
region (the area between South China and south of the
Yangtze River), while the number of EH days in the Jianghuai
region (the area from north of the Yangtze River to the Huai
River) is small. In eastern China, the frequency of EH
shows a staggered distribution from north to south (Fig. 4).
The number of EH days in June from 1961 to 2018 showed

a decadal decreasing trend at first followed by an increasing

trend. Compared with the 1960s, the number of EH days in
the Huanghuai region decreased significantly in the 1970s
and decreased further in the 1980s, but there was little
change in the 1990s. However, in the west of Northwest
China and south of the Yangtze River, the change in the
number of EH days is not obvious from the 1960s to the
1990s. In the 2000s, the number of EH days in both eastern
China and the west of Northwest China increased signifi-
cantly, especially in the west of Northwest China and the
Huanghuai region. In the 2010s, the number of EH days
decreased slightly in the Huanghuai region but increased in
areas from South China to the Jiangnan region.

In July, the average range of EH days in China increases
(Fig. 5). The EH days are mainly concentrated in the west
of Northwest China and southeastern China. The high-
value area of EH days in the east is located in the south of
Jiangnan region. According to the difference in the number
of EH days between decades (not shown), compared with
the 1960s, the number of EH days in the Huanghuai and
Jiangnan regions decreased significantly in the 1970s and
decreased further in the 1980s. However, in South China
and the west of Northwest China, the change in the
number of EH days is not obvious from the 1960s to the
1980s (Wang et al., 2013; Ye et al., 2013). In the 1990s,
the number of EH days increased significantly north of the
middle and lower Yangtze River, especially in the Huanghuai
and North China regions but decreased slightly in the South
China region. In the 2000s, the number of EH days increased
significantly south of the middle and lower Yangtze River. In
the 2010s, the number and range of EH days in the west of

Fig. 4 Spatial distribution of the annual average of the number of EH days in June in each decade from 1961 to 2018 in China (days per year). (a) 1961–1970, (b)
1971–1980, (c) 1981–1990, (d) 1991–2000, (e) 2001–2010, and (f) 2011–2018.
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Northwest China and the Jianghuai and Huanghuai regions
increased further.
Both the regional and interdecadal variations of the average

number of EH days in August resemble those in July, and the
interdecadal variations of EH in different regions are similar.
However, both the range and number of EH days in August
(Fig. 5) were smaller than those in July, and the spatial distri-
bution of EH days north of the Yangtze River was relatively
stable from the 1980s to the 2000s.
In summary, the main areas where EH occurs in June and

from July to August are located in the west of Northwest
China and Southeast China. In all three months there is an inter-
decadal decreasing trend at first followed by an increasing trend,
which is consistent with the interdecadal trend of the stations
with EH and number of EH days in Fig. 3. However, in
eastern China, there are significant spatial differences in the
number of EH days in June and the period from July to
August. In June, EH occurs mainly in the Huanghuai region
and the area from South China to the Jiangnan region, while
the occurrence of EH in the Jianghuai region is less frequent,
so the spatial distribution of the number of EH days in
eastern China is not continuous. This is mainly because the
Meiyu rains occur in June in the Jianghuai region (Tao, Zhao,
& Chen, 1958). During this period, it is unlikely that an EH
event would occur when there is frequent heavy precipitation.
In the period from July to August, the main rainbelt in
eastern China is pushed north (Gong et al., 2015; Hu et al.,
2016; Lian et al., 2003), and the areas from South China to
the Jianghuai region are affected by the western Pacific subtro-
pical high (Lin, Bi, & He, 2005; Zhang et al., 2005; Zhang et al.,
2016). The western Pacific subtropical high extends westward
and strengthens, resulting in an increase in the number of EH
days in the middle and lower Yangtze region (Peng et al.,
2016) and even in Northeast China (Tao & Zhang, 2019).
The mid-high-latitude circulation system and the activities in
the Pacific Northwest also play an important role in EH in mid-
summer in the Jianghuai region (Yuan et al., 2018).
In addition, from the 1960s to the 1990s, the interdecadal

trends of the spatial distribution of EH events in China in
June and from July to August are almost the same. However,
entering the twenty-first century, the number of EH days in
June increased significantly in the Huanghuai region, while
the significant increase in July and August is located in the
area from South China to the Jiangnan region. In the 2010s,
the number of EH days in the North China, Huanghuai, and
Jianghuai regions decreased in June but increased in the
period from July to August. Furthermore, the variation trends
in the regions of North China, Huanghuai, and Jianghuai in
both early and midsummer are consistent with the trend of
EH days over all China in the 2010s (Fig. 3). This indicates
that these three regions make a positive contribution to the
change in EH throughout the country in the summer. The vari-
ation also reflects the obvious intraseasonal differences in the
spatial distribution of EH in June and from July to August.
The number of EH days in June and from July to August are

significantly different in the interdecadal spatial distribution in

various regions. Therefore, it is not appropriate or accurate to
consider the period from June to August as a whole when
studying EH, as has been done in previous studies.

b Temporal and spatial distribution characteristics of EH
intensity in China
The average EH intensity in China in June has obvious inter-
decadal characteristics (Fig. 6). The area with the highest EH
intensity is mainly concentrated in Northwest China and the
Huanghuai region. The highest intensity is located in the
west of northwestern China. Both the trends of intensity and
range of EH decreased at first and then increased. Compared
with the 1960s, the EH intensity gradually weakened in the
1970s and 1980s and began to increase in the 1990s. In the
2000s, the EH intensity increased significantly, and the
range expanded. In the 2010s, the EH intensity and range
have continued to increase.

The EH intensity in July (Fig. 7) was mainly distributed in
the west of Northwest China. The intensity centres for all
decades are located in the west of Northwest China and
south of the Yangtze River. Compared with the 1960s, the
EH intensity in the 1970s and 1980s continued to weaken
and reached a minimum and remained unchanged in the
1990s. However, compared with the 1960s, the EH intensity
in the west of Northwest China increased in the 1970s, at
the same time the EH intensity decreased in June of the
same decade. Furthermore, during the period from the 1970s
to the 1990s, the EH intensity in northwestern China was
not significant. In the twenty-first century, the EH intensity
increased significantly, especially in northwestern China and
the area from South China to the Jiangnan region. In the
2010s, the EH intensity in the west of Northwest China and
in the Huanghuai and Jiangnan regions experienced a further
increase, and the range of high-intensity areas also increased.
This is consistent with the prediction of Christidis, Stott, and
Brown (2011) that future EH intensity would strengthen.
The spatial distribution of EH intensity in August (Fig. 7)
was similar to that in July, but both the range and intensity
were smaller than in July.

In summary, the EH intensity in China from June to August
is distributed mostly in the northwest and southeast regions,
and the interdecadal trend of EH intensity is similar for all
three months. Moreover, in the same month, the spatial distri-
bution of the EH frequency (Figs 4 and 5) is consistent with
the spatial distribution of EH intensity. These conclusions
are consistent with the findings of Wang et al. (2013) who
found that the highest EH intensity and frequency in China
occur mainly in northwestern and southeastern China.
Owing to factors such as topography and precipitation, the
interdecadal variation of EH in the west of Northwest China
is relatively stable (Sun et al., 2011). In eastern China,
which has a typical monsoon climate, the central values of
EH intensity from June to August resemble the central
values of EH frequency in each month, with large climate
variability (Wang, 2001; Sun et al., 2011). Therefore, based
on the difference in the frequency and intensity of EH,
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this study divided conventional summer into early
summer (June) and midsummer (July–August) for systematic
analysis.

c Temporal and spatial distribution characteristics of
summer EH days in China
The spatial and temporal distributions of EH frequency and
intensity in early summer and midsummer are significantly

different. The results of the EOF analysis of EH day anomalies
in both early summer and midsummer follow.

1 TEMPORAL AND SPATIAL DISTRIBUTION

CHARACTERISTICS OF EH DAYS IN EARLY SUMMER

Figure 8 shows the spatial patterns of the first three leading
EOF modes and the time series of the corresponding principal
components (PC) in early summer (Fig. 8). The first leading

Fig. 5 As in Fig. 4, but for (a) to (f) July and (g) to (l) August. (a) and (g) 1961–1970, (b) and (h) 1971–1980, (c) and (i) 1981–1990, (d) and (j) 1991–2000, (e) and
(k) 2001–2010, and (f) and (l) 2011–2018.
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EOF mode (EOF1) explains about 26.76% of the total var-
iance. The EOF1 of EH day anomalies in early summer
(Fig. 8a) is characterized by warming in the Yellow–Huai
River basin. The warm centre is located in the Huanghuai
region. However, Northeast, Southwest, and South China
(each showing negative in Fig. 8a) experienced cooling.
In early summer, the time coefficient of EOF1 and the nine-

year running mean show significant interdecadal variations
with two interdecadal transitions (Fig. 8b). In the 1960s,
there were more occurrences of EH days, and the first interde-
cadal change occurred in the 1970s. There were fewer occur-
rences of EH days from the 1970s to the late 1990s. At the
beginning of the 2000s, the second interdecadal change
occurred. The amplitude increased, turning from negative to
positive values and reaching a maximum in 2005, and then
decreased.
In Figs 8c and 8d, the second leading mode (EOF2) and the

time series of the corresponding PC are shown, respectively.
The EOF2 features a north–south dipole in EH day anomalies
over eastern China and explains 19.17% of the total variance.
The warm centre is located in southern China. The Huanghuai
region and Northeast China have negative values.
The time coefficient of EOF2 in early summer and the nine-

year running mean show an interdecadal change from negative
to positive. In the 1990s, there was an interdecadal transition,
and the EH days showed a reversal in the spatial distribution
between north of the Yangtze River and south of the
Yangtze River. Since the 2000s, the nine-year running mean
shows an obvious increase, and the number of EH days in
the Jiangnan–South China region has gradually increased.

The third mode (EOF3) is mostly characterized by a north–
south dipole in the EH day anomalies over China, with
warming north of the Yellow River (Fig. 8e); however, it
explains only 6.18% of the total variance. The values in the
Huanghuai and Jiangnan regions are negative, and the centre
of the low values is located in the Huanghuai region. In
early summer, the time coefficient of EOF3 and the nine-
year running mean (Fig. 8f) are basically consistent with the
change in EOF2, but the positive value of the amplitude was
larger than for EOF2 from the late 1990s to 2000s.

In the Jianghuai region in early summer there is no signifi-
cant positive or negative change in the anomaly fields of the
three modes, reflecting the stable temperature change in the
Jianghuai region in early summer.

2 TEMPORAL AND SPATIAL DISTRIBUTION

CHARACTERISTICS OF EH DAYS IN MIDSUMMER

Figure 9 presents the EOF analysis for midsummer. The first
leading EOF mode explains about 38.75% of the total var-
iance. The first leading mode (EOF1) of the EH day anomalies
in midsummer reflects the strength of the EH days over south-
eastern China (Fig. 9a). The warm centre is located mainly in
the area from Jianghuai to Jiangnan. This centre is almost
identical to the maximum centre of the frequency and intensity
distribution of summer heatwaves in China over the past 50
years noted by Ye et al. (2013) and Yuan et al. (2018). Nega-
tive values are mainly located in Northeast and Northwest
China. Compared with EOF1 for early summer, the warm
centre in midsummer moved to the southeast, capturing the
characteristics of the increasing number of EH days after the

Fig. 6 Spatial distribution of EH intensity in June in each decade from 1961 to 2018 in China (°C per year). (a) 1961–1970, (b) 1971–1980, (c) 1981–1990, (d)
1991–2000, (e) 2001–2010, and (f) 2011–2018.
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end of the Meiyu rains in the Jianghuai region. Both the time
coefficient and the nine-year running mean of EOF1 in mid-
summer (Fig. 9b) resemble those in early summer, but the
linear growth trend in midsummer is obvious. Entering the
2010s, the EH day anomalies increase notably.
The second mode (EOF2) is basically characterized by an

inverse variation in temperature between the areas south and
north of the Yangtze River (Fig. 9c) and explains 14.07% of

the total variance. The warm centre is located in South
China, which is basically consistent with the Jiangnan-type
EH proposed by Yuan et al. (2018). The area north of the
Yangtze River has a cold centre. Compared with EOF2 of
early summer, both the positive-value zone and the warmer
centre range are smaller, and the negative zone is farther
south. The time coefficient of the summer EOF2 and the
nine-year running mean (Fig. 9d) have obvious interdecadal

Fig. 7 As in Fig. 6, but for (a) to (f) July and (g) to (l) August. (a) and (g) 1961–1970, (b) and (h) 1971–1980, (c) and (i) 1981–1990 (d) and (j) 1991–2000, (e) and
(k) 2001–2010, and (f) and (l) 2011–2018.
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changes with three interdecadal transitions. The first change
occurred in the late 1970s, and the other two changes occurred
in the early 1990s and the late 1990s. At the beginning of the
2000s, the trend again became positive.
In the third mode (EOF3), the spatial characteristics of the

midsummer EOF3 in the Huanghuai–Jiangnan region (Fig. 9e)
are quite different from those of early summer, but it explains
only 9.02% of the total variance. In midsummer, EOF3 captures
the characteristics that the variation of EH in the Jianghuai region
is similar to that in the Jiangnan region. The time coefficient and
the nine-year running mean of the summer EOF3 (Fig. 9f) are
also similar to those in early summer.

3 CORRELATION ANALYSIS OF EXTREME HEAT IN EARLY

SUMMER AND MIDSUMMER

To analyze the difference in EH days between early summer and
midsummer, the correlation coefficients of the three modal time

coefficients in the anomaly field are calculated (Fig. 10), which
are 0.27, 0.01, and 0.62 for EOF1, EOF2, and EOF3, respect-
ively. The first and second modes are not statistically significant
at the 95% confidence level according to a Student’s t-test, but
the third mode is. When the EOF analysis range is reduced to
southeastern China (20°–42.5°N, 110°–123°E), the correlation
coefficients of the time coefficients of each mode are 0.17,
−0.01, and 0.15, respectively (not shown). None of the three
modes are statistically significant at the 95% confidence level
according to a Student’s t-test. Therefore, the correlation
between early summer and midsummer is not significant, and
there is no direct correlation between the two.

4 Discussion and conclusions

In this study, we selected daily maximum temperature data
from 1542 stations from 1 May 1961 to 30 September 2018

Fig. 8 (a) and (b) EOF1, (c) and (d) EOF2, and (e) and (f) EOF3 of the anomaly of the number of EH days in early summer for the 1961–2018 period in China: (a),
(c), and (e) the spatial patterns of the first three leading EOF modes, respectively; (b), (d), and (f) the standardized time series (histogram), linear trend
(dashed line), and nine-year running mean (solid line), respectively, of the corresponding principal components.
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and focused on the analysis of the highest temperature
data in summer from June to August. The temporal and
spatial variations of EH frequency and intensity are studied
between early summer and midsummer. Our conclusions
follow.

(i) After 2010, EH shows a trend of early onset, and the fre-
quency of EH increases significantly in May. Compared
with the 1970s, there are twice as many sites where EH
events occur earlier after 2010, reaching their highest
value since the 1960s.

Fig. 9 As in Fig. 8, but for midsummer.

Fig. 10 Correlation coefficients between the modal time coefficients of early summer (solid line) and midsummer (dashed line): (a) mode 1, (b) mode 2, and (c)
mode 3.
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(ii) The frequency and intensity of EH in summer display an
increasing trend. The frequency and intensity of EH
events in early summer in the 2010s are weaker than
those in the 2001–2010 period. However, the frequency
and intensity of EH events in midsummer are significant,
which means that EH occurs in summer more frequently
than in midsummer.

(iii) Owing to the influence of Meiyu rains in the lower
Yangtze region, the spatial distribution of EH in China
has an obvious seasonal variation. In early summer,
EH mainly occurs in the Huanghuai region, while in
midsummer EH occurs mainly in the Jianghuai to Jiang-
nan region.

(iv) Since 2000, there have been significant intraseasonal
differences in the interdecadal spatial distribution of
EH in eastern China. In the early summer, after 2010,
the number of EH days north of the Yangtze River
changed from increasing to decreasing, and EH in
southern China increased significantly. However, in
midsummer, the warm centre moved from south of the
Yangtze River to north of the river after 2010.

(v) Since 2010, the number of EH days in North China, as
well as in the Huanghuai, and Jianghuai regions, have
decreased in early summer and increased in midsummer,
which is consistent with the value for the entire summer
in the same period. The spatial distribution changes in
these areas are more obvious than in other regions. It
is clear that the North China, Huanghuai, and Jianghuai
regions are positive contributors to summer EH.

It should be noted that this study is based on the analysis of
the frequency and intensity of EH in China on the interdecadal

scale. We found that the variation of EH in China is different
in early summer and midsummer. The contrast in precipitation
among the various regions results in the difference in the
spatial distribution of EH days. In future, we need to
conduct more in-depth research on the characteristics of inter-
decadal variations of summer EH events in various regions of
China and comprehensively study the intraseasonal variation
characteristics of EH waves in different regions under
climate change.
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１０～３０犱延伸期可预报性与预报方法研究进展

章大全　郑志海　陈丽娟　张培群
（国家气候中心 中国气象局气候研究开放实验室，北京１０００８１）

摘　　要

１０～３０ｄ延伸期的可预报性既依赖于初始条件，也与缓变的下垫面有关，寻找延伸期时段内可预报性较高的

低频特征，识别延伸期的可预报性来源及影响的物理机制是提高延伸期预报水平的关键。近年延伸期可预报性来

源、热带大气季节内振荡监测预测和影响等领域的研究取得较大进展，提出和应用了动力统计相结合以及大气低

频信号释用等新的延伸期预报方法。对延伸期可预报性来源及其与初值和外强迫异常的关系分析表明，海气相互

作用能提高亚洲和西太平洋区域延伸期时段大气环流和要素的可预报性。热带大气季节内振荡、平流层爆发性增

温以及各种次季节尺度的海气、陆气耦合作用和大气响应均为延伸期预报提供了重要的可预报性来源。由于数值

模式延伸期时段的预报性能与实际业务需求还存在一定距离，基于动力统计相结合和物理统计的延伸期预报方法

被广泛应用于业务预报，表现出一定的预报技巧。

关键词：延伸期预报；可预报性；季节内振荡

引　言

１０～３０ｄ延伸期（简称延伸期）预报填补了中

期天气预报和短期气候预测之间的缝隙，在防灾减

灾决策服务中起着重要作用，一直是科学研究和业

务预报关注的重点和难点。世界气象组织（Ｗｏｒｌｄ

ＭｅｔｅｏｒｏｌｏｇｉｃａｌＯｒｇａｎｉｚａｔｉｏｎ，ＷＭＯ）下属的世界天

气研究计划（ＷｏｒｌｄＷｅａｔｈｅｒＲｅｓｅａｒｃｈＰｒｏｇｒａｍｍｅ，

ＷＷＲＰ）和世界气候研究计划（ＷｏｒｌｄＣｌｉｍａｔｅＲｅ

ｓｅａｒｃｈＰｒｏｇｒａｍｍｅ，ＷＣＲＰ）于２０１３年联合发起了

次季节到季节（ＳｕｂｓｅａｓｏｎａｌｔｏＳｅａｓｏｎａｌ，Ｓ２Ｓ）预测

计划［１］，目前已经完成项目第１阶段的主要研究任

务，并开始为期５年的第２阶段计划研究。欧洲中

期天气预报中心（ＥｕｒｏｐｅａｎＣｅｎｔｒｅｆｏｒＭｅｄｉｕｍｒａ

ｎｇｅＷｅａｔｈｅｒＦｏｒｅｃａｓｔｓ，ＥＣＭＷＦ）在其发布的“２０２５

路线图”中提出，在１０年内将高影响天气事件的有

效预报时效提升至２周，大尺度环流形势及转折的

预报时效提升至超前４周
［２］。美国国家科学院

（ＮａｔｉｏｎａｌＡｃａｄｅｍｙｏｆＳｃｉｅｎｃｅｓ，ＮＡＳ）发布了未来

２周至１２个月的预测研究计划
［３］，目标是在１０年

内将次季节至季节尺度预测应用的广度和深度提升

至目前天气预报的水平。美国国家海洋大气局

（ＮａｔｉｏｎａｌＯｃｅａｎｉｃａｎｄ ＡｔｍｏｓｐｈｅｒｉｃＡｄｍｉｎｉｓｔｒａ

ｔｉｏｎ，ＮＯＡＡ）计划在已有的北美多模式集合预报

系 统 （Ｎｏｒｔｈ Ａｍｅｒｉｃａｎ ＭｕｌｔｉＭｏｄｅｌＥｎｓｅｍｂｌｅ，

ＮＭＭＥ）基础上发展次季节到年际尺度的预报系

统，并提供未来３～４周的预报服务
［４］。中国气象局

在印发的“全面推进气象现代化行动计划（２０１８—

２０２０年）”和“智能网格预报行动计划（２０１８—２０２０

年）”中，明确提出将气象要素和重要天气过程的延

伸期预报列为重点任务和着力攻关的关键核心技术

之一。

延伸期预报比逐日天气预报的时效更长，大气

初始信息的贡献持续衰减；较以月和季节为代表的

短期气候预测的时效更短，海温、积雪、土壤湿度等

下垫面信号的作用还显现得不够充分，这使得延伸

期的可预报性与天气预报和短期气候预测的可预报

２０１９０２１８收到，２０１９０４２６收到再改稿。
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性存在显著不同，它的可预报信号既来自于初始条

件，也与下垫面条件有关［５］。大量研究表明：该预报

时段存在一些潜在的可预报源，如热带低频振荡

（ＭａｄｄｅｎＪｕｌｉａｎＯｓｃｉｌｌａｔｉｏｎ，ＭＪＯ）和北半球夏季

大气季节内振荡（ＢｏｒｅａｌＳｕｍｍｅｒＩｎｔｒａｓｅａｓｏｎａｌ

Ｏｓｃｉｌｌａｔｉｏｎ，ＢＳＩＳＯ）
［６８］、热带海洋大气相互作用、

平流层和对流层相互作用［９１１］、土壤湿度［１２］、积雪和

海冰［１３１４］以及热带热带外遥相关等，都为该时段的

预报提供了科学基础。同时，大量的数值模式和预

报方法被广泛应用，旨在提高延伸期时段的预报技

巧。

１　延伸期的可预报性来源

初始条件、边界条件的误差和数值模式中的各

种近似导致预报结果不可避免地存在不确定性，这

种不确定性与预报时效密切相关，一直是天气和气

候可预报性研究的重要内容之一［１５２０］。根据预报时

效的不同，大气可预报性通常可分为两类：第１类与

初值有关，强调初始条件的重要性，逐日的天气预报

属于该类，依赖于初值信息记忆的逐日天气可预报

上限约为２～３周
［２１２２］；第２类与边值有关，强调边

界条件的作用，它依赖于大气系统对边界条件的响

应。气候系统中一些缓慢变化的下垫面异常（如海

温、积雪、土壤湿度等）特征能提供持续时间更长的

信息，这些缓变信号对大气系统有重要作用，是短期

气候（月到季节尺度）预测的基础。

延伸期预报处于天气预报和短期气候预测之

间，其可预报性来源既与初值有关，也与下垫面的异

常密切相关。在这一时间尺度，虽然大气初始信息

的贡献在不断衰减，但它仍然对延伸期时段的大气

环流演变有着重要影响。首先，大气的可预报性不

是固定不变的，它与初始条件所处的状态有关，如初

始条件靠近于天气型转换时，可预报时效往往较短；

而处于稳定的环流型时，可预报时效相对较长。但

很难识别哪类初值在延伸期的潜在可预报性更

高［２３］。其次，不同尺度的波具有不同的预报时效，

天气尺度的不稳定性和慢变的行星尺度的波非线性

相互作用后可能产生不同的可预报性特征，如热带

大气低频振荡、平流层和对流层的相互作用等具有

较长生命周期的气候现象，是延伸期预报的重要可

预报性来源［２４２５］。此外，对不同区域而言，可预报性

对初始条件的依赖性也有所不同［２６２８］，并导致我国

不同地区可预报性的差异［２９３０］。

海气相互作用，尤其是热带海温，是延伸期预报

的重要信息源，它对大气低频流型的建立和维持均

有影响。以厄尔尼诺和南方涛动（ＥｌＮｉ珘ｎｏＳｏｕｔｈｅｒｎ

Ｏｓｃｉｌｌａｔｉｏｎ，ＥＮＳＯ）为代表的热带太平洋海气耦合现

象对全球气候有重要影响［３１］，是已知的季节到年际

气候变率最重要的可预报源［３２３３］，它通过大气环流以

遥相关形式影响东亚季风系统，尤其是ＥＮＳＯ的位相

和强度与东亚地区的气候密切相关。对２０１５／２０１６

年超强ＥｌＮｉ珘ｎｏ事件背景下我国月预测的技巧差异分

析表明：在ＥｌＮｉ珘ｎｏ发展位相，降水预报和环流预报技

巧较高且稳定，而在ＥｌＮｉ珘ｎｏ衰减位相，月预报技巧总

体偏低［３４］。进一步分析表明：亚洲太平洋涛动（Ａｓｉ

ａｎＰａｃｉｆｉｃＯｓｃｉｌｌａｔｉｏｎ，ＡＰＯ）
［３５］可能是造成这种差别

的重要影响因素，即当ＥｌＮｉ珘ｎｏ和ＡＰＯ对西北太平

洋环流的影响不一致时，将直接影响东亚环流的可

预报性高低以及动力模式的预报技巧。除热带太平

洋的影响外，其他海区的海温对区域大气低频流型

同样有着重要影响。对欧亚尤其是东亚地区而言，

印度洋和大西洋海温异常有着明显的影响，如印度

洋热力状况的改变会通过海气相互作用影响到东亚

地区的天气气候异常，它也是东亚等地环流异常的

信号来源之一［３６］。而作为重要桥梁联系春季北大

西洋涛动（ＮｏｒｔｈＡｔｌａｎｔｉｃＯｓｃｉｌｌａｔｉｏｎ，ＮＡＯ）和东

亚夏季风的北大西洋海温，也与欧亚中高纬度环流

异常密切相关［３７］，数值试验结果也证实了北大西洋

海温与东亚环流异常的联系［３８］。海气相互作用不

仅在热带地区对延伸期预报有贡献，Ｗａｎｇ等
［３９］在

完美模式的假定下，将其中一个集合预报成员作为

实际观测，而将其他成员作为预报，即不考虑模式误

差影响的情况下，发现海气耦合过程对北半球热带

外地区的延伸期潜在可预报性也有重要贡献。

延伸期的可预报性既依赖于大气初始条件，也

依赖于下垫面异常，因此，大气环流模式和耦合模式

（主要是海气耦合）是目前延伸期预报的主要工具。

二者的优劣目前尚无定论，一方面，耦合模式在反映

下垫面异常的演变特征及其与大气的相互作用方面

具有优势，尤其是在大气初始信息快速衰减后；另一

方面，除了大气环流模式本身的误差外，海气耦合模

式还会由于海洋模式本身以及海气耦合过程的缺陷

使误差增加，即海气耦合模式增加了可预报的信息

源，同时也引入了新的误差。因此，增加的可预报信
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号和新增的误差之间的相对贡献大小是海气耦合模

式较之大气环流模式是否更有优势的关键。鉴于

此，国际上主要的业务预报中心在延伸期动力模式

预报方案的选择上存在明显不同，如美国气候预报

中心（ＣｌｉｍａｔｅＰｒｅｄｉｃｔｉｏｎＣｅｎｔｅｒ，ＣＰＣ）采用耦合模

式［４０］，日本东京气候中心（ＴｏｋｙｏＣｌｉｍａｔｅＣｅｎｔｅｒ，

ＴＣＣ）和中国气象局国家气候中心则采用大气环流

模式，海温异常给定为初始海温异常的持续，而ＥＣ

ＭＷＦ采用了不同的方案，前１０ｄ采用分辨率较高

的大气模式，１０ｄ则采用降低分辨率后的耦合模

式［４１］。各家模式采用的不同延伸期预报方案表明：

不同的动力模式中海气相互作用的贡献与误差增加

之间的相对大小表现并不一致，因而对初始条件和

海气相互作用在延伸期预报中的贡献认识也存在差

异。对热带季节内低频信号尤其是 ＭＪＯ在触发、

传播和消亡过程中大气内部动力和海气相互作用的

贡献已有大量研究工作，但在北半球中高纬度地区，

大气初值和海气相互作用的贡献需进一步研究。近

年来，一些研究讨论了延伸期预报中大气初值与下

垫面异常的贡献，如Ｒｅｉｃｈｌｅｒ等
［４２４３］利用完美模式

方法比较了大气初值、陆面以及海洋异常对热带地

区月平均预测的作用，发现当ＥＮＳＯ现象较弱时，

初值对东半球的影响最强，３周以后边界强迫是热

带可预报性的主要因子；ＤｅＭｏｔｔ等
［４４］通过比较不

同版本的海气耦合模式与大气模式，证明了耦合模

式对季节内振荡具有更高模拟能力；Ｆｕ等
［４５４６］通过

分析初始条件对季节内预测技巧的影响和海气相互

作用对季风季节内振荡的贡献，表明海气相互作用

能显著提高整个亚洲西太平洋区域的可预报性，耦

合模式对季风季节内振荡的预报时效较大气环流模

式能延长１周。汪栩加等
［４７］利用中国气象局国家

气候中心大气环流模式，设计４组不同大气初值与

海温的配置关系构成对比试验，分析了大气初值与

海温边值对延伸期预报的相对贡献。初始条件记忆

和海气相互作用在不同时段、不同区域的相对作用

存在明显差异。初始条件的影响随着预报时效延

长，衰减速度在不同时段和区域也不相同。同时，慢

变的海表温度影响不同区域的大气环流所需要的时

间也存在明显的区域差异。对比大气初值、海温边

值均采用观测值（ＩＯＢＯ方案）及大气初值采用观测

值、海温边值采用气候值（ＩＯＢＣ方案）两种方案结

果（图１）可知，海温异常最先影响的是海气相互作

用显著的低纬度地区，且从低层到高层逐渐呈现。

第３候以后，海温异常对大气环流的影响逐渐扩展

到中高纬度地区，但影响的范围和程度均小于低纬

度地区，低纬度海洋上的影响仍然最为明显。

图１　１９９１—２０００年ＩＯＢＯ方案与ＩＯＢＣ方案５００ｈＰａ高度场逐候 ＭＳＳＳ评分分布
［４７］

Ｆｉｇ．１　ＭＳＳＳｏｆｐｅｎｔａｄｍｅａｎ５００ｈＰａｇｅｏｐｏｔｅｎｔｉａｌｈｅｉｇｈｔｂｅｔｗｅｅｎｓｃｈｅｍｅＩＯＢＯ

ａｎｄｓｃｈｅｍｅＩＯＢＣｆｒｏｍ１９９１ｔｏ２０００（ｆｒｏｍＲｅｆｅｒｅｎｃｅ［４７］）
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２　延伸期预报相关的次季节气候现象及预

报技巧

　　根据非线性可预报性理论，逐日天气预报存在

２周左右的可预报性上限
［１６，４８］，但这并不意味着延

伸期大气运动没有可预报的分量［４９］。首先，大气运

动的可预报性与其时空尺度有关，如局地雷暴、冰

雹、龙卷等强对流天气的可预报性上限为小时量级，

天气尺度系统的可预报时效通常在２周以内，而一

些行星尺度的大气活动中心（如副热带高压、极涡

等）的特征时间尺度则远长于天气尺度。其次，许多

长生命周期的气候现象，如平流层爆发性增温、大气

遥相关等，以及大气中存在的准双周、１０～３０ｄ和

３０～６０ｄ等多种时间尺度的季节内振荡
［５０］，均为延

伸期预报提供了重要的可预报信号来源。此外，一

些大气外强迫系统，如海温、积雪和海冰、土壤湿度

等具有较长时间尺度的记忆性特征，逐周到月时间

尺度上的海气、陆气耦合作用及大气响应也是延伸

期可预报性的重要来源。近年来，对延伸期可预报

信号源及相关气候现象的研究已取得一定成果，特

别是对 ＭＪＯ等具有低频振荡特征的次季节尺度现

象的监测预测取得了较大进展。

２．１　犕犑犗

ＭＪＯ作为热带大气季节内变率的主模态，不但

对热带区域气候影响显著，对中高纬度次季节气候

变率也有重要影响，因而被认为是次季节尺度最重

要的可预报性来源［５１］。基于信噪比等指标的检验

评估结果显示，数值模式中 ＭＪＯ 的实时多变量

（ＲｅａｌｔｉｍｅＭｕｌｔｉｖａｒｉａｔｅ，ＲＭＭ）指数
［５２］潜在可预

报时效为３５～４５ｄ，且可预报上限与 ＭＪＯ的位相

以及强度有关［５３５４］。近期参加Ｓ２Ｓ预测计划的各

家模式对 ＭＪＯ的ＲＭＭ指数预报技巧上限为１０～

３８ｄ，其中美国地球物理流体力学实验室（Ｇｅｏｐｈｙｓ

ｉｃａｌＦｌｕｉｄＤｙｎａｍｉｃｓＬａｂｏｒａｔｏｒｙ，ＧＦＤＬ）和日本东

京大学全球对流解析模式（ＮｏｎｈｙｄｒｏｓｔａｔｉｃＩｃｏｓａｈｅ

ｄｒａｌＡｔｍｏｓｐｈｅｒｉｃＭｏｄｅｌ，ＮＩＣＡＭ）对冬季 ＭＪＯ的

预报技巧时效可达４周
［５５］，英国气象局（Ｕｎｉｔｅｄ

ＫｉｎｇｄｏｍＭｅｔＯｆｆｉｃｅ，ＵＫＭＯ）模式
［５６］、中国北京气

候中心气候系统模式（ＢｅｉｊｉｎｇＣｌｉｍａｔｅＣｅｎｔｅｒＣｌｉ

ｍａｔｅＳｙｓｔｅｍ Ｍｏｄｅｌ，ＢＣＣ＿ＣＳＭ）
［５７］和美国耦合混

合网格模式（ａｔｍｏｓｐｈｅｒｉｃＦｌｏｗｆｏｌｌｏｗｉｎｇＩｃｏｓａｈｅ

ｄｒａｌＭｏｄｅｌｃｏｕｐｌｅｄｗｉｔｈｔｈｅｉｃｏｓａｈｅｄｒａｌｇｒｉｄｖｅｒ

ｓｉｏｎｏｆｔｈｅＨｙｂｒｉｄＣｏｏｒｄｉｎａｔｅＯｃｅａｎＭｏｄｅｌ，ＦＩＭ

ｉＨＹＣＯＭ）
［５８］预报技巧时效在３周左右。

ＭＪＯ有显著的季节变化，冬季 ＭＪＯ主要表现

为自西向东传播，而夏季在印度季风区以北传和东

北传播分量为主，西太平洋东亚区域以北传和西北

传播分量为主。针对这一特征，Ｌｅｅ等
［５９］采用与

ＭＪＯ指数相似的方法定义了东亚季风区ＢＳＩＳＯ指

数。ＢＳＩＳＯ指数根据定义分为ＢＳＩＳＯ１和ＢＳＩＳＯ２

指数，分别代表周期为３０～６０ｄ和１０～３０ｄ的振

荡。大气季节内变率预报试验（ＩｎｔｒａｓｅａｓｏｎａｌＶａｒｉ

ａｂｉｌｉｔｙＨｉｎｄｃａｓｔＥｘｐｅｒｉｍｅｎｔ，ＩＳＶＨＥ）
［６０］结果表

明：强ＢＳＩＳＯ事件的可预报上限和预报技巧时效可

达６周和３周，与冬季 ＭＪＯ的可预报性相当。Ｓ２Ｓ

计划模式数据［１］分析结果显示：目前数值模式对

ＢＳＩＳＯ１指数逐日预报技巧上限约为３周，ＢＳＩＳＯ２

指数上限约为２周，但不同强度和位相状态下的

ＢＳＩＳＯ指数预报技巧差异较大，如ＥＣＭＷＦ模式对

强ＢＳＩＳＯ事件第６、第７位相的预报技巧可达３０ｄ

左右［６１］。

强 ＭＪＯ信号可以改变热带及副热带地区大尺

度环流形势，并对热带气旋活动［６２］、南海季风爆

发［６３］、季节进程以及降水等要素的时空分布［６４］产生

重要影响。ＢＳＩＳＯ 在不同位相的演变也会影响到

东亚夏季风进程［６５］。吴捷等［６６］基于国内外研究成

果，发展了 ＭＪＯ实时监测预测方法，建立了ＩＳＶ／

ＭＪＯ监测预测业务系统（ＩＳＶ／ＭＪＯＭｏｎｉｔｏｒｉｎｇａｎｄ

ＰｒｅｄｉｃｔｉｏｎＳｙｓｔｅｍ，ＩＭＰＲＥＳＳ），投入实时业务运

行，其监测预测和影响信息有效地支撑了延伸期月

预测业务。２０１６年６—７月受超强厄尔尼诺事件的

影响，西北太平洋为异常反气旋性环流，长江流域降

水异常偏多。２０１６年８月有较强的 ＭＪＯ东传至西

太平洋并持续长达２５ｄ，激发了异常活跃的热带气

旋活动，从而导致西太平洋副热带高压断裂，西北太

平洋为异常气旋性环流控制，水汽输送条件转差，我

国长江流域降水由前期异常偏多转为偏少［６７］。２０１８

年春夏季发生３次显著的热带低频振荡活动，分别

影响了华南前汛期、南海夏季风的爆发时间，造成了

季节进程的滞后，而一般在拉尼娜事件发生后，有利

于亚洲夏季风季节进程提前［６８］，ＭＪＯ的活动对次

季节尺度的雨季进程起到调制作用。次季节尺度气

候现象监测预测业务系统的建设，使预报员能及时

获取相关预报和可能的影响信息，从而获得较高技

巧的季节内预测和服务效果［６９７０］。

９１４　第４期　　　　　　　　　 　章大全等：１０～３０ｄ延伸期可预报性与预报方法研究进展　 　　　　　　　　　　　　　



２．２　犈犖犛犗

ＥＮＳＯ不仅是年际尺度海气系统中最强信号，

在次季节到季节尺度预测中也十分重要。首先，热

带太平洋海温的持续性和转折特征为次季节尺度可

预报性提供了重要来源。ＥＮＳＯ事件的空间型变

化［７１］可能影响到次季节到季节尺度气候特征［７２７３］。

２０１８年秋季发生一次弱的ＥｌＮｉ珘ｎｏ事件，季节内Ｅｌ

Ｎｉ珘ｎｏ状态由中部型向东部型发展，热带印度洋海温

偶极子正位相持续，秋季后期ＥｌＮｉ珘ｎｏ影响增强，东

亚副热带大气环流也发生明显的季节内响应，西太

平洋副热带高压由前期的偏强偏北转为偏强偏南，

加上欧亚中高纬环流异常的季节内调整，二者共同

导致了我国南方地区降水由初秋的东少西多转变为

秋末的东多西少的季节内变化特征［７４］。

其次，不同ＥＮＳＯ背景下 ＭＪＯ具有不同的发生

发展特征［７５］，与 ＭＪＯ相联系的西风爆发也与ＥＮＳＯ

有着密切联系［７６７７］。在ＥｌＮｉ珘ｎｏ期间，ＭＪＯ强度减

弱，且结构趋于正压性。积云对流加热反馈是热带大

气季节内振荡（ＩｎｔｒａｓｅａｓｏｎａｌＯｓｃｉｌｌａｔｉｏｎ，ＩＳＯ）的主要

动力学机制，ＥＮＳＯ能通过海表温度异常和对流加

热对 ＭＪＯ的传播及其影响产生作用
［７８］。不同分布

型ＥｌＮｉ珘ｎｏ事件的盛期和衰减位相，ＭＪＯ活动特征

也存在显著差异。与传统东部型 ＥｌＮｉ珘ｎｏ盛期

ＭＪＯ明显减弱不同，中部型ＥｌＮｉ珘ｎｏ盛期至次年春

季，热带中西太平洋 ＭＪＯ强度再次加强，从热带印

度洋向赤道中东太平洋持续东传的特征更为显

著［７２］。ＥＮＳＯ与 ＭＪＯ的相互作用关系为延伸期预

报提供了重要的时间窗口，当与之联系的遥相关较

强且对气象要素异常的影响较为显著时，可以利用

这种关系提升延伸期预报技巧［７９］。

２．３　平流层与对流层相互作用

平流层与对流层相互作用是次季节尺度另一可

预报性来源［１０］，研究表明：在平流层爆发性增温

（ＳｔｒａｔｏｓｐｈｅｒｉｃＳｕｄｄｅｎＷａｒｍｉｎｇ，ＳＳＷ）事件中，在

平流层下传信号的影响下，对流层大气往往呈现出

长达数周的持续性环流异常［８０８１］，特别是北半球环状

模（ＮｏｒｔｈｅｒｎＨｅｍｉｓｐｈｅｒｅＡｎｎｕｌａｒＭｏｄｅ，ＮＡＭ）在

ＳＳＷ事件发生后通常处于负位相，北极地区海平面

气压偏高，欧亚北部和北美地区的低温事件发生频

次上升［８２］。研究显示，这些时段的延伸期预报往往

具有更高的预报技巧。需要指出的是，尽管ＳＳＷ

事件对对流层的作用在统计上是显著的，但并非所

有ＳＳＷ 事件信号都能够下传并影响对流层大

气［８３］，同时ＳＳＷ 事件的可预报性与极涡的空间结

构有关，分裂型的ＳＳＷ 事件的可预报性通常低于

移动型［８４］。

多家模式预报的评估结果表明：ＳＳＷ 事件的预

报时效上限通常约为１０ｄ，但不同强度等级ＳＳＷ

事件的可预报时效存在较大差异，部分ＳＳＷ 事件

的可预报时效可达２０ｄ
［８５８８］。目前还不清楚这些

可预报性分析结果仅仅是反映了模式系统的预报技

巧，还是ＳＳＷ 事件自身的潜在可预报性。因此，还

需要结合不同模式系统对这些结果作进一步诊断分

析，以提升对ＳＳＷ事件可预报性的认识。

２０１７年１２月—２０１８年２月我国气温变化呈现

出前冬暖、隆冬和后冬偏冷的阶段性特征［８９］。这种

季节内变化特征与２０１８年２月中旬北半球极地平

流层发生的ＳＳＷ 事件有密切关系。北极地区的平

流层中上层气温在短时间内快速升高了２０℃左右，

突发性升温造成极区平流层大气环流发生了强烈变

化，位势高度升高，纬向西风转变为东风，平流层环

流异常伴随着北极涛动信号下传到对流层，从而对

低层大气和东亚天气气候产生重要影响。２０１８年２

月下旬—３月中旬北极涛动指数持续异常负位相，

５００ｈＰａ东亚大槽加深西移，我国东北和华北北部

等地气温持续偏低。预报员及时监测到ＳＳＷ 事

件，并根据动力气候模式的预测和监测诊断信息，预

测到２月下旬—３月中旬的强冷空气活动和对我国

的影响，取得较好的预测服务效果。

２．４　土壤湿度

土壤湿度记忆可达数周，可通过改变蒸发和表

面能量收支影响区域的气温和降水变率［９０９１］。已有

研究指出，考虑陆面初值对延伸期要素预报技巧具

有改进作用［９２］。对比大气和陆面初值对模式延伸

期要素预报技巧的贡献结果显示：大气初值信号在

预报的前２周占主导地位，但在预报第３～４周，两

种信号对预报技巧的贡献可达到同一量级。不同区

域陆面初值信息对模式要素预报技巧的影响也有显

著差异，如在湿润和干旱地区的过渡带，考虑土壤湿

度初值对气温预报技巧的提升最为明显［９３］。对

２００３年欧洲和２０１０年俄罗斯西部夏季高温热浪的

分析结果显示，区域土壤湿度异常对大尺度环流异

常的维持起重要作用［９４９５］。大气对土壤湿度偏低异

常信号的响应表现为低层为热低压，对流层中上层

为反气旋式高压脊。２００３年夏季，该正反馈机制加

强了欧洲上空的反气旋式环流异常，并进一步造成
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地表气温以及土壤湿度的异常。另一方面，同期降

水的缺乏和与之相关的土壤湿度偏低，削弱了潜热

冷却作用，放大了高温热浪事件的极端性。陆气耦

合模式数值试验结果表明，土壤湿度异常和大气的

相互作用显著增加了高温热浪的持续日数［９６］。

２．５　积　雪

积雪是气候系统中的另一个缓变分量，大范围

积雪的辐射和热力效应可对次季节到季节尺度的气

候异常产生重要影响［９７］。分析积雪信号对全球大

气环流模式（ＣｏｍｍｕｎｉｔｙＡｔｍｏｓｐｈｅｒｅＭｏｄｅｌＶｅｒ

ｓｉｏｎ３，ＣＡＭ３）冬半年次季节气温预测技巧影响的

结果表明，考虑积雪深度初值可以有效改进模式对

北半球中纬度地区气温的预报能力［９８］。Ｏｒｓｏｌｉｎｉ

等［９９］利用ＥＣＭＷＦ模式对秋冬季积雪的气候效应

进行分析，结果显示：在预报前１５ｄ，大范围雪盖导

致欧亚和北美的地表气温下降，而在预报３０ｄ的时

间尺度上，雪盖引起西伯利亚高压加强西伸，北极变

暖而欧亚中高纬度地区变冷。这种由积雪造成的

“暖北极冷大陆”变化使模式预报的地表气温和实

况更为接近。研究发现，欧亚积雪异常偏多有利于

北大西洋涛动负位相的建立和维持［１００］。

青藏高原积雪是东亚气候重要的陆面影响因

子，其变化的时间尺度长于大气而比海洋短。高原

冬春积雪由于其较高的反照率，能降低冬春高原的

地表温度，减少地表向大气的感热和潜热输送，削弱

青藏高原的热源作用；而在积雪融化时又会吸收大

量潜热，同时融雪使土壤湿度增大，土壤热容量上

升，造成地表能量平衡和水分交换异常，因此，不同

的物理过程对东亚季风的影响也有所不同［１０１］。另

一方面，我国东部降水从春季到夏季是逐渐推进的

过程，在季风推进过程中降水性质也存在锋面降水

和季风降水的变化，而青藏高原积雪异常对东亚地

区的环流影响也存在季节内差异。冬春转换季节青

藏高原积雪对数值模式延伸期预报技巧影响的分析

显示，在青藏高原积雪显著影响的青藏高原地区、贝

加尔湖地区和北太平洋地区，青藏高原积雪异常年

动力模式的预报技巧明显高于正常年份。随着预报

时效的延长，预报技巧在青藏高原积雪偏多年衰减

最慢，其次为积雪偏少年，而在积雪正常年衰减最

快。结果表明：青藏高原积雪的异常对延伸期预报

技巧有重要贡献，即其为东亚地区延伸期预报的潜

在可预报源［１０２］。

２．６　热带热带外遥相关

大气遥相关是短期气候预测的重要因子之一。

已有研究工作大多集中在季节尺度大气遥相关的形

成机理及其气候影响，而部分大气遥相关模态还存

在次季节尺度变率［１０３１０４］，如热带和中纬度次季节

尺度相互作用和遥相关是热带和热带外环流以及天

气气候异常的重要影响因子。季节内遥相关也被认

为是尚未得到充分研究和利用的次季节可预报性来

源［１０５］，然而季节内遥相关机理的复杂性和多样性以

及相关概念模型研究的缺乏，阻碍了这种潜在可预

报性向实际预报技巧的转化。

总体而言，目前对延伸期可预报信号源及相关

气候现象的研究已取得一定成果，特别是对 ＭＪＯ

等次季节尺度现象的研究和预测取得了较大进展，

但对延伸期可预报信号源与天气气候异常的联系及

其物理机制的研究还相对薄弱，在充分利用和实现

延伸期潜在可预报性方面还有许多物理过程和方法

问题需要解决。在可预报信号源影响比较显著的时

间窗口，延伸期环流和要素的预报技巧可能相对较

高，但是目前对于延伸期较强可预报性时段的成因

和判定方法还不清楚。尽管如此，一些次季节尺度

强信号的监测和预测能力的提升（如 ＭＪＯ，ＳＳＷ

等）在业务中获得广泛应用，推动了服务效果的提

高。

３　延伸期预报方法和预报技巧

２０世纪８０年代在 Ｍｉｙａｋｏｄａ等
［１０６］利用大气环

流模式对１９７７年１月的阻塞高压成功预测后，全球

各大预报中心相继利用数值模式开展延伸期预报试

验。美国国家气象中心开展了１９８６／１９８７年冬春每

月３０ｄ的逐日数值预报试验
［１０７］。Ｄｅｑｕｅ等

［１０８］利用

法国Ｔ４２全球模式预报了月平均５００ｈＰａ高度场。

ＥＣＭＷＦ开展了１９８５年４月—１９８９年１月逐月的延

伸期预报［１０９］。加拿大、日本也进行了类似的试

验［１１０１１１］。各数值预报中心对大气环流模式的检验

评估显示，模式对第１周或前１０ｄ环流形势的预报

能力决定了后面预报效果的优劣。丑纪范等［２５］指

出，仅依赖初值信息的大气环流模式的有技巧预报

主要位于前１０ｄ，１０ｄ后模式预报技巧迅速下降。

近年来，尽管数值模式性能有了很大提升，但１０ｄ
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以上的预报技巧改善并不明显。

针对依赖初值信息的大气模式的可预报性上限

问题，考虑海温等外强迫的耦合模式逐步成为改进

延伸期预报技巧的重要研究方向。ＵＫＭＯ的数值

试验结果［１１２］表明：在考虑海洋外强迫影响后，模式

对热带大气环流的预报技巧在不同预报时效上均有

提升，对中高纬度环流形势的预报技巧在３０ｄ及以

上时间尺度提升较为显著，而对１０ｄ以内预报技巧

的改善不明显。月平均环流预报中由海表面温度产

生的预报技巧与由初值产生的预报技巧差异相

当［１１３］。在大气环流对海温外强迫信号的响应时间

研究方面，数值试验结果显示：大气对海温强迫信号

响应的时间约为１０ｄ，实时海温对１０ｄ以内的预报

结果影响较小，但对月时间尺度的影响十分明

显［１１４１１５］，特别是当预报时效超过３周时，在热带地

区下边界强迫是可预报性的主要来源。

目前国际上主要业务预报中心延伸期预报已由

大气环流模式逐步过渡到耦合模式，如美国ＣＰＣ业

务预报模式（ＣｌｉｍａｔｅＦｏｒｅｃａｓｔＳｙｓｔｅｍｖｅｒｓｉｏｎ２，

ＣＦＳｖ２），即为包括大气、海洋、海冰、陆面模式的全

耦合气候系统模式，逐日滚动发布未来４周的环流

和要素距平预报，每个时次的预报包含１６个集合样

本。ＣＰＣ还提供未来６～１０ｄ和８～１４ｄ的气候趋

势概率预报产品，包括气温偏高（低）、降水偏多（少）

和接近正常的发生概率，采用的主要预报方法包括

对各种动力和统计客观方法预报结果的综合集成。

ＥＣＭＷＦ延伸期预报业务中采用了两种预报方案：

一种是将中期预报进行延伸，并在预报开始的１０ｄ

之后考虑海气耦合作用；另一种延伸期预报和季节

预报类似，直接采用全耦合方案，并给出未来４周逐

周平均的要素预报［１１６］。加拿大环境和气候变化中

心（ＥｎｖｉｒｏｎｍｅｎｔａｎｄＣｌｉｍａｔｅＣｈａｎｇｅＣａｎａｄａ，ＥＣ

ＣＣ）的全球集合预报系统每周四提供至未来３２ｄ

的预报结果，并处理为第５～１１天、第１２～１８天、第

１９～２５天和第２６～３２天以及３０ｄ（月）平均的预报

产品。日本气象厅（ＪａｐａｎｅｓｅＭｅｔｅｏｒｏｌｏｇｉｃａｌＡｇｅｎ

ｃｙ，ＪＭＡ）的延伸期预报也称月预报，模式集合预报

提供未来第１周和第２周、第３周、第４周以及２８ｄ

平均的预报结果。模式每周三提供１次预报结果，

产品形式包括不同高度层环流场、降水、气温以及海

表温度异常的预报。中国气象局国家气候中心第２

代月动力延伸预测模式系统（ＤｙｎａｍｉｃＥｘｔｅｎｄｅｄ

ＲａｎｇｅＦｏｒｅｃａｓｔｏｐｅｒａｔｉｏｎａｌｓｙｓｔｅｍｖｅｒｓｉｏｎ２．０，

ＤＥＲＦ２．０）基于大气环流谱模式建立，提供未来４０

ｄ逐旬和月平均环流形势和要素的预报
［１１７］，２０１４

年开始在第２代气候系统模式的基础上研发了

ＢＣＣ＿ＣＳＭ１．２模式用于延伸期预报，并提交了模式

回算数据参加国际Ｓ２Ｓ预测计划。此外，中国气象

局国家气候中心每旬第１天滚动发布未来１０～３０ｄ

延伸期预报产品，产品内容包括延伸期气候趋势和

强降水、强降温等重要天气过程预报。总体而言，与

主要发达国家相比，我国延伸期预报业务还处于起

步阶段，产品形式相对单一，现有数值模式集合预报

系统还无法满足延伸期预报业务的需求。

３．１　数值模式延伸期预报技巧

在延伸期降水、气温等要素的预报对象方面，目

前国际主流数值预报中心的预报产品形式大多以逐

周平均的距平异常为主。逐周预报一方面考虑到逐

日天气预报的理论上限［１１８］，另一方面通过平均滤

除了逐日天气噪音，提升了气候信号的可预报

性［１１９１２０］。对ＥＣＭＷＦ、美国ＣＦＳｖ２和日本ＴＣＣ模

式延伸期逐周降水集合预报性能评估结果显示，除

了太平洋、大西洋的热带辐合带（ＩｎｔｅｒｔｒｏｐｉｃａｌＣｏｎ

ｖｅｒｇｅｎｃｅＺｏｎｅ，ＩＴＣＺ）以及海洋性大陆区域，各模

式对延伸期降水的预报技巧在第２～４周均明显衰

减。其中ＥＣＭＷＦ模式对延伸期降水的预报能力

明显高于其他两家，尤其是未来第３～４周
［１２１］。对

比分析ＣＦＳｖ２模式对大气环流和气象要素的延伸

期预报能力发现［１２２］，模式对５００ｈＰａ高度场的预报

技巧最高，８５０ｈＰａ纬向风场次之，降水最低，同时

模式对延伸期气候要素的预报技巧与 ＭＪＯ特别是

ＢＳＩＳＯ的强度密切相关。而将降水等气候要素分

解为一系列正交的空间模态后，其中许多分量也都

具有显著的预报技巧［１２３１２４］。ＥＣＣＣ月预报系统的

评估结果显示，模式对中国东部的气温和５００ｈＰａ

位势高度预报技巧可达４周，降水的预报技巧相对

较低，仅约５～１１ｄ，同时模式对东亚地区气候要素

次季节变率的预报技巧受到 ＭＪＯ和ＥＮＳＯ的共同

影响［１２５］。大量研究结果表明：模式对延伸期第３～

４周的有技巧预报仍局限在热带地区，部分高层变

量如位势高度场［１２６］，以及某些气候因子［１２７］，而对

中纬度陆地上的延伸期时段气温和降水等气候要素

的预报技巧的影响几乎可以忽略不计。

中国气象局国家气候中心第２代月动力延伸模

式对月平均环流及气温和降水具有一定预测能力，

但对延伸期时段环流和要素以及强降水、强降温等
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重要天气过程的预测技巧相对较低［１２８１２９］。评估结

果显示：模式对延伸期逐候降水空间相关系数大于

０．１的预报约能持续２～３候，即约１０～１５ｄ，之后

技巧迅速下降。模式对东亚和南亚地区延伸期降水

的预报技巧较低，仅能持续不到２候，技巧相对较高

的区域主要位于在热带太平洋和大西洋地区。

３．２　动力统计相结合的延伸期预报方法

由于直接利用数值模式结果进行延伸期预报与

实际业务需求还存在一定距离，因此，基于动力模式

有效预测信息和物理统计方法的动力统计相结合预

测方案在业务中发挥着重要作用。陈丽娟等［１３０］针

对传统的统计降尺度方法中预报因子和预报对象之

间统计关系稳定性较差这一问题，利用简化的大气

动力学方程组推导局地月平均降水距平和大气环流

场之间的关系［１３１］，构建了一种新的月降水降尺度

预测模型。该降尺度模型既有明确的动力学意义，

又充分利用了历史气候数据，实现了动力和统计的

有机结合。任宏利等［１３２］提出了一种能有效减少月

平均和逐日大气环流预报误差的动力相似集合预报

方法［１３３］，该方法在模式积分过程中通过提取大气

环流历史相似信息，对模式误差进行参数化处理，形

成多个时变的相似强迫量来扰动生成预报的集合成

员，从而实现了动力模式与统计经验的内在结合。

近年来，从延伸期可预报性的角度，中国气象局

国家气候中心发展了一系列基于数值模式可预报分

量的误差订正和集合预报方法［１３４１３７］。对数值模式

的可预报分量和随机分量分别采用不同的集合预报

方案，通过在各个模式可预报分量误差订正的基础

上，从考虑模式不确定性的角度进行集合，随机分量

部分则直接采用预报量的气候概率分布，以避免模

式误差对随机分量概率分布的影响（图２）。预报检

验结果表明：该方法对环流形势预报技巧有一定提

高，对不同空间尺度的波也有不同尺度的改进，显示

出潜在的业务应用前景［１３８］。章大全等［１３９］利用要

素历史观测和模式回报数据的概率密度分布特征，

采用非参数百分位映射法订正了ＤＥＲＦ２．０模式月

平均温度预报，有效降低了模式预报的均方根误差，

同时对温度距平分布预报也有不同程度改善。

图２　基于可预报分量的延伸期数值模式集合预报方法原理

Ｆｉｇ．２　Ｓｃｈｅｍｅｏｆｅｘｔｅｎｄｅｄｒａｎｇｅｎｕｍｅｒｉｃａｌｅｎｓｅｍｂｌｅｆｏｒｅｃａｓｔ

ｂａｓｅｄｏｎｐｒｅｄｉｃｔａｂｌｅｃｏｍｐｏｎｅｎｔｓ

３．３　基于物理统计的延伸期预报方法

基于延伸期时段存在一些可预报的信号源，如

热带的大气低频变率（特别是 ＭＪＯ）、大气韵律周期

关系等，近年来一些基于物理统计的延伸期预报方

法得到广泛应用，取得了较好的预报效果［１４０１４１］。

如中国气象局国家气候中心发展的ＩＭＰＲＥＳＳ１．０版

本，提供了基于 ＭＪＯ降尺度模型的我国未来６候的

平均气温和降水异常预报［６６］；上海市气候中心利用

大气低频振荡及其传播与延伸期降水、气温之间的关

系，基于低频天气图等方法开发了月内重要天气过程

与气候趋势预测系统（Ｍｏｎｔｈｌｙ／ｅｘｔｅｎｄｅｄｒａｎｇｅＡ

ｎｏｍａｌｙａｎｄＰｒｏｃｅｓｓＦｏｒｅｃａｓｔＳｙｓｔｅｍ，ＭＡＰＦＳ）
［１４２１４４］；

福建省气候中心根据热带ＩＳＯ制作了华南持续性暴

雨过程的延伸期预报［１４５］；西北区域气候中心［１４６］根据

大气的准周期运动规律，提出用１５０ｄ韵律方法对月

内过程进行预报；钱维宏等［１４７］提出任何一个大气变

量的瞬时观测场都可以物理分解成逐日气候分量、行

星尺度瞬变扰动分量和天气尺度瞬变扰动分量，而极
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端天气事件的预报可用瞬变涡扰动法，为延伸期极端

天气气候事件的预报提供了新的思路。

除了上述利用大气低频信号、韵律周期关系或

者物理量分解的预测方法之外，还有一些基于线性

或非线性方法建模的延伸期预报方法，如中国气象

局国家气候中心和美国夏威夷大学合作研发的非滤

波时空投影（ＳｐａｔｉａｌＴｅｍｐｏｒａｌＰｒｏｊｅｃｔｉｏｎＭｏｄｅｌｓ，

ＳＴＰＭ）方法。该方法利用奇异值分解建立起预报

量与前期因子的关系，并用长期历史数据对模型进

行训练，并将前期环流场投影到预报因子上得到随

时间演变的预报量，有效提取和利用了观测数据中

的低频分量和历史信息，被广泛应用于强降水［１４８］、

热带对流活动［１４９］、南海夏季风爆发［１５０］和热带气

旋［１５１］等的延伸期预报中。陈丽娟等［１５２］基于非线

性时空序列预测理论，利用局域近似法对延伸期逐

候纬向平均高度场进行预测，发现非线性时空序列

预测方法对纬向平均高度距平场的预报优于持续性

预报和模式动力延伸预报，体现了一定的改进延伸

期环流预报的能力。杨秋明［１５３１５４］通过提取气候要

素和大尺度环流的低频主成分分量，分别构建了扩

展复数自回归模型（ＥｘｔｅｎｄｅｄＣｏｍｐｌｅｘＡｕｔｏｒｅ

ｇｒｅｓｓｉｖｅｍｏｄｅｌ，ＥＣＡＲ）和主成分复数回归模型

（Ｐｒｉｎｃｉｐａｌ ＣｏｍｐｏｎｅｎｔＣｏｍｐｌｅｘ Ａｕｔｏｒｅｇｒｅｓｓｉｖｅ

ｍｏｄｅｌ，ＰＣＣＡＲ）以及多变量时滞回归模型（Ｍｕｌｔｉ

ｖａｒｉａｔｅＬａｇｇｅｄＲｅｇｒｅｓｓｉｖｅｍｏｄｅｌ，ＭＬＲ）等预报模

型，对夏季长江下游低频降水、气温和高温天气进行

预测试验，显示出较好的预测效果和应用前景。

上述方法模型和预测系统极大支撑了延伸期预

报业务和服务，尤其是在一些重大气象保障活动中发

挥了决策作用。中国气象局国家气候中心综合ＩＭ

ＰＲＥＳＳ系统对ＭＪＯ指数的监测和预测信息，重建的

延伸期时段候平均气温和降水异常预测，以及延伸

期逐日变温过程概率预测结果，对首届中国国际进

口博览会期间上海地区气温偏高、中后期有明显降

温过程并伴有降水的天气形势进行成功预测，取得

了良好的服务效果。在上海市气候中心开展的梅雨

相关延伸期预报业务中，利用关键区低频信号建立

的回归模型，较好预报出梅雨区延伸期降水的峰值

出现时段和逐候降水量增加或减少的演变，同时对

逐候降水量异常也有一定的预报能力［１５５］。

４　小　结

延伸期预报填补了传统中短期天气预报和短期

气候预测之间的空隙，是构建无缝隙预报体系的必

然要求，对防御重大气象灾害、服务国民经济具有重

要意义。本文从延伸期的可预报性及其来源、预报

的主要方法几个方面回顾了延伸期预报的相关科研

和业务实践情况，重点分析了近年来可预报性研究

进展和应用，以及预报水平现状。整体而言，延伸期

预报作为当前科研和业务服务的重点和难点，需要

解决的科学问题、方法以及业务标准规范仍然很多，

概括起来主要有以下几个方面：

１）延伸期时段的预报和检验对象及方法问题。

根据大气可预报性及非线性误差增长理论，逐日确

定性天气预报的可预报性上限一般为２周左右。直

接借鉴月、季尺度短期气候预测的做法，针对延伸期

时段要素平均值及其距平进行预报，可能在预测结

果的针对性和指导意义上存在局限性。延伸期时段

重要天气过程（包括持续性异常天气事件特别是极

端天气事件）的准确预报［１５６］是延伸期预报的核心

问题，如何针对预报对象制定兼顾科学性和实用性

的预测对象和检验标准，是首先需要解决的问题。

目前国外主流数值预报中心普遍将延伸期逐周平均

的气象要素和环流距平作为预报对象，并对逐周技

巧进行评估。这种处理方式比较简单，但不适合过

程预测及服务，需要研究针对用户服务需求的更好

的方案。

２）针对 ＭＪＯ等低纬度地区的大气季节内低频

振荡已有大量研究工作，然而中高纬度地区低频振

荡的活动规律和传播特征以及与我国气象要素之间

的联系还缺乏深入研究。如何综合考虑低纬度和中

高纬度的低频信息，建立与要素预报的物理联系仍

然是难点。此外，如何充分利用模式对次季节尺度

主要气候现象的预测能力，有效改进我国延伸期时

段要素特别是重要天气过程的预测，也值得深入研

究。

３）已有研究表明：延伸期时段的大尺度环流形

势以及重要天气过程的有效预报时效和预报技巧与

大气的初始状态、海温等外强迫信号密切相关，而目

前对不同海温及大气初始条件下影响我国天气气候

的关键环流系统以及主要的极端天气气候事件延伸

期时段的可预报性研究还相对较少。充分利用海温

等外强迫信号在延伸期时段的预报技巧及其大气响

应特征，提取耦合数值模式有效预报信息改进延伸

期预报，可能是改进延伸期预报的途径之一。

延伸期预报目前还处于研究和业务试用阶段，
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数值模式预报的发展被认为是从根本上解决天气气

候预测问题的途径，但目前数值模式的预报时效和

性能还远不能满足延伸期业务的需求。对数值模式

延伸期预报中大气初值和下垫面异常的贡献研究表

明，海气、陆气等耦合作用能够提升延伸期时段大气

环流和要素的可预报性。此外，许多次季节尺度气

候现象，如 ＭＪＯ、平流层爆发性增温以及大气遥相

关等，都为延伸期预报提供了重要的可预报信号来

源。但对延伸期可预报信号源与天气气候异常的联

系及其物理机制的研究还相对薄弱，在充分挖掘延

伸期潜在可预报性，改进延伸期环流和要素的预报

技巧方面，还有许多物理过程和关键技术问题需要

解决。因此，深入研究大气季节内振荡以及海气、陆

气相互作用机理，不断完善和改进气候系统耦合模

式的物理过程和参数化方案，将潜在可预报性转化

为实际的预报技巧，提升数值模式延伸期时段的预

报预测性能方面仍需进行大量探索。
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ABSTRACT

Variation in the location of the South Asian High (SAH) in early boreal summer is strongly influenced by elevated
surface heating from the Tibetan Plateau (TP) and the Iranian Plateau (IP). Based on observational and ERA-Interim data,
diagnostic analyses reveal that the interannual northwestward–southeastward (NW–SE) shift of the SAH in June is more
closely correlated with the synergistic effect of concurrent surface thermal anomalies over the TP and IP than with each
single surface thermal anomaly over either plateau from the preceding May. Concurrent surface thermal anomalies over these
two plateaus in May are characterized by a negative correlation between sensible heat flux over most parts of the TP (TPSH)
and IP (IPSH). This anomaly pattern can persist till June and influences the NW–SE shift of the SAH in June through the
release of latent heat (LH) over northeastern India. When the IPSH is stronger (weaker) and the TPSH is weaker (stronger)
than normal in May, an anomalous cyclone (anticyclone) appears over northern India at 850 hPa, which is accompanied by the
ascent (descent) of air and anomalous convergence (divergence) of moisture flux in May and June. Therefore, the LH release
over northeastern India is strengthened (weakened) and the vertical gradient of apparent heat source is decreased (increased)
in the upper troposphere, which is responsible for the northwestward (southeastward) shift of the SAH in June.
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1. Introduction

In the middle of the 1950s, Ye et al. (1957) studied surface
thermal conditions on the Tibetan Plateau (TP) and its impact
on general atmospheric circulation over East Asia. With the
increasing availability of observational data and the improve-
ment of research methods during the past decades, more stud-
ies have revealed the thermal effects of the TP influences on
summer rainfall in China by modulating the Bay of Bengal
(BOB) summer monsoon and the East Asian summer mon-
soon (EASM) (Zhang and Wu, 1998, 1999; Zhang and Qian,
2002; Duan and Wu, 2005; Liang et al., 2005; Wang et al.,
2014). The magnitude of sensible heat flux (SH) over the
Iranian Plateau (IP) is larger than that of the TP, although
the area and altitude of the IP is smaller than the TP. It has
been revealed that SH over the TP (TPSH) is persistently de-
creasing (Duan and Wu, 2008, 2009; Cui and Wang, 2009;

∗ Corresponding author: Weiping LI
Email: liwp@cma.gov.cn

Yang et al., 2011; Duan et al., 2013), while SH over the IP
(IPSH) is persistently increasing, in spring and summer dur-
ing the last three decades, and both experienced a reversed
anomaly at the decadal time scale around the end of the 20th
century (Zhang et al., 2017). More studies have demonstrated
that the thermal effect of the IP is another factor responsi-
ble for anomalies in the general atmospheric circulation over
East Asia; specifically, the synergistic thermal effects of the
TP and IP are crucial in modulating the onset and seasonal
evolution of the Asian summer monsoon (Wu et al., 2012,
2015; Liu et al., 2017b). Against the background of global
warming and the synergistic effect of concurrent IP and TP
thermal anomalies, the general atmospheric circulation over
Asia has been an interesting topic.

The South Asian High (SAH) is the strongest and most
stable atmospheric circulation system in the upper tropo-
sphere during boreal summer, and its formation and evolu-
tion are closely related to the seasonal enhancement of trop-
ical convection near the Philippines (Liu et al., 2013, 2017a)
and the diabatic heating of the TP (Flohn, 1957; Gao et al.,
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1982). Recent studies have also revealed the importance of
the thermal effect from the IP to atmospheric circulation dur-
ing boreal summer. The difference in the thermal conditions
of these two plateaus can cause anomalies in air temperature
in the upper-level troposphere, resulting in the east–west os-
cillation of the summertime SAH at an interannual time scale.
The SAH located to the west is called the “Iranian mode”,
when the IP is warmer than normal; and the eastward located
SAH is called the “Tibetan mode”, when the TP is warmer
than normal, also named the “warm-preference property” of
the SAH (Qian et al., 2002a, 2002b; Wu et al., 2004). In
addition, compared to the diabatic heating of the plateaus,
the latent heat (LH) of condensation associated with mon-
soon rainfall is larger in quantity and can heat the upper-
level troposphere directly; therefore, LH plays a more im-
portant role in strengthening the SAH. Zhang et al. (2016)
noted positive feedback between condensation heating asso-
ciated with the EASM precipitation and the SAH variability:
higher condensation associated with a stronger EASM heats
the eastern flank of the summertime SAH; then, geopoten-
tial heights on the western flank of the SAH are elevated by
a westward propagating Rossby wave; and finally, the whole
SAH is strengthened. As two subsystems of the Asian sum-
mer monsoon, the negative correlation between the Indian
summer monsoon (ISM) rainfall and EASM rainfall could
cause a northwest–southeast (NW–SE) shift of the summer
SAH on an interannual time scale (Wei et al., 2015). In ad-
dition to the land–sea thermal contrast, the thermal effect of
the IP and TP on the generation and evolution of the ISM
and EASM should not be neglected. A higher TPSH in late
spring can strengthen the intensity of the EASM (Duan and
Wu, 2003; Duan et al., 2003) and bring forward the onset
of the ISM by suppressing air convection over northeastern
India (Zhang et al., 2015); and a higher IPSH mainly con-
tributes to a strengthening of the ISM (Wu et al., 2012), and
vice versa. Considering the effects of IPSH and TPSH on the
onset and intensity of the Asian summer monsoon, as well
as the close connection between these two plateaus, analysis
of concurrent SH anomalies over the IP and TP and the ef-
fect on subsequent Asian summer monsoons and the SAH is
necessary.

Variation in the location of the SAH at the interannual
time scale greatly affects summer weather and climate in
China and South Asia. Undoubtedly, the climate condition—
especially the thermal situations of high elevations like the
IP and TP—also influence the location of the SAH. From the
viewpoint of the climate mean, the core of the SAH in May
is located over the Indochina Peninsula (Liu et al., 2017a). It
then moves northward and westward with the evolution of the
seasons, reaching its northernmost position in August, which
is coincident with the seasonal continental warming, espe-
cially over the IP and TP, and then retreats southeastward in
boreal autumn. Generally speaking, SH always outweighs
LH over the IP; while over the TP, SH peaks in May and out-
weighs LH except for June to September (Zhang et al., 2017).
The effect of SH, especially TPSH, on atmospheric circula-
tion, is weakened after the onset of the Asian summer mon-

soon, when LH from condensation accompanying monsoon
rainfall gradually becomes a dominant factor. Besides, the
relationship between late springtime SH and the early sum-
mer SAH deserves further investigation in a prediction sense.
Different from separately analyzing the isolated thermal ef-
fects of the TP and IP in previous studies, we explore the
combined impact of late springtime SH anomalies over the
TP and IP on the early summertime SAH, the aim being to
provide a reference for summer climate prediction in China.

The rest of this paper is structured as follows: Section 2
briefly describes the data and methods used. In section 3, we
present the interannual variation of the SAH in June and the
anomalous atmospheric circulation during the same period.
The dominant feature of concurrent SH anomalies over the IP
and TP in late spring and its relationship with the interannual
variation of the SAH is discussed in section 4. In section 5,
we explore the possible mechanisms causing the concurrent
SH anomalies over the IP and TP in boreal late spring that
affect the early summertime SAH. And finally, conclusions
and a discussion are presented in section 6.

2. Data and methods

2.1. Data
The data used in this study include monthly mean geopo-

tential height, surface sensible heat flux and 6-h means for air
temperature, zonal and meridional wind speeds, vertical ve-
locities and specific humidity from the European Center for
Medium-Range Weather Forecasts interim reanalysis (ERA-
Interim), which has a horizontal resolution of 1.5◦ × 1.5◦ and
37 vertical levels. The monthly mean precipitation data are
from the Global Precipitation Climatology Project (GPCP)
dataset, which has a 2.5◦ ×2.5◦ horizontal resolution. All the
data are from 1979 to 2014.

2.2. Methods
Statistical methods, such as empirical orthogonal func-

tion (EOF), singular value decomposition (SVD), correlation,
and composite analyses, are used in this study. The area for
the IP is represented by 101 grids (in ERA-Interim), with ter-
rain height more than 300 m in the region (25.5◦–40.5◦N,
49.5◦–70.5◦E). The TP is represented by 116 grids (in ERA-
Interim), with a terrain height higher than 3000 m over the
domain (25.5◦–40.5◦N, 75◦–105◦E), which is similar to the
definition from Zhang et al. (2017). The core of the SAH is
defined by a 12500-gpm isoline at 200 hPa; its ridgeline is lo-
cated where zonal wind speeds u equal 0 m s−1 and ∂u/∂y> 0,
according to Liu and Wu (2004), and the center of the SAH is
defined as the point where geopotential height is maximal at
200 hPa. Considering the relatively short time series of the
data (36 years), we focus on the relationship between SH
anomalies over the TP and IP and variations of the SAH, on
the interannual time scale. All indexes defined in this study,
which characterize variations in the SAH and SH over the
two plateaus, are high-pass filtered over nine years.

The apparent heat source (Q1), apparent moisture sink
(Q2) and their vertical integrations in an air column, 〈Q1〉
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and 〈Q2〉, are calculated based on the 6-h mean datasets
from ERA-Interim and follow the formulas from Yanai et al.
(1973):

Q1 = Cp

[
∂T
∂t
+VVV · ∇T +

(
p
p0

)κ
ω
∂θ

∂p

]
; (1)

Q2 = −L
[
∂q
∂t
+VVV · ∇q+ω

∂q
∂p

]
; (2)

〈Q1〉 = 1
g

∫ ps

pt

Q1dp ; (3)

〈Q2〉 = 1
g

∫ ps

pt

Q2dp . (4)

Here, T is air temperature; θ is potential temperature; q is
specific humidity; VVV is the orizontal wind vector, ω is verti-
cal velocity in pressure coordinates, p0 = 1000 hPa, κ=R/Cp,
R and Cp are the gas constant and specific heat at a constant
pressure for dry air, respectively; L is the latent heat of con-
densation; and ps and pt are the pressures at the surface and
the top layer (i.e., 1 hPa), respectively. It can be deduced that
the latent heat of condensation is the primary contributor to
atmospheric heat sources when the quantity of 〈Q2〉 is similar
to 〈Q1〉.

3. Interannual variation of the SAH in early

summer

3.1. Definition of the SAH index and its interannual vari-
ation in June

The climatological ridgeline of the SAH in June (i.e., the
zonal dashed green curves in Fig. 1) lies over the subtropical
Asian continent between 18◦N and 30◦N, and the center of
the SAH (i.e., the cross point of the dashed green lines in Fig.
1) is located to the south of the Himalaya. The spatial patterns
of the geopotential height anomalies at 200 hPa in early bo-
real summer can be mainly classified into two modes accord-
ing to the climatological ridgeline and location of the center
of the SAH: geopotential height anomalies that are gener-

ally uniformly positive or negative within the SAH domain
(EOF1, figure not shown), and geopotential height anomalies
in the northwestern part of the SAH that are opposite to those
in the southeastern part of the SAH (EOF2, Fig. 1a). The spa-
tial pattern of EOF2 displays a northwest–southeast (NW–
SE) shift of the SAH at the interannual time scale, which is
associated with a negative correlation between the ISM rain-
fall and EASM rainfall and has received much attention (Wei
et al., 2015). In this study, we focus on EOF2 of the SAH and
its relationship with the thermal conditions of the IP and TP
in late spring.

To better describe the NW–SE shift of the SAH, we de-
fine an SAH index based on the spatial pattern of the EOF2
shown in Fig. 1. The SAH index is the difference in stan-
dardized area-averaged 200-hPa geopotential height [“Nor”
in Eq. (5) represents standardization and “Z200” represents
200-hPa geopotential height] between the northwest region
and the southeast region of the SAH core (dashed black boxes
in Fig. 1). We define the June SAH index accordingly to ac-
curately describe the NW–SE shift in the SAH based on its
climate mean location as follows:

SAH6NW−SE = Nor[Z200NW]−Nor[Z200SE] . (5)

Z200NW represents the regional mean of 200-hPa geopo-
tential height covering 25.5◦N–31.5◦N and 63◦E–90◦E, and
Z200SE represents the regional mean of 200-hPa geopotential
height covering 17◦N–23◦N and 93◦E–120◦E. The tempo-
ral evolution of SAH6NW−SE is closely related to the second
principal component (PC2) of the SAH EOF2 in June, with a
correlation coefficient as high as 0.88, statistically significant
at the 99.9% confidence level. The advantage of the SAH
index defined in this study is that it can exhibit the NW–SE
shift of the SAH quite well (Fig. 1b) but is not dependent on
the domain size that contains the SAH, which is a weakness
in the EOF analysis.

The interannual variation of the SAH location
(SAH6NW−SE) is shown in Fig. 1b. During 1979–2014, 12
years with a standardized SAH6NW−SE above 0.5 are se-
lected to represent the northwestward-located SAH (abbrevi-

Fig. 1. (a) Second EOF mode for 200-hPa geopotential height (Z200) in June (shaded), in which the climatological core
of the SAH (Z200) from 1979 to 2014 is shown by the black contour 12 500 gpm. The dashed black boxes indicate the
NW and SE regions of the SAH from which the SAH index is calculated. The horizontal dashed green curve indicates
the ridge line of the SAH, and the cross point of the dashed green lines indicate the center of the SAH (the maximum
of Z200). Blue curve in (a) represents the Tibetan Plateau. (b) Time series of EOF2 (PC2) for Z200 and SAH6NW−SE.
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ated to NW-SAH hereafter) cases, and nine years with stan-
dardized SAH6NW−SE values below −0.5 are chosen for the
southeastward-located SAH (abbreviated to SE-SAH here-
after) cases.

3.2. Relationships between SAH variation and the anoma-
lies of atmospheric circulation in Asian monsoon re-
gions

As the strongest atmospheric general circulation system
in the upper troposphere during boreal summer, the SAH cov-
ers most Asian summer monsoon regions. The variation in the
SAH is closely associated with the anomalous atmospheric
circulation spanning West to East Asia during the same pe-
riod. Composite analysis is utilized to examine the dominant
features in atmospheric circulation anomalies at 200 hPa, 500
hPa and 850 hPa.

In the NW-SAH cases in June (Figs. 2a, c and e), a posi-
tive anomaly center of geopotential height at 200 hPa overly-
ing between the border of the IP and the TP contributes to the
northwestward shift in the SAH (Fig. 2a). At 500 hPa, as seen
in Fig. 2c, a negative anomaly center in geopotential heights
and an anomalous cyclone over the Indian subcontinent con-
tributes to the strengthening of lower-level air convection.
Positive anomalies in geopotential heights are found over
the IP, TP and Northeast Asia, which could cause northward
movement in the western Pacific subtropical high (WPSH) in
the mid-troposphere (figure not shown). The ISM is stronger,
and there is an anomalous southwesterly flow toward India
and a cyclonic wind shear at 850 hPa over the northern Indian
subcontinent, resulting in an anomalous convergence in total
column moisture flux, implying a positive anomaly in pre-
cipitation and LH release. At the same time, an anomalous
anticyclone and the divergence of total column moisture flux
occur over the western Pacific Ocean to the south of Japan.
In addition, anomalous southerly winds at 850 hPa over east-
ern China bring an increase in water vapor from the South
China Sea, which is consistent with the anomalous conver-
gence of total column moisture flux over the Yangtze–Huaihe
river basin (Fig. 2e). When the location of the SAH is located
to the southeast in June (SE-SAH cases), the anomalous cir-
culation patterns at all levels and vertical integrated moisture
flux show almost contrary features with that in the NW-SAH
cases (Figs. 2b, d and f); both the ISM and EASM are weaker,
and the location of the WPSH moves southward. Weakened
air convection over the northern Indian subcontinent and the
Yangtze–Huaihe river basin, with anomalous divergence in
total column moisture flux, are responsible for the decrease
in rainfall over these regions (figure not shown).

4. Relationship between May SH anomalies

over the IP and TP and the SAH in early

summer

It is well-known that land–sea thermal contrast is the pri-
mary driving force of Asian monsoon. In this section, we first
investigate the thermal conditions over the IP and TP before

the onset of Asian summer monsoon season. Seasonal varia-
tions in both TPSH and IPSH are remarkable, and SH anoma-
lies over these two plateaus are closely related to each other
(Liu et al., 2017b; Zhang et al., 2017). The contribution of
the first SVD mode from TPSH and IPSH (SVD1IPTP−SH) to
the total variance exceeds 35% in each month from March to
May; the contribution of SVD1IPTP−SH is 48% in May, which
is much more than the contribution percentage from other
SVD modes in May. Besides, SVD1IPTP−SH in May is signif-
icantly correlated with the location shift of the SAH, which
is the focus of our study. The correlation coefficient between
May SVD1IPTP−SH and SAH6NW−SE is 0.54, which is statisti-
cally significant at the 99.9% confidence level; this indicates
that variations in the SAH during June are closely related to
SH anomalies over the IP and TP from the previous May. In
addition, the correlation coefficient between March (April)
SVD1IPTP−SH and SAH6NW−SE is only 0.01 (0.24). The rela-
tively small quantity of SH over the IP and TP and the weak
persistence of the SH anomaly in March and April may be
responsible for the low correlations between the early spring-
time SH anomaly and the SAH in summer. Therefore, con-
current anomalies of TPSH and IPSH in May and the early
summer SAH are the main focuses in the following sections.

The relationship between springtime SH anomalies over
the IP or TP and summertime SAH variations is explored sep-
arately before we analyze the synergistic impact of spring-
time SH anomalies over both plateaus on the variation of the
SAH in the following summer. A partial correlation analysis
is employed to eliminate signals from SH anomalies over the
IP (TP) when analyzing correlations between SH anomalies
over the TP (IP) and the NW–SE shift of the SAH. It should
be noted that the PC1 of SH over the TP has a remarkable
trend, which is related to the strengthening trend of the SAH’s
intensity (figure not shown). This paper focuses on the cor-
relation between the SAH and SH over the IP and TP at the
interannual time scale, and therefore the EOF1 of SH is not
discussed here. The partial correlation coefficients between
the PC2 of SH over the TP (May, eliminated signals from PC1
or PC2 of SH over the IP), PC2 of SH over the IP (May, elim-
inated signals from PC2 of SH over the TP) and SAH6NW−SE
are 0.33, 0.53 and 0.42, respectively, all of which are sta-
tistically significant at the 95% confidence level. However,
all these partial correlation coefficients are smaller than the
correlation coefficient (0.54) between May SVD1IPTP−SH and
SAH6NW−SE. This implies that the synergistic impact of May
SH anomalies over the IP and TP on SAH variations in June is
more remarkable than the impact of May SH anomalies over
each single plateau. In addition, the interannual variations of
SVD1IPTP−SH in May and SAH6NW−SE are not always con-
sistent with each other (Fig. 3b), which implies that factors
besides the elevated thermal effect on these two plateaus may
also have some influence on the variation in location of the
SAH.

The spatial pattern of the May SVD1IPTP−SH shows that
the TPSH anomaly is generally negatively correlated with
the IPSH anomaly (Fig. 3a), especially in the northern
IP (north of 32◦N) and south-central TP (south of 34◦N).
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Fig. 2. June anomaly composites of geopotential height (contour; units: gpm) and horizontal wind (vector; units:
m s−1) at (a, b) 200hPa, (c, d) 500hPa and (e, f) anomaly composites of horizontal wind (vector; units: m s−1) at
850hPa and divergence of vertical integrated moisture flux (shaded; unit: 10−5 s−1) for years with a standardized
SAH6NW−SE (a, c, e) higher than 0.5 or (b, d, f) lower than −0.5. Stippled areas and blue vectors indicate where rele-
vant anomalies are statistically significant above the 90% confidence level. Grey shading in each panel represents the
Tibetan Plateau.

In years with positive SVD1IPTP−SH in May, IPSH is pri-
marily stronger, while TPSH is weaker than normal (Fig.
3c), and the opposite is true for negative SVD1IPTP−SH
in May. Therefore, the significant positive correlation be-
tween May SVD1IPTP−SH and SAH6NW−SE indicates that
the SAH in June is northwestward-located (southeastward-

located) when IPSH is higher (lower) and TPSH is lower
(higher) than normal in May. This relationship can also be
demonstrated by composite analysis based on SVD1IPTP−SH
in May. The 12500-gpm isoline at 200 hPa in June is ob-
viously northwestward-located (southeastward-located) dur-
ing years with an SVD1IPTP−SH above 0.5 (below −0.5).
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Fig. 3. (a) The first mode of the SVD analysis of the surface sensible heat fluxes over the IP and TP (SVD1IPTP−SH) in May, in
which areas encircled by contours indicate correlations significant at the 99% confidence level. (b) Temporal evolution of the
standardized time series for May SVD1IPTP−SH and SAH6NW−SE. (c, d) Composite difference in surface sensible heat fluxes
(units: W m−2) over the IP and TP in May (c) and June (d) between years with a standardized May SVD1IPTP−SH higher than
0.5 and lower than −0.5.

However, the composite for the SAH in July based on May
SVD1IPTP−SH does not exhibit any obvious deviation from its
climatological state; there is only a slight westward shrinkage
(eastward extension) at the eastern edge of the SAH during
strong (weak) May SVD1IPTP−SH years (figure not shown).
It can be inferred that, with increasing rainfall in monsoon
regions after the onset of the Asian summer monsoon, the
thermal effect from SH anomalies over the two plateaus on
the SAH is weakened, while LH from condensation accom-
panying Asian monsoon rainfall gradually becomes a domi-
nant factor of influencing the variation of the SAH. The above
analyses show that the negative correlation between TPSH
and IPSH in May is closely related to the NW–SE shift of
the SAH in June but has a weak relationship with the SAH in
July.

Composite analysis based on the May SVD1IPTP−SH time
series shows that the SH anomaly over the IP and TP in May
can persist till June (Figs. 3c and d). This surface thermal
“memory” may be the result of soil enthalpy “memory” (Hu
and Feng, 2004) and the feedback mechanism between IPSH
and TPSH (Liu et al., 2017b).

5. Mechanisms explaining how concurrent SH

anomalies over the TP and IP in late spring

influence SAH variation in early summer

The previous results reported in section 4 show a close re-
lationship between IPSH and TPSH in May and the location

of the SAH in June. In this section, we focus on the persistent
anomalies of IPSH and TPSH from May to June and discuss
how they affect the distribution of vorticity and modify the
location of the SAH.

Composite analysis shows that, in the years with posi-
tive anomalies of SVD1IPTP−SH in May, IPSH is stronger and
TPSH is weaker than normal (Fig. 3c). The stronger IPSH
strengthens low-level air ascending motion around most parts
of the IP and over the western TP below 200 hPa (Fig. 4c). An
anomalous cyclone is located over the south of the IP and, ac-
cordingly, southwesterly flow to India brings more moisture
to northern India and a cyclonic wind shear exists over north-
ern India and the northern BOB at 850 hPa (Fig. 4a). The
greater convergence of moisture flux and anomalous upward
movement over the southwest TP is possibly responsible for
the higher rainfall and lower SH over that region. A some-
what contrary situation is true for the composite with negative
anomalies of May SVD1IPTP−SH (Figs. 4b and d).

Since the anomalies of SH over the IP and TP in June are
similar to those in May (Figs. 3c and d), composite anoma-
lous atmospheric circulation similar to that in May is ex-
pected in June. There is an anomalous cyclone at 850 hPa
between 15◦N and 30◦N spanning from West Asia, northern
India, to the northern BOB (Fig. 5a), and the strengthened So-
mali jet contributes to anomalous southwesterly winds over
the western Indian subcontinent, carrying more water vapor
from the Indian Ocean to eastern India and the northern BOB.
This anomalous low-level circulation is responsible for the
convergence of total column moisture flux over the eastern
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Fig. 4. (a, b) May anomaly composites of horizontal winds (vector; units: m s−1, blue vectors indicate wind anomalies
are significant above the 90% confidence level) at 850 hPa and divergence of total column moisture flux (shaded; units:
10−5 s−1, stippled areas indicate moisture flux anomalies are significant above the 95% confidence level). (c, d) May
anomaly composites of zonal-vertical motion along the 31.5◦N cross section (units: m s−1 for u and −100 Pa s−1 for
ω, color shadings indicate anomalies are significant above the 95% confidence level). Composites are calculated for
years with a standardized May SVD1IPTP−SH (a, c) higher than 0.5 or (b, d) lower than −0.5. Thick black curve in (a,
b) represents the Tibetan Plateau and black shading in (c, d) represents the topography profile along 31.5◦N.

India subcontinent and northern BOB, as well as the anoma-
lous ascending motion over northern India from the IP to the
western TP (Fig. 5c). Of note is that the anomalous descend-
ing motion over the eastern TP is accompanied by moisture
divergence, meaning the weaker TPSH during May leads to
less rainfall in the eastern TP in June due to its weakened
heat pump effect. Over East Asia, an anomalous southerly
flow and anticyclone to the east of Taiwan carry more water
vapor to eastern China from the South China Sea and west-
ern Pacific. These two vapor flows merge over the Yangtze–
Huaihe river basin, resulting in an anomalous convergence of
total column moisture flux there (Fig. 5a). In years with lower
SVD1IPTP−SH values in May (Figs. 5b and d), an anomalous
anticyclone and divergence in total column moisture flux ex-
ists over northeastern India and the northern BOB, which
implies that the ISM in June is weakened; the anomalous
cyclone over Northeast Asia and northerly winds weaken
the monsoon over East China to the north of the Yangtze

River valley in June (Fig. 5b). As for vertical motion, there
is anomalous descent over a wide region from the western IP
to northeastern India and the Yangtze River valley (Fig. 5d).

To verify the influence of concurrent SH anomalies over
the IP and TP on the aforementioned anomalous atmospheric
circulation and NW–SE shift of the SAH, the vertical vortic-
ity equation (Wu and Liu, 1998; Liu et al., 2001, 2013) is used
to investigate the vorticity generation and diabatic heating:

∂ζ

∂t
+VVV · ∇ζ +βυ = −( f + ζ)∇ ·VVV + f + ζ

θz

∂Q1

∂z
+

1
θz

(
∂u
∂z
∂Q1

∂y
− ∂v
∂z
∂Q1

∂x

)
. (6)

Here, ζ is vertical vorticity, u is zonal wind, υ is merid-
ional wind, f is geostrophic parameter and β is the merid-
ional gradient of f , θz is the vertical gradient of θ. Other
variables in Eq. (6) are consistent with preceding definitions.
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Fig. 5. As in Fig. 4 but for the June anomaly composite according to the May SVD1IPTP−SH.

On the right-hand side of Eq. (6), the latter two terms repre-
sent the effects of the vertical and horizontal gradients of dia-
batic heating. Because the magnitude of [( f + ζ)/θz](∂Q1/∂z)
(10−10 s−2) is one order of magnitude larger than that of
(1/θz)[(∂u/∂z)(∂Q1/∂y)− (∂v/∂z)(∂Q1/∂x)] (10−11 s−2), the
vorticity generated from diabatic heating can be represented
by [( f + ζ)/θz](∂Q1/∂z), which is the vertical shear of appar-
ent heat source. For other terms in the equation, the advection
term VVV · ∇ζ on the left-hand side is balanced by the vortic-
ity divergence term −( f + ζ)∇ ·VVV on the right-hand side, and
∂ζ/∂t is neglected when the monthly mean is the major con-
cern. Therefore, Eq. (6) can be simplified as

βυ ∝ f + ζ
θz

∂Q1

∂z
. (7)

That is to say, in a steady state, southerly flow is associated
with a positive vertical gradient of Q1, and vice versa. When
IPSH is stronger in May, which means the upward heat dif-
fusion above the ground surface and low-level Q1 is inten-
sified, considering the surface heat diffusion is almost zero
(Wu et al., 2007), the near-surface (800 hPa) vertical gradient
of Q1 [( f + ζ)/θz](∂Q1/∂z) is strengthened over a wide re-
gion from the IP to northern India (Fig. 6a), which is respon-
sible for the anomalous southerly over that region in May

(Fig. 4a). Similarly, when stronger IPSH in June generates
larger low-level Q1, there is an anomalous positive gradi-
ent of Q1 [( f + ζ)/θz](∂Q1/∂z) at 800 hPa over most regions
from the IP to northern India (Fig. 6b), which is responsible
for the anomalous low-level southerly over the Arabian Sea
and total moisture convergence over northern India and the
southwestern TP (Fig. 5a). Furthermore, more convergence
of moisture flux in northern India is coincident with more
ISM rainfall in June and generates stronger Q1 in the mid-
troposphere, which is associated with LH release over north-
ern India (Fig. 6c). The negative anomaly of the vertical gra-
dient of Q1 above 400 hPa over northern India and the south-
western TP is responsible for the anomalous northerly over
that region and the stronger anticyclone at 200 hPa (Fig. 2a)
to the west of the intensified heating center (Liu et al., 2001),
and hence the northwestward shift of the SAH in June.

In order to validate the conjecture about the aforemen-
tioned relationships among ISM rainfall, atmospheric cir-
culation, and surface heating, the correlation coefficients of
May SVD1IPTP−SH with 〈Q1〉 and 〈Q2〉 in June are calcu-
lated. Both are significantly positive in northern and eastern
India and negative over the tropical Indian Ocean, and their
spatial distributions are quite similar (Fig. 7). The remarkable
consistency between the distribution of 〈Q1〉 and 〈Q2〉 in June
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Fig. 6. Composite differences in [( f + ζ)/θz](∂Q1/∂z) at 800
hPa (units: 10−10 s−2) in (a) May and (b) June, and (c) dif-
ferences in the pressure-longitude cross section of Q1 (shaded;
units: 10−10 s−2 W m−2) and [( f + ζ)/θz](∂Q1/∂z) (contours;
units: 10−10 s−2) along 31.5◦N in June between years with a
May SVD1IPTP−SH higher than 0.5 and lower than −0.5. Stip-
ples in (a, b) indicate differences are significant above the 95%
confidence level. Grey shading in (a, b) represents the Tibetan
Plateau, black shading in (c) represents the topography profile
along 31.5◦N.

Fig. 7. Spatial distributions of correlation coefficients between
(a) May SVD1IPTP−SH and June 〈Q1〉, (b) May SVD1IPTP−SH
and June 〈Q2〉. Light and heavy shadings indicate correlations
are significant at the 90% and 99% confidence level respec-
tively. Thick black curve represents the Tibetan Plateau.

implies that the intensified release of LH is the primary com-
ponent in atmospheric heat source over northeastern India,
which is associated with anomalous low-level circulation and
is traced back to the surface thermal anomaly in May. From
the above analysis, anomalies in atmospheric heat source as-
sociated with ISM rainfall in June may be a link between
concurrent SH anomalies over the IP and TP in May and the
NW–SE shift of the SAH in June.

6. Conclusions and discussion

Based on ERA-Interim data of atmospheric variables and
GPCP precipitation data, the synergistic effect of concurrent
SH anomalies over the TP and IP in boreal late spring on the
variation in location of the SAH is investigated. The main
results can be summarized as follows:
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The concurrent late springtime surface thermal anomaly
over the TP and IP, which is characterized by a negative cor-
relation between TPSH and IPSH in May and persistence till
June, is closely related to the variation of the SAH in June.
This synergistic effect of concurrent late springtime thermal
anomalies over the two plateaus is more efficient in affect-
ing the variation of the SAH than each single surface ther-
mal anomaly over either the TP or IP. By modulating the
intensity of the ISM and air convection over northern India
in May and June, the concurrent thermal contrast between
the TP and IP in May causes an anomalous release in LH
over northern India, which changes the vertical distribution
of atmospheric heat source. Finally, an anomalous anticy-
clone in the upper troposphere over northwestern India re-
sults in a NW–SE shift of the SAH in June. When IPSH is
stronger (weaker) and TPSH is weaker (stronger) than nor-
mal in May and persists till June, there is an anomalous cy-
clonic (anticyclonic) circulation over the IP and northern In-
dia at low levels. Consistent with the strengthened (weak-
ened) low level cross-equatorial southerly flow over the west-
ern equatorial Indian Ocean and the Indian subcontinent, syn-
ergistic concurrent thermal anomalies over the two plateaus
strengthen (weaken) the ISM in June. At the same time, the
weaker (stronger) TP thermal effect strengthens (weakens)
atmospheric convection over northeastern India. Under the
composite surface thermal conditions of both the IP and TP,
the release of LH over northern India is strengthened (weak-
ened), the decreased (increased) vertical gradient of Q1 above
400 hPa generates an anomalous anticyclone (cyclone) on the
western side of the anomalous heating center, and therefore
the SAH in June shifts northwestward (southeastward).

Whether concurrent SH anomalies over the IP and TP in
May lead to the NW–SE shift of the SAH in July is still incon-
clusive. Although feedback between atmospheric circulation
in June and the release of LH associated with precipitation
is, to some extent, responsible for the NW–SE shift of the
SAH in July, the July composite for the SAH based on May
SVD1IPTP−SH does not exhibit any obvious deviation from
its climatological state (figure not shown). This is partly due
to the time-limited “memory” of the spring surface thermal
anomaly over the IP and TP. Furthermore, the atmospheric
circulation and associated rainfall is much stronger in July,
as the Asian monsoon reaches its mature stage, which out-
weighs the surface thermal anomaly in the previous spring.

There are other issues regarding the variation in the SAH
and Asian summer monsoon worth exploring, in addition to
thermal anomalies over the TP and IP. Compared with land
surface heating, forcing from the oceans also modulates the
Asian summer monsoon; for example, ISM rainfall is signif-
icantly correlated with Indian Ocean sea surface temperature
and moisture flux in the preceding winter and spring (Li et
al., 2001). The EASM is also greatly affected by ENSO (Lau
and Nath, 2006). It seems that, in years when the concurrent
thermal effect of the IP and TP and the NW–SE shift of the
SAH are not in-phase, oceanic forcing plays a dominant role
in the variation of the SAH. Therefore, comprehensively con-
sidering the effects of land and ocean forcing will improve

our understanding regarding variations in the SAH and sum-
mer rainfall in Asia. Further investigation through numerical
simulations would give us new insights into the relationship
between springtime thermal anomalies over the IP and TP
and subsequent summertime variations in the SAH and the
Asian monsoon.
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ABSTRACT

This paper presents an analysis of changes in global land extreme temperature indices (1951–2015) based on

the new global land surface daily air temperature dataset recently developed by the China Meteorological

Administration (CMA). The linear trends of the gridpoint time series and global land mean time series were

calculated by using a Mann–Kendall method that accounts for the lag-1 autocorrelation in the time series of

annual extreme temperature indices. The results, which are generally consistentwith previous studies, showed

that the global land average annual and seasonal mean extreme temperature indices series all experienced

significant long-term changes associatedwith warming, with cold threshold indices (frost days, icing days, cold

nights, and cold days) decreasing, warm threshold indices (summer days, tropical nights, and warm days)

increasing, and all absolute indices (TXx, TXn, TNx, and TNn) also increasing, over the last 65 years. The

extreme temperature indices series based on daily minimum temperatures generally had a stronger and

more significant trend than those based on daily maximum temperatures. The strongest warming occurred

after the mid-1970s, and a few extreme temperature indices showed no significant trend over the period

from 1951 to the mid-1970s. Most parts of the global land experienced significant warming trends over the

period 1951–2015 as a whole, and the largest trends appeared in mid- to high latitudes of the Eurasian

continent.

1. Introduction

Global mean surface temperature has increased over

the last 100 years (Cubasch et al. 2013; Jones et al. 2012;

Sun et al. 2017b). A changing climate may lead to

changes in the frequency, intensity, duration, and timing

of weather and climate extremes and can probably result

in unprecedented weather-related disasters. If exposure

and vulnerability remain unchanged, extreme weather

and climatic events will have direct negative impact

on natural and human systems (Handmer et al. 2012;

Seneviratne et al. 2012). During the period of 1980–

2010, the global annual economic losses caused by ex-

treme weather and climatic events have ranged from a

few billion U.S. dollars to more than $200 billion (in

2010 dollars), with the highest value in 2005 (Handmer

et al. 2012). A better understanding of long-term change

of extreme climate thus cannot only contribute to

climate change detection, attribution and projection,

but can also improve management of extreme-climate-

related disaster risk.

During the last two decades, great progress was

made in the studies of both global and regional long-

term changes in extremes, thanks to the efforts of

the joint Expert Team on Climate Change Detection

and Indices (ETCCDI) of the WMO Commission

for Climatology (CCL) and World Climate Research

Programme (WCRP) Climate Variability and Pre-

dictability (CLIVAR) project, which organized a se-

ries of regional workshops to develop, calculate and

analyze a suite of extreme climate indices (Frich et al. 2002;

Peterson et al. 2002; Easterling et al. 2003; Aguilar et al.

2005; Vincent et al. 2005, 2011; Peterson 2005; Zhang

et al. 2005a; Klein Tank et al. 2006; New et al. 2006;Corresponding author: G. Y. Ren, guoyoo@cma.gov.cn
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Alexander et al. 2006; Peterson and Manton 2008;

Donat et al. 2013a). A total of 27 core indices (in-

cluding 16 extreme temperature indices) and the cor-

responding calculation procedures (e.g., RClimDex

and FClimDex) were formulated (X. Zhang et al. 2011),

which were also widely used for studies of regional ex-

treme temperature change (Yan et al. 2002; Klein Tank

andKönnen 2003; Zhai and Pan 2003; Vincent andMekis

2006; Brown et al. 2010; Zhou and Ren 2011; Xu et al.

2013; Sharma and Babel 2014; Fonseca et al. 2016; Sun

et al. 2017a; Jayawardena et al. 2018).

Extreme climate datasets, for example, the Met

Office Hadley Centre climate extremes datasets

HadEX (Alexander et al. 2006) and HadEX2 (Donat

et al. 2013a), and the Global Historical Climatology

Network–Daily datasets HadGHCND (Caesar et al.

2006; Donat et al. 2013b) and GHCNDEX (Donat

et al. 2013b), were developed to facilitate the analyses

of global extreme climate change. Most of the daily

temperature datasets were sourced from the European

Climate Assessment dataset, the Global Historical

Climatology Network–Daily dataset, and a series of

regional workshops on extreme climate and covered a

period from 1951 to recent years. Generally, the re-

sults of the analyses based on these datasets showed

widespread and significant changes in the temperature

extremes associated with climate warming, with those

indices derived from daily minimum temperature ex-

hibiting larger and more significant trends over the

past decades (Alexander et al. 2006; Caesar et al. 2006;

Donat et al. 2013a,b).

A new global land surface daily temperature dataset

was recently developed by National Meteorological In-

formation Center of the China Meteorological Admin-

istration (CMA), under the framework of the national

research project of public welfare supported by the

Ministry of Science and Technology of China (Ren et al.

2014; Xu et al. 2014). This work was based on the CMA

Global Land Surface Daily Temperature (GLSDT-V1.0)

dataset, which was an integrated international and

national dataset with a good observational coverage in

some regions especially in East Asia, permitting a new

analysis of the global change of the main extreme

temperature indices over the period 1951–2015.

The rest of this paper is organized as follows: the

data and methods are first described in section 2. In

particular, the data quality control, the homogeneity

test procedures, extreme temperature indices and their

calculation, and the methods of gridding, area weight

averaging, trend estimate, and significance test are in-

troduced in this section. The results are then presented

in section 3. The discussion and conclusions are offered

in sections 4 and 5, respectively.

2. Data and methods

a. Data sources and data integration

This study was based on the GLSDT-V1.0 (Ren et al.

2014; Xu et al. 2014) and China HomogenizedHistorical

Temperature Dataset (CHHTD-V1.0) developed by

the National Meteorological Information Center, CMA

(Cao et al. 2016).

GLSDT-V1.0 is an integrated daily temperature data-

set that is from three global sources [Global Historical

Climatology Network–Daily (GHCND), Global Surface

Summary of the Day (GSOD), and Climate Prediction

Center (CPC)], one regional source [European Climate

Assessment and Dataset (ECA&D)], and five national

sources (mainland of China, Russia, Australia, South

Korea, and Vietnam). All the data in the GLSDT-V1.0

global sources and regional sources are open access, and

the data in national sources are collected through bilat-

eral exchanges with relevant countries (Table 1).

TABLE 1. Summary of data sources used in GLSDT-V1.0. Shown in the table are the priority grade (1 for first priority and 4 for least

priority) of each dataset when included in GLSTD-V1.0, the number of total stations contained in each of the datasets, and the number of

unique stations that each data source provides for GLSTD-V1.0.

Source Priority Name/country No. of total stations No. of unique stations

Global 2 GHCND (Menne et al. 2012a,b) 30 519 24 127

3 GSODa 28 514 9630

4 CPCb 11 267 3390

Regional 1 ECA&D (Klein Tank et al. 2002) 2872 2811

Country 1 Mainland of China (Cao et al. 2016) 2419 2419

1 Russia 223 88

1 Australia (Trewin 2001) 103 72

1 South Korea 76 70

1 Vietnam 22 22

a ftp://ftp.ncdc.noaa.gov/pub/data/gsod.
b https://www.cpc.ncep.noaa.gov/.
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The integration of multiple data sources mainly in-

cludes the following steps:

1) Data standardization. The datasets come from dif-

ferent sources, with station naming rules, data units,

precisions, missing values codes, observational time

system, and data formats being different. Therefore,

it is necessary to standardize the data from various

sources first. The processing steps are as follows:

(i) Unified station identification code. Referring to

the station naming rules of GHCND (Menne

et al. 2012a,b) data products, the first 2 digits are

national codes, the middle digit is the data

source identifier (if it is aWMO station number,

the logo is ‘‘W’’), and the last 8 digits retain the

original station code of each source. If the sta-

tion code is less than 8 digits, ‘‘0’’ was added to

front as prefix.

(ii) Unified data units. Fahrenheit degrees were

converted to Celsius degrees (8C).
(iii) Unified data precision. The precision of the

original daily temperature data is generally

0.18C, but the temperature data of the United

States are mostly stored in whole Fahrenheit de-

grees, which is equivalent to a precision of 0.568C;
most of the Canada data have a precision of 0.58C,
and many of the Mexican records have a precision

of 18C (Zhang et al. 2009; Peterson et al. 2008). The

precision is lower than the standard of 0.18C rec-

ommendedbyWorldMeteorologicalOrganization

(WMO2008), whichwould affect the estimation of

the trends andmeans of the four relative threshold

indices (TN10p, TN90p, TX10p, TX90p) because

the quantile estimator may be related to data

resolution (Zhang et al. 2009; Peterson et al.

2008). Therefore, we added a small uniform

random number from the interval (20.5, 0.5) to

each daily temperature series (Tmax andTmin) and

then rounded it to the nearest 0.18C when com-

puting the four relative threshold indices, follow-

ing the proposal by Zhang et al. (2009). Other

indices analyzed in this study were calculated by

using the original daily temperature series that

had not been processed by adding any random

numbers because the calculation of these indices

does not need to estimate the quantile.

(iv) Shifting Chinese data backward by 1 day. The

data of China’s ground-based manual meteoro-

logical stations are observed at 2000–2000 Bei-

jing time (BT) before around year 2003. In line

with global data, the time system of China’s sta-

tions was converted to 0000–0000 BT. For

example, the daily maximum and minimum

temperature from 2000 BT 2 January to 2000 BT

3 January is taken as the daily maximum and

minimum temperature of 3 January because

the daily maximum temperature always appears

around 1300–1600 BT, and the daily minimum

temperature always appears around 0600–0900

BT. This practice can be problematic in some

special cases (about 1%). For example, suppose

that the temperature began to drop sharply after

2000 BT 3 January, which caused the daily min-

imum temperature on 3 January to probably

appear between 2000 and 2400 BT instead of

around 0600–0900 BT. Currently, there is no

better way to solve this problem.

(v) Unified data formats. In each station’s data file,

from left to right are the station number, date,

climate element (maximum andminimum temper-

ature), and quality control code, respectively.

(vi) Unified missing values code. The missing values

code of a climate element (maximum tempera-

ture and minimum temperature), longitude and

latitude, and elevation are marked as 2999.9.

2) Checking and integration of the repetitive stations.

The data from different sources may contain dupli-

cated stations. The stations will be regarded as

duplicated ones on the condition that the WMO

station codes are the same, or the latitude and lon-

gitude are exactly the same (the precision of latitude

and longitude used in this study is 0.018), or the lat-

itude and longitude are close (difference of longitude

and/or latitude between the stations of two data

sources is less than 0.508) and at least 60% records of

the two source series during the study period are

identical.

It is necessary to make further analysis for the dupli-

cated stations to decide which stations should be retained.

The stations with the longer series were retained. If the

series length is same, then the stations series with the

higher priority were retained. The priority of data was

assigned based on the data sources, the frequency of up-

dates, and the length of time series (see Table 1). The

integrity and quality of data product released by the na-

tional meteorological agencies of China, South Korea,

Australia, Russia, and Vietnam are relatively high, so

these data products have the highest priority.

The dataset of CHHTD-V1.0 (Cao et al. 2016) had

undergone a rigorous quality control and had been ho-

mogenized through the software RHtestsV3 (Wang and

Feng 2010). The dataset has the best coverage of ho-

mogeneous daily temperature data in the mainland of

China. Therefore, in order to make the best use of the

existing homogeneous dataset, we replaced the part of
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the dataset for themainland of China in theGLSDT-V1.0

with the CHHTD-V1.0.

We also used the dataset of stratospheric aerosol op-

tical depth at 550 nm (Sato et al. 1993) that is available

online (https://data.giss.nasa.gov/modelforce/strataer/).

This dataset starts in 1850 and ends in July 2012. Con-

sidering the time period in this study, we only use the

data between January 1951 and December 2011.

b. Data quality control

The dataset GLSDT-V1.0 had undergone a quality

control when it was developed in 2014. After the two

datasets of GLSDT v1.0 and CHHTD-V1.0 (Cao et al.

2016) were integrated to one, we conducted a new quality

control that was mainly based on the module embedded

in the software RClimDex (Zhang and Feng 2004). This

work was performed following the 6-step checks below:

1) Whether the latitude and longitude values of the

stations are out of bounds. The longitude and latitude

values of each station should be limited between21808
and 1808, 2908 and 908, respectively.

2) Whether the records are repetitive. The data of differ-

ent months for the same station were checked for

repetition. For example, the daily maximum tempera-

ture records for thewhole years of 1959 and 1979 are the

same at stationAG000060590, and these two years data

were replaced by missing values.

3) Whether the dates are repetitive. The results show

that there are not any repetitive dates.

4) The climatological limit value of the temperature.

Because the highest temperature and the lowest tem-

perature reported for the globe in literature (Cerveny

et al. 2007) were 57.88 and 289.48C, respectively, the
daily temperature values that fall outside of this range

(from289.48 to 57.88C)were regarded asmissing values.

5) The internal consistency. Daily minimum and max-

imum temperatures were set to missing values if the

daily minimum temperature is larger than the daily

maximum temperature.

6) The climate extreme value. The maximum range

of daily minimum (or maximum) temperature

was defined as five standard deviations (std) of

the reference period (1961–90) mean value, that

is, [mean 6 5 3 std]. Daily temperatures that were

found falling outside of this range were replaced by

missing values. It is possible that an extremely small

portion of these outliers could be a true climatic

extreme that was excluded, and this treatment may

have made the extreme temperature indices change

of certain stations or grid boxes less extreme.

Finally, stations that have no more than 15 days of

missing values in a year and no more than 15 years of

missing values during the reference period 1961–90 were

retained. Totally, there are 12 295 such stations, which

were selected for use in the following analysis.

c. Data homogeneity

Homogenization is amore complicated problemwhen

compared with the problems of data quality. The inho-

mogeneity of data series can be caused by the changes

of nonclimatic factors (e.g., observing procedures and

practice, station relocation, and observing times), which

will make the estimate of trend of climate change un-

reliable. There is not always a coherent approach to

cope with the problem of inhomogeneity (Peterson et al.

1998). A number of global or regional homogeneous

monthly datasets had been developed (Menne and

Williams 2009; Lawrimore et al. 2011; Jones et al. 2012;

Vincent et al. 2012; Xu et al. 2018). However, only a few

homogenized regional daily temperature datasets have

been developed (Vincent et al. 2002; Wijngaard et al.

2003; Brunet et al. 2006; Li and Yan 2009; Trewin 2013;

Xu et al. 2013; Cao et al. 2016) because of the difficulty

caused by the largely spatiotemporal variability of daily

temperature (Vincent et al. 2012) and the sensitivity of

daily temperature to topography and local environment

(Trewin and Trevitt 1996).

In this study, although the datasets of the mainland of

China and Australia had been homogenized (Cao et al.

2016; Trewin 2001), the data in other regions have

not been adjusted for homogeneity. To avoid errone-

ous trend estimates caused by the nonclimatic factors

as much as possible, however, we used the penalized

maximal F test method of RHtestsV4 software (Wang

2008a,b; Wang and Feng 2013) to test the homogeneity

of all the station data series without a reference series. If

step changes of data series were detected, they would be

excluded. Because of the lack of metadata, and also

since some of these step changes detected may some-

times reflect true climatic shifts, a high confidence

threshold of 99.99% was adopted, which means that

only the most substantial inhomogeneities would be

detected and excluded. This would be a reasonable ap-

proach that was also applied for other large datasets

such as ECA&D (Klein Tank et al. 2002) and HadEX

(Alexander et al. 2006). In total, 1074 out of the 12 295

stations were identified as inhomogeneous at the high

confidence level and were thus excluded from our sub-

sequent analysis. Given that the daily maximum/mini-

mum temperature of GSOD dataset may be calculated

from incomplete days and most of the GSOD stations

located in the areas where the daily temperature records

are already well covered by other datasets, we finally

excluded most of GSOD stations, except for the 64

stations in Africa and South America where the station
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coverage was sparse. Therefore, the new dataset of

GLSDT-V1.0 thus contains in total 10 372 stations for

use in this study. The stations are shown in Fig. 1a, the

yearly counts of stations with data in Fig. 1b, and the

number of stations in each grid point with at least one

station in Fig. 1c.

Figures 1a and 1c show the uneven distribution of the

stations across the continents. The densest observations

are seen in three regions: Europe, East Asia, and the

United States. Blank areas and sparser observations are

visible in Africa, West Asia, SouthAsia, Southeast Asia,

and South America. The yearly count of stations is

characterized by a low value in the early 1950s, a high

level of over 6000 stations during 1961–95, and a decline

after the mid-1990s (Fig. 1b). The recent decline in data

coverage mainly occurs in Europe, Asia, Africa, and

Canada (Figs. 2a–d). Compared with other datasets in-

cluding HadEX2 (Donat et al. 2013a) and GHCNDEX

(Donat et al. 2013b), more available temperature sta-

tions were added in this research, especially in East

Asia. The temperature stations included only in this

research but not inGHCNDEXandHadEX2 are shown

in Figs. 2f and 2h. The largest increase in number of

stations in GLSDT can be seen in Asia, but other con-

tinents also witness increase in varied extents in the data

coverage. It should be noted that the HadEX2 dataset

only incorporated the United States and Australia sub-

sets of the stations with homogeneous data series, and this

is themain reason whyGLSDT hasmore stations in these

regions compared to HadEX2. Overall, this research ap-

plies more stations in East Asia, Europe, and South

America compared to the GHCNDEX; and in East Asia,

the United States, and continents of the Southern Hemi-

sphere compared to HadEX2.

d. Extreme temperature indices

To make comparisons with previous studies, 12 ex-

treme temperature indices recommended by ETCCDI

were used. Four indices [the warm spell duration index

(WSDI), cold spell duration index (CSDI), growing

season length (GSL), and daily temperature range

(DTR)] included in the recommendation of ETCCDI

were also calculated but not analyzed in this paper. The 27

ETCCDI indices are defined by the intensity, frequency,

and duration of abnormal temperature events. (Detailed

definitions and calculation of these indices are described

at http://etccdi.pacificclimate.org/list_27_indices.shtml.)

We developed a new procedure, based on the func-

tions of R language package climdex.pcic (Bronaugh

2015), to batch calculate the extreme indices for multi-

stations, which was different from the climdex.pcic

package that can only be used to calculate a single station

FIG. 1. (a) Locations of temperature stations used in this study. The colors represent the length of time series of

stations. The number in parentheses indicates the total number of stations. (b) The number of stations each year.

(c) The number of stations in the grid. (d) The station ratio of non-Gaussian distribution for each of the 12 extreme

temperature indices.
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one time. It should be pointed out that, when calculating

the four relative threshold indices (TN10p, TX10p, TN90p,

and TX90p) by the definitions, there are artificial in-

homogeneities at the beginning and end of the reference

period, whichmake these indices unsuitable formonitoring

and detecting long-term change; these can be effectively

eliminated by using a bootstrap resampling procedure

(Zhang et al. 2005b). The climdex.pcic package (Bronaugh

2015) also adopted this bootstrap resampling method

(Zhang et al. 2005b) in its algorithm for calculating the four

relative threshold indices, which was also used by other

researchers (Sillmann et al. 2013).

The time period of 1961–90 was considered as the

climate reference period in this study. Regarding the

FIG. 2. (a)–(d) The stations distribution in the years 1955, 1975, 2000, and 2015. (e)–(h) The stations of

GHCNDEX and HadEX2 (Donat et al. 2013a,b), and the corresponding temperature stations that are included

only in GLSDT dataset but not in GHCNDEX andHadEX2, respectively. All the selected stations have at least 15

years of nonmissing data during the reference period 1961–90. The station record length refers to the length of

nonmissing data from 1951 to 2015.
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calculation of the monthly indices, the number of

missing values should be no more than 3 days in a

month. For the calculation of the annual indices, not

only the number of missing days should be no more

than 3 days in a month, but also the number of missing

days should be no more than 15 days in a year. The

units of the four relative threshold indices (TN10p,

TX10p, TN90p, and TX90p) were converted into days

for better understanding.

e. Analysis methods

As the elevations of stations are variable and the

spatial distribution of stations is uneven at different

regions, it is unreliable to calculate the global average

series through simple arithmetic average of the sta-

tion data. Hence, the station temperature indices

were first calculated for daily time series, and then the

station indices values in the grids of 58 3 58 latitude–
longitude were averaged to obtain the grid indices

values. The grid area-weighted average method

developed by Jones and Hulme (1996) was used to

calculate the global average extreme temperature

indices series.

First, the annual/seasonal anomaly series relative to

the reference period were calculated based on stations

indices.

Second, we divided Earth’s surface into 58 3 58
latitude–longitude grids as mentioned above and aver-

aged all the available station anomaly series within a

grid box to get the grid anomaly series. The numbers

and distribution of the grids with values varies among

the different extreme temperature indices, but the

blank grids are mostly distributed in Africa, Antarctic,

and northern South America.

Finally, the global land average anomaly series was

calculated using the gridbox area-weighted average

method, with the weights being the cosines of the lati-

tude of center of each grid with value (Jones and Hulme

1996). The global land average time series were calcu-

lated using only those gridcell series with at least 90% of

data during 1951–2015.

Ordinary least squares (OLS) is widely used in the

calculation of trends due to its simplicity and in-

telligibility. As OLS method is based on the hypothesis

that the data have a Gaussian distribution, it is not ro-

bust to estimate trends when the data are not Gaussian

distributed or there are outliers at the bound. Hence, the

Shapiro–Wilk normality test (Royston 1982) was used

to examine if the data series of a station comes from

Gaussian distribution. The results showed that most of

the indices violate the Gaussian assumption in varied

extents (Fig. 1d). Additionally, serial correlation could

increase the rejection rate of trend significant test

(i.e., more significant trend would be obtained),

which made the result unreliable (Von Storch and

Navarra 1999). We calculated the partial autocorre-

lations of annual mean extremes indices series for

each grid points for different lag (lag 5 1, 2, . . . , 12).

As a result, we found that few partial autocorrela-

tions for lag . 1 are significant at the 5% level.

Therefore, the linear trend of a gridbox average mean

anomaly time series was calculated using a modi-

fied Theil–Sen estimator (Sen 1968) that diminished

the effect of lag-1 autocorrelation using an iterative

prewhitening process (Zhang et al. 2000; Wang and

Swail 2001), and the Mann–Kendall test (Mann 1945;

Kendall 1955) was used to test the significance of

trend at the 5% level. It was determined that, when

the trends of gridcell series were estimated, the length

of the time series should not be less than 40 years

and the last year of the time series should not be ear-

lier than 2000; otherwise the grid trend was set as

missing values.

However, if a gridcell series of four absolute

threshold indices [number of frost days (FD), number

of summer days (SU), number of icing days (ID), and

number of tropical nights (TR)] is all zero values,

that is, no extreme events occurred in the entire time

series, the trend of this gridcell series would still

be calculated, but a cross mark would be added on

the grid cell, which indicated that the trend esti-

mate of this gridcell series was not being robust in

statistics (Frei and Schär 2001). In addition to zero

values, there is another situation in which the ex-

treme events occurred every day of the year, that is,

the saturated values (365/366). For example, summer

days and/or tropical nights of some stations near the

equator may have saturated values (365/366) in al-

most all years. We found that none of the stations

have all saturated values in the entire time series, and

only a few stations (3–5) whose ratio of saturated

values to record length exceeds 90%. So, the situation

of saturated values would not be taken into account in

this study.

In addition to the whole time period of 1951–2015, we

also calculated and analyzed the trends of the extreme

temperature indices for two subperiods of 1951–75 and

1976–2015 according to the change characteristics of

these indices. Climatic seasons were applied to analyze

the long-term change in seasonal mean extreme tem-

perature indices. March, April, and May (MAM) were

considered spring (autumn in Southern Hemisphere);

June, July, and August (JJA) were considered summer

(winter in Southern Hemisphere); September, October,

and November (SON) were considered autumn (spring

in Southern Hemisphere); and December, January,

15 DECEMBER 2019 ZHANG ET AL . 8495



and February (DJF) were considered winter (summer

in Southern Hemisphere).

3. Results

For all the indices, the global land average anomaly

series shows a significant (at the 5% level) warming

trend during the period 1951–2015. However, the

change mainly occurred during the period 1976–2015.

For most of the indices, the trend magnitude over

the period 1951–76 is small and not significant sta-

tistically (Table 2). This temporal characteristic is

consistent with the global land mean surface air

temperature change as reported in previous works

(Lawrimore et al. 2011; Jones et al. 2012). It should be

also noted that the results are not strictly ‘‘global land

average’’ because of the substantial spatial gap in

some regions.

In the rest of this section, we mainly analyzed the

absolute threshold indices (FD, SU, ID, and TR),

relative threshold indices (TN10p, TX10p, TN90p,

and TX90p), and extreme value indices (TXx, TNx,

TXn, and TNn) to keep the length of this article

within the limit (see Table 2 for descriptions of these

indices).

a. Absolute threshold indices

Figure 3 shows the spatial distribution of trend and the

global land average anomaly series for the four absolute

threshold indices for the period 1951–2015.

In the perspective of spatial distributions of trends,

the frequency of frost days was decreasing in most parts

of the world, with Europe and Asia decreasing more

than the other regions andNorthAmerica andAustralia

decreasing modestly (Fig. 3a). However, the frequency

of the frost days of a few grid boxes in southern Europe,

North America, and the southern part of South

America were increasing, although the upward trends

were mostly insignificant. The frequency of summer

days was increasing in most parts of the global land,

and the midlatitude zone of the Northern and South-

ern Hemispheres is the most obvious area for warming

in summer; in eastern and central North America,

however, the frequency of summer days was decreas-

ing (Fig. 3b). The frequency of icing days was de-

creasing in the most regions of the world, but the

eastern, central, and southern parts of the United

States witnessed an increasing trend (Fig. 3c). The

frequency of tropical nights was also increasing in the

most parts of the world, despite a decreasing trend

that could be seen in a small part of the central United

States (Fig. 3d).

The global land average of frost days decreased over

the entire study period, with the most rapid decline

occurring after the mid-1970s during which the anom-

aly value of the index was mainly negative. Frost days

were relatively lower in 1990, 1998, 2007, and 2015, and

the lowest values occurred in 2015 (Fig. 3a). The

change pattern of icing days is similar to that of frost

days, but the latter has a greater trend in most parts of

the world (Table 2). Before the mid-1970s, there was

almost no obvious trend in summer days, but the global

average index series increased rapidly since the mid-

1970s. Since the mid-1970s, except for the obvious

negative anomalies in 1983–85 and 1992–93, all the

other years registered positive anomalies, with the

highest positive values appearing in the last decade.

The lowest level occurred in 1992–93, when the

stratospheric aerosol optical depth was at its peak due

to the influence of the eruption of the Mount

TABLE 2. Trend estimates for 12 global extreme temperature indices over the periods 1951–75, 1976–2015, and 1951–2015. Trends of at

least 5% significance are shown in bold. The units of cold nights (TN10p), cold days (TX10p), warm nights (TN90p), and warm days

(TX90p) were converted to days.

Trend

Index 1951–75 1976–2015 1951–2015 Units

Frost days (FD) 20.83 22.31 21.96 days decade21

Summer days (SU) 20.21 2.95 1.76 days decade21

Icing days (ID) 20.50 20.83 20.96 days decade21

Tropical nights (TR) 0.00 2.03 1.27 days decade21

Maximum Tmax (TXx) 20.08 0.25 0.13 8C decade21

Maximum Tmin (TNx) 20.01 0.27 0.19 8C decade21

Minimum Tmin (TXn) 0.07 0.40 0.28 8C decade21

Minimum Tmin (TNn) 0.05 0.52 0.40 8C decade21

Cold nights (TN10p) 20.97 23.64 24.01 days decade21

Cold days (TX10p) 20.45 23.41 22.85 days decade21

Warm nights (TN90p) 0.13 8.31 5.34 days decade21

Warm days (TX90p) 21.75 6.07 3.95 days decade21
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Pinatubo volcano in 1991. When the stratospheric

aerosol optical depths were relatively high, the sum-

mer days were usually fewer. The change of tropical

nights is similar to summer days, but the trend mag-

nitude of the former is generally greater.

Therefore, all of the four absolute threshold indices in-

dicate warming trends during the study period 1951–2015

(i.e., frost days and icing days decreased, and summer

days and tropical nights increased), but the warming of

these indices mainly occurred after the mid-1970s. No

FIG. 3. Trends distribution of grid average annual extreme temperature indices (day decade21) and global land

average time series of annual anomalies relative to the reference period (1961–90) average (day) over 1951–2015 for

(a) frost days (FD), (b) summer days (SU), (c) icing days (ID), and (d) tropical nights (TR). Trends were calculated

only for the grid boxes that have at least 40 years of data during the study period and the last year of the data does

not occur before 2000. The global average time series were calculated using only the gridcell series that have at least

90% of data during 1951–2015. Stippling indicates the gridcell trends are significant at the 5% level. Cross marks

indicate the gridcell series with only zero values, i.e., no extreme events occurred in the entire time series. The black

smooth curves on the bar chart were obtained by using the locally weighted scatter smoothing (LOWESS) method

(Cleveland 1979). Gray shading presents the time evolution of global average aerosol optical depth series at 550 nm

(Sato et al. 1993).
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statistically significant change occurred for these indices

before the mid-1970s.

b. Relative threshold indices

Figure 4 presents the linear trends patterns and global

land average series of four relative threshold indices

(cold nights, cold days, warm nights, and warm days). In

view of the spatial distributions of the trends, cold nights

and warm nights showed a good spatial consistency.

Except for a few grid boxes, the regions of the continents

experienced a warming trend, that is, the cold nights

were decreasing and warm nights were increasing in

frequency, cold nights decreased more in Eurasia than

other continents, and similarly, warm nights also in-

creased more in Eurasia than other continents.

At the same time, cold days showed a decreasing

trend and warm days showed an increasing trend in the

most parts of the continents. However, the central and

southern parts of the United States presented a spatial

inconsistency with the rest of world. In these areas, the

cold days were increasing and warm days were de-

creasing in frequency, forming the so-called warming

FIG. 4. As in Fig. 3, but for relative threshold indices: (a) cold nights (TN10p), (b) cold days (TX10p), (c) warm

nights (TN90p), and (d) warm days (TX90p). The units of these indices were converted to days.
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hole (Pan et al. 2004), although the trends of these

areas were not significant statistically. Similarly, the

magnitude of trends in these indices was larger in

Eurasia than in the other continents including North

America.

Global land average extreme cold indices (cold days

and cold nights) were decreasing in frequency, ex-

treme warm indices (warm days and warm nights) were

increasing in frequency, and the change magnitude of

extreme cold indices was smaller than that of the ex-

treme warm indices. It was notable that, before the

mid-1970s, the extreme cold indices and extreme warm

indices were relatively stationary and the trends were

also not significant statistically (Table 2). However,

these indices changed quickly, and the trends were also

statistically significant after the mid-1970s (Table 2).

The last year (2015) of the study period was the year

with the highest frequency of extreme warm events

and the lowest frequency of extreme cold events in the

last 65 years.

c. Extreme value indices

As shown in Fig. 5, the four extreme value indices

(TXx, TNx, TXn, and TNn) show a warming trend in

most parts of the world, but the trends of the indices

related to the daily maximum temperature (TXx and

TXn) are spatially more variable than the indices re-

lated to daily minimum temperature (TNx and TNn). A

cooling trend of TXx could be seen once again in eastern

United States. Although the trends of TXn in central

and southern United States are negative, they are not

significant at the 0.05 level. The cold extreme events

(TXn and TNn) experienced a larger warming trend in

mid- and high-latitude regions of Northern Hemisphere

than in other regions.

The global land average time series of four extreme

value indices did not change significantly before the

mid-1970s (Table 2), but experienced a rapid increase

after the mid-1970s, which is consistent with the changes

in the other extreme temperature indices.

d. Seasonal changes

In this section, we present the seasonal analysis re-

sults for only the cold nights (TN10p; Fig. 6) and warm

days (TX90p; Fig. 7) because of the limited length of

the paper.

All seasons have warmed during the study period

1951–2015 in terms of changes in the two indices. The

frequency of cold nights was decreasing, the frequency

of warm days was increasing, and the linear trends of the

two indices are significant statistically (Figs. 6 and 7 and

Table 3). However, there was a shift near the middle of

1970s. Before that time, almost all seasons (except for

the cold nights inMAM) changed slowly, and the trend

was found to be insignificant statistically; after the

mid-1970s, the changes were faster, and the trends

were found to be significant statistically. The cold nights

in MAM exhibited a faster decreasing trend before the

mid-1970s than during the later period, indicating an

earlier warming of nighttime in boreal spring. At the

same time, warm days had a small decreasing trend in all

seasons before the mid-1970s, showing that there was a

tendency to become cooler during the daytime, although

it was not significant statistically.

The signal of the Mount Pinatubo volcano eruption

in 1991 seemed strong in the global land annual

anomaly series of warm days in JJA and SON, but was

not so obvious in other seasons (Fig. 7). The boreal

autumn and summer signal of the eruption was also

notable, to a less extent, in the annual anomaly series

of cold nights in 1992–93.

In view of spatial distribution, cold nights (Fig. 6) in

Asia (especially in DJF) have decreased more than

those in any other regions, while the decrease was

relatively small in the United States, where it even

witnessed an increasing trend in DJF (Fig. 6d), though

the trend are not significant statistically. This is con-

sistent with that reported in Alexander et al. (2006)

for cold nights.

In MAM, warm days have increased more in Asia

and Europe than in the other regions, while in JJA, the

daytime warming mainly occurred in southern Europe

and northern Africa, central and Southeast Asia, and

Australia. The frequency of warm days decreased in the

central and southern part of the United States in all the

four seasons, with the decrease being most remarkable

in JJA. An area with little change in warm days can be

seen in eastern China in summertime.

4. Discussion

a. Comparison with previous studies

Overall, our findings in this paper are similar to the

previous analyses investigating global land changes in

temperature extremes (Easterling 2000; Frich et al.

2002; Alexander et al. 2006; Caesar et al. 2006; Donat

et al. 2013a,b). The trends of the HadGHCND and

GHCNDEX datasets over the periods 1951–2011 were

reported in Donat et al. (2013b). For the sake of com-

parison, we also calculated the trend of each index over

the period 1951–2011, as shown in Table 4. In general,

the change magnitude of the extreme cold indices is

greater than the change magnitude of the extreme warm

indices in all of these datasets. For extreme value indices

and relative threshold indices, the linear trends estimated

in this study show substantial similarity to those estimated

15 DECEMBER 2019 ZHANG ET AL . 8499



in the previous studies, with most of our estimates of

trend values for relative threshold indices standing be-

tween those based on the HadGHCND (Caesar et al.

2006; Donat et al. 2013b) and GHCNDEX (Donat et al.

2013b) datasets.

There are someminor differences of trends among the

three datasets, most probably due to the fact that 1) the

different criteria had been used for choosing stations

and the resulting different data coverage in the conti-

nents, 2) the different methods had been used to create

grid averages from station data, or 3) the extreme

temperature indices had been calculated from stations

and then gridded (GHCNDEX) or from gridded daily

data to calculate grid indices series (HadGHCND)

(X. Zhang et al. 2011). In this research, the temperature

indices series were first calculated from station daily

time series, and then the station indices values were

averaged to obtain the gridded fields. The differences in

the calculation order also may affect the results in cer-

tain extent and their interpretation (X. Zhang et al.

2011; Avila et al. 2015). Dunn et al. (2014) investigated

the uncertainties in global gridded datasets of climate

FIG. 5. As in Fig. 3, but for indices (a) maximum Tmax (TXx), (b) maximum Tmin (TNx), (c) minimum Tmax (TXn),

and (d) minimum Tmin (TNn).
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extremes and found that the global land time series of

the indices were only slightly affected by ‘‘parametric

uncertainty’’ (the changes of parameters within the

analytical framework), but were largely affected by

‘‘structural uncertainty’’ (the changes of overall analytical

framework). The structural uncertainty canbe estimatedby

having multiple independent teams analyze the same

dataset using distinct methods (Hartmann et al. 2013). The

trend 1.59 days decade21 of summer days in this study

is significantly greater than the trend of GHCNDEX

and HadGHCND, which may be caused by structural

uncertainty because a similar trend 1.29 days decade21

of summer days can be obtained by calculated the

GHCNDEX dataset using the same procedures used in

this study.

Some extreme events (frost days, summer days,

icing days, and tropical nights) may never occur in

certain regions. For example, frost days and icing days

occur rarely in low-latitude regions, and summer days

and tropical nights occur rarely in high latitudes and

high-elevation regions. Therefore, if the grid series of

four absolute threshold indices is all zero values, that

FIG. 6. As in Fig. 4a, but for the seasonal results of cold nights (TN10p): (a) March–May, (b) June–August,

(c) September–November, and (d) December–February.
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is, no extreme events occurred in the entire time pe-

riods, the trend of this grid cell would still be calcu-

lated, but a cross mark would be added on the grid cell,

which indicated that the trend estimate of this grid

series was not being robust statistically (Frei and Schär
2001). In this study, the global land average time series

of the four absolute threshold indices were calculated

using all the gridcell series (including all zero values

series) that have at least 90% data during 1951–2015,

which results in a more consistent global land averaged

trend with previous works (e.g., GHCNDEX and

HadGHCND), but a generally significantly larger

trend of global land averaged series can be obtained

when a more rigorous restriction (lower tolerance

for the number of zero values in the indices series)

were applied in the spatial average estimate of trend.

The latter procedure would reduce the size of the

sampling area (fewer grid boxes being sampled for

this purpose) and narrows the extents calculated.

Further experiments are needed to understand which

procedure is more robust in statistics and spatial

representativeness.

FIG. 7. As in Fig. 4d, but for the seasonal results of warm days (TX90p): (a) March–May, (b) June–August,

(c) September–November, and (d) December–February.
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This paper made a preliminary seasonal analysis for

cold nights and warm days, but the range of change

magnitude of seasonal results of this study differ

significantly from the study of Alexander et al.

(2006). For example, the value of the cold nights time

series in this study varies from 26 to 6, but the study

of Alexander et al. (2006) is from 220 to 20. In this

study, cold nights and warm days were first calculated

on basis of monthly percentages, then the monthly

percentages were converted to monthly days, and at

last, the monthly values (days) were summed to ob-

tain the seasonal and annual values (days). The an-

nual values (days) are the sum of four seasonal values

(days). Consequently, the range of change magni-

tude of annual cold night and warm day series should

be greater than the seasonal ones. In Alexander et al.

(2006); however, the magnitudes of annual and sea-

sonal change of the two indices series are similar.

This difference may also be related to the differ-

ent grid coverage, and the procedures on how the

anomalies were calculated and how the data were

averaged.

b. ‘‘Warming hole’’ in the United States

Over the past 65 years, most regions of the world have

experienced warming trends, but the central and south-

eastern part of the United States experienced no signifi-

cant change or a slight cooling trend, characterized by an

increase in cold extremes indices and a decrease in warm

extremes indices especially for those related to the daily

maximum temperature. The seasonal trends of warm

days (Fig. 7) showed that the cooling mainly appeared in

the daytime during boreal summer and autumn (i.e., JJA

and SON), but in the other two seasons (MAM and

DJF), only a few grid boxes experienced a cooling trend

in these areas and all of the trends were not statistically

significant.

Folland et al. (2001) found that central United States

showed a cooling trend over the period 1976–2000 for

the summer season. Pan et al. (2004) named this cooling

TABLE 3. Linear trends in temperature extremes indices during 1951–75, 1976–2015, and 1951–2015. The units of cold nights (TN10p),

cold days (TX10p), warm nights (TN90p), and warm days (TX90p) were converted to days. Trends of at least 5% significance are shown

in bold.

Trend

Index 1951–75 1976–2015 1951–2015 Units

Cold nights (TN10p) MAM 21.40 20.84 21.18 days decade21

JJA 0.14 20.89 20.97 days decade21

SON 20.32 21.19 21.03 days decade21

DJF 20.29 20.92 20.98 days decade21

Warm days (TX90p) MAM 20.20 1.70 1.03 days decade21

JJA 20.49 2.00 1.11 days decade21

SON 20.70 1.93 1.10 days decade21

DJF 20.39 1.07 0.69 days decade21

TABLE 4. Trend estimates for global average series of 12 extreme temperature indices over the periods 1951–2011. Trends of at least 5%

significance are shown in bold. To compare with HadGHCND (Caesar et al. 2006; Donat et al. 2013b) and GHCNDEX (Donat et al.

2013b), the units of cold nights (TN10p), cold days (TX10p), warm nights (TN90p), and warm days (TX90p) were not converted to

days here.

Decadal trend: 1951–2011

Index GHCNDEX HadGHCND GLSDT Unit

Frost day (FD) 21.80 21.72 21.95 days decade21

Summer day (SU) 0.47 0.54 1.59 days decade21

Icing days (ID) 21.23 21.18 21.09 days decade21

Tropical night (TR) 0.91 1.05 1.13 days decade21

Maximum Tmax (TXx) 0.11 0.10 0.12 8C decade21

Maximum Tmin (TNx) 0.12 0.17 0.19 8C decade21

Minimum Tmin (TXn) 0.28 0.27 0.29 8C decade21

Minimum Tmin (TNn) 0.45 0.39 0.40 8C decade21

Cold night (TN10p) 21.09 21.26 21.09 % decade21

Cold day (TX10p) 20.67 20.86 20.76 % decade21

Warm night (TN90p) 1.17 1.79 1.33 % decade21

Warm day (TX90p) 0.80 1.14 0.95 % decade21
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area in summer as ‘‘warming hole’’ and argued that the

changes in low-level atmospheric circulation might have

supplied more soil moisture in summer, which would

increase the summer evapotranspiration and repress

the daily maximum temperatures. Kunkel et al. (2006)

found that central United States temperature and North

Atlantic sea surface temperatures are positively corre-

lated, and central United States temperature and central

equatorial Pacific sea surface temperature are nega-

tively correlated. The long-term cooling in the North

Atlantic and warming in the central equatorial Pacific

were thus regarded as the main reason for the summer

cooling in the central and eastern United States.

Leibensperger et al. (2012) found that radiative forcing

of U.S. anthropogenic aerosols caused the daily maxi-

mum temperature of summer and autumn in the central

United States to decline in the period 1970–90. The

cooling effect of anthropogenic aerosol reduced surface

evaporation, which reduced the precipitation on the east

coast of theUnited States, but increased the air moisture

flowing northward from the Gulf of Mexico that would

increase the cloud cover and precipitation in the central

United States (Leibensperger et al. 2012).

Our analysis results showed that the cooling of the

United States mainly appeared in the daytime of bo-

real summer and autumn supports the claim that the

weakening daytime solar radiation, or the interaction

between solar radiation and soil moisture, may have

played an important role in forming the cooling area in

the last 65 years. The declining solar radiation may

have been caused by the increasing cloudiness rather

than increasing aerosol concentration, because aero-

sol emission in the region had been controlled to a

large degree (Li et al. 2011). A smaller cooling area or

no significant change area is also visible in eastern

China during boreal summer, and it may have been

caused by the daytime weakening of solar radiation

most probably related to the combined effect of in-

creasing aerosol emission and cloudiness, with the

rising aerosol concentration playing a larger role in

northern part of the region (Qian et al. 2003; Zhang

et al. 2007; Ding and Ren 2008; Li et al. 2011).

c. Influence of stratospheric aerosol

Earth’s radiation balance was affected by aerosols

that absorb upward terrestrial thermal radiation and

reflect sunlight to space. The stratospheric aerosol

optical depth is one of the principle parameters af-

fecting the Earth surface climate (Lacis et al. 1992; Sato

et al. 1993). Figures 3–7 show that the stratospheric

aerosol optical depth might have an important impact

on interannual variability of the extreme temperature

indices. When the stratospheric aerosol optical depth

reached a peak, the frequency of cold extreme events

would increase, and the frequency of warm extreme

events would decrease, especially for the daytime ex-

tremes of boreal summer and autumn. A good example is

the abnormally low level of annual and summer daytime

warm event frequency in 1992–93 following the Mount

Pinatubo volcano eruption in 1991 (Figs. 3–7).

We calculated the Spearman’s rank correlation

(rho) (Best and Roberts 1975; Hollander and Wofle

1973) between global land average extreme indices

and the stratospheric aerosol optical depth after re-

moving the linear trends. As shown in Fig. 8, it can

be clearly seen that the stratospheric aerosol optical

depths were positively correlated with cold ex-

treme threshold indices (TN10p, ID, TX10p, and FD)

and were negatively correlated with warm extreme

threshold indices (TX90p, TN90p, SU, and TR), and

the absolute magnitude of correlation coefficient with

warm extremes indices (TX90p, TN90p, SU, and TR)

are larger and are more significant statistically. The

higher the stratospheric aerosol optical depth, the

cooler the daytime surface air during warm seasons

of Northern Hemisphere. The indices associated

with temperature extreme values (TNx, TXx, TNn, and

TXn) were all negatively correlated with stratospheric

aerosol optical depth regardless it is warm indices or

cold indices, and the indices of TNx and TXx (warm

indices) have a more significant negative correlation

with aerosol optical depth than the indices of TNn and

TXn (cold indices). The reason for the association is

that more stratospheric aerosols would absorb and reflect

more solar radiation in stratosphere, leading to less radi-

ation received in the surface and an abnormally cooling

condition during daytime. Of course, the interannual to

decadal variability is the result of the interaction of many

factors including stratospheric aerosols.

FIG. 8. The Spearman’s rank correlation (rho) between extreme

temperature indices and stratospheric aerosol optical depth at

550 nm. Correlations (rho) of at least 5% significance are filled with

grid lines.

8504 JOURNAL OF CL IMATE VOLUME 32



d. Uncertainty of trend estimates

In this study, the homogeneity test was conducted by

using RHtestsV4 (Wang 2008a,b; Wang and Feng 2013)

software and the station series identified as inhomoge-

neous were discarded. It is inevitable to exclude some

potential natural climate shifts because there is no fur-

ther analysis for these step changes due to the lack of

metadata and the observations from densely stations. To

avoid this ‘‘false exclusion’’ as much as possible, a higher

confidence threshold 99.99% was used for homogeneity

testing. Meanwhile, this method was designed to detect

only step changes (sudden shifts in the mean) in the data

series but not to detect gradual temperature changes,

including those related to urbanization effects and

gradual changes in the local observing environment.

It is well known that the urban heat island effect can

cause the urban surface air temperature to be higher

than the suburb or rural areas. Meanwhile, a large

number of stations are located in or near urban areas,

despite the urban areas only accounting for a small

portion (,1%) of the global land. As a result, if these

observations of temperature at urban stations are used

to analyze mean temperature and extreme temperature

change, the warming trends can be overestimated not

only for individual stations and grid boxes but also for

the regional average series (Ren 2015).

Urbanization effects differ from region to region due

to the different speed of urban development and the

specifically designed locations of the observational sites

in different countries. It is possible that, in developed

areas, the urban infrastructure of well-established cities

did not expand in the last decades. Although the sta-

tions located in a city center observed a warmer cli-

mate than those located in rural stations, the trend for

the decades might be similar, because the influences on

urban temperature have not changed over this period

(Peterson 2003; Jones et al. 2008; Ren 2015). However,

in developing areas, such as the mainland of China and

western Asian countries, the urbanization effect on

temperature trends might not be negligible due to the

rapid urban development (Zhou et al. 2004; Ren et al.

2008; Zhou and Ren 2011; Li andHuang 2013; Ren and

Zhou 2014; Sun et al. 2016). It is unclear for the time

being to what extents the urbanization processes had

affected the estimated trends of the global land aver-

age annual and seasonal mean extreme temperature

indices as reported in this paper. An attempt could be

made to tackle this issue in the future.

On a regional scale, however, there had been a couple

of studies examining the urbanization effect on extreme

temperature trends (Zhou andRen 2009, 2011; L. Zhang

et al. 2011; Ren and Zhou 2014). Zhou and Ren (2011)

found that urbanization effect on long-term trends of

the Tmin-related extreme temperature indices of na-

tional stations in North China was rather large and

statistically highly significant for the period 1961–2008,

and the urbanization contributions for the regional

average annual series of frost days, tropical nights,

cold nights, and warm nights reached 45%, 64%, 44%,

and 48% respectively. Taking mainland of China as a

whole, the urbanization also has a statistically significant

effect on the above-mentioned four extreme temperature

indices series of national stations during the same time

period, and the urbanization accounts formore than 10%,

38%, 17%, and 26% of the overall trends, respectively

(Ren and Zhou 2014).

Therefore, it is possible that the global land average

annual and seasonal extreme temperature indices

series over the last 65 years contain some degree of

urbanization effects, in particular in developing re-

gions. However, the urbanization may have little ef-

fects for the other regions when compared to those

found for the mainland of China, mainly due to the

relatively slow development of urban areas in the re-

gions outside East Asia in the last 65 years.

Another major uncertainty source is the data gaps in

different periods in Africa, India, and South America.

The number of available temperature stations reached

the maximum in the late 1970s and started to decline

since then, as shown in Figs. 1a and 1c. Furthermore,

these data gaps were changing over time, leading to a

temporal change in the spatial coverage of observations.

These would make the accurate assessment and robust

detection of extreme temperature change in these re-

gions particularly difficult, and also result in another

systematic bias in the estimate of the global land average

extreme temperature indices trends. This bias needs to

be investigated in the following works. It is generally

deemed, however, that the bias in the global land

average annual mean surface air temperature series

due to the data coverage is small compared to the

overall trends estimated for various time periods of

the last century (Hansen et al. 2006; Lawrimore et al.

2011; Jones et al. 2012).

However, the effect of the daily temperature data

coverage and its change with time, in particular in

Africa, southern parts of Asia, Arctic regions, and South

America, on trend estimates of global land average ex-

treme temperature indices still needs to be examined.

As there are not any daily temperature data in most grid

boxes in Africa and South America, all the extreme

temperature indices series could not be calculated.

Before the influence of data coverage on the estimated

trends of extreme temperature indices is addressed, it

is reasonable to assume that the current global land
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analysis results, including those reported in this paper,

heavily reflect the long-term changes of average ex-

treme temperature indices of Northern Hemispheric

continents, especially those of the data-dense Europe,

East Asia, and North America.

5. Conclusions

In this paper, we presented a new analysis of global

land extreme temperature indices changes based on an

integrated global land surface daily temperature dataset

(GLSDT-V1.0) recently developed by the National

Meteorological Information Center, CMA. Our main

conclusions are as follows:

1) The global land average annual and seasonal mean

extreme temperature indices all experienced signifi-

cant long-term changes over the period 1951–2015,

with cold threshold indices (frost days, icing days, cold

days, and cold nights) decreasing and warm threshold

indices (summer days, tropical nights, warm days and

warm nights) increasing. The extreme temperature

indices based on dailyminimum temperature generally

had a stronger and more significant trend than those

based on daily maximum temperature.

2) The most significant warming in most extreme tem-

perature indices occurred after the mid-1970s, and

before the mid-1970s the global land average indices

series generally showed no significant change. Most

parts of the global land experienced significant warm-

ing trends over the period 1951–2015 as a whole, and

the largest trends appeared in mid- to high latitudes of

the Eurasian continent.

3) The seasonal analysis showed that, during the period of

1951–2015, the global land average annual and seasonal

frequency of cold nights and warm days experienced

similarly large and significant changes, with the sea-

sonal cold nights decreasing at rates from 20.97

to 21.18 days decade21, and the seasonal warm days

increasing at rates from 0.69 to 1.11 days decade21.

The most significant seasonal trends of the two

extreme indices occurred in the period of 1976–

2015, and the pre-1976 seasonal changes were

generally small and statistically insignificant.

4) Most parts of the world experienced warming during

the period 1951–2015. However, in the summer and

autumn of central and southeastern United States,

the indices calculated from the daily maximum

temperature did not experience the warming trend,

resulting in the so-called warming hole. The warm-

season daytime cooling phenomenon also appeared

in eastern China to a lesser extent.

5) In most of the Tmax-based and warm extreme temper-

ature indices series, the signal of volcano eruptions

was notable, with the influence of the 1991 Pinatubo

eruption on the extreme temperature indices particu-

larly clear for warm days, cold days, and summer days

in the boreal summer and autumn in 1992–93.
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ABSTRACT

Assimilation of snow cover is an important method to improve the accuracy of snow simulation. However, the ef-
fects of snow assimilation are poor because satellite observed snow cover data contain erroneous information, such as
cloud contamination.  In  this  paper,  an improved approach is  proposed to  reduce the effects  of  observational  errors
during assimilation of snow cover fraction acquired by the Fengyun-3 (FY-3) satellite in northeastern China. A snow
depth constraint was imposed on quality control of a snow depth product from a microwave radiation imager. The as-
similation experiments were carried out before and after quality control (denoted as SCFDA and SCFDA_WSD, re-
spectively).  The  snow  cover  fraction  results  were  evaluated  against  the  Moderate  Resolution  Imaging  Spectrora-
diometer (MODIS) snow cover products. When assimilating the snow cover fraction with the snow depth constraint
(i.e., SCFDA_WSD), substantially larger improvement was obtained than that without such a constraint/quality con-
trol (SCFDA), and the deviation and root mean square error of the snow cover fraction were significantly reduced.
The assimilation  performance  was  also  evaluated  against  in-situ  snow depth  observations.  The  SCFDA_WSD also
showed  greater  improvements  during  the  snow  accumulation  and  snowmelt  periods  than  the  SCFDA.  The
SCFDA_WSD improvements in woodland and shrubland were the most obvious. At different altitudes, the effects of
the SCFDA_WSD were basically equivalent, and the deeper the snow depth was, the better the effect. In addition, the
SCFDA_WSD method was found in close agreement with the observations during a sudden snowfall event.
Key words: snow cover assimilation, FY-3 satellite-based snow products, snow cover fraction
Citation: Zhang,  S.,  C.  X.  Shi,  R.  P.  Shen,  et  al.,  2019:  Improved assimilation  of  Fengyun-3  satellite-based  snow

cover fraction in northeastern China. J. Meteor. Res., 33(5), 960–975, doi: 10.1007/s13351-019-8205-z.

1.    Introduction

Snow serves as an essential component of climate be-
cause  of  its  unique  characteristics  of  high  albedo,  low
roughness,  and  large  thermal  conductivity.  Snow  influ-
ences  soil  moisture  and temperature,  changes  the  quant-
ity of  sensible and latent  heat  fluxes from the ground to
the  atmosphere  as  water  vapor,  and  influences  radiation
flux (Qian et al., 2003; Hu et al., 2010; Gao et al., 2011).
A preliminary climate  feedback study on snow cover  of
the Tibetan Plateau found that snow exerts a positive ra-
diative forcing on the climate (Xiao and Che, 2015). An
abnormal  distribution  of  snow  in  winter  will  lead  to  an

anomalous circulation response of the East Asian winter
monsoon (Chen et al., 2003). Attention should be paid to
the effects of snow on both weather and climate (Xu and
Wu, 2012a, b; Zuo and Zhang, 2012; Li and Wang, 2013;
Zhang R. N. et al.,  2015; Zhang et al.,  2016; Yang F. et
al., 2017; Yang K. et al., 2017).

Various  snow-related  products  mainly  originate  from
ground measurements, satellite remote sensing, and land
surface  models.  Ground  measurements  have  the  charac-
teristics of a long time series, but contain uncertainties in
spatial  representativeness,  especially  in  areas  with  com-
plex terrain. Satellite remote sensing has global coverage
and  plays  an  important  role  in  estimating  snow  cover.
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The  snow  cover  fraction  estimates  from  satellite-based
snow observations  have been made by visible  and near-
infrared  sensors,  including  the  sensors  onboard  the
Fengyun-3  (FY-3)  meteorological  satellites.  Snow
products  are  considered  to  be  reliable  under  cloud-free
conditions (Hall et al.,  2002), and snow mass can be es-
timated  by  observations  of  passive  and  active  mi-
crowaves  (Stevenson,  2006).  However,  retrieval  al-
gorithms  have  errors  due  to  an  insufficient  understand-
ing of the radiation transfer mechanism, and the retrieval
algorithms  used  with  satellite  remote  sensing  also  have
large uncertainties (Bai et al., 2011).

Land  surface  models  represent  the  interactions  and
feedback between physical, biological, and chemical pro-
cesses  (Sellers  et  al.,  1997; Pitman,  2003; Yang,  2004)
and provide a way to obtain more accurate and spatially
continuous snow products. However, a land surface model
contains  errors  caused  by  forcing  data,  model  dynamic
structure, and parameterization. Hence, satellite snow ob-
servations  are  incorporated  into  land surface  models  via
assimilation.  An  optimization  algorithm  is  used  to  fuse
the  model  simulation  and  observation  data  to  obtain  the
optimal estimation of snow physical parameters, and the
optimal  estimation is  used as  the initial  field  at  the next
step and improves the snow simulation (Che, 2006).

In  recent  years,  various  techniques  have  been  de-
veloped to assimilate observations into land surface mod-
els  (Liu  and  Gupta,  2007; Crow  and  Reichle,  2008;
Reichle,  2008; Xia  et  al.,  2019),  including  the  widely
used ensemble Kalman filter  (EnKF; Evensen,  1994).  A
number of  studies have been carried out  on assimilation
of  snow observations/products  (Reichle  et  al.,  2002; De
Lannoy et al., 2012; Yatheendradas et al., 2012) with the
goal  of  improving  snow  state  simulations  (Su  et  al.,
2008; Yatheendradas et al., 2012; Wang et al., 2016; Xu
and Shu, 2016; Toure et al., 2018), estimating accurately
the  amount  of  runoff  produced  by  snow  (Clark  et  al.,
2006; Zhang et al., 2014; Stigter et al., 2017), improving
the  forecasting  of  seasonal  temperatures  (Lin  et  al.,
2016),  and  estimating  the  effects  of  drought  (Kumar  et
al., 2014; Kumar, 2015).

The  snow  assimilation  result  is  largely  influenced  by
the  observation  quality.  To  improve  the  effects  of  snow
assimilation, many scientists have used data quality con-
trol (Kumar et al., 2015; Stigter et al., 2017) and bias cor-
rection (Mocko et al., 2012; Dziubanski and Franz, 2016)
on observations.  In the process of assimilating the snow
cover  fraction,  snow fusion  products  and  cloud removal
algorithms are often utilized to improve the assimilation
effects.  For example, Liu et  al.  (2013) assimilated satel-
lite-based snow-depth and snow-cover products with the

goal of improving snow forecasting in Alaska,  and used
an  EnKF  assimilation  approach  to  assimilate  the  stand-
ard  Moderate  Resolution  Imaging  Spectroradiometer
(MODIS)  data;  however,  by  assimilating  the  standard
MODIS data, the snow cover fraction was found to have
little  effect  on  the  snow  and  streamflow  predictions.
Nonetheless,  bias-corrected  snow  depth  (SD)  estimates
from global snow products and the interpreted snow cov-
er  fractions  can  be  useful  to  improve  snow  and  stream-
flow predictions,  and  the  most  consistent  improvements
have  resulted  from  reduced  cloud  coverage  and  im-
proved  snow  mapping  accuracy.  While  visible-based
snow products are severely affected by cloud and weather
factors  (Hall  et  al.,  2002),  microwave  radiation  imager
products are less affected by relevant factors (Stevenson,
2006). Thus, in the present study, to reduce the effects of
erroneous observations caused by cloud cover during the
snow  cover  fraction  assimilation  process,  an  improved
approach  is  proposed—an SD product  quality  control  is
added  for  assimilation  of  the  snow  cover  fraction  in
northeastern China. The influences of the quality control
on snow cover fraction assimilation are analyzed and dis-
cussed in this study.

The  present  study  used  NASA’s  Land  Information
System,  China  Meteorological  Administration  (CMA)
Land Data Assimilation System (CLDAS) meteorological
forcing,  and  the  Noah  3.6  model  (Chen  et  al.,  1996,
1997; Chen  and  Dudhia,  2001; Chen,  2005).  Assimila-
tion  experiments  were  conducted  by  using  the  FY-3
snow  cover  fraction  data  from  2011  to  2014.  To  avoid
the  use  of  erroneous  information  from snow cover  frac-
tion observations, the FY-3 SD data were used to control
the quality of the snow cover fraction data to improve the
assimilation  result.  Then,  the  assimilation  performance
was evaluated by using the MODIS snow-cover products
and in-situ SD observations.

In  this  paper,  the  study  domain  and  datasets  are
presented in Section 2. The model, methods, and experi-
mental design are provided in Section 3. The results from
the  data  assimilation  experiments  against  the  MODIS
snow  cover  fraction  and  in-situ  SD  measurements  are
evaluated  in  Section  4.  Finally,  the  conclusions,  discus-
sion, and future work are given in Section 5.

2.    Study domain and datasets

2.1    Study domain

Northeastern China features a temperate monsoon cli-
mate that becomes increasingly cold from south to north
and  lies  in  the  middle  temperate  and  cold  temperate
zones.  Northeastern  China  is  also  one  of  China’s  stable
snow-covered areas. Snow cover increases rapidly in late
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November,  with  a  large  amount  of  snow  cover  from
November to the end of February, which generally peaks
in  January.  The  snow  begins  to  melt  in  the  middle  of
March, which continues until June (Li and Mi, 1983).

2.2    Data

The snow cover fraction datasets used for the assimila-
tion in the present study were from the FY-3 product and
are  derived  from  different  optical  remote  sensing  plat-
forms  by  using  visible  light,  an  infrared  scanning  ra-
diometer, and a high-resolution spectral imager. In addi-
tion, FY-3 SD data were used to constrain the FY-3 snow
cover  fraction  for  quality  control.  Daily  observations  of
the snow cover fraction from MODIS with 0.05° climate
model grid (CMG) cells were used to evaluate the snow
cover  fraction.  The  study  domain  included  117  SD  sta-
tions (Fig. 1) to evaluate the SD results produced by the
Noah model  during the  study period (from 1 September
2011 to 1 September 2014).
2.2.1    FY-3 snow cover fraction observations

FY-3  observations  of  the  snow  cover  fraction  were
used  for  the  snow  cover  fraction  assimilation  in  the
present study. The FY-3 Multi-Sensor Synergy (MULSS)
snow product fuses two results from different optical re-
mote sensing platforms for visible light, an infrared scan-
ning  radiometer,  and  a  high-resolution  spectral  imager.
The  FY-3  snow  cover  fraction  data  are  collected  glob-
ally  on  a  daily  basis.  The  spatial  resolution  of  the  snow
cover product is 1 km; this product was mapped to 0.05°
CMG  cells  for  use  in  the  snow  cover  fraction  assimila-

tion  experiments  in  this  study.  Examination  of  the  data
shows  that  the  FY-3  snow  cover  fraction  accuracy  is
higher  than  90%  (Zhang  Y.  H.  et  al.,  2015; Wu  et  al.,
2018; Zhang et al., 2018).
2.2.2    FY-3 SD observations

FY-3  SD data  were  used  to  constrain  the  FY-3  snow
cover  fraction.  The  daily  products  include  daily  snow
water  equivalent  and SD products  for  both the Northern
and Southern Hemispheres. The microwave radiation im-
ager’s correlated channel brightness data were used on a
25-km  resolution  with  azimuth  projections  of  both  the
Northern  and  Southern  Hemispheres  for  daily  readings
(http://satellite.nsmc.org.cn/PortalSite/default.aspx).  The
FY-3 SD data algorithm is a semiempirical inversion al-
gorithm  for  snow  parameters  in  China  (Jiang  et  al.,
2014). In the research of Liu et al. (2018), the overall ac-
curacy  of  the  FY-3  algorithm was  the  highest  of  all  the
tested  algorithms.  The  accuracy  of  the  SD  products  is
better than 10 cm (Wu et al., 2018).

2.3    Evaluation datasets

2.3.1    MODIS snow cover fraction product
The snow cover fraction results were evaluated against

the  MODIS  snow  cover  fraction  (MOD10C1)  remote-
sensing  observations.  This  dataset  was  generated  from
snow cover data from the normalized difference snow in-
dex  in  the  MOD10A1  dataset.  MOD10A1  observations
on a 500-m resolution were mapped to 0.05° CMG cells,
binned  by  observation  type  (e.g.,  snow,  snow-free  land,
and  cloud),  and  tallied.  Snow  and  cloud  cover  percent-
ages were generated by computing the ratios of the num-
bers of snow or cloud observations to the total number of
land observations that were mapped into each CMG cell
(http://nsidc.org/data).  MODIS  snow  products  have  an
accuracy  of  approximately  90%  without  the  effects  of
snow conditions or surface cover types (Hall and Riggs,
2007).  Simultaneously,  the  quality  of  MODIS  snow
products  in  China  has  been  widely  verified.  The  accur-
acy  of  MOD10A1  in  the  northern  part  of  Xinjiang,
Northwest  China  is  very  high  under  the  clear  sky  view;
the overall accuracy of the MODIS snow cover mapping
algorithm  is  as  high  as  98.5%,  and  the  snow  accuracy
reaches 98.2% (Zhang et al., 2008).
2.3.2    SD station observation

SD  station  observations  for  evaluating  snow  simula-
tions  from the land surface model  were provided by the
National  Meteorological  Information  Center  of  China.
These  SD  data  are  manually  observed  and  reliable.  A
total of 117 sites with stable data quality were selected in
northeastern  China  in  the  present  study  (Fig.  1).  These
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Fig. 1.   Study domain covering the Heilongjiang, Jilin, and Liaoning
provinces along with the eastern Inner Mongolia Autonomous Region.
Black dots represent the snow depth (SD) observation sites.
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stations  were  located  in  cropland  (30.8%),  grassland
(38.4%),  forest  (7.7%),  woodland  (2.7%),  shrubland
(6.8%),  and  mixed  land  (13.6%).  Daily  SD  data  from
these sites collected from 2011 to 2014 were used in this
study. The SD data were converted from centimeter into
meter during the evaluation process. The in-situ observa-
tions  were  preprocessed,  reliable  site  observations  were
selected, and missing records were deleted.

3.    Noah model, methods, and experimental
design

3.1    Noah model

The NCEP of the United States developed, optimized,
and  improved  the  Noah  land  surface  model.  The  Noah
model depicts the exchange of water in the snow–vegeta-
tion–soil mixing layer and simulates the snow accumula-
tion,  sublimation,  melting,  and  associated  heat  transfer,
in  which  aging,  freezing,  compacting,  and  dynamic  SD,
as well as density change processes, are considered. The
model can output snow water equivalent (SWE), SD, and
snow  density  and  can  be  used  to  calculate  snow  cover
fraction  based  on  the  region’s  empirical  ablation  curve.
Noah versions 3.3–3.6 adopt a snow cover fraction para-
meterization  scheme  (Koren  et  al.,  1999)  that  emphas-
izes the relationship between the snow coverage rate and
SWE. Many scholars have further studied and evaluated
this  model  (e.g., Zhang  et  al.,  2016).  The  relationships
between the snow cover fraction, SWE, and SD were cal-
culated by using Eqs. (1) and (2):

RSNOW = SNEQV/SNUP, (1)

SNCOVR = 1.0− [exp(−SALP×RSNOW)
−RSNOW× exp(−SALP)], (2)

where SNCOVR is snow cover, SNEQV is SWE, SNUP
is the SD threshold when the snow cover fraction equals
1, RSNOW is the ratio of SNEQV to SNUP, and SALP
is an adjustable coefficient.

The Noah 3.6 land surface model is  taken as the mo-
del operator for snow cover fraction assimilation, and SD
and  SWE  are  state  variables  of  the  land  surface  model.
EnKF is used to assimilate the FY-3 snow cover fraction
products into the Noah land surface model, and the state
variables of the model are updated. The snow cover abla-
tion curve describes the relationship between snow cover
and  SD  in  Noah  3.3–3.6,  and  is  used  as  an  observation
operator in the snow cover fraction assimilation by use of
Eqs. (1) and (2).

3.2    Methods

3.2.1    EnKF
In  the  present  study,  the  Noah  3.6  model  was  driven

by  CLDAS-2.0  forcing,  and  the  EnKF  (Evensen,  2003)
method was used to assimilate the FY-3 snow cover frac-
tion  product.  Downward  shortwave  radiation  (SW)  and
precipitation  (PRCP)  are  subject  to  multiplicative  per-
turbations  with  a  mean  of  1  and  standard  deviations  of
0.1 (SW) and 0.5 (PRCP), respectively. Zero-mean addit-
ive  perturbations  are  applied  to  air  temperature  (T)  and
longwave radiation (LW) with standard deviations of 0.5
K (T) and 15 W m–2 (LW), respectively. The Noah model
prognostic variables for SWE and SD are subject to mul-
tiplicative perturbations with mean = 1 and standard de-
viation = 0.01.  A total  of  25 members and the perturba-
tion method in Table 1 were used for the EnKF runs fol-
lowing the methods of De Lannoy et al.  (2012), with an
assumption that the disturbance of these variables obeys
the  normal  distribution.  The  standard  deviation  of  the
snow cover  fraction  in  snow cover  fraction  assimilation
was set to 0.1, which was identified according to Su et al.
(2008) and Andreadis and Lettenmaier (2006).
3.2.2    Quality control with the FY-3 SD product

Without  quality  control  on  the  snow  cover  products,
erroneous  observations  may  be  assimilated,  and  erro-
neous results would be produced. Therefore, quality con-
trol  of snow cover products is  very important.  The scat-
ter  plots  of  averaged  monthly  snow  cover  fraction  and
SD,  based  on  the  FY-3  0.05°  daily  snow cover  fraction
and  0.25°  SD data  from November  2013  to  April  2014,
are shown in Figs. 2a, c, which reveal some problems as
follows:  (1)  in  some  grid  cells,  the  snow  cover  fraction
was small (nearly 0), but the SD was very large; and (2)
the SD was 0 in some grid cells, but the snow cover frac-
tion was 1.

The  above  situations  in Figs.  2a, c  are  unreasonable.
Therefore,  it  is  necessary  to  use  SD  data  to  control  the
quality of remote sensing snow cover products. Figure 3
is a flow chart of the process used for FY-3 snow cover
fraction  quality  control.  The  following  unreasonable

 

Table  1.   Ensemble  perturbation  method used in  the  snow cover  as-
similation. SCF denotes snow cover fraction
Variable Perturbation method Standard deviation
Model states SWE Multiplicative 0.01 (–)

SD Multiplicative 0.01 (–)
Forcing SW Multiplicative 0.1 (–)

LW Additive 15 W m–2

PRCP Multiplicative 0.5 (–)
T Additive 0.5 K

Observation SCF Multiplicative 0.1
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snow  cover  fractions  must  be  assigned  default  values
(−9999.0)  to  avoid  assimilating  these  unreasonable  val-
ues into the model:  (1) when the snow cover fraction of
the  grid  is  100%  but  the  SD  is  less  than  1  cm,  and  (2)
when the snow cover fraction of the grid is less than 30%
but  the  SD is  greater  than  10  cm.  In Fig.  3,  SCF  is  the
original FY-3 snow cover fraction, SCF′ is the processed
(quality controlled) FY-3 snow cover fraction, SD is the
FY-3  SD,  and  undef  stands  for  missing  value,  which  is
set to −9999.0 in this study.

3.3    Experimental setup and evaluation indices

To  illustrate  the  effects  of  the  quality  control  on  the
snow cover fraction assimilation, a series of experiments
were carried out by using the FY-3 snow cover fraction,
which  was  assimilated  into  the  Noah  model.  The  CL-
DAS-V2.0  (CMA  Land  Data  Assimilation  System  ver-
sion  2)  forcing  data  were  obtained  from  the  National
Meteorological  Information  Center  of  China,  and  the
Noah 3.6 model was run from arbitrary initial conditions

for  21  yr  by  cycling  the  CLDAS  forcing  data  from  1
January  2008  to  31  December  2014,  with  three  repeti-
tions  for  the  spin-up.  The  meteorological  forcing  ana-
lyses  with  hourly  products  covering  the  region  of  Asia
(0°–65°N,  60°–160°E)  have  a  spatial  resolution  of
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Fig. 2.   Scatter plots of snow cover fraction (SCF) and snow depth (SD) from the FY-3 0.05° daily SCF and 0.25° SD (cm) products (a, b) for
November 2013–April 2014 and (c, d) in February 2014. (a, c) SCFDA and (b, d) SCFDA_WSD.
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Fig. 3.   Flow chart of FY-3 snow cover fraction (SCF) quality control.
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0.0625°  ×  0.0625°,  and  these  forcing  data  have  a  good
effect  on  snow  simulation  in  winter  (Shi  et  al.,  2018).
The Noah 3.6  land surface model  was run from 1 Janu-
ary  2008,  and  began  to  carry  out  the  FY-3  snow  cover
fraction  assimilation  experiments  from  1  November
2011. Model runs were carried out at 6.25 km and hourly
resolutions.  The  grid  data  were  processed  at  the  model
resolution (0.0625°).

In  the  FY-3  snow  cover  assimilation  experiment,  the
surface  parameters  were  first  input  into  the  land surface
model,  and  the  Noah  model  was  driven  by  CLDAS-2.0
forcing  data  to  obtain  stable  initial  conditions;  then,  the
snow cover  simulation was started.  Snow cover  fraction
products were assimilated at a daily frequency. The snow
cover fraction product was assimilated at 1330 local solar
time to be close to the overpass time of FY-3B. The snow
cover  fraction  was  quality  controlled  from a  microwave
radiation  imager  SD  product  before  assimilation,  and
then EnKF was used to assimilate snow cover products to
update  the  SD and water  equivalent  in  the  Noah model,
and the assimilation results  of  snow variables were then
examined. Figure  4 shows  a  flow  chart  of  FY-3  snow
cover fraction assimilation.

The  FY-3  snow  cover  fraction  assimilation  was  car-
ried  out,  and  the  improved  effects  of  the  assimilation
were  verified  against  the  MODIS  remote-sensing  satel-
lite products. The SD results were compared with the SD
station  observations.  This  paper  used  the  BIAS,  root
mean  square  error  (RMSE),  and  correlation  coefficient
(R) as evaluation indices as follows:

BIAS = N−1
∑N

i=1
[Xm(i)−Xo(i)], (3)

RMSE =

√
N−1

∑N

i=1
[Xm(i)−Xo(i)]2, (4)

R =
N∑

i=1

[Xm(i)−N−1
N∑

i=1

Xm(i)][Xo(i)−N−1
N∑

i=1

Xo(i)]√√
N∑

i=1

[Xm(i)−N−1
N∑

i=1

Xm(i)]2

√√
N∑

i=1

[Xo(i)−N−1
N∑

i=1

Xo(i)]2

,

(5)

where Xo  represents  the  observation, Xm  represents  the
model value, and N is the total number of observations.

4.    Results

4.1    Quality control of snow cover products

Scatter  plots  of  monthly  average  snow cover  fraction
and snow depth are drawn based on the FY-3 0.05° daily
snow  cover  fraction  and  0.25°  daily  SD  products  from
November 2013 to April 2014 (Figs. 2b, d). The number
of irrational points was greatly reduced compared to that
before quality control (snow cover fraction is 0, so SD is
high).  Before  quality  control,  because  the  snow  cover
fraction  of  many  points  equaled  0,  the  monthly  average
snow  cover  fraction  was  small  (basically  below  0.5),
which led to an average monthly snow cover fraction of
0 and an average monthly SD above 50 cm. After  qual-
ity control, such points were reduced, with a less “thick”
graphic  showing  reduced  points  of  SCF  =  0  and  large
SD;  these  points  accounted  for  only  0.3%  of  all  grid
points.  Because  of  the  quality  control,  fewer  irrational
snow grids were taken into the assimilation.

Figures 5a and 5b show the BIAS histogram of the SD
from  November  2013  to  April  2014  before  and  after
quality  control.  Clearly,  the  BIAS  in Fig.  5a is  mainly
concentrated between −0.06 and 0.02 m, whereas the BIAS
in Fig. 5b is mainly concentrated between −0.02 and 0.02
m; the large BIAS values are reduced, and the histogram
distribution in Fig. 5b is closer to the normal distribution.
It  is  believed  that  considerable  erroneous  snow  data
points with snow cover fraction of 0 and SD of large val-
ues were eliminated during the quality control process.

4.2    Assimilation of FY-3 snow cover fraction
with quality control

4.2.1    Evaluation against SCF observations
The  FY-3  snow  cover  fraction  assimilation  results

were evaluated and analyzed by using the MODIS snow
cover fraction product. The FY-3 snow cover fraction as-
similations with and without quality control (proposed in
this paper) are denoted here as SCFDA_WSD and SCFDA,
respectively.

Figure 6 shows distributions of the average snow cov-
er  fraction  in  northeastern  China  during  the  snow accu-
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Fig. 4.   Flow chart of FY-3 snow cover fraction assimilation.
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mulation period (NDJ:  November,  December,  and Janu-
ary)  and  the  snowmelt  period  (FMA:  February,  March,
and  April)  from  November  2013  to  April  2014.  The
MODIS snow cover fraction (Figs. 6a, d) shows that the
snow  cover  in  northeastern  China  was  mainly  concen-
trated in the western part of the Greater Khingan Moun-

tains in Inner Mongolia and the eastern part of Heilongji-
ang  Province.  The  snow  cover  fraction  values  were
mostly  within  40%–60%.  It  was  lower  in  the  snowmelt
period  than  in  the  snow  accumulation  period.
SCFDA_WSD  in Figs.  6c, f  reduces  the  snow  cover
overestimations in Heilongjiang and Jilin provinces. The
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Fig. 5.   BIAS histogram of SD output from November 2013 to April 2014. (a) SCFDA and (b) SCFDA_WSD.
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Fig. 6.   Distributions of the average snow cover fraction (%) during the (a, b, c) snow accumulation period (NDJ: November, December, and
January) and (d, e, f) snowmelt period (FMA: February, March, and April) in northeastern China. (a, d) MODIS observations, (b, e) SCFDA, and
(c, f) SCFDA_WSD.
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magnitude  and  spatial  distribution  of  SCFDA_WSD
were more consistent with the observations than those of
SCFDA in Figs. 6b, e.

The BIAS and RMSE of the SCFDA snow cover frac-
tion  were  large  in  northeastern  China,  and  the  improve-
ment  achieved  by  SCFDA in  northeastern  China  (BIAS
in Figs. 7a, b and RMSE in Figs. 8a, d) was insignificant.
It  is  believed  that  erroneous  snow  information  was  as-
similated,  resulting  in  too  much  snow.  In  addition,  the
SCFDA_WSD  result  was  significantly  improved  in
northeastern  China  (see  BIAS in Figs.  7c, d  and  RMSE
in Figs.  8b, e ),  with  reduced  snow cover  fraction  in  the
overestimated  areas  and  significantly  decreased  BIAS
and RMSE. Compared with  SCFDA, the  BIAS of  snow
cover in SCFDA_WSD decreased from 0.0905 to 0.0806
(a  decrease  by  9.3%)  and  the  RMSE  decreased  from
0.1782 to 0.1692 (a decrease of 5%). Compared with the
Open  Loop  simulation  (Figs.  8c, f ),  the  RMSE of  SCF-
DA_WSD  decreased  by  23%.  When  assimilating  the
snow  cover  fraction  with  an  SD  constraint  (SCFDA_
WSD), snow cover fraction estimates showed a substan-

tially larger improvement than those produced by assim-
ilating  the  snow  cover  fraction  without  quality  control
(SCFDA).  The  erroneous  snow information  in  the  FY-3
snow cover fraction was reduced with the FY-3 SD con-
straint.

Figure 9 shows the time series of the correlation coef-
ficient  (R)  in  Northeast  China from December to March
2011–14. Compared with SCFDA, the R values of SCF-
DA_WSD  are  significantly  improved  during  these  peri-
ods.  Especially  after  February,  the  improvement  in R  is
obvious. Figure 9 shows that SCFDA_WSD has a signi-
ficantly larger improvement than SCFDA.
4.2.2    Evaluation against SD observations

The SD simulation  results  were  evaluated  against  the
station SD data. Figure 10a shows the time series of the
average SD of the selected in-situ SD measurements (117
points)  in  northeastern  China  from  November  2013  to
April  2014.  In  some  grids,  the  assimilated  snow  cover
fraction  may  be  inconsistent  with  the  actual  fraction  at
some stations, resulting in an abnormal SD. The SD BI-
AS  in  SCFDA_WSD  was  reduced  more  significantly
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Fig. 7.   BIAS distributions of average snow cover fraction (%) during the (a, c) snow accumulation period and (b, d) snowmelt period in north-
eastern China. (a, b) SCFDA and (c, d) SCFDA_WSD.
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than that in SCFDA, and SCFDA_WSD successfully im-
proved  the  monthly  SD  RMSE  from  0.055  m  for  SCF-
DA to 0.043 m for SCFDA_WSD; the RMSE decreased
by 21.8%, while the correlation coefficient (R) improved
from 0.673 for SCFDA to 0.710 for SCFDA_WSD.
4.2.3    Evaluation against SD observations under

different conditions
The  data  assimilation  performance  was  evaluated

against  the  SD  observations  for  different  stages,  land
cover types, elevations, and snow depths. The left y axis
of Fig. 11 represents the RMSE, and the right y axis rep-
resents the number of stations.

Figure 11a shows histograms of the relative RMSE in
SCFDA  and  SCFDA_WSD  for  each  individual  month,
demonstrating  that  the  SCFDA  errors  typically  started
small  in  November  and  gradually  increased  each  month
to a peak in April. The relative RMSE of SCFDA_WSD
was  relatively  stable.  Overall,  the  SCFDA_WSD
achieved significant improvements over SCFDA in terms
of  SD  values  during  both  the  snow  accumulation  and
snowmelt periods. The reduced RMSE of the FY-3 snow
cover fraction with quality control resulted in a large re-
duction in errors of simulated SD for all months.

The data assimilation performance was also evaluated
against  the  SD  observations  for  cropland,  shrubland,
grassland, woodland, mixed land, and forest regions. Fig-
ure  11b shows  the  RMSE  histogram  for  northeastern
China  from  November  2013  to  April  2014  for  different
land  cover  types.  It  can  be  seen  that  the  SCFDA_WSD
produced an improvement in SD than the SCFDA for all
land  cover  types.  Among  the  various  land  cover  types,
the  improvements  in  woodland  and  shrubland  were  the
most obvious. The vegetation coverage is the main factor
that influences the snow distribution, and the snow cover
on  woodland  and  shrubland  is  scattered.  The  ability  of
remote sensing snow products to monitor shredded snow
is  not  sufficient;  therefore,  SCFDA_WSD  plays  an  im-
portant role in areas with low vegetation cover.

Figure 11c shows a histogram of the SD RMSE for the
study region from November 2013 to April 2014 for dif-
ferent  elevations.  For  different  altitudes,  the  effect  of
SCFDA_WSD  was  basically  equivalent.  The  assimila-
tion of SCFDA_WSD drastically reduced the SD overes-
timation for all elevations, and the SD RMSE was signi-
ficantly  reduced.  The  results  needed  to  be  further  ana-
lyzed  because  samples  from  higher  than  1000  m  were

(b)(a) NDJ

(d) FMA (e) FMA (f) FMA

NDJ NDJ(c)

55N

50N

45N

40N

35N

55N

50N

45N

40N

35N

55N

50N

45N

40N

35N

55N

50N

45N

40N

35N

55N

50N

45N

40N

35N

55N

50N

45N

40N

35N

115E

0 0.10 0.20 0.30 0.40 0 0.10 0.20 0.30 0.40 0 0.10 0.20 0.30 0.40

0 0.10 0.20 0.30 0.40 0 0.10 0.20 0.30 0.40 0 0.10 0.20 0.30 0.40

120E 125E 130E 135E 140E 115E 120E 125E 130E 135E 140E 115E 120E 125E 130E 135E 140E

115E 120E 125E 130E 135E 140E 115E 120E 125E 130E 135E 140E 115E 120E 125E 130E 135E 140E

 
Fig. 8.   RMSE distributions of average snow cover fraction during the (a, b, c) snow accumulation period and (d, e, f) snowmelt period in north-
eastern China. (a, d) SCFDA, (b, e) SCFDA_WSD, and (c, f) Open Loop (OL, simulation).
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limited in this study.
Figure  11d shows  a  histogram  of  the  SD  RMSE  for

northeastern  China  from  November  2013  to  April  2014
for different SD ranges. The SCFDA_WSD significantly
reduced the RMSE and achieved significantly greater im-
provements  in  SD  than  the  SCFDA  for  all  SD  ranges.
The  deeper  the  SD,  the  better  the  effect  of  the
SCFDA_WSD.

Figure  12 shows  an  SD  time  series  for  northeastern
China  from  November  2013  to  April  2014  for  different
land cover types. The data assimilation performance was

significantly improved for all land cover types. The SCF-
DA_WSD successfully reduced the SD RMSEs of SCF-
DA  for  cropland,  forests,  grassland,  mixed  land,  shrub-
land, and woodland (see Table 2 for specific values), re-
spectively.  In  shrubland (Fig.  12e),  where  the  SD BIAS
increased early in January 2014, the SCFDA_WSD also
improved,  especially  after  January.  Simultaneously,  in
the end of February 2014, the SD predicted by the SCF-
DA suddenly increased in the woodland (Fig. 12f), which
should have been caused by a sudden increase in the ob-
served  snow  cover  fraction.  These  SD  results  were  im-
proved by the SCFDA_WSD. Of all land cover types, the
improvements  in  SD  for  woodland  and  shrubland  were
the  most  obvious  throughout  the  study  period,  and  the
SD results in forests were improved in the snow accumu-
lation period.
4.2.4    Case analysis

Figure 13 shows the SD time series of Huadian in Jilin
Province  of  China  during  this  period.  The  SCFDA  ten-
ded  to  underestimate  the  SD,  but  the  SCFDA_WSD ef-
fectively  produced  a  snow  accumulation  curve  that  was
in better  agreement  with the observations,  and the SCF-
DA_WSD performed very well because of a reduction in
the  number  of  erroneous  snow  cover  fraction  observa-
tions. In addition, the assimilation of the FY-3 snow cov-
er fraction with quality control resulted in a marginal im-
provement  in  the  snow  ablation  processes.  This  case
shows that sudden snowfall  can be well  reflected by the
SCFDA_WSD.

5.    Conclusions and discussion

5.1    Conclusions

To reduce the effects of erroneous observations, which
might be caused by cloud cover during the process of as-
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from  December  2011  to  March  2014.  (a)  December  2011  to  March
2012,  (b)  December  2012 to  March 2013,  and (c)  December  2013 to
March 2014 .

0

0.05

0.10

0.15

0.20

Nov

2013 2014

Dec Jan Feb Mar Apr

S
n
o
w

 d
ep

th
 (

m
)

OBS
SCFDA
SCFDA_WSD

 
Fig. 10.   Time series of regional mean SD in northeastern China from
November 2013 to April 2014.
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similating  snow  cover  fraction,  an  improved  approach
was proposed in this paper: assimilation of the snow cov-
er  fraction  with  quality  control  using  microwave  SD
products in northeastern China. The influences of quality
control on the snow cover fraction assimilation were ana-
lyzed and discussed in this study.

It  is  concluded  that  considerable  improvements  in
snow assimilation in northeastern China can be achieved
by assimilating the FY-3 satellite-based snow cover frac-

tion products with the proposed quality control.  Regard-
ing assimilation of  the  snow cover  fraction with  a  snow
depth  constraint  (i.e.,  quality  control),  the  snow  cover
fraction  and  SD  estimates  showed  substantial  improve-
ments compared to those without the quality control. The
method not only performed well  for all  snow accumula-
tion and snowmelt periods when compared to the obser-
vations,  but  also provided better  agreement with the ob-
servations  during  a  snowfall  event.  The  SCFDA_WSD
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Fig. 11.   Histograms of the SD RMSE (SCFDA and SCFDA_WSD) for (a) each individual month, (b) various types of land covers, (c) various
elevations, and (d) various SDs. The left y axis represents the RMSE, and the right y axis represents the number of in-situ SD measurements.
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Fig. 12.   Time series of mean SD in northeastern China from November 2013 to April 2014 for various land cover types: (a) cropland, (b) forest,
(c) grassland, (d) mixed land, (e) shrubland, and (f) woodland .
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successfully  reduced  the  SD  RMSE  and  increased  the
correlation coefficient (R).

The  SCFDA  and  SCFDA_WSD  errors  gradually  in-
creased  each  month,  peaking  in  April,  and  the  relative
RMSE  of  the  SCFDA_WSD  remained  relatively  stable.
Overall,  the  SCFDA_WSD  produced  improved  SD  es-
timates  over  the  SCFDA.  In  addition,  the  data  assimila-
tion performance was evaluated against the SD observa-
tions  for  different  stages,  land  cover  types,  elevations,
and SD ranges.  The SCFDA_WSD exhibited significant
improvements for all land cover types. The performance
improvements in woodland and shrubland were the most
obvious. The SD time series for northeastern China from
November  2013  to  April  2014  for  different  land  cover
types showed that the SD values of grassland and shrub-
land were consistent with the observations, and the SD in
forests  was  better  during  the  snow  accumulation  period
than  during  the  other  periods.  The  SD  values  in  forest
and woodland were significantly higher than the observa-
tions during the snowmelt period. For different altitudes,
the effects  of  the SCFDA_WSD were basically equival-
ent.  The  SCFDA_WSD  significantly  reduced  the  SD
RMSE and  achieved  significantly  better  results  than  the
SCFDA for all SD ranges. The deeper the SD, the better
the effect of the SCFDA_WSD.

The focus of this paper was on the assimilation of FY-

3  satellite-based  snow  products  in  northeastern  China.
Through  quality  control  of  the  observations,  the  influ-
ence  of  the  observational  errors  was  reduced  during  the
snow cover fraction assimilation. These results reveal the
importance of quality control during snow cover fraction
assimilation, which is of great significance for the global
use  of  FY-3  snow  cover  products.  However,  this  paper
focused on only northeastern China and assimilated only
one variable—snow cover fraction. In future studies, the
assimilation of  SD and SWE will  be performed and rel-
evant  experiments  will  be  further  conducted  to  improve
snow and runoff predictions.

5.2    Discussion

Figure  12 shows  that  the  SD  RMSE  of  FY-3  snow
cover  assimilation  with  quality  control  (SCFDA_WSD)
was  less  than  that  of  SCFDA  for  all  land  cover  types.
The variability of each station was examined, and it was
found that SCFDA_WSD was highly consistent with the
observations,  so  the  average  RMSE  decreased,  but  the
improvement  of  the  average  SD was  not  evident  in  cer-
tain land cover types throughout the snowfall period. The
BIAS  values  in  cropland,  forests,  and  mixed  land  from
SCFDA_WSD were  not  significantly  reduced  compared
to  those  from  SCFDA.  The  reason  might  be  that  crop-
land  had  high  vegetation  coverage,  and  the  snow  cover
was  relatively  stable.  The  quality  of  the  snow  cover
products was high in stable snow areas, while according
to  the  current  threshold,  it  might  have  caused  excessive
quality control, and some real information had been lost.
Figure  12b shows  that  the  improvement  effect  of  SCF-
DA_WSD was obvious at  early stage of the snow accu-
mulation  period,  while  the  BIAS  increased  in  the  late
stage  of  the  snow  accumulation  period.  This  result  was
possibly related to the dispersed snow cover at the early
stage, but snow cover became gradually stable in the late
period  in  the  forest  area,  and  the  SCFDA_WSD  played
an important role in the early snow accumulation period.
The  effect  of  SCFDA_WSD  on  mixed  land  mainly  de-
pended  on  the  proportions  of  the  various  land  cover
types. In addition, the SCFDA results of some cropland,
forest,  and  mixed  land  sites  were  significantly  different
from the observations, although the performance of most
stations  had  been  improved.  Simultaneously,  optimiza-
tion of the incremental formulas for state variables could
be used to further improve the assimilation of snow vari-
ables in cropland, forest, and mixed land.

Acknowledgments.  The  snow  depth  dataset  was
provided  by  the  National  Meteorological  Information
Center of the China Meteorological Administration.

 

Table 2.   Statistics of average SD (m) for different land cover types in
northeastern China from November 2013 to April 2014

Land cover BIAS RMSE
SCFDA SCFDA_WSD SCFDA SCFDA_WSD

Cropland −0.0011 −0.0141 0.05924 0.04748
Forests   0.0258   0.0318 0.08596 0.07427
Grassland −0.0052 −0.0034 0.03440 0.02953
Mixed   0.0107 −0.0162 0.08591 0.05723
Shrubland   0.0216   0.0080 0.04979 0.02498
Woodland   0.0310   0.0089 0.10760 0.07743
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Fig.  13.   Time  series  of  assimilated  SD  and  observed  data  (m)  for
19–22 January 2014 in Huadian, Jilin Province of China.
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Appendix

The  FY-3  SD  data  were  evaluated  by  Ice  Mapping
System (IMS) snow cover observations to assess the ac-
curacy  of  the  data.  IMS  Daily  Northern  Hemisphere
Snow  and  Ice  Analysis  provided  snow  and  ice-cover
maps  from  February  1997  to  October  2019  by  the  Na-
tional  Snow  &  Ice  Data  Center  of  USA.  These  maps
were  derived  from  a  variety  of  data  products,  including
satellite imagery and in-situ data. The data were provided
in ASCII text and GeoTIFF formats at three resolutions:
1, 4, and 24 km. IMS snow and ice products depict stable
snow cover regions in China with good accuracy, and the
annual  overall  accuracy  rate  of  IMS  products  is  greater
than 92% (Liu et al., 2014). The present study used 4-km
IMS snow data (http://nsidc.org/data).

Four indices were used to evaluate the FY-3 SD data,
including total accuracy (ACC), deviation (BIAS), accur-
acy (H), and false alarm rate (FAR). von Storch and Zwi-
ers  (2001), Stevenson  (2006),  and Wilks  (  2011) intro-
duced the evaluation method. The calculations were done
with Eqs. (A1)–(A4), in which a, b, c, and d are the num-
ber  of  pixels  that  are  defined  as:  “a”:  snow  in  both  the
IMS and  FY-3  SD products;  “b”:  snow-free  in  the  IMS
product  but  snow in the FY-3 product;  “c”:  snow in the
IMS product but snow-free in the FY-3 product; and “d”:
snow-free in both the IMS and FY-3 products.

ACC =
a+d

a+b+ c+d
, (A1)

BIAS =
a+b
a+ c

, (A2)

H =
a

a+ c
, (A3)

FAR =
b

a+b
. (A4)

ACC in Eq. (A1) represents the probability that a pixel
is  accurately  classified,  that  is,  the  number  of  cells  that
are  identical  in  the  IMS  product  and  the  FY-3  SD
product divided by the total number of pixels. However,
this  indicator  is  vulnerable  to  snow-free  pixels  and  will
present  a  value  of  1  when  there  is  no  snow in  summer.
Therefore, an auxiliary discrimination of H is needed.

BIAS in Eq. (A2) indicates the ratio of the number of
snow pixels  detected by the FY-3 product  to  that  detec-
ted  by  the  IMS  product.  If  the  BIAS  is  less  than  1,  the
number of pixels detected as snow in the FY-3 product is
low. The variable H in Eq. (A3) indicates the proportion
of snow pixels that  account for the correct  classification
of the FY-3 products from all snow-covered pixels in the
IMS product. FAR in Eq. (A4) represents the proportion
of  snow pixels  that  have  been  erroneously  classified  by
the FY-3 product from the total number of snow cells.
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Fig. A1.   Comparison between the National Snow & Ice Data Center’s Ice Mapping System (IMS) and FY-3 snow products during 2012 and
2014. (a) Total accuracy (ACC), (b) accuracy (H), (c) deviation (BIAS), and (d) false alarm rate (FAR). The black “line” in each panel repres-
ents the number of snow pixels (corresponding to the right y axis) detected by the IMS products, while the red line represents values of each stat-
istical index (corresponding to the left y axis).
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The FY-3 SD data were evaluated from 2012 to 2014
by using IMS 4-km resolution snow cover data as refer-
ence  data.  The  IMS  data  are  snow  cover  products,  and
different numbers indicate different land types, where 1,
2,  3,  and  4  indicate  water,  no  snow,  ice,  and  snow,  re-
spectively.  Therefore,  FY-3  and  IMS  are  considered  to
be the same when the following situation occurs: (1) the
FY-3 SD is greater than 0 and the IMS grid value equals
4; and (2) the FY-3 SD equals 0 and the IMS grid point
value is 2. Likewise, if the FY-3 SD is more than 0 and
the IMS value equals  2,  or  if  the FY-3SD is  less  than 0
and the IMS value is 4, the two products are considered
to be different. According to the above rules, the average
of the 3-yr time series from 2012 to 2014 (Fig. A1) of the
ACC, BIAS, H, and FAR indicators were obtained by us-
ing Eqs. (A1)–(A4).

In Fig.  A1a,  the  ACC  value  in  northeastern  China  is
consistently  high,  and  it  is  generally  above  0.6  and  in-
creases to between 0.8 and 0.9 during the summer, indic-
ating that the FY-3 SD data are consistent with the IMS
snow  cover  data. H  can  be  used  as  an  assessment  cri-
terion  to  reduce  the  effects  of  snow-free  pixels  in  sum-
mer. The value of H varied significantly with the season,
with  a  large  value  during  the  snow  season  (approxim-
ately  0.9),  indicating a  high degree  of  snow consistency
in winter (Fig. A1b). During summer, H fell to 0. The BI-
AS in Fig. A1c reflects the ratio of the number of snow-
covered pixels  detected by the FY-3 SD products  to  the
number  detected  by  the  IMS  products.  The  BIAS  was
found to  be  nearly  1  from November  to  March,  indicat-
ing  that  the  number  of  snow pixels  detected  by  the  two
products  was  identical.  At  other  times,  the  number  of
snow  pixels  detected  by  FY-3  was  slightly  higher  than
that detected by IMS. FAR in Fig. A1d reflects the false-
report rate of the FY-3 SD products. FAR was very low
during the snow season,  almost  always remaining at  ap-
proximately  0.1.  However,  in  summer,  the  FAR  values
increased. Figure 12 shows that FY-3 SD data were very
consistent with the IMS data during the snow season, and
the quality was reliable.
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Abstract

This study aims to improve the understanding of the differences in surface air temperature data between 
observations and reanalysis since the beginning of the 20th century and addresses the reanalysis data error. The 
anomaly correlation, standard deviation, and linear trend of temperature during 1909 – 2010 in Eastern China were 
analyzed based on the homogenized observation data obtained from 16 stations and two sets of 20th century 
monthly mean surface air temperature reanalysis data (20CR and ERA20C). The results show that the inter- 
annual and decadal variabilities were consistent between reanalysis and observations in Eastern China after 1979. 
The reanalysis data exhibited a large fluctuation during the 1960s. The average 20CR temperature was lower than 
the observations during 1920 – 1950. The inter-annual and decadal variability for winter and spring were consis-
tent with the observations. The correlation and standard deviation ratio between the reanalysis and observations 
demonstrated a high consistency of their inter-annual variability and dispersion. The ERA20C data were gen-
erally closer to the observations than the 20CR data for the period 1979 – 2010. The linear trends of surface air 
temperature showed clear warming in both reanalysis datasets and the observations but the reanalysis trends were 
significantly smaller than the observational trends for annual mean temperature and most of the seasonal mean 
temperatures after the 1950s. Overall, ERA20C was generally closer to the observational temperatures than 20CR 
during 1909 – 2010, but this consistency does not necessarily indicate ERA20C’s suitability for climate change 
research because of the systematic bias referenced to the observational data.
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1. Introduction

A series of reanalysis datasets have been developed 
since the 1990s, such as NCEP–NCAR (Kalnay et al. 
1996), NCEP–DOE (Kanamitsu et al. 2002), CFSR 
(Saha et al. 2010), NASA–MERRA (Rienecker et al. 
2011), ERA-40 (Uppala et al. 2005), ERA-Interim 
(Dee et al. 2011; Uppala et al. 2008), JRA-25 (Onogi 
et al. 2007), and JRA-55 (Kobayashi et al. 2015). 
However, the earliest reanalysis product began in 
1948 and therefore could not be used in climate 
change research that focuses on the early 20th century. 
However, in recent years, the United States and the 
European Union implemented a series of atmospheric 
reanalysis projects that span the entire 20th century 
or even earlier than that. The United States 20CR 
(Compo et al. 2011) is an outcome of the 20th Century 
Reanalysis Project from NOAA, and the European 
ERA20C (Poli et al. 2013) is an outcome of the ERA-
CLIM project from ECMWF. The reanalysis data have 
advantages in terms of coverage in oceanic, polar, and 
plateau regions and length of time series. However, 
they also have the disadvantages of incorporating the 
errors from the numerical prediction model, the assim-
ilation process, and observation system change factors 
(Bengtsson et al. 2004; Zhao et al. 2010; Thorne and 
Vose 2010; Zhao et al. 2015; Parker 2016; Lahoz and 
Schneider 2014; Zhou et al. 2018). To avoid the false 
trends caused by changes in the observation system 
and internal incoordination of data, 20CR assimilates 
surface observations of synoptic pressure, monthly 
sea surface temperature, and sea ice distribution, 
whereas ERA20C assimilates observations of surface 
pressure and surface marine winds only. The surface 
air temperature is not as reliable as air pressure partly 
because of the uncertainties associated with the chang-
es in the observational system (Kistler et al. 2001). 
However, the issue of how to evaluate the potential 
of reanalysis data over 100 years for climatology and 
climate change research has not been given sufficient 
attention because of the lack of high-quality observa-
tion data at the regional scale.

In recent years, many scholars have examined 
the global and regional scale changes and evaluated 
the applicability of 20CR and ERA20C. Ferguson 
and Villarini (2012) found that the temperature of 
20CR in the central region of the United States was 
discontinuous from 1940 to 1950, but the temperature 

of observation data was continuous in the same time 
period. Fan and Liu (2013) indicated the consistency 
of climatology in the southern hemisphere between 
20CR and the observation data during 1979 – 2010 but 
found significant differences from that of HADSLPv2 
during 1897 – 1920. Poli et al. (2016) indicated that 
the ERA20C ranging from the north to south latitudes 
within 65° was 1 K colder than the ship observation 
data at night during 1900 – 2010. Studies have also 
focused on China. For example, by comparing with 
other reanalysis data, Song and Zhou (2012) evaluated 
20CR with respect to the East Asian summer monsoon 
variability and found a higher consistency with other 
reanalysis data, but it failed to reveal the decadal-scale 
variation of weakened East Asia summer monsoon 
since the late 1970s. Liu and Fan (2014) compared 
surface air temperature between 20CR and observa-
tion data from 160 stations in China and found that the 
correlations were generally better for temperature than 
for precipitation. Zhou et al. (2018) discussed the main 
factors influencing regional warming modeling in 
current reanalysis products. Their results showed that 
80 % of the temperature differences between reanaly-
sis and observations could be attributed to station and 
model-grid elevation differences. The aforementioned 
studies pointed out the uncertainties of 20CR and 
ERA20C in different regions during different periods. 
These may be due to the limited assimilation sources, 
which produced different results for different periods 
and regions (Xu et al. 2001). Therefore, it remains 
necessary at present to evaluate the applicability of the 
long-term temperature characteristics and linear trends 
of these two reanalysis datasets in China.

The data inhomogeneity of some observational 
stations may be caused by the instrumentation, the 
different periods of observation records, and station 
relocations. These issues have led to uncertainties in 
the study of warming during the 20th century. Con-
sidering the adjustments for inhomogeneity, there are 
three main Chinese temperature observation datasets 
with long time series. Tang et al. (2005, 2009) used the 
mean values of maximum and minimum temperatures, 
avoiding the discontinuity caused by using different 
time observation records, to calculate averages as 
monthly and annual mean values, but did not account 
for the inhomogeneity caused by station relocation. 
Li et al. (2010) used long time series observation data 
from several neighboring countries, and homogenous 

Keywords observation; reanalysis; Eastern China; temperature; 20th century; inter-comparison
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data from the national reference climate stations and 
basic meteorological stations to establish annual and 
seasonal mean temperature anomaly sequences from 
1900, but the inhomogeneities caused by station 
relocation were not resolved. Cao et al. (2013) used 
data from 18 relatively integrated stations in Eastern 
China and adjusted for the inhomogeneities caused 
by station relocation to establish the annual average 
temperature anomaly sequence. It showed that the 
linear trend of unadjusted surface air temperature was 
slightly smaller than that of adjusted surface air tem-
perature by ~ 0.23°C/100a from 1909 – 2010. It means 
that the inhomogeneous time series appeared to under-
estimate warming trends during the last 100 years and 
illustrated the uncertainty of inhomogenization on the 
assessed linear trend at a 100-year scale. This dataset 
is considered to be the most suitable and homo genized 
observation data for use in the temperature change 
studies at the 100-year scale in Eastern China; how-
ever, the urbanization bias from station observations 
are exaggerated in the data series because of the 
homogenization procedure and the consideration of 
observations of only a small number of big cities (Ren 
et al. 2017).

Because of the uncertainty of reanalysis data in 
climate change research especially in estimates of 
linear trends of climatic variables including surface air 
temperature, there is a need to evaluate the reliability 
of reanalysis data by comparing with high-quality, 
long-term observational data. Based on the tem-
perature dataset of Cao et al. (2013), the surface air 
temperature of two reanalysis datasets from 1909 
to 2010 (20CR and ERA20C) were evaluated in the 
current study. Because there was a larger positive 
deviation in the linear trend of long-term observation 
temperature by Cao et al. (2013), the results of Tang 
et al. (2005, 2009) were also used as a reference for 
the linear trends. This study is to assess the reliability 
of the two sets of reanalysis data in estimating long-
term trends of surface air temperature. In addition, 
this study is different from the previous works. First, 
the 20CR and ERA20C data series from 1909 to 2010 
are much longer than those usually used in previous 
researches; second, we used a new homogenized 100+ 
year surface air temperature data series to evaluate 
the applicability of these two reanalysis datasets in 
the monitoring and detection of long-term tempera-
ture change in China, and in particular focused our 
attention on the long-term trends of temperature. The 
research findings will provide an indication of the 
reliability and applicability of the two long-term re-
analysis datasets in Eastern China which is important 

for future climate change research.

2. Data and methods

To compare the observation and reanalysis data, 
it was necessary to first establish annual and sea-
sonal mean temperature sequences from 20CR and 
ERA20C in the location of the observation stations. 
The difference of annual and seasonal mean surface 
air temperature anomalies between reanalysis data 
(referred to as REA) and homogenized observation 
data (referred to as ADJ), and the standard deviations, 
correlations and linear trends of the annual and 
seasonal mean surface air temperature of the two 
reanalysis datasets and ADJ, were then analyzed and 
compared. In this study, we focused on objectively as-
sessing the applicability of the surface air temperature 
from the two reanalysis datasets for Eastern China. 
The monthly mean observation data used in this study 
were produced by the NMIC/CMA in 2013 (Cao et al. 
2013). The data were collected from different sources 
of long sequence observations, then merged together 
and quality controlled, using the standard sequence 
method, partial least-squares regression, and the mul-
tiple regression method for interpolation to provide 
data from missing stations and periods. The extended 
version of the penalized maximal F-test (PMFred) 
algorithm and the penalized maximal T-test (PMTred) 
algorithm (Wang 2008) were used as the main test 
methods. In addition, two-phase regression (Easterling 
and Peterson 1995) and the sliding T-test homogeni-
zation method were applied as the auxiliary inspection 
methods, and metadata were used to confirm and 
correct the discontinuities. The number of observation 
stations was 4, 12 and 16 before 1900 and in 1909 and 
1916, respectively, so we selected 1909 – 2010 as the 
research period for observational temperature. There 
were 12 stations available for use before 1916. The 
16 stations under a 1000 m altitude in Eastern China 
(Fig. 1) were selected in this study because the length 
of time of observational records was unequal. In the 
linear trends analysis, we also used the results of Tang 
et al. (2005, 2009) (henceforth ADJ-T), who used data 
from a total of 600 and 231 stations in Eastern China 
after and before 1950, respectively.

The monthly mean temperatures of the two reanaly-
sis datasets, 20CR (monthly mean from 1871 to 2012)  
and ERA20C (monthly mean from 1900 to 2010) 
collectively referred to as REA, were derived from 
NOAA and ECMWF, respectively. The spatial resolu-
tion of 20CR is 2.0° × 2.0° and that of ERA20C is 1.5° 
× 1.5°. The grid box center locations nearest to the ob-
servational stations were selected for the comparison 
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with observation station data. We also selected 1909 –  
2010 as the research period.

The annual mean temperature was calculated from 
the observation and reanalysis data based on 12 
monthly mean values. When calculating the mean 
temperature sequences of Eastern China, some sta-
tions located in close proximity (such as Beijing and 
Tianjin, Hong Kong, Macao, and Guangzhou) were 
averaged firstly and then an arithmetic average was 
calculated between the time series and the other sta-
tion series. The correlation between ERA20C and ADJ 
was compared with the correlation between 20CR and 
ADJ, and the standard deviations and linear trends of 
REA and ADJ were also compared in the manuscript.

The standard deviation ratio (SDR) represents the 
similarity in standard deviation between REA and 
ADJ (The overbars indicate mean value):
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The correlation coefficient (R) between REA and 
ADJ represents the degree of similarity in the annual 
variability:
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A value of SDR or R close to 1 reflects a close simi-
larity between REA and ADJ.

The significant correlation coefficient of climate 
trend (S) represents the quantitative degree of tem-
perature rise and fall under climate change.
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According to the regression theory, the trend value 
(a) is calculated as follows:
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3. Comparison of ADJ and REA

3.1 Comparison of average temperatures
The annual and seasonal mean surface air tempera-

ture anomalies over Eastern China from the ADJ and 
REA datasets (Fig. 2) demonstrated that the reanalysis 
datasets describe the observational temperature char-
acteristics in the inter-annual variation of the 20th  
century. The temperature of ERA20C was signifi-
cantly higher than that of ADJ from 1965 to 1975. 
Furthermore, the annual mean temperature of 20CR 
was 1°C lower than ADJ in 1920 – 1950, with a large 
fluctuation in 1963 – 1968. The anomaly and variation 
characteristics for ERA20C were generally closer to 
ADJ than those of 20CR. The annual mean anomaly 
characteristics of REA and ADJ were also reflected in 
the seasonal anomalies; REA was 0.5 – 1°C lower than 
ADJ in summer and autumn between 1920 and 1950, 
and ERA20C was higher than ADJ in winter before 
the 1930s and lower than ADJ before 1925 in spring. 
In addition, the annual mean temperature of ERA20C 
was higher than ADJ during 1965 – 1975, which was 
mainly affected by aestival factors. The fluctuation in 

（Beijing）

（Tianjin）

（Taiyuan）

（Qingdao）

（Shanghai）

（Hohhot）

（Nanjing）

（Changsha）

（Wuhan）

（Fuzhou）

（Shenyang）

（Guangzhou）

（Macao）
（Hongkong）

（Harbin）

Fig. 1. Distribution of the 16 observation stations 
in eastern China.
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20CR during 1963 – 1968 was mainly affected by the 
spring temperature.

In order to focus on short-term inter-annual varia-
tions, the linear trends of annual and seasonal mean 
surface air temperature in Eastern China during 1909 –  
2010 were removed from the anomalies series for both 

ADJ and REA datasets (Fig. 3). It was notable that the 
annual mean temperature of ERA20C was significant-
ly higher than that of ADJ from 1965 to 1975. This 
was mainly caused by the higher temperature in JJA 
and SON. Furthermore, the annual mean temperature 
of 20CR had a large fluctuation in 1963 – 1968, which 

Fig. 2. Annual and seasonal mean surface air temperature anomalies (units: °C) of Eastern China during 1909 –  
2010 derived from observation stations (ADJ) and two reanalysis datasets (ERA20C and 20CR) (ANN, annual; 
DJF, winter; MAM, spring; JJA, summer; SON, autumn).
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was mainly due to the larger inter-annual variability of 
temperature in MAM. 20CR was generally higher than 
that of ADJ from 1955 to 1965 in JJA and SON. Over-
all, the detrended annual and seasonal mean surface 
air temperature anomalies showed that the reanalysis 
datasets could in a larger extent describe the observa-

tional temperature characteristics in the inter-annual 
variation of the 20th century. The correspondence of 
the reanalysis data series with observations was better 
in winter and spring than in summer and autumn.

According to the above results, 20CR and ERA20C 
had a high consistency with ADJ especially after 1975 

Fig. 3. Annual and seasonal mean surface air temperature anomalies (units: °C) which were removed the trend of 
Eastern China during 1909 – 2010 derived from observation stations (ADJ) and two reanalysis datasets (ERA20C 
and 20CR) (ANN, annual; DJF, winter; MAM, spring; JJA, summer; SON, autumn).
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in describing the annual characteristics. However, 
there were great fluctuations in REA during the 1960s 
and 1970s, with large differences between 20CR and 
ADJ before the 1950s. Of the two reanalysis datasets, 
ERA20C was generally closer to ADJ.

3.2 Correlation and ratio of standard deviation
The findings presented in Section 3.1 indicated un-

certainties associated with assessing the applicability 
of the reanalysis datasets. These uncertainties arise 
as a result of the differences between REA and ADJ 
at different periods. Therefore, in this section, we 
compared the similarity of inter-annual variability and 
standard deviation between REA and ADJ in different 
periods.

Table 1 shows the R values and SDR values be-
tween annual mean temperature of ERA20C or 20CR 
and ADJ for the periods 1909 – 2010, 1951 – 2010, and 
1979 – 2010. The correlation of REA and ADJ in each 
period was statistically significant, indicating the sim-
ilar inter-annual variability to ADJ. The R of ERA20C 
and ADJ was higher than that of 20CR and ADJ in all 
three periods (R values were 0.88 and 0.80 respec-
tively in 1979 – 2010, 0.76 and 0.74 in 1951 – 2010, 
and 0.81 and 0.74 in 1909 – 2010). This shows that 
ERA20C was closer to ADJ in terms of inter-annual 
variability. The REA and ADJ temperature SDR 
shows that the standard deviations of ERA20C were 
less than ADJ during the three periods. The SDR (1.28 
and 1.07) of 20CR and ADJ during 1909 – 2010 and 
1951 – 2010 were higher than those of ERA20C and 
ADJ, which indicates that the dispersion of ERA20C 
was generally lower than ADJ. The dispersion of 
20CR was larger than that of ADJ because of the low 
temperatures before 1950. In order to compare the 
correlation and standard deviations, a Taylor diagram 
was used to illustrate the similarity of the annual 
and seasonal variability, and dispersion derived from 

REA and ADJ during 1909 – 2010, 1951 – 2010, and 
1979 – 2010 (Fig. 4). The results demonstrated that the 
seasonal correlation of ADJ and REA was statistically 
significant at different times (with respective thresh-
olds of 0.19, 0.36, and 0.41 at the 95 % level). The 
correlation of REA and ADJ in most of the winter and 
spring was higher than in summer and autumn, and 
the consistency of REA and ADJ was greatest for the 
winter inter-annual variability, with the lowest agree-
ment in summer. The SDR from REA and ADJ showed 
that the seasonal standard deviations of ERA20C were 
lower than ADJ, except for summer and autumn in 
1909 – 2010 and summer in 1951 – 2010, with values 
of 0.8 – 1.0. The standard deviation of 20CR was 
consistently higher than ADJ, except for spring and 
autumn in 1979 – 2010 and 1951 – 2010. The greatest 
bias of standard deviation of REA and ADJ occurred 
in summer of 1909 – 2010, indicating poor dispersion 
of the reanalysis data in summer during this period. 
Figure 5 shows the spatial distribution of the tempera-
ture correlation coefficient (R) for 1909 – 2010, 1951 –  
2010, and 1979 – 2010 across Eastern China derived 
from REA and ADJ. The R values for all stations were 
statistically significant at the 95 % level in the three 
periods except for Nanjing station of 20CR from 1909 
to 2010 (R of 0.11), indicating the general similarity 

Table 1. Annual mean surface air temperature of Standard 
deviation ratio (SDR) and correlation coefficient (R) over 
Eastern China derived from observation stations and two 
reanalysis datasets (ERA20C and 20CR) during the peri-
ods 1909 – 2010, 1951 – 2010, and 1979 – 2010 (respective 
thresholds of 0.19, 0.36, and 0.41 at the 95 % level)

Period
ERA20C 20CR

R SDR R SDR
1909 – 2010
1951 – 2010
1979 – 2010

0.81
0.76
0.88

0.96
0.87
0.85

0.74
0.74
0.80

1.28
1.07
0.88

Fig. 4. Taylor diagram of seasonal mean surface 
air temperature averaged in China derived by 
reanalysis datasets (ERA20C and 20CR) and 
observations (ADJ) based on the periods 1909 –  
2010, 1951 – 2010, and 1979 – 2010 (DJF, winter; 
MAM, spring; JJA, summer; SON, autumn).
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between REA and ADJ when describing the annual 
variability characteristics. The R values in Nanjing, 
Changsha, Tianjin, and Hohhot were lower than in 
other stations during 1909 – 2010 and 1951 – 2010. For 
example, the R-value of 20CR and ADJ from 1909 
to 2010 in Nanjing, Changsha, Tianjin, and Hohhot 
stations was 0.11, 0.24, 0.25, and 0.35, respectively. 
During 1951 – 2010, the Nanjing, Changsha, and 
Tianjin stations had R values of 0.36, 0.4, and 0.51 
between 20CR and ADJ, respectively, which were 
significantly lower than the other stations in the same 
period.

Figure 6 shows annual and seasonal mean surface 
air temperature anomalies (units: °C) of Nanjing, 
Changsha, Tianjin, and Hohhot during 1909 – 2010 de-
rived from ADJ and ERA20C and 20CR. The annual 
mean temperature of REA was lower than ADJ before 
1960 at Changsha, Nanjing, and Tianjin. The tempera-
ture of Hohhot was lower than ADJ before 1940 and 
higher in 1960 – 1980. This may be the main reason for 
the low correlation between REA and ADJ at the four 
stations, and it suggests that REA may not be suitable 
for long-term climate change analyses including the 
early 20th century data at least at these four stations. 

Fig. 5. Spatial distribution of temperature correlation (R) for 1909 – 2010, 1951 – 2010, and 1979 – 2010 over East-
ern China based on reanalysis datasets (ERA20C and 20CR) and observations (ADJ).
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The 20CR assimilates surface observations of synoptic 
pressure, sea surface temperature and sea ice, whereas 
ERA20C assimilates observations of surface pressure 
and surface marine winds only. The difference may 
have caused the different temperatures between the two 
reanalysis datasets, and the different levels of uncer-
tainties of the reanalysis data as compared to the ADJ.

Comparison of the REA and ADJ SDR for the 
spatial distribution of annual average temperature (Fig. 
7) indicated that the standard deviations of 20CR were 
higher than ADJ in North China and East China from 
1909 to 2010, including Beijing and Tianjin, with 
ratios of 1.68 and 1.78, respectively. The standard 
deviations of 20CR were also higher than that of ADJ 

in North China, East China and South China stations 
during 1951 – 2010. The standard deviations in the 
north stations were higher than those of ADJ during 
1979 – 2010 except for Hailar and Hohhot, and those 
in Southern China (except for Macao) were smaller 
than ADJ. The standard deviations of the annual mean 
temperature of ERA20C were lower than those of ADJ 
in the Northeast Inner Mongolia, and southern coastal 
stations during 1909 – 2010 and 1951 – 2010. The main 
distribution of the standard deviation was higher than 
ADJ in Northern China during 1979 – 2010, but small-
er in Southern China.

According to the above results, the inter-annual 
and decadal variability and dispersion were generally 

Fig. 6. Annual and seasonal mean surface air temperature anomalies (units: °C) of Nanjing, Changsha, Tianjin, 
and Hohhot during 1909 – 2010 derived from ADJ and ERA20C and 20CR (a: Changsha (57679) b: Nanjing 
(58238) c: Hohhot (53463) d: Tianjin (54527)).
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consistent between REA and ADJ in Eastern China. 
The R values of ADJ with ERA20C were higher than 
those with 20CR in each time period, and the standard 
deviations were lower than ADJ. The standard devi-
ations of 20CR were higher than the ADJ in 1909 –  
2010 and 1951 – 2010. A similar result has also been 
noted in previous research. Zhou et al 2018 showed 
that the reanalysis products underestimated the surface 
air temperature over most of the regions in China. 
These discrepancies were especially pronounced over 
the Tibetan Plateau and middle China. In addition, 
the correlations between the annual surface air tem-

perature anomalies in the reanalysis products and the 
observations are reasonably strong. The simulated 
time series of temperature anomalies over Eastern 
China are depicted most accurately by the reanalysis. 
ERA20C displays better performance than 20CR. 
In general, ERA20C was more similar to ADJ than 
20CR. The temperature of the 20CR was lower than 
observation data before 1950, leading to the low 
similarity in inter-annual variability and the high dis-
persion. The bias between REA and ADJ was mainly 
generated in summer and autumn, with minimal devi-
ation in winter.

Fig. 7. Spatial distribution of temperature standard deviation ratio (SDR) for the periods 1909 – 2010, 1951 – 2010, 
and 1979 – 2010 over Eastern China based on reanalysis datasets (ERA20C and 20CR) and observations (ADJ).
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3.3 Comparison of the linear trend
Table 2 presents the annual and seasonal linear 

trends of Eastern China mean temperatures during 
1909 – 2010, 1951 – 2010, and 1979 – 2010 derived 
from ADJ and REA. Because of the large positive de-
viation of ADJ in reflecting the long-term temperature 
trend (Cao et al. 2013; Zhao et al. 2014; Wang et al. 
2014; Ren et al. 2017), we also referred to the results 
of Tang et al. (2005, 2009) (ADJ-T) for comparison 
of the linear trend. The average annual trends of REA, 
ADJ, and ADJ-T at different periods were statistically 
significant at the 95 % level. The trend for ADJ was 
0.15°C (10 yr)−1, which was equal to that of ERA20C 
and less than the trend of 20CR during 1909 – 2010, 
and that of ADJ-T was 0.10°C (10 yr)−1, which was 
less than the trend of REA. During 1951 – 2010 and 
1979 – 2010, the trends of REA were lower than ADJ, 
and those of ADJ were higher than ADJ-T. In terms 
of seasonal mean trends of REA and observations at 
different periods, ADJ and ADJ-T were statistically 
significant at the 95 % level in each period. In winter 
and spring, and most summer and autumn periods, the 
trends of ADJ were higher than ADJ-T, and seasonal 
trends of REA during 1909 – 2010, 1951 – 2010, and 
1979 – 2010 were significant in summer and autumn. 
Overall, for most seasons from 1909 to 2010, the 
trends of 20CR were greater than the observations, 
and the trends of ERA20C were larger than those of 
ADJ and ADJ-T for summer and autumn. However, 
during 1951 – 2010 and 1979 – 2010, the trends of the 
observations were greater than REA.

In order to further compare the annual mean 
trends of REA and ADJ at different periods, Fig. 8 
shows spatial distribution of temperature change of 
the 16 stations during 1909 – 2010 1951 – 2010, and 
1979 – 2010. From 1909 to 2010 (Figs. 6a1 – c1), it 
can be concluded that the warming trends in northern 
stations were higher than those in southern stations. 
Moreover, temperature of REA in each station showed 
increasing trends, and also exceeded a 95 % signifi-
cance threshold. Except for Nanjing and Changsha, 
which showed decreasing trends, the annual mean 
temperature in ADJ significantly increased at most 
stations. From 1951 to 2010 (Figs. 6a2 – c2), the tem-
peratures of REA and ADJ datasets for most stations 
increased significantly, with 20CR mainly concentrat-
ed in the south of Northeast China, ERA20C in the 
North of the Yangtze River, and an increasing trend in 
the ADJ dataset at each station during 1909 – 2010. In 
the North of the Yangtze River, the ERA20C tempera-
ture changes were more similar to those of ADJ, while 
20CR and ADJ were closer in the south of the Yangtze 
River. From 1979 to 2010 (Figs. 6a3 – c3), the signifi-
cant increases of 20CR temperature were mainly dis-
tributed in coastal areas, and those for ERA20C were  
mainly distributed south of the Yangtze River. The 
increasing trend of ADJ during the recent 30 years 
was higher than that during 1951 – 2010. It was also 
obvious that the trend of REA for 1979 – 2010 ap-
peared to be smaller than that of ADJ even in north 
and Northeast China. The linear trends of surface air 
temperature showed clear warming in both reanalysis 

Table 2. Trend of temperature change for the reanalysis and observation datasets  
(* indicates that the change was significant at the 95 % level; unit: °C (10 yr)−1)

Period ERA20C 20CR ADJ ADJ-T

1909 – 2010

Annual
Winter
Spring

Summer
Autumn

0.15*
0.14*
0.13*
0.18*
0.15*

0.20*
0.26*
0.17*
0.15*
0.23*

0.15*
0.25*
0.20*
0.06*
0.11*

0.10*
0.17*
0.15*
0.03*
0.07*

1951 – 2010

Annual
Winter
Spring

Summer
Autumn

0.20*
0.27*
0.20*
0.25*
0.28*

0.24*
0.36*
0.21*
0.19*
0.21*

0.29*
0.43*
0.36*
0.18*
0.22*

0.23*
0.36*
0.25*
0.18*
0.20*

1979 – 2010

Annual
Winter
Spring

Summer
Autumn

0.26*
0.17
0.30*
0.35*
0.28*

0.25*
0.25*
0.08
0.20*
0.38*

0.49*
0.53*
0.58*
0.41*
0.51*

0.44*
0.41*
0.53*
0.36*
0.46*
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Fig. 8. Spatial distribution of temperature change trends (units: °C (10 yr)−1) for the periods 1909 – 2010, 1951 –  
2010, and 1979 – 2010 over Eastern China based on reanalysis datasets (ERA20C and 20CR) and observations 
(ADJ). Solid and empty circles denote that the change is significant or not significant at the 95 % confidence 
level, respectively.
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datasets and the observations from 1979 to 2010 over 
Eastern China (Zhou et al. 2018).

4. Conclusions and discussion

Based on homogenized observation data from 16 
stations in Eastern China and two 20th century month-
ly mean surface temperature reanalysis datasets (20CR 
and ERA20C), a preliminary comparison of the anom-
aly difference, correlation, standard deviation, and 
linear trend of the temperature data was conducted for 
the periods 1909 – 2010, 1951 – 2010, and 1979 – 2010. 
The main findings were as follows:

(1) For ERA20C and 20CR, there was a high con-
sistency with ADJ in annual variation characteristics 
after 1975. There were large fluctuations of REA 
during 1960 – 1970. The differences between 20CR 
and ADJ were large before the 1950s, and ERA20C 
was generally closer to ADJ. The annual variation 
characteristics of REA had a higher agreement with 
those of ADJ in winter and spring than in summer and 
autumn.

(2) Most of the stations showed high consistency 
with ADJ in inter-annual variability and dispersion, 
but the consistency at Nanjing, Changsha, Tianjin, 
and Hohhot stations was relatively low. The R values 
of ERA20C and ADJ were higher than those of 20CR 
and ADJ in different periods, and the standard devi-
ation of ERA20C was lower than that of ADJ. The 
standard deviation of 20CR was higher than that of 
ADJ during 1909 – 2010 and 1951 – 2010. In general, 
ERA20C was closer to ADJ than 20CR. The bias 
between REA and observation was mainly generated 
in summer and autumn, with minimal deviation in 
winter.

(3) The annual mean temperature of REA, ADJ, 
and ADJ-T increased significantly in different time 
periods. The annual mean temperature trends of REA 
were higher than those of ADJ and ADJ-T during 
1909 – 2010 and were lower in 1951 – 2010 and 1979 –  
2010. The linear trends of ADJ were higher than those 
of ADJ-T. The temperature trends in most seasons 
of ADJ and ADJ-T were lower than those of 20CR 
during 1909 – 2010. The trend of ERA20C was larger 
than that of ADJ and ADJ-T for summer and autumn, 
but smaller for winter and spring. The temperature 
trends of ADJ and ADJ-T were generally higher than 
those of REA in 1951 – 2010 and 1979 – 2010. In 
winter and spring, and most periods for autumn and 
summer, ADJ trends were higher than those of ADJ-T.

The results of the linear trends analysis presented 
here indicate that annual mean temperature trend of 
ADJ was higher than previous estimates (Ren et al. 

2017). The annual mean temperature change trend in 
China was generally between 0.08 and 0.12 (10 yr)−1  
during 1901 – 2015 (Wang et al. 1998; Tang et al. 
2005, 2009; Li et al. 2010). Ren et al. (2017) suggest-
ed that a higher warming rate may be related to urban-
ization bias in single-station sequences and may also 
be associated with the use of a low number of stations 
from cities located in Eastern and central China. Since 
the middle of the 20th century, the temperature obser-
vation records of urban stations and national meteo-
rological station networks have obtained a significant 
urbanization bias, regardless of whether homoge-
nization corrections were applied (Ren et al. 2008,  
2015; Zhao et al. 2009; Zhang et al. 2010; Yang et al. 
2011; Wang and Ge 2012; He et al. 2013). This clearly 
indicates that although the linear trends of REA data 
may have been more correct than those of the obser-
vations for the recent decades, they may have been 
largely overestimated relative to the real trends based 
on the urban-bias adjusted observations for the period 
1909 – 2010. It is premature at present to use the REA 
data for estimating the long-term trends of surface air 
temperature in regions such as Eastern China.

Correction of urbanization bias is important for 
studies of long-term surface air temperature changes 
at individual stations. This paper represents a prelim-
inary comparison of surface air temperatures between 
observation and reanalysis data over Eastern China 
for the last 100 years. In future, urban-bias assessment 
and adjustments must be conducted, and both a larger 
study area and longer observation period are required 
to conduct a more detailed comparison and uncertain-
ty study.
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ABSTRACT

Typical rain gauge measurements have long been recognized to underestimate actual precipitation.

Long-term daily precipitation records during 1961–2013 from a dense national network of 2379 gauges

were corrected to remove systematic errors caused by trace precipitation, wetting losses, and wind-induced

undercatch. The corrected percentage was higher in cold seasons and lower in warm seasons. Both trace

precipitation and wetting loss corrections were more important in arid regions than in wet regions.

A greater correction percentage for wind-induced error could be found in cold and arid regions, as well as

high wind speed areas. Generally, the annual precipitation amounts as well as the annual precipitation

intensity increased to varying degrees after bias correction with themaximum percentage being about 35%.

More importantly, the bias-corrected snowfall amount as well as the rainstorm amount increased re-

markably by percentages of more than 50% and 18%, respectively. Remarkably, the total number of actual

rainstorm events during the past 53 years could be 90 days more than the observed rainstorm events in

some coastal areas of China. Therefore, the actual amounts of precipitation, snowfall, and intense rainfall

were much higher than previously measured over China. Bias correction is thus needed to obtain accurate

estimates of precipitation amounts and precipitation intensity.

1. Introduction

Precipitation is themost widely recorded hydroclimatic

phenomenon and an essential component of the hy-

drological cycle. Precipitation observations are obtained

from radars, satellites, and rain gauges, with rain gauges

having been widely and continuously utilized for cen-

turies around the world. Deficiencies in existing gauge

measurements, however, have long been recognized

because they usually underestimate the actual precip-

itation (Kurtyka 1953; Larson 1971; Rasmussen et al.

2012; Nitu et al. 2018). Rain gauge measurements of

precipitation suffer from a range of mostly negative bia-

ses, especially trace precipitation, wetting losses, evapo-

ration losses, and wind undercatch. Bias correction for

precipitation could affect the precipitation climatology

and trend, as well as water budget (Ye et al. 2012) and

drought assessment (Yao et al. 2018).

Negative biases arise because of the inability to

measure the very small amounts of precipitation that are

reported as ‘‘trace’’ and ignoredwhen calculatingmonthly

or longer-term totals. Wetting loss occurs when a gauge

is emptied into a measuring device to obtain the precipi-

tation total. The small amount left in the gauge (sticking

to its sides) is the wetting loss. Overall wetting losses

therefore depend on how often the gauge is emptied asCorresponding author: G. Ren, guoyoo@cma.gov.cn
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well as the type of gauge and the type of precipitation.

For example, according to themeasurements byAaltonen

et al. (1993), the average wetting losses for the Hellmann

gauge is 0.14 and 0.1mm per measurement of rain and

snowwhen the gauge is emptied once, respectively. This is

the minimum correction since generally more than one

observation was made in a precipitation day. The biases

due to trace precipitation are greater in percentage terms

at sites where precipitation is predominantly light and

the total precipitation is small, for example in polar and

cold-desert climates. Like the ‘‘trace’’-related bias, wet-

ting losses are greater in percentage terms where precip-

itation is predominantly light.

Gauges record too little precipitation, especially

snow. Surrounding winds are strong because of the de-

formation of the wind field by the gauge (Folland 1988).

The severity of the undercatch depends on the shape of

the orifice (Folland 1988) and the exposure of the site,

which affects the wind strength. Sevruk and Zahlavova

(1994) reported that the average undercatch at a shielded

site of Swiss 600m above sea level was 2% in summer and

7% in winter; at an exposed site, the corresponding losses

were 5% and 18%. At high and exposed sites (2000m

above sea level) where winds are strong and snow ismore

likely to occur, the undercatch reached 25% in summer

and even 60% in winter. Besides, 80%–120% correction

factorswere found inwinter over the region north of 408N
(Yang et al. 2005). The errors in the unadjusted shielded

measurements were also generally smaller than the un-

adjusted unshielded measurements, because the shields

are designed to reduce the horizontal wind impacting

a gauge inside the shield, and thereby reduce the ef-

fects of the gauge on the flow around it (Kochendorfer

et al. 2017).

However, our understanding of the factors causing

undercatch in the shields was not sufficiently well ad-

vanced to allow for the optimal shield design and only

allowed the development of empirical correction factors

(Rasmussen et al. 2012). The Solid Precipitation In-

tercomparison Experiment (SPICE) was conducted as

an internationally coordinated project during 2013–15.

SPICE focused on recommendations for adjustments

that account for the undercatch of solid precipitation

due to gauge exposure, and presented a function of data

available at operational sites (Nitu et al. 2018). The

winter snowfall in northeast China was generally under-

valued due to wind-induced undercatch, and the average

of annual wind-induced errorwas 34.1%during the period

of 1960–2009 (Sun et al. 2013). Besides, the wind-induced

error obviously resulted in a general overestimation of

long-term winter snowfall trend in northeast China, and

this is due to the weakening of measured near-surface

wind speed (Sun et al. 2013). Scaff et al. (2015) discovered

significant inconsistency in the precipitation measure-

ments across the United States and Canada border

because of the different instruments and observation

methods used. This discontinuity was greater for

snowfall than for rainfall, as gauge snowfall observa-

tions had large errors in the windy and cold conditions.

In addition, Pan et al. (2016) found the bias correc-

tions varied greatly in different eco-climatic regions of

western Canada.

Evaporation from the gauge leads to a further nega-

tive bias, which is highly dependent on the weather

conditions and the site environment. In particular, the

surface of the orifice may receive some moisture, which

later evaporates without entering the gauge. Water may

splash out of the orifice leading to further undercatch, or

into it from the ground leading to potential overcatch

(Folland 1988). Likewise, snow may blow out of or into

the orifice. Tipping-bucket gauges usually underesti-

mate very heavy rain because some precipitation is

missed during the bucket-tipping process (Duchon and

Biddle 2010). The loss depends on precipitation intensity,

and according toDuchon andBiddle (2010), precipitation

missed in this way is significant only at intensities ex-

ceeding 50mmh21 and is about 4% in a 75mmh21 event.

In addition, mechanical errors may also affect tipping-

bucket gauge measurements (Westra et al. 2014).

Compensation of rain gauge data for systematic biases

ideally requires metadata on instrumentation, siting

(which affects wind strength), and observing practices.

Ren et al. (2003) and Ren and Li (2007) assessed pre-

cipitation measurement biases in China using a parallel

observational dataset and pointed out great observa-

tional bias in the gauge records. Ye et al. (2004) adjusted

daily Chinese rain gauge data from 710 stations during

1951–98, which was followed by analysis of the effects of

bias correction on precipitation trend (Ding et al. 2007).

Based on the adjusted data, new precipitation clima-

tology was also generated. Li et al. (2018) have updated

the former results of Ye et al. (2004) at 553 sites in China,

and redivided the climate zones of China according to the

bias-corrected data. However, precipitation bias correc-

tion from the dense national network of 2379 gauges has

not yet been conducted so far.

Precipitation is one climatic element that is sensitive

to the local environment and topography. A higher-

density network can describe the spatial characteristics

of precipitation in details. More importantly, the near-

surface wind speeds over China have been found to be

reduced in recent decades (Ren et al. 2005; Jiang et al.

2009), and this may further complicate the understand-

ing of precipitation bias in this country. Therefore, as-

sessment and adjustment of the precipitation bias for

data from the denser network of 2379 stations is urgently
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needed. Because the bias-correction method for pre-

cipitation could be gauge specific, of course, the uncer-

tainty in corrections is up in the air. In addition, the

impact of bias correction on extreme precipitation cli-

matology is still unclear.

The objective of this study is to assess and adjust

the precipitation data bias for the 2379 national sta-

tions over China. The structure of this study is as

follows. In section 2, the dataset and bias-correction

methods are introduced. Section 3 presents the results

of bias correction. In section 4, we focus on the impact

of bias correction on the annual precipitation amount

and intensity, and on extreme precipitation climatology.

Section 5 discusses the potential uncertainty in snowfall

corrections by employing two existing methods for a

subset of the observation sites. Conclusions are given

in section 6.

2. Data and methods

a. Data

We used measured daily cumulative precipitation

amounts, precipitation type (rainfall/snowfall/mixed),

daily mean temperature, and daily mean wind speed at

10-m of a dense national network of 2379 stations from

1961 to 2013 provided by the National Meteorological

Information Centre (NMIC) of the China Meteorolog-

ical Administration (CMA). The data have been used in

various studies on climate change over China (Ren et al.

2005; Ding et al. 2013; Jiang et al. 2013; Ren et al. 2015a,b;

Zhang et al. 2015; Ren et al. 2016). The daily precipitation

data were obtained operatively by applying the Chinese

standard precipitation gauge (CSPG) for manual ob-

servation during 1961–2003, which canmeasure all types of

precipitation. After 2003 tipping-bucket sensors were used

for automatic rainfall observation. The most commonly

usedwas the double bucket tipping rainfall sensor.While in

winter, the snowfall was measured by weighing precipita-

tion sensor, which can obtain the precipitation amount by

weighing without heating the instrument. The information

of precipitation type was available in the metadata. The

CSPG is a cylinder of galvanized iron with a diameter

of 20cm, and the automatic observation instrument is a

tipping-bucket precipitation sensor installed with a water

holding device with a diameter of 20cm. All the gauges

were placed 0.7m above the ground but without wind

shelters after 1960. This means wind-induced undercatch

was substantial. According to the criterion of surface

meteorological observation in China, precipitation was

recorded twice a day at 0800 and 2000 [local time (LT) in

Beijing], and daily precipitation released by NMIC is the

accumulated precipitation amount during one day. Mean

wind speedwas recorded at 0200, 0800, 1400, and 2000LT,

and is defined as themean value during the 2-min period

before the hour. The available daily mean wind speed

released byNMIC is the average of themeanwind speed

at the four individual measurement times. The daily

mean temperature released by NMIC is the average

value of the temperatures measured at the four time

points, the same as the daily mean wind speed.

All the climate data used in this work were subject to

quality control by theNMIC including extreme-value and

internal consistency checks. This lead to the selection

of 2379 CMA national stations having valid records for

at least 30 years (Fig. 1a). Figure 1a indicates that more

stations were in the southern and southeastern regions

of China, while in the northern and northwestern parts

the network was sparse. Figure 1b shows the number of

available stations year by year with different thresholds

for at least 75%, 90%, and 99% valid daily records within

each year. The number of stations grew until 1961, when

it was maintained at more than 2000. This is one of the

reasons why we chose 1961–2013 as the study period.

b. Bias-correction methods

According to Sevruk and Hamon (1984), bias cor-

rection for gauge precipitation mainly includes trace

FIG. 1. (a) Distribution of the 2379 CMA national stations (red

dots) over mainland China and seven stations with no relocations

(blue pluses) chosen to assess the bias correction results, and

(b) temporal evolution of the number of available stationswith at least

75%, 90%, and 99% valid daily records within each particular year.
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precipitation, wetting losses, evaporation losses, andwind

undercatch errors. The general formula for precipitation

bias correction was modified as follows (Sevruk and

Hamon 1984; Yang et al. 2001; Ye et al. 2004):

P
c
5K(P

g
1DP

w
1DP

e
1DP

t
) , (1)

where Pc is the corrected precipitation; Pg is measured

gauge precipitation; DPw, DPe, and DPt are wetting

losses, evaporation losses, and trace precipitation, re-

spectively; and K is the correction coefficient for wind-

induced errors, which is defined as 1/CR, and CR is the

catch ratios due to wind-induced undercatch.

To determine the systematic biases in gauge mea-

surements for precipitation, a gauge intercomparison

study between CSPG and reference gauges was carried

out in Urumqi River basin, which is located in northwest

China (Yang et al. 1991). According to the intercom-

parison study, catch ratios due to wind-induced under-

catch have been developed for different precipitation

types (i.e., snow, rain, and mixed) (Yang et al. 1991;

Ye et al. 2004):

CR
s
(snow)5 exp(20:056W

s
)3 100, (2)

CR
r
(rain)5 exp(20:041W

s
)3 100, and (3)

CR
m
(mixed)5CR

s
2 (CR

s
2CR

r
)3 (T

d
1 2)/4, (4)

where CRs, CRr, and CRm are catch ratios for snow,

rainfall, and mixed precipitation, respectively; Ws is

the daily 10-m mean wind speed; and Td is the daily

mean temperature. It is noteworthy that the catch ratio

for mixed precipitation has a linear relationship with

catch ratios for snow and rainfall and daily mean

temperature (Td). The correction factor of wind-

induced errors for snowfall in Yang et al. (1991) is

more conservative than that in Sun et al. (2013).

Therefore, formulas (2)–(4) developed by Yang et al.

(1991) were adopted, and the wind-loss correction

is defined as 1/CR. Finally, the corrected daily pre-

cipitation can be obtained through the following for-

mula (Ye et al. 2004):

P
c
5

(
(P

g
1DP

w
)/CR

DP
t

, (5)

where Pc is the corrected precipitation; Pg is measured

gauge precipitation; DPw is the wetting loss correction;

DPt is trace precipitation correction; and CR is the

catch ratio of wind-induced undercatch obtained from

Eqs. (2)–(4). The upper section in Eq. (5) is for mea-

surable precipitation events, and the one below is for

trace precipitation events.

According to the experiments by Yang et al. (1991),

the average wetting loss of per observation was 0.23mm

for rainfall measurement, 0.30 for snowfall, and 0.29mm

for mixed precipitation. Therefore, we corrected the

wetting losses once for each precipitation day according

to the above criteria. For gauge observations in China, a

trace event is recorded when precipitation is less than

0.1mm, which is usually below the measured resolution.

Trace precipitations are counted as precipitation days,

but treated as zero quantitatively. Two trace precipita-

tion events are sometimes reported in a single trace

precipitation day in China. Following Yang et al. (1991)

and Ye et al. (2004), to be conservative, we assigned a

value of 0.10mm to a given trace day regardless of the

number of the trace events reported in a day.

Wind speed is the most important factor for gauge

precipitation catch. To correct wind-induced under-

catch, wind speed is required. The data of wind mea-

surements at a standard height of 10mwere available for

correction. It has been suggested that gauge exposure

should be considered when reducing wind from the

standard height to the gauge height (Sevruk 1982).

Gauge exposure depends on the average vertical angle

of obstacles around the gauge. The relationship between

the gauge height and 10m height wind varies with site

exposure, which can be directly measured or estimated

by a classification system based on metadata archives

(Sevruk 1982). The station metadata are not available

for precipitation bias corrections, so site exposure was

not accounted for in wind speed estimates at the gauge

height. This may introduce some uncertainties in the

estimation of gauge catch efficiency. Depending on the

different precipitation type (rainfall, snow, and mixed

precipitation), the wind-induced undercatch could be

different in quantity. It has been documented that for

the same wind speed, gauge undercatch of snow is much

higher than rain (Larson and Peck 1974; Goodison et al.

1998; Yang et al. 1995, 1998; Ye et al. 2004; Rasmussen

et al. 2012; Sun et al. 2013; Nitu et al. 2018).

Though the correction formulas we adopted were

determined by an intercomparison experiment between

CSPG and reference gauges, uniform bias correction

was applied both for CSPG and automatic gauges.

Uniform bias correction of wind-induced undercatch

was applied both for the manual and the automatic ob-

servation instruments, because both gauges had the

same diameter and were installed at the same height

of 0.7m without wind shelters. However, the biases

are mostly gauge specific, and applying uniform bias

correctionmay lead to some potential uncertainties. The

same correction for trace precipitation was used both for

manual and automatic gauges, because a precipitation

event of less than 0.10mm is both below the resolution
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of the CSPG and tipping-bucket rainfall sensor. The

biases of wetting losses of automatic gauges and CSPG

may be slightly different theoretically. But the corre-

sponding intercomparison experiment has not yet been

carried out. This is a source of uncertainty for wetting

loss correction. We hope to improve this in the future

work. Tipping buckets have the unfortunate property of

underestimating rainfall in high rain rates, because the

collected rainfall would loss during tipping when rain is

not being measured during the finite time required for

bucket to tip from one side to the other. It is hard to

evaluate the undercatch of tipping buckets, so this kind

of undercatch was ignored after the beginning of 2003.

Evaporation loss is time varying and site dependent, and

it is unreasonable to estimate daily evaporation losses at

large regional observation networks by using experi-

mental results obtained from a few gauge sites (Ye et al.

2004). Therefore, only trace precipitation, wetting los-

ses, and wind undercatch errors for measured gauge

precipitation were corrected in our study.

c. Statistical analysis methods

In all following sections, the seasonal or annual bias

correction is the total amount of daily correction for

each season [December–February (DJF), March–May

(MAM), June–August (JJA), September–November

(SON)] or a full year, and the corresponding climatol-

ogy is the average from 1961 to 2013. Annual/seasonal

precipitation is the cumulative amount during the cor-

responding period. The precipitation amount divided by

the number of precipitation days is defined as precipitation

intensity. The correction percentage is the ratio of the

corrected amount to the total measured precipitation.

These definitions of precipitation were also applied to

snowfall, the units of which refer to liquid equivalents.

Daily measured precipitation between 0.1 and 10.0mm

is defined as light rain. Light rain amounts and intensity

are the cumulative amount classified as light rain and the

ratio of the total amount of light rain to the number of

light rain days. The related definition of rainstorm is the

same as that for light rain, but for daily measured pre-

cipitation more than 50.0mm. We used the unadjusted

precipitation classification for the adjusted precipitation—

in other words, we kept the original classification intact,

and evaluated the changes in precipitation based solely on

their original classifications.

3. Results of bias correction

By applying the methods described above, we cor-

rected the bias of daily precipitation for the 2379 stations

for the period of 1961–2013. Figure 2 illustrates the

frequency distribution of the maximum and mean bias

correction for all gauges. We found that most stations

had a daily precipitation correction of 20–40mm with

the largest correction exceeding 200mm (Fig. 2a). The

most frequent mean correction amount was between

0.6 and 0.8mm, with the highest value at about 2.2mm

(Fig. 2b).

Seven stations with no relocations and one for each

of the seven regions (i.e., northeast, northwest, north,

central, southwest, and south China, and Tibet) were

FIG. 2. Frequency distribution of (a) the maximum and (b) mean bias correction for the total correction of daily

precipitation in all stations.
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chosen to assess the results of bias correction in detail

(Fig. 1a and Table 1). The seven stations are located in

arid regions (annual precipitation is less than 200mm),

semiarid regions (annual precipitation between 200 and

400mm), semihumid regions (annual precipitation be-

tween 400 and 800mm), and humid regions (annual

precipitation more than 800mm), respectively (Fig. 3a).

In general, the annual bias correction is small for all

stations, while the correction percentage is large (be-

tween 5% and 25%), both for annual precipitation and

daily precipitation intensity (Figs. 3a,b). The lower the

annual precipitation/daily precipitation intensity is, the

higher the correction proportion. Both Lingqiu and

Sunwu stations are located in semihumid regions, but

the correction percentage of annual precipitation/daily

intensity at Lingqiu station is clearly lower than that at

Sunwu station. This is due to the larger proportion of

snowfall at Sunwu located in higher latitude thanatLingqiu.

The correction percentage of annual precipitation/daily

intensity at Lingqiu station is similar to that at Zaoyang

station, while the difference of precipitation climatology

between them is quite large. The reason is that the

snowfall percentage at Lingqiu station (4.7%) is higher

than that at Zaoyang station (1.9%).

The features of correction amount/percentage for

light rain (Figs. 3c,d) are quite similar to that for un-

classified precipitation (Figs. 3a,b). The only caveat is

that the difference of amount/percentage among sta-

tions for light rain is smaller, compared to that for

unclassified precipitation. Due to a lack of heavy pre-

cipitation for some of the arid and semiarid stations, the

effects of the corrections on rainstorm amount and in-

tensity could not be determined (Figs. 3e,f). It makes

sense that rainstorm amount/intensity is much higher

in humid-area stations (e.g., Jingdong, Zaoyang, and

Guangning). However, the correction percentage of rain-

storm intensity in some semihumid areas (e.g., Sunwu) is

much higher than that in humid regions (e.g., Zaoyang).

Generally, the frequency of occurrence decreases

with precipitation amount for all selected gauges

(Fig. 4). After bias correction, the corrected frequency

of occurrence increased for most precipitation grades

and most stations. The difference of frequency between

bias corrected and measured precipitation falls with the

increase of precipitation grade. Meanwhile, the fre-

quency gap is larger in arid (e.g., Gaize) and semiarid

(e.g., Wulanwusu) regions than semihumid (e.g., Sunwu

and Lingqiu) and humid (e.g., Jingdong, Zaoyang, and

Guangning) regions. For the same climate type, this gap

is larger in colder regions (e.g., Sunwu) than warmer

regions (e.g., Lingqiu), due to more snowfall in the

colder environment.

To understand the seasonal differences of bias cor-

rection, seasonal correction amount and correction per-

centage for each correction component are also evaluated.

Overall, the trace precipitation correction amount differs

slightly in the four seasons (Fig. 5). In DJF, MAM, and

SON, maximum trace precipitation correction appears

in southwest China (including the eastern part of the

Tibetan Plateau), the northern part of northwest China,

and the western part of northeast China. In JJA, the

corrected amount shows the largest values in northwest

China. The correction percentage has a quite different

spatial and temporal pattern from corrected amount due

to different rainfall climatology (Fig. 5). Generally, the

correction percentage is higher in DJF and lower in

JJA, and the percentage value decreases from north-

west to southeast China. Though the absolute magni-

tude of the trace precipitation correction is not quite

large (less than 3.0mm) across China, the correction

percentage is dramatic, especially in the northwestern

region of China.

Figure 6 shows that the wetting loss amount in JJA is

more than that in DJF. This is due to the number of

precipitation days in summer being much more than

those in winter over most regions of China. The cor-

rection amount exhibits a remarkable seasonal and

spatial variation: the maximum value in winter appears

in southeast China; in spring another maximum value

center arises in southwest China, which becomes obvi-

ously prominent in summer; while in autumn, the maxi-

mum center begins to shift back to southeast China, which

is finally formed in winter. The spatial pattern of correc-

tion percentage for wetting loss is similar to that for

trace precipitation: the correction percentage is higher

in winter, lower in summer, and the percentage value

declines from northwest to southeast China. Addition-

ally, except for extremely arid areas in northwest China,

TABLE 1. Locations of 7 representative gauges with no relocations chosen to assess bias correction.

Station ID 50564 51358 53594 55248 56856 57279 59271

Station name Sunwu Wulanwusu Lingqiu Gaize Jingdong Zaoyang Guangning

Subregion Northeast Northwest North Tibet Southwest Central South

Climate type Semihumid Semiarid Semihumid Arid Humid Humid Humid

Latitude 49.438N 44.288N 39.458N 32.158N 24.478N 32.158N 23.638N
Longitude 127.358E 85.828E 114.188E 84.428E 100.878E 112.758E 112.438E
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FIG. 3. Measured/corrected climatology and correction percentages for the climatology of (a) annual precipitation (mm), (b) daily

precipitation intensity (mmday21); (c),(d) light rain amount (mm) and intensity (mmday21), respectively; and (e),(f) rainstorm amount

(mm) and intensity (mmday21), respectively, during the period of 1961–2013 for 7 representative gauges with no relocations.
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the correction percentage for wetting loss is generally

larger than for trace precipitation, indicating that wet-

ting loss correction is more important than trace pre-

cipitation correction in most humid regions of China. In

extremely arid areas, trace precipitation correction is as

important as wetting loss correction.

The correction amount for wind-induced loss is large in

wet regions (southeast China) and small in arid regions

(northwestChina) (Fig. 7). This spatial distribution pattern

is quite unambiguous in the dry season (DJF and MAM),

which precisely reflects the monsoon rainfall charac-

teristics. In the wet season (JJA and SON), extremely

high correction for wind-induced loss is found in

coastal regions where typhoons often occur. It is found

that large correction percentage for wind-induced

undercatch occurs in the Tibetan Plateau, north China,

FIG. 4. Frequency of occurrence distribution of bias

corrected (blue lines), measured (red lines) daily pre-

cipitation, and the frequency gap (black lines) between

them for 7 representative gauges with no relocations.
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and northeast China, where winter climate is cold and

snowy or dry, and the wind speed is large (Ding et al.

2013). At the same time, the mean correction amount

for wind-induced error in period of 1961–2013 was not

as large as that during 1951–98 compared to the results

of Ye et al. (2004). This is probably due to the gradual

reduction of annual mean wind speed on precipitation

days over most regions of China (Fig. 8). The significant

decline in near-surface wind speed in recent decades has

been reported in previous studies (e.g., Ren et al. 2005;

Jiang et al. 2009, 2013).

4. Effect of bias correction on precipitation
climatology

As shown in Fig. 9, the distribution pattern of bias-

corrected annual precipitation is a gradual reduction from

southeast to northwest China, which has not changed

FIG. 5. Mean of seasonal (left) correction amount (mm) and (right) percentage (%) for trace precipitation for 1961–2013

over mainland China.
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much compared to that of unadjusted precipitation

(figure not shown here). However, annual precipitation

increased over China after bias correction to varying

degrees. The area with precipitation less than 50mm

is reduced, and the 400, 800, and 1600mm contours are

extended northwestward (Fig. 9b). The spatial pattern

of bias-corrected precipitation intensity (Fig. 9c) is quite

similar to that of the annual precipitation amount,

featured by the heavy precipitation often occurring in

southeast China and weak precipitation in arid regions.

After bias correction, precipitation intensity increased

to varying degrees (Fig. 9d). Figure 9e indicates that the

impact of bias correction on precipitation intensity is

greatest in dry regions where the corrected precipitation

intensity has increased by 35%.

The value of the DJF correction percentage is clearly

higher than those of the other three seasons, and the JJA

value is the lowest (Fig. 10). This means that bias cor-

rection poses a greater influence in the cold and dry

season over China. Because the catch ratio of snowfall is

FIG. 6. As in Fig. 5, but for wetting losses.

2186 JOURNAL OF APPL IED METEOROLOGY AND CL IMATOLOGY VOLUME 58



less than that of rainfall, the bias correction of precipitation

has the greatest impact over northwest and northeast

China in winter, with the highest DJF correction percent-

age reaching more than 80%. The climatology of MAM

precipitation shows the highest correction percentage

(more than 60%) in the Tibetan region. In summer and

autumn, bias correction has a greater influence in arid re-

gions where the highest value is more than 40%.

From Fig. 11, we find that light rain is most likely to

occur in southwest China where the annual light rain

amount is more than 400mm. In addition, light rain in-

tensity shows a higher value (more than 2.1mmday21)

in southeast China and some regions of southwest China.

After bias correction, the light rain amount and intensity

clearly increased over the whole of China. Figure 11e in-

dicates that the bias correction has the greatest influence on

arid regions, and the light rain intensity after bias correc-

tion could increase by 40% in some extremely arid regions.

The bias-corrected rainstorm amount and intensity

gradually decrease from southeast to northwest China

FIG. 7. As in Fig. 5, but for wind-induced undercatch.
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(Fig. 12). In general, the correction percentage increases

gradually from southeast to northwest China, and the

correction percentage has larger differences in arid re-

gions than wet regions. The maximum correction per-

centage could reach as high as 18% in some regions of

northwest and northeast China. Though rainstorms are

rare in arid regions, the actual amount and intensity

of rainstorm events is really higher than the observed

value, especially because rainstorms are often accom-

panied by strong winds. Please note that we used the

unadjusted precipitation classification for the adjusted

precipitation, so the precipitation events after correc-

tion that reached the light rain or rainstorm level were

not included in Figs. 11 and 12. Therefore, besides the

stronger rainstorm described in Fig. 12e, we should also

pay attention to those new emerging rainstorm events

due to the correction (Fig. 13). During the period of

1961–2013, the total number of actual rainstorm events

could be 90 days more than that of observed rainstorm

events (about 500 days) in some coastal areas of China.

The bias correction has a larger influence on snowfall

(Fig. 14) than on unclassified precipitation (Fig. 9) and

rainfall. This is due to the gauge undercatch of snowfall,

which is much higher than rainfall undercatch for the

same wind speed. After bias correction, the annual snow-

fall amount is larger in wet and cold regions (northern

part of northwest and northeast China) as well as high-

altitude regions (Tibetan Plateau) (Fig. 14a), and the area

with more than 10 and 80mm of annual snowfall is much

larger than that derived from measured snowfall data

(Fig. 14b). The spatial pattern of bias-corrected snowfall

intensity is quite different from that of the snowfall

amount (Figs. 14a,c). Stronger snowfall is found in the

Yangtze andHuaiheRiver basins (258–358N, 1108–1208E).

This is due to the abundantmoisture content there, though

the annual total snowfall is less than that in the far north

(Liu et al. 2012; Zhang et al. 2015). In addition, the cor-

responding influence of bias correction is much greater

in dry and cold regions than that in wet and warm regions

(Fig. 14e). The maximum correction percentage of snow-

fall is up to 50% or more, which is much higher than that

of precipitation, including solid state and rainfall.

5. Discussion

Because of the diversity of observational environ-

ments and reference gauge types, the bias-correction

methods could be different. For example, Sun et al.

(2013) developed the correction factors of wind-induced

errors for snowfall by comparing parallel observation

data from three reference gauges in northeast China

during 1992–98, which is presented below:

CR
s
(snow)5 exp(20:12W

s
)3 100, (6)

where CRs is catch ratios for snow, and Ws is the daily

10-m mean wind speed. Comparing formula (6) and (2),

the functions of wind speed and catch ratio for snow

developed by Yang et al. (1991) and Sun et al. (2013) are

similar but with different factors (i.e.,20.056 vs20.12).

This indicates the robust relationship between the wind

speed and the catch ratios for snow characterized by

different coefficients derived from different experi-

ments. Different correction factors may lead to some

uncertainties, however. Hence, in this section, we eval-

uated the uncertainty in different correction methods by

applying the two existing correction functions to ob-

served snow events at five stations (ID 50564, 51358,

53594, 55248, and 57279). Two of the seven represen-

tative stations (ID 56856 and 59271) were excluded be-

cause of no snowfall detected. In the followings, the

correction method used in this study is called method I,

and the correctionmethod developed by Sun et al. (2013)

is called method II.

During the past 53 years, a total of 3614, 2693, 1148,

1664, and 446 snow events were detected at station

50564, 51358, 53594, 55248, and 57279, respectively. For

station 50564, the average of corrected daily snowfall is

1.64 and 1.92mm by employing methods I and II, re-

spectively. The average of corrected snowfall for other

4 stations can also be seen in Table 2. The corrected

snowfall by using method II is more than that by method

I, which is clear at all selected stations (Table 2). The

absolute difference at station 57279 is the largest (i.e.,

0.46mm), while stations 51358 and 53594 register the

smallest difference (i.e., 0.13mm). Figure 15 presents

the corrected snowfall by using method I, as well as the

FIG. 8. The per 10 a trend of annual mean wind speed for pre-

cipitation days [m s21 (10 yr)21] for 1961–2013 over mainlandChina,

and the regions having significant changes at 0.05 confidence level

are stippled.
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absolute difference between method II and I for each

snow event. The absolute difference is quite small in

most snow events; however, it reaches 10mm or more

for a few of events at station 50564. Besides, the absolute

difference of corrected daily snowfall between method

II and I divided by corrected snowfall by applying

method I is termed as the relative difference. On aver-

age, the smallest relative difference appears at station

51358 (i.e., 5.5%), while station 57279 sees the largest

relative difference (i.e., 13.9%). This indicates that the

corrected snowfall by using method II is more than that

by method I, and the excess is less than 10% in general.

Therefore, using different methods for snowfall correc-

tion could produce some uncertainty, but the difference

of the results using the two methods is less than 10%.

Because the data in reference gauge are unavailable for

the time being, we are not able to develop new correc-

tion method for other precipitation types (i.e., rainfall

and mixed precipitation) in this study. Compared with

method II, method I developed by Yang et al. (1991)

covers a variety of precipitation types (i.e., rainfall, snow-

fall and mixed). Besides, the correction of wind-induced

errors for snowfall in method I is more conservative than

that inmethod II. In viewof the above reasons, we adopted

the method I in this study.

The corrections for wind-induced undercatch as re-

ported in this study may have other uncertainties of the

same magnitude as caused by the applied correction

FIG. 9. (a) Climatology of bias corrected annual precipitation (mm), (b) specific contours of annual precipitation (mm),

(c) climatology of precipitation intensity (mm day21), (d) specific contours of precipitation intensity (mm day21), and (e) correction

percentage of precipitation intensity (%) for 1961–2013 over mainland China. Blue (red) lines in (b),(d) represent climatologies with

(without) bias correction.
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method, because wind speed can vary during 24-h period

of a day, and the daily mean wind speed in some cases

may not represent the simultaneous wind speed with

the occurrence of precipitation. Hourly data are pre-

ferred, but high-quality hourly precipitation and wind

speed data are unavailable at present. Besides, the

current methods [e.g., methods developed by Yang

et al. (1991) and Sun et al. (2013)] were developed by

using daily precipitation data from reference gauges,

and the data of hourly reference gauge measurements

have not been applied yet for developing correction

method. A verification of the effectiveness of the cor-

rections using hourly data should be carried out on the

premise of available hourly data and mature methods

in the future. One important aim of SPICE is to im-

prove the understanding and reliability of solid pre-

cipitation measurements using automatic gauges, and a

series of methods for solid precipitation measurement

and adjustment in China are being studied by Chinese

scientists. In the future, precipitation bias correction

in the country will be improved by applying the new

methods.

6. Conclusions

Rain gauge estimates of precipitation suffer from a

range of biases due to several factors. This results in an

underestimate of the actual precipitation. Long-term

daily data of precipitation, precipitation type, mean

temperature and mean wind speed from 1961 to 2013

at 2379 national stations over China were used to

conduct a bias correction for daily gauge records.

Trace precipitation, wetting losses, and wind-induced

undercatch were estimated for each precipitation day

with different precipitation types, namely rainfall, snow-

fall, and mixed rainfall and snowfall. Based on this, a

more reliable daily precipitation dataset was generated,

and the influences of bias correction on the climatology of

precipitation, snowfall, and extreme precipitation were

also analyzed.

FIG. 10. Climatology of (left) seasonal [(a)–(c) for DJF; (d)–(f) for MAM; (g)–(i) for JJA; (j)–(l) for SON] precipitation after bias

correction (mm), (middle) specific contours of seasonal precipitation (mm) with (blue lines) and without (red lines) bias correction, and

(right) the corresponding correction percentage (%) for 1961–2013 over mainland China.
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We found that the corrections of trace precipitation

and wetting losses were more important in arid than

wet regions. The correction percentage decreased from

northwest (e.g., 35% for annual precipitation) to southeast

(e.g., 10% for annual precipitation) China, and was

higher in cold seasons and lower in warm seasons.

Wetting loss correction was greater than trace precipita-

tion in most wet regions, while trace precipitation correc-

tion had the equivalent or greater influence than wetting

loss correction in extremely arid areas. It is worth noting

that, unlike trace precipitation and wetting losses, larger

correction percentages for wind-induced error were

found in cold or arid regions (the Tibetan Plateau and

north and northeast China), as well as in highwind speed

areas. The mean correction amount for wind-induced

error in period of 1961–2013 was not as large as that

during 1951–98 probably due to the gradual reduction of

near-surface wind speed on precipitation days over most

regions of China.

Generally, the climatology of bias-corrected annual

precipitation as well as precipitation intensity increased

to varying degrees. The 400, 800, and 1600mm annual

precipitation contours extended northwestward. The

correction percentage of both annual precipitation

amount and intensity was smallest in south part of China

with a minimum percentage value less than 10%, while

it was the greatest in arid regions with a maximum

percentage value up to 35% or more. In addition, the

correction percentage in DJF is clearly higher than that

in other seasons due to less precipitation and a higher

proportion of snowfall. Gauge undercatch of snowfall

is much higher than that of rainfall for the same wind

speed, hence the correction percentage of snowfall is

overall higher than precipitation (including solid and

FIG. 11. As in Fig. 9, but for annual light rain.
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liquid) or rainfall (liquid) with a maximum percentage

value up to 50% or more. Due to the bias correction, the

correction percentage of light rain intensity increased

by more than 40% in extremely arid regions. Though

rainstorm events are rare in arid regions, the corrected

amount and intensity of rainstorms is higher than the

observed value, and the maximum correction percent-

age for rainstorm intensity could reach 18% or more.

Remarkably, the total number of actual rainstorm events

during the past 53 years could be 90 days more than the

observed rainstormevents (about 500 days) in some coastal

areas of China.

Moreover, bearing in mind the results derived from

our analysis, it can be concluded that bias correction is

truly needed to obtain accurate estimates of precipi-

tation records. Bias-corrected precipitation, especially

snowfall, as well as rainstorms increased to different

extents. The relative adjustments were greater in cold

seasons (10%–80%inDJF) thanwarm seasons (10%–40%

in JJA) and in arid regions (e.g., more than 50% in DJF)

than wet areas (e.g., less than 20% in DJF). Therefore, the

FIG. 12. As in Fig. 9, but for annual rainstorm.

FIG. 13. The total number of increased rainstorm events (days) due

to bias correction for 1961–2013 over mainland China.
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corrected daily precipitation data of a high-density ob-

servational network will substantially improve the accu-

racy and reliability of large-scale precipitation analyses

over China, including studies and assessments of precip-

itation climatology and climate variability.

Last but not least, some uncertainties in current study of

bias-correction method for precipitation exist. The correc-

tion in this study may have been conservative due to the

application of a relatively low correction factor and the

daily mean near-surface wind speed data. The diver-

sity of observational environments and reference gauge

types may have been the other potential causes for the

uncertainty of the correction. Further improvements

will be achieved in the future when high-quality subdaily

data are available and the relevant comparative exper-

iments of precipitation measurement are conducted.

FIG. 14. As in Fig. 9, but for annual snowfall.

TABLE 2. The average of the corrected snowfall (mm) by two correction methods, and the relative difference between two correction

methods (%) for all corrected snow events at five stations.

Station ID 50564 51358 53594 55248 57279

The average of the corrected

daily snowfall

Method I 1.64 1.36 1.15 0.85 2.20

Method II 1.92 1.49 1.28 1.01 2.66

The average of relative difference

between two correction methods

11.3% 5.5% 7.1% 9.2% 13.9%
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FIG. 15. The corrected snowfall (mm, red lines) by using method I and the absolute difference between two

correction methods (mm, blue lines) for each snow event at station (a) 50564, (b) 51358, (c) 53594, (d) 55248, and

(e) 57279.
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Many of the current seasonal prediction systems show useful skill in Madden–Julian

Oscillation (MJO) prediction but limited skill in forecasting tropical cyclones (TC).

Quantifying the influences of MJO on TC in an operational prediction system is

therefore useful for prediction purposes. The results in this study show that forecast

skill of boreal summer TC genesis potential index (GPI) anomaly by operational sea-

sonal prediction systems in Met Office Hadley Centre (MOHC) and Beijing Climate

Center (BCC) are significantly higher than persistence out to four weeks. In the pre-

diction system of MOHC, stronger MJO initial conditions are conducive to better

GPI anomaly forecast, and MJO phases 4–7 make for higher GPI anomaly skill at

lead 11–20 days. However, the MJO influence on TC forecasting skill is not so sig-

nificant in BCC’s prediction system. Both the prediction systems could reproduce

the relationship that there are larger positive GPI anomalies in MJO phases 4–5 and

negative ones in MJO phases 8–1 over the South China Sea (SCS) and northwest

Pacific (WNP). However, the intensity of MJO effect on GPI is generally underesti-

mated in BCC_CSM1.2, which may be due to the response of inadequate ascending

motion and negative outgoing long-wave radiation accompanied by weak MJO over

SCS and WNP. In GloSea5, the absolute vorticity, relative humidity, vertical veloc-

ity and wind shear terms are relatively closer to ERA-Interim during lead 1–10 days.

Considering the intrinsic predictability of the MJO of more than 2 weeks, the fore-

casted MJO phase information has significant implications for TC genesis prediction

on intraseasonal time-scales.

KEYWORDS

Madden–Julian Oscillation, operational seasonal prediction system, tropical cyclone

1 INTRODUCTION

Tropical cyclones (TCs) are one of the most impor-

tant weather phenomena due to the significant impacts

on mankind with destructive and irreparable loss of life

and property in many Asian-Pacific countries (Webster,

2008; Fan and Wang, 2009; Shen et al., 2010). In order

to meet the needs of coastal areas, sea shipping and the

maritime aviation sector, the timely and highly accurate pre-

diction of tropical cyclones has become a daunting challenge

for operational forecast departments. We need to improve

forecasting and understanding, with special emphasis

on the frequent occurrence times and areas of tropical

cyclones.

In recent years, dynamic numerical prediction models have

been widely used in improving forecast skill and under-

standing theoretical mechanisms. Many operational centres

have developed and consummated operational prediction

systems based on the models for real-time forecasting ser-

vices. GloSea5 and BCC_CSM1.2 are the seasonal predic-

tion models in the Met Office Hadley Centre and Beijing

Climate Center. To guarantee public forecast issuing and

warning of extreme events such as tropical cyclones with

improved accuracy, timeliness and service, it is important

Q J R Meteorol Soc. 2019;145:1089–1101. wileyonlinelibrary.com/journal/qj © 2019 Royal Meteorological Society 1089
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FIGURE 1 Number of TCG (colour) and summer mean GPI (contour)

during July–October from 1994 to 2013

to access the reforecast skill in the prediction models in

advance.

However, model forecasts have limited application in TC

genesis (TCG) forecasting because of uncertainties associated

with their forecast biases (Beven, 1999; Schumacher et al.,
2009). The TCG is thought to be influenced by a number of

different large-scale environmental fields, such as low-level

vorticity, vertical wind shear, sea-surface temperature, poten-

tial instability and humidity in the middle troposphere. Pre-

vious studies also have revealed some consistency between

the Madden–Julian Oscillation’s (MJO’s) modulation of these

fields and its modulation of TCs (e.g. Maloney and Hartmann,

2000a; Hall et al., 2001; Bessafi and Wheeler, 2006; Jiang

et al., 2012; Wang et al., 2013).

The modulation of northwest Pacific TCs by the MJO

has received focused study (Nakazawa, 1988; Liebmann

et al., 1994). Many studies demonstrated a link between the

enhanced convective phase of the MJO and the increased

activity and formation of northwest Pacific TCs (Mal-

oney and Hartmann, 2000b; Kim et al., 2008; Camargo

et al., 2009; Vitart, 2009; Satoh et al., 2012). The quan-

titative estimate of the relative impacts of the different

large-scale fields of the MJO for the TC modulation in

the reforecast data of operational numerical models needs

to be made.

In this article we first assess the TC genesis forecast skill

over WNP using the genesis potential index (GPI: Emanuel

and Nolan, 2004; Camargo et al., 2009) which is a widely

used quantitative diagnosis of the contribution of large-scale

factors on TC genesis, then analyse the modulation of TCs by

the MJO. We further examine the extent to which the fluctu-

ations in the genesis index associated with the MJO coincide

in space and time with observed MJO effects on TC gene-

sis frequency. In addition to improving understanding, these

results are potentially useful for future developmental work on

TC genesis frequency prediction, as it has been implied that

the GPI may be usefully applied to the extended-range out-

put under the precondition of high MJO prediction technique

(Leroy and Wheeler, 2008).

The remainder of the article is organized as follows. The

datasets used in this article are introduced in section 2.1. In

section 2.2 we present the definition of the TC genesis index

and describe the construction of the MJO composites. The

descriptions of GloSea5 and BCC_CSM1.2 models are given

(a)

(b)

(c)
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FIGURE 2 Summer mean GPI at lead 1–10 days from (a) ERA-Interim,

(b) BCC_CSM1.2 and (c) GloSea5. The pattern correlations between

models and ERA-Interim are given at the top-right corner of the panels

in section 2.3. Major analysis results are shown and discussed

in section 3. We investigate the impacts of individual GPI

terms on the TC genesis climate bias, forecast error and rela-

tionship with MJO by models in section 4. Conclusions are

given in section 5.

2 DATA, METHOD AND MODEL

2.1 Data

The observational data used to verify the TC genesis fore-

cast included the Joint Typhoon Warning Center (JTWC)

datasets (available at www.usno.navy.mil/NOOC/nmfc-ph/

RSS/jtwc/best_tracks), the daily outgoing long-wave radi-

ation (OLR) from the National Oceanic and Atmospheric

Administration (NOAA) (Liebmann and Smith, 1996) and

the Optimum Interpolation (OI) Sea-Surface Temperature

(SST) V2 dataset by Reynolds et al. (2002). For the atmo-

spheric data the European Centre for Medium-range Weather

Forecasts (ECMWF) Interim Re-Analysis (ERA-Interim: Dee

et al., 2011) was used. The National Climate Center of China

Meteorological Administration and Hadley Centre of the Met

http://www.usno.navy.mil/NOOC/nmfc-ph/RSS/jtwc/best_tracks
http://www.usno.navy.mil/NOOC/nmfc-ph/RSS/jtwc/best_tracks
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ERA-Interim (b,e,h,k,n,q), between GloSea5 and ERA-Interim (c,f,i,l,o,r) during lead 1–10 days

Office have conducted comprehensive seasonal reforecast

experiments using BCC_CSM1.2 model (Liu et al., 2017)

and GloSea5 (MacLachlan et al., 2015). BCC_CSM1.2 and

GloSea5 hindcasts are initialized with National Centers for

Environmental Prediction (NCEP) Reanalysis 1 (NCEP-R1:

Kalnay et al., 1996) and ERA-Interim, respectively. The

original model outputs were converted into standard for-

matted files, which have 1.5◦ × 1.5◦ horizontal resolution

and principal isobaric levels. These datasets during the

WNP TC season from July to October during 1994–2013

were used.

2.2 Method

In order to determine the factors that affect the distribu-

tion of TC genesis, we used a modified index according

to Emanuel and Nolan (2004):

𝐺𝑃𝐼 ′ = |105𝜂|3∕2
(

𝑅𝐻

50

)3
(Vpot

70

)3

× (1 + 0.1Vs)
−2

(

−𝜔 + 0.1

0.1

)

, (1)

where 𝜂 is the absolute vorticity at 850 hPa (AV; s−1), RH is

the relative humidity at 700 hPa (%), Vpot is the maximum
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FIGURE 4 Summer mean SST (a,d,g), 700 hPa specific humidity (b,e,h) and 850 hPa wind (c,f,i, vector: 850 hPa wind, colour: absolute value of 850 hPa

zonal wind velocity) from (a) OISST, (b,c) ERA-Interim, (d–f) BCC_CSM1.2 and (g–i) GloSea5 during lead 1–10 days

potential intensity (MPI; m/s), Vs is the magnitude of the ver-

tical wind shear between 850 and 200 hPa (SH; m/s), and 𝜔 is

the vertical wind velocity at 500 hPa (W; Pa/s). This W term in

Equation 1 is used for correctly reproducing TC genesis over

regions with strong ascending motions, such as the intertrop-

ical convergence zone (ITCZ) (Tian et al., 2013). The MPI

term is defined in Emanuel (1995) but as modified by Bister

and Emanuel (1998):

Vpot
2 =

CkTs

CDT0

(CAPE∗ − CA𝑃𝐸b), (2)

where Ck is the exchange coefficient for enthalpy, CD is the

drag coefficient, Ts is the SST (K), and T0 is the mean outflow

temperature (K). CAPE* is the convective available potential

energy (CAPE) of the air lifted from saturation at sea level

related to environmental sounding, and CAPEb is that of the

boundary-layer air. To find the relative contribution of five

factors (AV, RH, MPI, SH and W) in GPI to the simulation

biases, the relative error was calculated in log form (Yokoi

et al., 2009).

For MJO composites, we recognized the amplitude and

phase of MJO based on real-time multivariate (RMM) MJO

indices depicted by Wheeler and Hendon (2004) (hereafter

WH04). In this study, we used the same MJO-related spa-

tial structures and variances as WH04. We first calculated

intraseasonal anomalies of the observed and predicted data

following Lin et al. (2008) and Wang et al. (2014), then pro-

jected the daily data onto these observation-derived spatial

structures to get both verification and model hindcast RMM

values (Wu et al., 2016).

For a real-time application, a non-filtering method is

employed to extract the 10–80-day signal (Hsu et al., 2014).

Firstly, the climatologic annual cycle is removed from the raw

datasets. Then, a 5-day running mean is used to remove the

high-frequency signals. Finally, a 40-day running mean (from

day −40 to day 0) is removed from the anomaly field above

to remove low-frequency signals longer than 80 days. In this

way, the 10–80-day anomaly data are obtained.

2.3 Models

In this study, we assessed the TCG prediction by two oper-

ational seasonal prediction models, namely Beijing Climate

Center Climate System Model (BCC_CSM1.2) and the Met

Office global coupled model (GloSea5).

BCC_CSM1.2 is a fully-coupled Climate System Model

and employed as the current operational model for sea-

sonal prediction in BCC (Wu et al., 2014). The atmo-

spheric component is BCC Atmospheric General Circulation

Model (BCC_AGCM2.2) at T106 triangular truncation in

the horizontal direction and 40 hybrid sigma/pressure lay-

ers in the vertical direction with the top level at 0.5 hPa

(Liu et al., 2017). The ocean component is developed by

modifying Modular Ocean Model version 4 (MOM4) from

NOAA Geophysical Fluid Dynamics Laboratory (GFDL)

(Griffies et al., 2005). The sea ice model is GFDL Sea

Ice Simulator (SIS; Winton, 2000) and the land model is

Atmosphere–Vegetation Interaction Model (BCC_AVIM2;

Ji et al., 2008).

GloSea5 (Global Seasonal Forecasting System) is intro-

duced in detail by Williams et al. (2015). The atmo-

spheric component is Global Atmosphere 6.0 (GA6.0) at

N216 (approximately 60 km in midlatitudes) and N96 (about

130 km) horizontal resolution and 85 vertical levels with the

top at 85 km. The ocean component is the Nucleus for Euro-

pean Modelling of the Ocean (NEMO) ocean model Global

Ocean 5.0 (GO5.0: Megann et al., 2014). The sea ice model

is the Los Alamos Community Ice CodE (CICE) model

(GSI6.0: Rae et al., 2015) and the land model is the Joint UK
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FIGURE 5 Time correlation coefficient (TCC) of the GPI anomaly forecasted by BCC_CSM1.2 (left) and GloSea5 (right) during lead (a,e) 1 day, (b,f)

10 days, (c,g) 20 days and (d,h) 30 days. The green areas are significant at the 0.05 level

Land Environment Simulator (JULES) land surface model

Global Land 6.0 (GL6.0; Walters et al., 2017).

The hindcasts were performed on 1st, 9th, 17th and 25th

of every month, with three members based on the lagged

average forecasting (LAF) method. The forecasts ran on

every day from 1 January 1994 and ended with a 60-day

integration, and were initialized at 0000 UTC of the first

forecast day and 1800, 1200 and 0600 UTC of the previ-

ous day, respectively. Each daily hindcast set covered the

period from 1994 to 2013, with the same experimental

design as the real-time forecast. In this study, we focused

on the WNP typhoon season from July to October in the

Northern Hemisphere.

3 GPI FORECAST SKILL IN HINDCASTS

The performance of GloSea5 and BCC_CSM1.2 hindcasts

in predicting GPI over the WNP are evaluated in compar-

ison with ERA-Interim reanalysis data. We firstly examine

the ability of GloSea5 and BCC_CSM1.2 in reproducing

summer mean GPI. Then, we assess the skill of these two

models in predicting the GPI anomaly. Finally, the impacts

of MJO amplitude and phase on GPI anomaly in the hindcast

data are investigated.

3.1 Evaluation of the summer mean GPI

We select the summer TCs whose genesis locations are

over the WNP and whose 1 min maximum sustained sur-

face wind speeds exceed 34 knots based on the JWTC

dataset, to calculate the spatial distributions of the total num-

ber of TC genesis. The characteristics of the atmosphere

and ocean provide favourable conditions for TCG during

July–October along the South China Sea to the northwest

Pacific. Two large-value centres of the TCG are respectively

located on the east and west sides of the Philippines Islands,

and the intensity attenuates eastward. Meanwhile, the summer

mean GPI is presented in Figure 1, which is consist with the

TCG map.

Overall, the pattern of summer mean TCG is reason-

ably well represented by GPI which are distributed mainly

within a band between 5◦ and 25◦N, extending eastward to

160◦E, and gradually vanishing to the east of the date-line.
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FIGURE 6 Evolution of the GPI anomaly correlation between the models and ERA-Interim as a function of lead time over 10–25◦N: (a) 110–160◦E, (b)

110–120◦E, (c) 120–130◦E, (d) 130–140◦E, (e) 140–150◦E, (f) 150–160◦E. The red (blue) line is of BCC_CSM1.2 (GloSea5), and the grey line is the

persistence skill of GPI derived with ERA-Interim and OISST data

The spatial structure of GPI in hindcast results at lead

1–10 days resembles the summer mean TCG distribution in

the ERA-Interim reanalysis data. Although the main distri-

bution feature of GPI can be well reproduced by GloSea5

and BCC_CSM1.2 (Figure 2), the intensity of the GPI value

is underestimated in BCC_CSM1.2 and overestimated in

GloSea5.

In order to reveal the causes of the summer mean GPI bias

in these two forecast models, Figure 3 shows the patterns

of the logarithmic of each component of GPI based on

Equation 1. Among these components, RH shows the largest

positive error in GloSea5. Hence, excess vapour in the middle

troposphere, which favours the formation of cyclones, is the

most important contributor to the bias of summer mean GPI

in GloSea5 (Figure 3).

However, in BCC_CSM1.2, GPI is relatively low in the

area 5–10◦N and east of 140◦E. In this region it is the AV

term that contributes most to the lower GPI. The −
𝜕u
𝜕y

com-

ponent of the AV term is smaller in BCC_CSM1.2 than that

in ERA-Interim, leading to the smaller AV term (Figure 4).

The maximum potential intensity term is also an important

contributor to the negative bias of summer mean GPI on

the north side of 30◦N. There is a close connection between

MPI and SST. In BCC_CSM1.2, summer mean sea-surface

temperature is lower than the observations especially around

30◦N. The lower sea temperature causes the lower MPI in
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11–20 days. (c) The bars are TCC difference averaged over 5–20◦N,

130–155◦E at eight individual MJO phases

BCC_CSM1.2, which is not conducive to the formation

of TCs.

3.2 GPI anomaly forecast skill

In this section, the performances of GloSea5

and BCC_CSM1.2 in predicting the GPI anomaly are

analysed. Figure 5 shows the time correlation coefficient

(TCC) of the GPI anomaly forecasted by GloSea5 and

BCC_CSM1.2 during lead time 1, 10, 20 and 30 days,

separately. The green colour filling represents a greater

than 0.05 significance level. It can be seen that the fore-

cast skill of summer GPI anomaly drops quickly, with

most areas to the south of 15◦N not showing significance

beyond the 20th day in BCC_CSM1.2. Compared with

BCC_CSM1.2, GloSea5 tends to exhibit higher skill in

predicting the daily GPI anomaly near the Equator out to

20 days for summer. Similarly, the prediction skill of GPI

anomaly averaged over 10–25◦N, 110–160◦E is relatively

high out to a lead time of 2 weeks in GloSea5 (Figure 6).

The persistence skill of GPI anomaly falls below 0.1 beyond

a lead time of 6 days. Hence, there is improved prediction

skill over persistence for GPI anomaly in both these model

hindcast sets.

Overall, GloSea5 has a relatively higher prediction skill

for GPI anomaly and other terms compared to BCC_CSM1.2

from the first day to two weeks later. This is consistent

with the MJO forecast skill in these models (Vitart,

2017). The lower skill may be due to the initialization of

BCC_CSM1.2.

3.3 MJO effect on GPI forecast

The predictability of the MJO could be extended beyond TCs.

If the effect of MJO on GPI could be well reproduced, it is

indicated that potentially more skilful GPI forecasts could be

generated through the relationship between forecasted MJO

and GPI anomaly.

Here we first examine this dependence of GPI anomaly on

MJO amplitude. To avoid the initialization effect, lead times

at 11–20 days are chosen. Figure 7 shows the temporal cor-

relation coefficient (TCC) difference between the cases in

which strongest and weakest MJO signal exists in the initial

conditions. These two different initial signals have an effect

on the prediction of GPI anomaly over 5–20◦N, 130–155◦E in

GloSea5. Especially, the cases initiated at strong MJO phases

4–7, when MJO convection is strong over the eastern Indian

Ocean and moving to the northeast, are helpful for TCG

prediction.

Next, we further investigate the modulation effect of MJO

as a background state on GPI anomaly in the hindcast data

to see if the models could capture the observed relationship

between them. There are relatively positive GPI signals dur-

ing MJO phases 4–5 and negative GPI signals during MJO

phases 8–1 over the South China Sea (SCS) and WNP in

ERA-Interim. Composites of GPI anomaly are also calculated

by model MJO phase (Figure 8). The model composites are

consistent with those calculated using ERA-Interim reanaly-

sis data. Therefore, we defined the GPI anomaly difference

calculated by MJO phases 4–5 minus MJO phases 8–1 to rep-

resent the strength of the MJO phase modulation effect on GPI

anomaly.

In order to reveal the causes of the MJO phase modula-

tion bias on GPI anomaly in the models, Figure 9 shows

distributions of the linearized component variables of GPI

anomaly differences calculated by MJO phases 4–5 minus

MJO phases 8–1 during lead times 1–10 days. The spatial

structure of GPI anomaly during lead times 1–10 days reason-

ably resembles the ERA-Interim reanalysis data. However,

the intensity of the MJO effect on GPI anomaly is gener-

ally underestimated in BCC_CSM1.2. The weak responses

of AV, RH and W to MJO are the main causes, especially

AV and W on both the west and east sides of the Philip-

pines Islands. This may be due to the weak convection in the

same region. The weak ascending motion and negative OLR

(Figure 10) are accompanied by weak MJO over SCS and

WNP in BCC_CSM1.2. Accordingly, the absolute vorticity

in the lower troposphere is much weaker. In GloSea5, these

terms are larger than those in the BCC_CSM1.2 and closer

to the ERA-Interim reanalysis data. It can be inferred that

the large-scale dynamical environment changes as the MJO
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FIGURE 8 Composite of GPI anomalies by eight MJO phases in ERA-Interim (left), BCC_CSM1.2 (mid) and GloSea5 (right) during lead times 1–10 days.

The numbers in brackets at the top-left corner of each panel are the numbers of samples used for the composite analysis
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convection propagates, and this plays an important role in the

TC genesis.

4 SUMMARY AND DISCUSSION

4.1 Summary

The predictability of TCG, and the MJO modulation effect

on this, were evaluated using two sets of hindcast data gener-

ated from GloSea5 and BCC_CSM1.2 during July–October

(JASO) from 1994 to 2013. These were assessed using a

variety of indices including the GPI index that has tradi-

tionally been used for seasonal and climatological tropical

cyclone genesis study, and RMM indices that distinguished

the strength and phase of MJO.

Firstly, the results show that summer mean GPI at lead

times 1–10 days in GloSea5 and BCC_CSM1.2 can gener-

ally reproduce the distribution of TCG. However, the intensity

of GPI value is underestimated in BCC_CSM1.2 and over-

estimated in GloSea5. The patterns of linearized component

variables of GPI show that the excess vapour in the middle

troposphere, which favours the formation of cyclones, is the

most important contributor to the positive error of summer

mean GPI in GloSea5. In BCC_CSM1.2, the AV term con-

tributes most to the negative bias of GPI due to the smaller

−
𝜕u
𝜕y

component and colder SST.
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FIGURE 11 Composite GPI anomalies by MJO phases 4–5 minus phases 8–1 derived with ERA-Interim (top), BCC_CSM1.2 (mid) and GloSea5 (bottom)

during (a–c) lead 1–10 days, (d–f) lead 11–20 days, and (g-i) lead 21–30 days

Next, the GPI anomaly predicted by GloSea5 and

BCC_CSM1.2 shows that the forecast skill of the sum-

mer GPI anomaly drops more slowly than for persistence

forecasts. Compared with BCC_CSM1.2, GloSea5 tends to

exhibit a higher skill in predicting the daily GPI anomaly

to the south of 10◦N for summer. In both GloSea5 and

BCC_CSM1.2 models, the relatively higher GPI anomaly

forecast skill can be attributed to the better signal in the cir-

culation terms, but terms related to the convective prediction

show lower forecast skill.

Additionally, we use GPI and RMM indices to assess

whether these two operational climate models can capture the

relationship between MJO and TC genesis. The MJO intensity

has a regional effect on GPI hindcast skill from initializa-

tion. During lead 11–20 days, the forecasts initiated with

stronger MJO signals show higher GPI anomaly skill. Due

to the MJO phase effect, better GPI anomaly forecast skill is

found during strong MJO phases 4–7 at lead times 11–20 days

in GloSea5.

Finally, we further investigate the MJO phase modula-

tion effect on GPI anomaly patterns in the hindcast data.

Both models can capture the observed relationship and keep

it for 30 days in the models (Figure 11). There are pos-

itive GPI signals in MJO phases 4–5 and negative GPI
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signals in MJO phases 8–1 over the SCS and WNP. The spa-

tial structure of GPI anomaly during lead times 1–10 days

in models reasonably resembles the ERA-Interim reanaly-

sis data. However, the intensity of the MJO effect on GPI

anomaly is generally underestimated in BCC_CSM1.2. This

may be due to the response of inadequate ascending motion

and negative OLR accompanied by weak MJO over SCS

and WNP in this model. In GloSea5, these terms are larger

than those in BCC_CSM1.2 and closer to the ERA-Interim

reanalysis data.

4.2 Discussion

Many studies have shown that improvements in model

initialization and resolution have contributed greatly

to advancements in TC prediction (Hendricks et al.,
2013; Osuri et al., 2013; Heming, 2016). In the hind-

cast experiments of this article, the lower GPI forecast

skill in BCC_CSM1.2 since the first forecast lead day

implies that further improvements in the initialization

scheme and reanalysis data choosing may contribute to

more skilful GPI forecasts using this model. In the sum-

mer mean TCG distribution, the two large-value centres

are respectively located on the east and west sides of the

Philippines Islands, where the terrain is complex. A better

TC prediction also need to depict complex process inter-

actions across spatial scales through the model resolution

enhancement.

Besides GPI forecast, the MJO forecast skill could be

further improved if a better initial conditions perturbation

method and accurate initial conditions are applied, espe-

cially at the beginning of the forecast in the BCC model

(Ren et al., 2016). It is likely that an improvement in

MJO distribution also could be accomplished with a higher

model resolution (Inness et al., 2001; Jia et al., 2008; Zhao

et al., 2014, 2015). Meanwhile, the convective parametriza-

tion determines the basic simulation ability of the model

to MJO (Ling et al., 2009; Zhang and Song, 2009). In

this study, the OLR responses during different MJO phases

in BCC_CSM1.2 is much weaker than that in the obser-

vations and GloSea5. The GPI forecast skill could be

further improved if more accurate large-convection condi-

tions such as MJO are constructed, especially at the strong

MJO phases.

On multi-week time-scales, MJO has previously been

shown to be a major driver of TC predictability (Camp et al.,
2018). Assessing GloSea5 and BCC_CSM1.2 model hind-

casts during boreal summer for the TC genesis potential index

(GPI) over WNP, with emphasis on the MJO effect, is con-

ducive to identifying and improving TC forecasts in these

models. Our results indicate that the large-scale dynamical

environment changes as the MJO convection propagates east-

ward, and this plays an important role in the typhoon genesis

in GloSea5 and BCC_CSM1.2 models. Overall, the forecast-

ing skill of TCG number is far below the prediction skill of

MJO. Considering the intrinsic predictability of the MJO of

more than 2 weeks, the forecasted MJO phase information has

significant implications for TCG prediction on intraseasonal

time-scales.
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２０１８年秋季我国气候异常及成因分析

赵俊虎　王永光
国家气候中心，中国气象局气候研究开放实验室，北京１０００８１

提　要：２０１８年秋季我国气候异常特征总体表现为：气温呈“东高西低”的分布；东部降水呈“南北多、中间少”的分布，其中

内蒙古中东部、东北、江南南部和华南大部地区降水异常偏多，而华北至江南北部降水异常偏少，且江南和西南地区降水出现

明显的季节内反向分布转变特征。异常成因分析表明，秋季欧亚中高纬度槽脊活动频繁，冷空气活跃，西太平洋副热带高压

较常年同期偏强偏西，脊线季节内南北波动较大，西南水汽输送偏强，导致我国东部降水南北多、中间少。进一步研究表明，

海温异常是影响２０１８年秋季我国气候异常的最主要外强迫因子，季节内ＥｌＮｉ珘ｎｏ由中部型向东部型发展，热带印度洋海温偶

极子正位相持续，副热带南印度洋偶极子正位相发展。秋季后期ＥｌＮｉ珘ｎｏ影响增强，东亚副热带大气环流发生明显的季节内

响应。因此，ＥｌＮｉ珘ｎｏ和印度洋海温的演变及其对东亚环流的影响，加上欧亚中高纬环流异常的季节内调整，二者共同导致了

我国南方地区降水出现明显的东西反向的季节内变化。

关键词：气候异常特征，季节内转折，成因分析，ＥｌＮｉ珘ｎｏ，印度洋海温
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ａｎｄｓｏｕｔｈ，ｌｅｓｓｉｎｔｈｅｍｉｄｄｌｅ”．ＴｈｅｐｒｅｃｉｐｉｔａｔｉｏｎｗａｓａｂｏｖｅｎｏｒｍａｌｉｎｔｈｅｃｅｎｔｒａｌａｎｄｅａｓｔｅｒｎｐａｒｔｏｆＩｎｎｅｒ

Ｍｏｎｇｏｌｉａ，ＮｏｒｔｈｅａｓｔＣｈｉｎａ，ｔｈｅｓｏｕｔｈｅｒｎｐａｒｔｏｆｔｈｅｓｏｕｔｈｏｆｔｈｅＹａｎｇｔｚｅＲｉｖｅｒａｎｄＳｏｕｔｈＣｈｉｎａ，ｂｕｔｂｅ

ｌｏｗｎｏｒｍａｌｉｎｔｈｅｒｅｇｉｏｎｆｒｏｍＮｏｒｔｈＣｈｉｎａｔｏｔｈｅｎｏｒｔｈｅｒｎｐａｒｔｏｆｔｈｅｓｏｕｔｈｏｆｔｈｅＹａｎｇｔｚｅＲｉｖｅｒ．Ｉｎａｄｄｉ

ｔｉｏｎ，ｔｈｅｐｒｅｃｉｐｉｔａｔｉｏｎｉｎｔｈｅｓｏｕｔｈｏｆｔｈｅＹａｎｇｔｚｅＲｉｖｅｒａｎｄＳｏｕｔｈｗｅｓｔＣｈｉｎａｓｈｏｗｅｄｏｂｖｉｏｕｓｓｅａｓｏｎａｌｒｅ

ｖｅｒｓｅｄｉｓｔｒｉｂｕｔｉｏｎｃｈａｒａｃｔｅｒｉｓｔｉｃｓ．Ｂｙａｎａｌｙｚｉｎｇｔｈｅｃａｕｓｅｓｆｏｒｔｈｅｃｌｉｍａｔｉｃａｎｏｒｍａｌｙ，ｗｅｆｏｕｎｄｔｈａｔｉｎａｕ

ｔｕｍｎ，ｒｉｄｇｅａｎｄｔｒｏｕｇｈａｃｔｉｖｉｔｉｅｓｉｎｍｉｄｄｌｅａｎｄｈｉｇｈｌａｔｉｔｕｄｅｓｏｆＥｕｒａｓｉａｗｅｒｅｆｒｅｑｕｅｎｔ，ｔｈｅｃｏｌｄａｉｒｗａｓａｃ

ｔｉｖｅ，ｔｈｅｗｅｓｔｅｒｎＰａｃｉｆｉｃｓｕｂｔｒｏｐｉｃａｌｈｉｇｈ（ＷＰＳＨ）ｗａｓｓｔｒｏｎｇｅｒａｎｄｍｏｒｅｗｅｓｔｗａｒｄｔｈａｎｎｏｒｍａｌ，ｔｈｅｒｉｄ

ｇｅｓｏｆＷＰＳＨｆｌｕｃｔｕａｔｅｄｇｒｅａｔｌｙｆｒｏｍｎｏｒｔｈｔｏｓｏｕｔｈ，ａｎｄｔｈｅｓｏｕｔｈｗｅｓｔｗａｔｅｒｖａｐｏｒｔｒａｎｓｐｏｒｔｗａｓｓｔｒｏｎ

ｇｅｒ，ｒｅｓｕｌｔｉｎｇｉｎｔｈｅａｂｎｏｒｍａｌｄｉｓｔｒｉｂｕｔｉｏｎｏｆｐｒｅｃｉｐｉｔａｔｉｏｎｉｎｅａｓｔｅｒｎＣｈｉｎａ．Ｆｕｒｔｈｅｒｓｔｕｄｉｅｓｈａｖｅｓｈｏｗｎ

ｔｈａｔｔｈｅｓｅａｓｕｒｆａｃｅｔｅｍｐｅｒａｔｕｒｅａｎｏｍａｌｙ（ＳＳＴＡ）ｗａｓｔｈｅｍａｊｏｒｅｘｔｅｒｍａｌｆｏｒｃｉｎｇｆａｃｔｏｒｆｏｒｔｈｅｃｌｉｍａｔｉｃ

ａｎｏｍａｌｉｅｓｉｎｔｈｅａｕｔｕｍｎｏｆ２０１８．ＴｈｅＥｌＮｉ珘ｎｏｔｙｐｅｄｅｖｅｌｏｐｅｄｆｒｏｍｔｈｅｃｅｎｔｒａｌＰａｃｉｆｉｃｔｙｐｅ（ＣＰ）ＥｌＮｉ珘ｎｏ
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ｔｏｔｈｅｅａｓｔｅｒｎＰａｃｉｆｉｃｔｙｐｅ（ＥＰ）ＥｌＮｉ珘ｎｏ．ＴｈｅｐｏｓｉｔｉｖｅｐｈａｓｅｏｆｔｒｏｐｉｃａｌＩｎｄｉａｎＯｃｅａｎｄｉｐｏｌｅ（ＴＩＯＤ）

ｔｕｒｎｅｄｔｏｔｈｅｐｏｓｉｔｉｖｅｐｈａｓｅｏｆＳｏｕｔｈＩｎｄｉａｎＯｃｅａｎｄｉｐｏｌｅ（ＳＩＯＤ）．Ａｎｄｔｈｅｒｅｗａｓｏｂｖｉｏｕｓｒｅｓｐｏｎｓｅｏｆｔｈｅ

ＥａｓｔＡｓｉａｎｓｕｂｔｒｏｐｉｃａｌａｔｍｏｓｐｈｅｒｉｃｃｉｒｃｕｌａｔｉｏｎｔｏｔｈｅＳＳＴＡｉｎｔｈｅＰａｃｉｆｉｃａｎｄＩｎｄｉａｎＯｃｅａｎｉｎａｕｔｕｍｎ．

Ｔｈｅｒｅｆｏｒｅ，ｔｈｅｅｖｏｌｕｔｉｏｎｏｆＥｌＮｉ珘ｎｏａｎｄｔｈｅＳＳＴｉｎｔｈｅＩｎｄｉａｎＯｃｅａｎａｎｄｔｈｅｉｒｉｎｆｌｕｅｎｃｅｏｎｔｈｅＥａｓｔＡｓｉａ

ａｔｍｏｓｐｈｅｒｉｃｃｉｒｃｕｌａｔｉｏｎ，ｔｏｇｅｔｈｅｒｗｉｔｈｔｈｅｓｅａｓｏｎａｌａｄｊｕｓｔｍｅｎｔｏｆｔｈｅａｎｏｍａｌｏｕｓｃｉｒｃｕｌａｔｉｏｎｉｎｔｈｅｍｉｄｄｌｅ

ａｎｄｈｉｇｈｌａｔｉｔｕｄｅｓｉｎＥｕｒａｓｉａ，ｌｅｄｔｏｔｈｅｏｂｖｉｏｕｓｅａｓｔｗｅｓｔｉｎｔｅｒｓｅａｓｏｎａｌｃｈａｎｇｅｓｏｆｐｒｅｃｉｐｉｔａｔｉｏｎｉｎｓｏｕ

ｔｈｅｒｎＣｈｉｎａ．

犓犲狔狑狅狉犱狊：ｃｌｉｍａｔｉｃａｎｏｍａｌｙｆｅａｔｕｒｅ，ｉｎｔｅｒｓｅａｓｏｎａｌｃｈａｎｇｅ，ｐｏｓｓｉｂｌｅｃａｕｓｅｓ，ＥｌＮｉ珘ｎｏ，ＩｎｄｉａｎＯｃｅａｎＳＳＴ

引　言

中国地处东亚季风区，季风气候显著。秋季是

夏季风环流向冬季风环流转变的过渡时期。此时，

东亚夏季风系统开始南撤，季风槽逐步南移，中高纬

度的冷空气活动开始活跃。热带暖湿气流和南下的

冷空气在不同地区的交汇造成我国天气和气候的异

常，不同强度的冷暖气团在某些区域持续的对峙甚

至可以带来一些极端天气和气候事件。同时由于秋

季是我国秋收秋种的重要季节，秋季的天气气候异

常将对我国粮食生产和人民生活安全造成严重的影

响。因此做好秋季气候异常的诊断分析和预测，将

有利于认识秋雨发生的科学规律，有助于防灾减灾

（鲍媛媛等，２００３；白虎志和董文杰，２００４；贾小龙等，

２００８；侯威等，２０１５；肖科丽等，２０１５；柳龙生和高拴

柱，２０１８）。

自２０世纪９０年代以来，我国秋季气温总体处

于偏暖的年代际背景下；而秋季降水自２１世纪以来

进入偏多的时段。近几年秋季我国降水异常偏多

（柳艳菊等，２０１３；王朋岭等，２０１４；司东等，２０１５；聂

羽等，２０１６；竺夏英和宋文玲，２０１７；支蓉等，２０１８）。

２０１８年秋季，我国气候区域差异大，西部地区总体

呈现“冷湿”的特征，东部气温偏高，降水呈“南北多、

中间少”的分布特征。在西北地区东部、华北西部、

东北地区、江南和华南等地，出现强降水天气过程，

部分地区出现洪涝、泥石流等灾害。此外，２０１８年

秋季降水季节内变化显著，９月南方地区呈“东少西

多”的分布，而后秋（１０—１１月）南方地区转为“东多

西少”的分布。本文从２０１８年秋季我国主要气候特

点出发，通过诊断分析造成气候异常的大气环流特

征和外强迫信号，探讨造成２０１８年秋季气候异常的

可能成因，为今后的气候预测和服务提供参考。

１　资料和方法

本文使用了１９６１—２０１８年的中国逐日气温和

降水观测资料。数据来源于国家气象信息中心整编

的中国地区２４００台站观测气候数据集。此外，本文

还使用了１９６１—２０１８年美国国家环境预报中心和

美国国家大气研究中心（ＮＣＥＰ／ＮＣＡＲ）提供的２．５°

×２．５°水平分辨率的位势高度场、水平风场、水汽场

的逐日再分析资料（Ｋａｌｎａｙｅｔａｌ，１９９６）和美国国家

海洋大气局（ＮＯＡＡ）提供的１９６１—２０１８年逐月海

温资料（Ｒｅｙｎｏｌｄｓｅｔａｌ，２００７）。文中部分图片出自

国家气候中心开发的“气象灾害影响评估系统”及

“大气环流交互诊断系统”。

西太平洋副热带高压（以下简称副高）指数、

Ｎｉ珘ｎｏ３指数、ＥｌＮｉ珘ｎｏＭｏｄｏｋｉ指数（ＥＭＩ）、热带印度

洋海温偶极子指数（ＴＩＯＤ）和副热带南印度洋偶极

子指数（ＳＩＯＤ）来自国家气候中心。其中 Ｎｉ珘ｎｏ３指

数表示 ５°Ｓ～５°Ｎ、１５０°Ｗ～９０°Ｗ 区域平均的

ＳＳＴＡ。根据 Ａｓｈｏｋｅｔａｌ（２００７），ＥＭＩ定义为：

（ＳＳＴＡ）Ｃ －０．５（ＳＳＴＡ）Ｅ －０．５（ＳＳＴＡ）Ｗ，其中

（ＳＳＴＡ）Ｃ、（ＳＳＴＡ）Ｅ、（ＳＳＴＡ）Ｗ 分别表示热带太平

洋中部（１０°Ｓ～１０°Ｎ、１６５°Ｅ～１４０°Ｗ）、东部（１５°Ｓ～

５°Ｎ、１１０°～７０°Ｗ）和西部（１０°Ｓ～２０°Ｎ、１２５°～

１４５°Ｅ）区域平均的海温距平（Ａｓｈｏｋｅｔａｌ，２００７；

Ｗｅｎｇｅｔａｌ，２００７；２００９）。Ｎｉ珘ｎｏ３指数和ＥＭＩ分别

用于监测东部型和中部型ＥＮＳＯ事件。ＴＩＯＤ定义

为热带西印度洋（１０°Ｓ～１０°Ｎ、５０°～７０°Ｅ）与热带东

南印度洋（１０°Ｓ～０°、９０°～１１０°Ｅ）区域平均海温距

平的差值（Ｓａｊｉｅｔａｌ，１９９９）。ＳＩＯＤ定义为西南印度

洋（４５°Ｓ～３０°Ｓ、４５°～７５°Ｅ）与东南印度洋（２５°Ｓ～

１５°Ｓ、８０°～１００°Ｅ）区域平均海温距平的差值（Ｂｅ

ｈｅｒａａｎｄＹａｍａｇａｔａ，２００１；晏红明等，２００９），犜犐犗犇
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＞０℃和犛犐犗犇＞０℃表示正位相，犜犐犗犇＜０℃和

犛犐犗犇＜０℃表示负位相。文中的气候常年值为

１９８１—２０１０年的平均值。

２　２０１８年秋季我国主要气候异常特

征

　　２０１８年秋季，全国平均气温为１０．０℃，较常年

同期（９．９℃）偏高０．１℃（图１ａ）。从空间分布看，气

温呈现“东高西低”的分布，内蒙古东部、东北大部、

华北南部、黄淮、江淮、江汉、江南大部、华南东南部

和西藏大部等地区气温偏高，其中内蒙古东部、黑龙

江大部和吉林西北部等地气温较常年同期偏高１～

２℃，局部偏高２℃以上；而新疆大部、内蒙古西部和

中部、西北大部、华北北部、西南大部、华南西部等地

气温较常年同期偏低，其中新疆北部局部和西南地

区东部局部偏低１～２℃（图１ｂ）。季内，由于冷空气

活动频繁，华北及内蒙古东部、吉林西部、辽宁南部、

山东北部、山西南部、陕西、青海东北部以及江苏等

地发生极端日降温事件。

秋季，全国平均降水量为１２９．７ｍｍ，较常年同

期（１１９．８ｍｍ）偏多８．３％（图２ａ）。降水空间分布

非常不均匀，其中东部地区总体呈现“南北多、中间

图１　１９６１—２０１８年秋季全国平均

气温历年变化（ａ）及２０１８年秋季

全国气温距平分布（ｂ）

Ｆｉｇ．１　Ｔｉｍｅｓｅｒｉｅｓｏｆａｕｔｕｍｎｍｅａｎ

ｔｅｍｐｅｒａｔｕｒｅｏｖｅｒＣｈｉｎａｄｕｒｉｎｇ

１９６１－２０１８（ａ）ａｎｄｄｉｓｔｒｉｂｕｔｉｏｎｏｆ

ｔｅｍｐｅｒａｔｕｒｅａｎｏｍａｌｉｅｓｉｎａｕｔｕｍｎ２０１８（ｂ）

图２　１９６１—２０１８年秋季全国平均

降水量历年变化（ａ）及２０１８年秋季

全国降水距平百分率分布（ｂ）

Ｆｉｇ．２　Ｔｉｍｅｓｅｒｉｅｓｏｆａｕｔｕｍｎｍｅａｎｒａｉｎｆａｌｌ

ｏｖｅｒＣｈｉｎａｄｕｒｉｎｇ１９６１－２０１８（ａ）ａｎｄ

ｄｉｓｔｒｉｂｕｔｉｏｎｏｆｐｒｅｃｉｐｉｔａｔｉｏｎａｎｏｍａｌｙ

ｐｅｒｃｅｎｔａｇｅｉｎａｕｔｕｍｎ２０１８（ｂ）

少”的空间分布，而西部地区总体呈现“南北少、中间

多”的空间分布。降水偏多区出现在新疆北部、西北

南部、内蒙古中部和东部、东北大部、西南北部和东

部局部、江南南部及华南大部等地，尤其是河套地

区、内蒙古中东部、东北北部、华南中部至江南南部

等地区降水偏多５成以上；而华北大部、西北东南部、

江汉、江淮大部、西藏南部、西南南部等地降水较常年

同期明显偏少，部分地区偏少８成至１倍（图２ｂ）。

　　从区域特征看，东北地区（黑龙江、吉林、辽宁）

平均降水量（１１９．７ｍｍ）较常年同期（９８．２ｍｍ）偏

多２１．９％（图３ａ）。华北地区（北京、天津、河北和山

西）平均降水量（５３．８ｍｍ）较常年同期（９４．９ｍｍ）

偏少４３．３％，为１９９８年以来最少年（图３ｂ）。南方

地区（广东、广西、贵州、湖南、江西、福建）平均降水

量（３２２．０ ｍｍ）较常年同期 （２３８．０ ｍｍ）偏多

３５．３％，为１９８３年以来第五多年（图３ｃ）。季内，内

蒙古、甘肃、青海、宁夏、山东、浙江和江苏等地还出现

了极端日降水量事件，其中山东台儿庄（１９９．４ｍｍ）、

内蒙古乌海（１３３．９ｍｍ）和乌斯太（９４．３ｍｍ）、青海

甘德（４０．１ｍｍ）等站日降水量突破历史极值。
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图３　１９６１—２０１８年秋季东北（ａ）、

华北（ｂ）和南方（ｃ）地区平均

降水量历年变化

Ｆｉｇ．３　Ｔｉｍｅｓｅｒｉｅｓｏｆａｕｔｕｍｎｒａｉｎｆａｌｌｏｖｅｒ

ＮｏｒｔｈｅａｓｔＣｈｉｎａ（ａ），ＮｏｒｔｈＣｈｉｎａ（ｂ）ａｎｄ

ＳｏｕｔｈＣｈｉｎａ（ｃ）ｄｕｒｉｎｇ１９６１－２０１８

　　从国家气候中心华西秋雨的监测结果来看

（表１），２０１８年华西秋雨监测区降水总体较常年偏

少２０．１％。其中华西北区（主要包括陕西南部大

部、宁夏南部和甘肃南部）秋雨开始日期较常年偏晚

５ｄ，结束日期偏早２２ｄ，秋雨期偏短２６ｄ，累积降水

量偏少６７．５％；华西南区（湖北西部、湖南西部、重

庆、四川东部、贵州北部以及陕西南部部分地区）秋

雨开始日期偏晚１ｄ，结束日期偏晚９ｄ，秋雨期偏长

８ｄ，累积降水量偏多５．４％。

　　从降水的季节内变化来看，各区域存在明显的

季节内转折变化（图４）。其中长江以南地区，９月

总体表现为“西多东少”的分布特征（图４ａ）；而１０月

表１　２０１８年华西秋雨指数特征

犜犪犫犾犲１　犐狀犱犲狓犲狊狅犳犪狌狋狌犿狀狉犪犻狀犳犪犾犾

狅狏犲狉犠犲狊狋犆犺犻狀犪犻狀２０１８

开始时间

（气候值）

结束时间

（气候值）

持续时间

（气候值）

／ｄ

秋雨量

（气候值）

／ｍｍ

北区
９月１３日

（９月８日）

９月２１日

（１０月１３日）

８

（３５）

４４．３

（１３６．５）

南区
９月１０日

（９月９日）

１１月９日

（１０月３１日）

５９

（５２）

１９４．３

（１８４．４）

总体
９月１０日

（８月３１日）

１１月９日

（１１月１日）

５９

（６２）

１６２．０

（２０２．８）

图４　２０１８年秋季逐月全国降水距平百分率分布

（ａ）９月，（ｂ）１０月，（ｃ）１１月，（ｄ）１０—１１月

Ｆｉｇ．４　Ｄｉｓｔｒｉｂｕｔｉｏｎｏｆｐｒｅｃｉｐｉｔａｔｉｏｎａｎｏｍａｌｙｐｅｒｃｅｎｔａｇｅｉｎ２０１８

（ａ）Ｓｅｐｔｅｍｂｅｒ，（ｂ）Ｏｃｔｏｂｅｒ，（ｃ）Ｎｏｖｅｍｂｅｒａｎｄ（ｄ）Ｏｃｔｏｂｅｒ－Ｎｏｖｅｍｂｅｒ
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（图４ｂ）和１１月（图４ｃ）降水异常的空间特征则发生

了显著变化，长江以南地区转变为江南多、西南少的

东多西少分布特征，尤其是１１月东多西少分布特征

更明显。为了后文的分析，图４ｄ给出了１０—１１月

的降水距平百分率，中国东部总体表现为南多北少

的分布特征，长江以南则为江南多、西南少的东多西

少分布特征。

何敏（１９８４）的研究中将我国秋雨区分成一般秋

雨区和明显秋雨区，华西属于明显秋雨区，而长江中

下游及其以南的大部分地区属于一般秋雨区。２０１８

年华西秋雨降水量北区异常偏少，南区接近常年略

偏多。而华南至江南的秋雨强度明显强于华西地

区，南方６省秋季平均降水量较常年同期偏多

３５．３％，为１９８３年以来第五多年（图３ｃ），且季节内

空间分布的转变特征较明显，对当地秋收秋种产生

显著的不利影响。降水异常空间型的变化伴随着大

气环流的调整和次季节尺度大气演变特征。为了突

出气候异常特征并使降水成因分析更有针对性，下

文将重点分析秋季我国南方地区降水异常偏多及空

间分布型转变的原因。

３　气候异常的可能成因

由以上分析可见，２０１８年秋季我国的主要气候

异常突出表现为：气温总体呈“东高西低”的分布；东

部降水呈“南北多、中间少”的分布，其中内蒙古中

东部和东北大部、江南南部和华南地区异常偏多，而

华北至江淮异常偏少，且南方地区降水异常的空间

分布出现显著的季节内转折变化。２０１８年秋季我

国气候异常的主要原因包括两个方面：大气环流异

常是影响气温和降水异常的直接原因，而海温异常

则是气候异常的重要外强迫因子。

３．１　大气环流异常特征

大气环流异常是造成我国气候异常的直接原

因。从秋季平均的５００ｈＰａ高度场及距平场上可以

看出（图５ａ），欧亚中高纬为“两脊一槽”，欧洲—乌

拉尔山以西为正高度距平，巴尔喀什湖及其以北为

低槽控制，贝加尔湖—东亚大部为正高度距平控制，

除东北外我国大部分地区处于负高度距平控制区，

图５　２０１８年秋季５００ｈＰａ位势高度（等值线，单位：ｇｐｍ）及距平场（填色）

（ａ）秋季，（ｂ）９月，（ｃ）１０月，（ｄ）１１月

（红色线为气候平均的位势高度等值线）

Ｆｉｇ．５　５００ｈＰａｇｅｏｐｏｔｅｎｔｉａｌｈｅｉｇｈｔ（ｃｏｎｔｏｕｒｓ，ｕｎｉｔ：ｇｐｍ）ａｎｄａｎｏｍａｌｉｅｓ（ｃｏｌｏｒｅｄａｒｅａｓ）ｉｎｔｈｅａｕｔｕｍｎｏｆ２０１８

（ａ）ａｕｔｕｍｎ，（ｂ）Ｓｅｐｔｅｍｂｅｒ，（ｃ）Ｏｃｔｏｂｅｒ，（ｄ）Ｎｏｖｅｍｂｅｒ

（Ｒｅｄｃｏｎｔｏｕｒｓｓｔａｎｄｆｏｒｔｈｅｃｌｉｍａｔｏｌｏｇｉｃａｌｍｅａｎｏｆｇｅｏｐｏｔｅｎｔｉａｌｈｅｉｇｈｔｃｏｎｔｏｕｒｓ）
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从而有利于来自极地和中高纬度地区的冷空气从西

北向东南方向扩散。整个秋季共发生了１０次明显

的冷空气过程，较常年同期偏多２次，导致我国西部

大部分地区气温偏低。对于低纬度地区，副高的主

体较气候态偏强偏南，但受到台风活动影响，副高体

分为东西两段，西部中心位于南海上空，东部中心位

于１３０°Ｅ以东的西北太平洋地区。环绕西部副高体

的反气旋环流范围较大，且外缘位置明显偏西，从而

有利于来自低纬度的西南暖湿水汽向我国南方地区

输送，并与西北方南下的冷空气交汇，在西南地区东

部、江南和华南这些地区形成明显的水汽通量辐合，

有利于南方地区降水偏多。东段副高主体与日本岛

以东的高压体相连，引导高压体西侧的南方水汽向

北输送至东北地区和内蒙古东部地区，形成明显的

水汽通量辐合（图６ａ），造成东北地区和内蒙古东部

地区降水明显偏多。

　　此外，大气环流和水汽输送存在明显的季节内

变化。９月，欧亚中高纬呈“两脊一槽”的分布，乌拉

尔山地区和鄂霍次克海为高压脊，而蒙古、我国华北

和东北地区为低压槽控制，东亚槽偏弱，副高体位于

２０°～３０°Ｎ，位置略偏北，且分为东西两段，西段副高

体位于中国华南至江南地区，菲律宾东部海洋上空

为低压槽控制（图５ｂ）。环绕西部副高体的反气旋

控制我国南方地区，从而有利于来自低纬度的暖湿

水汽向我国西南地区和华南地区输送，并与西北方

南下的冷空气交汇，在两个地区形成明显的水汽通

量辐合（图６ｂ），有利于西南和华南降水偏多；而江

南大部受西北气流控制，降水偏少。

１０月，东亚呈“北高南低”的分布，贝加尔湖及

其以东为正高度距平，我国大部分地区为负高度距

平。副高形态类似于９月，但西段主体位置明显偏

南，中心南移至１０°～２０°Ｎ（图５ｃ）。菲律宾至孟加

拉湾为较强的反气旋距平环流控制（图略），孟加拉

湾的水汽沿着反气旋向我国江南南部和华南地区输

送，并与中国东部的冷空气交汇，在江南和华南形成

明显的辐合（图６ｃ），导致两个地区降水偏多。

　　１１月，东亚中高纬转为明显的“西低东高”的

分布，乌拉尔山以东至贝加尔湖转为较强的负高度

图６　２０１８年秋季对流层整层积分水汽通量（矢量，单位：ｋｇ·ｓ
－１·ｍ－１）

及水汽通量散度距平场（填色，单位：１０－５ｋｇ·ｓ
－１·ｍ－２）

（ａ）秋季，（ｂ）９月，（ｃ）１０月，（ｄ）１１月

Ｆｉｇ．６　Ａｎｏｍａｌｉｅｓｍｏｉｓｔｕｒｅｆｌｕｘｉｎｔｅｇｒａｔｅｄｆｒｏｍ１０００ｈＰａｔｏ３００ｈＰａ（ｖｅｃｔｏｒｓ，ｕｎｉｔ：ｋｇ·ｓ
－１·ｍ－１）

ａｎｄｄｉｖｅｒｇｅｎｃｅ（ｃｏｌｏｒｅｄａｒｅａｓ，ｕｎｉｔ：１０
－５ｋｇ·ｓ

－１·ｍ－２）ｉｎ２０１８

（ａ）ａｕｔｕｍｎ，（ｂ）Ｓｅｐｔｅｍｂｅｒ，（ｃ）Ｏｃｔｏｂｅｒ，（ｄ）Ｎｏｖｅｍｂｅｒ
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距平，中国东部至鄂霍次克海转为较强的正高度距

平，鄂霍次克海高压脊加强（图５ｄ）。副高形态较１０

月发生明显变化，强度明显增强，主体位置明显偏

南，中心南移至１０°～２０°Ｎ，连为一体，且异常西伸，

西伸脊点最西达到３０°Ｅ以西（图５ｄ）。菲律宾为较

强的反气旋距平环流控制（图略），西南水汽沿着反

气旋向我国东南地区输送，华南、江南和江淮地区为

明显的水汽辐合区（图６ｄ），导致我国东南部地区降

水异常偏多。

综上可见，２０１８年秋季欧亚中高纬度槽脊活动

频繁，冷空气活跃，副高偏强偏西，西南水汽输送偏

强，导致我国气温“东高西低”的分布，东部降水“南

北多、中间少”。且欧亚中高纬环流形势和副高均存

在显著的季节内变化，二者共同导致了我国南方地

区降水出现明显的东西反向的季节内变化。

３．２　海温

２０１７年１０月开始的拉尼娜（ＬａＮｉ珘ｎａ）事件于

２０１８年４月结束后，赤道中东太平洋海温缓慢上

升，８、９、１０、１１月Ｎｉ珘ｎｏ３．４区海温指数分别为０．２７、

０．３８、０．８５、０．９９℃，８—１０月３个月滑动平均为

０．５℃。根据Ｒｅｎｅｔａｌ（２０１８）制定的《厄尔尼诺／拉

尼娜事件监测业务规定》，赤道中东太平洋已经在９

月进入ＥｌＮｉ珘ｎｏ状态。从ＳＳＴＡ的空间演变可见，９

月，赤道中东太平洋暖海温主要位于赤道以北区域，

赤道东太平洋赤道以南区域为正常—偏冷海温

（图７ａ），海温分布更偏向于中部型ＥｌＮｉ珘ｎｏ型；热带

印度洋为东冷西暖的海温分布，即ＴＩＯＤ为正位相。

图７　２０１８年９月（ａ）、１０月（ｂ）和１１月（ｃ）平均海表温度距平

Ｆｉｇ．７　ＳＳＴａｎｏｍａｌｉｅｓｉｎＳｅｐｔｅｍｂｅｒ（ａ），Ｏｃｔｏｂｅｒ（ｂ），Ｎｏｖｅｍｂｅｒ（ｃ）ｏｆ２０１８
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１０月赤道中太平洋暖海温向东传播，整个赤道中东

太平洋均为暖海温，同时 ＴＩＯＤ 正位相减弱，而

ＳＩＯＤ正位相发展（图７ｂ）；１１月，整个赤道中东太

平洋暖海温进一步发展，中心东移至东太平洋，海温

分布更偏向于东部型ＥｌＮｉ珘ｎｏ型，ＳＩＯＤ正位相也进

一步发展（图７ｃ）。从２０１７—２０１８年 ＥＭＩ、Ｎｉ珘ｎｏ３

指数、ＴＩＯＤ和ＳＩＯＤ演变来看，ＥＭＩ从２０１８年４

月转为正值，此后在波动中上升；４—９月，Ｎｉ珘ｎｏ３指

数明显弱于ＥＭＩ，１０和１１月Ｎｉ珘ｎｏ３指数突然分别

增加至０．８５和０．９０℃，且明显高于ＥＭＩ；２—９月，

ＴＩＯＤ维持负位相，ＳＩＯＤ于１０月由负转正，１１月

达到０．９０℃。

　　已有研究表明，热带太平洋及印度洋海温异常

是影响我国秋季降水的两个重要外强迫因子（谌芸

和施能，２００３；刘宣飞和袁慧珍，２００６ａ；２００６ｂ；贾小

龙等，２００８；柳艳菊等，２０１３；顾薇等，２０１２；韩晋平

等，２０１３；Ｇｕｅｔａｌ，２０１５；何珊珊等，２０１５；刘佳等，

２０１５；支蓉等，２０１８）。通常在ＥｌＮｉ珘ｎｏ年，我国秋季

降水容易出现南多北少的异常分布特征。Ｇｕｅｔａｌ

（２０１５）研究发现，热带太平洋东西ＳＳＴ差与我国南

方秋季降水密切相关，当东太平洋偏暖西太平洋偏

冷时，中南半岛至我国东部为显著的偏南风，加强了

我国南方的水汽输送和上升运动，导致我国南方地

区降水偏多。刘宣飞和袁慧珍（２００６ｂ）研究表明，

仅有ＩＯＤ发生时，其正位相年使得中国西南地区和

黄河流域的秋季降水出现正异常，而当ＩＯＤ与ＥＮ

ＳＯ伴随出现时，ＩＯＤ正位相年和ＥｌＮｉ珘ｎｏ使得中国

西南地区秋季降水正异常区域维持并向东扩展，还

使得黄河流域秋季降水转为负异常。从刘宣飞和袁

慧珍（２００６ｂ）的ＩＯＤ正位相年和ＥｌＮｉ珘ｎｏ联合发生

年秋季降水距平百分率合成图与２０１８年秋季降水

距平百分率图（图２ｂ）对比来看，前者降水偏多区域

主要位于西南地区东南部至江南西部，而２０１８年降

水偏多区域主要位于华南至江南中部，位置有明显

的差异。结合中国南方秋季降水季节内转变来看，

这一差异可能与赤道中东太平洋和印度洋ＳＳＴＡ的

季节内演变有关。２０１８年秋季，赤道中东太平洋和

印度洋ＳＳＴＡ的演变均存在明显的季节内差异，Ｅｌ

Ｎｉ珘ｎｏ由９月的中部型向１０—１１月的东部型转变，

印度洋秋季ＴＩＯＤ正位相维持，１０—１１月ＳＩＯＤ正

位相发展。为了说明这一问题，从１９８１—２０１７年秋

季海温资料中选取四组赤道中东太平洋和印度洋海

温异常的组合年。

Ａ组：９月ＥｌＮｉ珘ｎｏ中部型和 ＴＩＯＤ正位相年

（犈犕犐≥０．５℃，且犈犕犐＞Ｎｉ珘ｎｏ３指数，犜犐犗犇＞０℃：

１９８６、１９９１、１９９４和２００４年）；Ｂ组：９月ＬａＮｉ珘ｎａ中

部型和 ＴＩＯＤ 负位相年（１９８４、１９８５、１９８８、１９９８、

２０１０和２０１６年）；Ｃ组：１０—１１月ＥｌＮｉ珘ｎｏ东部型

和ＳＩＯＤ正位相年（Ｎｉ珘ｎｏ３指数≥０．５℃，且 Ｎｉ珘ｎｏ３

指数＞犈犕犐，犛犐犗犇＞０℃：１９８６、１９８７、２００４和２００６

年）；Ｄ组：１０—１１月 ＬａＮｉ珘ｎａ和ＳＩＯＤ 负位相年

（１９８３、１９９６、１９９９和２００７年）。

　　从Ａ组和Ｂ组年份我国９月降水距平百分率

合成图（图略）及二者的差值图（图９ａ）可见，９月Ｅｌ

Ｎｉ珘ｎｏ中部型和ＴＩＯＤ正位相年，我国南方降水呈西

南多而江南少的西多东少分布特征（图略），而

ＬａＮｉ珘ｎａ中部型和 ＴＩＯＤ负位相年，南方降水呈东

多西少分布（图略），二者的差值图也显示，西南地区

图８　２０１７—２０１８年ＥＭＩ、Ｎｉ珘ｎｏ３指数、ＴＩＯＤ和ＳＩＯＤ（单位：℃）

Ｆｉｇ．８　ＭｏｎｔｈｌｙＥＭＩ，Ｎｉ珘ｎｏ３，ＴＩＯＤａｎｄＳＩＯＤｉｎｄｅｘｅｓｄｕｒｉｎｇ２０１７－２０１８（ｕｎｉｔ：℃）
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图９　我国９月（ａ）和１０—１１月（ｂ）降水距平百分率差值

（ａ）９月ＥｌＮｉ珘ｎｏ为中部型且ＴＩＯＤ正位相年减去９月为ＬａＮｉ珘ｎａ东部型且ＴＩＯＤ负位相年，

（ｂ）１０—１１月为ＥｌＮｉ珘ｎｏ东部型且ＳＩＯＤ正位相年减去１０—１１月为ＬａＮｉ珘ｎａ且ＳＩＯＤ负位相年

（黑点为通过０．０５显著性水平检验区域）

Ｆｉｇ．９　Ｔｈｅｄｉｆｆｅｒｅｎｃｅｆｉｇｕｒｅｓｏｆｐｒｅｃｉｐｉｔａｔｉｏｎａｎｏｍａｌｙｐｅｒｃｅｎｔａｇｅ

ｉｎ（ａ）Ｓｅｐｔｅｍｂｅｒａｎｄ（ｂ）Ｏｃｔｏｂｅｒ－Ｎｏｖｅｍｂｅｒ

（ａ）ｙｅａｒｓｏｆｃｅｎｔｒａｌＰａｃｉｆｉｃｔｙｐｅ（ＣＰ）ＥｌＮｉ珘ｎｏａｎｄｐｏｓｉｔｉｖｅＴＩＯＤｓｕｂｔｒａｃｔｙｅａｒｓ

ｏｆＥａｓｔｅｒｎＰａｃｉｆｉｃｔｙｐｅ（ＥＰ）ＥｌＮｉ珘ｎｏａｎｄｎｅｇｔｉｖｅＴＩＯＤｉｎＳｅｐｔｅｍｂｅｒ，

（ｂ）ｙｅａｒｓｏｆＥＰＥｌＮｉ珘ｎｏａｎｄｐｏｓｉｔｉｖｅＳＩＯＤｓｕｂｔｒａｃｔｙｅａｒｓｏｆＬａＮｉ珘ｎａ

ａｎｄｎｅｇｔｉｖｅＳＩＯＤｉｎＯｃｔｏｂｅｒ－Ｎｏｖｅｍｂｅｒ

（Ｂｌａｃｋｄｏｔｓｉｎｄｉｃａｔｅｔｈｅａｒｅａｈａｖｅｐａｓｓｅｄｔｈｅ０．０５ｓｉｇｎｉｆｉｃａｎｃｅｌｅｖｅｌｔｅｓｔ）

为正差值区，江南至江淮为负差值区（图９ａ）。从９

月降水距平百分率图（图４ａ）和图９ａ对比可见，南

方降水二者均具有西多东少的分布，但华南地区和

东南沿海部分地区有差异，这主要是因为９月登陆

我国华南的台风较多，造成这些区域降水明显偏多。

从Ｃ组和Ｄ组年份我国１０—１１月降水距平百

分率合成图（图略）及二者的差值图（图９ｂ）可见，

１０—１１月ＥｌＮｉ珘ｎｏ东部型和ＳＩＯＤ正位相年，我国

东部降水呈南多北少分布，华南北部至江南降水偏

多，而江淮至华北降水偏少（图略）；而１０—１１月Ｌａ

Ｎｉ珘ｎａ和ＳＩＯＤ负位相年，１０—１１月我国东部降水分

布恰好相反，华南北部至江南降水偏少，而江淮至华

北降水偏多（图略），二者的差值图也显示，华南北部

至江南为显著正差值区，而江淮至华北为负差值区

（图９ｂ）。从１０—１１月降水距平百分率图（图４ｄ）和

图９ｂ对比可见，二者在中东部均具有南多北少的特

征，在南方二者也均具有东多西少的分布特征。

　　从Ａ组和Ｂ组年份９月东亚５００ｈＰａ高度距

平场和８５０ｈＰａ风场距平的合成图（图略）及二者的

差值图（图１０ａ）可见，９月ＥｌＮｉ珘ｎｏ中部型和ＴＩＯＤ

正位相年，欧亚中高纬呈“两脊一槽”的分布，乌拉尔

山地区和鄂霍次克海为高压脊，蒙古、中国华北和东

北地区为低压槽控制，副高偏弱位置略偏北，华北为

气旋距平，西南地区为西南风和西北风交汇区，江南

大部为东北风异常（图略）。这种环流形势与２０１８

年９月相类似，有利于华北和西南地区降水偏多、江

南降水偏少。９月ＬａＮｉ珘ｎａ中部型和ＴＩＯＤ负位相

年，欧亚中高纬呈“两槽一脊”的分布，乌拉尔山地区

和鄂霍次克海为低压槽，乌拉尔山以东至贝加尔湖

以东为正高度距平，中国大陆为负高度距平，西北太

平洋为正高度距平，副高偏强、位置偏南偏西，华南

和江南为南风距平（图略）。这种环流形势有利于华

南和江南降水偏多。二者的差值图也显示，贝加尔

湖经中国华北至西北太平洋副热带地区为负差值

区，江南为东北风距平控制（图１０ａ）。

　　从Ｃ组和Ｄ组年份１０—１１月东亚５００ｈＰａ高

度距平场和８５０ｈＰａ风场距平的合成图（图略）及二

者的差值图（图１０ｂ）可见，１０—１１月ＥｌＮｉ珘ｎｏ东部

型年和ＳＩＯＤ正位相年，乌拉尔山至鄂霍次克海为

负高度距平，中国西部至江南为负高度距平，华北和

东北地区为正高度距平，副高偏强偏南且异常西伸，

华南至江南地区为西南风异常（图略），这种环流形

势与２０１８年１０—１１月较为类似，有利于我国华南

和江南降水偏多。１０—１１月ＬａＮｉ珘ｎａ年和ＳＩＯＤ负

位相年，东亚环流形势大体上与ＥｌＮｉ珘ｎｏ东部型年

和ＳＩＯＤ正位相年相反，贝加尔湖以西为异常偏强
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图１０　同图９，但为５００ｈＰａ高度场（阴影）和８５０ｈＰａ风场（矢量，单位：ｍ·ｓ－１）

（蓝、红和黑线在图１０ａ／图１０ｂ中分别表示Ａ组／Ｃ组、Ｂ组／Ｄ组和气候平均的５８８０ｇｐｍ等值线；

黑点为通过０．０５显著性水平检验区域）

Ｆｉｇ．１０　ＳａｍｅａｓＦｉｇ．９，ｂｕｔｆｏｒ５００ｈＰａｇｅｏｐｏｔｅｎｔｉａｌｈｅｉｇｈｔ（ｃｏｎｔｏｕｒｓ）ａｎｄａｎｏｍａｌｉｅｓ

ｆｉｅｌｄｓ（ｓｈａｄｉｎｇｓ）ａｎｄ８５０ｈＰａｗｉｎｄａｎｏｍａｌｉｅｓ（ｖｅｃｔｏｒｓ，ｕｎｉｔ：ｍ·ｓ
－１）

（ｂｌｕｅ，ｒｅｄａｎｄｂｌａｃｋｃｏｎｔｏｕｒｓｓｔａｎｄｆｏｒｔｈｅＧｒｏｕｐＡ／Ｃ，ＧｒｏｕｐＢ／Ｄａｎｄｃｌｉｍａｔｏｌｏｇｉｃａｌ

５８８０ｇｐｍｃｏｎｔｏｕｒｓｉｎＦｉｇ．１０ａ／Ｆｉｇ．１０ｂ，ｒｅｓｐｅｃｔｉｖｅｌｙ；ｂｌａｃｋｄｏｔｓｉｎｄｉｃａｔｅ

ｔｈｅａｒｅａｈａｖｅｐａｓｓｅｄｔｈｅ０．０５ｓｉｇｎｉｆｉｃａｎｃｅｌｅｖｅｌｔｅｓｔ）

的正高度，以东为负高度距平，副高强度和位置接近

常年同期，我国华南至河套地区为正高度距平

（图略）。南方受正高度距平的控制，降水偏少；而受

正高度距平西南侧偏强的水汽输送，我国长江以北

地区降水偏多。二者的差值图也显示，巴尔喀什湖

至长江流域为显著负差值区，孟加拉湾至西太平洋

副热带地区为显著的正差值区，我国南方为西南风

距平（图１０ｂ），即ＥｌＮｉ珘ｎｏ东部型年和ＳＩＯＤ正位相

年，副高偏强偏西偏南，西南水汽输送偏强，我国南

方降水偏多、北方降水偏少；ＬａＮｉ珘ｎａ年和ＳＩＯＤ负

位相年，环流和降水则呈相反的分布特征。

４　结论和讨论

（１）２０１８年秋季，全国平均气温为１０．０℃，较

常年同期偏高０．１℃，空间上呈“东高西低”分布；平

均降水量为１２９．７ｍｍ，较常年同期偏多８．３％，降

水空间分布非常不均匀，其中东部地区总体呈现“南

北多、中间少”的空间分布，而西部地区总体呈现“南

北少、中间多”的空间分布，其中内蒙古中东部、东

北、江南中南部和华南大部地区降水异常偏多，而华

北至江南北部降水异常偏少，且南方地区降水出现

明显的季节内反向变化特征。

（２）大气环流和水汽输送异常是造成我国气候

异常的直接原因。２０１８年秋季，欧亚中高纬度槽脊

活动频繁，冷空气活跃，副高偏强偏西，西南水汽输

送偏强，导致我国气温“东高西低”，东部降水“南北

多、中间少”。且欧亚中高纬环流形势和副高均存在

显著的季节内变化，二者共同导致了我国南方地区

降水出现明显的西南和江南东西反向的季节内变

化。

（３）海温异常是影响２０１８年秋季我国气候异

常的最主要的外强迫因子，季节内ＥｌＮｉ珘ｎｏ由中部

型向东部型发展，ＴＩＯＤ 正位相维持，１０—１１月

ＳＩＯＤ正位相发展。随着赤道中东太平洋海温和印

度洋海温形态的共同转变，秋季后期ＥｌＮｉ珘ｎｏ影响

增强，东亚副热带环流显示出清晰的响应，９月副高

偏强偏北，１０—１１月副高偏强偏南。因此，ＥｌＮｉ珘ｎｏ

和印度洋海温的演变及其对东亚环流的影响，加上

欧亚中高纬环流异常的季节内调整，二者共同导致

了我国南方地区降水出现明显的江南与西南反向的

季节内变化。

热带太平洋和印度洋海温异常是影响东亚大气

环流的重要因素。袁媛等（２０１２）、袁媛和晏红明

（２０１２）研究发现，热带大气对不同分布型ＥｌＮｉ珘ｎｏ

和ＬａＮｉ珘ｎａ事件有不同的响应特征，进而对我国气

候造成不同的影响。已有研究探讨过印度洋海温异

常尤其是ＴＩＯＤ与我国秋季降水的关系（刘宣飞和

袁慧珍，２００６ａ；２００６ｂ；刘佳等，２０１５）。一般认为夏、

秋季印度洋偶极子均与中国南方秋季降水有很好的

正相关关系，同时ＥＮＳＯ事件的发生对ＴＩＯＤ与中

国秋季降水的关系有调制作用，导致 ＴＩＯＤ 与

ＥＮＳＯ事件联合作用和独立作用时对秋季气候的影

响不同。也有研究指出，ＳＩＯＤ对印太地区及我国
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气候具有较大的影响（ＢｅｈｅｒａａｎｄＹａｍａｇａｔａ，２００１；

Ｒｅａｓｏｎ，２００１；贾小龙和李崇银，２００５）。但ＳＩＯＤ

对我国秋季降水的影响机制还不清晰，需要进一步

分析研究。本文通过２０１８年秋季降水异常成因分

析发现，ＥＮＳＯ分布型和印度洋海温模态位相的季

节内转变，对我国南方秋季降水空间分布型季节内

调整起到了重要的作用，该结论为我国秋季降水预

测提供了依据。
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ABSTRACT

Sea surface temperature anomaly (SSTA) is a major signal for prediction of summer precipitation in East Asia. The
relationship  between  SSTA  in  the  tropical  oceans  and  summer  precipitation  in  East  Asia  has  been  documented  in
many  studies.  However,  the  relationship  between  SSTA  and  late  summer  (July–August)  precipitation  (JAP)  over
Northeast China (NEC) on the interannual timescale has received little attention. In this study, we examine the rela-
tionship  between  Indian  Ocean  Basin  warming  (IOBW)  anomalies  in  spring  and  the  JAP  in  NEC  since  the  early
1960s. A significant positive correlation is found between the spring IOBW index and JAP over NEC. The positive
spring  IOBW anomaly  is  followed  by  an  anomalous  anticyclone  from Northwest  Pacific  to  the  Korean  Peninsula.
This  anomalous  anticyclone  favors  a  significantly  strong  and  northward  western  Pacific  subtropical  high  (WPSH),
which facilitates anomalous southerly winds over NEC and the transport of more water vapor into this region. Fur-
ther analysis indicates that the spring IOBW anomalies have important impacts on the vertical air motion in the trop-
ics and subtropics during the summer. Significant anomalous upward (downward) motion covering Indonesia (North-
west  Pacific  to  the  southern  Korean  Peninsula)  occurs  when  the  IOBW  is  in  its  positive  phase,  which  favors  the
northward movement of the WPSH in late summer and more precipitation over NEC in July–August. Modulation of
the atmospheric circulation by this mechanism further influences the JAP over NEC.
Key words: Northeast China (NEC), late summer precipitation, interannual, circulation, Indian Ocean Basin warm-

ing (IOBW)
Citation: Zhao, J. H., J. Zhou, K. G. Xiong, et al., 2019: Relationship between tropical Indian Ocean SSTA in spring

and  precipitation  of  Northeast  China  in  late  summer. J.  Meteor.  Res., 33 (6),  1060–1074,  doi:
10.1007/s13351-019-9026-9.

1.    Introduction

Northeast  China  (NEC;  38°–53°N,  118°–135°E)  lies
on the  northeastern  boundary of  the  East  Asian summer
monsoon (EASM; Sun et al., 2000; Lian et al., 2003; Gao
et al., 2014; Han et al., 2018a). Summer is the main sea-
son  of  agricultural  growth  and  concentrated  period  of
precipitation  over  NEC,  and  predictions  of  the  spatial
distribution  of  summer  floods  and  droughts  are  import-
ant  for  agriculture  in  this  region.  The  weather  and  cli-
mate over  NEC are affected by the monsoon circulation
systems of the subtropics and the westerly wind belt over

the  Northern  Hemisphere  (Sun  et  al.,  2002).  In  general,
the mid- to high-latitude circulation has a dominant influ-
ence  on  the  climate  over  NEC  (Wang  et  al.,  2009)  and
there  are  distinct  sub-seasonal  climate  features  over  this
region in summer.

The  atmospheric  circulations  affecting  the  climate  of
NEC vary greatly over the summer months. In early sum-
mer (May–June), the weather and climate over NEC are
associated  with  the  activity  of  the  NEC cold  vortex  and
the Okhotsk high (He et al., 2007). However, in late sum-
mer  (July–August),  they  are  mainly  affected  by  the
northeastward  movement  of  the  EASM and  the  western

 
Supported  by  the  National  Key  Research  and  Development  Program  of  China  (2018YFA0606301)  and  National  Natural  Science

Foundation of China (41875093, 41705074, and 41530531).
*Corresponding author: fenggl@cma.gov.cn.
©The Chinese Meteorological Society and Springer-Verlag Berlin Heidelberg 2019

Volume 33 Journal of Meteorological Research DECEMBER 2019



Pacific subtropical high (WPSH), and also influenced by
the  activity  of  the  Okhotsk  high  and  NEC  cold  vortex
(Sun  et  al.,  1994; Zhao  and  Feng,  2014; Zhao  et  al.,
2018).  The  EASM  plays  a  key  role  in  the  weather  and
climate over NEC, and a more powerful EASM leads to
more rainfall over NEC on both interannual and decadal
timescales  (Sun  et  al.,  2003, 2017 ).  Moreover,  signific-
ant  interannual  and  decadal  variations  occur  in  summer
precipitation over NEC (Shen et al., 2011).

Zhao et al. (2018) found that the atmospheric circula-
tions that affect early summer precipitation over NEC are
different from those that influence late summer precipita-
tion  on  both  interannual  and  decadal  timescales. Han  et
al. (2015) indicated that a clear shift to less precipitation
over  NEC  during  the  peak  summer  months  (July–
September)  occurred  from  1999  to  2012  relative  to
1984–98. Wang and He (2015) showed that  the sea sur-
face  temperature  anomalies  (SSTAs)  over  the  Pacific
Ocean, warming over the Caspian Sea and the European
Continent, and Arctic sea ice anomalies jointly led to the
severe summer drought in northern China in 2014.

SSTA  is  a  main  predictor  of  climate  variability  over
NEC,  although  multiple  factors  play  a  part.  The  El
Niño–Southern  Oscillation  (ENSO)  is  the  strongest  sig-
nal in the interannual variability of the atmospheric circu-
lation (Zheng et  al.,  2006; Zheng and Zhu,  2016; Lin et
al.,  2018).  The  occurrence  of  an  ENSO  event  is  an  im-
portant precursor used to predict  interannual climate an-
omalies  in  many  tropical  and  subtropical  regions,  espe-
cially for predicting the patterns in the summer rain belt
over East China (Shi et al., 2001; Wang and Wu, 2012).
However, the influence of ENSO on the variation in pre-
cipitation  over  NEC  is  intricate,  exhibiting  large  uncer-
tainty (Wang, 2002; Gao and Gao, 2015). There is no re-
markable  connection  between  the  seasonally  averaged
precipitation in NEC and ENSO during 1951–2000 (Wu
et al., 2003). Gong et al. (2005) reported that there is no
direct  correlation  between  ENSO and  the  summer  mon-
soon  over  NEC,  and  that  the  resulting  precipitation  an-
omalies have no significant relation with El Niño events.

The SSTA in the Indian Ocean exerts  a  crucial  influ-
ence  on  the  climate  variability  of  the  surrounding  areas
through strong air–sea interactions (Saji et al., 1999; An-
namalai,  2010; Huang  et  al.,  2010).  The  SSTA  in  the
tropical Indian Ocean (TIO) substantially affects the East
Asian climate because the TIO is one of the main sources
of  water  vapor  for  East  Asia  (Xie  et  al.,  2009; Xu  and
Fan, 2012). The Indian Ocean Basin warming (IOBW) is
the first  mode of the variability of sea surface temperat-

ures (SSTs) in the TIO and is closely linked to variations
in  climate  in  India  and  East  Asia  (Yang  et  al.,  2007;
Huang et al., 2016). Huang et al. (2010) showed that the
TIO  teleconnection  with  Northwest  Pacific  has
strengthened since the mid 1970s. Qu and Huang (2012)
noted that the TIO has exerted an enhanced impact on the
South Asian high since the late 1970s. Han et al. (2018b)
reported that there has been a close linkage between the
March–April SSTs in the TIO and the precipitation over
NEC in the following May–June since the late 1980s.

Most  of  the  previously  published  investigations  have
considered  the  evolutionary  characteristics  of  the  sum-
mer  mean  rainfall  over  NEC  and/or  the  relationship
between  rainfall  and  SSTs  (Bai,  2001; Wu  et  al.,  2003;
Wang  et  al.,  2013; Han  et  al.,  2015, 2018b ).  However,
the  sub-seasonal  variation  in  summer  rainfall  in  NEC
(i.e.,  the  variation  in  rainfall  in  early  and  late  summer)
has  not  been  considered.  The  atmospheric  circulations
and SSTs that affect precipitation over NEC in late sum-
mer  are  significantly  different  from  those  in  early  sum-
mer;  the  EASM and  WPSH play  a  more  important  role
(Zhao  et  al.,  2018).  Late  summer  is  the  main  rainy  sea-
son in NEC. It is therefore meaningful to study the rela-
tionship between the SSTs in the key oceanic regions and
late summer precipitation in NEC.

The  remainder  of  this  paper  is  organized  as  follows.
The datasets and methodology are introduced in Section
2.  The  relationship  between  the  previous  winter–spring
SSTAs in the TIO and precipitation in late summer of the
same year over NEC and the possible mechanisms of this
relationship  are  analyzed  in  Section  3.  A  summary  and
discussion are presented in Section 4.

2.    Data and methodology

The monthly average precipitation dataset for 160 sta-
tions in China during the time period 1951–2016 was ob-
tained from the China Meteorological Administration. A
total of 24 of these stations (Fig. 1a) are located in NEC
(38°–53°N, 118°–135°E). The monthly mean circulation
data,  gridded  at  a  resolution  of  2.5°  ×  2.5°,  were  ob-
tained  from  the  NCEP/NCAR  for  the  time  period
1951–2016 (Kalnay et al., 1996). SST data with a resolu-
tion of 2.0° × 2.0° were obtained from the NOAA Exten-
ded  Reconstructed  Sea  Surface  Temperature  version  3b
(ERSST.v3b)  dataset  (Smith  et  al.,  2008).  The  outgoing
longwave  radiation  (OLR)  data  were  obtained  from
NOAA  for  the  time  period  June  1974–December  2013
(Liebmann and Smith, 1996).

The  NOAA  Niño3.4  index  was  used  to  represent  the
ENSO (https://www.cpc.ncep.noaa.gov/data/indices/sstoi.
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indices) for 1951–2016. The IOBW index was defined as
the  normalized  area-averaged  SSTA  in  the  TIO
(5°S–20°N, 40°–110°E). The WPSH intensity index was
defined  by  the  geopotential  height  at  500  hPa  (H500)  in
the subtropical western Pacific (10°–35°N, 115°–150°E).
The WPSH ridge position index was defined as the aver-
age  latitude  of  500-hPa  zonal  wind  (U500)  =  0  over
10°–35°N,  115°E–180°,  and  the  NEC  south  wind
(NESW) index was defined as the area-averaged 850-hPa
meridional  wind  (V850)  over  32.5°–42.5°N,  120°–130°E
(Sun et al., 2003, 2017).

The power spectrum analysis was performed to reveal
the  periodicity  of  summer  precipitation  over  NEC.  Fast
Fourier  transformation  and  bandpass  filtering  were  then
employed to decompose the interannual and decadal vari-
ations.  Correlation  analysis  and  linear  regression  analy-
sis  were  implemented  to  show  the  connections  between
the atmospheric circulation and rainfall in NEC. We used
Student’s t  test  to  check  the  significance  of  the  correla-

tion  and  regression  analyses.  The  linear  trends  were  re-
moved before the computations.

3.    Results

3.1    Characteristics of late summer precipitation
over NEC

Figure 1a displays locations of the meteorological sta-
tions in NEC; precipitation observations at these stations
are  used in  this  study. Figure  1b shows temporal  evolu-
tion of areal-averaged late summer (July–August) precip-
itation (JAP) in NEC. There are clear interannual and in-
terdecadal  variations  in  the  JAP  and  there  are  apparent
shifts  to  more  (less)  precipitation  in  the  1960s  and  mid
1980s (mid 1970s and entire 2000s) over NEC. Figure 1c
shows  the  power  spectrum  of  the  JAP.  There  is  a  clear
interannual  (2–4-yr  period)  and  interdecadal  (22-yr  pe-
riod)  variability  during  the  time  period  1951–2016.  To
focus  on  the  interannual  variations,  the  JAP  time  series
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Fig. 1.   (a) Locations of meteorological stations in Northeast China (NEC). (b) Standardized time series of the July–August precipitation (JAP)
over NEC during the time period 1951–2016. (c) Power spectrum for the JAP. The values above the dotted line show a confidence level of 90%
against red noise. (d) Interannual and interdecadal variations in the JAP.
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was  decomposed  into  interannual  (variation  less  than  8
yr)  and  interdecadal  (variation  longer  than  15  yr)  com-
ponents by Fourier decomposition filtering (Fig. 1d). The
standard  deviations  of  the  interannual  and  interdecadal
components of the JAP were 25.9 and 21.6 mm, respect-
ively.  This  indicates  the  necessity  of  timescale  decom-
position of the JAP over NEC. To facilitate our analysis
of the linkage between the JAP and SSTs on the interan-
nual timescale, all the data were filtered by using a But-
terworth 8-yr high-pass filter.

3.2    Linkage between the JAP over NEC and SSTs

To investigate the possible linkage between late sum-
mer precipitation over NEC and SSTs, Fig.  2 shows the
correlation coefficients between the JAP and the SST in
the previous winter, spring, and summer during the time

period 1961–2016. The data were not filtered before ana-
lysis.

The  partial  correlation  map  between  the  JAP  and  the
previous  winter  (December–February)  SST  field  (Fig.
2a)  shows  that  the  SST  over  the  western  Pacific  warm
pool  area  is  significantly  negatively  correlated  to  JAP,
whereas  the SST over  the TIO and the central  and east-
ern  equatorial  Pacific  Ocean  (CEPO)  exhibits  statistic-
ally insignificant correlations. There is hardly any signi-
ficant  correlation  in  the  spring  (March–May)  SST  field
(Fig. 2b). Remarkable negative correlations appear in the
TIO  in  the  summer  (June–August)  SST  field  (Fig.  2c)
and the correlation coefficients  over  the EPO and North
Pacific Ocean are very small, with barely any significant
correlation.

To  detect  whether  there  is  any  difference  in  the  rela-

 
Fig.  2.   Correlation  coefficients  between  JAP  over  NEC  and  sea  surface  temperatures  (SSTs)  in  (a)  December–January–February,  (b)
March–April–May, and (c) June–July–August during the time period 1961–2016. Shadings from light to dark indicate values that significantly
exceed the 95%, 99%, and 99.9% confidence levels, respectively.
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tionship between the JAP over NEC and the SST on in-
terannual  and  interdecadal  timescales, Figs.  3 and  4
present the correlation coefficients between the JAP and
SSTs on interannual and interdecadal timescales, respect-
ively.

On the interannual timescale, there are significant pos-
itive correlations over the TIO, the CEPO, and the South
China  Sea  (SCS)  in  the  previous  winter  SST  field  (Fig.
3a),  whereas  significant  negative  correlations  are  seen
over the western Pacific warm pool. The correlations are
above the 99.9% confidence level.  The same correlation
distributions  are  seen  between  the  JAP  and  the  spring
SSTs  (Fig.  3b).  There  are  some  differences,  however.
Compared with the correlation distribution in winter, the
spatial  ranges  of  significant  positive  correlations  de-
crease  in  the  CEPO,  the  significant  positive  correlation
regions in the TIO expand eastward to Northwest Pacific,

and the positive correlation fields in the northern TIO be-
come  more  significant,  whereas  the  correlation  coeffi-
cients in the western Pacific warm pool area become stat-
istically  insignificant.  The  correlation  coefficients  in
summer (Fig. 3c) are the opposite to those on the winter
correlation  map.  The northern  TIO and the  CEPO show
negative correlations and the western Pacific warm pool
shows significant positive correlations.

Figure 4 presents the correlation coefficients on the in-
terdecadal  timescale.  Positive  correlations  are  seen  over
Northeast Pacific and negative correlations are located in
the  Indian  Ocean,  the  western  Pacific  Ocean,  and  the
Southeast  Pacific  Ocean  in  winter  (Fig.  4a).  Significant
negative  correlations  appear  in  the  Southwest  Indian
Ocean,  the western Pacific  warm pool,  and east  of  Aus-
tralia.  The  same  correlation  distributions  between  the
JAP  and  SSTs  occur  in  both  spring  (Fig.  4b)  and  sum-
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Fig. 3.   As in Fig. 2, but for the interannual timescale.
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mer (Fig. 4c).
The  above  analyses  indicate  that  the  relationship

between  late  summer  precipitation  in  NEC and  the  SST
is  most  significant  on  the  interannual  timescale.  The  in-
terannual  variations  of  the  JAP are  closely linked to  the
interannual variations in the previous winter–spring SSTs
in the CEPO and the TIO. NEC experiences more (less)
late  summer precipitation when the El  Niño decays (de-
velops) and the TIO SST warms (cools) during the peri-
ods of previous winter to this spring.

It  has  been  documented  that  El  Niño  events  usually
develop in summer or autumn, achieve a maximum value
in  the  subsequent  winter,  and  then  decay  in  spring  or
summer (Yuan and Yang, 2012). During the autumn and
winter  with  an  El  Niño  episode  developing,  a  Rossby
wave over the subtropical East Asia stimulates an anom-
alous anticyclone near the Philippines via teleconnection,
which influences the East Asian climate (Wang and Wu,

2012; Li et al., 2017). The IOBW is the leading mode of
variation in SSTs in the TIO. The IOBW starts  to deve-
lop in winter and achieves a maximum value in the sub-
sequent  spring.  According  to  the  atmospheric  bridge
(Klein et al., 1999) or the Indonesian through-flow mech-
anism (Meyers, 1996), warming appears in the TIO from
winter  to  the subsequent  summer during an El  Niño de-
veloping  year  in  the  CEPO.  By  contrast,  during  an  El
Niño decaying summer, the anomalous warming of SSTs
weakens  in  the  CEPO.  Thus,  the  continuous  anomalous
anticyclone  near  the  Philippines  and  the  enhanced
WPSH  are  a  response  to  the  persistence  of  the  positive
phase of the IOBW. Previous studies have indicated that
the IOBW is a delayed response to El Niño events (Xie et
al.,  2009; Huang et  al.,  2016).  The IOBW usually  plays
an  important  relay  part  in  maintaining  the  effect  of  El
Niño  on  the  East  China  climate  (Yang  et  al.,  2007).
Therefore, the impact of the IOBW on late summer pre-
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Fig. 4.   As in Fig. 2, but for the interdecadal timescale. Shaded areas exceed the 95% confidence level.
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cipitation  over  NEC  lasts  longer  than  that  of  El  Niño
events (Fig. 3).

We  further  analyze  the  stability  of  the  relationship
between the JAP and SSTs on the interannual timescale.
It  is  found  that  negative  correlation  exists  between  the
monthly Niño3.4 index and the JAP during 1951–60, and
significant  positive  correlation  appears  during  1961–
2016.  The same pattern exists  for  the correlation coeffi-
cients  between  the  monthly  IOBW and  the  JAP.  There-
fore,  the  correlation  coefficient  between  the  monthly
Niño3.4  index  and  the  JAP,  and  that  between  the
monthly IOBW index and the JAP, are calculated for two
different  periods:  1951–2016  and  1961–2016.  To  ana-
lyze the variation in the correlation between the Niño3.4
index  and  the  JAP,  and  that  between  the  IOBW  index
and the JAP, the lead–lag correlations from the previous
January to December (24 months in total)  are computed
(Fig.  5).  It  is  clear  that  the  correlation  coefficients
between  the  Niño3.4  index  and  the  JAP  during  1961–
2016 are more significant  than those during 1951–2016,
same  for  the  coefficients  between  the  IOBW  index  and
the  JAP.  During  1961–2016,  there  are  distinct  positive
correlation  coefficients  between  the  Niño3.4  index  and
the  JAP from previous  June  to  March,  and  insignificant
negative  correlations  from June to  December.  The max-
imum  coefficient  reaches  0.52  in  the  previous  July.
However, in terms of the correlation between the IOBW
index and the JAP, a remarkable positive correlation lasts
from the previous October to May, especially from Janu-
ary  to  April,  when the  coefficient  exceeds  0.6.  This  im-
plies that on the interannual timescale, the impact of the
IOBW  on  the  JAP  over  NEC  is  more  pronounced  and
prolonged than that of the El Niño event in the following
spring.

Figure  6a shows  the  normalized  interannual  time
series  for  the  March–April  IOBW  index  and  the  JAP

over  NEC.  It  is  apparent  that  the  co-variability  between
the two interannual indices is neither in phase nor out of
phase  during  1951–60.  Specifically,  four  years  are  in
phase  and  six  years  are  out  of  phase.  However,  the  co-
variability  between  them  is  largely  in  phase  during
1961–2016. During these years, 48 years are in phase and
only 8 years are out of phase. The ratio of the same sign
(correlation  coefficient)  between  the  two  indices  is
86.0%  (0.64)  during  1961–2016.  The  11-yr  sliding  cor-
relations between these years are also computed. There is
no  obvious  correlation  before  1961,  but  there  are  clear
positive  correlations  after  1961  (Fig.  6b).  The  positive
correlation turns insignificant  from the late  1970s to the
early 1980s. Figure 6a shows that there are only 2 years
(1979 and 1983) when the anomalous sign is opposite to
that from the late 1970s to early 1980s. This is the main
reason why the positive correlation between the JAP and
March–April  IOBW becomes insignificant  from the late
1970s  to  the  early  1980s.  This  implies  that  the  spring
IOBW might have had an intense influence on late sum-
mer rainfall in NEC on the interannual timescale after the
early 1960s.

A  composite  analysis  is  performed  to  check  the  con-
sistency  of  the  interannual  correlation  between  the  JAP
and the SST. The JAP over NEC is arranged in descend-
ing  order.  There  are  10  years  (arranged  from  more  to
less:  2013,  1969,  2010,  1985,  1998,  1973,  1994,  1981,
1991,  and  1966)  in  which  the  precipitation  features
above-normal  JAP,  and  10  years  (arranged  from  less  to
more:  1968,  2014,  1992,  2009,  1999,  1989,  2011,  1980,
2012,  and  1972)  in  which  the  precipitation  features  be-
low-normal JAP. Figure 7a presents a composite map of
March–April  SSTAs  for  the  above-normal  variations  of
the  JAP  over  NEC  and Fig.  7b presents  the  composite
map  of  March–April  SSTAs  for  the  below-normal  vari-
ations of the JAP over NEC. The most striking feature is
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Fig. 5.   Lead–lag correlation coefficients between JAP over NEC and the monthly Niño3.4 and Indian Ocean Basin warming (IOBW) indices.
Gray dashed (dotted) lines denote the 95% confidence level for 1951–2016 (1961–2016).
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that  significant  positive  SSTAs  are  present  in  the  TIO,
the subtropical western Pacific Ocean, and the central Pa-
cific  Ocean  during  above-normal  JAP  years  (Fig.  7a).
However, the SSTA spatial pattern turns almost opposite
during below-normal JAP years. Significant negative SS-
TAs  appear  in  the  TIO  (Fig.  7b).  The  conclusion  is  in
agreement  with  the  preceding  correlation  analyses  (see
Figs. 3b, 5, 6).

3.3    Atmospheric circulation anomalies associated with
the March–April IOBW

To further illustrate the influence of the spring IOBW
on the  subsequent  late  summer  JAP over  NEC after  the
early 1960s on the interannual timescale, we now exam-
ine the atmospheric circulation anomalies associated with
the  JAP  over  NEC  and  the  March–April  IOBW  index.
Figure 8 shows the geopotential height anomalies at 500
hPa (H500) and the horizontal wind anomalies at 850 hPa
(UV850)  in late summer associated with the JAP and the
March–April IOBW index from 1961 to 2016. It is clear
that  when  warming  SSTAs  occur  in  the  TIO (the  posit-
ive  phase  of  the  IOBW),  significant  positive  geopoten-
tial  height  anomalies  dominate  the  western  Siberian

Plain, South to central China, Northwest Pacific, and the
Korean Peninsula, along with weak negative values over
Mongolia (Fig.  8b).  In addition,  the positive JAP anom-
aly  is  associated  with  the  analogous  abnormal  distribu-
tion of H500 (Fig. 8a). Accordingly, a cyclone and an an-
ticyclone  are  separately  located  over  Mongolia  and
Northwest  Pacific  in  the  UV850 anomalies  associated
with  both  the  JAP  and  the  March–April  IOBW  index
(Figs.  8c, d ).  Significant  southwesterly  wind  anomalies
extend along East Asia and prevail over NEC, transport-
ing  moisture  originated  from  the  tropical  ocean  north-
ward into this region. Thus, it can be seen that the circu-
lation  anomalies  in  connection  with  the  March–April
IOBW are basically the same as those associated with the
JAP on the interannual timescale.

Water vapor transport is a crucial element of the East
Asian  monsoon  system (Zhou  and  Yu,  2005).  Many  in-
vestigations have shown that the TIO and the SCS are the
main sources of water vapor for rainfall over East China
(Li et al., 2014; Yang et al., 2018). We therefore analyze
the linkages of the JAP and the March–April IOBW with
late summer moisture anomalies. The moisture related to
the JAP over NEC is sourced from the TIO and the west-
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Fig. 6.   (a) Interannual time series of the normalized JAP over NEC and the March–April (MA) IOBW index for the time period 1951–2016.
The red dotted line indicates that the interannual relationship has changed since this year. (b) The 11-yr-sliding correlation coefficients between
JAP and the March–April IOBW index. The dotted line (solid line) denotes the 90% (95%) confidence level.
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ern Pacific through the southern boundary,  and from in-
land Asia across the western boundary (Fig. 9a). The an-
omalous southwesterly moisture flux that flows over the
TIO transports wet and warm air  currents northeastward
with  abundant  moisture  and  then  intrudes  into  NEC,
bringing about the rainfall. The strong southeasterly flux
on the northern side of the water vapor convergence zone
switches to a strong southwesterly flux, which transports
moisture  into  East  Asia.  The  anomalous  transport  of
moisture  is  overlapped  with  the  northwestward  expan-
sion of the WPSH. The peripheral  warm and wet south-
westerly  flow  invades  NEC,  carrying  moisture  directly
from  the  SCS  and  the  Bay  of  Bengal. Figures  9c, e
present the moisture flux divergence and specific humid-
ity at 925 hPa associated with the interannual JAP anom-
alies over NEC. Positive JAP is related to the anomalous
divergence of moisture from the subtropical western Pa-
cific to the Korean Peninsula and the anomalous conver-
gence of moisture over North China and NEC (Fig. 9c).
There  are  also  remarkable  increases  in  the  specific  hu-
midity  in  NEC  (Fig.  9e).  The  positive  March–April
IOBW  index  shows  similar  distribution  patterns  to  the
JAP for the anomalous moisture flux (Fig. 9b), moisture
flux  divergence  (Fig.  9d),  and  specific  humidity  at  925
hPa  (Fig.  9f)—that  is,  the  moisture  and  specific  humid-

ity anomalies associated with the March–April IOBW are
basically  the  same  as  those  associated  with  the  JAP,
which favor late summer precipitation in NEC on the in-
terannual timescale.

3.4    Possible mechanisms

SSTAs  show  fine  seasonal  persistence  as  a  result  of
oceanic  “memory,”  so  their  effects  on  climate  are  often
lagged (Chen et al., 2013), and the response of the atmo-
sphere to SSTAs is often delayed. Zhao (1999) indicated
that  SSTAs  in  the  previous  winter–spring  can  influence
the  summer  circulation  over  East  Asia.  The  response  of
the  EASM  to  tropical  SSTAs  is  likely  to  lag  about  2–6
months  (Zhao,  1999). Han  et  al.  (2018b) found  that  the
SSTAs in the TIO are potentially persistent. The promin-
ent  interannual  variability  of  SSTAs  in  the  tropical
oceans can affect the EASM by altering the thermal con-
trast between the land and sea and through strong sea–air
interactions  in  the  tropics.  Hence,  the  spring  IOBW an-
omaly  may  influence  the  atmosphere  circulation  over
East Asia and precipitation over NEC in the late summer.

The  northward  migration  of  the  WPSH  and  the
EASM—together  with  the  NESW,  Okhotsk  blocking
high  (OBH),  and  NEC  cold  vortex—from  mid  to  high
latitudes  may  influence  the  weather  and  climate  over
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Fig. 7.   Composite map of the March–April sea surface temperature anomalies (SSTAs; °C) for the (a) above-normal and (b) below-normal in-
terannual variations of the JAP over NEC. The black dots exceed the 95% confidence level.
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NEC in late summer (Shen et al.,  2011; Zhao and Feng,
2014; Zhao et al.,  2018). The WPSH and NESW have a
central  role  in  late  summer  rainfall.  To  further  validate
the  interaction  between  SSTAs in  the  TIO and  the  WP-
SH and NESW, Fig.  10 shows the  lead–lag  correlations
between  the  March–April  IOBW  index  and  the  WPSH
intensity  index,  the  WPSH  ridge  point  index,  and  the
NESW  index  from  January  to  December.  There  are  re-
markable  positive  correlations  between  the  March–
April  IOBW  index  and  the  WPSH  intensity  index  from
January to September (Fig. 10a). The highest correlation
coefficient is about 0.65 in April and August—that is, the
warmer the SST in the TIO is from winter to spring, the
stronger the WPSH is in the same period and subsequent
summer.  There  is  an  apparent  intraseasonal  variation  in
the  correlation  coefficients  between  the  March–April
IOBW  and  the  WPSH  ridge  position  index  (Fig.  10b).
The correlation is  negative in May–June (the coefficient
is about –0.34 in June), but then it increases, changes to
positive  in  July,  and  then  becomes  significant  in
August–October—that is, the warmer the SST in the TIO
is  from  winter  to  spring,  the  more  favorable  the  south-
ward  movement  of  the  WPSH  in  May–June  and  the
northward motion in July–August. A positive correlation
between the March–April IOBW and the NESW index is
present  from January  to  September  (Fig.  10c).  The  cor-

relations  are  significant  in  most  months  except  March
and May—that is,  the warmer the IOBW is from winter
to spring, the stronger the NESW is in summer. This con-
dition  supports  the  linkage  between  the  March–April
IOBW and the July–August precipitation over NEC.

To  clarify  the  dynamic  process  linked  to  the
March–April IOBW anomalies, Fig. 11 presents the vari-
ability of the OLR and 500-hPa vertical motion (ω) dur-
ing  early  and  late  summer  associated  with  the  March–
April IOBW index. During early summer, in response to
the  anomalous  positive  March–April  IOBW,  a  negative
OLR anomaly is located over the TIO and the middle of
the  northwestern  Pacific  (from 22°  to  32°N),  whereas  a
positive OLR anomaly is located over the tropical west-
ern  Pacific  (between  5°S  and  20°N)  (Fig.  11a).  During
late summer, the significant negative OLR anomaly asso-
ciated with the positive phase of the March–April IOBW
is  located  above  the  Arabian  Sea  and  southeast  of  the
TIO,  and  a  significant  positive  OLR anomaly  is  located
above the tropical western Pacific (Fig.  11b).  This illus-
trates that the warming TIO SST in spring may have en-
hanced  convective  motion  over  the  TIO  and  weakened
that  over  the  tropical  western  Pacific,  which  contributes
to  the  intensification  of  the  ascending  motion  over  the
TIO and the descending motion over the tropical western
Pacific in summer, especially in late summer. The influ-
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Fig. 8.   Linear regression patterns of the late summer H500 (gpm) against (a) the JAP index over NEC and (b) March–April IOBW index on the
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Fig. 10.   Lead–lag correlations between the March–April IOBW index and (a) the western Pacific subtropical high (WPSH) intensity index, (b)
the WPSH ridge position index, and (c) NEC south wind (NESW) index from January to December. The dotted line indicates the 95% confid-
ence level.
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ence of the March–April IOBW in the mid troposphere is
also clear.  There  is  anomalous upward (downward)  mo-
tion  over  the  TIO  (tropical  western  Pacific  from  5°  to
20°N)  in  early  summer  (Fig.  11c).  During  late  summer,
the  significant  anomalous  upward  motion  moves  east-
ward  to  Indonesia  and  the  surrounding  areas,  and  the
downward  motion  moves  northward  to  the  southern
Korean  Peninsula  (Fig.  11d).  The  March–April  IOBW
anomaly  therefore  has  a  crucial  effect  on  the  vertical
movement  of  the  atmospheric  circulation  in  the  tropics
and subtropics in summer.

The  meridional  cells  are  crucial  in  the  relationship
between the March–April IOBW and the WPSH. The an-

omalous  Hadley  circulation  averaged  over  120°–130°E
associated with the March–April IOBW index shows that
anomalous  subsidence  has  controlled  the  subtropical
zone  during  May–August  (Fig.  12),  which  supplies  an
important dynamic condition for anomalous rainfall over
NEC.  In  early  summer,  significant  descending  motion
occurs  in  the  tropics  (5°–20°N)  and  remarkable  ascend-
ing motion occurs  above the subtropical  western Pacific
(20°–30°N; Fig. 12a). The average position of the WPSH
ridge  is  about  20°N  in  early  summer  (Fig.  13a).  There-
fore, the positive March–April IOBW is favorable for the
southward movement  of  the WPSH in early summer.  In
late summer, when the March–April IOBW index is in its
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Fig.  11.   Linear regression patterns of  the March–April  IOBW index against  the (a)  May–June and (b) July–August  outgoing longwave radi-
ation  (OLR;  W  m−2).  Linear  regression  patterns  of  the  March–April  IOBW  index  against  the  (c)  May–June  and  (d)  July–August ω  at
500 hPa (Pa s−1). Shadings indicate the same as those in Fig. 8.
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Fig. 12.   Linear regression patterns of the March–April IOBW index against the (a) May–June and (b) July–August Hadley circulation averaged
over 120°–130°E (ω; Pa s−1). Shadings indicate the same as those in Fig. 8.
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positive  phase,  significant  descending  motion  moves
northward  to  Northwest  Pacific  (10°–35°N),  while  as-
cending  motion  occurs  in  the  tropical  western  Pacific
Ocean  (10°S–5°N)  and  NEC  (Fig.  12b).  The  average
WPSH ridge  is  located  at  about  27.5°N in  late  summer.
In  addition,  NEC  is  dominated  by  southwesterly  winds
(Fig. 13b). Thus, the positive March–April IOBW favors
the  northward  movement  of  the  WPSH  in  late  summer
and more rainfall in NEC, consistent with previous stud-
ies. Xie  et  al.  (2009) found  that  an  anomalous  Kelvin
wave led by a positive IOBW anomaly was important to
the maintenance and development of the stronger WPSH.

4.    Conclusions and discussion

In this paper, we analyzed the linkage between spring
SSTAs  in  the  TIO  and  the  following  late  summer  rain-
fall  over NEC on the interannual  timescale and the pos-
sible  associated  mechanisms.  A  strong  significant  posit-
ive linkage between the spring IOBW and the late sum-
mer rainfall over NEC has been observed on the interan-
nual  timescale  since  the  early  1960s.  The  impact  of  the
IOBW  on  late  summer  precipitation  over  NEC  is  more
pronounced and prolonged than that of the El Niño event
in the previous winter and following spring. The correla-
tion coefficient between the March–April IOBW and late

summer  precipitation  over  NEC  is  0.64  during  1961–
2016.  An  in-depth  analysis  has  shown  that  the  positive
March–April  IOBW  for  1961–2016  is  normally  associ-
ated  with  a  notable  anomalous  anticyclone  from  North-
west Pacific to the Korean Peninsula, which favors a sig-
nificantly  strong  and  northward  WPSH  and  anomalous
southwesterly  winds  over  NEC,  bringing  more  moisture
into this region. The March–April IOBW anomaly has a
positive  influence  on  the  WPSH  and  NESW  through
modulation of the atmospheric circulation (e.g., the OLR,
vertical motion, and Hadley cells). A significant anomal-
ous upward (downward) motion over Indonesia (Northw-
est  Pacific  to  the  southern  Korean  Peninsula)  occurs
when the IOBW is in its positive phase, which favors the
northward  movement  of  the  WPSH,  stronger  NESW,
abundant water vapor, and more precipitation over NEC
in late summer (Fig. 14).

The  impact  of  the  tropical  oceans  on  the  EASM  and
precipitation has been explored in many previous studies
(Klein et al.,  1999; Yuan et al.,  2008; Annamalai,  2010;
Ren  and  Jin,  2011; Yuan  and  Yang,  2012; Chen  et  al.,
2013).  The  IOBW  is  the  delayed  response  to  El  Niño
events and acts as a relay function in maintaining the in-
fluence of El Niño events on the East Asian climate (Wu
and  Kirtman,  2004; Yang  et  al.,  2007; Xie  et  al.,  2009;
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Fig. 13.   Climate mean (1981–2010 average) (a) May–June and (b) July–August 850-hPa horizontal wind (m s−1), WPSH (outlined by the 5880
contour line), and the ridge of the WPSH (dashed line).
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Fig. 14.   Schematic diagram showing the relationship between March–April IOBW and the JAP over NEC on the interannual timescale.
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Huang et  al.,  2016). Han et  al.  (2018b) showed that  the
early summer rainfall over NEC has been closely linked
to the early spring SSTs in the TIO since the late 1980s.
The  work  reported  here  shows  a  close  interannual  rela-
tionship  between the  spring IOBW and the  late  summer
rainfall  over  NEC  since  the  early  1960s.  The  impact  of
the  IOBW on  late  summer  precipitation  over  NEC lasts
longer  than  that  of  the  El  Niño  event.  The  linkage
between  the  spring  IOBW  and  the  late  summer  rainfall
over NEC may be applied as a helpful clue to short-term
predictions of climate.
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Abstract
We analyzed the anomalous characteristics of autumn rain in western China (ARWC) (26.2–36° N, 101.9–111.8° E) in
2017 and the related large-scale atmospheric circulations based on new monitoring indicators published by the China
Meteorological Administration in 2015 and the National Center for Environmental Prediction reanalysis data. We found
that the characteristics of autumn rain in the southern (33–36° N, 101.9–111.8° E) and northern (26.2–33° N, 101.9–111.8°
E) regions of the monitoring area were different. The onset date of autumn rain in the north (south) of the monitoring area
in 2017 was 14 (16) days earlier than in normal years, which is in the 4th (4th) place since 1961. The end of the autumn
rain was 5 days later (earlier) than in normal years. The autumn rain period was 54 (63) days long, 19 (11) days longer than
in normal years. The autumn rainfall in the north (south) of the monitoring area was 234.1 (322.2) mm, 72.6% (74.4%)
higher than that in normal years. The amount of autumn rain in the southern region is in the second place since 1965. The
cause of this significantly early onset of the ARWC in 2017 was the advanced transition of the East Asian atmospheric
circulation system from a summer pattern to a winter pattern. The westerly jet in the upper troposphere appeared about 10
days earlier than in normal years. The meridional circulation of a west-high and east-low pattern was observed in the mid-
and lower troposphere in the mid- and high latitudes of Eurasia. This circulation configuration resulted in an early onset of
the ARWC. As a result of the influence of the persistent warming of the Indian Ocean basin-wide mode from spring to
summer, the west Pacific subtropical high was extremely strong (the second strongest since 1981) and its westernmost
point was greatly extended to the west (the second greatest extension since 1981) during the autumn rain period. The
intensity of the moisture flux from the southwest of the western Pacific subtropical high was stronger than usual and the
low trough of Lake Baikal was also strong. Cold air from the north and the abundant warm, humid water vapor from the
south converged in western China, resulting in more precipitation during the autumn rain period.

1 Introduction

The autumn rain in western China (ARWC) is a special
weather phenomenon and mainly occurs in the Weihe river
basin, the Hanshui river basin, east Sichuan, and east

Yunnan (Gao and Guo 1958; He 1984; Liang 1989). In
autumn, cold air from the north interacts with the warm,
humid air that stagnates in this area as a result of topo-
graphic blocking, which strengthens the front and induces
rainfall (Zhang 1941; Bai and Dong 2004). Precipitation is
generally greater in autumn than in spring and less than the
precipitation in summer, forming a sub-maximum, and
leading to remarkable autumn floods (Atmospheric
Science Dictionary Editorial Committee 1994). The onset
date of ARWC in 2017 was obviously earlier than that in a
normal year. In the northern region, the onset date was 14
days earlier than in a normal year, which is in the 4th place
since 1961. Also, in the southern region, it was 16 days
earlier than in a normal year, which is in the 4th place since
1961. In addition, the total precipitation of ARWC in 2017
was 70% more than that of a normal year (Zhi et al. 2018),
which is in the second place since 1965. The maximum
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precipitation was up to 753.8 mm (Chongqing, Chengkou),
which was 143.6 mm more than that in summer. The pre-
cipitation at Danjiangkou Station in Hubei was nearly 2
times higher than that of the normal year. Influenced by
that, the water level in Danjiangkou reservoir had raised
obviously. On September 13th, the water level in
Danjiangkou reservoir reached 160.76 m, which was above
the record level. Besides, the continuous rain had caused
heavy rain floods and geological disasters in Gansu,
Shaanxi, Sichuan, Chongqing, Guizhou, Hubei, and
Hunan provinces, resulting in enormous losses to local
agricultural production and economy (Feng et al. 2018).
Our motivation for the present work was to investigate
the atmospheric circulation anomalies, as well as the forc-
ing from the sea surface temperature in the context of glob-
al warming, and try to determine the possible causes that
were responsible for the severe ARWC in 2017.

Prior to the current study, there has already been various
research conducted on ARWC. Gao (1958) studied ARWC
in the 1950s and showed that the day on which autumn
rainfall begins in this region is also the day on which the
westerly circulation begins to appear frequently, whereas
the end date of ARWC is also the date on which the west-
erly jet in southern Asia stabilizes in its normal winter
position (Gao and Guo 1958). Yuan and Liu (2013) report-
ed that the establishment of the ARWC corresponds to the
transition of the East Asian atmospheric circulation from
the summer monsoon to the winter monsoon, with a
change in wind direction at 850 hPa from southwest to
southeast over the south of the middle and lower reaches
of the Yangtze River. The end of ARWC is associated with
the retreat of the tropical southwest monsoon from the Bay
of Bengal (BOB) and the complete establishment of the
East Asian winter monsoon, with a change in wind direc-
tion from southwest to northeast at 850 hPa over the BOB.
Bai and Dong (2004) reported that the west Pacific sub-
tropical high (WPSH), the Indo-Burma trough, and the
Lake Baikal low trough are the main systems influencing
ARWC. A well-developed Lake Baikal low trough and
Indo-Burma trough, and a strengthened WPSH favor
more rain over southwest China in autumn. The reverse
conditions result in less rain. Wang et al. (2015) showed
that the ARWC is more (less) than normal when the sea
surface temperature (SST) in the central equatorial Pacific
is lower (higher) than usual from summer to autumn, the
500-hPa height field anomaly is positive (negative), the
position of the WPSH is westward (eastward), and mois-
ture transport from the South China Sea and the BOB is
more (less). Liu and Yuan (2006) found that when the
Indian Ocean dipole appears with the El Niño Southern
Oscillation; the positive phases of the Indian Ocean dipole
and the El Niño maintain the positive anomaly of autumn
precipitation in southwestern China.

Possible causes of abnormal ARWC have attracted
widespread attention. Bao et al. (2003) analyzed the spatial
and temporal characteristics of ARWC in 2001 and its pos-
sible mechanisms and found that there was a quasi-
stationary trough at 500 hPa near Lake Balkhash, from
which short waves were split one by one. The cold air
transported by these short waves and the warm, humid air
in the southwest of the strong WPSH converged in western
China, resulting in continuous rainy days. Liu et al. (2012)
analyzed the causes of the abnormal ARWC in 2011 and
suggested that the anomalous ARWC was a strong
response to the typical La Niña event that began in
September 2011. The decadal variation in autumn rain
may also be an important cause of the anomalous
ARWC. Si et al. (2015) analyzed the causes of precipita-
tion anomalies in western China in autumn 2014 and sug-
gested that the positive precipitation anomaly may have
been caused by warming of the tropical Indian Ocean.
The dominant factors affecting ARWC therefore vary from
year to year, which leads difficulties in the prediction.

However, in previous studies, as the lack of a uniform
definition of the indices of ARWC, such as the study area,
the onset date, and the end date, the conclusions of previ-
ous studies were based on different kinds of definitions of
ARWC, which were not universal. We are interested in
ARWC of 2017, not only because it showed more typical
anomalies in the past half century, but also because of the
releasing of the uniform definition of ARWC indices by the
Forecasting and Network Division of the CMA. Compared
with the previous ARWC indices, the ones that are released
by the Forecasting and Network Division of the CMA are
relatively uniform at the national and provincial levels,
which is more conducive to the monitoring and research
work of nat ionwide ARWC and more universal .
Investigating such a severe ARWC in the context of global
warming and studying its physical causes will help to im-
prove the understanding of the predictability of ARWC
and, hence, to project ARWC events in the future.

2 Data and methods

2.1 Data

The data used in this paper include the following sources:
Daily precipitation data from 373 stations in western China

provided by the National Meteorological Information Center
of the China Meteorological Administration (CMA).

(1) Atmospheric circulation indexes provided by the
National Climate Center of the CMA: the indexes of
intensity, area, the westernmost point, and latitudes of
the ridge line of the WPSH; the strength index of the
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Indo-Burma trough (the accumulation of the product
of the grid area and the difference between the
geopotential height of each grid at 500 hPa in the area
(15–20° N, 80–100° E) and the 5800 geopotential
meter); the index of the Lake Baikal trough (Zhao
1999); and the index of the Indian Ocean basin-wide
warming (IOBW) (regional average SST anomaly
(SSTA) in the area (20° S–20° N, 40–110° E)).

(2) Reanalysis data of the global daily geopotential height
field, the wind field (u, v components), and the specific
humidi ty issued by the Nat ional Center for
Environmental Prediction and the National Center for
Atmospheric Research (Kalnay et al. 1996) with a hori-
zontal spatial resolution of 2.5° × 2.5° and a total of 17
isobaric surfaces from 1000 to 10 hPa in the vertical
direction.

(3) Monthly SST data with a horizontal spatial resolution of
2° × 2° published by National Oceanic and Atmospheric
Administration (Huang et al. 2017).

2.2 Methods

We used the calculation method for water vapor flux reported
by Ding (2005). All the data were selected from 1981 to 2017
and the climatological mean was taken as the average of the
data from 1981 to 2010.

The Forecasting and Network Division of the CMA re-
leased a new monitoring index, the Regulations on the
Monitoring of Autumn Rain in Western China (Trial), for
ARWC in 2015. This type of rain is mainly distributed in
the Weishui river basin, the Hanshui river basin, and eastern
Sichuan and Yunnan at (26.2–36° N, 101.9–111.8° E). The
administrative areas cover Hubei, Hunan, Chongqing,
Sichuan, Guizhou, Shaanxi, Ningxia, and Gansu. Based on
the characteristics of the regional climate, the monitoring
range of the ARWC can be divided into southern and northern
climate zones (Fig. 1). The southern zone includes western
Hubei (28 stations), western Hunan (30 stations), Chongqing
(34 stations), eastern Sichuan (107 stations), northern
Guizhou (60 stations), and parts of southwestern Shaanxi
(10 stations), whereas the northern zone includes most parts
of southwestern Shaanxi (67 stations), southern Ningxia (five
stations), and southern Gansu (32 stations). The main basis for
monitoring indicators such as the beginning (end) day of
ARWC, the length of the rainy period, and the rainfall is the
precipitation conditions of the monitoring stations in these
areas. According to the Regulations on the Monitoring of
Autumn Rain in Western China (Trial), the definitions of be-
ginning day, end day, and the length of the rainy period in the
manuscript are as follows:

(1) The beginning day: Since August 21, when the first rainy
season in the region is monitored, the autumn rain in the

Fig. 1 Map showing the division
of the monitoring area into a
northern and southern zone and
the spatial distribution of
monitoring stations used in this
study
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region will begin, and the beginning day of the first rainy
season will be designated as the beginning day of the
autumn rain in the region.

(2) The end day: After the beginning of the autumn rain,
if there is no more rainy season until October 31, the
autumn rain will end, and the end date of the last
rainy season will be the end day of the autumn rain
in the area.

(3) The length of the autumn rain period: The total number
of days between the beginning day and the end day of the
autumn rain in the monitoring area is the length of the
autumn rain period.

(4) Autumn rainy day: Since August 21, the proportion of
stations with daily rainfall equal to or greater than
0.1 mm in the monitoring area is equal to or greater than
50%, then it is called an autumn rain day; otherwise, it is
a non-autumn rainy day.

(5) Rainy season: Since August 21, if there are five consec-
utive autumn rainy days in the monitoring area (one non-
autumn rainy day is allowed in the 2nd–4th days), the
rainy season will begin and the first autumn rainy day
will be designated as the beginning day of the rainy sea-
son. If there are five consecutive non-autumn rainy days
(one autumn rainy day is allowed in 2nd–4th days), the
rainy season ends, and the first non-autumn rainy day is
designated as the end day of the rainy season. One or
more rainy seasons can occur during autumn rain period.

3 Anomalous characteristics of ARWC in 2017

3.1 Onset (end) date of ARWC in 2017

Table 1 gives an overview of the monitoring of ARWC in
2017. The onset date in the northern area was August 25, 14
days earlier than normal (September 8), which is in the 4th
place since 1961. The end date of ARWC was October 18, 5
days later than normal (October 13). The autumn rain period
was 54 days, 19 days more than normal (35 days). The onset
date in the southern area was August 24, 16 days earlier than

normal (September 9), which is in the 4th place since 1961.
The end date of ARWC was October 26, 5 days earlier than
normal (October 31). The autumn rain period lasted 63 days,
11 days longer than normal (52 days). The onset dates of
autumn rain in the northern and southern areas in 2017 were
clearly earlier than in normal years. The end date of ARWC in
the northern district was later than usual, whereas it was earlier
in the southern district. The autumn rain periods in the both
the southern and northern areas were longer than usual.

3.2 Temporal and spatial characteristics of ARWC
in 2017

3.2.1 Autumn rainfall and average daily precipitation
during the autumn rain period

Table 1 shows that the autumn rainfall in the northern part of
the monitoring area was 234.1 mm, 72.6% higher than normal
(135.6 mm). The autumn rainfall in the southern area was
322.2 mm, 74.4% higher than normal (184.4 mm), the second
highest since 1965. The average daily precipitation during the
autumn rain period in the northern area was 4.3 mm/day, 0.4
mm/day higher than normal (3.9 mm/day). The average daily
precipitation during the autumn rain period in the southern
area was 5.1 mm/day, 1.6 mm/day higher than normal (3.5
mm/day).

3.2.2 Characteristics of temporal variation in daily
precipitation

Figure 2 shows the variation in daily precipitation in the north-
ern (a) and southern (b) areas during the ARWC from August
21 to November 20, 2017. There were two rainy periods in the
two parts of the monitoring area during this period. In the
north region, the first rainy period (P1) lasted for 26 days from
August 25 to September 20, with a total precipitation of
90.4 mm and an average daily precipitation of 3.5 mm/day.
The second rainy period (P2) lasted for only 18 days from 30
September to 18 October, but both the total precipitation
(108.2 mm) and the average daily rainfall (6.0 mm/day) were

Table 1 General characteristics of autumn rainfall in western China in 2017.

Region Period Onset date End date Autumn rain
period (days)

Autumn
rainfall (mm)

Average daily precipitation
during autumn rain
period (mm/day)

North Climatic average September 8 October 13 35 135.6 3.9

2017 August 25 (− 14) October 18 (+ 5) 54 (+ 19) 234.1 (+ 72.6%) 4.3 (+ 0.4)

South Climatic average September 9 October 31 52 184.4 3.5

2017 August 24 (− 16) October 26 (− 5) 63 (+ 11) 322.2 (+ 74.4%) 5.1 (+ 1.6)

Values in parentheses are deviations and the positive (negative) values for the onset and end date indicate that they are later (earlier) than average
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more than those in P1. In the south region, however, the situ-
ation was opposite to that in the north. The duration of P1 (18
days) was obviously shorter than that of P2 (38 days), but the
average daily precipitation in P1 (8.0 mm/day) was obviously
more than that in P2 (4.5 mm/day).

3.2.3 Spatial distribution of rainfall

Figure 2 shows that from August 24 to October 26, 2017, the
southern and northern areas were almost in the autumn rain
period and that precipitation was significantly higher in the
southern area than in the north. The district with the greatest
precipitation was at the junction of Chongqing, Sichuan, and
Shaanxi (Fig. 3a). The precipitation was 753.8 mm at
Chongqing’s Chengkou station, 751.8 mm at Sichuan’s
Wanyuan station, and 711.4 mm at Shaanxi’s Zhenba
Station, respectively, 1.5 times, 1.2 times, and 1 time more
than that in the same period in a normal year (Fig. 3b).
There were seven stations with precipitation > 600 mm
and 27 stations with precipitation > 500 mm. Figure 3b
shows that the overall ARWC in 2017 was higher than that
in a normal year and rainfall in the southern area was

higher than that in the north. Precipitation at Danjiangkou
station in Hubei in 2017 was 516.4 mm, nearly twice more
than that in a normal year.

The characteristics of ARWC in the northern and southern
parts of the monitoring area were different in 2017. The onset
dates of autumn rain in both areas were abnormally early,
whereas the end date in the north was 5 days later while the
one in the south was 5 days earlier than in normal years. The
autumn rain period was longer than normal and the total and
mean daily precipitation were both significantly higher than in
normal years. The rainfall period in the northern region was
mainly from the end of September to the middle of October,
while in the southern region, it was mainly from the end of
August to the first 10 days of September.

4 Atmospheric circulation and water vapor
transport anomalies during ARWC in 2017

The ARWC is a local climate phenomenon in the transitional
season (Zhang 1941). The onset of ARWC reflects the adjust-
ment of the East Asian atmospheric circulation system from
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Fig. 2. Variation in daily
precipitation from August 21 to
November 20, 2017 in western
China (a north region, b south
region) (the y-axis on the left is
daily precipitation of the
monitoring area and the y-axis on
the right is the percentage of
stations with daily rainfall equal
to or greater than 0.1 mm at total
stations. If there is a yellow solid
diamond on a certain day, it
means that the day is an autumn
rainy day.)
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the summer to the winter monsoon circulation system. The
onset date of the ARWC in 2017 was especially early as a
result of the advanced seasonal adjustment and transformation
of the summer and winter circulation systems. It was caused
by the mutual interactions of the upper, mid-, and lower tro-
pospheric circulations. The seasonal transition of the atmo-
spheric circulation and the beginning and end of the rainy
season in most parts of China are closely related to the
north–south movement and changes in intensity of the west-
erly jet over the East Asian subtropics (Kuang and Zhang
2006; Yang and Zhang 2007). Gao and Guo (1958) reported
that the ARWC starts when the easterly circulation over west-
ern China disappears and the westerly circulation begins; the
autumn rains end when the westerly jet remains stable over
western China.

The start date of autumn rain in northern area in 2017
was 14 days earlier than normal, which is in the 4th place
since 1961. And the onset date in southern area in 2017
was 16 days earlier than normal, which is also in the 4th
place since 1961. According to the criterion of − 0.7 times
the standard deviation, we selected the years with onset
date earlier than normal in both the northern and southern
areas for further study. There were a total of 13 such years
(1981, 1982, 1983, 1984, 1985, 1989, 1990, 1991, 1996,
2003, 2004, 2006, and 2007) in the northern area and 11
years (1984, 1988, 1999, 2001, 2003, 2004, 2007, 2008,
2010, 2013, and 2015) in the southern area. The 200-hPa
zonal wind was selected and the similarities and differ-
ences between 2017 and the historical early years were
analyzed. The results for the northern area were clearer
than those for the southern area, so the results in the north-
ern area were analyzed. Figure 4 shows the time–latitude
profile of the zonal winds at 200 hPa averaged from 100 to
130° E in the years with an early onset of ARWC in the

northern area (Fig. 4a), in 2017 (Fig. 4b), and in the earliest
years (Fig. 4c–f). The earliest year of ARWC during 1981–
2017 is 1981, 1983, 1984, and 2006. In all of the above
years, the ARWC began on August 21th. Figure 4a shows
that in the years with an early onset of ARWC, the 35-m/s
wind speed isoline appeared in late August, 10 days earlier
than in normal years (early September). Similar to the sit-
uation in the years with an early onset of ARWC, the 35-m/
s wind speed isoline began to appear in middle and late
August 2017, significantly earlier than usual (Fig. 4b). The
intensity of westerly jet in 2017 was significantly stronger
than that in the onset early years. Also, the westerly jet
anomaly in the earliest years is more significant than that
in 2017. The 35-m/s wind speed isoline appeared much
earlier in the earliest years than in 2017 (Fig. 4c–f). This
indicates that the advanced adjustment of the westerly jet
in the upper troposphere at mid- to high latitudes in 2017
provided favorable conditions for the onset of ARWC.
Study by Zhang et al. (2018) suggests that the position
shift of the EASWJ is affected by the phase variation of
Rossby waves propagating northward from South Asia to
tropical and subtropical East Asia in August. The Indian
Ocean SST anomalies in spring are the most significant
forcing signal for the phase variation of Rossby wave prop-
agating from South Asia to tropical and subtropical East
Asia (Zhang et al. (2018)). From Fig. 10, it can be seen that
the SST of Indian Ocean were continuously warm from
spring to summer in 2017, which can procreate Rossby
waves. The eastward transmission of Rossby waves further
affected the westerly jet jump early in 2017.

Figure 5 shows the pentad evolution of the geopotential
height anomaly at 500 hPa and vector wind field at
700 hPa for the mid- and lower troposphere during the
autumn rain in 2017. Figure 5a shows that there was a

(a) (b)

Fig. 3. Spatial distribution of a accumulated rainfall from August 21 to November 20, 2017 (units: mm), and b percentage in rainfall from August 21 to
November 20, 2017 (units: %)
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positive geopotential height anomaly and an anomalous
anticyclonic circulation over the Ural Mountains in the
47th pentad (August 21–25), together with a negative
geopotential height anomaly over Lake Baikal. The merid-
ional circulation in the mid- and high latitudes of Eurasia
therefore showed a west-high and east-low pattern,
resulting in a flow of cold air down to northern and south-
western China. The WPSH was anomalously strong and to
the west, with the western extreme of the WPSH to the
west of 100° E. The warm, humid airflow on the south-
western side of the WPSH therefore converged with cold
air from the north in southwestern China, resulting in the
early onset of ARWC. The evolution of the circulation in
the later period shows that the atmospheric circulation was

relatively stable in the 48th (Fig. 5b, August 26–31) and
49th pentads (Fig. 5c), September 1–5), which favors the
observed convergence and maintenance of ARWC. The
Ural blocking high collapsed and the cold air weakened
in the 50th pentad, but the subtropical high remained sta-
ble, providing the continuous transport of water vapor (Fig.
5d, September 6–10).

The amount of ARWC was abnormally high in 2017
relative to normal years. The autumn rainfall in the north
was 234.1 mm, 72.6% higher than normal. The rainfall in
the south was 322.2 mm, the second highest since 1965.
According to the criterion of 0.8 times the standard devia-
tion, we selected the years with more autumn rainfall
(2008, 1999, 2010, 1988, 2007, 1983, 2013, 1989, and

(a) (b)

(c) (d)

(e) (f)

Fig. 4. Time–latitude profile of the zonal winds (unit: m/s) at 200 hPa
averaged from 100 to 130° E in the years with an early onset of the
ARWC in a the northern region, b 2017, c 1981, d 1983, e 1984, and f

2006. The gray line represents the climatological mean of the 35-m/s
contour and the black line represents the mean of the 35-m/s contour in
anomalous years
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1982) and those with less rainfall (2009 , 2002, 2006,
1991, 1998, 1992, 1990, 2005, 2012, and 1993) in the
southern area, as well as the years with more autumn rain-
fall (1985, 1981, 1984, 2011, 1983, and 2003) and those
with less rain (1998, 1995, 1993, 1987, 2004, 1986, 1990,
and 2016 for a total of 8 years) in the northern area. The
average circulation in September to October of these years
was determined in the southern and northern regions.

Figure 6 shows the geopotential height anomaly at
500 hPa and the wind anomaly at 700 hPa averaged from
September to October. In terms of the northern region, the
geopotential height anomaly at 500 hPa shows an abnormal
B+−+^ distribution from high to low latitudes (Fig.6 (a1)) in
the years with more autumn rain. At high latitudes, the pos-
itive geopotential height anomaly at 500 hPa favors the dif-
fusion of cold air. There is a significant low trough over
Lake Balkhash–Baikal at mid-latitudes (Fig. 6(a1)). The

positive anomaly in the intensity of the WPSH at 500 hPa
is not clear at low latitudes (Fig. 6(a1)), but there is a clear
westward extension of the anticyclonic anomalous circula-
tion in the western Pacific to the South China Sea (Fig.
6(a2)). And the westerly wind anomaly in the Indian
Ocean at 700 hPa (Fig. 6(a2)) indicates a strong Indo-
Burma trough. This configuration of the circulation system
results in higher ARWC. In the southern region, there is no
obvious difference except the positive geopotential height
anomaly in the East China Sea at 500 hPa (Fig. 6(b1)) and
the northward wind anomaly from the South China Sea at
700 hPa (Fig. 6(b2)). The results for the northern region are
consistent with previous studies (Feng and Guo 1983; Bai
and Dong 2004; Wang and Ding 2008) showing that the
WPSH, the Indo-Burma trough, and the Lake Baikal low
trough were the main systems influencing the ARWC. The
reverse conditions result in less autumn rain.

(c) (d) 

(a) (b) 

Fig. 5. Spatial distribution of the 500-hPa geopotential height anomaly
and the 700-hPa wind anomaly during the ARWC period in 2017: a 47th
pentad, b 48th pentad, c 49th pentad, and d 50th pentad. The green line
represents the climatological mean of the 5800-gpm contour and the red

line represents the composed 5800-gpm contour. The black rectangular
frame shows the location of western China. The shaded gray areas repre-
sent 700 hPa terrain
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(a1) (a2)

(b1) (b2)

(c)

Fig. 6 Composition of the mean 500-hPa geopotential height anomaly
(units: gpm) and the mean 700-hPa wind anomaly (units: m s−1) from
September to October. (a1) The difference of the 500-hPa geopotential
height anomaly between the years with higher autumn rainfall and the
years with lower autumn rainfall in the northern region. (a2) The same as
(a1), but for the 700-hPa wind anomaly. (b1) The same as (a1), but for the
southern region. (b2) The same as (a1), but for the 700-hPa wind anomaly

in the southern region. (c) 2017. The green line represents the climato-
logical mean of the 5800-gpm contour and the red line represents the
composed 5800-gpm contour. The black rectangular frame shows the
location of western China. The shaded gray areas represent 700-hPa ter-
rain. The dotting area in (a1) and (b1) represents the 95% significance
level. The red shaded area in (a2) and (b2) represents the 95% signifi-
cance level
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In 2017, the anomalous Lake Baikal trough at 500 hPa
and the westward extension of the anticyclonic anomalous
circulation in the western Pacific at 700 hPa are consistent
with the atmospheric circulation in the northern region.
However, the position of the WPSH was significantly
westward (Fig. 6(c), Fig. 7c) and its intensity was signifi-
cantly stronger (Fig. 6(c), Fig. 7b) (the area of the WPSH is
the largest since 1981, its intensity and westward point are
both in the second place since 1981), which is the main
factor that affects the ARWC in 2017. Furthermore, the
intensity of the Indo-Burma trough was weak in 2017,
which is another obvious difference between 2017 and
other years with higher ARWC in history. This also can
be found from water vapor transport during the autumn
rain period.

Water vapor is a necessary condition for precipitation
(Ding and Hu 2003) and anomalies in water vapor trans-
port and the water vapor budget will lead to anomalies in
precipitation. The water vapor during the autumn rain pe-
riod is mainly sourced from the Indian Ocean, the BOB,
and the South China Sea–Pacific Ocean (Yuan and Liu
2013; Wang et al. 2015; Zhi et al. 2018). There were two
main sources of water vapor in 2017: the South China Sea–
West Pacific Ocean and the Indian Ocean and BOB (Fig.
8a). The former source is clearly strong, whereas the latter
is weak (Fig. 8b). The entire region of western China was a

convergence zone for water vapor in 2017, which favors
increased precipitation (Fig. 8c). Figure 8d shows the wa-
ter vapor budget integrated from the surface to 300 hPa in
the northern and southern regions. The water vapor in the
northern region mainly flows in from the western and
southern boundaries and out from the eastern and northern
boundaries. There is a net inflow of water vapor to the
northern region. The water vapor budget of the southern
region is similar to that of the northern region, except that
the inflow of water vapor to the southern area is greater
than that in the north. The water vapor source of the
ARWC in 2017 was mainly from the South China Sea–
Western Pacific Ocean and the source of water vapor from
the BOB was weak. The abundant water vapor from the
South China Sea–Western Pacific Ocean is the main reason
for the increased ARWC in 2017.

5 Influence of Indian Ocean SSTA
on the ARWC in 2017

The thermal anomaly over the tropical Indian Ocean has an
important role in the difference between the thermal char-
acteristics of the sea and land as the second driving force
for the Indian Ocean–Pacific Ocean temperature configu-
ration, the atmospheric circulation, and variations in the
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Fig. 7 Variation in the
atmospheric circulation indexes
averaged from September to
October during the time period
1981–2017. a Area index of the
WPSH, b intensity index of the
WPSH, c index of the
westernmost point of the WPSH,
d index of the latitude of the ridge
line of the WPSH, e normalized
index of the Lake Baikal trough,
and f normalized index of the
Indo-Burma trough. The dotted
line in a–d represents the clima-
tological mean and the dotted line
in e and f represents the zero line
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Asian–Australian monsoon and therefore affects the sum-
mer precipitation anomalies in China (Yan et al. 2001;
Xiao et al. 2002). The IOBW is the main mode of the
SSTAs over the tropical Indian Ocean and is a lagging
response to the El Niño event, playing an important part
in maintaining the influence of El Niño on the East Asian
weather and climate (Yang et al. 2007; Xie et al. 2009;
Huang et al. 2016).

The intensity of the WPSH was stronger and its
westernmost point was further to the west in autumn
2017 than in normal years. This is the most important
reason for the increased ARWC in 2017. Li et al. (2012)
reported that the intensity index of the WPSH in summer
has a significant negative correlation with the index of its
westernmost point, in which a stronger intensity correlates
with a more westerly westernmost point. Similarly, we cal-
culated the correlation coefficient between the intensity
index of the WPSH and the index of its westernmost point

averaged from September to October during 1981–2017.
The correlation coefficient was − 0.65 (significant at a =
0.001) and the negative correlation was significant, indi-
cating that the negative correlation between these variables
in summer also applies in autumn. We therefore used the
intensity index of the WPSH to represent its intensity and
its westward extent.

Figure 9 shows the spatial distribution of the correlation
coefficient between the intensity index of the WPSH aver-
aged from September to October and the SST from May to
August. The SST of the tropical Indian Ocean (20° S–20°
N, 40–110° E) from May to August had a significantly
positive correlation with the intensity of the WPSH aver-
aged from September and October, indicating that the
warm SSTs of the Indian Ocean from May to August favor
the enhancement of the WPSH. The SST in the tropical
Indian Ocean was in an abnormally warm state from May
to August 2017 (Fig. 10), which favored the strengthening

(a) (b)

(c) (d)

Fig. 8 Anomalous water vapor integrated from the surface to 300 hPa
during autumn rain period in western China in 2017. a Water vapor
transport (units: kg·s−1·m−1), b anomalous water vapor transport (units:
kg·s−1·m−1), c anomalous divergence, and d the water vapor budget

through the four boundaries of the northern and southern region of
western China (QUE, QVS, QUW, and QVN: 105 kg s−1) and the
regional net water vapor budget (FNET: 105 kg s−1). The black
rectangular frame shows the location of western China
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of the WPSH. The correlation coefficient between the in-
tensity index of the WPSH averaged from September to
October and the IOBW indexes from January to October
show a significant positive correlation from May to August
(the confidence level reached 99.9%) and the correlation
coefficient in July was 0.68 (Fig. 11b). This suggests that
when the Indian Ocean SST is warmer in summer, the
WPSH tends to be stronger and more to the west in au-
tumn, which favors increased ARWC.

The 500-hPa height field and the 850-hPa wind field
averaged from September to October were regressed using
the IOBW index averaged from July to August (Fig. 12).
Figure 12 shows that there are significant positive anoma-
lies in the 500-hPa geopotential height field in the tropical
and subtropical regions, especially in the western Pacific,
indicating that the WPSH is clearly more westward and
stronger (Fig. 12a). At the 850-hPa wind field, there is a
westerly anomaly in the BOB, an anomalous anticyclonic
circulation with its center located near the Philippines and
a significant southerly anomaly in the South China Sea
(Fig. 12b). This circulation configuration is similar to that
in the years with increased ARWC and in 2017. This

analysis shows that the Indian Ocean SST was warmer
from May to August 2017, which increased the intensity
of the WPSH and moved its westernmost point further west
in September and October. This was the main reason for
the significant increase in ARWC in 2017.

6 Discussion and conclusions

ARWC is a special type of weather phenomenon.
Anomalies in ARWC have an important influence on the
autumn harvest, autumn sowing, and agricultural produc-
tion. We analyzed the anomalous characteristics and causes
of ARWC in 2017 based on the new monitoring indicators
published by the Forecasting and Network Division of the
CMA in 2015 and National Center for Environmental
Prediction reanalysis data. Our conclusions are as follows:

(1) The characteristics of autumn rain in the southern and
northern regions of the monitoring area were differ-
ent. The onset date of autumn rain in the north (south)
of the monitoring area in 2017 was 14 (16) days

(a)

(c) (d)

(b)

Fig. 9 Spatial distribution of the correlation between the intensity index
of theWPSH averaged from September to October and the monthly SSTs
during the period 1981–2017: aMay, b June, c July, and d August. Dark

and light shaded areas represent values at the 99 and 95% confidence
levels, respectively

1120 J. Zhou et al.



earlier than in a normal year, which is in the 4th (4th)
place since 1961. The end date was 5 days later (ear-
lier). The autumn rain period was 54 (63) days, 19
(11) days longer than in a normal year. The autumn
rainfall in the north (south) of the monitoring area was
234.1 (322.2) mm, 72.6% (74.4%) higher than in a
normal year. The autumn rainfall in southern region
in 2017 is in the second place since 1965.

(2) The advanced transition of the East Asian atmospheric
circulation system from the summer to winter pattern
resulted in a significantly early onset of the ARWC in

2017. The westerly jet in the upper troposphere appeared
about 10 days earlier than in a normal year. The merid-
ional circulation in the mid- and lower troposphere
showed a west-high and east-low pattern in the mid-
and high latitudes of Eurasia. This circulation configura-
tion resulted in an early onset of the ARWC.

The intensity of the WPSH was influenced by persistent
warming of the IOBW from spring to summer and was ex-
tremely strong (the second strongest since 1981). Its western-
most point extended far to the west (the second furthest

(a) (b)

(c) (d)

Fig. 10. Spatial distribution of SSTAs in 2017 (units: °C): a May, b June, c July, and d August

0.0
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(b)

Fig. 11 Variation in a the IOBW index from January to December 2017
(units: °C) and b the correlation coefficient between the intensity index of
the WPSH averaged from September to October and the monthly IOBW

index during 1981–2017. The solid line and dotted lines in b indicate
values at the 99.9 and 99% confidence levels, respectively
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extension since 1981) during the autumn rain period. The
intensity of the moisture flux from the southwest of the
WPSHwas stronger than that in normal years and the strength
of the low trough of Lake Baikal was also stronger. Cold air
from the north and the abundant warm, humid water vapor
from the south converged in western China, resulting in more
precipitation during autumn rain period.

The characteristics of the autumn rain in the southern and
northern regions of the study area were different, so the rea-
sons for the abnormally early onset of the ARWC and the
significant increase in precipitation in the autumn rainy season
should be different in the two regions. This work analyzed the
reasons for the anomalies in the northern region and those in
southern region will be analyzed in future work.

Acknowledgments This work was jointly supported by the National Key
Research and Development Program of China (2018YFA0606301,
2017YFC1502303), and the National Natural Science Foundations of
China (grant numbers: 41875093, 41505061, 41575074, and 41530531).

References

Atmospheric Science Dictionary Editorial Committee (1994)
Atmospheric science dictionary. China Meteorological Press,
Beijing, p 980 (in Chinese)

Bai HZ, Dong WJ (2004) Climate features and formation causes of au-
tumn rain over southwest China. Plateau Meteorol 23:884–889 (in
Chinese)

Bao YY, Abulimiti LF, Wang XW (2003) Space-time distribution and
physical mechanisms of autumn rains in west China in 2001. J
Appl Meteor Sci 14:215–222 (in Chinese)

Ding YH (2005) Advanced synoptic meteorology. China Meteorological
Press, Beijing (in Chinese)

Ding YH, Hu GQ (2003) A study on water vapor budget over china
during the 1998 severe flood periods. Acta Meteorologica Sinica
61:129–145 (in Chinese)

Feng LW, Guo QY (1983) The fluctuation of autumn rain in south-west
China. Geogr Res 2:74–84 (in Chinese)

Feng AQ, Zeng HL, Yin YZ et al (2018) Climatic characteristics and
major meteorological events over china in 2017. Meteor monthly
44:548–555 (in Chinese)

Gao YX (1958) On the high autumn clear weather in China. Acta
Meteorologica Sinica 29:23–32 (in Chinese)

Gao YX, Guo QY (1958) On the autumn raining area in China. Acta
Meteorologica Sinica 29:42–51 (in Chinese)

He M (1984) Distribution and long-term forecast of major autumn rain
regions in China. Meteor Mon 10:10–13 (in Chinese)

Huang G, Hu KM, Qu X et al (2016) A review about Indian Ocean basin
mode and its impacts on East Asian summer climate. Chin J Atmos
Sci 40:121–130

Huang BY, Thorne PW, Banzon VF, Boyer T, Chepurin G, Lawrimore
JH, Menne MJ, Smith TM, Vose RS, Zhang H-M (2017) Extended
Reconstructed Sea Surface Temperature (ERSST), Version 5: up-
grades, validations and intercomparisons. Journal of Climate 30:
8179–8205. https://doi.org/10.1175/JCLI-D-16-0836.1

Kalnay E et al (1996) The NCEP/NCAR 40-year reanalysis project. Bull
Amer Meteor Soc 77:437–470

KuangXY, ZhangYC (2006) Impact of the position abnormalities of East
Asian subtropical westerly jet on summer precipitation in middle-
lower reaches of Yangtze River. Plateau Meteorol 25:382–389 (in
Chinese)

Li YH, Qing JM, Li Q, Luo WL (2012) Inter-annual and inter-decadal
variations of south Asian high in summer and its influences on
flood/drought over western southwest China. J Southwest Univ
(Natural Science Edition) 34:71–81 (in Chinese)

Liang JH (1989) Spatial and temporal distribution of autumn rain in
western China. Scientia Geographica Sinica 9:51–59 (in Chinese)

Liu XF, Yuan HZ (2006) Relationship between the Indian Ocean dipole
and autumn rainfall in China. J Nanjing Institute Meteorol 29:644–
649 (in Chinese)

Liu YJ, Sun L, Sun CH, Wang ZY, Wang YJ, Yuan Y (2012) Analysis of
anomalies of autumn rain in west China in 2011 and its possible
mechanism. Meteor monthly 38:456–463 (in Chinese)

Si D, Shao X, Sun L,WangQY, Li D (2015) Causality analysis of autumn
rainfall anomalies in west China 2014. Meteor monthly 41:508–513
(in Chinese)

Wang ZY, Ding YH (2008) Climatic characteristics of rainy seasons in
China. Chin J Atmos Sci 32:1–13 (in Chinese)

(a) (b)

Fig. 12 Spatial distribution of a the regressed 500-hPa geopotential height averaged from September to October and b the 850-hPa wind field using the
IOBW index averaged from July to August. The dark and light shaded areas represent values at the 99 and 95% confidence levels, respectively

1122 J. Zhou et al.

https://doi.org/10.1175/JCLI-D-16-0836.1


Wang CX, Ma ZF, Wang JJ, Wang JT (2015) The Characteristics of
Huaxi autumn rain and its relationship with sea surface temperatures
over the equatorial Pacific. Chin J Atmos Sci 39:643–652. https://
doi.org/10.3878/j.issn.1006-9895.1408.14141 (in Chinese)

Xiao ZN, Yan HM, Li CY (2002) The relationship between Indian Ocean
SSTA dipole index and the precipitation and temperature over
China. J Trop Meteorol 18:335–344 (in Chinese)

Xie SP, Hu KM, Hafner J et al (2009) Indian Ocean capacitor effect on
Indo-Western Pacific climate during the summer following El Niño.
J Clim 22:730–747

YanHM,YanHS, Xie YQ (2001) The SSTA signal characteristic analysis
over India Ocean during flood season in China. J Trop Meteorol 17:
109–116 (in Chinese)

Yang LM, Zhang QY (2007) Anomalous perturbation kinetic energy of
Rossby wave along East Asian westerly jet and its association with
summer rainfall in China. Chin J Atmos Sci 31:586–595 (in
Chinese)

Yang JL, Liu QY, Xie SP et al (2007) Impact of the Indian Ocean SST
basin mode on the Asian summer monsoon. Geophys Res Lett 34:
02708

Yuan X, Liu XF (2013) Onset-withdrawal dates of autumn persistent
rains over western China and the associated autumn to winter evo-
lution of the atmospheric circulation. Acta Meteorologica Sinica 71:
913–924 (in Chinese)

Zhang BK (1941) Climatic regions of Sichuan province. Acta
Meteorologica Sinica 1:111–148 (in Chinese)

Zhang QY, Xuan SL, Sun SQ (2018) Anomalous circulation characteris-
tics of intraseasonal variation of East Asian subtropical westerly jet
in summer and Precursory Signals. Chin J Atmos Sci 42:935–950.
https://doi.org/10.3878/j.issn.1006-9895.1803.18107 (in Chinese)

Zhao ZG (1999) Summer drought and flood in China and its general
circulation. China Meteorological Press, Beijing, pp 75–78 (in
Chinese)

Zhi R, Chen LJ, Zhu XY (2018) Analysis of characteristics and causes of
precipitation anomalies over northern China in autumn 2017.
Meteor monthly 44:572–581 (in Chinese)

Publisher’s note Springer Nature remains neutral with regard to jurisdic-
tional claims in published maps and institutional affiliations.

Possible causes of the anomalous characteristics of autumn rain in western China in 2017 1123

https://doi.org/10.3878/j.issn.1006-9895.1408.14141
https://doi.org/10.3878/j.issn.1006-9895.1408.14141
https://doi.org/10.3878/j.issn.1006-9895.1803.18107


Interannual Variability of the Tropical Cyclone Landfall Frequency over the
Southern and Northern Regions of East Asia in Autumn

XINGYAN ZHOU

Laboratory for Climate Studies, National Climate Center, China Meteorological Administration, Beijing, China

RIYU LU

LASG, Institute of Atmospheric Physics, Chinese Academy of Sciences, and College of Earth and Planetary Sciences,

University of the Chinese Academy of Sciences, Beijing, China

(Manuscript received 22 January 2019, in final form 28 August 2019)

ABSTRACT

This study focused on the interannual variability of tropical cyclone (TC) activity over the western North

Pacific in autumn. The results show that the frequencies of TC landfalls in the southern and northern coastal

regions of East Asia are roughly independent, implying that they are affected by different factors and should

be studied separately. Further analysis indicates that the frequency of TC landfall in the southern region is

closely related to El Niño–Southern Oscillation, which affects both the upper- and lower-tropospheric cir-

culation over the western North Pacific and East Asia and induces changes in the steering flow. By contrast,

the frequency of TC landfall over the northern region has a close connection with a teleconnection pattern in

the upper troposphere over the Eurasian continent, which seems to be triggered by an anomalous Rossby

wave source over the North Atlantic. This teleconnection pattern leads to anomalous meridional winds over

the western North Pacific and East Asia and induces significant changes in the steering flow.

1. Introduction

Tropical cyclones (TCs), as the worst natural di-

sasters, cause huge human and property losses through

strong winds, torrential rainfall, and tidal surges during

or after landfall (e.g., Zhang et al. 2009; Park et al. 2011;

Corporal-Lodangco et al. 2016). The western North

Pacific (WNP) spawns the most TCs of all the ocean

basins, accounting for more than one-third of all TCs

globally (e.g., Wu and Wang 2004). In addition, East

Asia is home to about a quarter of the world’s pop-

ulation, with a large percentage living in coastal re-

gions. It is therefore essential to gain a better

understanding of the variability of TCs making landfall

over East Asia.

The location at which a TC makes landfall is mainly

determined by its track. Previous studies have identified

three prevailing types of track over theWNP: a straight-

moving (or westward-moving) track, a recurving-

landfall track, and a recurving-ocean track (e.g., Elsner

and Liu 2003; Wu et al. 2005; Camargo et al. 2007a,b;

Kim et al. 2011; Colbert et al. 2015; He et al. 2015; Mei

and Xie 2016). Straight-moving TCs tend to make

landfall in the southern coastal region (the Philippines,

Vietnam, and southern China), whereas recurving TCs

threaten the northern coastal region (eastern China, the

Korean Peninsula, and Japan) or disperse over the

ocean without making landfall. Hence the frequency of

TC landfall over East Asia can be separated into the two

types: those making landfall in the southern coastal re-

gion and those making landfall in the northern coastal

region, almost corresponding to the TCs with straight-

moving and recurving tracks, respectively. The variation

in the TC track is significantly influenced by the steering

flow (Riehl and Burgner 1950; Chan and Gray 1982;

Fiorino and Elsberry 1989; Wu and Emanuel 1995; Wu

and Chen 2016).

Interannual variation of TC landfall frequency has

great socioeconomic impacts on East Asia. Anoma-

lously high frequency of TC landfall in a particular ty-

phoon season can threaten livelihoods of people in East

Asia, especially in the heavily populated coastal areas.

Anomalously low frequency of TC landfall, by contrast,

may also induce negative effects such as shortage ofCorresponding author: Xingyan Zhou, zhouxingyan@cma.gov.cn
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water resources. Therefore, the interannual variation of

TC landfall frequency has attracted great attention (e.g.,

Liu and Chan 2003; Wu et al. 2004; Fudeyasu et al. 2006;

Goh and Chan 2010; Zhang et al. 2012; Gao et al. 2018;

Wang and Chen 2018).

Sea surface temperature (SST) anomalies can affect

the tracks and locations of TC landfalls over the WNP

on the interannual time scale. Previous studies have

shown that El Niño–Southern Oscillation (ENSO)

exerts a great influence on the track and landfall of TCs

(Elsner and Liu 2003; Liu and Chan 2003;Wu et al. 2004;

Chu 2004; Zhang et al. 2012). According to these studies,

during La Niña years, the easterly steering flow over the

tropicalWNP is enhanced, and TCs tend to be generated

farther westward, both favoring a straight track and

landfall in South China, the Philippines, and the Ma-

laysian Peninsula. Furthermore, Gao et al. (2018) sug-

gested that SST anomalies in the tropical North Atlantic

can also affect the TC landfalls over East Asia: negative

SST anomalies in this region favor TC landfalls over

Vietnam, China, the Korean Peninsula, and Japan.

While these studies focused on the tropical impacts on

the interannual variability of TC landfall frequency over

East Asia, the extratropical factors affecting TC landfall

have been ignored. Whether and how extratropical cir-

culation patterns affect TC landfall over East Asia is one

of motivations of this study.

TCs over the WNP are mainly active in summer and

autumn. However, TC activities are remarkably differ-

ent between these two seasons, and there are distinct

discrepancies in the mechanisms responsible for the

interannual variability of summer and autumn TC

activities. Previous studies have identified significant

relationships between summer TC activity and Pacific–

Japan pattern (Choi et al. 2010; Kim et al. 2012), Ant-

arctic Oscillation (Wang and Fan 2007), and SSTs in the

Indian Ocean and tropical Pacific (Liu et al. 2019; Wang

andChen 2018). Due to the significant relationships with

tropical circulations and SSTs, summer TC activity can

be well predicted (Wang et al. 2013; Camp et al. 2019).

As for autumn TCs, Wu et al. (2004) found that the TC

landfall activity over the WNP is significantly related to

SST anomalies in the equatorial central and eastern

Pacific only in autumn, but not in summer. All these

previous studies suggested the differences in the in-

terannual variability between summer and autumn, and

different physical mechanisms responsible for variabil-

ity. Therefore, a separate investigation of TC activity in

these two seasons may help us gain a better under-

standing of interannual variability in TC activity over

the WNP. In this study, we focus on the interannual

variability of autumn TC activity, which has not been

well documented compared to summer TCs.

The TC landfalls over the WNP show a wide range of

latitudes. As mentioned above, they can be separated

into the landfalls in the southern and northern coastal

regions, respectively. Are there any differences in the

interannual variabilities of TC landfall frequency be-

tween southern and northern regions in autumn? If so,

do they have different physical mechanisms? These

questions are also the motivation of this study.

This paper is organized as follows. Section 2 presents

the data and methods. Section 3 describes the interannual

variations inTC landfall frequencyover theWNP.Section4

discusses the possible factors responsible for interannual

variations in the landfall frequency. Our conclusions are

presented in section 5.

2. Data and methods

The monthly horizontal winds are from the National

Centers for Environmental Prediction–National Center

for Atmospheric Research (NCEP–NCAR) reanalysis

dataset for the time period 1958–2014 with a horizontal

resolution of 2.58 3 2.58. The SST data are from the

Extended Reconstructed Sea Surface Temperature,

version 4 (ERSSTv4), dataset with a horizontal resolu-

tion of 28 3 28. The Niño-3.4 index is defined as the SST

anomalies averaged over the region 58S–58N, 1208–
1708W.We focus on the autumn season, which is defined

as September–November (SON).

The TC data are from the Joint Typhoon Warning

Center with a 6-hourly interval (www.metoc.navy.mil/

jtwc/jtwc.html). We selected tropical storms with a

maximum surface wind speed $ 34kt (17m s21). Al-

though some of the TC activity might not have been

detected before the weather satellite era, it would only

slightly affect the results since the majority of the study

period is from the 1960s onward. In addition, the choice

of tropical storms may lessen the errors possibly arising

from the change in TC detection technique (e.g., Wang

and Chan 2002).The frequency of occurrence of TCs is

counted in each 58 3 58 latitude–longitude grid. The TCs
are defined as making landfall if their centers cross the

coastline. At the time of landfall, the TCs are required to

be of at least tropical storm intensity or higher. The

values of TC-related parameters (including the fre-

quency of occurrence, track, and number making land-

fall) are defined as the sum of each parameter

during SON.

3. Interannual variability of the number of TCs
making landfall over East Asia during autumn

Figure 1 shows the spatial distribution of the 58-yr

mean frequency of occurrence of autumn TCs, which is
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primarily a reflection of the motion of TCs (e.g., Wu and

Wang 2004). TCs mainly appear in the South China Sea

(SCS) and tropicalWNP, indicating a prevailing track of

straight-moving TC. The strongest interannual vari-

ability of the frequency of TC occurrence appears over

the SCS.

To further illustrate the regional features of the in-

terannual variability of the frequency of occurrence of

TCs in autumn, we compared the relationship between

the frequency of occurrence of TCs in the SCS, where

there is the strongest variability, and other regions.

Figure 2a shows the variation in the frequency of oc-

currence of TCs in autumn averaged over the SCS (108–
22.58N, 1108–122.58E), denoted here as the SCS index.

The frequency of occurrence of TCs in the SCS shows a

decadal variation, with an above-normal frequency of

occurrence from the mid-1960s to the mid-1970s and

from the mid-1980s to the mid-1990s and a below-

normal frequency of occurrence since the mid-1990s.

The interannual variability is dominant, however, and, if

defined as the residual remaining after removing the 9-yr

running mean, explains 85% of the total variance.

Therefore, we analyzed the original time series without

removing long-term variations.

Figure 2b shows the distribution of correlation co-

efficients between the SCS index and the frequency of

occurrence of TCs on the grids of the WNP. Positive

correlations appear in the SCS and extend southeast into

the tropical WNP. There is no significant correlation in

other regions, with only sporadic regions of negative and

weak correlation over the subtropical WNP. This in-

dicates that the TC activity over the SCS has no signif-

icant connection with that over the subtropical WNP.

Figure 3 shows the composite TC tracks during the

years with anomalously high and low numbers of TCs in

the SCS. These years are selected according to the SCS

index being higher or lower than one standard deviation.

The 9 years with anomalously high number of TCs in the

SCS include 1964, 1970, 1973, 1974, 1985, 1986, 1991,

1995, and 1996, and the 9 years with anomalously low

number of TCs in the SCS include 1958, 1961, 1963,

1969, 1976, 1997, 2002, 2004, and 2014. As expected, the

number of straight-moving TCs during the years with

anomalously high number of TCs in the SCS is much

greater than that during the years with anomalously low

number of TCs.

Table 1 gives mean counts of TCs with straight-

moving and recurving tracks averaged over the years

with anomalously high and low numbers of TCs in the

SCS. A straight-moving (recurving) TC is simply defined

as a TC with its extinction latitude lower (higher) than

258N. Here, the TC extinction latitude is defined as the

latitude where a TC’s intensity is lower than 34kt

(17ms21). Although the extinction latitudes do not

guarantee whether TCs move straight or recurve, there

is a good agreement between the extinction latitudes

FIG. 2. (a) Normalized frequency of occurrence of TCs averaged over the SCS (108–22.58N, 1108–122.58E) and
(b) correlation coefficients between the SCS index and the frequency of occurrence of TCs on the grids of theWNP.

Dots denote regions that are significant at the 95% confidence level.

FIG. 1. Climatology (contours) and interannual standard de-

viation (shading) of the frequency of occurrence of TCs during the

time period 1958–2014 in autumn (yr21).
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and tracks. For instance, we have examined all the tracks

of 321 TCs whose extinction latitudes are lower than

258N during the entire analysis period, and we found

that about 90% of them show straight-moving tracks

(not shown). We also used other latitudes (e.g., 238 or
278N) as the critical latitude and obtained similar results.

The numbers of straight-moving TCs averaged over the

years with anomalously high and low numbers of TCs in

the SCS are 9.1 and 3.0, respectively, and the difference

between them is statistically significant at the 99%

confidence level. By contrast, there is no significant

difference in the number of recurving TCs between the

years with anomalously high and low numbers of TCs in

the SCS. This shows that, during the years with anom-

alously high number of TCs in the SCS, the significant

increase in the frequency of straight-moving TCs is not

accompanied by a pronounced decrease in the fre-

quency of recurving TCs, suggesting that the frequency

of straight-moving TCs is roughly independent of the

frequency of recurving TCs. This is consistent with the

weak association between the frequency of occurrence

of TCs over the SCS and that over the subtropical WNP

(Fig. 2b). Considering the close relationship between the

track of TCs and the location of landfall, the insignificant

link between the frequencies of straight-moving and

recurving TC suggests that the numbers of TCs making

landfall in the southern and northern regions are mu-

tually independent in autumn.

Figure 4a shows the locations of TC landfall over East

Asia in autumn during the time period of 1958–2014.

Based on previous studies (e.g., Kim et al. 2008; R. C. Li

et al. 2017; Zhou et al. 2018), we divided East Asia into

southern and northern regions at the latitude of 258N, in

agreement with the classification criterion of straight-

moving and recurving TC tracks. Taiwan Island is ex-

cluded from the statistics because roughly the same

numbers of straight-moving and recurving TCs affect

the island. Figure 4b shows the variations in the fre-

quency of TC landfall in the southern and northern re-

gions. The frequency of landfall in the southern region is

usually greater than that in the northern region, con-

sistent with the higher frequency of occurrence of TCs in

the tropical WNP relative to the subtropical WNP

(Fig. 1). Hereafter, the landfall frequencies in the

southern and northern regions are referred to as the

south and north TC indices, respectively. These two

indices have a weak correlation coefficient (20.05),

implying that the factors influencing the frequencies of

autumn landfall in the southern and northern regions

are clearly distinct.

4. Possible factors affecting TC landfall in the
southern and northern regions

Figure 5 shows the regression of the steering flows

with respect to the normalized south and north TC in-

dices. Here, the steering flow is defined as the pressure-

weighted mean flow from 850 to 300 hPa (e.g., Holland

1993; He et al. 2015). There are significant easterly

anomalies extending from the tropical WNP westward

FIG. 3. Composite TC tracks during the years with anomalously (a) high and (b) low numbers of TCs in the SCS.

TABLE 1. Mean counts of TCs with straight-moving and recurving tracks averaged over years with anomalously high and low numbers of

TCs in the SCS (yr21). Two asterisks indicates a difference that is significant at the 99% confidence level.

Variable No. of straight-moving TCs No. of recurving TCs

Anomalously high number of TCs in the SCS 9.1 5.3

Anomalously low number of TCs in the SCS 3.0 6.4

Difference 6.1** 21.1
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to southern China and Indochina for the southern

landfall frequency. These anomalous steering flows

favor a straight-moving track for TCs, which therefore

make landfall over the southern region. By contrast, the

steering flows associated with the northern landfall fre-

quency are characterized by anomalous southeasterly

winds over the extratropical WNP and southwesterly

winds over the tropical WNP, which favor a recurving

track and TC landfall in the northern region. These

steering-flow anomalies can therefore be used to explain

the anomalous TC tracks and landfalls for both the

southern and northern regions.

To investigate the mechanisms leading to the forma-

tion of the anomalous steering flows, we examined the

corresponding large-scale circulation anomalies at par-

ticular pressure levels. We started with the southern TC

landfall. Figure 6 shows the regression of the 300- and

850-hPa horizontal winds with respect to the normalized

south TC index. There is an anticyclonic anomaly over

eastern China and a cyclonic anomaly to the east of

Japan (Fig. 6a), which resemble the steering-flow

anomalies over the subtropical and midlatitude WNP

(Fig. 5a). The upper-tropospheric wind anomalies

show a wave train from East Asia to the North Pacific

and North America, with a moderate significance over

the North Pacific and North America. At 850hPa, the

wind anomalies are featured by a significant cyclonic

anomaly around the SCS, similar to the steering-flow

anomalies over the tropical WNP (Fig. 5a). Therefore,

both the upper- and lower-tropospheric circulation

anomalies contribute to the formation of the easterly

steering-flow anomalies extending from the tropical

WNP westward to southern China, which favor the

landfall of TCs over the southern region. There are also

westerly and easterly anomalies in the tropical Pacific at

300 and 850hPa, respectively, suggesting an enhanced

FIG. 4. (a) Locations of landfall of TCs over theWNP and (b) frequencies of landfall of TCs in the southern (blue

line) and northern (red bars) regions in autumn during time period 1958–2014. The blue (red) triangles in (a) denote

the locations of landfall of TCs in the southern (northern) region.

FIG. 5. Regression of the steering flows (vectors; m s21) with respect to the normalized (a) south and (b) north TC

indices during autumn. Shading denotes regions of either the zonal or meridional components that are significant at

the 95% confidence level. The red rectangle in (b) represents the defined region of the steering-flow index (SFI).
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Walker circulation and a possible relationship between

the frequency of landfall in the southern region and SST

anomalies in the tropical Pacific.

Figure 7 shows the regression of the SST and 500-hPa

vertical velocity (omega) onto the normalized south TC

index. The SST anomalies in the tropical Pacific show a

La Niña pattern with a cold anomaly in the equatorial

central and eastern Pacific and a warm anomaly in the

western Pacific and Maritime Continent (Fig. 7a). The

correlation coefficient between the south TC index and

the Niño-3.4 index is 20.37, significant at the 99%

confidence level. There are strong ascending anomalies

over the tropical western Pacific, including theMaritime

Continent and the SCS, and descending anomalies in

the equatorial central Pacific (Fig. 7b). These vertical

velocity anomalies are in good agreement with the SST

anomalies, that is, the positive and negative SST

anomalies correspond to the ascending and descending

anomalies, respectively. This suggests that the ocean

plays an active part in atmosphere–ocean interactions

(e.g., Wu et al. 2006; Kumar et al. 2013). Both the SST

and vertical velocity anomalies are consistent with the

enhanced Walker circulation shown in Fig. 6. There are

also negative SST anomalies in the Indian Ocean and

tropical North Atlantic. However, there is no significant

descending anomaly over these regions, implying that

these SST anomalies play a much weaker part in in-

ducing atmospheric anomalies than the Pacific SST

anomalies.

The vertical velocity anomalies, which can be con-

sidered as a proxy for precipitation and the resultant

latent heating anomalies, can also be used to explain the

circulation anomalies in remote regions. The heating

anomaly over the tropical western Pacific and Maritime

Continent, implied by the ascending anomalies, may

induce a lower-tropospheric cyclonic anomaly over the

SCS, Indochina Peninsula, and the Bay of Bengal as a

Rossby wave response to heating (Fig. 6b). This tropical

heating anomaly may also be responsible for the upper-

tropospheric wave train from East Asia to North

America, through amechanism similar to the formation

of the Pacific–Japan or East Asia–Pacific teleconnection

pattern in summer (Nitta et al. 1986; Nitta 1987; Huang

and Li 1987; Kurihara and Tsuyuki 1987). The response

of the extratropical circulation to tropical heating forces

may be different between autumn and summer, but

specific research on this issue is beyond the scope of

this study.

The steering flows associated with the frequency of

northern landfall are characterized by anomalous south-

erlies over the subtropical WNP (Fig. 5b). To further

examine the large-scale circulation anomalies associ-

ated with these anomalous steering flows, we defined a

steering-flow index (SFI) as the normalized meridional

component of the steering flow averaged over the region

258–458N, 1258–1408E (see the red rectangle in Fig. 5b).

The correlation coefficient between this index and the

frequency of northern landfall is 0.48, significant at the

99% confidence level, confirming the close link between

the steering flow over the WNP and the frequency of

northern landfall.

Figure 8 shows the regression of 300-hPa horizontal

winds with respect to the normalized SFI. Southerly

anomalies appear over the WNP and East Asia and are

associated with the anomalous anticyclone centered to

the east of Japan and the cyclone centered over central

and eastern China. There is also a cyclonic anomaly

centered at about 508E and an anticyclonic anomaly of

FIG. 6. Regression of the (a) 300- and (b) 850-hPa horizontal

winds (m s21) with respect to the normalized south TC index

during autumn. Shading denotes regions of either zonal or me-

ridional wind anomalies that are significant at the 95%

confidence level.

FIG. 7. Regression of (a) the SST (8C) and (b) the 500-hPa omega

(1022 m s21) with respect to the normalized south TC index. The

dots denote regions that are significant at the 95% confidence level.
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relatively weak amplitude located at about 808E. An

anticyclonic anomaly and a cyclonic anomaly appear

over the North Atlantic and western Mediterranean,

respectively, with a moderate significance level. All

these anomalous anticyclones and cyclones appear as a

wavelike pattern from the North Atlantic to East Asia.

To further examine this wavelike pattern, we defined

an upstream index (UpI) as the difference between 300-

hPameridional winds averaged over two regions, that is,

300V(108–258N,62.58–67.58E) minus 300V(108–258N,27.58–32.58E).

The UpI-related 300-hPa horizontal wind anomalies

(Fig. 9) are similar to the SFI-related anomalies (Fig. 8).

The UpI-related wind anomalies also show a wavelike

pattern from the North Atlantic to East Asia. This wave

train is roughly aligned along the upper-level westerly

jet, represented by the red contour lines in Fig. 9. Rossby

waves can propagate eastward along the westerly jets,

which act as waveguides according to the theory of

Hoskins and Ambrizzi (1993), and previous observa-

tional studies, despite for summer situations, have

shown a teleconnection pattern along the Asian upper-

tropospheric westerly jet (e.g., Lu et al. 2002; Enomoto

2004; Hong and Lu 2016; Hong et al. 2018). Based on

these results, we conclude that the upstream wind

anomalies affect the downstream steering-flow anoma-

lies and frequency of TC landfall over the northern re-

gion through a teleconnection along the westerly jet.

This is supported by the significant correlation co-

efficients between the UpI, SFI, and north TC index

(Table 2).

Figure 10 shows the regression of the 300-hPa Rossby

wave source with respect to the normalized UpI.

The definition of linear Rossby wave source (RWS)

refers to Sardeshmukh and Hoskins (1988), that

is, RWS52=H � [u0
x( f 1 z)]2=H � (uxz

0). Here, ux 5
(ux, yx) are the divergent wind components, z denotes

relative vorticity and f is Coriolis parameter. The overbar

and the prime denote the climatological mean and

the perturbation associated with the upstream index,

respectively. The first term on the right-hand side of

the equation is the stretching term representing the

convergence or divergence of the flow. The second term

is the advection term denoting the vorticity advection by

the divergent wind. There is a positive and significant

RWS anomaly over the mid- to high-latitude North

Atlantic, which is the most upstream one among all

RWS anomalies. We thus defined the RWS averaged

over 508–658N, 08–258W(see the red rectangle in Fig. 10)

as the RWS index (RWSI). This index shows a high

correlation with the UpI and is also significantly related

to both the SFI and the north TC index (Table 2). In

addition to theNorthAtlantic, there are also other RWS

anomalies in the midlatitudes, but they are much

weaker. Therefore, we suggest that the RWS over the

North Atlantic may trigger the wave train over Eurasia

and thus affect the steering flows and frequency of

northern landfall. We further analyzed the regression of

the stretching and advection terms with respect to the

normalized upstream index, and we found that the

anomalous RWS is mainly contributed by the stretching

term (not shown), suggesting that the RWS is closely

linked to the divergence or convergence in the upper

troposphere.

We also examined the summertime relationship be-

tween the teleconnection pattern along the Asian

westerly jet and the frequency of TC landfall in East

FIG. 9. Regression of the 300-hPa horizontal winds (m s21) with

respect to the normalized upstream index (UpI), i.e., UpI 5
300V(108–258N,62.58–67.58E) 2 300V(108–258N,27.58–32.58E). Red contours

represent the climatology of autumn 300-hPa zonal wind (m s21).

Shading denotes regions of either zonal or meridional wind

anomalies that are significant at the 95% confidence level.

TABLE 2. Correlation coefficients among theRWSI (RWSaveraged

over 508–658N, 08–258W), the UpI (difference between 300-hPa me-

ridionalwinds averagedover two regions [300V(108–258N,62.58–67.58E)minus

300V(108–258N,27.58–32.58E)], the SFI (normalizedmeridional component

of the steering flow averaged over 258–458N, 1258–1408E), and the

north TC index (landfall frequency of the northern region). One

asterisk (two asterisks) denotes a correlation coefficient that is sig-

nificant at the 95% (99%) confidence level.

Index UpI SFI North TC index

RWSI 0.55** 0.31* 0.27*

UpI — 0.53** 0.34**

SFI — — 0.48**

FIG. 8. Regression of the 300-hPa horizontal winds (m s21) with

respect to the normalized SFI. Shading denotes regions of either

zonal or meridional wind anomalies that are significant at the 95%

confidence level.
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Asia and found it to be very weak (not shown). We

attribute this difference between summer and autumn

to the different latitudes of the Asian jet. The jet is

located relatively far to the north in summer and thus

the teleconnection pattern along the jet does not

change the tropical and subtropical circulations over

the WNP.

5. Conclusions and discussion

We investigated the interannual variability of the

frequency of TC landfall over East Asia in autumn

during the time period of 1958–2014. Our results in-

dicate that the frequencies of TC landfall in the southern

and northern coastal regions, which are distinguished by

landfall locations to the south and north of 258N, re-

spectively, are roughly independent. Therefore we sep-

arately examined the large-scale circulation anomalies

associated with the frequencies of TC landfall in the

southern and northern regions and investigated the

possible factors affecting these circulation anomalies.

Higher frequency of TC landfalls over the southern

region was closely related to the easterly steering-flow

anomalies extending from the tropical WNP westward to

southernChina and Indochina. These anomalous steering

flows are part of the wave train from East Asia to North

America in the upper troposphere and the cyclonic

anomaly over the SCS in the lower troposphere. Fur-

thermore, the increase of TC landfalls over the southern

region is also associated with negative SST anomalies in

the equatorial central and eastern Pacific and positive

SST anomalies over the western Pacific and Maritime

Continent, which is consistent with previous studies on

the relationship between the ENSO and TC landfalls in

theWNP (e.g., Liu and Chan 2003;Wu et al. 2004). Based

on the local anomalous SST–vertical velocity relation-

ship, we suggest that these SST anomalies induce strong

convective heating over the tropical western Pacific

and Maritime Continent and then trigger the easterly

steering-flow anomalies over the tropical WNP, which

favor more TC landfalls over the southern region.

By contrast, the frequency of TC landfall over the

northern region is closely linked to the meridional

steering-flow anomalies over the WNP. The steering-

flow anomalies are significantly affected by a telecon-

nection pattern in the upper troposphere roughly along

the westerly jet over Eurasia. Further analysis indicates

that the anomalous Rossby wave source over the North

Atlantic may trigger this teleconnection.

The present results may have an implication for sea-

sonal forecasting of TCs and even rainfall. The pre-

dictability of seasonal TC activity mainly comes from

slowly evolving climate signals, such as the ENSO and

other tropical SST anomalies (e.g., Zhan et al. 2012;

Camp et al. 2015; Manganello et al. 2016; Wang et al.

2016; C. Li et al. 2017). Our results indicate that the

frequency of TC landfall over the southern region,

which is mainly affected by the ENSO, is more pre-

dictable than the frequency of landfall over the northern

region, which is mainly related to the extratropical cir-

culation. Therefore specific research is required on the

predictability of TC landfall in the southern region in

autumn. Considering that the TC landfall in the south-

ern region contributes greatly to the amount of autumn

rainfall over southern China, Indochina, and the Phil-

ippines, the predictability of the landfall in the southern

region is an important source of the reliable seasonal

prediction of rainfall over these regions. On the other

hand, in comparison with the southern region, the vul-

nerability of the northern region is relatively high due to

less opportunity to be hit by a TC. Hence the pre-

dictability of TC landfall in the northern region is also of

great socioeconomic significance. Currently, most stud-

ies on the predictability of TCs in East Asia and the

WNP have been for the summer months (e.g., Wang

et al. 2013; Bett et al. 2018; Lin et al. 2018), therefore

specific research on the predictability of TCs in autumn

will help toward a comprehensive understanding of the

variability of TCs in the active seasons, as well as im-

proving the prediction of rainfall in autumn.
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Abstract
This study uses both observations and numerical modeling experiments to investigate the lead-lag relationship and the 
associated physical mechanism of the western North Pacific anomalous anticyclone (WNPAC) with sea surface temperature 
(SST) anomalies over the northern tropical Atlantic (NTA). The results show that the WNPAC from late spring to the middle 
of autumn has a significant in-phase relationship with the NTA SST anomalies up to two seasons ahead. This relationship 
reaches a peak when the NTA SST leads by approximately 1–2 months and is nearly independent of the El Niño-Southern 
Oscillation variability. Diagnosis based on observations and numerical experiments using the Community Atmospheric 
Model version 5.3 reveals that the NTA warming favors intensified local convection activity during the spring–autumn 
seasons, causing enhanced low-level convergence and upper-level divergence (i.e., ascending motion) over the NTA and 
opposite flow anomalies over the central tropical Pacific. The enhanced subsidence over the central tropical Pacific, in 
turn, triggers an anomalous low-level anticyclone over the western North Pacific. Moreover, the intensity of the anomalous 
local convection activity that is associated with the NTA SST is closely related to the seasonal migration of the Atlantic 
intertropical convergence zone (ITCZ). As the Atlantic ITCZ migrates northward, the NTA SST-induced local convection 
activity extends northward from a narrow band near the equator during early spring to nearly the entire NTA region during 
the middle of summer, leading to the strongest remote effect of the NTA SST anomalies on the WNPAC during late summer 
and early autumn.

Keywords SST forcing · Northern tropical Atlantic · WNP anomalous anticyclone · ITCZ

1 Introduction

The western North Pacific (WNP) anomalous anticyclone 
(WNPAC), which is also referred to as the Philippine Sea 
anomalous anticyclone, is a large-scale atmospheric circula-
tion system in the low-level troposphere that spans the sub-
tropical Northwest Pacific. The WNPAC strongly affects 
societal and economic development in East Asia by modulat-
ing tropical cyclone activity and monsoon variability (e.g., 
Wang et al. 2013; Zhang et al. 2017). Therefore, a better 
understanding of the formation and maintenance mechanism 
of the WNPAC is of vital importance to the seasonal predic-
tion of East Asian climate variability (He et al. 2001; Xie 
et al. 2016; Li et al. 2017a).

Over the past few decades, significant effort has been 
devoted to understand the physical processes and mecha-
nisms that underlie the formation and maintenance of the 
WNPAC on an interannual timescale (see Li et al. 2017a for 
a review). Researchers have concluded that the associated 
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mechanisms include warm pool ocean–atmosphere inter-
actions (Zhang et al. 1996; Wang et al. 2000, 2013), the 
Indian Ocean capacitor effect (Xie et al. 2009, 2016), non-
linear interactions between the El Niño-Southern Oscilla-
tion (ENSO) and the western Pacific warm pool (Stuecker 
et al. 2013, 2015), moist enthalpy advection/Rossby-wave 
modulation (Wu et al. 2017a, b), and central Pacific sea sur-
face temperature (SST) forcing (Wang et al. 2013; Xiang 
et al. 2013). The east–west SST contrast between the tropi-
cal Pacific and Indian Oceans could also affect the WNPAC 
variability (Terao and Kubota 2005; Chen et al. 2012; Cao 
et al. 2013).

In addition to the aforementioned mechanisms, increas-
ing evidence suggests the remote forcing of tropical Atlantic 
SST on the summertime atmospheric variability over the 
WNP (Lu and Dong 2005; Rong et al. 2010; Hong et al. 
2014, 2015; Chen et al. 2015; Chang et al. 2016). Rong 
et al. (2010) found that warm SST anomalies in the northern 
tropical Atlantic (NTA) can trigger an eastward Kelvin wave 
and create easterly anomalies that span from the equatorial 
Indian Ocean to the western Pacific, which induces an anom-
alous low-level anticyclone over the WNP during boreal 
summer. Hong et al. (2014) and Chang et al. (2016) revealed 
that NTA warming could have induced an anomalous low-
level anticyclone over the WNP via a zonally westward-
extending overturning circulation over the Pacific–Atlantic 
Ocean and thereby could have enhanced the relationship of 
the NTA SST anomalies with the WNP subtropical high dur-
ing boreal summer after the early 1980s. Hong et al. (2015) 
further demonstrated that the record-high SST in the tropi-
cal Atlantic markedly contributed to the extremely strong 
WNP subtropical high during July–August 2010. Chen et al. 
(2015) noted that the effect of the NTA SST on the WNP 
summer climate tends to be intensified under the background 
of weakened Atlantic thermohaline circulation.

However, the aforementioned studies that involve the 
remote forcing of NTA SST anomalies on the WNP climate 
variability mainly focused on the boreal summer season. 
During boreal winter, the atmosphere shows strong variabil-
ity and plays a dominant role in controlling ocean–atmos-
phere interactions over the North Atlantic on an interannual 
timescale (Marshall et al. 2001; Xie and Carton 2004; ref-
erences therein). Questions arise concerning how the rela-
tionship between the NTA SST and WNPAC varies over 
different seasons and the associated mechanisms. Addition-
ally, the interannual variability of the NTA SST is related to 
both local ocean–atmosphere feedback and remote ENSO 
forcing (Xie and Carton 2004; Yang et al. 2017). Another 
question concerns the effect of the ENSO variability on the 
relationship between the NTA SST and WNPAC. Thus, we 
are motivated to further understand the lead-lag relationship 
and the associated physical mechanism between the NTA 
SST and WNPAC during different seasons.

The remainder of this manuscript is organized as fol-
lows. Section 2 describes the datasets, model and experi-
ments that are used in this study. Section 3 presents the 
lead-lag relationship between the NTA SST and WNPAC 
during different seasons and its dependence on the 
ENSO. Section 4 explores the possible mechanisms that 
are responsible for the NTA–WNP connection, and cor-
responding model simulations are presented in Sect. 5. 
Finally, Sect. 6 provides a discussion and summary.

2  Data, model and experiments

2.1  Data and methods

Monthly atmospheric circulation data are obtained from 
the ERA-Interim dataset (Dee et al. 2011) of the European 
Centre for Medium-Range Weather Forecasts (ECMWF). 
The data have a horizontal resolution of 2.5° × 2.5° and are 
available from 1979 to the present. SST data are obtained 
from the Met Office Hadley Centre Sea Ice and Sea Sur-
face Temperature (HadISST) dataset; the data have a hori-
zontal resolution of 1° × 1° and are available from 1870 to 
the present (Rayner et al. 2003). Monthly mean rainfall 
data, which have a horizontal resolution of 2.5° × 2.5°, 
are obtained from the Climate Prediction Center (CPC) 
Merged Analysis of Precipitation (CMAP) (Xie and 
Arkin 1997) for the period from 1979 to the present. The 
monthly outgoing longwave radiation (OLR) is obtained 
from the National Oceanic and Atmospheric Administra-
tion (NOAA) Interpolated OLR dataset (Liebmann and 
Smith 1996); the data have a horizontal resolution of 
2.5° × 2.5° and are available from June 1974 to the present.

The NTA and NINO3.4 SST indices used in this study 
are defined as the regionally averaged SST anomalies over 
EQ–15°N, 70W°–0°E, and 5°S–5°N, 170°–120°W, respec-
tively. Observational analysis is performed for the period 
1979–2016, with linear trends removed prior to our analy-
sis. The NTA SST is influenced by the ENSO variability 
(Klein et al. 1999; Yang et al. 2017), so the effect of the 
ENSO is removed prior to our analysis by using linear 
regression with respect to the NINO3.4 SST of the previ-
ous November–December–January (NDJ) season unless 
otherwise stated.

The statistical significance of regression coefficients, 
correlation coefficients and the ensemble-mean difference 
of model outputs are determined by a two-tailed Student’s 
t test, while the difference between two correlation coef-
ficients is assessed by using the Fisher z transformation 
(Fisher 1915). The seasons refer to those in the Northern 
Hemisphere.
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2.2  Model and experimental setup

The model used in this study is the Community Atmos-
pheric Model version 5.3 (CAM5.3), which was developed 
by the National Center for Atmospheric Research (NCAR). 
CAM5.3 is coupled to the Community Land Model (CLM 
version 4.0), and a version with 1.9°-latitude by 2.5°-longi-
tude resolution and 30 vertical levels is used in this study.

One control run (CTL) and two sets of perturbed experi-
ments are conducted. During the control run, the model is 
forced with a prescribed monthly climatology of SST and 
sea ice that is obtained from the monthly HadISST dataset 
and runs continually for 110 years. The first 10 years are 
discarded as spin up. The initial atmospheric conditions for 
the perturbed experiments are obtained from the control run; 
further details regarding the perturbed runs are provided in 
Sect. 5.

3  Relationship between the NTA SST 
and WNPAC and its dependence 
on the ENSO

Simultaneous regressions of the stream function and hori-
zontal wind anomalies at 850 hPa against the NTA SST index 
in December–January–February (DJF), March–April–May 
(MAM), June–July–August (JJA) and September–Octo-
ber–November (SON) are computed to examine the rela-
tionship between the NTA SST and WNPAC during dif-
ferent seasons, as shown in Fig. 1. During the high-index 
phase of the NTA SST in DJF, an anomalous cyclone is 
clearly observed over the subtropical North Atlantic, while 
the atmospheric circulation anomalies are very weak over 
the WNP (Fig. 1a). In MAM, a similar atmospheric pattern 
to that in DJF is observed over the North Atlantic (Fig. 1b). 
Moreover, an anomalous anticyclone is observed over the 
central–western North Pacific, while relatively weak anoma-
lous cyclonic flows occur over the eastern North Pacific. 
The most notable feature observed in JJA is a significant 
anomalous cyclone over the eastern North Pacific–Atlan-
tic and an anticyclone over the WNP (Fig. 1c), which are 
clearly weakened in SON (Fig. 1d). The opposite situation 
is observed during the low-index phase of the NTA SST. 
Similar circulation patterns are observed over the WNP 
when the NTA SST index leads by 1 or 2 months, although 
some differences exist in the amplitude and position of the 
anomalies (figure not shown).

To clearly demonstrate the seasonal changes in the sub-
tropical atmospheric circulation anomalies associated with 
the NTA SST, Fig. 2a displays a time-longitude section of 
the 3-month-running-averaged 10–25°N meridional mean 
stream function anomalies at 850 hPa regressed against the 
NTA SST index when leading by 0 months (shaded areas) 

and 1 month (contoured areas). This figure shows significant 
anticyclonic flow anomalies over the central–western Pacific 
and cyclonic anomalies over the eastern Pacific–Atlantic 
during the spring–autumn seasons in the high-index phase 
of the NTA SST and vice versa (Fig. 2a). The action center 
of the flow anomalies over the central–western Pacific is 
centered in July–August–September (JAS) when the NTA 
SST index leads by 0 months but shifts slightly eastward 
and towards the cold season when the NTA SST index leads 
by 1 month (contoured areas in Fig. 2a). These results indi-
cate that the NTA warming (cooling) favors an intensified 
(weakened) low-level anticyclone over the central–western 
Pacific during the spring–autumn seasons, but the associated 
atmospheric circulation anomalies over this region are very 
weak during winter.

Lead-lag correlations between the 3-month-running-
averaged WNPAC and NTA SST indices are calculated 
to further quantify the lagged relationship of the WNPAC 
with the NTA SST (see Fig. 3a, b). Here, the WNPAC index 
is defined as the regionally averaged stream function at 
850 hPa over 10°–25°N, 115°–150°E, where the WNPAC 
variability is strong (figure not shown). The WNPAC index 
during the seasons from April–May–June (AMJ) to SON has 
a significant in-phase relationship with the NTA SST index 
up to 3–8 months ahead (Fig. 3a). This in-phase relation-
ship peaks when the NTA SST index leads by approximately 
1–2 months, and the WNPAC index in July–August–Sep-
tember (JAS) and August–September–October (ASO) has 
the highest lagged correlation with the NTA SST index 
(Fig. 3b). Additionally, the significant in-phase relation-
ship of the WNPAC index from AMJ to SON with the NTA 
SST index dates back to the February–March–April (FMA) 
season.

The NTA SST anomalies are influenced by the ENSO 
variability, so the effect of the latter on the relationship 
between the NTA SST and WNPAC is examined. Figure 3c 
shows the lead-lag correlations between the 3-month-run-
ning-averaged WNPAC and NTA SST indices before remov-
ing the effect of the ENSO, and Fig. 3d displays the differ-
ence in the lead-lag correlations before and after removing 
the effect of the ENSO (former minus latter). A comparison 
of Fig. 3a and c indicates that the pattern of the lead-lag cor-
relations between the WNPAC and NTA SST indices after 
removing the effect of the ENSO is similar to that observed 
before removing the effect of the ENSO. The differences 
in the lead-lag correlations before and after removing the 
effect of the ENSO are all non-significant at the 95% confi-
dence level (Fig. 3d), suggesting that the effect of the ENSO 
on the relationship between the WNPAC and NTA SST is 
limited. This finding is reasonable because the NTA SST 
index is only partially related to the NINO3.4 SST index, 
and the correlation between the two indices is less than 0.5 
when the former lags the latter over a range of 0–11 months 



2840 J. Zuo et al.

1 3

(Fig. 4); this result indicates that the two share no more 
than 25% of the covariance. In contrast, the NTA SST index 
has a stronger out-of-phase relationship with the NINO3.4 
SST index when the former leads by 8–10 months (Fig. 4), 
matching the results from Ham et al. (2013), who revealed 
that the NTA warming (cooling) in FMA can trigger a La 
Niña (El Niño) event in the following winter via a subtropi-
cal teleconnection.

The abovementioned results reveal that the WNPAC from 
late spring to the middle of autumn has a significant in-phase 
relationship with the NTA SST variability up to 3–8 months 
ahead, and this relationship reaches a peak when the latter 
leads by approximately 1–2 months. Moreover, the WNPAC 
in late summer and early autumn tends to have the strongest 

connection to the NTA SST variability, and the earliest sig-
nal of the latter in the former could date back to the previous 
early spring. In contrast, the WNPAC during winter appears to 
have an insignificant relationship with the NTA SST variabil-
ity 0–11 months ahead. Although the NTA SST variability is 
partially influenced by the ENSO (Xie and Carton 2004; Yang 
et al. 2017), the latter has a limited effect on the relationship 
between the NTA SST and WNPAC throughout the year.

(a)

(b)

(c)

(d)

Fig. 1  Simultaneous regressions of the stream function (shaded; unit: 
 105 m2 s−1) and horizontal wind (vectored; unit: m s−1) anomalies at 
850  hPa against the NTA SST index in a DJF, b MAM, c JJA and 

d SON. Only shading (vectoring) with significance at the 95% confi-
dence level is shown (blue). The box indicates the region for defining 
the regionally averaged WNPAC index
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4  Possible mechanism for the NTA–WNP 
connection

Warm SST anomalies in the tropics generally heat the 
overlying atmosphere by intensifying local convection 
activity, which is associated with enhanced low-level 
convergence and upper-level divergence (i.e., ascending 
motion) and thus above-average precipitation and below-
average OLR anomalies over the heating and vice versa. 
The characteristics of local convection activity and large-
scale atmospheric circulation anomalies associated with 
the NTA SST are investigated by using observational and 
reanalysis data to explore how the NTA SST affects the 
WNPAC variability.

4.1  Anomalous local convection activity

Figure 5 displays the simultaneous regressions of tropical 
Atlantic SST, precipitation and OLR anomalies against the 
NTA SST index in DJF, MAM, JJA and SON. The pattern 
of the regressed SST anomalies in DJF (Fig. 5a) is similar 
to that in MAM (Fig. 5b), both of which show the maxi-
mum anomalies in the eastern North Atlantic. Figure 5a, b 
also show that significant SST anomalies are mainly con-
fined to the NTA and equatorial Atlantic in DJF and MAM. 
However, the associated precipitation anomalies are very 
weak and almost negligible in the tropical Atlantic in DJF 
(Fig. 5e), whereas significant and positive (negative) pre-
cipitation anomalies are observed over the region between 
the equator and 10°N in the high (low)-index phase of the 
NTA SST in MAM (Fig. 5f). In JJA and SON, significant 
SST anomalies span the NTA and extend southward into 
the southern tropical Atlantic, with the maximum anomalies 
in the region between 10°N and 20°N and in the equato-
rial Atlantic (Fig. 5c, d). However, significant precipitation 
anomalies are observed only over the NTA in JJA (Fig. 5g), 
and the precipitation anomalies are relatively weak in SON 
(Fig. 5h).

These results reveal that the simultaneous in-phase 
relationship between the NTA SST and local precipitation 
anomalies are statistically significant and strong in MAM 
and JJA but relatively weak in SON and DJF. Consistent 
results are obtained from the OLR (Fig. 5i–l) and 500-hPa 
vertical velocity (referred to as W500 hereafter; Fig. 6) 
anomalies associated with the NTA SST index. That is, the 
NTA warming (cooling) is concurrent with negative (posi-
tive) OLR anomalies and anomalous ascending (descending) 
motion over the regions where positive (negative) precipita-
tion anomalies are observed. This finding suggests that warm 
SST anomalies in the NTA could intensify the local convec-
tion activity in MAM and JJA and vice versa.

Lead-lag correlations between the 3-month-running-aver-
aged NTA SST index and precipitation anomalies regionally 
averaged over EQ–15°N and 10°–50°W are computed to fur-
ther examine the lead-lag relationship between the NTA SST 
and the local convection activity (see Fig. 7a, b). The region 
used to define the local precipitation index is slightly differ-
ent from that used to define the NTA SST index to exclude 
the effect of precipitation variability over land. As shown in 
Fig. 7a, the NTA precipitation index from January–Febru-
ary–March (JFM) to ASO has a significant in-phase rela-
tionship with the NTA SST index up to 4–6 months ahead, 
indicating that the NTA warming (cooling) could intensify 
(suppress) the local convection activity during these seasons. 
This in-phase relationship reaches a peak when the NTA 
SST leads by approximately 1–2 months (Fig. 7b), which is 
consistent with the relationship between the NTA SST and 
WNPAC (Fig. 3b).

(a)

(b)

(c)

Fig. 2  a Time-longitude section of the 3-month-running-aver-
aged 10–25°N meridional mean stream function anomalies (unit: 
 105 m2  s−1) at 850 hPa regressed against the NTA SST index when 
leading by 0 months (shaded) and 1 month (contoured), respectively. 
b, c Same as a but for the EQ–15°N meridional mean velocity poten-
tial anomalies (unit:  105 m2 s−1) at 850 and 250 hPa, respectively. The 
dots denote significance at the 95% confidence level for the shaded 
areas
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Figure 7a also shows two centers of maximum lagged 
correlation between the NTA precipitation and SST indices. 
One is observed in late spring, with a maximum correlation 
value of approximately 0.74, and the other is observed in 
the middle of summer, with a maximum correlation value 
of approximately 0.66. This finding is somewhat different 
from the lagged correlation of the WNPAC with the NTA 
SST, which features only one center of maximum correla-
tion in late summer (Fig. 3a). The reason for this difference 
can be found in the following analysis (see Fig. 8), which is 
primarily related to the seasonal migration of the Atlantic 
intertropical convergence zone (ITCZ), where climatological 
convection activity is strong. That is, as the Atlantic ITCZ 
migrates northward, the NTA SST-induced local convec-
tion activity covers nearly the entire NTA region in summer, 
leading to a stronger atmospheric circulation response than 
that associated with the SST-induced local convection activ-
ity in spring, which is mainly moored to a narrow band to 
the north of the equator.

(a) (b)

(c) (d)

Fig. 3  a Lead-lag correlations between the 3-month-running-aver-
aged WNPAC and NTA SST indices after removing the effect of the 
ENSO. The squares and stars denote significance at the 95 and 99% 
confidence levels, respectively. The lead time refers to the middle 
month of the 3-month-running season, and a negative value indicates 
that the NTA SST is leading. b Same as a but for the WNPAC from 

AMJ to SON. The dashed and dashed-dotted lines denote significance 
at the 95 and 99% confidence levels, respectively. c Same as a but 
with the WNPAC and NTA SST indices before removing the effect 
of the ENSO. d Same as a but for the difference between c and a (for-
mer minus latter)

Fig. 4  Lead-lag correlations between the 3-month-running-averaged 
NTA and NINO3.4 SST indices. The squares and stars denote sig-
nificance at the 95 and 99% confidence levels, respectively. The lead 
time refers to the middle month of the 3-month-running season, and a 
negative value indicates that the NINO3.4 SST is leading
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More evidence for a lead-lag relationship between the 
NTA SST and local convection activity is provided in 
Fig. 7c–f, which show lead-lag correlations of the 3-month-
running-averaged NTA SST index with the regionally aver-
aged OLR and W500 anomalies. The region used to define 
the NTA OLR and W500 indices is the same as that used 
for the precipitation index. A comparison of Fig. 7a, b and 
c–f shows that consistent results are obtained from the NTA 
OLR and W500 indices, except that the lagged correlations 
of these two indices from late winter to early spring with 
the NTA SST index 0–5 months ahead are relatively weak 

compared with those for the NTA precipitation index. As 
shown in the second row of Figs. 5 and 6, this inconsistency 
is most likely related to the different spatial patterns between 
the OLR and W500 anomalies and the precipitation anoma-
lies over the NTA region.

Figure 8a–c further display a time-latitude section of the 
3-month-running averaged 10°–50°W zonal mean precipita-
tion, OLR and W500 anomalies regressed against the NTA 
SST index 0 and 1 month ahead. The pattern of the pre-
cipitation anomalies regressed against the NTA SST index 
0 months ahead (shaded areas in Fig. 8a) resembles that 

(a)

(b)

(c)

(d)

(e)

(f)

(g)

(h)

(i)

(j)

(k)

(l)

Fig. 5  Simultaneous regressions of the SST anomalies (shaded; unit: 
K) against the NTA SST index in a DJF, b MAM, c JJA and d SON. 
e–h, i–l Same as a–d but for the precipitation (unit: mm day−1) and 

OLR (unit: W m−2) anomalies, respectively. The dots denote signif-
icance at the 95% confidence level, and the black line refers to the 
equator



2844 J. Zuo et al.

1 3

for the NTA SST index 1 month ahead (contoured areas 
in Fig. 8a), and similar results are obtained for the OLR 
(Fig. 8b) and W500 (Fig. 8c) anomalies. In the high-index 
phase of the NTA SST during the JFM–MAM seasons, posi-
tive precipitation and W500 and negative OLR anomalies 
are observed in a narrow band between the equator and 
approximately 10°N, whereas negative W500 and positive 
OLR anomalies are observed to the north of approximately 
10°N and vice versa (Fig. 8a–c). Therefore, this contrast 
in the anomalous OLR and W500 fields between the areas 
to the south and north of approximately 10°N weakens the 
lagged correlation of the regionally averaged OLR and 
W500 anomalies from late winter to early spring with the 
NTA SST index 0–5 months ahead.

Nevertheless, seasonal changes in the local precipitation, 
OLR and W500 anomalies associated with the NTA SST are 
consistent with the seasonal migration of the Atlantic ITCZ 
when represented as the climatological mean of precipitation 
and SST (see Fig. 8d). The intensified (suppressed) local 
convection activity associated with the NTA warming (cool-
ing) extends northward from spring to summer as the Atlan-
tic ITCZ migrates northward and becomes stronger (Fig. 8). 
The anomalous convection activity is mainly moored to a 

narrow band near the equator during spring but spans nearly 
the entire NTA region during summer. This behavior is con-
sistent with the seasonal changes in the lagged relationship 
of the WNPAC with the NTA SST, which becomes statisti-
cally significant after late spring and reaches a peak in late 
summer and early autumn (Fig. 3a).

4.2  Large‑scale atmospheric circulation anomalies

Figure 9 shows the simultaneous regressions of velocity 
potential anomalies at 850 and 250 hPa against the NTA 
SST index in DJF, MAM, JJA and SON. The common fea-
ture in these regressions, as shown in Fig. 9, is the anoma-
lous low-level convergence and upper-level divergence over 
the NTA and opposite anomalies over the central tropical 
Pacific in the high-index phase of the NTA SST, although 
the anomalies are relatively weak in DJF and their ampli-
tude becomes stronger from MAM to JJA. The anomalous 
low-level divergence and upper-level convergence become 
statistically significant over the central tropical Pacific to the 
north of the equator in MAM (Fig. 9b) and extend southward 
and are centered at the equator in JJA (Fig. 9c). Additionally, 
enhanced low-level convergence and upper-level divergence 

(a)

(b)

(c)

(d)

Fig. 6  Same as Fig. 5a–d but for the 500-hPa vertical velocity anomalies (unit:  10−3 Pa s−1). Positive values represent ascending motion
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are observed over the eastern tropical Indian Ocean–Mari-
time continent in JJA and SON (Fig. 9c, d). The opposite 
situation can be observed in the low-index phase of the NTA 
SST.

Seasonal changes in the tropical divergent flow anomalies 
associated with the NTA SST are more clearly illustrated in 
Fig. 2b, c, which display the simultaneous time-longitude 
section (shaded areas) of the 3-month-running averaged 
EQ–15°N meridional mean velocity potential anomalies 
at 850 and 250 hPa regressed against the NTA SST index. 
In the high-index phase of the NTA SST, anomalous con-
vergent (divergent) flows are observed in the low tropo-
sphere over the NTA (central tropical Pacific) during the 
spring–autumn seasons (Fig. 2b), and opposite anomalies 
occur in the upper troposphere (Fig. 2c). Over the eastern 
tropical Indian Ocean–Maritime continent, anomalous 
low-level convergence and upper-level divergence mainly 

occur during the summer–autumn seasons. Similar circula-
tion patterns are obtained when the NTA SST index leads 
by 1 month (contoured areas in Fig. 2b, c), although the 
action center over the eastern tropical Indian Ocean–Mari-
time continent shifts toward the cold season as the lead time 
increases.

A comparison of Figs. 6 and 9 indicates that the anom-
alous low-level convergence and upper-level divergence 
are concurrent with anomalous ascending motion over the 
NTA in the high-index phase of the NTA SST. In contrast, 
anomalous descending motion is observed over the central 
tropical Pacific, which is consistent with the anomalous 
upper-level convergence and low-level divergence over 
this region. Therefore, the NTA warming appears to be 
accompanied by an anomalous zonally overturning circu-
lation extending westward from the tropical Atlantic to the 
central tropical Pacific during the spring–autumn seasons, 

Fig. 7  Same as Fig. 3a–b but 
for the lead-lag correlations of 
the NTA SST index with the a, 
b precipitation, c, d OLR and 
e, f 500-hPa vertical velocity 
anomalies regionally averaged 
over the NTA

(a) (b)

(c) (d)

(e) (f)
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which is associated with anomalous ascending motion over 
the NTA and opposite anomalies over the central tropical 
Pacific. The enhanced subsidence over the central tropical 
Pacific suppresses the local convection activity, which in 
turn triggers an anomalous low-level anticyclone over the 
WNP as a Gill-type Rossby-wave response (Gill 1980).

Notably, anomalous descending motion extends west-
ward to the central–western tropical Pacific, whereas 
anomalous ascending motion are clearly observed over the 
eastern tropical Indian Ocean–Maritime continent during 
the summer–autumn seasons (Figs. 2b, c, 6c). Previous 
studies have shown that intensified convection activity 
over the Maritime continent could lead to an anomalous 
low-level anticyclone over the WNP (Lu et  al. 2006; 
Chung et al. 2011). Therefore, the NTA SST-associated 
anomalous atmospheric circulation and convection activ-
ity over the central–western tropical Pacific and Maritime 

continent favor a stronger WNPAC in late summer and 
early autumn.

5  Simulations of the forcing mechanism 
by the CAM5 model

Observational analysis reveals a significant in-phase rela-
tionship between the NTA SST and WNPAC during the 
spring–autumn seasons and a possible mechanism respon-
sible for this linkage. To confirm these observed results, 
two sets of perturbed experiments are conducted using the 
CAM5 model forced with SST anomalies over the NTA. 
The first set includes warm NAT SST perturbed experiments 
(referred to as WNTA hereafter). In these experiments, 
monthly SST anomalies are first calculated by regressing 
against the monthly NTA SST index, and then the SST 

(a)

(c)

(b)

(d)

Fig. 8  Time-latitude section of the 3-month-running-averaged 
10°–50°W zonal mean precipitation anomalies (shaded; unit: 
 10−1  mm  day−1) regressed against the NTA SST index when lead-
ing by 0 months (shaded) and 1 month (contoured), respectively. The 
dots denote significance at the 95% confidence level for the shaded 

areas, and the black dashed line refers to the equator. b, c Same as a 
but for the OLR (unit: W  m−2) and 500-hPa vertical velocity (unit: 
 10−3 Pa s−1) anomalies, respectively. d Same as a but for the clima-
tological mean of the precipitation (shaded; unit: mm day−1) and SST 
(contoured; unit: °C)



2847Remote forcing of the northern tropical Atlantic SST anomalies on the western North Pacific…

1 3

anomalies are added to the climatological SSTs for the cor-
responding months in the target region of EQ–15°N and 
70 W°–0°E. A 3-month-running average is applied prior to 
the regression analysis. The second set includes cold NAT 
SST perturbed experiments (referred to as CNTA hereafter), 
in which the SST conditions are the same as those in the 
WNTA experiments except that opposite SST anomalies are 
added to the climatological SSTs. The perturbed runs are 
conducted with 100 ensemble members integrated from 1 
February with slightly varying atmospheric initial condi-
tions from the control run. Each member runs continually 
for 2 years, and the first year is discarded as spin up. The 
ensemble mean of the 100 members is used for analysis. 
We mainly illustrate the ensemble-mean difference between 
the WNTA and CNTA experiments (former minus latter) to 
maximize the signal-to-noise ratio.

Figure 10 shows the ensemble-mean differences of the 
stream function and horizontal wind anomalies at 850 hPa 
between the WNTA and CNTA experiments in DJF, MAM, 
JJA and SON. This figure indicates that the DJF low-level 
atmospheric circulation responses to the NTA SST forcing 
are very weak over the WNP (Fig. 10a), which is consist-
ent with the observations (Fig. 1a). In MAM, a significant 

anticyclone response is observed over the central–western 
North Pacific (Fig. 10b), with the northward shifting and 
westward extension of the center compared with the posi-
tion indicated by the observations (Fig. 1b). In JJA, the 
atmospheric circulation responses feature a significant anti-
cyclone over the WNP and a cyclone over the eastern North 
Pacific–Atlantic (Fig. 10c), which resembles the patterns of 
the observations (Fig. 1c). A similar pattern of atmospheric 
circulation responses is observed in SON (Fig. 10d), but 
the simulated anomalous anticyclone over the WNP clearly 
shifts westward relative to that of the observations over this 
season (Figs. 1d, 2a). Consistent results are obtained from 
an analysis of the probability distribution functions (PDFs) 
of the WNPAC index, which reveal that the PDFs in the 
WNTA experiments cannot be distinguished from those in 
the CNTA experiments in DJF (Fig. 11a), while the WNPAC 
clearly shifts to its high (low)-index phase in the WNTA 
(CNTA) experiments in JJA (Fig. 11c).

Figure 12a is the time-longitude section of the ensemble-
mean difference of the 3-month-running-averaged 10–25°N 
meridional mean stream function anomalies at 850 hPa 
between the WNTA and CNTA experiments. A comparison 
of Figs. 2a and 12a reveals that the pattern of the 850-hPa 

(a)

(b)

(c)

(d)

(e)

(f)

(g)

(h)

Fig. 9  Simultaneous regressions of the velocity potential anomalies 
(shaded; unit:  105 m2 s−1) at 850 hPa against the NTA SST index in 
a DJF, b MAM, c JJA and d SON. e–h Same as a–d but at 250 hPa. 

The dots denote significance at the 95% confidence level, and the 
black dashed line refers to the equator
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stream function responses in the model resembles that of 
the observations over the subtropical North Pacific–Atlantic, 
although there are some differences in the amplitude and 
position of the action centers. The amplitude of the anticy-
clone response over the WNP reaches a peak in the middle 
of summer (Fig. 12a), whereas the observed peak occurs 
in late summer (Fig. 2a). Furthermore, strong anticyclone 
responses occur over the subtropical South Asia during the 
summer–autumn seasons, which are hardly detected in the 
observations.

Figure 13 further presents the ensemble-mean differ-
ences of the velocity potential anomalies at 850 and 250 hPa 
between the WNTA and CNTA experiments in DJF, MAM, 
JJA and SON; moreover, Fig. 12b, c show the time-longitude 
section of the ensemble-mean difference of the 3-month-
running-averaged EQ–15°N meridional mean velocity 
potential anomalies at 850 and 250 hPa. A comparison of 
Figs. 9 and 13 shows that the patterns of the anomalous 
low- and upper-level divergent flow responses in the model 
also resemble those of the observations over the tropical 

Pacific–Atlantic in all four seasons. That is, the model repro-
duces the anomalous low-level convergent and upper-level 
divergent flows over the NTA and opposite anomalies over 
the central tropical Pacific indicated by the observations. 
Both the low- and upper-level action centers over the NTA in 
the model (Fig. 12b, c) extend toward the cold season rela-
tive to those indicated by the observations (Fig. 2b, c), which 
is consistent with the stronger low-level cyclone response 
over the eastern Pacific–Atlantic in the model (Fig. 12a).

Additionally, Fig. 12 clearly shows that the anomalous 
low-level cyclone (anticyclone) is located to the west 
of the anomalous low-level (upper-level) convergence 
(divergence) in the model. The anomalous low-level 
cyclone over the eastern Pacific–Atlantic and low-level 
convergence/upper-level divergence feature a Gill-type 
Rossby-wave response (Gill 1980) to the NTA SST forc-
ing. The anomalous upper-level convergence and low-
level divergence over the central tropical Pacific could 
suppress the local convection activity, which in turn trig-
gers an anomalous low-level anticyclone over the WNP. 

(a)

(b)

(c)

(d)

Fig. 10  Same as Fig. 1 but for the ensemble-mean difference between the WNTA and CNTA experiments (former minus latter)
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Distinct differences are observed over the tropical Indian 
Ocean–Maritime continent between the model simulations 
and observations. The anomalous low- and upper-level 
divergent flow responses are very weak over these regions 
in the model (Fig. 12b, c), but anomalous low-level diver-
gence and upper-level convergence are clearly indicated 
by the observations in the high-index phase of the NTA 
SST during the summer–autumn seasons (Fig. 2b, c). This 
difference could be attributed to a lack of ocean–atmos-
phere interaction in our AMIP-type simulations using an 
atmospheric model.

Nevertheless, the similarity between the model simula-
tions and observations confirms that the NTA SST anom-
alies could significantly affect the variability of the sum-
mer–autumn WNPAC, while the former has a limited effect 
on the wintertime WNPAC. This NTA–WNP connection 
is related to an anomalous zonally overturning circulation 
spanning from the NTA to the tropical Pacific, which is asso-
ciated with anomalous low-level convergence and upper-
level divergence over the NTA, but the opposite anomalies 
occur over the central tropical Pacific when the NTA SST 
anomalies are warmer than normal. Enhanced subsidence 
over the central tropical Pacific suppresses local convection 
activity, which in turn triggers an anomalous low-level anti-
cyclone over the WNP as a Gill-type Rossby-wave response 

(Gill 1980). The opposite situation are observed when the 
NTA SST anomalies are colder than normal.

6  Conclusions and discussion

The lagged relationship between the WNPAC and the NTA 
SST variability in different seasons and its dependence on 
the ENSO variability were investigated in this work. The 
results showed that the WNPAC from late spring to the mid-
dle of autumn has a significant in-phase relationship with 
the NTA SST variability up to two seasons ahead, and this 
relationship reaches a peak when the latter leads the former 
by approximately 1–2 months. Moreover, the WNPAC in 
late summer and early autumn appears to have the strongest 
relationship with the NTA SST variability, and the earliest 
signal of the latter in the former could date back to the pre-
vious early spring. In contrast, the WNPAC during winter 
has an insignificant relationship with the NTA SST variabil-
ity 0–11 months ahead. Although the NTA SST is partially 
related to the ENSO variability (Xie and Carton 2004; Yang 
et al. 2017), the latter has a limited effect on the relationship 
between the NTA SST and WNPAC throughout the year.

Observational evidence suggests that the NTA–WNP 
connection is related to an anomalous zonally overturning 

Fig. 11  Probability distribution 
functions of the WNPAC index 
for the WNTA (red curve) and 
CNTA (green curve) experi-
ments in a DJF, b MAM, c JJA 
and d SON

(a) (b)

(c) (d)
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circulation extending westward from the NTA to the tropi-
cal Pacific. When the NTA SST anomalies are warmer than 
normal, enhanced low-level convergence and upper-level 
divergence are clearly observed over the NTA during the 
spring–autumn seasons, indicating that the NTA warm-
ing could intensify the local convection activity during 
these seasons. The in-phase relationship between the NTA 
SST and local convection activity reaches a peak when 
the former leads the latter by approximately 1–2 months. 
Moreover, enhanced upper-level convergence and low-
level divergence are observed over the central tropical 
Pacific, which could suppress the local convection activ-
ity and in turn trigger an anomalous low-level anticyclone 
over the WNP as a Rossby-wave response. The opposite 
situation can be observed when the NTA SST anomalies 
are colder than normal. These results agree with those of 
Hong et al. (2014), who suggested that NTA SST anoma-
lies have a significant effect on the WNP subtropical high 
via an anomalous westward-extending overturning circula-
tion during July–August after the early 1980s.

Moreover, we found that the intensity of local convection 
activity associated with the NTA SST anomalies is closely 
related to the seasonal migration of the Atlantic ITCZ. The 
intensified (suppressed) local convection activity associ-
ated with the NTA warming (cooling) is mainly moored to 
a narrow band near the equator in early spring but extends 
northward as the Atlantic ITCZ migrates northward and 
becomes stronger from spring to summer. The in-phase 
relationship of local convection activity with the NTA SST 
anomalies exhibits a peak in the middle of summer and then 
sharply weakens after early autumn. This finding is consist-
ent with the seasonal changes in the relationship between the 
WNPAC and NTA SST anomalies, which becomes statisti-
cally significant in late spring, reaches a peak in late summer 
and early autumn and then sharply weakens after the middle 
of autumn. Therefore, a considerable signal associated with 
the NTA SST anomalies in the WNPAC variability is only 
detected during the spring–autumn seasons because of the 
dependence of SST-induced anomalous local convection 
activity on the seasonal migration of the Atlantic ITCZ. Dur-
ing the winter season, when atmospheric variability is strong 
and plays a dominant role in controlling ocean–atmosphere 
interactions over the North Atlantic on an interannual time-
scale (Marshall et al. 2001; Xie and Carton 2004), anoma-
lous local convection activity associated with the NTA SST 
is very weak, so the NTA SST barely affects the WNPAC 
variability.

Finally, a set of numerical experiments was conducted 
with the CAM5 model forced with SST anomalies over the 
NTA. Consistent numerical results were obtained for the 
atmospheric circulation responses over the Pacific–Atlan-
tic region, which confirms that the NTA SST anomalies 
could exert a significant effect on the WNPAC variability 
via an anomalous zonally overturning circulation extend-
ing westward from the NTA to the tropical Pacific dur-
ing the spring–autumn seasons. Notably, distinct differ-
ences between the model simulations and observations are 
observed over the tropical Indian Ocean–Maritime conti-
nent. Observational evidence shows that the NTA warm-
ing tends to be accompanied by enhanced upper-level 
divergence and low-level convergence over these regions 
during the summer–autumn seasons, which may intensify 
the WNPAC (Lu et al. 2006; Chung et al. 2011). However, 
atmospheric circulation responses over the tropical Indian 
Ocean–Maritime continent are very weak during the sum-
mer–autumn seasons. This feature may be attributed to a 
lack of ocean–atmosphere interactions in our AMIP-type 
simulations, which requires further examination but lies 
beyond the scope of this study.

In this work, we noted that the earliest signal of the 
NTA SST anomalies in the summer–autumn WNPAC vari-
ability could date back to the previous early spring. This 
result is consistent with the results of Ham et al. (2013), 

(a)

(b)

(c)

Fig. 12  Same as Fig. 2 but for the ensemble-mean difference between 
the WNTA and CNTA experiments (former minus latter)
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who focused on the impact of early spring NTA warming on 
the ENSO variability and found that the former can induce 
an anomalous low-level anticyclone over the WNP, favor-
ing the development of a La Niña event during the follow-
ing summer–autumn seasons and vice versa. This delayed 
effect, which could reach two seasons, may be related to the 

long-lasting persistence of the NTA SST anomalies during 
these seasons. As shown in Fig. 14, the autocorrelation of 
the NTA SST index is still significant at the 99% confidence 
level up to 6 (5) months during spring (summer) both before 
and after removing the effect of the ENSO. Additionally, 
ocean–atmosphere interactions over the tropical Pacific may 

(a)

(b)

(c)

(d)

(e)

(f)

(g)

(h)

Fig. 13  Same as Fig. 9 but for the ensemble-mean difference between the WNTA and CNTA experiments (former minus latter)

(a) (b)

Fig. 14  Autocorrelations of the 3-month-running-averaged NTA SST 
index a before and b after removing the effect of the ENSO. The 
squares and stars denote significance at the 95 and 99% confidence 

levels, respectively. The lag time refers to the middle month of the 
3-month-running season
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also play a role in amplifying and relaying the influence of 
the NTA SST to the Pacific climate variability (Ham et al. 
2013; Chen et al. 2015). Ham et al. (2013) highlighted the 
importance of ocean–atmosphere interactions along the 
Pacific ITZC for the delayed influence of the early spring 
NTA SST on the WNPAC and ENSO variability, and Chen 
et al. (2015) provided a similar mechanism for the simul-
taneous NTA–WNP connection during summer. Notably, 
the AMIP-type experiments conducted in this work clearly 
show direct atmospheric circulation responses to the NTA 
SST forcing, indicating that the NTA SST can significantly 
modulate the WNPAC variability without tropical Pacific 
ocean–atmosphere interactions, which is also supported by 
the results of Hong et al. (2014, 2015). However, the relative 
contribution from direct atmospheric circulation responses 
and tropical Pacific ocean–atmosphere interactions to the 
NTA–WNP connection still requires further examination 
by conducting different types of numerical experiment in 
future works.

The ENSO is recognized as the dominant source of pre-
dictability in seasonal–interannual climate prediction over 
the WNP and East Asia but is usually subject to a persis-
tence barrier during spring (e.g., Webster and Yang 1992; 
Ren et al. 2016; Tian and Duan 2016). Interestingly, this 
spring persistence barrier does not apply to the NTA SST 
(see Fig. 14). Therefore, the long-lasting persistence of the 
NTA SST and considerable effect of the SST on the WNP 
large-scale atmospheric circulation may have important 
implications for the seasonal prediction of WNP tropical 
cyclone activity (e.g., Huo et al. 2015; Cao et al. 2016; Yu 
et al. 2016; Gao et al. 2018) and East Asian summer climate 
(Hong et al. 2015; Ham et al. 2017; Li et al. 2017b; Ren 
et al. 2017).
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